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Abstract Topographically generated eddies and internal waves have traditionally been studied sepa-
rately even though bathymetry that creates both phenomena is abundant in coastal regions. Here a numeri-
cal model is used to understand the dynamics of eddy and wave generation as tidal currents flow past
Three Tree Point, a 1 km long, 200 m deep, sloping headland in Puget Sound, WA. Bottom pressure anoma-
lies due to vertical perturbations of the sea surface and isopycnals are used to calculate form drag in differ-
ent regions of the topography to assess the relative importance of eddies versus internal waves. In regions
where internal waves dominate, sea surface and isopycnal perturbations tend to work together to create
drag, whereas in regions dominated by eddies, sea surface, and isopycnal perturbations tend to counteract
each other. Both phenomena are found to produce similar amounts of form drag even though the bottom
pressure anomalies from the eddy have much larger magnitudes than those created by the internal waves.
Topography like Three Tree Point is common in high latitude, coastal regions, and therefore the findings
here have implications for understanding how coastal topography removes energy from tidal currents.

1. Introduction

Form drag occurs in the ocean when currents flow over rough topography, which transfers energy and
momentum from large to small scales. It is especially relevant in coastal regions where tidal currents are rel-
atively fast and rough topography is abundant. Unlike frictional drag, which is well parameterized within
numerical models, form drag is much more difficult to incorporate into numerical models because robust
parameterizations of processes which occur at subgrid scales have yet to be fully developed. For instance,
Niwa and Hibiya [2011] show that barotropic to baroclinic tidal energy conversion within a global tidal
model doubled when grid resolution increased from 1/5� to 1/15� . It has also been shown that form drag
can be many times larger than frictional drag in locations of rough topography [Nash and Moum, 2001;
Edwards et al., 2004]. We use a numerical model to quantify the tidal form drag that occurs on an isolated,
sloping ridge that generates both internal waves and eddies.

Form drag (Dform) arises when currents create an asymmetry of bottom pressure across topography. It is cal-
culated as the spatial integral of the product of bottom pressure anomaly ðp0botÞ and topographic slope
ðrhÞ over a seafloor area (A):

Dform 52

ð
A

p0botrh dA: (1)

In this paper, bottom pressure fields are used to determine the locations, magnitudes, and timing of form
drag at Three Tree Point (TTP), a headland in Puget Sound, WA. It is further explored how different parts of
the pressure field, such as vertical perturbations of the sea surface and isopycnals, contribute to form drag.
While the energy removed through form drag from the tidal currents at this location only accounts for a
very small percentage of the 2.3 TW of energy removed from tides in the coastal seas [Niwa and Hibiya,
2011] or the 733 MW of tidal energy flux that enters Puget Sound [Lavelle et al., 1988], TTP is typical of
topography found in high latitude, coastal regions, and is therefore a representative case for how eddies
and internal waves remove energy from tidal currents.

Topographically generated eddies and internal waves are two processes that have traditionally been stud-
ied separately. Both phenomena can be identified by vertical perturbations of the sea surface and
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isopycnals, but only eddies also have a nonzero potential vorticity, which is how we differentiate the two.
Eddies have been observed [Pingree and Maddock, 1979; Geyer and Signell, 1990; Li et al., 2006; White and
Wolanski, 2008], modeled [Black and Gay, 1987; Signell and Geyer, 1991; Warner and MacCready, 2009; Callen-
dar et al., 2011], and studied in the laboratory [Boyer and Tao, 1987; Klinger, 1994; Cenedese and Whitehead,
1999; Pawlak and MacCready, 2002] in cases where eddies are created in the absence of internal waves. A
wide range of topographically generated internal waves are described by Baines [1995], who details steady
theory, and by Garrett and Kunze [2007], who review internal tide generation in the deep ocean. Within the
classification of Garrett and Kunze [2007], TTP falls into the category of having quasi steady lee waves, finite
depth, supercritical topographic slope with respect to the wave ray slope, and nonlinear blocking [Warner
et al., 2013]. Studies of internal waves that are most comparable to those generated at TTP include numeri-
cal models of tidal flow over topography [Nakamura et al., 2000; Legg and Huijts, 2006; Klymak et al., 2010a]
and observations of hydraulically controlled tidal flow over the sill in Knight Inlet [Farmer and Armi, 1999a,
1999b; Klymak and Gregg, 2001, 2003]. In particular, at the Knight Inlet sill, Klymak and Gregg [2001] show
that the interaction between recirculating flow on the lee side can enhance the internal waves. However,
due to the hydraulically controlled flow and cross-sill density gradients, the circulation at the Knight Inlet sill
is different from that observed at TTP where the Froude numbers are subcritical and the background stratifi-
cation is more spatially constant.

Many large-scale ocean circulation models have begun to implement topographic-dependent drag parame-
terizations [Jayne and St. Laurent, 2001; Jayne, 2009; Arbic et al., 2010]. These models use quadratic drag
laws to parameterize wave drag at topography with a subcritical slope with respect to the wave-ray slope
and small tidal excursions compared to the topographic length. As Klymak et al. [2010b] point out, these
parameterizations do not take into account supercritical topography. Furthermore, as we show here, the
dynamics around topography that spawns both internal lee waves and eddies are different from that of
ridges which generate internal waves that freely propagate away.

TTP is chosen for this study because it has been researched extensively in the past. Edwards et al. [2004]
measured the density field over the ridge-like part of TTP and quantified the ‘‘internal’’ form drag, defined
as the part of the total form drag that arises from isopycnal height anomalies. McCabe et al. [2006] mapped
the velocity field surrounding TTP from which they inferred the sea surface height and quantified the ‘‘exter-
nal’’ form drag, the portion of the form drag due to sea surface height anomalies. In Warner et al. [2013], an
array of bottom pressure sensors was used to measure the total form drag, which includes both the internal
and external portions. The dynamics at TTP have also been investigated theoretically. MacCready and Paw-
lak [2001] developed a theory for form drag generated by steady, stratified flow over an idealized ridge on
a sloping side wall. Warner and MacCready [2009] explained why form drag can be misleadingly large in
oscillatory flow situations. The tilted headland eddy that is created in the lee of TTP has been explored by
Pawlak et al. [2003], who details its time evolution, and by Canals et al. [2009], who describe the isopycnal
structure resulting from the eddy tilt. The form drag at TTP is as much as 50 times larger than frictional drag
over a flat bottom of equivalent area [Edwards et al., 2004]. Furthermore, the form drag has been found to
be bigger than what is predicted by a quadratic drag law with an O(1) drag coefficient acting on the head-
land projected frontal area [Warner et al., 2013].

A lot is known about the dynamics at TTP; however, observations cannot map the entire flow field, and
therefore we aim to determine the spatial distribution of form drag from eddies and internal waves and to
quantify their respective magnitudes. In this study, a numerical model of TTP is used to dissect the pressure
field into the parts relevant to form drag to understand how internal lee waves and eddies create form drag
and to determine characteristic patterns of their bottom pressure anomaly.

The model setup and the pressure field decomposition are presented in section 2. In section 3, the internal
waves and eddies are described using maps of bottom pressure anomalies. Finally, in section 4, the form
drag due to the internal waves and eddies is quantified and discussed. A conclusion follows in section 5.

2. Methods

2.1. Model Setup
The TTP model was developed using the Regional Ocean Modeling System (ROMS), a free-surface, hydro-
static, primitive equation numerical model [Shchepetkin and McWilliams, 2005]. The model domain
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encompasses the channel in Puget Sound where TTP is located (Figure 1c), extending about 7 km up and
downstream of the headland. The model has 100 m horizontal resolution throughout the domain and 20
terrain-following vertical levels that are unevenly spaced with higher resolution near the surface and bot-
tom. The minimum depth was set to be 3 m to avoid wetting and drying of cells. Bathymetric height was
collected during a shipboard survey with a side-scanning multibeam echosounder which provided 5 m
resolution of the sea floor close to TTP. Further afield, the bathymetry was from the Puget Sound gridded
27 m bathymetry [Finlayson, 2005]. The bathymetry was smoothed to avoid excessively steep slopes
(Figure 1e).

The TTP model was one-way nested within the 2006 MoSSea Model [Sutherland et al., 2011], a regional
model of the Salish Sea and the Oregon, Washington, and British Columbia coasts (Figure 1a). The TTP
model was run from 24 October 2006 to 31 October 2006, the same time of year as a 2010 companion field
study [Warner et al., 2013], so stratification was expected to be similar (Appendix A). Tidal currents were also
predicted to be nearly the same during the two time periods by a tidal model of Puget Sound [Lavelle et al.,
1988]. During both the observation and model periods, the mixed-semidiurnal tidal regime shifted from
spring to neap (Appendix A). The initial condition and boundary conditions for the TTP model were taken
from hourly output of the MoSSea Model and interpolated to the TTP model grid. This provided tidal forcing
and stratification of incoming water to the two open boundaries within the TTP model. No atmospheric
forcing was used in the TTP model. Turbulence closure was set to be the k–� version of the generic length
scale mixing formulation [Umlauf and Burchard, 2003] with Canuto-A stability [Canuto et al., 2001]. A quad-
ratic drag law with CD5331023 was used to parameterize bottom stress, and free-slip conditions were
used on the vertical walls. At the open boundaries, the free-surface used Chapman boundary conditions
[Chapman, 1985], the depth-averaged momentum used Flather boundary conditions [Flather, 1976], and all
other fields used radiation boundary conditions. All these parameters were chosen to match what was used
in the MoSSea Model [Sutherland et al., 2011]. The six rows of grid cells closest to the open boundaries were
nudged to background values with a timescale of 0.1 days for salinity and temperature and 0.5 days for
momentum to avoid reflection of waves off of the open boundaries. Snapshots of the flow field were saved
every 15 min of model time.

2.2. Pressure Decomposition
The pressure within the model can be divided into parts that do and do not contribute to form drag. ROMS
is a hydrostatic model, so to decompose the pressure, we begin with the hydrostatic equation:

@p
@z

52qg; (2)

where p5pðx; tÞ is the pressure, q5qðx; tÞ is the density, g is the gravity, x5ðx; y; zÞ, and t is the time. The
coordinates are oriented along the channel, with positive y in the ebb direction and z positive up (Figure
1c). The density can be divided into three parts, qðx; tÞ5q01�qðz; tÞ1q0ðx; tÞ, where q0 is a constant back-
ground density, �qðz; tÞ is the horizontally averaged density at every time step, and q0ðx; tÞ is the residual.
Substituting the density decomposition into (2) and integrating from a vertical position, z, to the surface
height g gives:

pðx; tÞ5gq0g2gq0z1g
ðg

z
�qðz; tÞ dz1g

ðg

z
q0ðx; tÞ dz: (3)

The sea surface height can also be decomposed into the parts that arise from the tidal forcing and a
residual

gðx; y; tÞ5 �gðtÞ1ginertialðy; tÞ1gKWðx; tÞ|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}
tidal forcing

1 g0ðx; y; tÞ|fflfflfflfflffl{zfflfflfflfflffl}
residual

: (4)

Here �gðtÞ is the domain-averaged sea surface height that varies over a tidal range of 4 m. The second term,
ginertialðy; tÞ, is an along-channel sea surface height gradient that causes the acceleration of the tides
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ginertialðy; tÞ5 1
g
@v0

@t
ðy2y0Þ; (5)

where y0 is a reference location at the center of the channel and y is the along-channel distance from
the reference location [Warner and MacCready, 2009]. The tidal velocity, v0, flows in the along-channel
direction and was calculated from a depth and spatial average of currents from regions about 1 km to
the north and south of TTP. The terms in (5) are largest at slack tide with a magnitude of 1 mm km21

and nearly zero at maximum flood and ebb tides. It is included as a separate term because Warner
and MacCready [2009] show that this background tilting of the sea surface can account for form drag
that has a large amplitude, but does no tidally averaged work on the flow because its phase is in
quadrature with the velocity. The third term in (4), gKWðx; tÞ, is a cross-channel tilt of the sea surface of
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up to 2 mm km21 that arises as the tidal wave propagates downstream along the channel banks as a
Kelvin wave (approximated with a linear tilt because the 5 km wide channel is much narrower than the
300 km barotropic Rossby radius of deformation):

gKWðx; tÞ5 f
g

v0ðx2x0Þ: (6)

Here, f is the Coriolis frequency and x0 is a reference location in the center of the channel. It cannot
affect form drag because it varies perpendicularly to the flow. It is included as a separate term because
its removal allows us to more clearly isolate the dynamic part of the sea surface height field, g0ðx; y; tÞ.
The inertial (5) and Kelvin wave (6) terms are quantified by the tidal acceleration and velocity, respec-
tively. We could have simply measured the along and across-channel sea surface slopes to find these
terms, but the definitions here prevent the influence of sea surface perturbations which we do not want
to include in ginertial and gKW .

By substituting (4) into (3), the following expression for pressure is obtained:

p5 2q0gz|fflfflffl{zfflfflffl}
depth

1 g
ðg

z
�q d z

|fflfflfflfflffl{zfflfflfflfflffl}
backgr: strat :|fflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

static pressure

1 gq0�g|ffl{zffl}
tide hgt :

1 gq0ginertial|fflfflfflfflfflffl{zfflfflfflfflfflffl}
�inertial

1 gq0gKW|fflfflffl{zfflfflffl}
Kelvin wave|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

tidal forcing

1 gq0g
0|fflffl{zfflffl}

�external

1 g
ðg

z
q0dz

|fflfflfflffl{zfflfflfflffl}
�internal|fflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

dynamicresidual

: (7)

In this equation, only the starred terms contribute to form drag even though they are many orders of
magnitude smaller than most of the other terms. The depth, background stratification, and tide height
terms have magnitudes that reach 2 3 106, 1 3 103, and 4 3 104 Pa, respectively. The inertial, Kelvin
wave, external, and internal terms all have maximum magnitudes of about 150 Pa (Figures 2 and 3). The
sum of the internal and external pressures will be called the ‘‘dynamic’’ pressure anomaly because it is
the part of the pressure field that does tidally averaged work on the flow and is associated with internal
waves and eddies:

p0dynamic 5p0external 1p0 internal : (8)

Here pressure anomalies are indicated with primes. The sum of the terms that are both time and spatially
dependent is the ‘‘total’’ pressure anomaly:

p0total 5p0external 1p0 internal 1p0 inertial 1p0Kelvin wave : (9)

All of these parts of the pressure field are shown in Figures 2 and 3 during flood and slack tides.

2.3. Calculating Form Drag
The along-channel component of form drag per unit cross-channel distance is the y-integral of seafloor
pressure times topographic slope

Dform 52

ðy2

y1

p0bot hy dy; (10)

where h is the topographic height, hy is the topographic slope in the along-channel direction, and y1 and y2

are locations of equal depth on either side of the topography. The bottom pressure anomaly, p0bot , is the
pressure in (9) evaluated at the sea floor. Form drag has units of N m21. The form drag in (10) can be calcu-
lated with any individual parts of the bottom pressure anomaly in (8) or (9) to get the ‘‘inertial drag,’’ ‘‘exter-
nal drag,’’ ‘‘internal drag,’’ and ‘‘dynamic drag.’’ Only the along-channel component of the form drag is
encompassed by (10). MacCready and Pawlak [2001] state that form drag must be integrated between
points of equal depths. Therefore, it becomes impossible to calculate the across-channel component of
form drag over shore-bound topography like TTP with (10). However, we assume that the along-channel
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component encompasses most of the form drag because the tidal velocity flows in the along-channel direc-
tion and therefore the biggest pressure gradients are in the along-channel direction.

We follow [Gill, 1982, section 8.7] and define the power extracted from the tides by the form drag as the
product of the form drag and the tidal velocity

Pform 5Dform v0; (11)

which has units of W m21 of channel width. These definitions of form drag and power are with respect
to time. We specify tidal averages with <�>, always being sure to calculate tidal averages over complete
tidal cycles. The tidal velocity, v0, is the appropriate velocity to use when calculating power as discussed
below.

Four transects that run parallel to the channel were chosen on which to calculate form drag (Figure 1d). The
transects were specifically chosen to encompass the parts of topography with nonzero slopes and to end at
equal depths (Figure 1e). They are numbered 1–4 from offshore to onshore. Transects 2 and 3 correspond
to the ridge and headland transects in the observations, respectively [Warner et al., 2013]. The form drag
and power from the model and observations along transect 2 exhibit similar patterns of largest energy con-
version during strong flood tides (Appendix A). Both the form drag and power can be divided by the length
of each transect, L, to get spatial averages in N m22 and W m22, respectively.
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Figure 2. (a–f) Bottom pressure anomalies and (g) vorticity at maximum flood tide. The pressure anomaly has been broken up into (a) internal, (b) external, (c) dynamic (equation (8)),
(d) inertial, (e) cross-channel Kelvin wave, and (f) total bottom pressure anomalies (equation (9)). Depth contours (gray) every 50 m. Four analysis transects are labeled in Figure 2a. (lower
right) Tidal currents (v0) with maximum flood tide indicated with a red dot.
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It should be noted that the power (11) differs from the barotropic to baroclinic energy conversion that is
commonly used to quantify the energy removed from tides by linear internal wave generation [Kelly et al.,
2010, equation (24)]:

CT 52ðU; VÞ � rhp00jz52h: (12)

Here (U, V) are the across and along-channel components of the depth averaged velocity. Unlike v0, which
is a channel average, U and V are defined at every grid box. The baroclinic bottom pressure anomaly ðp00botÞ
as defined by Kelly et al. [2010, equation (42)] differs from p0bot because an additional depth mean has been
removed.

Barotropic to baroclinic conversion (12) can be integrated along the four transects and compared to form
drag power (11) as shown in Figure 4. The integral of (12) is calculated as

CTy5
1
L

ð
CT dy; (13)

which has units of W m22. Along section 1, which is dominated by internal waves and not affected by
eddies, both Pform/L and CTy show peaks during strong flood tides. Along sections 3 and 4, which contain
eddies but not internal waves, CTy is substantially smaller than Pform/L. Time averages of CTy and Pform/L are
calculated (Table 1). Along section 1, <CTy> and <Pform/L> are nearly equal, whereas elsewhere on the
topography where eddies are present, <CTy> has a much smaller magnitude than <Pform/L>.
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Figure 3. (a–f) Bottom pressure anomalies and (g) vorticity at slack tide.
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One of the most important ways that
energy is removed from the large-scale
flow at TTP is through eddies, which is a
form of energy conversion that can be
both barotropic and baroclinic. Since (12)
only accounts for barotropic to baroclinic
conversion, (11) is the more appropriate
way to quantify energy lost from the
tides at TTP.

3. Physical Mechanisms That
Create Form Drag

Throughout the next two sections, the
relationship between the internal and
external pressures within eddies and
internal lee waves will be examined to
understand how these phenomena
contribute to form drag. There are
repeated patterns of pressure seen at
TTP from one tidal cycle to the next.
During flood tide (Figure 2), there are
large internal, external, and dynamic
bottom pressure anomalies. The iner-
tial bottom pressure is zero and the
Kelvin wave pressure has its maximum
across-channel gradient. Similar, but
reversed, patterns are seen during ebb
tide. However, since ebb currents are
weaker than flood currents [Warner
et al., 2013], this analysis focuses on
the flood tide. During slack tide (Figure
3), there are still large internal and
external pressure anomalies in the

domain due to the persistence of an eddy that was created during the previous flood tide. At this time, the
internal pressure field has its largest along-channel gradient and the Kelvin wave pressure is zero.

3.1. Eddies
Due to the fact that the eddies are being created by sloping topography, the eddies themselves are tilted
[Canals et al., 2009]. Eddies can be identified by patches of high-magnitude relative vorticity (Figure 2g).
The position of the eddy can be tracked through time (Figure 5) by finding the maximum vorticity at the
surface and at the bottom as shown with maps of surface and bottom vorticity in Figure 6c. The eddy
begins to form about 2 h before maximum flood tide. Even at this early stage, the vorticity maximum at the
surface is located much closer to the shore than the vorticity maximum at depth. As the tide gains strength,
the eddy is stretched further due to velocity shear, eventually reaching its maximum horizontal displace-
ment between surface and bottom of 1.7 km—equivalent to three eddy diameters—about 4 h following
the peak of flood tide. With this separation between surface and bottom, the eddy has a slope of about 1:7
(rise:run). The eddy remains stretched throughout its lifespan even once it is advected by currents away
from the headland. Canals et al. [2009] show that the velocity remains almost entirely horizontal. TTP is not
the only place to spawn tilted eddies. Oke and Griffin [2011] describes a tilted eddy off the coast of Australia
that has a 100 km diameter and a core that is offset by 28 km over a depth of 4.5 km.

The tilt of the eddy leads to different isopycnal structures and bottom pressure anomalies than are found in
a vertical eddy, which in turn can affect how much form drag the eddy creates. A vertical section that goes
through the eddy (Figure 6c) shows isopycnal contours that are depressed over the bottom half of the eddy
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and elevated in the top half. At the surface, there is a
balance between the centripetal force of the currents
and a radial pressure gradient, which can be written
with the frictionless, steady shallow-water momentum
equation in polar coordinates as

2
u2

h

r
52g

@g
@r
; (14)

where uh is the azimuthal velocity and r is the radial
coordinate. Coriolis acceleration is omitted from (14)
because it is an order of magnitude smaller than the

centripetal acceleration. The angular currents of the eddy create a depression of the sea surface. Directly
below this surface depression the centripetal acceleration is smaller because the vorticity is weaker and
there is upward heaving of the isopycnals to balance the low surface pressure. Integrated to the bottom,
there is a strong negative external pressure of 2129 Pa and a strong positive internal pressure of 122 Pa at
this location (Figures 6d and 6e). Even though the internal and external pressure anomalies are large, the
dynamic pressure anomaly is nearly zero (Figure 6f). Only close to shore, in water shallower than 50 m
where isopycnals cannot be raised enough to compensate for the low external pressure is there a nonzero
dynamic pressure anomaly that has a magnitude >250 Pa.

In the bottom half of the eddy, perturbations of the sea surface do not play a role like they do in the top
half of the eddy. Here there is a local balance of the centripetal force of the currents and the internal pres-
sure field, which causes isopycnals to be drawn down. Therefore, both internal and external pressure

anomalies are negative and they com-
bine to a dynamic pressure of 261 Pa.
The opposing forces that pull isopycnals
up in the top half of the eddy and
down in the bottom half can lead to
vertical isopycnal excursions of 50 m as
seen for the 1024.1 kg m23 isopycnal
(Figure 6c). The bottom half of the
eddy, therefore, has a dynamic bottom
pressure anomaly that is often just as
large as the dynamic pressure anomaly
in the top half of the eddy.

During slack tide (Figure 3), the eddy
from the previous flood has the largest
pressure anomalies within the domain.
However, there is nearly complete com-
pensation between the internal and
external pressures which leads to a
near-zero dynamic pressure anomaly.

Overall, due to the tilted nature of the
eddies at TTP, the isopycnals in the
upper half of the eddy deviate upward
to counteract the negative pressure
anomaly at the surface, and in the lower
half of the eddy, the isopycnals are
depressed downward. Therefore, the
eddy only contributes to form drag in
two places: at its base where the exter-
nal pressure does not counteract the
internal pressure and in regions that are

Table 1. Time Averages of Form Drag Power (<Pform/L>,
Equation (11)) and Barotropic to Baroclinic Conversion
(<CTy>, Equation (13)) Along the Four Analysis Transectsa

<Pform/L> <CTy>

Transect (W m22) (W m22)

1 20.0398 20.0362
2 20.0541 20.0067
3 20.0353 10.0010
4 20.0478 20.0004

aOnly along transect 1 are the two quantities approxi-
mately equal.
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too shallow for the isopycnal excursions to counteract the external pressure. The internal and external pres-
sures associated with an eddy have much larger magnitudes than the dynamic bottom pressure. Therefore,
the external form drag measured by McCabe et al. [2006] should not be assumed to be the same size as the
total form drag, which is much smaller.

3.2. Internal Waves
Internal lee waves are generated on the ridge-like part of TTP [Edwards et al., 2004]. Their structure can be
investigated by looking at vertical slices of density and bottom pressure along the four transects (Figure 7)
to determine how they contribute to form drag. During flood tide along section 1, there is a lee wave on
the south side of the topography that has a negative internal pressure anomaly (Figures 7a and 7e). Unlike
a classical mode 1 internal wave where the surface perturbations are in the opposite direction as the isopyc-
nal perturbations, here, the external and internal pressures are both negative.

Along section 2 during flood tide, there is an internal wave with a negative internal pressure anomaly visible
on the crest of the topography (Figures 7b and 7f). This negative internal pressure exists both upstream and
downstream of the topographic crest, but the signal has a greater magnitude on the lee side of 266 Pa.
Just like the internal wave on section 1, the external pressure does not counteract the internal pressure. The
internal wave along section 2, however, is dwarfed by the positive internal pressure of 59 Pa and negative
external pressure of 292 Pa located farther downstream. This is the pressure signal of an eddy that is mostly
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situated on transect 3 but impinges on the very south end of transect 2 (Figures 2a and 2b). Along sections
3 (Figures 7c and 7g) and 4 (Figures 7d and 7h), the topography is too tall with respect to the water column
depth to create internal waves.

Throughout most of the tidal cycle, the eddies and internal waves at TTP stay spatially separated, however,
shortly after maximum flood tide, the eddy advects toward the internal lee wave altering the dynamics.
Along transects 1 and 2, the internal waves are the dominant mechanism for removing energy from the
tides as was shown in Figure 4. When the eddy moves onto these transects, the positive internal pressure
anomaly of the eddy confines the negative internal pressure anomaly of the internal waves to a shorter
down-stream extent. Along transect 1, where the eddy is not present, the internal wave creates pressure
anomalies as far as 750 m downstream. Along transect 2, the internal wave can only depress isopycnals as
far as 200 m beyond the topographic crest because the eddy is located just downstream. This changes the
sign of the internal form drag because the negative pressure anomalies from the internal lee wave are now
located at the crest of the topography and the positive internal pressure anomalies from the eddy are now
located over the slope. At Knight Inlet, Klymak and Gregg [2001, 2003] describe a situation where internal
lee waves are affected by lateral recirculation. The recirculation can account for 25% of the flow thereby
increasing the size of the internal lee waves. Unlike the internal lee waves at Knight Inlet, we do not suspect
that the flow here is hydraulically controlled. The Froude number stays well within the subcritical range
along section 1 ðFr5v0=ðNðH2h0Þ=pÞ � 0:54Þ. Furthermore, at Knight Inlet, the recirculation is located in a
layer of fluid directly on top of the internal wave [Klymak and Gregg, 2001]. Therefore, unlike Klymak and
Gregg [2003] who suggest that the recirculation strengthens the internal wave, here we conclude that the
eddy impedes the formation of the internal wave reducing its form drag.

In summary, internal lee waves are generated during flood tides on the more ridge-like part of TTP. They
start to form about 2 h before maximum flood tide and remain attached to the topography until the tidal
currents slacken sufficiently to release the wave, which occurs about 3 h after maximum flood. The waves
create a negative internal pressure on the lee side of the topography. Unlike the eddy where the internal
and external pressure anomalies counteract each other, here, the external pressure anomaly is relatively
small and often negative like the internal pressure anomaly. When eddies are present along the ridge trans-
ects, they can drastically change the pressure field and confine the internal wave to a smaller extent along
the transect.

4. Implications for Form Drag and Power

The pressure fields described in section 3 can be integrated to get the form drag (10) and power (11),
thereby allowing us to quantify the relative contributions to tidal energy loss from the eddies and internal
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waves (Figure 8). The integrated form drag and power along each transect line has been divided by the
length of the transect line to get units of N m22 and W m22.

The internal form drag and power change sign from offshore to onshore. Along section 1, the internal form
drag (Figure 8e) is generally positive during the first half of strong flood tides and close to zero at other
times. There are corresponding negative peaks in internal power during the first half of flood tide (Figure
8i). The one exception occurs at the end of 10/26, when an eddy crosses this transect resulting in negative
internal and positive external form drags. In contrast to section 1, along sections 3 and 4, the internal form
drag is negative during flood tides (Figures 8g and 8h), and the internal power is positive (Figures 8k and
8l). Transect 2 has a combination of the offshore and onshore dynamics (Figures 8f and 8j). The form drag is
positive in the first half of the flood tide when the dynamics are governed by an internal lee wave, and neg-
ative in the second half of flood tide when an eddy moves onto the transect and dominates the signal of
the internal wave. This interaction of internal waves and eddies leads to internal power that changes sign
during flood tides along transect 2.

The external form drag is positive along all four transects (Figures 8m, 8n, 8o, and 8p) leading to negative
peaks of power during strong flood tides (Figures 8q, 8r, 8s, and 8t). The external form drag is much larger
for the eddy than it is for the internal wave, and therefore it has bigger amplitudes along transects 3 and 4
than along transects 1 and 2.

The dynamic form drag and power have similar amplitudes from transect to transect despite the
different behavior of the internal and external parts of the signal. Along all four transects, peaks in power of

max floodsmax floodsmax floods

−0.2
−0.1

0
0.1
0.2 max floods

tid
es

[m
 s

−
1 ]

SECTION 1
(a)

−4

0

4

fo
rm

 d
ra

g

[N
 m

−
2 ] (e)

−4

0

4

fo
rm

 d
ra

g

[N
 m

−
2 ] (m)

−4

0

4

fo
rm

 d
ra

g

[N
 m

−
2 ] (u)

−1
−0.5

0
0.5

po
w

er
[W

 m
−

2 ] (i)

−1
−0.5

0
0.5

po
w

er
[W

 m
−

2 ] (q)

10/26 10/27
−1

−0.5
0

0.5

po
w

er
[W

 m
−

2 ] (y)

2006

−0.2
−0.1

0
0.1
0.2

SECTION 2
(b)

−4

0

4 (f)

−4

0

4 (n)

−4

0

4 (v)

−1
−0.5

0
0.5 (j)

−1
−0.5

0
0.5 (r)

10/26 10/27
−1

−0.5
0

0.5 (z)

2006

−0.2
−0.1

0
0.1
0.2

SECTION 3
(c)

−4

0

4 (g)

−4

0

4 (o)

−4

0

4 (w)

−1
−0.5

0
0.5 (k)

−1
−0.5

0
0.5 (s)

10/26 10/27
−1

−0.5
0

0.5 (aa)

2006

−0.2
−0.1

0
0.1
0.2

SECTION 4
(d)

−4

0

4 (h)

−4

0

4 (p)

−4

0

4 (x)

−1
−0.5

0
0.5 (l)

−1
−0.5

0
0.5 (t)

10/26 10/27
−1

−0.5
0

0.5 (bb)

2006

IN
T

E
R

N
A

L
E

X
T

E
R

N
A

L
D

Y
N

A
M

IC

Figure 8. (a–d) Time series of tidal currents, (e–h) internal form drag, (i–l) internal power, (m–p) external form drag, (q–t) external power, (u–x) dynamic form drag, and (y–bb) dynamic
power along the four analysis sections. The form drag and power have been divided by transect length and are reported in N m22 and W m22, respectively. Maximum strong flood tides
are indicated by vertical gray bars. Only 3 days of the model run is shown in order to highlight the details, which repeat themselves every tidal cycle.

Journal of Geophysical Research: Oceans 10.1002/2013JC009757

WARNER AND MACCREADY VC 2014. American Geophysical Union. All Rights Reserved. 1565



20.4 W m22 occur during strong flood tides
and the power is close to zero at other times
(Figures 8y, 8z, 8aa, and 8bb). Along transect 1,
the internal and external powers have the same
sign and augment each other. Along transects
3 and 4, the internal and external powers have
larger magnitudes than along transect 1, but
the signs are opposite, and the dynamic power
ends up having nearly the same size as it does
along transect 1. Overall, in regions where inter-
nal waves dominate, the internal and external
powers act together to produce dynamic form
drag, whereas in regions where the eddy domi-
nates, they act against each other. It should be
noted that the internal and external pressures
arise as part of our pressure decomposition (7)
and do not physically exist without each other.
It is the dynamic pressure that encompasses
the physically relevant form drag felt by the
fluid.

Warner et al. [2013] showed that the form drag
at TTP is under-predicted by a bluff body drag law and that a wave drag law works much better because it
takes into account the effects of stratification. The magnitude of the form drag and power along the four
transects are found to compare much closer to a wave drag law than a bluff body drag law [Warner et al.,
2013, equations (14) and (13)].

The internal, external, and dynamic powers are time-averaged to get an overall picture of the energy con-
version at TTP (Figure 9). The internal power is negative along section 1 and increases to be positive along
section 4. Its sign reverses as the dominance of internal waves is overcome by eddies toward shore. The
external power is negative along all four transects, its magnitude increasing toward shore. Due to the oppo-
site trends of the internal and external average powers, the time-averaged dynamic power remains nearly
constant across the topography at 20:04460:008W m 22. In the observational study of TTP, Warner et al.
[2013] found an average power of 20.2 W m22. The model estimate is low because the velocity in the
model is slower than the measured velocity as explained in Appendix A. By increasing the model velocity to
match the observed velocity, the average power scales to 20.11 W m22. This estimate is still smaller than
the observed power possibly because of topographic smoothing in the model. Furthermore, the model grid
is large enough to resolve the form drag at TTP as a whole, but subgrid scale processes such as regions of
increased drag due to bottom roughness and nonhydrostatic mixing are not resolved within our model.
Despite the difference in magnitude of the average power, the pressure and form drag dynamics of the
model are qualitatively similar to those observed (Appendix A).

The power losses at TTP are similar to other coastal rough topography. Osborne et al. [2011] found time-
averaged barotropic to baroclinic tidal energy conversion on the Oregon shelf in regions of rough topogra-
phy to exceed 0.04 W m22. Kang and Fringer [2012] found time-averaged barotropic to baroclinic conver-
sion along the California shelf near and within the Monterey Canyon to reach 0.2 W m22 over rough
topography. In a model of the Hawaiian Ridge, Carter et al. [2008] found much larger conversion, with spa-
tial peaks of 3 W m22.

Warner et al. [2013], found that the internal power made up 80% of the total power along the ridge transect.
In the model, it was found that the internal power makes up to <10% of the dynamic power along transect
2 which is in the same location as the ridge transect in the observations. The physical reason that there is
not as much internal drag along transect 2 in the model is because the eddy often encroaches on the
southern end of the transect during flood tides. Due to smoothing of the topography within the model, it is
possible that the eddy takes a different path in the model than it does in reality. Since the eddy carries such
a large pressure anomaly, it is possible that section 2 in the model is much more influenced by the eddy
than the ridge transect was in the observations by Warner et al. [2013]. In a different field study at TTP,
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Pawlak et al. [2003] show that eddies did not cross transect 2 in a series of drifter observations. Along tran-
sect 1, the internal power makes up to 60% of the dynamic power which is much closer to what was
observed along the ridge transect in Warner et al. [2013].

Ideally, we would like to know how to predict whether topography will generate internal waves or eddies.
Klymak et al. [2010a] show that for large obstacles with topographic Froude numbers, Nhm=U0 > 3, ‘‘partial
blocking’’ occurs and some of the water upstream never surmounts the crest. Here N is the buoyancy fre-
quency, hm is the topographic height, and U0 is the tidal velocity. Due to the sloping nature of TTP, the flow
is not necessarily blocked because it can go around the topography. Along the four transects at TTP, Nhm=

U0 is 1.25 along transect 1, 2.5 along transect 2, and 5 along transects 3 and 4. Transect 2 is just at the point
where internal waves are starting to be dominated by eddies. Therefore, we see a very similar response to
the parameter space discussed by Klymak et al. [2010a]: when Nhm=U0 > 3, the flow cannot go over the
topographic crest and eddies rather than internal waves are formed. MacCready and Pawlak [2001] deter-
mined that the cutoff between flowing around rather than over sloping topography occurs when
U0=LNsinðaÞ50:5, where L is the along-slope length of the topography and a is the topographic slope. At
TTP, U0=LNsinðaÞ50:3, which means that currents should go over rather than around topography, generat-
ing internal waves. This parameter, however, does not take into account the depth of the water column. At
TTP, the fact that the topography rises out of the water means that the parameter hm=H, where H is the total
water column depth, must also play a role because internal waves cannot occur in places where the topog-
raphy rises up through the majority of the water column. At TTP, the transition from internal waves to
eddies occurs at the point where hm=H � 0:5. Further investigation into the importance of these parame-
ters over a wide range of topography would be needed to determine the exact parameter space where
transition from internal waves to eddies occurs on sloping topography.

5. Conclusions

In this study, a numerical model of Three Tree Point was used to gain insight into the physical mechanisms
that create form drag across this sloping headland. The part of the bottom pressure field that contributes to
form drag was divided into the internal and external pressures so the eddies and internal waves could be
identified. It was found that internal waves are the dominant mechanism along the ridge-like part of the
topography and eddies are the dominant mechanism closer to shore. Both the internal waves and eddies
are largest during strong flood tides and much weaker during the small flood or ebb tides.
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Figure 10. (a) Salinity from the observations averaged over the time period of the cruise in 2010 [Warner et al., 2013] (gray) and from
model averaged over the week in 2006 during which the model was run (black). (b) Potential temperature. (c) Potential density. (d) Buoy-
ancy frequency.
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In regions where internal waves dominate, internal, and external pressures work in concert to create
dynamic pressure that is larger than either individual part. The average dynamic power is made up of 60%
internal power and 40% external power. The dynamics are complicated in the internal wave regime when
eddies are pushed into this part of the domain affecting the bottom pressure anomalies and confining the
internal lee wave to a smaller region along the topography.

The tilted nature of the eddies leads to a complicated pattern of internal and external pressures. In the top half
of the eddy, the external pressure is negative and the internal pressure is positive, which leads to a dynamic
bottom pressure that is nearly zero except right next to the shore where isopycnals have limited vertical excur-
sions. In the bottom half of the eddy, which can be located nearly 2 km from the surface of the eddy, both the
internal and external pressures tend to be negative. However, the bottom of the eddy is often located over flat
parts of topography and therefore does not contribute significantly to form drag. Overall, in the regions where
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Figure 11. (a) Model tides. Vertical bars highlight 2 h spanning maximum flood (light gray) and maximum ebb (dark gray). (b–g) Bottom
pressure anomalies from the model on transect 2. Locations in (o). (h) Observed tides from Warner et al. [2013]. (i–n) Observed bottom
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eddies dominate, the internal power tends to be positive and the external power tends to be negative.
Together, they lead to a dynamic power that is also negative but only about half as big as the external power.

Even though the internal and external pressure anomalies of the eddy have much bigger magnitudes than
the pressure anomalies from the internal wave, both processes do similar amounts of work. The dynamic
power loss has peaks of 0.4 W m22 across the topography which equivalent to a time average of 0.04 W
m22. Scaled to account for the slower velocity in the model than at the real TTP gives a time-averaged
power loss of 0.11 W m22. This is much larger than losses due to friction.

Overall, this study shows the complicated dynamics that occur when both internal waves and eddies are
created by sloping topography. The eddies are tilted and have a pressure anomaly structure that is different
from vertical eddies. The internal lee waves are created on the ridge-like part of the topography and can be
suppressed by the presence of an eddy. Both phenomena contribute nearly equally to form drag in the
region. Combined, they lead to a bottom pressure anomaly field that differs significantly from that found
near topography that generates just internal waves or eddies alone.

Appendix A: Model Compared to Observations

The goal of this paper is not to directly compare the TTP model to the field observations that are detailed in
Warner et al. [2013], but instead to gain insight into the physical mechanisms that create form drag. Differ-
ences are expected between the model and observations simply because they cover different time periods
(model: 24–31 October 2006 and observations: 26 October to 2 November 2010). Furthermore, the model
bathymetry had to be smoothed (Figure 1e). Despite this, we compare the model to the observations so we
know what the model does and does not do well.

A1. Density
The model is too salty by about 1 psu (Figure 10a), which is a known defect of the MoSSea model [Suther-
land et al., 2011]. This leads to potential density within the model that is about 0.75 kg m23 too high (Figure
10c). The potential temperature in the model is similar to the observed (Figure 10b). Despite the differences
in salinity and density, the buoyancy frequency is generally the same (Figure 10d). Differences in stratifica-
tion could affect how easy it is for water to flow over versus around the topography. As the buoyancy
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Figure 12. (a) Tidal currents from the model. Vertical bars indicate 2 h window spanning max flood (light gray) and max ebb (dark gray).
(b) Form drag and (c) power from transect 2 in the model. (d) Tidal currents from the observations [Warner et al., 2013]. (e) Observed form
drag and (f) power from the ridge transect.
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frequency increases, it is more likely for the flow to be around the topography than over it [MacCready and
Pawlak, 2001].

A2. Tidal Currents
The time period of the model was chosen to match the tides from the observations as closely as possible,
however, there are some differences between the two, most notably in their amplitude (Figures 11a and
11h). The maximum velocity during flood tides in the model and observations are 0.17 and 0.23 m s21,
respectively. The reason for this disparity is due to the weak M2 tidal currents in the MoSSea Model [Suther-
land et al., 2011]. Due to weaker tides, it is expected that the form drag and power will not be as big as the
observations. Nonetheless, the form drag is still many times greater than the frictional drag.

A3. Bottom Pressure Anomalies
Bottom pressure anomalies from the model and observations can be compared at the locations of the pres-
sure sensors (Ppods) from the field study (Figure 11). There are similar patterns between the two. The pres-
sure anomalies on the north side of TTP (Figures 11b, 11c, 11i, and 11j) are smaller than the pressure
anomalies on the crest (Figures 11d, 11e, 11k, and 11l) and south side (Figures 11f, 11g, 11m, and 11n). The
magnitude of the bottom pressure anomalies on the south side during strong flood tides is quite large,
whereas during ebb and weak flood tides, the signal is much smaller. In both the model and observations,
the bottom pressure anomaly decreased from north to south during flood tides (Figure 11o). However, that
decrease is about four times greater in the observations (change of 100 Pa) than in the model (change of
25 Pa). During ebb tides, the pressure increased from north to south in the observations (change of 60 Pa),
whereas, in the model, there is only a slight increase in pressure anomalies across the topography during
ebb tide. Overall, the amplitude of the bottom pressure anomalies is too small in the model, but the pat-
terns of high and low pressures are similar between the model and observations.

A4. Form Drag and Power
Both the observations and model (Figure 12) show largest peaks of form drag (10) and power (11) at maxi-
mum flood tides and much smaller peaks during ebbs and weak floods. The observed amplitude is larger
than the modeled. The average observed power is 248 W m21 and the average model power is 100 W m21.
Based on the differences between modeled and observed tidal velocities, and a form drag that varies as v2

0 ,
we would predict that the model would only account for 40% of the observed power, consistent with the
results above.
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