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The general objective of this study was to develop

models and datasets that would significantly advance our

ability to assess the current and future effects of global

change on the biosphere. The focus was in two areas: (1)

preparing environmental datasets at regional to small

watershed scales; and (2) developing models to simulate

the interactions of climate, hydrology and vegetation

distribution at the small watershed/landscape scale.

The PRISM modeling system, a method for mapping

monthly precipitation over complex terrain, was presented

and evaluated. PRISM (recipitation-elevation egressions

on Independent .lopes iodel) brings a unique combination

of climatological and statistical concepts to the mapping

of orographic (terrain-induced) precipitation, and is very

useful in preparing gridded precipitation datasets.

Using PRISM and other tools, gridded climate,

vegetation, and soils datasets were developed for the

Reynolds Creek Experimental Watershed, a small basin in

the Owyhee Mountains of southwestern Idaho. The datasets



were prepared at a 200-rn pixel resolution, and consisted

of monthly total precipitation, and mean monthly

temperature, vapor pressure, and wind speed for the

calendar years 1984, 1985, and 1986. The general methods

used in developing these datasets are applicable to other

mountainous watersheds in which elevation is the primary

determinant of the spatial variability in climatic

parameters.

The Reynolds Creek datasets were then used in the

development of a spatially explicit, hydrology/vegetation

distribution model for use in small- to medium-size

watersheds. The model was a hybrid of the MAPSS (Mapped

Atmosphere Plant-Soil-System) biogeographical model and

the Wigmosta hydrology-vegetation model. The intent was

to assess the potential for reconfiguring MAPSS,

originally developed at a continental scale, to simulate

the three-dimensional processes that dominate vegetation

and hydrologic patterns at the watershed/landscape scale.

The hybrid model, termed MAPSS-W (MAPSS-Watershed),

performed well in simulating daily fluctuations in

snowpack, basin discharge, and leaf area of non-woody

vegetation.
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MODELING CLIMATE, VEGETATION, AND WATER BALANCE
AT LANDSCAPE TO REGIONAL SCALES

CHAPTER I: INTRODUCTION

Increases in radiatively important trace gases in

the atmosphere are expected to cause significant changes

in global climate over the next 50-100 years (e.g.,

Houghton et al., 1990). Although the nature and

magnitude of these changes are as yet unclear, they are

likely to have substantial impacts on the distribution

and function of ecosystems worldwide. In the meantime,

ecosystems are already being affected by the ongoing

conversion of global vegetation to human use. Examples

include urbanization, timber harvesting, and crop

production (e.g., Vitousek, 1986) . The need to assess

the wide-ranging implications of these changes in our

global environment has sparked efforts to develop

reliable models and datasets for predicting current and

future interactions of climate, land use, and vegetation

distribution. These efforts have taken place at a wide

range of scales, from a single tree to the entire globe.

The general objective of this study is to develop

models and datasets that would significantly advance our

ability to assess the current and future affects of

global change on the biosphere. The focus is in two

areas: (1) preparing environmental datasets at regional



2

to watershed/landscape scales; and (2) developing models

to simulate the interactions of climate, hydrology and

vegetation distribution at the watershed/landscape scale.

Chapters II and III discuss methods for mapping

environmental parameters that are important inputs to

hydrological and ecological models. In Chapter II, the

PRISM modeling system, a method for mapping monthly

precipitation over complex terrain, is introduced and

evaluated. PRISM improves the accuracy of many existing

precipitation maps, and supplies serviceable maps in

regions for which their development was previously

impracticable. Chapter II has been published in the

Journal of Applied Meteorology (Daly et al., 1994).

Chapter III deals with the development of ecological

model inputs at landscape/small watershed spatial scales

and daily time steps. Methods for preparing a variety of

climatic and environmental grids at the Reynolds Creek

Experimental Watershed, Idaho are presented. The PRISM

modeling system, developed as a regional model, is

applied successfully at the landscape scale. A method

for estimating daily climatic time series data from

monthly grids is presented, as are methods for

translating soils and vegetation maps into model-usable

inputs.

In Chapter IV, the datasets and mapping tools

developed in Chapters II and III are used in the

development of a spatially explicit, hydrology/vegetation
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distribution model for use in small watersheds. This

model is a hybrid of two existing models, the MAPSS

(Mapped Atmosphere Plant-Soil-System) biogeographical

model (Neilson, in press), and the Wigmosta hydrology-

vegetation model (Wigmosta, in press) . This work

represents the first step in the reconfiguration of MAPSS

to operate effectively at the watershed/landscape scale.

Conclusions from the overall study are summarized in

Chapter V.



CHAPTER II:
A STATISTICAL-TOPOGRAPHIC MODEL FOR MAPPING

CLIMATOLQGICAL PRECIPITATION OVER MOUNTAINOUS TERRAIN

INTRODUCTION

Estimates of the amount and spatial distribution of

monthly and annual precipitation are critical inputs to a

variety of ecological and hydrological models. These

include vegetation models (e.g., see Chapter IV of this

volume), water balance models, water quality models, and

crop production models (e.g., Running et al., 1987; Doiph

et al., 1992) . The demand for precipitation fields on a

regular grid is growing dramatically as models become

increasingly linked to geographic information systems

(GIS) that manipulate model output in a spatially

explicit manner. However, a lack of data, as well as a

conceptual framework for mapping orographic

precipitation, has hindered the development of

precipitation grids for complex terrain.

The purpose of this chapter is to present and

evaluate a method for distributing point measurements of

monthly and annual average precipitation to regularly-

spaced grid cells at regional to continental scales. The

method is an objective precipitation distribution model

called PRISM (recipitation-ejevation egressions on

independent lopes odel) . PRISM is well suited to

regions with mountainous terrain because it incorporates

4
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a conceptual framework that addresses the spatial scale

and pattern of orographic precipitation. The advantages

and limitations of the PRISM modeling system are compared

to those of three commonly used geostatistical methods:

ordinary krig±ng, elevationally-detrended kriging, and

elevational cokriging.

METHODS FOR ESTIMATING AREAL PRECIPITATION

Historically, most methods for estimating gridded

precipitation from point data have fallen into three

major groups: graphical, topographical, and numerical.

Graphical methods involve mapping of precipitation data,

sometimes in combination with precipitation/elevation

analyses, and include isohyet mapping (Reed and Kincer,

1917; Peck and Brown, 1962) and Thiessen polygon

estimation (Thiessen, 1911) . Topographical methods

involve the correlation of point precipitation data with

an array of topographic and synoptic parameters such as

slope, exposure, elevation, location of barriers, and

wind speed and direction (Spreen, 1947; Burns, 1953;

Schermerhorn, 1967; Houghton, 1979).

Over the past decade, the most commonly used

precipitation distribution methods have been numerical.

These are interpolation procedures in which a numerical

function, developed or prescribed, is used to weight

irregularly-spaced point data to estimate a
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regularly-spaced prediction grid. Inverse-distance

weighting is an example of a simple numerical

interpolation method. In this case, the weighting of the

data points is prescribed to decrease as the distance

between the points increases.

Kriging is a geostatistical approach (Matheron,

1971) that has gained acceptance as a tool for the

interpolation of many types of data, including

precipitation (Chua and Eras, 1982; Dingman et al., 1988;

Phillips et al., 1992) . In kriging, a semivariogram

model that best fits the data is developed to arrive at

optimum station weights for interpolation. A potential

drawback of kriging is that it implicitly relies on the

data to directly represent the spatial variability of the

actual precipitation field.

Recently, elevationally detrended kriging and

cokriging with elevation as a covariate have been used to

bring topographic influences into the calculations

(Phillips et al., 1992; Hevesi et al., 1992a; b) . The

resulting precipitation fields often show more

topographically-related spatial patterns in complex

terrain than those from ordinary krigirig. However,

application is limited to areas characterized by a

strong, overall precipitation/elevation relationship

(i.e., regions dominated by one main orographic regime)

Attempts are now being made to use digital elevation

models (DEMs), sometimes in conjunction with orographic
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models, to predict the physical influences of topographic

factors on precipitation patterns (e.g., Peck and

Schaake, 1990; Fan and Duffy, 1991; Hay et al., 1991)

Such approaches are promising because they stress the

physical nature of orographic influences on

precipitation.

THE PRISM CONCEPTUAL FRAMEWORK

PRISM incorporates a conceptual framework that

addresses orographic scale and pattern across the

landscape. Below we introduce and discuss the three main

aspects of this framework: (1) the effects of elevation

on precipitation; (2) the spatial scales at which

orographic effects are observed; and (3) the spatial

patterns of orographic regimes over complex terrain.

Precipitation-Elevation Relationships

On a given mountain slope, climatological

precipitation typically increases with elevation (Alter,

1919; Barrows, 1933; Spreen, 1947; Schermerhorn, 1967;

Hibbert, 1977; Smith, 1979) . This phenomenon, commonly

called the orographic effect, is evident worldwide (e.g.,

Henry, 1919; Hutchinson, 1968; Vuglinski, 1972;

Whitmore, 1972) . Depending on its size and orientation,

a mountain or range of mountains can increase the

intensity of cyclonic precipitation by retarding the rate



8

of movement of the storm and causing forced uplift of the

air mass (Barry and Chorley, 1976; Marwitz, 1987). In

summer, the orographic effect may trigger a conditional

or convective instability in an otherwise stable air

mass, producing a local redistribution of precipitation

over the higher ground.

Local increases in precipitation with elevation

approximate a linear form in many regions. Examples

include Arizona (Hibbert, 1979; Osborn, 1984), Nevada

(Houghton, 1979), Idaho (Hanson et al., 1980), the Great

Smoky Mountains (Doriley and Mitchell, 1939), New England

(Barrows, 1933), Utah (Alter, 1919; Lull and Ellison,

1950; Peck, 1962), the Southern Rocky Mountains (Hart,

1937), and southern California (Burns, 1953) . Under some

conditions the relationship between precipitation and

elevation may be best described by log-linear or

exponential functions, but the simple linear form is easy

to use and appears to be an acceptable approximation in

most situations.

In sub-tropical regions, limited vertical cloud

development causes the precipitation maximum to occur

below the crests of higher mountains (e.g., the Hawaiian

Islands) . In contrast, the climatological precipitation

maximum at mid-latitudes usually occurs at or near the

crest of the topographic barrier (e.g., Lull and Ellison,

1950; Barry, 1973; Hanson et al., 1980) . There are

exceptions, however. In large-scale precipitation



situations, a spatial displacement of the precipitation

maximum upwind of the crest may occur over very broad

barriers as a result of lifting and condensation in the

upstream flow before the barrier is reached (Smith,

1979) . This phenomenon appears to be partially

responsible for an annual precipitation maximum windward

of the crest of the northern Sierra Nevada of California

(e.g., Varney, 1920; Lee, 1941; Armstrong and Stidd,

1967), where the horizontal distance from windward base

to crest is about 120 km. Although not well documented,

in very high mountains an upwind displacement of the

precipitation maximum could theoretically be produced by

a "drying out" of the ascending air due to upstream

rainout. Over barriers with steep, narrow upwind faces,

the delay between the condensation and precipitation

maxima (due to hydrometeor formation and fall) (Smith,

1979) and air flow acceleration over the crest may

displace the precipitation maximum to the lee side of the

crest. This is reflected in long term precipitation

observations on steep, windy ridges in southwestern Idaho

where the horizontal distance from windward base to crest

is less than 10 km (Greg Johnson and Clayton Hanson, USDA

Agricultural Research Service, pers. comm.).

The magnitude of displacement (if any) in the

precipitation maximum from a mountain crest is not easily

generalized for mapping purposes, and depends on moisture

source, barrier characteristics, storm type, wind speed,

9
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and other factors. Even when available, rain gauge data

themselves may not present a true picture of

precipitation distribution near mountain crests. It is

clear that undercatch of precipitation, especially snow,

can be significant (Gjorsvik, 1972; Rechard, 1972;

Sevruk, 1974; Rodda and Smith, 1986)
. The present

version of PRISM assumes that precipitation on a given

slope increases with elevation to a maximum at the

mountain crests, unless local station data dictate

otherwise. As such, this configuration is suitable

primarily to mid-latitude regions (or lower mountains in

other regions), and may spatially offset or perhaps

overestimate the "actual" precipitation maximum in some

instances.

The Spatial Scale of Orographic Effects

The scale at which orographic effects are observed

is of great importance to this analysis, because of our

desire to use a digital elevation model (DEN) as a GIS-

compatible source of spatially gridded elevation data.

There is an implicit mismatch in scale when one uses

relationships between station point elevations and

precipitation to estimate precipitation at DEM grid

cells. The elevation at the center of a DEN grid cell

does not represent the elevation at that point, but

reflects an average or otherwise smoothed elevation
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representing the entire grid cell. Hence, the DEM cell

elevation will rarely match the station elevation, even

if the station is at the exact center of the grid cell.

Generally, the finer the resolution of the DEM, the more

closely the elevation of the grid cell will match that of

the point. But limited computing resources and a lack of

widespread fine-resolution coverage often limit the

resolution of DEMs used in regional applications to a

range of about 1 to 10 km. To maintain a consistent

scale and avoid mismatches between station point and DEN

grid cell elevations, PRISM calculates elevations of the

stations from their positions on the DEN.

Two questions immediately arise: How does the DEM

grid resolution compare to the scale of the orographic

effects we are attempting to simulate, and is there an

"optimal" resolution for orographic effects? A

definitive answer is not available, but there is evidence

to suggest that relatively coarse-grid scale DEMs may

actually give excellent estimates of the "orographic"

elevations of stations in many instances. Several

researchers have found that broad-scale topographic

features at scales of 2 to 15 km were more highly

correlated with precipitation than point-based

topographic features (Spreen, 1947; Burns, 1953;

Schermerhorn, 1967; Hibbert, 1977) . Experiments with a

5-minute latitude/longitude (approx. 6x9 km) DEM

(National Geophysical Data Center, 1989) suggest that in
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many regions the elevations of the DEM can offer a better

approximation of a station's orographic elevation than

the station's actual elevation. Figure 11.1 illustrates

relationships between precipitation and elevation for

four stations in the Columbia River Gorge, a deep but

narrow river valley bisecting the Cascade Range and

forming the border between Washington and Oregon. The

Cascades are a significant orographic feature oriented

normal to the prevailing westerly wind flow. Moist air

masses are lifted by the large-scale bulk of the

mountains on either side of the gorge, causing relatively

high amounts of precipitation to fall within the gorge.

Consequently, elevations at 5-minute resolution, which do

not resolve the gorge well, are much more highly

correlated with precipitation than the station

elevations.

Of course, there are many complicating factors. The

orographic scale undoubtedly depends on the scale of the

prevailing storm type -- large-scale frontal systems have

inherently larger scales than localized convective cells.

The orographic scale illustrated in the data may also

depend on the relationship between the scale of the

topographic features involved and the density and

placement of the data points. In the Columbia Gorge

example, the 5-minute DEM approximated the orographic

scale associated with the Cascade Mountain barrier.

However, there are undoubtedly smaller scale orographic
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Figure 11.1. Relationships between measured annual
precipitation and two elevation parameters
(actual station elevation and the 5-minute
DEM elevation) at the station location in
the Columbia River Gorge. Triangles denote
actual station elevation points and
rectangles denote DEM elevation points. The
relationship using the DEN elevation is much
more useful because its 5-minute resolution
better approximates the scale of orographic
processes illustrated in the data. All
stations shown are located west of the
Cascade Range crest.
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effects imbedded in this larger scale effect that would

produce an increase in precipitation from, say, the

bottom of the gorge to the rim. However, there are no

stations at various heights above the floor of the gorge

to illustrate this. In essence, we have only enough

stations to resolve orographic effects at the scale of

the Cascade Mountains; levels of the orographic

"hierarchy" operating at finer scales cannot be resolved

readily. The best DEM resolution therefore becomes more

a function of data density than of the actual scale of

orographic effects. Another potential factor is the

temporal resolution of the data. Small-scale orographic

effects may be more likely to be resolved in short time

interval data than in data averaged over a long time

period.

Data from the Reynolds Creek Watershed (Hanson et

al., 1980), one of the densest precipitation networks in

the country, gives some insight into the minimum

orographic scale in southwestern Idaho. These data

indicate that mountain ridges 8 km apart experience

slight but distinct dry and wet exposures during winter.

A DEM with a cell size of no more than 2 km would

probably be needed to resolve these orographic effects.

Other examples of small-scale precipitation variations

include the enhancement of precipitation over low hills

in Illinois (Changnon et al., 1975) and Sweden (Bergeron,
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1968), and precipitation deficits in deep, narrow valleys

in Canada (Longley, 1975)

We have chosen to start with a 5-minute DEN

resolution for this analysis, because it appears to

approximate the scale of orographic effects that can be

readily explained by routinely available data in regional

applications. The relationship between the scale of

topographic features, data density and temporal

resolution, and optimum DEM resolution will be a major

focus of further research with PRISM.

The Spatial Patterns of Orographic Regimes

The characteristics of the relationship between

measured precipitation and elevation can vary appreciably

from hilislope to hillslope, and are influenced by

differences in steepness of the terrain, upwind barriers,

and slope orientation, among other factors. This can

make it difficult to obtain a usable relationship between

elevation and precipitation, unless rainfall stations are

grouped into regions that control for such factors.

Numerous topographic station groupings resulting in

strengthened precipitation/elevation relationships have

been documented (Alter, 1919; Barrows, 1933; Hart, 1937;

Donley and Mitchell, 1939; Lull and Ellison, 1950; Burns,

1953; Peck, 1962; Houghton, 1979; Hanson et aL, 1980;

Osborn, 1984)
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To effectively model the spatial pattern of

orographic precipitation in complex terrain, it is

essential that topographic regions be recognized and

isolated. To this end, a mountainous landscape can be

divided into a mosaic of topographic faces, or "facets,"

each assumed to experience a different orographic regime.

Each topographic facet is a contiguous area over which

the slope orientation is reasonably constant. For

example, the western slope of the Oregon Cascades

represents a large, west-facing topographic facet.

Topographic facets are best delineated by using a DEM

with a resolution that closely matches the smallest

orographic scale supported by the data, thereby reducing

the number of facets delineated at terrain scales too

small to be resolved by the data and avoiding over-

aggregation of orographically important facets.

DESCRIPTION OF THE MODEL

Overview

In operation, PRISM (1) estimates the "orographic"

elevation of each precipitation station using a DEM at

5-minute latitude/longitude grid spacing, and (2) assigns

each DEM grid cell to a topographic facet by assessing

slope orientation. PRISM then estimates precipitation at

each DEM cell by (3) using a windowing technique to

develop a precipitation/DEM-elevation regression function
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from nearby rainfall stations on the cell's facet; and

(4) predicting precipitation at the cell's DEM elevation

with this regression function. Whenever possible, PRISM

calculates a prediction interval for the estimate, which

is an approximation of the uncertainty involved.

By using many precipitation/DEM-elevatjon

relationships developed within local windows and on

individual topographic facets, rather than a single

domain-wide relationship, PRISM continually adjusts its

frame of reference to accommodate local and regional

changes in orographic regime.

PRISM Structure and Function

The overall structure of the PRISM system is shown

in Figure 11.2. The system consists of three functional

components: FACET, which generates grids of topographic

facets from the DEM; PRISM, which assimilates the DEM,

the facet grids, and station data to produce the

estimated precipitation and prediction interval grids;

and GRADIENT, a postprocessor to these grids. The PRISM

system requires several input parameters, most of which

can be determined objectively or left as default values.

PSTAT, a statistical version of PRISM, is used to

determine the optimum values of the most important input

parameters. Parameter definitions and methods of

determination are listed in Table 11.1.



/5-minute D

FACET

Topographic
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PRISM
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(and Error

Estimates)

GRADIENT
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/ Precip.
/ Predictions
/ (and Error

/
Estimates)

/

/

Station
Precipitation

Data

Figure 11.2. Overall structure of the PRISM modeling
system.
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TABLE 11.1. Input parameters required by PRISM.

MINSTP Elevation gradient below
which terrain is assumed to
be flat

MAXRAD Maximum radius within
which station search will be
conducted

MINRAD Minimum radius within
which all stations are
included

MINSTA Minimum number of
stations required for cell
PIE1 regression calculation

B1MIN Minimum allowable slope
for cell PIE1 regression
function

B1MAX Maximum allowable slope
for cell PIE' regression
function

DB1 Default slope for cell PIE'
regression function

B 1EX Extrapolation slope for cell
PIE' regression function

B1MAXG Maximum allowable slope
for a PIE' relationship
between cells.

MINSLP Minimum elevation gradient
needed to invoke
GRADIENT operation

Precipitation/DEM-elevation.

Meters FACET
per grid
cell

Grid PRISM
cells

Grid PRISM
cells

Stations PRISM

li' PRISM

1un' PRISM

PRISM

PRISM

Irni' GRADIENT

Meters GRADIENT
per grid
cell
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1-25 15 is used for
15 most applications

2-10 Cross validation
none (PSTAT)

2-5 Cross validation
none (PSTAT)

3-10 Cross validation
none (PSTAT)

0.0 0.0 is used for
most applications

2.0-3.0 Largest PIE'
3.0 slope expected

on a single facet

0.6-1.3 Mean slope from
none all valid

regressions

1.5-2.5 Cross-validation
2.0 with high-

elevation data

2.5-5.0 The largest P/E'
4.0 slope expected

between facets

75-150 100 appears to
100 be good forU.S.

Modeling Range
system and Method for

Parameter Definition Units component default estimation



FACET

As discussed earlier, each topographic facet is a

contiguous area over which the slope orientation is

reasonably constant. FACET assigns a slope orientation

to each DEM cell at column i, row j by first calculating

elevation gradients across the cell from west to east and

south to north. Assuming cartesian coordinates, the

west-east gradient is calculated as the difference in

elevation between the adjacent cell (i-1,j) to the west

and the adjacent cell (i+1,j) to the east. The south-

north gradient is calculated as the difference in

elevation between the adjacent cell (i,j-1) to the south

and the adjacent cell (i,j+l) to the north. The slope is

judged to be flat if neither the west-to-east nor the

south-to-north gradients are equal to or greater than a

prescribed gradient (MINSTP; Table 11.1) . If the slope

is not flat, the cell is categorized as facing north,

south, east, or west.

In practice, the definition of a topographic facet

in PRISM depends largely on the availability of data

points to describe the precipitation/DEM-elevation

regression function on that facet. In many cases the

number of data points on a facet is very small.

Therefore, there must be a mechanism by which the spatial

extent of a facet can be dynamically broadened to

20



encompass more data points if needed. This is done by

subjecting the DEM to a standard five-point filter, in

which the cell elevation E. is computed as

E,1=O.5E11+o.125{E +E +E +E }.:+1J Ill i/fl if-i

To accommodate a large range of potential data point

densities, FACET computes six different facet grids: (1)

facet grid is derived from the unfiltered DEM, (2) the

DEM is subjected to eight filtering passes, (3) 16

passes, (4) 24 passes, (5) 32 passes, and (6) 40 passes.

A 5-minute DEM subjected to more than 40 filtering passes

does not resolve some of the major orographic features

that exist in the United States. Facets that are only a

single cell in width are assimilated into the surrounding

facets, because at least two grid cells are needed on a

facet to give some elevational variation for the

regression calculations. Narrow facets that straddle the

crests of mountains (and thus show a net slope that is

flat), undergo a special assimilation process. The

precipitation regime on mountain crests is usually more

similar to that of the windward side than the leeward

side. At mid-latitudes the windward sides of north-south

and west-east oriented mountain ranges are typically the

west and south slopes, respectively. Thus, ridge-crest

facets on approximately north-south ranges are

assimilated into the adjacent facet to the west and those

21
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on approximately east-west ranges are assimilated into

the adjacent facet to the south. This configuration can

be altered easily for regions exhibiting different

climatological characteristics.

Figure 11.3 illustrates outputs from FACET for

northwestern Oregon on the unfiltered 5-minute DEM and on

the same DEM after 40 filtering passes. The unfiltered

DEM (Figure II.3a) resolves a detailed array of facets,

some of which are quite small. The highly filtered DEM

(Figure II.3b) resolves only the gross terrain features,

and produces a smaller number of larger facets.

PRISM

The structure of the main PRISM model is detailed in

Figure 11.4. "Orographic" elevations for each

precipitation station are derived from the 5-minute DEM

by (1) locating the DEM grid cell center that falls

nearest to the station location; (2) finding the four

surrounding grid cells adjacent to the cell in step 1;

and (3) calculating a weighted mean elevation of these

five DEM cells, with each cell weighted inversely by its

center's distance from the station location. For each

grid cell on the DEM, PRISM retrieves the appropriate

stations, develops a precipitation/DEM-elevation

regression function, estimates precipitation at the cell,

and, if necessary, makes vertical extrapolation
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Reed input.

"If

Retrieve
.tation.

within window
end on cell's
tape. facet

Do vertical
extrapolation
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necessary

Perform
monthly PIE
regression

"I,

Estate cell
precipitation

and
prediction
interval

Figure 11.4. Process flow for monthly operation of the
main PRISM model.
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adjustments to the estimate. PRISM then estimates the

uncertainty in the estimate by calculating a regression

prediction interval. Each of these processes is

discussed in detail below.

All stations located within a prescribed maximum

radius (MAXRAD; Table 11.1) from the DEM grid cell are

retrieved. Those stations not falling on the cell's

topographic facet are omitted (Figure 11.3). If the

number of remaining stations is less than a prescribed

minimum number (MINSTA; Table 11.1), PRISM attempts to

include more stations by using a filtered FACET grid.

PRISM starts with the FACET grid with eight filtering

passes, adding any stations that now fall on the same

facet as the DEM grid cell. This process continues with

more highly filtered FACET grids until MINSTA (Table

11.1) is reached or the most highly filtered FACET grid

has been used, whichever comes first. If the number of

stations on the correct facet exceeds MINSTA on the first

try (using the unsmoothed FACET grid), all stations

within a prescribed minimum radius (MINRAD; Table 11.1)

and on the same facet are accepted. Conversely, if no

stations on the same facet are available even at the

highest smoothing level, the one station that is nearest

to the DEM grid cell, regardless of facet, is selected

for use in the regression calculations.

Stations located on cells that have the same

orientation (i.e., north, south, east, or west) as the

25
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DEM grid cell but lie on a completely separate facet are

eliminated from the search. For example, a station

located on the western slope of the Oregon Coast Range is

not used in defining the precipitation/DEM-elevation

function for the western slope of the Cascades (see

Figure 11.3)

An example of the station search process is shown in

Figure 11.3. The grid cell to be estimated is on a small

south-facing facet. On the unsmoothed FACET grid there

is only one station on this facet - not enough to develop

a precipitation/DEM-elevatjon relationship (Figure

II.3a) . PRISM searches successively smoother FACET grids

until enough stations are accumulated. After 40

filtering passes, local variations in topography have

been minimized, allowing surrounding stations to be

accepted into the regression calculation (Figure II.3b)

Monthly and annual linear precipitation/DEN-

elevation regression functions are generated from the

station data set retrieved for the grid cell. If the

slope of a calculated regression line falls outside

prescribed bounds (B1MIN and E1MAX; Table 11.1), the

model attempts to find an influential outlying station

that is causing the unusual slope. The most influential

outlier is defined using two criteria. Upon deletion, it

produces: (1) the largest change in the slope of the

regression line, and (2) a new regression slope that

falls between E1MIN and E1MAX. If an influential outlier
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is found, it is deleted from the regression calculation.

If no single outlier can be deleted to bring the slope to

within allowable limits, the slope is set to a prescribed

default value (DEl; Table 11.1) . If only one station is

in the regression data set, the default slope DB1 (Table

11.1) is invoked immediately.

E1MIN, E1MAX, and DB1 are not expressed in absolute

units (such as centimeters of precipitation per kilometer

of elevation), which vary greatly temporally as well as

spatially. Rather, each of these regression slopes,

which we will collectively call El, is expressed as a

proportion of the average precipitation of the regression

data set for each cell (i,j):

B1= '

P..1J

where (2)

--L
'1ij k=1

b1 ,is the precipitation/DEM-elevation regression slope

for the cell, PkiJS the kth precipitation data point in

the regression data set for the cell, and n is the

number of stations used in the regression calculation for

the cell. Evidence gathered during model development

indicates that this method of expression is relatively
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stable in both space and time. In PRISM applications to

Colorado, California, Arizona, and the Pacific Northwest,

the domain-mean precipitation/DEM-elevation slope varied

from 25.3 cm/km in low precipitation domains to 217.1

cm/km in high precipitation regions. When the

domain-mean slope was expressed in the form of equation

2, the range was only 0.90 - 1.28 km1

E1MIN is set to zero in most applications, because

precipitation should theoretically increase with

elevation on a single topographic facet (although this

may not always be the case when facets are smoothed to

compensate for sparse data). A default value for E1MAX

was found by analyzing monthly precipitation data from

stations on the leeward sides of major mountain ranges in

the United States, where precipitation gradients are

greatest. The maximum value observed was 3.0 km', the

gradient between Sisters and Santiam Pass, Oregon.

A monthly or annual precipitation prediction at grid

cell (i,j) is calculated as

P.. = b0 E..ii
'/

7)

where b11 and b0,1 are, respectively, the monthly

regression slopes and intercepts for the cell, and E is

the DEM elevation of the cell. Any P1 less than zero is

set to zero.

PRISM presently operates on a 5-minute

latitude/longitude DEM, which represents the terrain in a

(3)
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smoothed, simplified fashion. Unfortunately, the

smoothing effect can reduce significantly the height of

relatively narrow or isolated mountains and ridges. This

is most apparent in regions where the terrain alternates

between flat valleys and towering, sharply-defined peaks

(e.g., the intermountain west). The precipitation/DEM-

elevation function is often developed from sites located

only on lower, gentle slopes, which are represented

reasonably well by the coarse-grid DEM. Extrapolation of

the regression line up a sharply defined ridge, however,

can lead to an underestimation of precipitation on the

ridge, because the DEM may not resolve such localized

elevational gradients.

We have implemented a temporary algorithm to adjust

precipitation estimates for locally high elevations that

have been reduced by the coarse-grid DEM, when (1) the

elevational range of the stations used in the

precipitation/DEM-elevation function is small (less than

1000 m) and (2) upward extrapolation of the function is

necessary to estimate precipitation. This is done by

allowing the slope of the precipitation/DEM-elevation

function to be changed to a prescribed value (E1EX; Table

11.1) above the elevation of the highest station in the

regression data set for cell (i,j) . The new function

with slope B1EX begins on the old regression line at the

elevation of the highest station. B1EX is expressed as a

fraction of the precipitation per kilometer of elevation
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at the point where the new line begins. A reasonable

value for E1EX was estimated by holding back high

elevation SNOTEL (snow telemetry) precipitation data

(USDA Soil Conservation Service, 1988) in the

intermountain region and finding the B1EX that provided

estimates of the SNOTEL data with the least overall error

and bias in repeated applications. These tests showed

that a B1EX of 2.0 gave consistently good results. In

the future, we hope to minimize or eliminate the need for

this adjustment by developing more sophisticated versions

of PRISM that will run on finer-resolution DEMs within

the confines of the available data density (see "The

Spatial Scale of Orographic Effects" for discussion of

data density)

To address the degree of uncertainty in the

estimated precipitation values, PRISM calculates 95%

prediction intervals. Since PRISM currently uses linear

regression to estimate precipitation as a function of

elevation, standard methods for calculation of prediction

intervals for the dependent variable (Y) are used. These

prediction intervals take into account both the variation

in the possible location of the expected value of Y for a

given X (since the regression parameters must be

estimated), and variation of individual values of Y

around the expected value (Meter et al., 1989) . The

formula used for calculating the variance of Y

(precipitation) for a given value of X = Xh (elevation)



is:

S = s 2{}
+ MSE = M.S'E 1+1 (Xh-X)2

n
E Xi)2
I=1

(4)
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where 2{h} is the estimated variance of the expected

value of
h at X = Xh MSE is the regression mean square

error, and n is the number of points in the regression

(Neter et al., 1989) . The 95% prediction intervals were

created as:

1 ±t975,4. s{1 (5)

where t975df is the 97.5 percentile value of the t

distribution with df = the degrees of freedom for MSE.

Calculation of these estimation variances and prediction

intervals are not possible when either: (1) fewer than 3

data points are available for regression in a window; (2)

the regression slope does not fall between B1MIN and

B1MAX and the domain-mean precipitation/DEM-elevation

slope is substituted; (3) the estimated precipitation

value undergoes vertical extrapolation adjustment; or (4)

the estimated precipitation value is modified by the

GRADIENT post-processor.

Kriging and cokriging estimation variances assume

the correctness of the semivariogram and

cross-semivariogram models, and do not incorporate any
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uncertainty related to model "goodness of fit." The

method outlined above for calculating estimation

variances in PRISM does include this source of

variability. Estimation variance tends to be higher with

fewer regression points, greater scatter around the

regression line, or elevations further away from the mean

regression elevation. On the other hand, kriging and

cokriging variances incorporate the spatial proximity of

the estimated point to the surrounding data points used

in the interpolation. The closer the supporting data

points, the lower the estimation variances are in kriging

and cokriging. PRISM does not explicitly incorporate the

spatial proximity of surrounding data points in its

calculation of estimation variance. However, the

restriction of the interpolation to a small window on a

particular topographic facet is an attempt to control

other factors affecting precipitation besides elevation.

The assumption is made that the regression relationship

developed for that facet and window applies equally well

to all points within that facet and window, regardless of

their spatial relationship to the particular supporting

data points.

GRAD lENT

GRADIENT is a postprocessor to the PRISM estimated

precipitation grids. GRADIENT does between-cell
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precipitation/DEM-elevation slope checking (as was done

in the main PRISM model for cell regression functions),

primarily to avoid overly sharp discontinuities in

predictions between adjacent topographic facets. For

instance, the precipitation regime between the windward

and leeward slopes of the Cascades is sharply pronounced.

This may result in a spatial discontinuity, or step

change, in predictions between adjacent cells if

insufficient data are available to adequately define the

sharp gradient.

The prescribed maximum precipitation/DEN-elevation

slope, B1MAXG (Table 11.1), is set to a somewhat higher

value in GRADIENT than its counterpart (B1MAX) in the

main model because steep precipitation/DEN-elevation

slopes are to be expected between some adjacent facets.

No minimum slope is specified because very large negative

slopes are common between sharply defined facets.

GRADIENT ignores areas of flat terrain (which are

typically within a single facet) by applying a minimum

elevation gradient criterion (MINSLP; Table 11.1)

GRADIENT searches for discontjnujties on a

cell-by-cell basis. When the precipitation/DEN-elevation

slope between two adjacent cells exceeds E1MAXG and the

elevation gradient between the cells exceeds MINSLP, the

lower precipitation value of the two cells is increased

until the slope is decreased to E1MAXG. In practice, the

primary effect of GRADIENT is a "feathering out" of any
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sharp discontinuities in the precipitation fields on the

leeward sides of large mountain ranges.

MODEL EVALUATION

The performance of PRISM was compared to those of

geostatistical interpolation methods through application

to the Willamette River Basin, Oregon. This afforded the

opportunity to evaluate PRISM alongside three types of

geostatistical methods compared in Phillips et al.

(1992) : kriging, detrended kriging, and cokriging. For

more rigorous testing, PRISM was also applied to northern

Oregon and to the entire western United States.

Detrended kriging and cokriging could not be applied to

these regions of such widely varying orographic regimes.

Willamette River Basin

The Willamette River Basin (Figure 11.5) is bounded

by the Coast Range on the west, Cascade Range on the

east, and the Columbia River on the north. Elevations

within the basin range from near sea level at Portland to

over 3200 m (1750 m on the 5-minute DEN in Figure 11.5)

in the high Cascades. Measured annual precipitation

ranges from about 100 cm in the Willamette Valley to

nearly 300 cm in the Coast Range west of Salem. The best

available isohyetal map for Oregon (USDA Soil

Conservation Service, 1964) had estimates in excess of
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Figure 11.5. The Willamette River Basin modeling domain.
Elevation contour interval is 250 m.
Numbers 1-15 denote SNOTEL sites, and 16-52
denote NWS and cooperator stations.
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500 cm for a few locations in the Coast Range. Most

precipitation in the basin is produced by cyclonic storms

that push onshore from the Pacific Ocean during the fall,

winter, and spring. Rainfall is greatest on the western

side of the Coast Range, and drops off rapidly on the

eastern side into the somewhat drier Willamette Valley.

Precipitation increases gradually up the western slope of

the Cascades, reaching levels that approach those of the

Coast Range in some locations. Summer precipitation is

usually very light, with only minor convective activity

in the high mountains and occasional weak cyclonic

storms.

The precipitation data set was that used by Phillips

et al. (1992) . The data set consisted of average annual

precipitation for the period 1982-1988 at 52 stations

(Figure 11.5) . Thirty-seven stations were operated by

the National Weather Service and cooperators (Earthlnfo,

1990) and 15 were Soil Conservation Service SNOTEL

stations (USDA Soil Conservation Service, 1988) . A

5-minute latitude/longitude DEM grid provided elevation

data for 478 cells within the basin (National Geophysical

Data Center, 1989) . Kriging, elevationally detrended

kriging, and elevational cokriging were applied to the

study area by Phillips et al. (1992) . Kriging involved a

procedure of selecting and iteratively refining a

semivariogram model for log annual precipitation. The

final model exhibited the lowest reduced mean and reduced
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variance cross-validation statistics (Yates and Warrick,

1987) . Cross validation was done using the TTjackknife"

procedure - station precipitation values were deleted one

at a time, and new values estimated by kriging.

For elevationally detrended kriging, a basin-wide

linear regression was performed with log annual

precipitation as the dependent variable and log elevation

as the independent variable. The log annual

precipitation residuals from the regression were used to

construct a semivariogram. As in kriging, the model was

refined iteratively using cross-validation. Cokriging

required a semivariogram for log elevation, a

cross-semivariogram for the interaction of log annual

precipitation and log elevation, as well as the log

annual precipitation semivariogram (developed for

kriging) . The log elevation semivariogram used the 478

5-minute DEN elevations plus the 52 weather station

elevations. Precipitation was estimated by the three

kriging methods for the 478 DEM grid points by using the

8 nearest neighbors within a radius of 60 km.

The optimum configuration for PRISM was also

determined by jackknife cross-validation, but did not

require the initial selection of a model (it was

prescribed as linear) . PSTAT, a version of PRISM that

calculates cross-validation residuals for point

estimates, was used. PSTAT automatically varied three

key input parameters: minimum and maximum radius of
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influence (MINRAD and MAXRAD) and the minimum number of

stations sought for developing precipitation/DEM-

elevation functions (MINSTA) . The model configuration

that resulted in the lowest mean absolute error (MAE) and

bias was chosen as the configuration for the application.

MAE was given precedence if one configuration did not

produce both the lowest MAE and bias. Sias was

calculated as:

Bias = (6)

fl j=i

where P and O are the predicted and observed

precipitation for the ith station, respectively. MAE was

defined as

MAE = jiyo,
fl j=i

(7)

DB1 (the default precipitation/DEM-elevation slope) was

initialized at 0.9 km', a typical value for the western

United States. In PSTAT, MINRAD and MAXRAD were each

varied from 2 to 10 grid cells (10' to 50' of latitude

and longitude), and MINSTA was varied from 2 to 10

stations. The optimum configuration was MINRAD = 4

cells, MAXRAD = 7 cells, and MINSTA = 3 stations. A run

of PRISM with these settings gave an average El over the

modeling domain of 0.8. This value was then substituted

for the initial DEl and PSTAT run again to insure that
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the overall ranking of configurations did not change (it

did not in this case) . Table 11.2 lists values of all

input parameters for the application. For this

application, PRISM calculated 478 regression functions,

one for each DEM cell. Of these, the precipitation/DEM-

elevation slopes for 62 cells (13 percent) failed to fall

within B1MIN and B1MAX after attempts at outlier

deletion. Of-the remaining regression lines, the mean

(coefficient of determination) of those that used at

least three stations was 0.64. This is similar to the r2

of 0.67 for the domain-wide regression between log annual

precipitation and log elevation used in detrended kriging

(Phillips et al., 1992)

PRISM exhibited the lowest cross-validation errors,

followed by detrended kriging, cokriging, and kriging

(Table 11.3) . The bias for PRISM was 0.1 cm, compared to

-1.4, -2.0, and -5.2 cm for detrended kriging, cokriging,

and kriging, respectively. The MAE was 17 cm for PRISM,

19 cm for detrended kriging, 20 cm for cokriging, and 26

cm for kriging.

The precipitation field produced by detrended

kriging, the geostatistical method with the best

statistical performance, is shown in Figure II.6a. A

general minimum in precipitation of about 90-100 cm

occurred in the northern Willamette Valley. (The minimum

estimate of 57 cm reported in Table 11.3 appears to have

been caused by edge effects on the northern margin of the



N/A.. The GRADIENT postprocessor was not needed in the Willamette Valley application.
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TABLE 11.2. Values of input parameters for PRISM
applications to the Willamette River Basin, northern
Oregon, and the western United States.

Parameter
Willamette River
Basin Northern Oregon Western United States

M[NSTP 15 m per grid cell 15 mper grid cell 15 m per grid cell

MAXRAD 7 grid cells 4 grid cells 3 grid cells

MINRAD 4 grid cells 3 grid cells 1 grid cell

MINSTA 3 stations 5 stations 6 stations

B1MIN 0.0 km 0.0 kni' 0.0 km'

B1MAX 3.Okm' 3.0km' 30km-'

DB1 0.8 km-1 1.15 km' 0.97 knr'

B1EX 2.0 km-1 2.0 km' 2.0 km'

B1MAXG N/A 4.0km-' 4.0 km'

MINSLP N/A lOOm lOOm



(n=52)

* Cross-validation.
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TABLE 11.3. Summary statistics for precipitation
estimates by PRISM, kriging, detrended kriging, and
cokriging in the Willamette River Basin.

Method

Minimum Maximum
estimate estimate
(cm) (cm)

Mean
estimate Xval* bias
(cm) (cm)

Mean
absolute x-
val* error
(cm)

PRISM 93 344 157 0.1 17

Kriging 102 265 157 -5.2 26

Detrended
kriging

57 259 170 -1.4 19

Cokriging 60 319 167 -2.0 20

Station
ppt.
values

99 293 164



Figure 11.6

Predicted annual precipitation fields for the Willamette
River Basin produced by (a) detrended kriging and (b)
PRISM. Contour interval is 25 cm.
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domain.) Smoothed, large-scale precipitation maxima were

produced in the Coast Range and at middle elevations of

the Cascades.

The PRISM precipitation field exhibited relatively

detailed local patterns (Figure II.6b) . The minimum

estimate of 93 cm occurred northwest of Salem. The

maximum estimate of 344 cm, 51 cm above the highest

measured value, occurred on the slope of Mt. Jefferson at

the eastern edge of the domain. The field showed a rapid

increase in precipitation on the western edge of the

domain, which corresponds to the eastern slope of the

Coast Range. Numerous local maxima occurred on the

western slope of the Cascades, corresponding with minor

mountain peaks; these maxima are largely missing from the

detrended kriging field. Comparisons with the best

available isohyetal map for Oregon (USDA Soil

Conservation Service, 1964), which provides substantial

detail in mountainous areas, indicated that the

precipitation field from PRISM corresponded more closely

to the isohyetal map than did those from the

geostatistical methods.

Northern Oregon

PRISM was applied to northern Oregon to assess its

performance in a region that encompasses several

radically different orographic regimes and incorporates
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extreme spatial gradients in precipitation. The modeling

domain extends eastward from the Pacific Coast, across

the Coast and Cascade Ranges, to the Wallowa Mountains of

northeastern Oregon; it spans southward from southern

Washington to Bend, Oregon (Figure 11.7) . Measured

annual precipitation in the domain ranges from less than

25 cm in the interior desert to over 325 cm in the Coast

Range and northern Cascades - one of the greatest

precipitation ranges in the United States for a region

this size. A domain-wide precipitation-elevation

relationship is virtually nonexistent. Indeed, the

lowest measured precipitation in the domain (Redmond, OR)

is at 917 m-asl and the highest (North Fork, OR) is at

769 m-asl. The lack of a domain-wide relationship

between precipitation and elevation renders invalid any

interpolation methods that rely on such relationships.

It is for this reason that cokriging and elevation

detrended kriging cannot be applied here, unless the

domain is split up into many subregions and the

interpolation done in a piecewise manner (Phillips et

al., 1992)

The precipitation data set for northern Oregon was a

combination of 130 National Weather Service and

cooperator stations (Earthlnfo, 1990) and 51 SNOTEL sites

(USDA Soil Conservation Service, 1988) . To be included

in the data set, the National Weather Service stations

must have had at least 20 years of record (regardless of
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Figure 11.7. Northern Oregon PRISM modeling domain. Elevation contour interval
is 250 m. The numbers 1 - 5 indicate stations having observed annual
precipitation that differed markedly from PRISM predictions in
cross-validation. See text for details.



48

the measurement period) and at least 75 percent data

completion rate. All SNOTEL stations with valid

1961-1985 average annual precipitation were included.

PRISM was applied for monthly and annual average

precipitation. The values of MINRAD = 3 cells, MAXRAD =

4 cells, and MINSTA = 5 stations were used for all

months, and were determined by running cross-validation

statistics on the annual average precipitation with

PSTAT. The values of all input parameters are listed in

Table 11.2. To minimize edge effects, the model was

originally applied for a domain that ranged from 43-47

degrees north and 116-125 degrees west - one degree

latitude and longitude beyond the domain shown in Figure

11.7. The predicted grid was then taken as a window of

the original, and performance was evaluated only for

stations within this window. The windowed domain (Figure

11.7) required 2016 regression functions for each month

and for the year, for a total of 26,208 functions. Of

these, 13-18 percent had slopes that did not fall between

B1MIN and B1MAX after attempts at outlier deletion.

Results from the PRISM application to northern

Oregon are summarized in Tables 11.4 and 11.5. Table

11.4 compares performance statistics from the northern

Oregon application to the Willamette River Basin

application. The minimum estimated annual value was 13

cm, 35 percent below the lowest measured value, and the

maximum was 556 cm, 62 percent above the highest measured



TABLE 11.4. Summary statistics for PRISM applications
to the Willamette River Basin, northern Oregon, and the
western United States. Cross validation bias and mean
absolute error are expressed in cm and in percentage of
observation. The percent value is arrived at by
expressing each error as a percentage of the
observation, then averaging them. All statistics are
for average annual precipitation.

* Cross-validation
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Domain

Minimum
estimate
(cm)

Maximum
estimate
(cm)

Mean
estimate
(cm)

Xval* bias
(cm)/(% obs)

Mean absolute
xvaPc error
(cm)/(% obs)

Willamette River 93 344 157 0.1 / 1.0 17 /10
Basin PRISM

Northern Oregon 13 556 101 1.3/4.5 17/16
PRISM

Northern Oregon 20 331 107
Station ppt.
values (n=181)

Western U.S. 0.1 923 51 1.5 / 3.5 9 / 17
PRISM

Western U.S. 4 347 57
Station ppt.
values (n=3500)
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TABLE 11.5. Monthly and annual summary statistics for
PRISM precipitation estimates for northern Oregon. Cross
validation bias and mean absolute error are expressed in
cm and in percentage of observation. The percent value is
arrived at by expressing each error as a percentage of the
observation, then averaging them.

'Precipitation/DEM-elevation. 2 Cross-validation.

Month
Mean PIE'
regression r2

Mean
precipitation
(cm)

Mean
regression
slope (km1)

X-val2 bias
(% of obs.)

Mean absolute
x-val2 error
(% of obs.)

January 0.61 14 1.2 6.7 22

February 0.61 11 1.3 8.0 25

March 0.63 10 1.2 5.8 21

April 0.63 6 1.1 4.5 20

May 0.65 5 1.1 5.0 19

June 0.64 4 1.1 5.5 18

July 0.55 1 1.0 8.0 27

August 0.56 2 1.0 7.0 25

September 0.64 4 1.1 4.4 21

October 0.65 7 1.2 5.6 21

November 0.68 14 1.2 6.2 21

December 0.67 16 1.2 7.2 22

Annual 0.70 101 1.2 4.5 16
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value (Table 11.4) . Cross-validation bias was 1.3 cm,

somewhat higher than the 0.1-cm bias for the Willamette

River Basin. The MAE was 17 cm, the same as that for the

Willamette River Basin. However, the average estimated

precipitation was 56 cm lower in northern Oregon than in

the Willamette River Basin. Thus, errors expressed as a

percentage of each observed value, and then averaged,

were believed to be more comparable than absolute units.

On a percentage basis, the bias increased from 1 to 4.5

percent and the MAE increased from 10 to 16 percent.

An examination of the annual cross-validation

residuals revealed that five out of the 181 stations had

particularly large residuals. They were (1) Hood River

-- 133 cm predicted vs 75 cm observed; (2) Parkdale --

177 vs 103 cm; (3) Clear Lake -- 206 vs 122 cm; (4) Three

Creeks Meadow -- 177 vs 111 cm; and (5) Eilertson Meadows

-- 134 vs 77 cm. These stations are shown as bold

numbers in Figure 11.7. Stations 1-4 are located within

steep precipitation gradients just to the east of the

Cascade crest, and Eilertson Meadows is within a strong

precipitation gradient between Baker, Oregon, and Rock

Creek Butte, 35 km west of Baker. These steep gradients

are areas of high spatial uncertainty in the prediction

grid. For example, Three Creeks Meadow is a SNOTEL site

located about 25 km northwest of Bend, on the eastern

slope of the Three Sisters. The precipitation gradient

from the PRISM prediction grid averaged 20 cm per
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horizontal km across the site. Thus, the 72-cm

overprediction by PRISM actually amounted to spatial

displacement error of less than 4 km.

All five of the above stations were overpredicted by

PRISM. It may be that the change in precipitation with

elevation is nonlinear in leeside areas, dropping off

very steeply just below the crest and leveling off as

distance from the crest increases. Or, the orographic

scale in these situations may be less than that of the

5-minute grid, and overprediction is being caused by a

lack of spatial resolution. (The overpredictions cannot

be attributed to the action of GRADIENT, because cross-

validation is done totally within PSTAT.)

Contour plots of mean annual precipitation and

prediction intervals as estimated by PRISM are shown in

Figure 11.8. The greatest estimated precipitation totals

occurred in the Coast Range (Figure II.8a)
. Two areas,

one west of Portland and one west of Salem, exceeded 450

cm. In comparison, the USDA Soil Conservation Service

(1964) located the maximum precipitation areas in exactly

the same places, and estimated that 350 - 500 cm fell

annually in these locales. Sparse data (< 3 stations per

regression function) limited the estimation of prediction

intervals in the Coast Range (Figure II.8b) . Large areas

showing prediction intervals of less than ± 25 percent in

the vicinity of Portland and Salem reflected greater data

density in the Willamette Valley. In the Cascades, PRISM



Figure 11.8

Northern Oregon (a) annual precipitation and (b)
95-percent prediction half-intervals produced by PRISM.
Contour interval for precipitation is 25 cm below 100 cm,
and 50 cm above 100 cm. A prediction half-interval of 50
percent means there is a 95-percent probability that the
actual precipitation is within 50 percent of the predicted
value.
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produced broad areas of precipitation above 200 cm, with

maxima occurring on the high Cascade crests. Estimated

peak precipitation on Mt. Hood and the Three Sisters

exceeded 300 cm, and Mt. Jefferson exceeded 400 cm. The

USDA Soil Conservation Service (1964) estimated maxima of

250 - 350 cm on these peaks. Prediction intervals (95%)

ranged from ± 25-75 percent in the southern portion of

the Cascades to ± 50-100 percent in the northern portion.

Precipitation east of the Cascades was estimated by

PRISM to be comparatively light (Figure II.8a) . Broad

regions receiving less than 50 cm annually were common.

Mountainous areas received locally higher amounts. The

highest modeled precipitation total east of the Cascades

was in the Wallowa Mountains on the eastern border of the

modeling window. Here, over 250 cm was estimated on the

highest peaks. The USDA Soil Conservation Service (1964)

estimated that up to 200 cm fell in this region.

Extremely low data density severely reduced the number of

prediction interval estimates in eastern Oregon (Figure

II.8b) . Intervals were lowest in comparatively flat,

populated areas along the Oregon-Washington border, north

of Bend, and near Baker. Prediction intervals (95%)

averaged about ± 25 percent to ± 75 percent in the

Wallowa Mountains.

Summary statistics for the monthly PRISM predictions

show a pronounced minimum in domain-wide precipitation

during the summer (Table 11.5) . The lowest monthly mean
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regression coefficients and highest cross-validation bias

and mean absolute error also occurred in summer. This

appears to have been caused by the light and spatially

complex nature of the summer precipitation in the region.

Mean slopes of the regressions were fairly stable, when

reported as a fraction of the average precipitation of

the stations used in each regression. As was expected,

monthly cross-validation errors were higher than annual

errors. This is due to the greater variability and

generally weaker precipitation/DEM-elevation

relationships of monthly precipitation compared to annual

totals.

Western United States

To assess the ability of PRISM to maintain

predictive capability over very large, complex regions,

the model was applied to an area bounded by 125 and 104

degrees west longitude (Pacific Coast to slightly east of

the Rocky Mountains) and 31 and 49 degrees north latitude

(U.S./Mexjcan border to the U.S./Canadian border)

Annual precipitation was predicted using 3000 National

Weather Service and cooperator precipitation stations

(Earthlnfo, 1990) and 500 SNOTEL stations (USDA Soil

Conservation Service, 1988); selection criteria were the

same as for the northern Oregon application. Values of

all input parameters are shown in Table 11.2. Summary
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statistics for the application are in Table 11.4.

Cross-validation bias was 3.5 percent, compared to 4.5

percent in northern Oregon. Cross-validation MAE

increased slightly, rising to 17 percent from 16 percent

in northern Oregon.

Gridded annual average precipitation produced by

PRISM for the western United States is shown in Figure

11.9. PRISM captures regional trends in precipitation

from wet coastal areas to interior deserts, as well as

detailed patterns resulting from complex mountain and

valley systems. PRISM reproduces the gentle increases in

precipitation on the windward slopes of the Cascades and

Sierra Nevada, as well as sharp decreases on the leeward

sides of these ranges. Throughout the west, PRISM

estimates what appear to be realistic precipitation

values on many isolated peaks and ranges for which no

data are available.

While PRISM accurately estimates precipitation for

most areas, the estimates would undoubtedly improve if

the model was applied to smaller subdomains with input

parameters set (i.e., MINRAD, MAXRAD, MAXSTA, etc.) to

reflect local conditions and data availability. In

addition, the National Weather Service and SNOTEL data

have not been subjected to rigorous checks for quality or

accuracy. This may be an important factor in data-sparse

regions such as Nevada, where each data point has an

unusually large influence on the estimated precipitation.
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Figure 11.9. Annual average precipitation for the western
United States estimated by PRISM.
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SUMMARY AND FURTHER WORK

The purpose of this study was to develop a method

for distributing point measurements of monthly and annual

average precipitation to regularly-spaced grid cells at

regional and continental scales. The main focus was on

developing a conceptual framework for mapping orographic

precipitation in complex terrain. The result was an

objective precipitation distribution model called PRISM

(Precipitation-elevation egressions on independent

elopes odel) . PRISM brings a unique combination of

climatological and statistical concepts to the mapping of

orographic precipitation.

The PRISM modelling system was compared to commonly

used geostatistical methods -- kriging, detrended

kriging, and cokriging. The four methods were applied to

the Willamette River Basin, Oregon, and evaluated by both

quantitative and qualitative methods. PRISM exhibited

superior performance in all categories. To assess its

adaptability and flexibility, PRISM was applied to

northern Oregon and to the entire western United States.

Detrended kriging and cokriging could not be used in

these regions, because there was no overall relationship

between elevation and precipitation. PRISM's statistical

performance in northern Oregon deteriorated a small to

moderate amount compared to its performance in the
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Willamette River Basin. An application of PRISM to the

western United States showed no further deterioration.

Because PRISM continually adjusts its frame of reference

by using localized precipitation/DEM-elevation

relationships, errors are apparently contained at low

levels despite the number and diversity of orographic

regimes operating within a region. The ability of

PRISM to maintain predictive accuracy over large areas

makes it extremely useful for developing isohyetal maps

for states or regions. PRISM was used to develop a new

official isohyetal map for Oregon (George H. Taylor,

Oregon State Climatologist, Oregon State University,

personal communication) . The model is currently being

used to produce detailed precipitation maps of Idaho,

Utah, and Nevada for the USDA Soil Conservation Service,

and to produce a coarser isohyetal map of the contiguous

United States for the U.S. Army Corps of Engineers.

These PRISM analyses incorporate the latest station data

with easy updating capabilities, and have the advantage

of using an objective, reproducible, and GIS-compatible

method that requires much less time and resources than a

traditional manual analysis. The basic PRISM approach

also appears promising for distributing other parameters

that are locally correlated with elevation, such as

temperature and snowfall.

The two most important limitations of this initial

version of PRISM are: (1) for regional applications in
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mountainous terrain, it performs consistently well only

at DEM resolutions greater than about 6 km with routinely

available data; and (2) there is a need to prescribe the

slope of the precipitation/DEM-elevation function to

avoid underestimating precipitation on the upper slopes

of some sharply-defined mountains. Limitation 2 appears

to be a side-effect of using a coarse-grid DEN, which

over-smoothes the elevations of sharply-defined peaks.

Limitation 2 would probably cease to be a problem if

limitation 1 could be overcome -- successfully running

PRISM regionally at finer DEN resolutions. However, as

was discussed earlier, arriving at an 'optimal" DEM

resolution presents a difficult problem of scale--
-

matching. At issue are the interrelationships between

the hierarchy of orographic scales that may be present in

a given region and the limitations placed on the analysis

by the spatial (and temporal) scales of the available

data. PRISM currently matches the spatial scale of its

predictions to that of the data by generating topographic

facet grids from lightly or heavily filtered DEMs as

appropriate. This method is effective, except that the

filtering procedure does not produce facet grids that

represent a sufficiently wide range of scales. We are

currently experimenting with a Gaussian filter that can

reproduce an unlimited number of effective grid scales.

This method may allow PRISM to be used with much finer

resolution DEMs (e.g., 2 km), even if the available data
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typically can only resolve orographic effects at scales

of 6 km and greater.

The model assumption that precipitation increases to

a maximum at the crest of a local topographic barrier is

generally applicable to the mid-latitudes, but the

exceptions discussed earlier should not be overlooked.

Work to evaluate and possibly refine the assumption

should be carried out by analyzing stream flow

measurements from high mountain watersheds, assessing

results from orographic precipitation modeling, and

exploring the roles of gauge undercatch and other data

quality issues in the underestimation of precipitation at

high elevations.

As indicated in the title of this paper, PRISM

estimates the spatial distribution of "climatological"

precipitation in mountainous terrain. This assumes that

precipitation has accumulated over enough storm events to

produce a usable precipitation/elevation relationship.

The minimum averaging period to qualify as

"climatological" depends on storm type, seasonality,

precipitation amount and variability, and a host of other

factors. PRISM is being tested at time scales ranging

from daily to annual in various seasons and locations to

help characterize the minimum temporal scale at which the

assumption of a usable precipitation/elevation

relationship holds.
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CHAPTER III:
DEVELOPMENT OF SPATIALLY EXPLICIT CLIMATE, VEGETATION,
AND SOILS DATASETS FOR WATERSHED SIMULATIONS: A CASE

STUDY OF REYNOLDS CREEK EXPERIMENTAL WATERSHED

INTRODUCTION

Methods for the development of gridded climate,

vegetation, and soils datasets for watershed modeling are

summarized in this chapter. As a case study, we describe

the preparation of datasets for Reynolds Creek

Experimental Watershed, a small basin in southwestern

Idaho. Climatic parameters consisted of mean monthly

temperature, vapor pressure, and wind speed, and monthly

total precipitation, for the calendar years 1984, 1985,
and 1986. Precipitation was mapped using an updated

version of the PRISM modeling system described in Chapter

II. Vegetation parameters included leaf area index and a

deciduous/evergreen index for woody vegetation, and soils

were described by depth to bedrock and percent rock

fragments, sand, silt, and clay.

The datasets were prepared for an application of

MAPSS-W (apped tmosphere-Plant-soil--system-watershed),

a version of MAPSS (Neilson, in press) configured for

application to small, mountainous watersheds. The

development of MAPSS-W, and a preliminary application and

evaluation of the model at Reynolds Creek, are described

in Chapter IV.



DESCRIPTION OF THE STUDY AREA

Reynolds Creek Experimental Watershed is located on

the northern flank of the Owyhee Mountains, about 80 km

southwest of Boise, Idaho. Instrumentation and study of

the watershed began shortly after the 1959 establishment

of the USDA Agricultural Research Service's Northwest

Watershed Research Center (NWWRC) in Boise. The original

intent was to gain basic information on runoff

characteristics, including yields of water and sediment,

from plateau and foothill rangeland areas of the Pacific

Northwest. Currently, research at the NWWRC is focused

on quantitative description and simulation of the

interactions of hydrologic processes with climate, soils,

vegetation, topography, and rangeland management.

Reynolds Creek is now one of several well-instrumented

watersheds administered by the USDA Agricultural Research

Service to study hydrologic processes over a wide range

of climates and ecosystems across the country. Reynolds

Creek was chosen for our watershed modeling activities

because of its wide range and heterogeneity of climate,

vegetation, and soils, and the availability of excellent

monitoring data.

Elevations within the Reynolds Creek watershed range

from 1097 m at the outlet in the north to 2195 m on the

highest ridge in the southwest (Figure 111.1)
. Seventy-

seven percent of the 233-km2 watershed is managed by

65
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state and federal governments, with the remaining 23

percent in private ownership. The land is used primarily

for livestock grazing and recreation, with some irrigated

farming at lower elevations. Mean annual precipitation

varies from about 250 mm at the lowest elevations in the

north to over 1100 mm in the southwestern mountains

(Hanson et al.., 1980) . Sagebrush communities dominate

much of the watershed, and are intermixed with grassland

at lower elevations and a patchwork of fir and aspen

communities at high elevations. Soils are highly

variable, derived mainly from volcanic, granitic, and

lake sediment sources (Stephenson, 1977)

A sub-basin encompassing the upper one quarter of

the Reynolds Creek watershed, termed Upper Reynolds in

this paper, was chosen as the domain for the initial

application of MAPSS-W (Figure 111.1) (See Chapter IV)

Elevations within Upper Reynolds range from 1413 m at the

outlet, to the highest point in Reynolds Creek watershed

(2195 m)

GENERAL METHODOLOGY AND DATA SOURCES

Model input data grids were developed for the

Reynolds Creek watershed at a resolution of 200 x 200 m.

The datasets were developed using the GRASS geographic

information system version 4.1 (USA-CERL, 1993), and

stored in Imaging Processing Workbench (IPW) format
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Figure III 1. Terrain map of Reynolds Creek watershed at
200-rn resolution, showing the Upper
Reynolds sub-basin and locations of the
three major climate stations, Quonset
(076), Lower Sheep (127), and Reynolds
Mountain (176x14)
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(Frew, 1990) . Raw station climate data, as well as GRASS

raster maps of elevation, vegetation, and soils, were

available from the NWWRC data archives.

MAPSS-W requires spatially distributed inputs of

daily precipitation, temperature, wind speed, and vapor

pressure. Monthly grids of these parameters were

prepared for the entire watershed for the modeling period

January 1984 - December 1986. Daily climate for the

Upper Reynolds sub-basin was simulated by applying

factors to the monthly grids which represented daily

departures from the monthly means (or totals, in the case

of precipitation)

The climatic grids, data sources, and methods of

development are summarized in Table 111.1. Daily

temperature and relative humidity were available from

three sites: Quonset (station 076, 1212 m), Lower Sheep

(station 127, 1664 m), and Reynolds Mountain (station

176x14, 2087 m) (Figure 111.1) . Daily wind run data were

available from Quonset and Reynolds Mountain. Daily

precipitation was measured at 15 sites during the

modeling period, and was supplemented by a more extensive

network of 47 sites that operated from 1968 through 1975.

MAPSS-W also uses grids of soil texture and depth,

and functional (all-sided) leaf area of woody vegetation.

These grids were derived from soils and vegetation maps

of the Reynolds Creek watershed published in Stephenson



Table 111.1. Climatic data sets developed for MAPSS-W
modeling exercises in the Reynolds Creek watershed.
Monthly gridded data sets were prepared at 200-rn
resolution for the years 1984, 1985, and 1986. See text
for methodological details.

Method

PRISM gridding of 1968-75
data;

inverse-distance gridding of
1984-86:1968-75 ratios;

product of grids from steps 1
and 2 yields final monthly grid

69

Proportion of
monthly total

Departure (+1-)
from monthly
mean

None

Proportion of
monthly mean

Proportion of
monthly mean

Parameter Data Sources Monthly Grid Daily Simulation
(entire watershed) Method

(Upper
Reynolds)

Mean Daily max/mm from (1) Mean of maximin used for
temperature stations 076, 127, daily mean;

and 176x14 (2) average of daily means gives
monthly mean;
(3) simple linear regression with
elevation for mapping

Mean Daily max/mm from (1) Mean of max/mm used for
relative stations 076, 127, daily mean;
humidity and 176x14 (2) average of daily means gives

monthly mean;
(1) piecewise linear regression
with elevation for mapping

Mean vapor none Derived from temperature and
pressure relative humidity

Mean wind Daily wind run from (1) Daily run converted to mean
speed stations 076 (10 m) di1y speed;

and 176x14 (2 m) (2) 10-rn speed at 076 converted
to 2-rn effective height;

average of daily speeds gives
monthly mean;

simple linear regression with
elevation for mapping

Total Mean monthly from
precipitation 47 stations, 1968-

75; dRily from 15
stations, 1984-86



(1977) . The soils and vegetation input grids were

prepared for the Upper Reynolds sub-basin only.

DIGITAL TERRAIN GRID

A terrain grid, or digital elevation model (DEN),

with a 200 x 200-rn cell size served as the base elevation

data layer for the analysis (Figure 111.1)
. The 200-rn

resolution represented a compromise between the need for

good terrain and drainage resolution and the limitations

of computer memory and CPU. It was recognized that

MAPSS-W could not be expected to resolve vegetation or

hydrologic patterns that were driven by processes

operating at scales below 200 m.

The 200-rn grid was derived from a 30-rn USGS DEM by

subjecting it to a two-dimensional filter based on a

scheme by Barnes (1964) . To calculate the elevation for

each new 200-rn grid cell, the modified Barnes filter

performed a weighted average of all 30-rn grid cells

within a 100-rn radius centered on the new grid cell. The

weights followed a Gaussian distribution, wherein the

highest weight is given to the center cell and lowest

weights assigned to cells furthest from the center.

MONTHLY PRECIPITATION

Accurate, spatially distributed precipitation is a

critical element for successful water balance

70



71

simulations, but the spatial patterns of precipitation

are complex and uncertain in mountainous terrain.

Fortunately, the NWWRC maintains a dense network of

measurement sites across the watershed. Each site is

outfitted with a pair of rain gauges, one shielded and

one unshielded, to allow the estimation of "true"

precipitation catch using the method of Hamon (1974) . A

particularly intensive precipitation monitoring network

operated in Reynolds Creek from 1968 through 1975 (Figure

111.2) . This network offered spatial coverage that was

far superior to the network in place during the 1984-86

modeling period, particularly in the northwestern part of

the watershed. To take advantage of these historical

data, we developed base maps of mean monthly

precipitation for 1968-75, from which monthly maps for

1984-86 were derived. This involved a three-step

procedure:

The PRISM modeling system (Daly et al., 1994)

(Chapter II) was used to produce mean monthly

precipitation grids for the period 1968-75, using an

extensive, 47-station network operating during that

period.

For each of the 15 stations operating during both

the 1968-75 and 1984-86 periods, the ratio of each

monthly precipitation total in the 1984-86 period to



Figure 111.2. PRISM topographic facet distribution in
Reynolds Creek watershed, based on the
200-DEM filtered to scales of (a) 200 m,
(b) 4 km, (c) 8 km, and (d) 20 km.
Locations of the 47 precipitation stations
operating during 1968-75 are also shown.



the 1968-75 mean precipitation for that month was

calculated. These point ratios were interpolated to a

grid using a simple inverse-distance weighting approach.

(3) To obtain gridded monthly precipitation for each

month in the 1984-86 modeling period, the monthly

ratio grid produced in (2) was multiplied by the

1968-75 monthly mean precipitation grid produced in

(1)

Interpolation of the mean monthly station data for

1968-75 to a 200-rn grid was performed using the PRISM

modeling system. PRISM (Erecipitation-elevation

Eegressions on independent slopes jiodel) is an expert

system that brings a unique combination of climatological

and statistical concepts to the analysis of precipitation

in complex terrain, and has been used extensively to map

precipitation in mountainous regions. The main

simplifying assumptions of PRISM are: (1) on a local

hillslope, the spatial variation of precipitation is

primarily controlled by elevation; (2) the relationship

between precipitation and elevation (hereafter called P/E

function) is best described when the elevations of the

station data are expressed at a spatial scale that

matches the scale of the precipitation processes

reflected in the data; and (3) precipitation patterns

over a mountainous landscape can be modeled by dividing
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the terrain into a mosaic of topographic faces, or

TTfacets," each assumed to possess a different P/E

function.

The PRISM modeling system used in this analysis is

an updated version of that described in Daly et al.

(1994) (Chapter II) . Three notable updates include: (1)

describing the orientation of topographic facets to eight

compass points rather than four; (2) replacing the

unweighted linear regression of precipitation against

elevation with a function weighted for station distance

and elevation; and (3) using the modified Barnes (1964)

filter to smooth the terrain grid for topographic facet

calculations.

PRISM first divided the terrain into topographic

facets, based on slope orientation to eight compass

points. Topographic facet grids at six different spatial

scales that ranged from 200 m to 20 km were generated to

acconunodate varying data density over the watershed. The

modified Barnes filter was used to provide smoothed

terrain grids at each scale. To obtain a spatial scale

of 4 km, for example, a diameter of influence of 4 km was

used in the distance-weighted averaging scheme of the

filter. Topographic facets based on the DEM smoothed to

scales of 200 m, 4 km, 8 km, and 20 km are shown in

Figure 111.2. Also shown are the locations of the 47

precipitation stations operating during the 1968-75

period. The 200-rn facet grid is highly detailed, and has
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many small facets not supported by station data. At the

4-km scale, the facet grid is simplified such that only a

few facets do not have stations on them. The 20-km facet

grid depicts most of the watershed as a large, north-

facing slope. PRISM probably did not need to use the 20-

km facets, but its presence provided the model with

"insurance" that a facet grid at an appropriate scale was

available for any situation.

For each DEM grid cell, PRISM selected stations from

which to develop a PIE function; stations selected were

located within a 7.6-km radius of influence and fell on

topographic facets that were within one orientation

category from that of the DEM grid cell. The selection

process began with the 200-rn-scale topographic facet

grid. If fewer than nine stations were selected, the

next highest wavelength facet grid was used in an attempt

to accumulate additional stations. The process stopped

when nine stations had been selected, or when the sixth

and last facet grid had been exhausted, whichever came

first.

The optimal combination of radius of influence and

number of stations sought for the P/E function were

determined by minimizing the mean absolute error in a

jackknife cross-validation exercise for 1968-75 mean

annual precipitation (Daly et al., 1994) (Chapter II)

In this exercise, annual precipitation was estimated for

each station when it was absent from the data set. The
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mean absolute cross-validation error for this application

was 12.9 percent of the observed value (66.9 mm) and the

overall bias was +4.7 percent (+16.2 mm) . The P/E

function was determined through linear, weighted, least

squares regression. Station elevations were determined

by their locations on the 200-rn terrain grid (Daly et

al., 1994) (Chapter II) . Station regression weights were

based on a combination of horizontal and vertical

distance from the DEM grid cell. The regression weight W

for station k was calculated as

I... 2.. 2

, a,

Vi Vi

YLw,

71

(1)

1=1

where n is the number of stations in the regression

function, and

1

WdI,t
=

and w, - (2)
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where k and Wdist k are the distance and elevation

weights, respectively, for station k, dk is the distance

from station k to the DEM grid cell being estimated, ek

is the elevation difference between station k and the DEM

grid cell, and a and b are user-defined exponents for

distance and elevation weighting, respectively. For the

Reynolds Creek application, a was set to 2 and b was set

to 0 (elevational weighting was not needed in this case)

Using the resulting weighted regression function,

precipitation P at the terrain grid cell (i,j) was

calculated as

= b0 + b1E (3)

where b0 and b1 are the y-intercept and slope of the

regression function, respectively, and E1 is the DEM

elevation at grid location ij.

The 15 stations that operated during both 1968-75

and 1984-86 were used to develop "transfer" grids between

the two time periods. For each of the 36 months from

January 1984 through December 1986, the following ratio r
was calculated for each station k:

Pk(model period )

Pk(b period )
(4)

where Pk(model period) is the precipitation at station k

in a given month within the 1984-86 modeling period and

k (base period) is the mean precipitation at station k
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for the same month of the year during the 1968-75 base

period. For example, if the monthly precipitation at a

station for July 1985 was 40 mm and the July mean

precipitation at that station for 1968-75 was 20 mm, rk =

40/20 = 2.

The 36 sets of monthly ratios were interpolated from

points to a grid using a standard inverse-distance

weighting technique (GRASS version 4.1 command

s.surfidw) . A simple, two-dimensional interpolation

procedure was suitable, because the spatial distribution

of ratios showed a reasonable amount of spatial

covariance, but no consistent relationship with other

variables such as elevation. The radius of influence was

varied to insure that at least twelve points were used to

calculate the value in each grid cell (s.surfidw

default).

A final precipitation grid for each of the 36

modeling months was obtained by multiplying the transfer

ratio grid by the 1968-75 mean grid corresponding to the

appropriate month of the year.

Figures 111.3 through 111.5 show January, April,

July, and October maps of 1968-75 mean monthly

precipitation, 1985 transfer ratios, and resulting 1985

monthly precipitation. Figure 111.4 also shows the

locations of the 15 precipitation stations operating

during both the 1968-75 and 1984-86 periods. During the

years 1968-75, January was relatively wet, averaging 50-
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Figure 111.3. PRISM 1968-75 mean monthly precipitation
for (a) January, (b) April, (c) July, and
(d) October 1985 in Reynolds Creek
watershed.
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Figure 111.4. Gridded transfer ratios between 1985 and
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October in Reynolds Creek watershed. Also
shown are locations of the 15
precipitation stations operating during
both the 1984-86 modeling period and the
1968-75 base period.
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75 mm in the lowlands to over 200 mm in the southwestern

mountains (Figure 111.3). April and October were

intermediate months, averaging about 25 mm in the low

northern basin to 80 mm in the high southwest. July was

relatively dry, with less than 25 mm falling everywhere

in the watershed.

As can be seen in Figure 111.4, January 1985 was a

very dry month, receiving less than 20 percent of the

1968-75 mean January precipitation. April was less dry,

but still well below the 1968-75 average except for the

extreme south. July was above average everywhere, and

was wettest in the south-central part of the watershed

(more than 200 percent of 1968-75) . The ratio of 1985 to

the 1968-75 mean followed an elevational trend in

October, starting out at less than 20 percent in the

extreme northwest, and peaking at about 100 percent in

the extreme south.

Plots of the resulting 1985 gridded precipitation

reflect the relatively dry conditions experienced in 1985

(Figure 111.5) . January precipitation was less than 10

mm over nearly all the watershed. April and October

exhibited increasing precipitation with elevation, with

totals below the 1968-75 means in the lowlands and near

the means in the highlands. The wet July still resulted

in less than 50 mm in even the wettest places.

On a watershed-wide basis, precipitation at Reynolds

Creek reached a maximum in the winter, and a minimum in
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the summer (Table 111.2) . On an annual basis, 1985 was

the driest year of the 1984-86 period. This was, in

large part, due to a nearly dry January. The year 1984

was the wettest, owing to a wet summer. The year 1986

would have come in as relatively dry, had it not been for

an extremely wet February, in which an average of nearly

170 mm fell over the watershed.

MONTHLY TEMPERATURE

Daily maximum and minimum temperatures from Quonset

(076), Lower Sheep (127), and Reynolds Mountain (176x14)

were averaged each day to obtain an estimate of the daily

mean temperature at each site. Daily means within each

month were then averaged to produce monthly mean

temperatures.

Monthly mean temperatures were mapped over the

watershed by applying a simple linear regression function

of temperature vs. elevation (from the DEM) . The

available data did not support more sophisticated spatial

interpolation methods. An approximately linear trend of

decreasing temperature with elevation was apparent in

nearly all months (Figure 111.6) . Temperature lapse

rates reached a maximum of over 60 C/km in spring.

However, the trend sometimes flattened or reversed itself

in December and January, when a lack of solar insolation

and an absence of cloud cover allowed strong temperature



Table 111.2. Watershed-wide mean monthly precipitation,
humidity, and wind speed for 1984-86, at Reynolds Creek.

temperature, relative

Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec Ann

1984

Precip(mm) 27 52 85 46 34 72 25 27 18 37 89 31 543

Temp (C) -3 -1 3 4 9 13 20 20 13 5 1 -4 7

RH(%) 76 73 71 65 63 61 47 48 51 61 65 66 62

WS (m/s) 1.8 2.6 2.6 3.0 2.3 2.0 1.4 1.9 1.7 2.2 3.0 2.4 2.2

1985

Precip(nnn) 4 48 55 28 73 9 18 1 41 27 93 33 430

Temp (C) -5 -4 0 9 11 19' 22 17 10 7 -3 -5 7

RH(%) 65 65 62 51 50 45 34 36 59 50 65 65 54

WS (m/s) 1.3 2.5 2.5 2.1 2.1 1.8 1.6 1.9 1.9 2.2 2.5 1.2 2.0

1986

Precip(mm) 42 169 53 52 37 17 6 2 55 12 33 11 489

Temp (C) 1 2 6 6 11 18 20 21 11 9 3 -2 9

RH(%) 62 67 58 55 46 38 35 32 58 51 59 65 52

WS (m/s) 2.5 3.5 2.1 2.3 2.2 1.6 1.7 1.4 1.5 1.3 2.5 1.2 2.0
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Figure 111.6. Monthly mean temperature for (a) January,
(b) April, (c) July, and (d) October 1985
in Reynolds Creek watershed.
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inversions to form. Low clouds and fog often developed

within the inversion layer, with the tops of these clouds

reaching the height of the inversion ceiling. Repeated

visual observations in later years indicated that the top

of the inversion typically reached about 1600 m, near the

elevation of Lower Sheep.

Less persistent nocturnal inversions also occurred

during summer under light wind conditions. The net

effect of this diurnal pooling of cool air was lower

minimum temperatures at Quonset, which depressed the

daily mean temperature somewhat and decreased the lapse

rate between Quonset and Lower Sheep.

Mean summer temperatures for the watershed reached

20-22° C, and winter temperatures were typically between 0

and -3° C (Table 111.2) . The year 1986 was the warmest

of the three, due primarily to relatively mild winter

temperatures. Only December, 1986, had a mean

temperature below 0° C (-2° C)

MONTHLY RELATIVE HUMIDITY AND VAPOR PRESSURE

Monthly vapor pressure grids were derived from grids

of temperature (described previously) and relative

humidity. As was done fo.r temperature, daily maximum and

minimum relative humidity from Quonset (076), Lower Sheep

(127), and Reynolds Mountain (176x14) were averaged each

day to obtain an estimate of the daily mean relative
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humidity at each site. Daily means within each month

were then averaged to produce monthly mean relative

humidity.

Monthly mean relative humidity was mapped over the

watershed by applying a piecewise simple linear

regression function of relative humidity vs. DEM

elevation. Although there were only three data points to

work with, a piecewise regression was needed to simulate

a persistent double humidity maximum at high and low

elevations. The low-elevation maximum was due to the

chronic temperature inversion (discussed previously) that

confined moisture to lower elevations during winter.

These inversions also occurred nocturnally in summer,

apparently trapping moisture released during irrigation

of lowland pastures near Quonset. The high-elevation

maximum was probably a result of the increased frequency

of cloud over the upper reaches of the watershed. High

elevations are more likely to be above the lifted

condensation level of the atmosphere than lower sites,

and the orographic influence of the mountains acts to

increase cloud formation over these same areas.

Monthly vapor pressure grids were derived from the

monthly temperature and relative humidity grids by first

calculating the saturation vapor pressure for the

temperature at each grid cell, then multiplying the

saturation vapor pressure by the relative humidity at

that grid cell. Saturation vapor pressure was determined
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using the IPW utility ISATVP (Longley et al., 1992;

Byers, 1974)

There was some concern that significant errors might

be introduced into the vapor pressure estimates by

calculating vapor pressure after the temperature and

relative humidity had been averaged up to the monthly

level. To test this, an alternative method was used that

involved calculating vapor pressure directly from daily

minimum and maximum temperature and relative humidity,

then averaging the vapor pressures up to the monthly

level. For 1984, two vapor pressures per day were

calculated at Reynolds Mountain: the first used the

minimum temperature and maximum relative humidity (i.e.,

morning), and the second used the maximum temperature and

minimum relative humidity (i.e., afternoon) . The morning

and afternoon vapor pressures were averaged together to

produce a daily mean vapor pressure, then averaged over

each month to produce monthly means. A comparison of

these monthly vapor pressures with those derived from

monthly mean temperature and relative humidity showed

that the estimates never differed by more than 5 percent.

Therefore, it appears that no significant errors were

introduced into the calculations when monthly vapor

pressures were calculated from monthly mean data.

The spatial patterns of monthly vapor pressure for

April and July 1985 reflect the double maximum in

relative humidity discussed earlier (Figure 111.7) . The
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pattern is less pronounced in October, because of

relatively minor elevational gradients in both relative

humidity and temperature. Little variation in vapor

pressure is seen in January, because of a slightly

positive temperature lapse rate.

Mean watershed vapor pressure was lowest in winter,

averaging 250-400 Pa, while mean relative humidity was

highest in winter, averaging 60-75% (Table 111.2) . The

year 1985 experienced a very dry winter, especially

during January - March, when vapor pressures did not

exceed 400 Pa. As indicated by the low temperatures and

light winds during the same period, it appears that the

winter of 1985 was dominated by cold, stagnant, high

pressure systems. Relative humidity was not particularly

low during this period, because of very low temperatures.

July and August, 1984, were very moist, with mean vapor

pressure over 1000 Pa and relative humidity between 45

and 50%. As previously discussed for precipitation, the

unusual summer of 1984 made the entire year the wettest

and most humid of the three.

MONTHLY WIND SPEED

Daily wind run data from Quonset and Reynolds

Mountain were converted to daily average wind speed in

m/s, and the days averaged to obtain a monthly mean wind

speed (Lower Sheep was not used due to missing data)



Wind measurements were taken at a height of 10 rn above

ground at Quonset, and 2 rn above ground at Reynolds

Mountain. Winds at Quonset were converted to the 2-rn

height by first solving for the friction velocity, u,

using the standard logarithmic profile (Oke, 1978)

z

In-f-
(5)

zo

where il is the wind speed at height z, k is von Karrnan's

constant, and z0 is the roughness length. The friction

velocity for a month was estimated by setting z0 to 0.1

rn for a shrub canopy (Oke, 1978), substituting 0.4 for k

and 10 for z, and plugging in the monthly mean wind speed

u at the 10-rn height. The estimated wind speed u2 at z =

2 m was then obtained by rearranging Equation 5:

U *U In -
0.4 0.1

Wind speed is highly variable in complex terrain

such as Reynolds Creek, and a dynamic wind model would be

needed to adequately characterize the spatial flow

patterns. Such an application was out of the scope of

the present study. Instead, a simple trend of wind speed

versus elevation between Quonset and Reynolds Mountain

was used.

(6)
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Monthly wind speeds on Reynolds Mountain were always

higher than those at Quonset (Figure 111.8) . The largest

differences generally occurred in spring and fall, when

Reynolds Mountain exhibited the highest wind speeds (3.5-

4.5 rn/s) . Wind speed at Quonset was lowest in winter (<

1.0 mIs), when persistent temperature inversions cut off

air flow in the lower watershed from the free atmosphere

above. Summer brought relatively low wind speeds at both

sites.

The three years (1984-86) exhibited similar

watershed-mean wind speeds (Table 111.2) . Wind speeds

were generally greatest in spring and fall, and lowest in

summer. January 1985 was unusually calm for a mid-winter

month; in fact, the 1.3-rn/s monthly mean was one of the

lowest of any in the three-year period. Interestingly,

the two calmest months were December 1985 and 1986, again

providing evidence of dominant, mid-winter anticyclones.

In contrast, February 1986 was notably windy; during this

month, an usually high storm frequency kept the

atmosphere well-mixed, producing relatively high winds

even at Quonset.

DAILY WEATHER SIMULATION FOR UPPER REYNOLDS

MAPSS-W operates on a daily time step, and thus

requires a spatially distributed data set of all climatic

variables each day. Consequently, climatic data sets for
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in Reynolds Creek watershed.
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even small modeling grids may require substantial disk

and memory storage. An alternative is to use the monthly

grids described above as a short-term 'climatology', and

infer the daily grids through scalars that describe how

each day compared to the monthly climatology. The daily

modulation of the monthly grids to produce daily grids

can be performed within the model calculations, thus

requiring only 365 scalars per parameter per year be read

in and stored in memory. This reduces memory and disk

storage by a factor of 30.

Daily scalar modulation assumes that the bulk of the

spatial variability in a parameter is described in the

monthly grid. This implies that the modeling domain is

small or uniform enough to assume that daily fluctuations

in weather variables (not necessarily the variables

themselves) are constant across the domain. At 50 km2,

Upper Reynolds is small enough for this assumption to

hold reasonably well.

Station climate data were analyzed to determine the

best way to describe daily fluctuations. The methods

chosen are summarized in Table 111.1. For precipitation,

a daily scalar was used that represented a fraction of

the total monthly precipitation. This fraction was

obtained by calculating the mean daily proportion of

monthly precipitation that fell at four stations within

Upper Reynolds. These stations were selected to provide

a good cross-section of the spatial and elevational
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extent of Upper Reynolds. For example, if the daily

precipitation falling at the four stations averaged one-

tenth of their respective monthly totals, the daily

precipitation scalar would be 0.1. When applying this to

the monthly precipitation grid, this means that if

monthly precipitation totals at two example grid cells

were 20 and 30 mm, their daily totals would be expressed

as 2 and 3 mm, respectively.

An additive, departure scalar was chosen for

temperature, because variations in temperature from day

to day were similar over the watershed, i.e., whether the

site was warm or cold. To illustrate this, monthly

means, standard deviations, and coefficients of variation

of the daily temperatures were calculated for Quonset

(warm site) and Reynolds Mountain (cold site) for 1984

(Table 111.3) . Despite differences in mean temperature

of as much as 8° C between the sites, the standard

deviations (day-to-day fluctuations) were very similar.

In contrast, the coefficients of variation (day-to-day

fluctuations relative to the mean), differed between the

sites.

Daily temperature departures were obtained by

calculating the mean of the daily temperature deviations

at Upper Sheep and Reynolds Mountain from their

respective monthly means. A daily departure might then

be applied to the monthly grid as follows: if the monthly

mean temperature for May at a particular grid cell in the



Table 111.3. Monthly mean, standard deviation (SD), and percent coefficient of
variation (PCV) of temperature, vapor pressure, and wind speed for 1984. The
upper value is for Quonset (076), and the lower value is for Reynolds Mountain
(176x14) . Temperatures are given in degrees F to avoid difficulties in comparing
PCVs when temperatures are near or below 0 C.

Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec

Temp. (F): Mean 34 38 50 54 66 71 85 87 72 56 46 34
35 36 39 42 52 60 75 76 62 45 35 28

SD 10 6 5 8 11 11 5 6 11 13 7 5
10 8 6 8 11 11 5 6 11 14 8 7

PCV 0.29 0.16 0.10 0.15 0.17 0.15 0.06 0.07 0.15 0.23 0.15 0.15
0.29 0.22 0.15 0.19 0.21 0.18 0.07 0.08 0.18 0.31 0.23 0.25

Vpr. (Pa): Mean 355 329 459 452 606 776 1003 992 699 504 294 212
378 441 573 584 845 1022 1224 1219 828 603 503 290

SD 143 77 107 101 162 175 227 176 208 147 149 74
158 441 114 584 228 1002 1224 229 238 182 105 86

PCV 0.40 0.23 0.23 0.22 0.27 0.23 0.23 0.18 0.30 0.29 0.51 0.35
0.42 0.21 0.20 0.23 0.27 0.25 0.20 0.19 0.29 0.30 0.21 0.30

W.S. (mis): Mean 1.2 2.6 2.2 3.1 2.2 2.0 1.6 1.8 1.6 1.8 2.8 2.0
3.5 4.2 4.6 4.8 3.8 3.2 2.2 3.0 2.8 3.6 5.1 4.4

SD 1.1 1.3 1.1 1.3 0.8 0.7 0.4 0.6 0.5 1.0 1.9 1.4
1.8 2.2 2.1 0.8 1.5 1.4 0.6 1.0 1.3 1.9 3.5 2.0

PCv 0.92 0.50 0.50 0.42 0.36 0.35 0.25 0.33 0.31 0.56 0.68 0.7
1.8 0.52 0.45 0.16 0.39 0.44 0.27 0.46 0.46 0.53 0.69 0.45
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basin was 100 C and the mean daily deviation for May 5

was +5° C, the daily estimated temperature for that grid

cell on May 5 would be 15° C.

A multiplicative scalar was chosen for both vapor

pressure and wind speed. Unlike temperature, the standard

deviations of vapor pressure and wind speed differed

substantially between Quonset and Reynolds Mountain

(Table 111.3) . However, the coefficients of variation

were reasonably consistent, suggesting that daily

variations of vapor pressure and wind speed were closely

tied to the mean value (i.e., variations tended to be a

set percent of the mean in each month) (Table 111.3)

Daily vapor pressure multipliers were obtained by

averaging the ratios between daily and monthly values

from Upper Sheep (127) and Reynolds Mountain (176x14);

due to missing data at Upper Sheep, only Reynolds

Mountain ratios were used for wind speed. A daily

multiplier for vapor pressure might then be used as

follows: let the gridded monthly mean vapor pressure in

August at a particular grid cell be 1000 Pa. If the mean

daily multiplier for August 22 is 1.1, the daily

estimated vapor pressure for August 22 at that cell would

be 1100 Pa.



UPPER REYNOLDS VEGETATION

Two vegetation input grids are required by MAPSS-W:

(1) functional (all-sided) leaf area index (LAI) of woody

vegetation; (2) and a deciduous/evergreen index for woody

vegetation. These grids were derived for the Upper

Reynolds sub-basin from a vegetation association and

cover class map of Reynolds Creek watershed published in

Stephenson (1977) . In this map, each grid cell was

assigned a three-digit number. The first two digits, 00

to 99, denoted a vegetation association. The third digit

corresponded to a cover class, ranging from 1 (0-25

percent cover) to 4 (75-100 percent cover)

Originally in hard-copy format, the vegetation map

was digitized to GRASS raster format at 30-rn resolution

at the NWWRC. To match the resolution of the climate

grids in this study, the 30-m GRASS raster was resampled

to 200-rn resolution using a two-step process. First, the

30-rn grid was smoothed to a 200-rn effective resolution

using the GRASS command r.neighbors with a neighborhood

of seven grid cells. Each new 30-rn grid cell was given

the vegetation type and cover class that occurred most

often within the neighborhood. The resulting grid was

then resampled to 200-rn resolution with the GRASS command

r.resarnple. Narrow riparian zones along Reynolds Creek

and its tributaries were lost in the resampling process

to the 200-rn resolution. These areas were reinstated by

98
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manually editing the raster grid (GRASS command

d.rast.edit), using an overlay of the original 30-rn grid

as a guide.

The vegetation associations were then grouped into

seven major LAI classes: evergreen trees, deciduous

trees, tall evergreen shrubs, tall deciduous shrubs,

short evergreen shrubs, short deciduous shrubs, and non-

woody vegetation. Evergreen trees primarily included

associations dominated by Douglas-fir (Pseudotsuga

menziesjj) and subalpine fir (Abies lasiocarpa) (Figure

111.9) . Deciduous trees were mostly quaking aspen

(Populus t.remuloides), and the riparian species black

cottonwood (Populus trichocarpa), willow (Salix spp.),

and alder (Alnus spp.) . The tall evergreen shrub class

was dominated by big sage (Artemisia tridentata
tridentata), and tall deciduous shrubs were mostly

greasewood (Sarcobatus vermiculatus) and bitterbrush

(Purshia tridentata) . Short evergreen shrubs were made

up of low sage (Artemisia arbuscala) and vaseyana sage

(Artemisia tridentata vaseyana) . Rabbit brush

(Chrysothamnus spp.) was categorized as a short

deciduous shrub. Non-woody areas were dominated by

bluebunch wheatgrass (Ag-ropyron spicaturn) and Idaho

fescue (Festuca idahoensis); these grasses were commonly

found in shrub-dominated areas as well.
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Figure 111.9. Vegetation maps for Upper Reynolds, showing
(a) vegetation type and (b) maximum
functional woody leaf area index.
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A functional, all-sided LAI was assigned to each of

the seven LAI classes and four cover classes within these

types (Table 111.4) (Sources for LAI values are discussed

below). Functional LAI differs from the standard ground-

projected LAI in that it is a measure of the total

transpiring leaf surface area, rather than a projected,

or one-sided LAI. It is the functional, or all-sided,

LAI that is used in MAPSS-W to calculate canopy

transpiration. For comparisons with measurements,

functional LAI is converted to projected LAI by dividing

conifer and grass LAI by 2.3 and broadleaf LAI by 2.0

(Peterson et al., 1987)

The functional LAI values shown in Table 111.4 are

based on a combination of observations within the

watershed and published values. Regular measurements of

ground-projected shrub and non-woody LAI were made in

lysimeter installations at Lower Sheep and Reynolds

Mountain during the growing seasons of 1984-1986. Both

of these sites are located within the short evergreen

shrub vegetation type. Mean functional LAI measured for

short shrubs during the growing season was about 1.5, at

a cover class of 2 (25-50%) (Stephenson, 1977) . Based on

this information, all short shrub types were assigned an

LAI of 3.0 for cover class 4 (75-100%) and scaled down

proportionally for other cover classes. Maximum cover

(class 4) tall shrub LAI was set to 4.0. Based on



Table 111.4. Functional leaf area indexes assigned to
vegetation categories and cover classes in the Upper
Reynolds sub-basin.
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Vegetation
Category

0-25%
cover

26-50%
cover

51-75%
cover

76-100%
cover

Evergreen trees 1.50 3.00 4.50 6.00

Deciduous trees 1.25 2.50 3.75 5.00

Tall evergreen
shrubs

1.00 2.00 3.00 4.0

Tall deciduous
shrubs

1.00 2.00 3.00 4.00

Short evergreen
shrubs

0.75 1.50 2.25 3.00

Short deciduous
shrubs

0.75 1.50 2.25 3.00

Non-woody 0.30 0.60 0.80 1.20
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measurements of grass and forb LAI, non--woody pixels were

set to an LAI of 1.2 for highest cover class (4)

Tree LAI values were based on Kaufmann et al. (1982)

and MAPSS estimates (Neilson, in press); the range of

estimates for tree LAI was quite wide, so the values used

here are considered highly uncertain. The functional LAI

for cover class 4 was set to 6.0 for evergreens and 5.0

for deciduous trees.

Vegetation types and maximum (summer season)

functional LAI for woody vegetation are shown in Figure

11.9. Most of the sub-basin is dominated by evergreen

tall shrubs (big sage) . Evergreen trees are confined to

the southwestern portion of the sub-basin, which is

relatively wet and cool. Deciduous trees are scattered

throughout the sub-basin as groves of quaking aspen, and

also occur in riparian zones along Reynolds Creek and its

tributaries. Short shrubs occupy high elevation sites

(vaseyana sage) and in lower, drier areas (low sage)

Only four pixels are classified as non-woody. Short and

tall deciduous shrubs do not occur in Upper Reynolds, but

are found in other parts of the Reynolds Creek

Experimental Watershed.

As expected, the distribution of woody functional

LAI follows the same pattern as that of vegetation type

(Figure 111.9) . Woody LAI above 5.0 occurs in the

southwest, where evergreen trees grow in discontinuous,

but dense, patches. Deciduous LAIs above 4.0 are found
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in the densely wooded riparian zones and scattered

quaking aspen groves. Tall shrub areas have LAIs between

1.0 and 3.0, depending on cover class. Low sage areas

(mostly in the northeastern portion of the sub-basin)

typically have the lowest LAI, ranging from less than 0.5

to 1.0. At higher elevations, the vaseyana sage LAI is

typically between 2.0 and 2.5.

UPPER REYNOLDS SOILS

MAPSS-W recognizes two soil layers where plant roots

may penetrate (see Chapter IV) . The upper layer

encompasses the typical rooting zone for most grasses and

forbs, while the lower layer extends to the approximate

limit of the rooting zone for woody vegetation. The

gridded soils data set was configured to provide soil

characteristics for these two layers. Data on depth to

bedrock, percent rock fragments, and percent sand, silt,

and clay were derived from a soils map published in

Stephenson (1977)

The soils map was digitized to a 30-rn GRASS raster

format at the NWWRC. The 30-rn GRASS raster was resampled

to 200-rn resolution using the process described for

vegetation, except that no manual editing of the 200-rn

raster was necessary. Soil mapping units were broken

down by series, texture, and terrain slope class.

Accompanying text in Stephenson (1977) provided a
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representative profile for each of the 26 soil series

found in Upper Reynolds. Depth to bedrock was defined as

the sum total of the thicknesses of soil layers one and

two. Depth was determined from the profile description,

and assumed to be constant for all texture and slope

classes within a particular series. Depths greater than

1500 mm were assigned a depth of 1500 mm, the maximum

depth used by MAPSS-W (see Chapter IV).

Percent rock fragments, sand, silt, and clay for

soil layer 1 were estimated from the soil unit

descriptions provided in Stephenson (1977). Rock

fragments (> 2 mm diameter; Brady, 1990) were assumed to

be present when the soil was described as containing

gravel, pebbles, stones, cobbles, or flags. When a soil

unit was described as having rock fragments, the term

"extremely" (e.g., extremely gravelly) was translated

into 80% rock fragments by volume. The term "very"

became 50%, and no descriptor (e.g., stony) was set to

20%. Whether the fragments continued into soil layer 2

was determined from the soil series profile descriptions.

If it appeared that rock fragments could extend into the

second layer, layer 2 rock fragments were set to those of

layer 1. If the profile indicated that there was a large

discontinuity in the rock fragment percentage, shifting

from, say, a very pebbly loam to a loam, the layer 2

percentage was set to zero. Rock outcrops, i.e., exposed
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bedrock, were not included in the percent rock

estimation.

Percent sand, silt, and clay were derived from

texture class descriptions for the A horizon in

Stephenson (1977) . Soil texture classes and accompanying

sand, silt, and clay values used (Brady, 1990) are shown

in Table 111.5. Percentages of sand, silt, and clay for

soil layer 1 were taken directly from the texture

descriptions (Stephenson, 1977) . However, because only

one representative soil profile was available for each

series, and this profile had only one particular texture

class, it was not possible to determine the change in

texture with depth for each texture class within a

series. Therefore, percentages of sand, silt, and clay

determined for soil layer 1 were also used for soil layer

2.

Table 111.5. Soil texture classes and associated percent
sand, silt, and clay used in developing the gridded soils
data set for Upper Reynolds (source: Brady, 1990)

Soil Texture % Sand % Silt % Clay

Sandy loam 70 20 10

Loam 40 40 20

Clay Loam 35 30 35

Clay 20 20 60
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The distributions of soil depth and texture are

shown in Figure 111.10. Soils less than 500 mm deep

cover about 10% of the basin, and are concentrated in the

northeast. Deeper soils occur on the northwestern side

of the sub-basin, and at high elevations. Most of the

sub-basin is comprised of loamy soils. Sandy loams cover

the north-central area, clay barns occupy a small part of

the eastern sub-basin, and clays are restricted to a

poorly drained area in the center of the region.

SUMMARY AND CONCLUSIONS

This chapter has summarized the development of

gridded climate, vegetation, and soils datasets for the

Reynolds Creek Experimental Watershed, a small basin in

the Owyhee Mountains of southwestern Idaho. The datasets

were prepared to support applications of MAPSS-W, a

version of MAPSS configured for use in small, mountainous

watersheds.

The gridded datasets were prepared at a 200-rn pixel

resolution, and consist of monthly total precipitation,

and mean monthly temperature, vapor pressure, and wind

speed for the calendar years 1984, 1985, and 1986.

Precipitation was distributed using an updated version of

the PRISM modeling system described in Chapter II.

Temperature, vapor pressure, and wind speed were gridded

based on simple relationships with elevation.
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Figure 111.10. Soils maps Sor Upper Reynolds, showing (a)
depth to bedrock and (b) soil texture in
the surface layer.
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A daily time series of the above parameters was

prepared for Upper Reynolds, a sub-basin within the

Reynolds Creek Experimental Watershed. Daily values were

derived from the gridded monthly data through a series of

scalars that described the departures of the daily values

from their respective monthly means.

Gridded vegetation and soils data were derived from

published maps for the watershed. Vegetation parameters

required by MAPSS-W were maximum (growing season) woody

LAI and a deciduous/evergreen index. Soil parameters

included depth to bedrock, percent rock fragments, and

percent sand, silt, and clay.

These datasets are suitable for a variety of

ecological and hydrological modeling activities in the

Reynolds Creek Experimental Watershed, and in the Upper

Reynolds sub-basin in particular. The fact that they

could be prepared in such a detailed manner reflects the

high quality environmental measurement program in place

at the watershed.

The general methods used in developing these

datasets are applicable to other mountainous watersheds

in which elevation is the primary determinant of the

spatial variability in climatic parameters. Because of

its importance in water balance modeling, precipitation

received the most detailed treatment. The PRISM modeling

system provided an excellent method for gridding monthly

precipitation at Reynolds Creek. This was the first
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application of PRISM below a grid resolution of 4 km, and

the model operated in a stable fashion. However, small

scale effects, such as the blow-over of snowfall from

ridgelines to sheltered sites to leeward, were not

captured well. The effect was to overestimate

precipitation on the exposed ridgelines in the Reynolds

Mountain area by 10-20 percent in winter.

A 'transfer grid' approach allowed us to obtain

superior gridded precipitation estimates for 1984-86

through the use of a more extensive data base that

operated during 1968-75. This involved the mapping of

ratios describing the relative amount of precipitation

measured in 1984-86 compared to that measured at the same

stations in 1968-75

Using single scalars to translate monthly gridded

climate to a daily time series saved large amounts of

data storage, and eliminated the time and effort required

to prepare gridded climate data layers on a daily basis.

This additional time and effort needed to prepare daily

climate layers can be substantial in the case of

precipitation. Daily data may not show relationships

between precipitation and topographic variables, (e.g.,

elevation) that are reflected in longer-term data. Also,

daily values often exhibit poor spatial correlation among

sites, which may be caused by the dominance of sub-grid

scale meteorological processes, or the arbitrary

splitting of single storm events across multiple days.
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The implicit assumption in the daily scalar method

is that daily fluctuations in a parameter are consistent

across the watershed. This assumption will typically

hold for small watersheds, but may begin to break down as

the size of the basin increases. Even then, it still may

be possible to use a modified daily scalar method, in

which the variation in the scalar is captured as a simple

function of, say, the horizontal or vertical location in

the watershed (e.g., function of x, y, or z)

Currently, there is no provision in these methods

for resolving microclimatic effects, such as the effects

of differential shading on temperature, or the influence

of topographic position on wind speed. Algorithms that

capture some of these effects have been developed (e.g.,

Longley et al., 1992) . Solar radiation grids are also

not included, but methods for developing them are

available (e.g., Longley et al., 1992; Nikolov and

Zeller, 1992) . The present version of MAPSS-W does not

require solar radiation data, but future versions of

MAPSS-W (as well as many other models) will require such

data for energy balance calculations. The inclusion of

solar radiation data and the simulation of microclimatic

effects are considered high priorities for future

updates.

For these data sets, 200-m resolution is sufficient

to capture major vegetation and drainage patterns, but it

was not sufficient to resolve the narrow riparian zones
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along Reynolds Creek and its tributaries (they were added

manually) . The inclusion of microclimate and solar

radiation in the input grids will allow the simulation of

vegetation patterns that are controlled by pixel

orientation and the effects of adjacent pixels (e.g.,

shading, wind sheltering, etc.) . Model results will

likely become more sensitive to the grid cell size,

requiring that the modeler choose a resolution that

closely matches the spatial scale of the vegetation and

hydrologic phenomena of greatest relevance to the study

being performed.
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CHAPTER IV:
SPATIALLY EXPLICIT SIMULATION OF LEAF AREA AND WATER

BALANCE IN A SMALL, MOUNTAINOUS WATERSHED

INTRODUCTION

In this chapter, the tools and data sets developed

in Chapters II and III are used to support the

development of a modeling system for assessing the

impacts of global change on vegetation and hydrology in

small to medium-sized watersheds. This work is a first

attempt at linking a one-dimensional biogeographical

model with a set of hydrologic algorithms that simulates

the transport of subsurface water vertically and

laterally in a spatially explicit manner. The

biogeographical model is MAPSS (Mapped Atmosphere-Plant-

Soil System) (Neilson, in press), which has been used to

predict global vegetation redistribution under future

global change scenarios. Vertical and horizontal water

routing schemes are from the spatially explicit

hydrology-vegetation model of Wigmosta et al. (in press)

The near-term objective of this study is to assess

the potential for reconfiguring originally

developed at a continental scale, to simulate the three-

dimensional processes that dominate vegetation and

hydrologic patterns at the watershed/landscape scale.

The hybrid model is applied to the Upper Reynolds

sub-basin of the Reynolds Creek Experimental Watershed,
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Idaho, using the gridded model input datasets developed

in Chapter III. Through model evaluation procedures,

components that do and do not function well at small

spatial and temporal scales are identified. A strategy

for subsequent stages of model development is then

formulated.

BACKGROUND

Modeling of climate-induced vegetation distribution

has been largely at continental to global scales. Over

the past several years, efforts have focused on

estimating potential shifts in the locations of major

biomes under future climate scenarios provided by general

circulation models (GCM) (e.g., Hansen et al., 1988;

Schlesinger and Zhao, 1989; Wetherald and Manabe, 1988)

Empirical, correlative methods include the classification

approaches of Koppen (Koppen, 1936; Guetter and Kutzbach;

1990) and Holdridge (Hoidridge, 1947), and the species-

specific, continuous 'climate space' approach of Box

(Box, 1981) . Prentice et al. (1992) developed a hybrid

model that uses Box's approach of subjecting a small

number of plant functional types to an 'environmental

sieve' and dominance hierarchy, but the environmental

limits of each type are based upon physiological limits

as in Woodward (1987).
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The most recent trend in global vegetation modeling

is toward the explicit simulation of some of the major

mechanisms involved in the interactions between

vegetation and climate. Woodward and McKee (1991) and

Neilson (in press) developed models based largely on the

work of Woodward (1987) and Neilson et al. (1989), which

postulates that the distribution and leaf area of plants

are mainly a function of the relationship between soil

moisture and plant water requirements.

All of these models are steady-state, i.e., all

estimate the distribution of vegetation assuming an

equilibrium between vegetation processes and climate.

Models that predict the transient responses of vegetation

distribution to climatic change are not yet available.

Many vegetation models developed for the stand and

ecosystem scales operate in a transient mode, but the

focus is on predicting the characteristics and function

of a particular ecosystem or forest stand, not the

spatial distribution of several types of ecosystem (e.g.,

Botkin, 1972; Shugart, 1984; Parton et al., 1987; Running

and Coughian, 1988).

While most vegetation distribution modeling has

focused on the global/continental scale, there is an

increasing need for such simulations at the landscape

scale. Domains at this scale are on the order of 25-2000

km2, which span the sizes of thousands of small to

medium-sized watersheds across the country. These
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watersheds are convenient units of management, and land

managers and policy makers have increasingly used the

watershed as a unit for land-use planning and political

debate in forestry, agriculture, and urban development

(e.g., FEMAT, 1993) . The watershed/landscape scale is a

primary focus of many of today's emerging natural

resource issues, such as assessment of cumulative, long-

term effects of land-use practices, management for

species of special concern, and effects of a changing

global environment (Swanson et al., 1991)

Unlike the larger continental scale (and the smaller

stand scale), complex, three-dimensional interactions

between landscape components above and below ground

cannot be neglected. These interactions include

subsurface hydrology, microclimate, seed dispersal, fire

spread, and wildlife-habitat interactions. In short,

processes in one landscape unit may not be predictable

without knowledge of processes in adjacent units.

An important factor in the distribution of

landscape-level vegetation distribution is hydrologic

interactions, specifically, the lateral transport and

retention of subsurface water. Soil moisture

availability is an important determinant of the leaf area

and type of vegetation that can be supported at a site

(Grier and Running, 1977; Gholz, 1982; Woodward, 1987),

and is influenced greatly by gravitationally-driven water

transport to and from the site (e.g., riparian zone
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versus well-drained upland) . Thus, an effective modeling

system should be capable of simulating the complex

spatial relationships between vegetation distribution and

subsurface hydrology under alternative scenarios of

climate and land use.

Evaluating the effects of land use and climate on

hydrologic characteristics at the watershed/landscape

scale requires representations of the mechanisms by which

precipitation contributes to runoff. These mechanisms

include Horton overland flow (Horton, 1933; 1940),

subsurface flow (Dunne, 1982; Beven and Germann, 1982;

Hewlett and Hibbert, 1967), saturation overland flow

(Dunne and Black, 1970), and return flow (Musgrave and

Holtan, 1964) . The use of spatially lumped models such

as TOPMODEL (Beven and Kirkby, 1979) is a popular

approach to the simulation of these mechanisms (e.g.,

Band et al., 1993; Nemani et al., 1993)
. The

distinguishing feature of this class of models is that it

represents the spatial variability of infiltration, and

hence soil moisture and runoff production, as a

probability distribution. Sites with similar topographic

and hydrologic characteristics are grouped together into

site classes. The distribution of hydrologic responses

across these site classes is combined to represent the

overall watershed response. Site-specific variations in

infiltration and soil moisture holding capacity are not
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accounted for, because no explicit spatial information is

used.

Spatially lumped models are of limited usefulness to

this study, because the ability to predict detailed

spatial patterns of surface and subsurface moisture is

critical to the successful simulation of vegetation

patterns on the landscape. Several spatially explicit

hydrologic models have been developed. Quinn et al.

(1991) and Ostendorf and Reynolds (1993) developed

gridded simulations of hydrologic processes, for which

the resolution of patterns of land cover and vegetation

are limited only by the resolution of the DEM and the

availability of data. Recently, Wigmosta et al. (in

press) presented a spatially explicit hydrologic model

with two soil layers, plus a lower, saturated zone. The

two soil layers play varying roles; the upper zone is an

active zone, which can contribute to runoff production

and evaporation even when the lower zone is relatively

dry, and the lower zone can provide moisture for the

transpiration of deeply-rooted vegetation, even when none

is available for shallow-rooted vegetation.

MODEL STRUCTURE

The hybrid vegetation-hydrologic model, termed

MAPSS-W (MAPSS-Watershed), is essentially a version of

the MAPSS biogeographical model (Neilson, in press) that
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has been modified for use in small- to medium-sized

watersheds. Major changes to MAPSS include: (1)

replacing the MAPSS one-dimensional subsurface hydrology

with the three-dimensional hydrology of the Wigmosta

model (Wigmosta et al., in press); (2) reducing the time

step of MAPSS water-balance calculations from one month

to one day to accommodate the Wigmosta model; (3)

configuring the model to operate in a short-term, semi-

transient mode with a prescribed woody leaf area index

(LAI); and (4) adding a rule base for predicting non-

woody LAI on a daily basis. The structures of most of

the components in MAPSS-W are described in detail in

Neilson (in press) and Wigmosta et al. (in press), and

are summarized briefly here. Algorithms that are central

to model operation or are unique to MAPSS-W are discussed

in detail.

The major assumption behind MAPSS is that vegetation

will maximize leaf area to the extent allowed by water

availability. Higher leaf areas will deplete soil

moisture before the end of the growing season, resulting

in a drought-induced reduction of leaf area (Woodward,

1987) . Lower leaf areas will result in a moisture

surplus, which will promote subsequent expansion of leaf

area. This assumption has been supported by

physiological studies and regional water balance analyses

(Woodward, 1987; Stephenson, 1990; Neilson et al., 1992)

However, it is recognized that in areas that are very wet
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or cold, energy for growth, rather than the water

balance, may limit vegetation development.

In MAPSS, two functional life forms are supported at

a site: woody (trees or shrubs) and grass (herbaceous

vegetation). They compete for both light and water. The

leaf form of woody vegetation is divided into

macrophyllous, such as broadleaf; and microphyllous,

which includes both needle-leaves and small, flat, narrow

leaves (e.g., sagebrush) . Leaves are also classed as

evergreen or deciduous, allowing four possible leaf

types. Six thermal zones, based on physiological

criteria, have been defined: tundra, taiga-tundra,

boreal, temperate, subtropical and tropical (Neilson, in

press) . LAI combinations of trees/shrubs and grasses and

thermal zone are the basis for a hierarchical

classification of predictions into major physiognomic

types, such as evergreen needleleaf forest, deciduous

broadleaf tree savanna, tall grass prairie, chaparral,

subtropicl desert, tropical shrub savanna, etc.

Hydrologic Processes

MAPSS-W retains the above-ground and surficial

hydrologic processes incorporated in MAPSS. These

include canopy interception and evaporation, snow

formation and melt, and fast flow (overland and

macropore) (Figure IV.1) . All processes were
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reconfigured to operate at a daily time step to

accommodate the Wigmosta model. Precipitation entering

the system is divided into rain and snow, based on the

daily mean air temperature (Neilson, in press; Equation

4) . Snowfall is added to a snowpack. The rain component

is divided into canopy interception and throughfall

(Rutter et al., 1975) . The amount of rainfall

intercepted by the canopy is a function of the canopy

LAI, and is limited by the daily potential

evapotranspiration (PET) (Neilson, in press, Equation 3)

Snow melt is computed as a function of the mean daily

temperature (i.e., degrees above freezing), and is added

to the throughfall to arrive at the liquid water

available at the soil surface (Neilson, in press,

Equation 5) . Depending on the amount of water already

present in the surface soil layer, some of this water is

diverted into fast flow (Horton overland flow and

macropore flow), which is routed directly to stream flow

(Neilson, in press; Equation 6) . The remaining water

percolates into the soil.

Subsurface hydrology is simulated using the

algorithms from the Wigmosta model. Dynamics of

unsaturated percolation are simulated using a two-layer

soil model (similar to that of MAPSS) (Figure IV.1), with
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slow drainage to a third layer to sustain base flow and

long term storage. The upper layer encompasses the

typical rooting zone for most grasses and forbs, while

the lower layer extends to the approximate limit of the

rooting zone for woody vegetation (i.e., bedrock) . In

the absence of a gridded soils dataset, the thicknesses

of layers one and two are set to default values,

typically 500 and 1000 mm, respectively.

When soils data are available, layer thickness is

calculated from total soil depth and the fraction of the

soil volume occupied by rock fragments (>2 mm diameter;

Brady, 1990) in each layer. The presence of rock

fragments decreases the volume of soil that may hold

water, thereby reducing the effective depth of the soil.

Effective soil thickness Theff for each of the two layers

is calculated as follows:



Ford>Th +Th dq'

Th =Th (1-r)
def1 1

Th =Th (1-r2)

For Th<d< Th. + Th:
Th. = Th,(1 - r1)

For d<Th
Th =Ma [d(1-r1),Th,(1-r)]
Th =Th (1-r )def

where d is the soil depth to bedrock, and Thdefl r, and

rax are layer-specific default thickness, fraction of

soil volume occupied by rock fragments, and maximum

allowable rock fragment fraction. As shown above, the

effective depth of each soil layer is not allowed to fall

below a default soil depth minus a maximum rock fragment

fractional volume set by the user.

Unsaturated percolation through the two soil layers

is calculated using Darcy's Law (Wigmosta et al., in

press; Equation 40) . This water flux recharges the grid

cell water table. Each grid cell exchanges saturated

zone water with its eight adjacent neighbors as a

function of water table depth and local topography

(Wigmosta et al., in press; Equation 47) . Assuming the

local hydraulic gradient is equal to the local ground

surface slope, a given grid cell will receive water from
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upsiope neighbors and discharge to adjacent downslope

cells (Figure IV.2) . A topographic peak discharges to

all neighbors, and a depression receives subsurface flow

from all neighbors. Saturated hydraulic conductivity is

decreased exponentially with depth below the soil

surface, as suggested by Beven (1982) (Wigmosta et al.,

in press; Equation 48) . In the current configuration,

the underlying bedrock is assumed to be discontinuous and

fractured, allowing the saturated, water table zone to

fall to depths that exceed the total depth of the soil.

Return flow and saturation overland flow are generated in

locations where the grid cell water table intersects the

ground surface.

Vegetation Dynamics

MAPSS-W incorporates all of the vegetation dynamics

in MAPSS, except for the woody LAI iteration to a dynamic

equilibrium with the water balance. MAPSS-W is presently

designed to operate on one particular year, whereas MAPSS

typically operates on a long-term "average" year,

repeating this average year hundreds or thousands of

times until a woody LAI/water balance equilibrium is

reached. As such, only the non-woody LAI can be

realistically modelled in MAPSS-W. The woody LAI is

initialized through an input grid, and held constant

throughout the simulation, except for the seasonal
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Figure IV.2. Schematic of the MAPSS-W saturated zone
water routing approach. The upper left cell
receives water from uphill cells and
delivers water to downhill cells.



phenology of deciduous LAI in response to the growing

season (as determined by a temperature threshold)

Soil water is transpired by both grass and woody

life forms, and is calculated as in the original MAPSS

model (Neilson, in press) . Simulated actual

transpiration (AT) increases asymptotically to PET (less

canopy interception) and is a function of LAI and

stomatal conductance (Abramopolous et al., 1988;

Dickinson et al., 1991) . The exponential curve

describing the increase of AT with LAI is of the form

AT = PET (1 - e0)
where

Co(
)

L41 CO

LAI CO

(2)
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Co is the canopy conductance, LAI is the leaf area

index, LAImax is a maximum LAI used for normalization

(Waring and Schlesinger, 1985; Peterson et al., 1987),

Co is the stomatal conductance, and Co5, is a specified

maximum stomatal conductance. the slope of the AT

curve, is uniquely defined for trees, shrubs, and grasses

(Neilson, in press)

PET is calculated using an aerodynamic turbulent

transfer approach adapted from Brutsaert (1982) by Marks

and Dozier (1992) . Surface roughness length is an input

to the PET model, and depends on vegetation type. Values
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for surface roughness over trees, shrubs, and grass were

taken from Dickinson et al. (1986) and scaled to those

used by Brutsaert (1982)

MAPSS simulates competition of grass and woody

lifeforms for light and water. An upper limit for grass

LAI is imposed through shading by a woody overstory. The

higher the woody LAI, the lower the upper limit for grass

LAI (Neilson, in press, Equation 12) . Above a certain

woody LAI threshold, the canopy is considered closed and

grasses are excluded. Grasses can extract water only

from the upper soil layer, while the trees and shrubs can

remove water from both layers (Figure IV.1) . The

relative proportions of leaf area in grass and woody

vegetation determine the relative amount of water that

can be transpired from the two layers, constrained by

soil moisture (Neilson, in press)

MAPSS-W incorporates a rule-based method for

predicting grass LAI on a daily basis; this method is a

precursor to a process-oriented calculation of growth

based on carbon assimilation. The growth rate of grass

LAI is determined by temperature and stomatal

conductance, and the rate of decline is based on

temperature. The direction of LAI change (i.e., growth

or decline) is controlled by the presence or absence of

persistent soil drought, frost, and snowcover. The word

'persistent' is key; rather than relying on the current

day's conditions, which can be quite variable, the
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algorithm makes changes in grass LAI based on

environmental conditions which have persisted for several

days previously. The period over which the algorithm

assesses environmental conditions is referred to as the

assessment period.

In spring, grass LAI begins to develop once the

entire assessment period experiences temperatures above

the frost threshold, no substantial snowpack, and

adequate surface soil moisture. The frost threshold

temperature and the snow water equivalent defining a

YTsubstantialu snowpack are user-specified, and soil

moisture is assumed to be adequate when the water content

of the surface soil layer is sufficient to keep stomatal

conductance above a minimum threshold (see Equation 4)

The daily increase in LAI is dependent on temperature and

stomatal conductance, and is constrained by a user-

defined maximum daily LAI increment.

Relative production is an allometric constraint on

the daily increase in LAI. A parabolic relationship

between soil temperature (2's) and relative biomass

production (P) for C3 grasses (Parton et al., 1992) is

given as

P = 0.14606 0.08513 7', - 0.002 - 0.00003 (3)

A relative biomass production near unity occurs at about

21° C, and decreases to near zero at both 0°C and 32°C.



130

Daily air temperature is used as a surrogate for soil

temperature.

The daily increase in LAI is also constrained by

soil water availability. Stomatal conductance, obtained

through the MAPSS transpiration calculations, provides a

useful measure of plant water status. The final equation

for daily LAI increase is of the form

Co-Co.
AIAI p S

m
Co -Co.:max :mm

where £LAI± is the user-defined maximum LAI increment,

Co is the stomatal conductance, and Co
max and Co are

user-defined maximum and minimum stomatal conductances

for grasses (Neilson, in press; Appendix 2)

Stomatal conductance is a function of soil water

potential; when conductance falls below Co mn' soil

drought has occurred, and the LAI increment becomes zero.

The LAI increment is also set to zero as soon as frost or

a substantial snowpack are encountered during any part of

the assessment period.

If stomatal conductance remains consistently below

the minimum throughout the assessment period, LAI begins

to decline. LAI decline is assumed to be a function of

temperature, and is normalized by a user-defined maximum

LAI decrement. The daily decrease in LAI is written as

(4)
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= -P AIAJ
maxd (5)

where lLAImaxd is the maximum LAI decrement and P is

determined through equation 3. At air temperatures above

21° C, T is held constant at 21° C, preventing the LAI

decline from dropping off as temperatures become very

warm.

Grass LAI is reduced to zero when frost or a

substantial snowpack persists over the entire assessment

period. This often signals the end of the growing

season.

The growing season for deciduous trees is determined

by temperature. The method uses the same frost

temperature threshold as for grasses, but the temperature

is calculated as a monthly, rather than daily, mean. If

the mean monthly temperature is above the frost

threshold, deciduous trees are at full LAI. Below the

threshold, they are at zero LAI (Neilson, in press)

MODEL APPLICATION AND EVALUATION

MAPSS-W was applied to the Upper Reynolds sub-basin

of the Reynolds Creek Experimental Watershed, a well-

instrumented drainage located in the Owyhee Mountains of

southwestern Idaho. Reynolds Creek is administered by

the USDA Agricultural Research Service's Northwest

Watershed Research Center (NWWRC) in Boise, and was
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chosen for our modeling activities because of its wide

range and heterogeneity of climate, vegetation, and

soils; and the availability of excellent monitoring data.

Upper Reynolds is approximately 54 km2 in area, and

encompasses the southern quarter of the Reynolds Creek

watershed (see Figure 111.1) Elevations within Upper

Reynolds range from 1413 m at the outlet, to 2195 m at

the highest point in the watershed (Figure IV.3) . Most

of Upper Reynolds is administered by state and federal

governments, and the land is used primarily for livestock

grazing and recreation. Mean annual precipitation varies

from about 400 mm at the lowest elevations to over 1100

mm in the southwestern mountains (Hanson et al., 1980)

Sagebrush communities dominate much of Upper Reynolds,

and are intermixed with a patchwork of fir and aspen

communities at high elevations. Soils are highly

variable, derived mainly from volcanic and granitic

sources. Detailed descriptions of the climate,

vegetation, and soils of Upper Reynolds are available in

Chapter III of this volume, and in Hanson et al. (1980)

and Stephenson (1977)

Two water years were simulated with MAPSS-W: 1985

(October 1984-September 1985) and 1986 (October 1985-

September 1986), hereafter referred to as WY85 and WY86,

respectively. WY85 was used to calibrate the model and

WY86 served as an evaluation year. Input data for the

model runs consisted of (1) gridded monthly
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Figure IV.3. Terrain map of the Upper Reynolds drainage.
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precipitation, temperature, vapor pressure, and wind

speed, modulated to a daily time step with one scalar per

parameter per day (see Chapter III); (2) gridded soil

depth to bedrock and percent rock fragments; and (3)

gridded functional (all-sided) leaf area index (LAI) and

a deciduous index for woody vegetation. Gridded percent

sand, silt, and clay for two soil layers were also

available for the analysis, but were not used in this

application. Grid spacing was 200 m. A complete

description of input data preparation is available in

Chapter III.

Each water year was simulated by running MAPSS-W on

the year's climate ten times in looped fashion, in which

the end of one iteration became initial conditions for

the next. Ten iterations were necessary to allow the

model to come to a stable equilibrium hydrologically,

such that simulated water inputs to the watershed

equalled simulated water outputs. Thus, for example,

conditions at the end of WY85 (September 1985) were not

used to initialize WY86; rather, it was initialized by

the previous iteration of WY86. This may have had

ramifications on the WY86 simulation, and is discussed

later in this chapter.

The simulation of snow accumulation and ablation in

WY85 was calibrated using data from two sources: (1)

daily snowpack water equivalent records from a snow

pressure pillow at the South Mountain SNOTEL site (USDA
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Soil Conservation Service, 1988); and (2) maximum snow

water equivalent and date of final meltout from station

176x07, located on the north slop of Reynolds Mountain.

South Mountain is approximately 40 km SSW of Reynolds

Creek, and has an elevation and mean annual precipitation

similar to that of station 176X07. Station 176x07 is

about 0.5 km northeast of, and 30 m lower in elevation

than, the Reynolds Mountain climate station 176x14 (see

Figure 111.1)

Calibration involved adjusting the temperatures

above which snowfall never occurs and below which

rainfall never occurs, the temperature below which snow

does not melt, and the rate of snow melt per degree

Celsius (Neilson, in press; Equation 4) . The calibrated

values are shown in Table IV.1. Figure IV.4 compares the

recorded snowpack water equivalent from South Mountain

with that simulated for a pixel at the location of

station 176x07. The timing and magnitude of snowpack

variation were very similar. The simulated snowpack was

allowed to persist a few days longer than that at South

Mountain, to better match the 12 May meltout date

recorded at station 176x07. However, this meltout date

is probably late for the area; station 176x07 is located

on a wind-sheltered site that receives relatively high

accumulations of snow for this region of the watershed,

much of which is exposed and wind-swept (Clayton Hanson,

pers. comm., USDA-NWWRC, Boise, Idaho) . The simulated
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Table IV.1. Parameter values used in MAPSSW.

Parameter Value Units Description

Snow Dynamics and Hydrology

T 3.0 °C Temp above which snowfall fraction equals 0

T1 1.0 °C Temp below which snowfall fraction equals 1

Tim 2.5 Temp below which snow does not melt

km 3.0 nim/°C Coefficient for snow melt rate

3.8 Coefficient for surface runoWmacropore flow

kvert 0.012 mm/hr Saturated vertical hydraulic conductivity

0.063 mm/hr Saturated lateral hydraulic conductivity

f 5.0 Coefficient for decrease of lateral flux with depth

Leaf Area Dynamics

LA!,0 0.0 m2/m2 Woody LAI for zero light attenuation

LAI 5.0 m2/m2 Woody LAI for full light attenuation

LAImax 0.18 m2/m2 Maximum grass LAL increment per day

LAImaxa 0.07 m2/m2 Maximum grass LAI decrement per day

Tf 7.0 °C Temperature below which grass and deciduous woody
LAE are set to zero

so 7.5 mm Snow water equiv. above which grass LAT is set to zero

D 5, 25 days LAI assessment period for grass, woody

Transpiration

cos mm 1.0, 1.5, 0.8 mm/sec Minimum stornatal conductance for grass, tree, shrub

Co, max 3.5, 2.5, 1.5 mm/sec Maximum stomatal conductance for grass, tree, shrub

ka 13.0, 7.0, 11.5 -- AT/LAI slope exponent for grass, tree, shrub

15.0 m2/m2 Maximum LAT for AT nomialization



800

70O

60O

300

200
0
C
Cr) 100

0

Water Year 1985 (Oct 84 - Sep 85)
I I I I I I I I

South Mtn snow pillow
Simulated Reynolds Mtn

N D J M A M J J A S
Month

Figure IV.4. WY85 daily time series of snowpack water equivalent measured at the
South Mountain snow pillow and that simulated for Reynolds Creek
station 176x07.



138

maximum snow water equivalent of 541 mm compared well to

that of South Mountain, but was lower than the maximum

snow water equivalent of 592 recorded at 176x07.

Figure IV.5 illustrates the spatial distribution of

the simulated snowpack during spring WY85. A snowpack of

over 500 mm water equivalent had accumulated in the

southwestern mountains by mid-March, while accumulation

at lower elevations reached only 50 - 100 mm. Beginning

at the lower sites, the snowpack gradually melted during

April and May, with complete meltout by late May or early

June.

Hydrology and vegetation dynamics were calibrated

iteratively, because of the interdependency of the

calculations. WY85 daily discharge data from the Upper

Reynolds outlet (Tollgate Weir) were the primary source

of information for the hydrologic calibration. The major

hydrologic parameters are listed in Table IV.1. These

parameters are currently not based on soil texture

characteristics, but the input data are available to do

so in future versions of the model (see Chapter III)

kSurf is the slope of an exponential function that relates

the amount of liquid water that cannot infiltrate into

the soil for a given soil moisture content (Neilson, in

press; Equation 6); it was adjusted to best reproduce the

short-term, maximum values in the Upper Reynolds

discharge record caused by fast flow events. kvert the

saturated vertical hydraulic conductivity, controls the
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rate at which saturated soil moisture percolates downward

(Wigmosta et al., in press; Equations 40-42); it was

adjusted to match the shape of the late spring recession

curve. k18 and f affect lateral water movement (Wigmosta

et al., in press; Equation 48); kiati the saturated

lateral hydraulic conductivity, is the rate at which

water in the saturated zone moves laterally per unit

topographic gradient. f is the slope of an exponential

function that decreases the rate of lateral water

movement with depth in the saturated zone. kia and f

were modified to reproduce the very low flows during the

June - March base flow period, but still provide enough

soil water movement during the snowmelt period to keep

the surface soil from becoming overly saturated; highly

saturated soil can cause the model to overpredict the

magnitude of fast flow events.

Figure IV.6 compares Upper Reynolds recorded and

simulated discharge for WY85. Simulated discharge is

presented as a three-day moving average to improve

readability (this is discussed further below) In Figure

IV.7 the simulated discharge is divided into two

components. The area below the dotted line represents

discharge produced by subsurface flow, including return

flow and saturated overland flow generated where the

water table intersects the surface. The area between the

dotted and solid (total flow) lines is discharge produced
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by fast flow (Horton overland flow and macropore flow),

where incoming water never enters the soil column.

The runoff regime was dominated by snowmelt. The

recorded and predicted discharge traces were essentially

flat and very low during the winter months, when little

melt occurred (Figure IV.6). The first large increase in

discharge in late March and early April coincided with

the first significant warm period of the year, and was

due primarily to fast flow (Figure IV.7) . The simulated

discharge reached a similar maximum, but was slightly

early and not as prolonged as the recorded trace (Figure

IV.6) . A cold period with additional snowfall followed

in late April (see Figure IV.4), with snowmelt resuming

in early May. After another period of fast flow,

subsequent discharge was the result of a combination of

fast flow, and return and saturated overland flow in and

along stream beds (Figure IV.7) . Simulated discharge

reproduced the recorded trace well, except that runoff

was 1-3 days early. After the bulk of the snowpack

disappeared, the discharge trace followed a gradual

recession curve as water tables dropped to summertime

levels. The simulated recession curve was slightly lower

and earlier than the recorded curve in spring, but then

became very slightly high during summer. The simulated

total annual runoff for WY85 was 188 mm, which compared

well to the recorded total of 192 mm.
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The tendency for the simulated discharge to be a few

days earlier than recorded is apparently due to the lack

of stream routing algorithms in MAPSS-W. Currently, any

runoff (excluding lateral, subsurface, saturated flow)

produced at a pixel is assumed to reach the outlet that

same day. This results in a widely fluctuating discharge

trace, necessitating the application of a 3-day moving

average to improve readability. In reality, the length

of time required by runoff to reach the outlet depends on

the stream-bed distance to the outlet, and topographic

gradients, among other factors. Thus, water reaches the

outlet at varying intervals after a runoff event,

resulting in a discharge maximum that is less extreme in

magnitude, and somewhat more delayed and prolonged in

time.

The spatial distribution of total runoff (surface

plus subsurface flows) is shown in Figure IV.8. Most

runoff occurred at lower elevations in March, early in

the melt season, and progressed upward through April.

The widespread runoff distribution on 15 May was due to a

major rainstorm that was centered over northern and

eastern parts of the basin. By June, runoff was

contributed only by baseflow along strearnbeds.

Leaf area dynamics were calibrated from LAI

measurements taken periodically during the growing season

on two 1.5-meter diameter lysimeters at the Reynolds

Mountain climate station (176x14) Ground-projected LAI
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was estimated using the inclined point method (Warren-

Wilson, 1960; Greig-Smith, 1964) . Mean LAIs over each

lysimeter were estimated for grasses, forbs, and

sagebrush. For this study, estimates from the two

lysimeters were averaged and converted to functional

(all-sided) LAI by multiplying the grass LAI by 2.3 and

the forb and sagebrush LAI by 2.0 (Peterson et al.,

1987) . Finally, the grass and forb LAI5 were summed into

one 'grass' lifeform category.

Six parameters were adjusted in the vegetation

dynamics calibration (Table IV.1)
. z3LAlmaxj and LAImaxdl

the maximum daily grass LAI increment and decrement,

respectively (Equations 3 and 4), were modified to match

the magnitude and timing of the measured grass LAI

fluctuations. Tf and S0 were chosen to allow grasses to

begin growth soon after meltout in the spring, and

provide a growing season for deciduous trees which was in

keeping with casual observations in the watershed. Da

the assessment period, was chosen to make grass LAI

responsive to environmental conditions, without

unrealistically tying LAI to noisy, day-to-day

fluctuations in conditions. ka the constant that

defines the slope of the curve relating AT to LAI

(Equation 2), strongly affected the overall water balance

of the simulation. Therefore, it was adjusted to help

produce a predicted annual basin discharge that was

similar to observations.
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Measured and predicted LAI time series for Reynolds

Mountain are plotted in Figure IV.9. The overall

magnitude and shape of the grass time series agrees well

with measurements, except for green-up in spring. The

observed green-up is about three weeks earlier than

simulated, which can be attributed to an early snow

meltout at Reynolds Mountain. Reynolds Mountain is

relatively sunny and windswept, becoming snowfree in the

spring several weeks before nearby station 176x07, for

which the meltout date was calibrated.

The brief, grass LAI maximum in early October 1984

was simulated in response to temporarily improved soil

moisture conditions before persistent frost and snowcover

reduced LAI to zero for the winter. LAI observations

were unavailable for comparison, but it is possible that

life history constraints on forbs and grasses would have

precluded such a vigorous response so late in the growing

season.

The variability in measured LAI of sagebrush

(Artemisia tridentata vaseyana), nominally an evergreen

shrub, reflects the complex leaf phenology of many

Artemisia species (Figure IV.9) . Leaf area increases to

a maximum during optimal moisture conditions in late

spring, then gradually declines to a fall minimum that

persists during the winter. Woody LAI in MAPSS-W is held
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constant all year for evergreen trees and shrubs and

during the growing season for deciduous trees and shrubs.

Thus, monthly variability in woody LAI is not simulated.

Sagebrush typically accounts for a substantial portion of

the non-growing season transpiration, necessitating that

it be categorized as evergreen.

The spatial distributions of simulated grass LAI and

surface soil moisture content are shown in Figures IV.10

and IV.11. The initial development of grass LAI followed

the meltout of the snowpack -- first at lower elevations

in May, then reaching all parts of the basin by June.

Grass LAI developed most fully in the northwestern and

northeastern parts of the basin, where soils were

relatively deep (see Figure 111.10) and light and water

competition with woody vegetation was minimal (see Figure

111.9) . In these areas, grass LAI reached a peak of

about 3.75. Grass LAI was completely excluded in areas

where woody LAI forms a closed canopy, such as in the

southwest. Peak LAI was reached in June at low and

middle elevations, and in July at higher elevations. By

August grass LAI had declined in all areas, due to

persistent soil drought.

WY86 was simulated to evaluate the flexibility of

the MAPSS-W modeling approach. WY86 was very different

climatically than WY85, with greater snowpack

accumulation and a snowmelt period that began much

earlier and lasted longer.
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The time series of observed snowpack at South

Mountain and simulated snowpack at station 176x07

followed nearly identical patterns in fall and early

winter, but simulated snow accumulation began to fall

behind in January and February (Figure IV.12). At the

date of maximum accumulation in late February, the

simulated snowpack water equivalent of 587 mm was 61 mm

short of that recorded at South Mountain. The maximum

accumulation recorded at station 176x07 was even higher,

at 737 mm. The discrepancy between predicted and

recorded snowpack reached its widest point in March, then

narrowed to zero by early May. The simulated snow

meltout date compared well with the 25 May meltout date

recorded for station 176x07.

The reason for the discrepancy between simulated and

observed snowpack is difficult to determine, although it

appears that undercatch by raingauges may have played

some role. Still, there were periods, during the time

when the discrepancy was occurring, for which undercatch

is not a viable explanation. From 7 to 11 February 1986,

the snow pillow at South Mountain gained 46 mm of water,

while the co-located rain gauge gained nothing. Rain

gauges throughout Upper Reynolds also gained nothing.

Undercatch seems unlikely because winds were very light

and no gauge recorded even a trace of precipitation.

Overwhelming or bridging of the gauges by snow also seems

unlikely, because this period was not preceded by a large
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snowfall. In this case, it may be the snow pillow data

that were faulty.

The timing and magnitude of the daily discharge

record for WY86 was simulated quite well by MAPSS-W,

except for two very large, brief discharge peaks that

occurred on 18 and 23 February 1986 (Figure IV.13)

These peaks were caused by rain-on-snow events. The

first peak was produced by an average of 75 mm of

precipitation falling on Upper Reynolds during 17-18

February, most of it rain. After an average of 77 mm of

fresh snow from 19 to 22 February, a relatively light 10-

15 nun of rainfall triggered the second, higher discharge.

MAPSS-W has no provision for calculating snowmelt caused

by the heat imparted to the pack by rainfall; the melt

rate is based solely on ambient air temperature.

Overall, the simulated total annual discharge of 400 mm

was only slightly higher than the recorded annual

discharge of 388 mm.

Simulated grass leaf area at Reynolds Mountain

agreed very well with observations (Figure IV.14) . Grass

LAI reached a maximum of about 1.6 in late June, which

matched the observed maximum well. The simulated late-

season decline in LAI mirrored observations closely.

There were no LAI estimates early in the growing season

to evaluate the timing of the simulated green-up in

spring.
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FURTHER MODEL DEVELOPMENT

Much still remains to be done to improve the

performance and usefulness of MAPSS-W. The simple snow

accumulation and melt scheme based solely on temperature

performed surprisingly well, but could not reproduce the

rain-on--snow events experienced in WY86. The simple snow

model should be replaced with an energy balance approach

that calculates melt based on energy input from rainfall,

ambient temperature, and solar radiation. An energy-

based snowpack algorithm will require gridded solar

radiation data, which so far has not been needed for

MAPSS or MAPSS-W simulations.

In MAPSS-W, any runoff generated at a pixel is

routed directly to stream flow. This produces simulated

discharge hydrographs that tend to peak early and

fluctuate rapidly, especially if surface runoff is

involved. More realistic hydrographs could be produced

by (1) routing surface runoff to downhill pixels for

possible infiltration; and (2) routing return flow and

saturated overland flow to stream channels, in which a

travel time to the outlet would be calculated based on

streambed distance, surface roughness, and elevational

gradient.

When calculating the hydraulic properties of the

soil, MAPSS-W accounts for soil depth and rock fragment

volume, but not soil texture. Algorithms that vary soil
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hydraulic properties based on soil texture currently

exist in MAPSS, and will be subsequently incorporated

into MAPSS-W.

Although the rule base used to simulate daily grass

LAI performed well in this study, it is slated to be

replaced by physically-based, carbon gain algorithms.

Such algorithms are currently being developed for use in

MAPSS. Growth and decline will be determined through

mechanistic relationships between photosynthesis and

respiration and solar radiation, soil temperature, and

soil moisture.

A mechanistic carbon gain scheme should not be

confined to the simulation of grass LAI, but be extended

to simulate year-to-year variations in woody LAI. The

next major modification to both the MAPSS-W and MAPSS

operational configurations will be to allow the model to

run in a fully transient fashion over successive years,

with each year having unique climatic inputs. This will

allow realistic, time-dependent simulation of woody LAI

development and decline during future and historical

climatic time series.

CONCLUSIONS

This study represents a successful step in adapting

MAPSS to operate in small watershed/landscape-scale

domains. It is clear that most processes simulated in
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MAPSS, nominally a continental-scale model, can be easily

scaled to fine grid resolutions. With the addition of a

spatially explicit water routing scheme, use of a daily

time step, and implementation of a rule-based, grass LAI

development algorithm, MAPSS-W is capable of reproducing

observed daily fluctuations in snowpack, basin discharge,

and grass LAI in a small, mountainous watershed. Model

performance in Upper Reynolds was about the same in the

evaluation year (water year 1986) as it was in the

calibration year (water year 1985), despite quite

different snowmelt and runoff regimes, suggesting the

approach may be sufficiently flexible for global change

simulations. Anticipated improvements to MAPSS-W include

more mechanistic simulations of snow accumulation and

melt, soil hydraulic properties, and vegetation dynamics.



CHAPTER V: CONCLUSION

The general objective of this study was to develop

models and datasets that would significantly advance our

ability to assess the current and future effects of

global change on the biosphere. The focus was in two

areas: (1) preparing environmental datasets at regional

to watershed/landscape scales; and (2) developing models

to simulate the interactions of climate, hydrology and

vegetation distribution at the watershed/landscape scale.

The PRISM modeling system, a method for mapping

monthly precipitation over complex terrain, was

introduced and evaluated in Chapter II. PRISM brings a

unique combination of climatological and statistical

concepts to the mapping of orographic precipitation.

PRISM uses a digital elevation model (DEM) to estimate

the "orographic" elevation of each precipitation station

at the proper spatial scale, and divides the terrain into

topographic facets, i.e., areas of similar hillslope

orientation. PRISM estimates precipitation at a DEM grid

cell by using a moving window technique to develop a

precipitation/elevation regression function from nearby

rainfall stations on the cell's topographic facet.

The PRISM modelling system was compared to commonly

used geostatistical methods -- kriging, detrended

kriging, and cokriging. The four methods were applied to

the Willamette River Basin, Oregon, and evaluated by both
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quantitative and qualitative methods. PRISM exhibited

superior performance in all categories. To assess its

adaptability and flexibility, PRISM was applied to

northern Oregon and to the entire western United States.

Detrended kriging and cokriging could not be used in

these regions, because there was no overall relationship

between elevation and precipitation. PRISM's statistical

performance in northern Oregon deteriorated a small to

moderate amount compared to its performance in the

Willamette River Basin. An application of PRISM to the

western United States showed no further deterioration.

Because PRISM continually adjusts its frame of reference

by using localized precipitation/elevation relationships,

errors are apparently contained at low levels despite the

number and diversity of orographic regimes operating

within a region.

The ability of PRISM to maintain predictive accuracy

over large areas makes it extremely useful for developing

isohyetal maps for states or regions. PRISM analyses can

incorporate the latest station data with easy updating

capabilities, and have the advantage of using an

objective, reproducible, and GIS-compatible method that

requires much less time and fewer resources than a

traditional manual analysis. The basic PRISM approach

also appears promising for distributing other parameters

that are locally correlated with elevation, such as

temperature and snowfall.
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As stated in the title of Chapter II, PRISM

estimates the spatial distribution of "climatological"

precipitation in mountainous terrain. This assumes that

precipitation has accumulated over enough storm events to

produce a usable precipitation/elevation relationship.

The minimum averaging period to qualify as

"climatological" depends on storm type, seasonality,

precipitation amount and variability, and a host of other

factors. PRISM will be tested at time scales ranging

from daily to annual in various seasons and locations to

help characterize the minimum temporal scale at which the

assumption of a usable precipitation/elevation

relationship holds.

Chapter III summarized the development of gridded

climate, vegetation, and soils datasets for the Reynolds

Creek Experimental Watershed, a small basin in the Owyhee

Mountains of southwestern Idaho. The gridded dataset was

prepared at a 200-m pixel resolution, and consisted of

monthly total precipitation; and monthly mean

temperature, vapor pressure, and wind speed for the

calendar years 1984, 1985, and 1986. A 'transfer grid'

approach allowed us to obtain superior gridded

precipitation estimates for 1984-86 through the use of a

more extensive data base that operated during 1968-75.

This involved the mapping of ratios describing the

relative amount of precipitation measured in 1984-86

compared to that measured at the same stations in 1968-
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75. Precipitation was distributed using an updated

version of the PRISM modeling system described in Chapter

II. Temperature, vapor pressure, and wind speed were

gridded based on relationships with elevation.

A daily time series of the above parameters was

prepared for Upper Reynolds, a sub-basin within the

Reynolds Creek Experimental Watershed. Daily values were

derived from the gridded monthly data through a series of

scalars, each describing the departure of a daily value

from the monthly mean. Using a single scalar per

parameter per day greatly reduced the amount of data

storage and CPU that would have been necessary to store

and manipulate full daily grids of climate data.

Gridded vegetation and soils data were derived from

published maps for the watershed. Vegetation parameters

were maximum (growing season) woody LAI and a

deciduous/evergreen index for woody vegetation; and soil

parameters included depth to bedrock, percent rock

fragments, and percent sand, silt, and clay.

The general methods used in developing this dataset

are applicable to other mountainous watersheds in which

elevation is the primary determinant of the spatial

variability in climatic parameters. Currently, there is

no provision for resolving microclimatic effects, such as

the effects of differential shading on temperature, or

the influence of topographic position on wind speed. The

simulation of these microclimatic effects, as well as the
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inclusion of solar radiation data, are considered high

priorities for future updates.

The input datasets and mapping tools developed in

Chapters II and III were used in Chapter IV to support

the development of a spatially explicit,

hydrology/vegetation distribution model for use in small-

to medium-size watersheds. The model is a hybrid of the

MAPSS (Mapped Atmosphere Plant-Soil-System)

biogeographical model (Neilson, in press) and the

Wigmosta hydrology-vegetation model (Wigmosta, in press).

The short-term intent was to assess the potential for

reconfiguring MAPSS, originally developed at a

continental scale, to simulate the three-dimensional

processes that dominate vegetation and hydrologic

patterns at the watershed/landscape scale. The

watershed/landscape scale is a primary focus of many of

today's emerging natural resource issues, and the

watershed is a convenient unit for land use planning.

The hybrid model, termed MAPSS-W (MAPSS-Watershed),

was applied to the Upper Reynolds sub-basin of the

Reynolds Creek Experimental Watershed, Idaho for water

years 1985 and 1986. It was apparent that most processes

simulated in MAPSS could be easily scaled to fine grid

resolutions. With the addition of a spatially explicit

water routing scheme, use of a daily time step, and

implementation of a rule-based, grass LAI (leaf area

index) development algorithm, MAPSS-W was capable of
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reproducing observed daily fluctuations in snowpack,

basin discharge, and grass LAI. Anticipated improvements

to MAPSS-W include more mechanistic simulations of snow

accumulation and melt, soil hydraulic properties, and

vegetation dynamics.

Taken together, the methods and models presented in

this thesis represent a significant step forward in our

ability to assess the current and future effects of

global change on the biosphere. The studies emphasize

the implications of spatial and temporal scale on

modeling methods and results. Perhaps most importantly,

the ideas in this thesis will help define future

directions in ongoing work to simulate the complex

interactions among climate, land use, hydrology, and

vegetation.
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