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This investigation focuses on the development of Quaternary dating techniques to

construct high-resolution numerical chronologies of late-Pleistocene climate variability in

the western United States. Cosmogenic 3He concentrations were measured in

radiocarbon-dated olivine-bearing Holocene lava flows in Oregon, yielding a mean

production rate of 116 ± 3 3He atoms g1 yf'. This value is consistent with previous

estimates at mid-latitides, and helps refine the accuracy of the cosmogenic 3He dating

technique. Cosmogenic 3He and 10Be chronologies were developed for well-preserved

moraine sequences in the northern Yellowstone region, Montana, and in the Wallowa

Mountains, Oregon. Cosmogenic data indicate that the northern outlet glacier of the

Yellowstone ice cap reached its terminal moraine at 16.7 3He ka / 16.2 '°Be ka, and

retreated to 50% of its maximum extent by 13.8 ka. In the Wallowa Mountains, two

major late-Pleistocene alpine glacier advances occurred at 21 and -'17 ka, and a minor

advance occurred at '-41 ka. The '-21 ka advance in the Wallowa Mountains coincides

with the last glacial maximum, and is correlative with the last Pinedale maximum

advance in the Wind River Mountains. The '-47 ka advance in the Wallowa Mountains is

probably correlative with the advance of the northern Yellowstone outlet glacier. The

youngest event in the Wallowa Mountains, at -11 ka, may be correlative to an advance

that deposited the Titcomb Lakes moraines in the Wind River Mountains during the
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Younger Dryas. New accelerator mass spectrometry radiocarbon ages from gastropods in

shore deposits within the pluvial Lake Chewaucan basin, Oregon, identify a significant

lake level high at 12 '4C ka. The Chewaucan lake-level high is coeval with lake-level

lows in the Bonneville and Lahontan basins, and with a period of relatively wet

conditions in the more southerly Owens Lake basin. This spatial pattern of pluvial lake

levels in the western U.S. at 12 14C ka indicates a variable synoptic response to climate

forcing at this time. These new data contribute critically needed geographic coverage to

existing glacial and pluvial lake records for examining spatial and temporal late-

Pleistocene climate variability in western North America.
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Alpine Glacier and Pluvial Lake Records of Late Pleistocene Climate Variability
in the Western United States

Chapter 1

Introduction

1.1 Foreword

The occurrence of abrupt millennial-scale climate variability during the last

glacial period is well-documented in records of ice cores (e.g., Dansgaard et al., 1993;

Grootes et al., 1993) and marine sediments (e.g., Bond et al., 1997) from the North

Atlantic region. Recognition of this suborbital variability motivated a search for other

records of climate oscillations with similar frequencies in regions outside the direct

influence of the North Atlantic region. The western U.S. is one critical region where

records of high-frequency climate change have been identified (e.g., Clark and Bartlein,

1995; Gosse et al., 1995a; Oviatt, 1997; Benson, 1999). Construction of a wider spatial

and temporal array of high-resolution paleoclimate data in the western U.S. is essential

for defining the nature of climate variability and evaluating mechanisms of climate

change in this key location.

Alpine glacier and pluvial lake records represent exceptionally valuable archives

of paleoclimate information in the western United States (Figure 1.1). Numerical dating

of these records, and of glacial deposits in particular, is difficult by most Quaternary

dating techniques. In the last few years, surface exposure dating using cosmogenic

nuclides has proven successful in developing numerical chronologies for glacial records

(Gosse et al., 1995a, 1995b; Phillips et al., 1996, 1997). Although questions remain

concerning the magnitude of uncertainties associated with surface-exposure ages and

their equivalence to calendar ages (Clark et al., 1995), recent and ongoing
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research on cosmogenic nuclide production rates (e.g., Licciardi et al., 1999 (Chapter 3 of

this dissertation); Stone, in prep.) and scaling methods (e.g., Dunai, 2000, Stone, 2000)

promises to increase the level of resolution that exposure-age chronologies can achieve.

This dissertation comprises four papers that focus on the development of Quaternary

dating techniques to construct numerical chronologies of late-Pleistocene climate

variability in the western United States.

Chapter 2 describes the developmental component of this research, which aims to

refine the accuracy of the cosmogenic 3He dating method. Cosmogenic 3He is a useful

nuclide for surface exposure dating because it is stable, which allows dating of old

surfaces, and it has the highest production rate of any cosmogenic nuclide, which allows

dating of young surfaces (Kurz and Brook, 1994; Cerling and Craig, 1994). Furthermore,

because olivine and clinopyroxene are ideal phases for measurement of cosmogenic

helium, the method can be applied to a wide range of geological settings where the use of

other nuclides such as 10Be and 26A1 is precluded. In order to use 3He for geochronology,

it is necessary to determine production rates as closely as possible. This paper presents

data that further refine 3He production rate estimates during the Holocene, thereby

enhancing the accuracy of the cosmogenic 3He dating technique.

Chapter 3 discusses an investigation of former lake levels in the pluvial Lake

Chewaucan basin, Oregon. Refining the lake-level history in the Chewaucan basin is an

important research objective because its peripheral location in the extreme northwest part

of the Great Basin provides an important geographic extension of lake histories required

to test models of climate change across the western U.S. The study combines

geomorphic and stratigraphic evidence with new accelerator mass spectrometry

radiocarbon ages from gastropods in shore deposits to document an abrupt rise and fall of

pluvia! Lake Chewaucan at 12 14C ka. These results constrain a spatial pattern of

pluvial lake levels in the western U.S. that indicates a variable synoptic response to

climate forcing at this time.

Chapters 4 and 5 are companion studies that investigate the glacial histories of the

northern Yellowstone region, Montana, and the Wallowa Mountains, Oregon, through

application of cosmogenic nuclide dating techniques. The cosmogenic 3He and '°Be

chronologies of glaciation obtained from the well-preserved deposits of the northern
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Yellowstone outlet glacier are compared to existing chronologies based on U-series and

radiocarbon data (Pierce, 1979; Sturchio et al., 1994). The new exposure ages

significantly refine the history of late-Pleistocene fluctuations of the northern

Yellowstone ice cap. Moraines in the Wallowa Mountains are exceptionally well-

preserved, but prior to this study there were virtually no numerical age constraints on

their formation. The development of cosmogenic chronologies of glaciation in the

northern Yellowstone region and the Wallowa Mountains contribute significantly to the

spatial array of well-dated glacial records across the western U.S., thereby providing

critical links that enable reconstruction of late-Pleistocene climate variability over long

transects across the region.

The first paper (Chapter 2), entitled "Calibration of cosmogenic 3He production

rates from Holocene lava flows in Oregon, USA, and effects of the Earth's magnetic

field," is published in slightly different form in the October 30 1999 issue of Earth and

Planetary Science Letters, and is reprinted here with permission from Elsevier Science.

The second paper (Chapter 3), entitled "Chronology of latest Pleistocene lake-level

fluctuations in the pluvial Lake Chewaucan basin, Oregon, USA," has been submitted to

the Journal of Quaternary Science. Tentative plans are to submit the third paper (Chapter

4), entitled "Cosmogenic 3He and '°Be chronologies of the northern outlet glacier of the

Yellowstone ice cap, Montana, USA," and the fourth paper (Chapter 5), entitled

"Cosmogenic '0Be chronology of late-Pleistocene glaciation in the Wallowa Mountains,

Oregon, USA," to the Geological Society of America Bulletin and to Quaternary

Research, respectively.
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2.1 Abstract

We have measured cosmogenic 3He production rates in olivine phenocrysts from

four radiocarbon-dated Holocene lava flows in Oregon. The flows span the period

between 2 and 7 ka when there were significant fluctuations in the intensity of the Earth's

dipole moment. Our individual 3He production rate determinations are consistent with

previous estimates, and reinforce the feasibility of dating very young (late Holocene)

surfaces with the cosmogenic 3He method. Integrated cosmogenic 3He production rates

exhibit small temporal variations during the Holocene, supporting predictions that

production rates at mid-latitudes are weakly affected by geomagnetic modulation of

cosmic ray flux. However, the time-varying difference between geographic and

geomagnetic latitude caused by secular variation of dipole axis position may represent an

important source of error (as much as 5%) in Holocene surface exposure ages and

production rate calibrations. The best value for the integrated Holocene production rate

of cosmogenic 3He from calibration sites in this study is 116 ± 3 atoms/gram/yr.

2.2 Introduction

Cosmogenic 3He is a useful nuclide for surface exposure dating because it is

stable, which allows dating of old surfaces, and it has the highest production rate of any

cosmogenic nuclide, which allows dating of young surfaces (Kurz and Brook, 1994;

Cerling and Craig, 1 994a). Furthermore, because olivine and clinopyroxene are ideal

phases for measurement of cosmogenic helium, the method can be applied to a wide

range of geological settings where the use of other nuclides such as 10Be and 26Al is

precluded.

In order to use 3He for geochronology, it is necessary to constrain production rates

as closely as possible. The production rate is dependent on depth of the sample below the

rock surface, altitude, latitude, and strength of the Earth's magnetic field. The

dependence of production on rock depth is well known and can be corrected for (Kurz

and Brook, 1994; Kurz, l986a). Production rates of cosmogenic nuclides vary

8
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significantly with altitude and latitude because cosmic rays are deflected by the Earth's

magnetic field, and are attenuated by the atmosphere. The most commonly used scaling

factors for production rates by altitude and latitude are based on spallation rates in

photographic emulsions combined with cosmic ray neutron-monitor data from around the

world (Lal and Peters, 1967; La!, 1991). La! (1991) estimated the overall uncertainty of

scaled production rates to be about 10-15%, although some data suggest that the

uncertainty may be as low as <5% (Ackert et al., 1998).

Integrated production rates of 3He vary over time, which may be due to changes

in the Earth's dipole moment (Kurz et al., 1990). Obtaining accurate ages using

cosmogenic nuclides thus requires that the dependence of production rate on dipole

moment is well known. With available data, however, it is not possible to evaluate

accurately the effect of the Earth's magnetic field strength on production rates (cf.

Cerling and Craig, 1 994b). The predicted effect of geomagnetic field strength on

production rate is most pronounced at high altitudes and low latitudes, and is far less

important at low altitudes and high latitudes (Kurz et al., 1990; Clark et al., 1995). The

integrated effect of changing dipole moment on in situ production rates of cosmogenic

nuclides is dampened with time, so that the largest dipole-induced variations in

production rate are expected to occur during the youngest portion of the record (e.g.,

Cerling and Craig, 1 994a; Kurz et al., 1990). It is therefore important to examine

production rate variability during the Holocene 10 ka) in order to apply the method to

dating Holocene surfaces (e.g., Laughlin et al., 1994; Cerling et al., 1998; Williams et al.,

1998).

This paper provides data that further constrain 3He production rates during the

Holocene. These data suggest that production rates at mid-latitudes are only weakly

affected by changes in the Earth's magnetic field over the last 10,000 years.

2.3 Samples

We collected samples from four radiocarbon-dated basaltic lava flows in west-

central Oregon (Figure 2.1): the Yapoah Crater flow, South Belknap flow, Clear Lake
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dots. (A) Approximate location of the four sampled lava flows in the central Oregon
High Cascades. (B) South Belknap and Yapoah Crater flows. (C) Clear Lake flow. (D)
Lava Butte flow.
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flow, and Lava Butte flow. Cerling and Craig (1994b) previously sampled the Yapoah

Crater flow, and the present study allows a direct comparison with their work. We

collected samples from five widely-spaced sites on each flow in order to evaluate the

spatial variability of 3He concentrations on the surface of a single lava flow. An effort

was made to sample flow surfaces that were pristine and undisturbed, as evidenced by

ropy textures, flow striae, pressure ridges, and other features that indicate the presence of

original surface morphology. We measured the depth interval (sample thickness) so that

the results could be normalized to the surface. Shielding from surrounding topography at

each site was measured with a clinometer.

The McKenzie Pass area in the central Oregon High Cascades was the site of

numerous basalt and basaltic andesite lava flows during the Holocene, including the

Yapoah Crater and the South Belknap flows sampled for this study (Taylor, 1965; Taylor

et al., 1987; Sherrod et al., in press). The Yapoah Crater flow was discharged from vents

at the base of the Yapoah Crater cinder cone, which is located about 5 km southeast of

McKenzie Pass (Figure 2.lb). The Yapoah Crater flow has not been dated directly, but

field relationships demonstrate that it was emplaced stratigraphically above the basaltic

andesite flow of Little Belknap Crater (2883 + 175 '4C yr B.P. (WSU-364) (Chatters,

1968); calibrated age is 2994 ± 269 cal yr B.P. (Stuiver et al., 1998) and below the

andesite flow of Four In One Cone (1980 ± 160 '4C yr B.P. (W-6017) (1911 ± 209 cal yr

B.P.) (Scott, 1990)) (Taylor, 1965).

Cerling and Craig (1994b) inferred an age of 2250 ± 50 14C yr B.P. for the

Yapoah Crater flow on the basis of the flow's virtual geomagnetic pole (VGP) position

measured by Champion (1980). However, Champion points out that the motion of the

VGP between 3000 to 1500 cal yr B.P. is erratic, and several interpretations of the actual

path are allowed by the paleomagnetic data. Since the publication of Champion's report,

the revised radiocarbon ages of the Four In One Cone flow (Scott, 1990) and the South

Belknap flow (this report; see discussion below) have added even more ambiguity to the

possible VGP path at this time. We therefore view the age assignment of Cerling and

Craig (1994b) with caution. In the absence of direct age control, the midpoint of the

bracketing calendar ages of the Four In One and Little Belknap flows (2453 ± 780 cal yr

B.P.) is adopted as the age of the Yapoah flow.
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The South Belknap flow issued from a vent on the south flank of the Belknap

Crater shield volcano immediately northwest of McKenzie Pass (Figure 2.lb). The

eruption of the South Belknap flow was previously dated at 1775 ± 400 '4C yr B.P.

(WSU-450) from charred roots in a tree mold about 5 km southwest of McKenzie Pass,

Oregon (Champion, 1980; Taylor, 1990). Charcoal sampled in 1998 from an in situ root

at the base of the same tree mold yielded an AMS radiocarbon age of 2635 ± 50 14C yr

B.P. (AA-30523) (2752 + 17 cal yr B.P.), which we adopt as the revised age of the South

Belknap flow. It is possible that the material used for the previously reported age was

contaminated with young carbon.

The Clear Lake flow, located about 15 km northwest of McKenzie Pass, Oregon

(Figure 2.1 c), issued from a vent about 1 km south of the Sand Mountain Cones, and

flowed west across the McKenzie River to form Clear Lake. A forest was drowned as the

lake rose behind the lava darn, and upright trees rooted in the lake bottom can still be

seen beneath the surface of Clear Lake. Wood collected from the outer layers of a 0.3-rn-

diameter submerged tree trunk yielded an age of 2705 ± 200 '4C yr B.P. (lab number not

reported) (Benson, 1965). A similar age of 2990 ± 300 '4C yr B.P. (WSU-449) was

obtained from charred roots found beneath lava on the east shore of Clear Lake

(Champion, 1980; Taylor, 1990). E.M. Taylor provided us with a wood sample collected

by him in the summer of 1964 from the center of a 0.3-rn-diameter rooted snag

submerged in Clear Lake. The wood yielded an AMS radiocarbon age of 2750 ± 45 '4C

yr B.P. (AA-3 0522) (2848 ± 69 cal yr B.P.). This new age is consistent with the two

previously reported ages and is used here as the best age estimate for the Clear Lake

flow. The age assignment assumes that the Clear Lake eruption was a brief episode and

that the tree was killed at approximately the same time as the flow event.

The Lava Butte flow is located along the northwest rift zone of Newberry

Volcano, Oregon (Figure 2.ld) (MacLeod etal., 1995). The olivine content of the Lava

Butte flow is very low (<<1%), and only two of the five sample sites yielded sufficient

o!ivine for helium measurements. The Lava Butte flow is dated at 6160 ± 65 '4C yr B.P.

(USGS-107) (7091 ± 130 cal yr B.P.) from small carbonized roots found directly below

the ash-plume deposit that formed during the eruption of the Lava Butte cinder cone and

its associated lava flow (Chitwood et al., 1977).



2.4 Determination of cosmogenic helium content

Olivine phenocrysts were separated from bulk rock samples by crushing, sieving,

magnetic separation and hand picking. The olivine phenocrysts contain 3He and 4He with

both cosmogenic and inherited (magmatic) sources. The cosmogenic 3He content of the

olivine samples was measured following previously described methodology (Kurz,

1986a, 1986b, 1990). Phenocrysts are first crushed in a vacuum, and the resulting

powder is then melted in a resistance furnace. The helium concentrations and isotopic

compositions were measured with a 900 magnetic sector mass spectrometer at Woods

Hole Oceanographic Institution (see Kurz et al. (1996) for procedural details,

reproducibility, and blanks). Crushing selectively releases the inherited component of

helium, which is held primarily within melt and fluid inclusions. Melting of the resulting

olivine powder releases the helium held in the crystal matrix of the phenocrysts, which

contains the majority of the cosmogenic 3He.

The quantity of inherited 3He is calculated using the measured 3He/4He ratio of

the helium released by crushing (which is predominantly inherited), and the total 4He in

the sample:

3He(inherited) = (3He/4He) (crushing) x 4He(total)

The quantity of cosmogenic 3He is calculated as follows:

3He (cosmogenic) = 3He (total) - 3He (inherited)

Production rate data from each sample site were corrected for snow cover and

sample thickness. Because no sites had shielding of >10°, no corrections for shielding

were necessary. Snow course data from nearby SNOTEL stations at elevations similar to

those of the sample sites are available as daily values of water-equivalent snow cover.

Using the exponential relationship between isotope production and depth (attenuation

coefficient -460 g cm2 (Kurz, 1986a)), the percent by which production would be

lowered for each day's snow cover was calculated and integrated for each year in the

available 16-year record. The average daily water-equivalent snow cover for the

available record is about 39.1 cm for the South Belknap and Yapoah Crater flows, and

6.6 cm for the Clear Lake and Lava Butte flows. Following these methods, snow cover is

13
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estimated to lower production rates by about 19% for the South Belknap and Yapoah

Crater flows, and by about 4% for the Clear Lake and Lava Butte flows.

Production rate data were normalized to the rock surface by taking into account

both sample thickness and density at each sample site. Olivine phenocrysts were

separated from depth intervals that ranged from 4.5 to 10.0 cm. The measured bulk rock

densities ranged from 1.4 to 2.0 g/cm3, reflecting the highly vesicular nature of most flow

tops. Using the known dependence of isotope production with depth (Kurz, 1 986a),

integrated over the sample thickness, the surface-normalized values of production rate

range from 2 to 6% higher than the uncorrected data.

2.5 Results and Discussion

2.5.1 Sources of Uncertainty

Production rate uncertainties incorporate analytical uncertainty, as well as

additional error imparted by lava flow age uncertainty, propagated through all

calculations (Table 2.1). With the exception of the Yapoah Crater flow, the error in

production rates imparted by uncertainty in flow age contributes very little error. Error

estimates do not include inherent uncertainty in the scaling methods of La! and Peters

(1967) and Lal (1991), or in corrections for snow cover and sample thickness. These

factors would contribute to a larger overall uncertainty which is difficult to estimate. The

additional uncertainty imparted as systematic error arising from scaling uncertainties does

not affect a comparison of multiple production rate calibrations from a single flow, nor a

comparison of average production rates between closely-spaced flows at similar

elevations and latitudes (e.g., South Belknap and Yapoah Crater flows). Uncertainty in

sample thickness corrections is expected to be comparatively unimportant.

Corrections for snow cover may present a significant source of uncertainty,

because of the assumption that snow course data gathered over the past decade are

representative of snow cover throughout the duration of exposure for each lava flow.
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Table 2.1: Helium data for Oregon lava flows. Olivine compositions (expressed as
forsterite content) are mean values and sample standard deviations derived from
individual measurements on at least five phenocrysts from each sample location. Helium
measurement uncertainties are based on 0.5% uncertainty on the 4He peak and an error of
2 x 1012 (about 3%) on the blank. 4He/3He ratios are reported relative to the atmospheric
value (RIRa, where Ra = 1.384 x 106). For all samples, crushing and melting were
performed on the same mineral separate. Cosmogenic 3He concentrations marked "#"
are normalized to the surface and corrected for snow cover. Corrections assume an
attenuation coefficient of 160 g cm2 (Kurz, 1986a). Production rates are scaled to high
latitudes at sea level (Lal and Peters, 1967; Lal, 1991). Scaling factors are the ratio of
production at sample location to production at high latitudes at sea level. Scaling factors
and production rates in the columns marked "*" are adjusted for the effect of secular
variation of dipole axis position (see text). Uncertainties in weighted mean production
rates are calculated from a general formula for error in the weighted mean, and sample
standard deviations of production rate distributions are shown in parentheses for
comparison.



Table 2.1: Helium data for Oregon lava flows.

Sample Oliv. Alt. Lat. Lon. 4He/3He 4He/3He 4He 3He 3Hec# Scaling Prod. Rate Sca1in Prod. Ratet
Comp. (km) (deg. N) (deg. W) (crush) (melt) (10 cm3 g') (10 at g1) (10 at g1) factor (at g' yr') factor (at g' yr')

YAPOAH CRATER FLOW (2453 ± 780 cal yr B.P.)
Y1-2799 Fo832 1.469 44.2900 121.7639 7.24 ± 0.09 18.59 ± 0.33 2.14 + 0.01 9.03 ± 0.29 9.61 ± 0.30 3.342 144.2 ± 46.1 3.245 148.5 ± 47.5
Y2-2742 Fo82E3 1.530 44.2764 121.7774 6.64 ± 0.12 17.21 ± 0.24 2.31 ± 0.01 9.09 ± 0.25 9.67 ± 0.27 3.499 138.7 ± 44.3 3.396 142.9 ± 45.6
Y3-2450 Fo774 1.622 44.2594 121.8022 7.83 ± 0.07 22.56±0.45 1.67+0.01 9.14±0.30 9.52±0.31 3.745 127.6+40.8 3.633 131.5±42.0
Y4-2833 Fo793 1.588 44.2709 121.7865 7.73±0.04 23.37+0.28 1.42±0.01 8.26±0.18 8.45±0.18 3.653 116.1±37.0 3.545 119.6±38.1
Y5-2812 Fo813 1.600 44.2700 121.7931 7.81±0.06 9.55±0.09 12.38+0.06 8.02±0.56 8.20±0.57 3.686 111.7±36.3 3.577 115.1 ±37.4

weighted means - 125 ± 18 (14) 129 ± 19 (14)
SOUTH BELKNAP FLOW (2752 + 17 cal yr B.P.)
B1-2676 Fo31 1.533 44.2409 121.8575 8.44±0.07 16.52±0.19 3.46±0.0210.40+0.2910.90±0.30 3.505 139.1±4.0 3.349 145.6±4.2
B2-3018 Fo832 1.536 44.2500 121.8457 8.55 ± 0.06 9.92 ± 0.09 14.81 ± 0.07 7.55 ± 0.67 7.85 ± 0.70 3.513 99.9 ± 8.9 3.357 104.6 ± 9.3
B2-2674 Fo832 1.536 44.2500 121.8457 8.55±0.06 12.14±0.15 6.13±0.03 8.19±0.40 8.51±0.41 3.513 108.3±5.3 3.357 113.4±5.5
B3-3038 Fo831 1.536 44.2400 121.8543 8.42 ± 0.07 9.79 ± 0.08 23.51 ± 0.12 12.00 ± 1.08 12.26 ± 1.10 3.513 156.1 ± 14.0 3.357 163.4 ± 14.7
B3-3039 Fo831 1.536 44.2400 121.8543 8.42±0.07 11.71±0.12 7.79±0.04 9.56+0.44 9.76±0.45 3.513 124.3±5.7 3.357 130.1±6.0
B4-2891 Fo831 1.478 44.2406 121.8700 8.35±0.07 10.62±0.08 9.65±0.05 8.15±0.45 8.46±0.47 3.363 112.5±6.3 3.215 117.7±6.6
B5-2776 Fo841 1.515 44.2408 121.8625 8.51 ± 0.08 14.71 ± 0.18 3.98 ± 0.02 9.19 ± 0.32 9.53 ± 0.34 3.457 123.3 ± 4.4 3.304 129.0 ± 4.6

weighted means -* 124 ± 2 (19) 129 ± 2 (20)
CLEAR LAKE FLOW (2848±69 cal yr B.P.)
C1-2098 Fo851 0.925 44.3701 121.9927 7.89±0.07 21.07±0.43 1.29±0.01 6.34+0.23 6.67±0.24 2.186 111.7±4.9 2.094 116.6±5.1
C2-0914 Fo831 0.966 44.3655 121.9861 7.86±0.10 30.47± 1.49 0.80±0.02 6.75±0.52 7.15±0.55 2.259 115.8±9.3 2.164 120.9+9.7
C2-3004 Fo831 0.966 44.3655 121.9861 7.86 ± 0.10 8.85 ± 0.06 16.53 ± 0.08 6.08 ± 0.81 6.44 ± 0.86 2.259 104.3 ± 14.1 2.164 108.9 ± 14.7
C3-2830 Fo4±1 0.924 44.3637 121.9899 7.99 ± 0.06 10.94 ± 0.16 4.95 ± 0.03 5.43 ± 0.34 5.77 ± 0.36 2.183 96.7 ± 6.5 2.092 100.9 ± 6.8
C4-2906 Fo851 0.930 44.3646 121.9888 7.90±0.07 10.05±0.12 8.01±0.04 6.41±0.46 6.74±0.48 2.194 112.5±8.5 2.102 117.3±8.8
C5-2877 Fo842 0.933 44.3689 121.9899 7.78±0.09 9.44±0.06 11.27±0.06 6.96±0.52 7.27±0.55 2.199 121.0±9.5 2.107 126.3± 10.0

weighted means -p 110 ± 3 (9) 114 ± 3 (9)
LAVA BUTTE FLOW (7091 ± 130 cal yr B.P.)
LB1-0886Fo781i 1.347 43.9086 121.3763 8.42± 0.16 16.30± 0.32 7.70±0.0422.55± 1.07 23.10± 1.09 3.029 111.4± 5.6 2.925 115.3 ±5.9
LB3-1444Fo821 1.216 43.9860 121.3870 8.21±0.08 15.24±0.23 7.76±0.0420.27±0.7620.77±0.78 2.740 110.7±4.6 2.649 114.5±4.8

weightedmeans- 111±4(0) 115±4(1)
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Snow depth may also vary significantly from site to site on a given flow. Results show

some scatter in cosmogenic 3He surface concentrations within individual lava flows, with

measurements for the South Belknap flow exhibiting the greatest degree of scatter (Table

2.1). The scatter is most likely caused by variable snow depth on flow surfaces, which

would intercept incoming cosmic rays to varying degrees. This hypothesis is supported

by the observation that the two flows with the greatest amount of annual snow cover

(South Belknap and Yapoah Crater) exhibit the greatest degree of scatter in 3He

concentrations (and hence production rates). Other possible causes of the scatter are poor

preservation of surfaces, choice of sample sites that are located on different-aged lobes of

a flow unit, and analytical uncertainties, but these are considered less probable

explanations due to the presence of original flow surface morphology at sample sites and

low analytical uncertainties for individual measurements (Table 2.1). Observed scatter in

the data emphasizes the importance of choosing multiple calibration sites on monogenetic

landforms, particularly in areas of heavy snowfall.

2.5.2 Comparison to Previous Calibrations of Production Rates

Direct comparison of our production rate data to previously reported values is

complicated by differences in methods of altitudinal and latitudinal scaling, correction

factors for snow depth and sample thickness, and 14C calibration data sets available at the

time of publication. In order to facilitate a comparison, we used the cosmogenic 3He

concentrations reported by Kurz (1987), Kurz et al. (1990), Cerling (1990), and Cerling

and Craig (1 994b) to calculate normalized production rates following methods identical

to those used for data reported here (Table 2.2). All radiocarbon ages were calibrated to

calendar ages using the Calib 4.0 calibration program (Stuiver et al., 1998), which in

many cases yields slightly different calendar ages than those originally reported. All

production rates were scaled to high latitudes at sea level using the data of La! and Peters

(1967) fit to polynomial form by Lal (1991, using table 2). Data from Holocene-age

flows were adjusted for effects of secular variation of dipole axis position fo!!owing

methods discussed in section 2.5.5. As a result of these normalization techniques, many



KURZ (1987)
28180±800 28180±800 97 144±4

2220 ± 60
3125 ± 80
7570 ± 80
8660 ± 470

12340 ± 60
17440 ± 440
17580± 120

THIS STUDY

ALL MEASUREMENTS

2453 ± 780
3227± 121
7673 ± 38
8411±466

12728 ± 219
17250 ± 270
17365 ± 273

231 ± 101
167± 15*
197 ± 47
77 ± 11 *
55 ± 14
97±12
93 ± 10
88 ± 6
66 ± 4*

92±10
203 ± 13
184 ± 7*

130 ± 7

125±3(60)

115±23* 109±41*
105±8 110±9
95±11* 99±11*
94±8 98±8
96±5 95±5

118±3* 121±1*
112±3* 115±3*

weighted mean* 114 ± 2 (10)

weighted mean* 116 ± 3 (9)

weighted mean* 119 ± 1(44)
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Table 2.2: Summary of reported production rates. Reported production rates of Kurz
(1987) and Kurz et al. (1990) were originally scaled to sea level, but not to high latitudes.
Production rates from Kurz et al. (1990) calibrated from surfaces with a quality rating of
3 (questionable preservation) are not included in this table. Production rates marked ""
are weighted means from two or more measurements on the same surface. Normalized
production rates are scaled to high latitudes at sea level (La! and Peters, 1967; La!, 1991).
Data from Holocene-age flows are adjusted for the effect of secular variation of dipole
axis position (see text). Uncertainties in weighted mean production rates are calculated
from a general formula for error in the weighted mean, and sample standard deviations of
production rate distributions are shown in parentheses for comparison.

Reported Age Revised Age Reported Normalized
(cal yr B.P.) (cal yr B.P.) Prod. Rate Prod. Rate

(at g' yf') (atg'yf')

KURZ ET AL. (1990)
603±150 550±150 162±68
655±67 599±50 114±11*
820±90 729± 106 124±28

2271±90 2238±118 54±7*
2411±90 2352±63 37±9
2772± 120 2770±52 70±9
3091±105 3121±137 63±6
4493± 105 4429±78 63±4
5345±120 5468±133 51±3*
7204± 150 7269± 128 72±8
8035±345 7995±268 141±10
8514±105 8511±87 127±5*

10435± 150 10714±245 96±5
weighted mean*

CERL1NG (1990), CERLING AND CRAIG (1994b)
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recalculated production rates in Table 2.2 have somewhat different values than those

reported by the original authors.

The individual estimates of production rates reported here range from a low of

101 to a high of 163 atoms/gram/yr at sea level. By comparison, 3He data of Kurz (1987)

yield a production rate of 144 atoms/gramlyr, data of Kurz et al (1990) yield production

rates from 55 to 231 atoms/gram/yr, and data of Cerling (1990) and Cerling and Craig

(1994b) yield values between 95 and 121 atoms/gram/yr. The new data are thus well

within the range of previous estimates of cosmogenic 3He production rates, and exhibit a

range of values intermediate to those found by Kurz et al. (1990) and Cerling and Craig

(1 994b). These results are also consistent with the calculated sea-level 3He production

rate of 105 atoms/gram/yr from numerical simulations by Masarik and Reedy (1995).

The cosmogenic 311e concentrations for the Yapoah Crater flow can be directly

compared to those of Cerling and Craig (1 994b) for the same flow. The five surface-

normalized cosmogenic 3He concentrations measured here have a weighted mean of 9.0 ±

0.1 x i05 atoms/gram (Table 2.1), whereas the two surface-normalized concentrations

measured by Cerling and Craig (1994b) average 7.5 + 1.5 x i05 atoms/gram, suggesting

the two data sets are statistically the same at 1 - analytical uncertainties. Cerling and

Craig (1 994b) applied a snow cover correction that, although different in mathematical

approach to our correction, results in an essentially identical lowering of apparent

production rate by about 19%.

There are more 3He production rate calibrations than for any other cosmogenic

nuclide, yet a fairly wide range of estimates have been reported (Table 2.2). Many

previous estimates are based on single measurements from monogenetic landforms. The

strategy of multiple collection sites from the same lava flow was designed to evaluate the

spatial variability of cosmogenic 3He surface concentrations. The results reported here

clearly show that some variability does exist (Table 2.1), which suggests that the most

accurate and reliable production rate calibrations are those based on multiple

measurement sites.

The weighted mean of the four cosmogenic 3He production rates determined from

the flows in this study is 116 ± 3 (sample standard deviation 9) atoms/gram/yr (Tables

2.1 and 2.2). This value is in close agreement with a weighted mean of 114 ± 2 (s.s.d. =
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10) atoms/gram/yr from data of Cerling (1990) and Cerling and Craig (1994b), and

somewhat lower than the weighted mean of 125 + 3 (s.s.d. = 60) atoms/gram/yr from data

of Kurz et al. (1990). When data from all previous calibrations are combined with data

reported here, the weighted mean production rate is 119 ± 1 (s.s.d. = 44) atoms/gram/yr

(Table 2.2). For age calculations in mid-latitude locations, a value of about 115

atoms/gram/yr (representing the average of the weighted mean of 116 ± 3 from data

reported here and the weighted mean of 114 ± 2 from data of Cerling (1990) and Cerling

and Craig (1 994b)) is perhaps the best choice of production rate, based on the argument

that error due to scaling uncertainties is minimized by using calibration data from sites as

close as possible to sample locations.

2.5.3 Effect of Olivine Composition on Production Rate

Theoretical estimates of 3He production rates by Lal (1991) suggest that

production may vary as a function of olivine composition (35% higher in Fo100 versus

Foo). In order to evaluate possible compositional effects on production rate, we

performed major element analyses of olivine from each sample site with the CAMECA

SX-50 Electron Microprobe at Oregon State University (using olivine standard USNM

2566 (Jarosewich et al., 1980)). Olivine phenocrysts exhibit a narrow range of

compositions, from Fo77 to Fo85, and show little variability within single flows (Table

2.1). Given the small compositional variations in our samples, compositional differences

are unlikely to be the source of observed scatter in estimated 3He production rates

reported here. Compositional data for two of Cerling and Craig's (1994b) calibration

sites are reported in Poreda and Cerling (1992), and show similar olivine compositions

(Fo74, Fo81) to those determined here. At this time, we cannot attribute differences

between our production rates and those reported by others (Table 2.2) to compositional

effects because olivine compositions are not available for other calibration sites.



2.5.4 Effect of Dipole Moment Fluctuations on Production Rate

The determinations reported here display small temporal variations in production

rates (Figure 2.2). The global dipole moment curve of McElhinny and Senanayake

(1982) is used here as a basis for comparison to cosmogenic nuclide data (Figures 2.2a

and 2.2b). The curve is constructed from world-wide averages of intensity values for

500- and 1000-year time intervals. The spatial averaging subdues local fluctuations of

intensity due to variations of the non-dipole field, whereas the temporal averaging

smooths out short-period fluctuations in the dipole field. It is possible, however, that

local fluctuations of intensity arising from changes in the non-dipole component of the

field, as well as short-period fluctuations in the dipole component, may account for some

variation in production rates. These effects, however, are difficult to evaluate. In the

western United States, the intensity of the non-dipole component is estimated to be less

than 10% of the total field (Champion, 1980), hence the observed changes in field

strength are dominated by the dipole component.

A potentially important caveat to interpreting the dipole moment data of

McElhinny and Senanayake (1982) is that the distribution of paleointensity sites used in

their analysis is biased to the European region. Because Ohno and Hamano (1992, 1993)

determined that the location of the geomagnetic pole was inclined toward Europe

between 3500 and 2500 cal yr B.P., they suggest that the dipole moment calculated by

McElhinny and Senanayake (1982), which includes virtual axial dipole moment (VADM)

data, may be too high for this period. Hence the prediction of low production rates

centered at 3000 cal yr B.P. (Figure 2.2b) may partly be an artifact of the global

distribution of the geomagnetic data set. Further refinements in the knowledge of global

dipole moment fluctuations during the Holocene are clearly needed to allow a more

meaningful comparison to cosmogenic nuclide data (cf. Verosub, 1996).

McElhinny and Senanayake (1982) converted the radiocarbon ages used in their

reconstructed global dipole moment curve to calendar ages using a relatively crude

calibration. As these authors point out, however, the radiocarbon-dated paleointensity

data are averaged over 500- and 1000-year time intervals, and the use of revised

21



22

Figure 2.2: Comparison of production rates to dipole moment. (A) Field strength data,
normalized to the present value of the dipole moment, are fitted to a third order
polynomial curve (data from McElhinny and Senanayake (1982)). (B) The curve shown
is the inverse of the integral of the curve in (A), divided by time. Data are plotted in this
fashion because the relationship of dipole moment to cosmic ray flux is an inverse
function (i.e., stronger dipole moment lowers production rate), and the effect of dipole
moment on in situ-produced 3He is integrated through time. (C) Integrated production
rates from this study, and normalized values calculated from data in Kurz et al. (1990)
and Cerling and Craig (1994b) for the Holocene (see Table 2.2). The data of Kurz et al.
(1990) are from low latitudes (19°N), whereas those of Cerling and Craig (1994b) and
this study are from mid-latitudes (4 1 °-44°N). All production rates were scaled to high
latitudes at sea level (Lal and Peters, 1967; Lal, 1991). Radiocarbon ages were calibrated
to calendar ages using the Calib 4.0 calibration program (Stuiver et al., 1998).
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calibration curves (e.g., Stuiver et al., 1998) is therefore not likely to alter the main trend

of the global dipole moment curve.

The weighted mean production rate from the three flows with ages clustered

between 2500 and 3000 cal yr B.P. is higher (by -4%) than the production rate from the

older Lava Butte flow. A comparison to the predicted effect of dipole moment

fluctuations (Figure 2.2b), however, reveals that the observed trend in production rates is

the opposite of that expected. The age distribution of the four flows is not spaced evenly

enough to rigorously evaluate the relative influence of field strength variations on

production rates at mid-latitudes, and uncertainties in snow cover corrections and flow

ages further hamper efforts to identify temporal trends in the data. The observed lack of

correlation of production rates reported here with potential dipole moment forcing,

however, supports the prediction that cosmogenic isotope production rates at mid-

latitudes are relatively insensitive to changes in geomagnetic field strength (La!, 1991;

Clark et al., 1995) (Figure 2.2c). These findings corroborate those of Phillips et al.

(1996), who attempted to correct 36C1 production rate data from mid-latitudes for effects

of secular variation in dipole moment, and concluded that the paleomagnetic correction

was insignificant. The much larger temporal variability reported by Kurz et al. (1990) is

derived from measurements at low latitudes (l 9°N), where the predicted effect of

geomagnetic field strength on production rate is more pronounced, and also spans a larger

age range. Moreover, the trend of the temporal variations found by Kurz et al. (1990)

correlates in direction to that which would be induced by changes in the intensity of the

Earth's dipole moment (Figure 2.2), illustrating the importance of dipole moment

fluctuations on production rates at low latitudes.

2.5.5 Effect of Secular Variation of Dipole Axis Position on Production Rate

It is generally assumed that the time-averaged position of the Earth's geomagnetic

pole is approximated by the position of the geographic or rotational pole over long

periods of time. This fundamental paleomagnetic concept is termed the geocentric axial

dipole field or GAD hypothesis (Merrill et al., 1996). Accordingly, previous workers
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have assumed that geomagnetic latitude is essentially equivalent to geographic latitude in

the scaling of cosmogenic nuclide production rates. At very young time scales (>10 ka),

however, the GAD hypothesis is probably not valid because there has not been sufficient

time for the motion of the dipole axis to average to the position of the rotational axis

(Ohno and 1-lamano, 1992, 1993). The lack of correspondence between geomagnetic and

geographic pole positions (and hence latitudes) may therefore represent a potentially

important source of error in scaled cosmogenic data that equate geomagnetic and

geographic latitudes for Holocene-age surfaces (cf. Klein and Gosse, 1996; Sternberg,

1996).

In order to evaluate the effect of secular variation of dipole axis position on

production rates during the Holocene, we used the results of Ohno and Hamano (1993) to

estimate a time-averaged scaling factor for the exposure duration of each lava flow in this

study. Ohno and Hamano (1993) calculated geomagnetic pole positions during the past

10,000 calendar years at 100-year intervals. These positions were used to calculate the

geomagnetic latitude of each site at 100-year intervals for the period spanning the age of

each flow. Using table 2 in Lal (1991), the appropriate scaling factor for each interval

was calculated using the geomagnetic latitudes, and these scaling factors were averaged

for the entire exposure duration. Production rates were then recalculated using the time-

averaged scaling factor determined for each site. The geomagnetically-adjusted scaling

factors differ from the original factors by 3-4%, and the recalculated production rates are

3-5% higher than the unadjusted values (Table 2.1). These differences are of similar

magnitude to analytical uncertainties, but assuming that the pole positions of Ohno and

Hamano are reasonably reliable, the recalculated production rates should be more

accurate than the unadjusted values.

These results imply that the difference between geographic and geomagnetic

latitudes during the Holocene may be the cause of two potential sources of error: (1)

production rate calibrations that are scaled to the geographic latitude of Holocene-age

calibration sites may result in erroneous values; and (2) age calculations that use

geographic latitude in the scaling of cosmogenic data may yield inaccurate surface-

exposure ages. The correction for this possible age discrepancy is problematic, however,

because one cannot calculate an appropriate time-averaged scaling factor without first
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knowing the age of a surface. One possible solution is to use an iterative method to

account for secular variation of dipole axis position, as follows. An initial estimate of

exposure age can be made on the basis of the cosmogenic 3He concentration, and a time-

averaged scaling factor corresponding to the initial age estimate can then be calculated

following the methods we have described above. The revised scaling factor can then be

used to recalculate the exposure age. Several such iterations will result in an adjusted

exposure age that is corrected for the time-varying geomagnetic latitude at the sample

site.

2.6 Conclusions

The best value for the integrated Holocene production rate of cosmogenic 3He

(normalized to sea level at high latitudes) from calibration sites in this study is 116 ±

3 atoms/gran-ilyr. Our individual estimates of 3He production rates are consistent with

determinations previously reported by other workers.

Integrated cosmogenic 3He production rates from sites in Oregon, USA, display small

variations over the period from 2-7 ka, suggesting that production rates at mid-

latitudes are weakly affected by fluctuations in the intensity of the Earth's dipole

moment.

The difference between geographic and geomagnetic latitude caused by secular

variation of dipole axis position during the Holocene may represent a potentially

important source of error (as much as 5%) in Holocene surface exposure ages and

production rate calibrations.
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3.1 Abstract

New AMS radiocarbon ages from gastropods in shore deposits within the pluvial

Lake Chewaucan basin, combined with geomorphic evidence and correlation to lake-

level data from the adjoining Fort Rock basin, identify an abrupt rise and fall of lake level

at 12 '4C ka. The lake-level high is coeval with lake-level lows in the well-dated

records of paleolakes Bonneville and Lahontan, and with a period of relatively wet

conditions in the more southerly Owens Lake basin. This spatial pattern of pluvial lake

levels in the western U.S. at 12 14C ka indicates a variable synoptic response to climate

forcing at this time.

3.2 Introduction

Paleo lake-level fluctuations are one of the best sources for high-resolution

paleoclimate data in arid regions of the western U.S. (Smith and Street-Perrott, 1983).

Numerous workers have catalogued lake-level data and proposed lake-level chronologies

for various lake systems in the Great Basin (e.g., Mifflin and Wheat, 1979; Smith and

Street-Perrott, 1983; Benson and Thompson, 1987; Benson et al., 1990; Oviatt et al.,

1992; Negrini, in press). These high-resolution records of paleolake-level fluctuations

provide strong evidence that large and rapid climate oscillations have occurred at

millermial timescales in the western U.S. during the last glaciation (Allen and Anderson,

1993; Phillips et al., 1994; Benson et al., 1995, 1996a, 1998a, l998b; Oviatt, 1997;

Benson, 1999). Efforts to correlate these lake histories with climate oscillations

elsewhere are currently limited by uncertainties in age control (Benson, 1999).

Nevertheless, an investigation of possible linkages between climate records in the

western U.S. and other regions is crucial for further evaluating mechanisms of climate

change in these regions (Clark and Bartlein, 1995; Benson et al., 1998a; Hostetler and

Bartlein, 1999).

At its maximum highstand of 1378 m, pluvial Lake Chewaucan in south-central

Oregon was 114 m deep and covered 1244 km2, filling four subbasins now occupied by

32
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modem Summer Lake, Upper Chewaucan Marsh, Lower Chewaucan Marsh, and Lake

Abert (Figure 3.1) (Allison, 1982). Using elevations of prominent shoreline features,

Allison (1982) found evidence for at least six distinct stages in the history of Lake

Chewaucan following the maximum Pleistocene highstand at 1378 m. The Chewaucan

basin has continued to be the site of numerous paleoclimate and related studies because

of its excellent exposures of paleolake sediments and numerous tephra layers, its long and

well-preserved record of sediment magnetism, and the abundance of fossils (e.g., Davis,

1985; Palacios-Fest et al., 1993; Friedel, 1993; Cohen et al., in press; Negrini et al., in

press). Despite the impressive wealth of paleoclimatic data that have emerged from

studies in the Chewaucan basin, few data constrain the timing of lake-surface fluctuations

during the latest Pleistocene and Holocene.

This paper presents new radiocarbon data combined with stratigraphic and

geomorphic evidence that help constrain the latest Pleistocene lake-level history of

pluvial Lake Chewaucan. Refining the lake-level history in the Chewaucan basin is an

important research objective because its peripheral location in the extreme northwest part

of the Great Basin provides an important geographic extension of lake histories required

to test models of climate change across the western U.S. Details of the lake history also

have a critical bearing on archaeological (e.g., Pettigrew, 1985; Oetting, 1994) and

tectonic (e.g., Simpson, 1990; Pezzopane and Weldon, 1993) studies of the region.

3.3 Methods

Field work for this study consisted of sedimentological description and

measurement of lake sediment exposures at various localities throughout the basin

(Figure 3.1). Several of the exposures contain fossiliferous shore deposits interbedded

with shallow and deeper-water sediments. AMS radiocarbon analyses were performed on

fossil gastropods collected from these shore deposits and from other sedimentary facies

associated with former lake levels. Elevations of shore deposits and fossil collection sites
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were measured in reference to modern lake surface elevations or nearby benchmarks

using a Jacob staff and clinometer, and are probably accurate to within one meter.

3.4 Results

The four AMS radiocarbon ages reported in this paper (Table 3.1) constrain the

age of latest-Pleistocene shoreline features. Additional sample details are compiled in the

Appendix.

Table 3.1 Radiocarbon data from Lake Chewaucan.

*Enors are ± 1.

3.4.1 Latest-Pleistocene Fan Delta in Lower Chewaucan Marsh

Sample 4F (11,934 ± 94 'C yr B.P.) is a collection of gastropods from a 5.25 m

exposure ("section 4") of fine-grained sediments in a bluff along Willow Creek in the

lower Chewaucan Marsh subbasin (Figure 3.1). The basal zone of the measured section

is dominated by massive to weakly laminated clay and silt, and coarsens upward into

thinly-bedded silt and sand. Gastropods and pelecypods are sparse throughout the

section. The gastropods chosen for radiocarbon analysis were sampled from a silt bed

approximately 1.65 m from the top of the section at an elevation of 1325 m. The bluffs

along Willow Creek in the vicinity of section 4 contain exposures of sand units with

climbing-ripple cross-lamination, normally graded gravelly channel fill units that truncate

the laminated silts and sands, and alluvial gravels. Principal bedding planes within the

35

Field # 14C Lab # Elevation (m) '4C yr B.P.*

4F AA13588 1325 11,934±94
6AV AA13589 1310 11,673±94
7EG AA13590 1307 11,564±115
7FG AA13591 1310 12,033±92
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units are inclined gently (>100) to the northeast (toward the basin), and the deposits

underlie a low-gradient fan surface that extends into the Lower Chewaucan Marsh.

The geomorphic expression and facies associations of these deposits are

interpreted as an assemblage of lacustrine and alluvial deposits within a fan delta that

prograded into a former lake at the mouth of Willow Creek. In this interpretation, the

finer grained lacustrine strata formed in the distal prodelta, and the coarser sands and silts

were deposited in the proximal prodelta and delta front regions. The channel-fill facies

mark the location of distributary channels within the fan-delta complex, or may have

formed during subsequent dissection of the deltaic and lacustrine units as the lake level

fell and the fan delta was abandoned. The development ofa prograding fan delta at the

emergence of Willow Creek into the former lake is a probable consequence of high

sedimentation rates at the creek mouth during a stable lake level. The surface elevation

of 1335 m near the apex of the fan delta suggests that the lake level stabilized near this

elevation during much of the period of fan delta construction, hence the radiocarbon age

is considered to date a lake level that is close to 1335 m.

3.4.2 Latest-Pleistocene Shorelines at Lake Abert

Samples 6AV, 7EG, and 7FG are gastropods found in shore and nearshore

deposits in the Lake Abert subbasin that document a lake level at about 1310 m. Sample

6AV (11,673 ± 94 'C yr B.P.) is from a 2.9 m high road-cut exposure ("section 6")

through the outer edge of a wave-formed terrace on the east shore of Lake Abert that is

underlain by two stratigraphic units (Figures 3.1 and 3.2). The basal 1.1 m of the

measured section (unit Qs) consists of well-rounded medium sand with occasional

rounded cobbles and boulders, and is interpreted as a nearshore facies composed of sand

that was transported offshore by wave action. Gastropods, pelecypods, and ostracodes

are concentrated in pockets and seams that are generally present throughout the unit.

Unit Qs has a sharp upper contact with a 1.8 m unit (Qg) of well-rounded, clast-

supported boulders, cobbles, and pebbles, with a sandy matrix. Unit Qg2 represents a
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Figure 3.2: Measured stratigraphic sections 6 and 7 (see Figure
3.1 for locations), with a conceptual curve of regressive (R) and
transgressive (T) lake cycles. The curve is not meant to depict
actual rates of lake-level rise and fall. Labeled stratigraphic units
are described in the text. Black triangles mark the location of
radiocarbon-dated gastropods. Ages are in 14C yr B.P.
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beach gravel composed of wave-modified colluvial material derived from the Abert Rim

scarp directly uphill from the section. Sample 6AV was obtained from a layer of

gastropods in unit Qs located about 0.2 m below the base of the Qg2 beach gravel.

Samples 7EG (11,564 + 115 14C yr B.P.) and 7FG (12,033 + 92 '4C yr B.P.) are

from an 8.0 m high road-cut exposure ("section 7") through a wave-formed terrace

located approximately 8 km SSW of section 6 along the east shore of Lake Abert (Figure

3.1). Section 7 contains five distinct stratigraphic units that may represent transgressive

and regressive phases of a paleolake cycle (Figure 3.2). The basal 0.9 m of section 7

(unit Qps) consists of rounded to subrounded medium to fine sand interbedded with

imbricated pebbly strata and occasional cobbles. Unit Qps is interpreted as a wave-

worked nearshore or beach environment with a northward longshore current, as indicated

by the pebble imbrication. The poorly sorted character of unit Qps suggests storm-

influenced episodic deposition of coarser and finer strata. This unit is overlain by 2.15 m

of thinly bedded silt and fine sand with sparse pebbles (unit Qss), which is interpreted as

offshore sediment that records a lake transgression. The occasional pebbles in unit Qss

may be dropstones that were carried offshore by lake ice. Unit Qss is in sharp contact

with an overlying 0.7 m thick unit (Qgi) of well-rounded, clast-supported boulders,

cobbles, and pebbles, interpreted as a beach gravel facies. Above unit Qgi is a 3.3 m

thick unit (Qs) dominated by well-rounded, fine- to medium-grained sand with occasional

pebbles, which is interpreted as a nearshore sand facies. Unit Qs is overlain by a gravel

unit (Qg2) which forms the uppermost 0.95 m of the section, and has a sharp lower

contact with the underlying sands. Unit Qg is in matrix support for the lowermost 0.4 m,

and grades upward into clast-supported and increasingly angular material. The matrix-

supported basal portion of the gravel contains a sand matrix with occasional fossils. The

unit Qg represents another beach gravel that grades upward into colluvium-dominated

material. Units Qs and Qg2 in section 7 are presumed to be correlative with units Qs and

Qg in section 6 on the basis of their very similar sedimentary character and stratigraphic

position (Figure 3.2). Primary bedding planes throughout section 7 are inclined gently

(1 0°) toward the lake, suggesting a primary depositional gradient in the foreshore and

shoreface environments. Sample 7EG was collected from a fossil-rich bed in unit Qs
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approximately 2.25 m below the base of the Qg2 gravels, and sample 7FG was collected

from the sandy matrix of unit Qg2, approximately 0.35 m above its base.

The elevation of terrace shoreline angles above sections 6 and 7 are 1318 m and

1320 m, respectively (+1 m). Stratigraphic relationships suggest that the beach gravels

capping the terraces are regressive deposits (Figure 3.2), and the 1307-1310 m elevation

of their exposure at the edge of the terrace probably documents the lake level near the

time of terrace abandonment. The radiocarbon ages associated with the gravels are

therefore considered to constrain a lake level that is close to 1310 m.

3.5 Discussion

3.5.] Sources of Uncertainty in GastropodAges

Although a large body of previous work has shown that gastropod shells can in

many cases provide reliable radiocarbon ages for constraining paleolake chronologies,

shell ages are subject to a variety of potential sources of error that require careful

consideration in interpretations. These include contamination by old carbon when

groundwater mixes with modern lake water (the so-called hardwater or reservoir effect),

contamination by young carbon when modern carbon is added to a porous carbonate by

recrystallization of the original shell material, and biological fractionation of carbon

isotopes (Benson et al., 1990; Oviatt et al., 1992; Benson, 1993; Benson et al., 1995).

Numerous workers have considered the radiocarbon reservoir effect in detail (e.g.,

Benson, 1978; Benson et al., 1990; Oviatt et al., 1992; Benson, 1993; Lin et al., 1998),

yet the precise magnitude of the effect in Great Basin paleolakes remains poorly

understood, and the necessary age correction may vary widely from basin to basin.

Benson (1978) estimated that the correction for Lake Lahontan is less than 200 years, or

comparable to analytical uncertainties. Subsequent calculations performed by Benson

(1993) suggest that the magnitude of the reservoir effect was greatly minimized relative

to the present in large Pleistocene paleolakes, and indicate that reservoir corrections were
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probably negligible during the Lake Lahontan highstand. Lin et al. (1998) prefer a larger

reservoir correction for carbonate ages in the Lahontan and Searles Lake basins (3 00-700

years), based on different assumptions for '4C-free CO2 fluxes from springs and CO2

exchange rates. Discrepancies between their paired 14C-230Th ages (the calibrated 14C

ages are generally 1 000 years younger than the 230Th ages), however, suggest that

overestimated reservoir corrections may be contributing to the age disagreement,

although other factors such as young carbon contamination or uncertainties in the 230Th

ages could also be responsible for the discrepancies. Oviatt et al. (1992) considered that

errors due to the reservoir effect in the Bonneville basin probably do not exceed

analytical errors in most cases, and they did not apply a correction to their carbonate

ages. Because of the difficulties in establishing precise late-Pleistocene reservoir ages,

and in view of work from these other Great Basin lakes that suggest paleo-reservoir

effects most likely fall within the range of analytical error, I have chosen not to correct

the radiocarbon ages reported here for a reservoir effect.

Post-depositional contamination with young carbon has the potential to cause

significant non-systematic errors in gastropod ages (Benson et al., 1990; Oviatt et al.,

1992; Benson, 1993; Benson et al., 1995). I have assessed the presence of contamination

by analyzing several shells from each dated collection site by X-ray diffraction at Oregon

State University. These analyses detected negligible amounts of secondary calcite.

Using the occurrence of secondary calcite as an indicator of replacement of the original

aragonite, it is unlikely that the shells have undergone recrystallization, and are therefore

free from this source of contamination by young carbon. Even for shells that have been

properly assessed for recrystallization and corrected for fractionation, however, gastropod

ages have been observed to yield anomalously old or young ages in some cases (Oviatt et

al., 1992). Indeed, the apparent age reversal between samples 7EG and 7FG observed in

section 7 (Table 3.1) is difficult to explain, although it represents at most a 60-year

discrepancy at 2cr uncertainty. Aside from this age reversal, however, the relative

coherency of the ages argues against serious problems with young carbon contamination,

and I therefore consider this an unlikely source of major error for the shell ages.



3.5.2 Tectonic Concerns

Vertical displacement and warping of paleolake shorelines in the tectonically

active Central Oregon fault zone (Pezzopane and Weldon, 1993) has the potential to

complicate the reconstruction of past lake levels. Pezzopane (1993) found evidence for

as much as 14 m of vertical difference in the elevations of the highest shorelines along

the base of Abert Rim and its associated fault with respect to the maximum highstand

shoreline in other parts of the Chewaucan basin. The documentation here of a shoreline

that occurs at a consistent 1310 m elevation over an extensive reach of the Lake Abert

subbasin (see section 3.5.4) would appear to allay such concerns for the lower shorelines

along Abert Rim, or at least suggests that these lower shorelines are all located in the

hanging wall of the Abert Rim fault.

3.5.3 Hypsometric and Geomorphic Considerations

The "Paisley fan," a fan delta at the mouth of the Chewaucan River near the town

of Paisley (Figure 3.1), was presumably built at or near the maximum 1378 m level of

Lake Chewaucan (Allison, 1982), and subsequently formed a dam between the lake in the

Summer Lake subbasin ("Winter Lake" of Allison, 1940, 1982) and the coalesced lake in

the three eastern subbasins ("ZX Lake" of Allison, 1982). Construction of the Paisley fan

diverted the Chewaucan River to the eastern subbasins, thus cutting off the Summer Lake

subbasin from pluvial Lake Chewaucan's principal source of water. Allison (1982)

identified an overflow channel from ZX Lake into Winter Lake across the Paisley fan

with an upper intake elevation of 1336 m (Figure 3.1). The 1338 m elevation of the bank

beside the channel intake suggests that overflow was initiated at this level. A small delta

with an upper surface elevation of 1323 m was built at the mouth of the overflow channel

into the Summer Lake subbasin, indicating that ZX Lake was about 15 m higher than

Winter Lake at the initiation of overflow. From these geomorphic observations, Allison

(1982) argued that (1) both lakes had receded to lower levels sometime after their

separation by the Paisley fan, and (2) ZX Lake rose faster than Winter Lake during a

41
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subsequent lake transgression, probably due to a larger water supply via the diverted

Chewaucan River.

As noted in section 3.4.1, the surface elevation near the apex of the fan delta in

the Lower Chewaucan Marsh suggests that the lake level stabilized near 1335 m during

much of the fan delta construction. The observation that the elevations of the upper

surface of the fan delta (1335 m) and of the overflow channel across Paisley flat (1336-

1338 m) are nearly the same strongly suggests that construction of the fan delta was

coeval with a stabilization of lake level during overflow of ZX Lake into Winter Lake in

a transgressive cycle of the lake. If this is true, then the radiocarbon age from the fan

delta (sample 4F) provides a constraining age for the overflow event.

The 1310 m elevation of the shoreline gravels on the east shore of Lake Abert

corresponds almost exactly to the present elevation of the narrow gap (The Narrows)

between the Upper and Lower Chewaucan Marsh subbasins (Figure 3.1). The floor of

the expansive Upper Chewaucan Marsh basin is very flat, and increases almost

imperceptibly in elevation from 1310 m at the outlet in the southeast to 1313 m in the

northwest. Given a steady increase in lake volume, this hypsometry would result in a

marked decrease in the rate of lake level rise above 1310 m due to a substantial increase

in the lake surface arealvolume ratio once all three eastern subbasins became linked. The

increased surface arealvolume ratio would also enhance the efficacy of evaporation in

retarding the rate of lake-level rise above 1310 m. Assuming a steady decrease in lake

volume, the same hypsometric and evaporative influences would result in a marked

decrease in the rate of lake level recession below 1310 m, and therefore would also

promote the occurrence of a stilistand at 1310 m during overall recession. Hypsometric

arguments therefore predict that a lake level oscillation above the 1310 m geomorphic

threshold would result in occupation, followed by submergence, then reoccupation of a

-1 310 m shoreline. This scenario is similar, though not strictly analogous, to the

stabilizing influence of the bedrock sill at Red Rock Pass that may have resulted in

reoccupation of the Provo shoreline of Lake Bonneville during the latest deep-lake cycle

(Sack, 1999).

One must now ask whether the 1335 m and 1310 m shorelines represent

stilistands in overall lake recession, or if they are associated with a fluctuation involving
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a rise and fall of lake level. A resolution to this question is not trivial because the latter

scenario implies a more significant climate forcing affecting the Chewaucan basin.

Although it is possible that the 1335 m shoreline marks a stillstand in overall lake

recession just prior to the occupation of the 1310 m shoreline, geomorphic observations

show that its formation is likely to have occurred in response to a climatically-induced

lake-level rise that culminated in an overflow of ZX Lake into Winter Lake. As for the

1310 m shoreline, geomorphic considerations provide an explanation for how this

shoreline could have developed largely as a consequence of non-climatic hypsometric

effects during a steady increase or decrease in lake volume. The stratigraphic sequence

in section 7, however, provides evidence that the capping beach gravels (unit Qg2) at

1310 m are associated with the recessional phase of a lake-level fluctuation (Figure 3.2).

As discussed in section 3.5.4, correlation with lake-level data from the adjoining Fort

Rock basin further supports the occurrence of a rise and fall in lake level at 12 '4C ka.

3.5.4 Latest Pleistocene Lake-level History of Pluvial Lake Chewaucan

The age of 11,934 ± 94 '4C yr B.P. from the gastropods in the fan delta (sample

4F) indicates that the lake level was at least as high as 1325 m at this time, although the

upper surface elevation of the fan delta suggests that the radiocarbon age constrains a

lake level that stabilized closer to 1335 m. At this level, all three eastern subbasins of

Lake Chewaucan would have held a single coalesced lake, and any further rise above

1335 m would have resulted in overflow of the lake across the Paisley fan into the

Summer Lake subbasin. The geomorphic observations summarized in section 3.5.3

indicate that such an overflow event probably occurred at this time.

The three radiocarbon ages of samples 6AV, 7EG, and 7FG from the shorelines in

the Lake Abert subbasin have a weighted mean of 11,785 ± 245 (sample standard

deviation) '4C yr B.P., which is adopted as the best age for the 1310 m shoreline. The

lake at this level would have constituted a coalesced body of water in the Lake Abert and

Lower Chewaucan Marsh subbasins. Tufa mounds overlying rounded gravels in the

Sawed Horn area at the northeast end of Lake Abert are found in a narrow elevation
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range centered on 1310 m (Langridge et al., 1995, 1996; Jellinek etal., 1996), suggesting

that their occurrence marks the same stilistand responsible for the beach gravels in

sections 6 and 7 further south.

Taken at face value, the radiocarbon ages therefore indicate a stabilization of lake

level at 1335 m, accompanied by overflow into the Summer Lake subbasin, and

followed by a rapid recession to the 1310 m shoreline. Because the ages of the 1335 m

and 1310 m shorelines overlap within 1 uncertainties, however, it is not possible to

firmly establish the relative timing between the two shoreline occupations, although it is

certainly reasonable to assume that these events were closely spaced in time.

Published lake-level data with age control from the Chewaucan basin are sparse,

and only two other radiocarbon ages help constrain the lake-level history for the last 20

kyr. Allison (1982) obtained a shell age of 17,500 ± 300 '4C yr B.P. from nearshore

sediments at an elevation of 1349 m, at a time when the lake was 75% full. This shell

age may somehow be associated with the timing of the maximum late Pleistocene

highstand of Lake Chewaucan, but because the stratigraphic context (transgessional or

regressional) of the shell is not clear, it is equally possible that the maximum highstand

occurred before or after l7.5 '4C ka. A radiocarbon age of 9390 ± 45 "C yr B.P.

reported on tufa-coated beach gravel found at an elevation of 1318 m in the Lake Abert

subbasin (S. Robinson, personal communication cited in Gehr, 1980) suggests an early

Holocene transgression that briefly submerged the 1310 m shoreline, but it is possible

that the tufa age is too young (cf. Benson (1978) for discussion of problematic tufa ages).

Difficulties in reconciling the tufa age with conflicting data for low lake levels in the Fort

Rock basin at this time further suggest that the age may be in error.

The synthesized latest Pleistocene lake-level curve for the basin (Figure 3.3; cf.

Negrini, in press) is a composite that relies on correlation of Chewaucan data to lake-

level data from the nearby Fort Rock basin (summarized in Friedel, 1993, 1994). The

validity of the composite approach draws from the assumption that these two basins were

hydrologically connected through subterranean conduits (Trauger, 1950), or that they

have experienced synchronous lake-level fluctuations under the same regional climate

forcing, or a combination of both. Given this argument for correlating between the Fort

Rock and Chewaucan basins, evidence for low lake levels in the Fort Rock basin prior to
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Figure 3.3 Lake-level curves and lake-size proxies of Great Basin pluvial lakes from 20
to 5 '4c ka, arranged generally north (top panel) to south (bottom panel). The Lake
Chewaucan curve is a composite record of lake-level data, normalized to the fraction of
maximum lake depth, from the Chewaucan and Fort Rock basins. Open diamonds denote
material formed below lake level in the Chewaucan basin. Open circles denote material
formed below lake level in the Fort Rock basin. Solid circles denote archaeological sites
and other material formed above lake level in the Fort Rock basin. The question mark
obscuring the precise timing of the maximum highstand indicates the conjectural nature
of its age, and dashed lines indicate poorly constrained portions of the curve. The gray-
shaded column identifies the approximate timing of the Chewaucan lake-level oscillation.
The curves for lakes Bonneville and Lahontan are generalized from published data of
Benson et al. (1995, 1997), Oviatt et al. (1992), Oviatt (1997), Adams and Wesnousky
(1998), and references therein. The Owens Lake 18O proxy data are from core 0L84B
using the age model of Benson (1999); ö'8O minima (plotted as peaks) are proxies of wet
oscillations in the basin. After Negrini (in press).
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12 '4C ka indicates that the lake-level high in the Chewaucan basin represents an abrupt

rise and fall of lake level at 12 '4C ka (Figure 3.3). Inherent uncertainties in interbasin

correlation and age control prevent conclusive documentation of this proposed lake-level

oscillation, and allow for the possibility that the 12 14C ka Chewaucan shorelines

represent temporary stilistands in the overall late-Pleistocene recession of Lake

Chewaucan. The combined direct and indirect evidence from the radiocarbon ages,

stratigraphic relationships, geomorphic observations, and interbasin correlation, however,

provides strong support for the probable occurrence of a lake-level oscillation of Lake

Chewaucan at 12 '4C ka.

3.5.5 Comparisons to Other Great Basin Paleolake Records

The lake-level high in the Lake Chewaucan basin at 12 '4C ka occurred during a

period of low lake levels in the Bonneville and Lahontan basins, and post-dates the

highstands of these lakes by at least 1000 years (Figure 3.3). Recent mapping and

radiocarbon dating of shorelines in the Jessup embayment of Lake Lahontan places the

last major (Sehoo) highstand age at 13.1 '4C ka, and suggests that the highest level was

maintained for a brief period of years to decades (Adams and Wesnousky, 1998). The

period between 12.4 and 11 '4C ka is interpreted as a time of relatively low lake levels

in the Lahontan basin, as indicated by dolomite precipitation at low elevations and a gap

in tufa deposition (Benson et al., 1995), and consistent with relatively heavy ö180 and

13C stable isotope values at this time (Benson et al., 1996b). Lake Bonneville rose to its

Bonneville shoreline highstand sometime after 15.2 '4C ka, and remained at this

shoreline until the lake level catastrophically dropped 108 m during the Bonneville Flood

at about 14.5 14C ka (Oviatt et al., 1992, Oviatt, 1997). It is not possible to estimate how

long the lake level would have remained at the highstand had the Bonneville flood not

occurred, but age data clearly show that the lake had entered a major recessional phase

after 14 '4C ka that culminated in a low stage at about 12 '4C ka, during which lake levels

may have been lower than average modem levels of Great Salt Lake (Oviatt et al., 1992).
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In contrast, the lake-level high in the Lake Chewaucan basin at 12 '4C ka

coincides with a period of relatively wet conditions in the Owens Lake basin. A

prominent hiatus between 15 to 13.5 '4C ka in several sediment cores from the Owens

Lake basin indicates a period of complete lake dessication during this time interval

(Benson etal., 1996a, 1998b; Benson, 1999). This was followed by a period of generally

wetter conditions consisting of four wet-dry oscillations between l3.6 and 9.0 '4C ka, as

indicated by proxy data (Figure 3.3) (Benson, 1999). At 12 '4C ka, the paleolake

was midway through the longest of the wet oscillations ("W1" of Benson, 1999), which

lasted from about 12.9 to 11.2 '4C ka (Figure 3.3).

3.5.6 Implications for mechanisms of climate change

Shifts in the position of the polar jet stream, which serves as a boundary between

warm tropical air masses and cold polar air masses, have long been implicated as the

dominant control on fluctuations in the size of Great Basin paleolakes and glaciers

(Antevs, 1948; Hostetler and Benson, 1990; Benson et al., 1995). The conceptual model

of a migrating jet stream predicts a northward progression in the timing of lake-level

highs in response to the northerly retreat of the polar jet stream due to the gradual

collapse of the Laurentide Ice Sheet during the deglaciation. Simulations with

atmospheric general circulation models (AGCMs) support the jet stream hypothesis

(Manabe and Broccoli, 1985; Kutzbach and Guetter, 1986; Broccoli and Manabe, 1987).

In contrast, regional climate models (RegCMs) simulate a complex and spatially

heterogeneous pattern of responses across the western U.S. to prescribed climate forcing

(Hostetler and Bartlein, 1999), suggesting that the overall influence of a migrating jet

stream may be obscured by regional-scale climatic effects in individual basins.

Although migration of the polar jet stream may have been an important control on

the size of Great Basin paleolakes at other times during the late Pleistocene, the lake-

level high in the Lake Chewaucan basin at 12 '4C ka, which constrains a pattern of wet-

dry-wet along a north-south transect (Chewaucan-Lahontan/Bonneville-Owens) in the

Great Basin at this time (Figure 3.3), is not explained by this hypothesis. Relative to the
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last glacial maximum, the influence of the poiar jet stream in western North America was

much diminished by 12 '4C ka (Thompson et al., 1993; Kutzbach et al., 1998).

The 12 '4C ka lake levels indicate a spatially variable response to some climate

forcing, consistent with RegCM simulations of a complex spatial pattern of climate

change across the western U.S. (Hostetler and Bartlein, 1999). Mechanisms controlling

modern climate variability in the western U.S. may be viable analogues for similar

mechanisms that operated during the late Pleistocene. The modern climate of western

North America is influenced predominantly by the juxtaposition of the eastern Pacific

subtropical high and the southwestern monsoonal circulation from the Gulf of California,

each with spatially and seasonally varying impacts on the region (Barry et al., 1981). The

interplay between these air masses and their imprint on regional climate is modulated by

El Nino-Southern Oscillation (ENSO), and by changes in the intensity of monsoonal

circulation. ENSO-type variability observed in modern climate may have operated

during the late Pleistocene (Heusser and Sirocko, 1997; Cane and Clement, 1999). The

ENSO phenomenon commonly causes spatially variable responses in the modern climate,

hence by analogy it may have had the potential to cause similar effects in the glacial-age

climate across western North America (Cane and Clement, 1999). With regard to the

paleolake record, this would require sustained increases or decreases in the frequency of

ENSO of sufficient duration to cause prolonged lake-level fluctuations.

Variations in the intensity of monsoonal precipitation patterns appear to be driven

by orbitally-induced changes in insolation (e.g., Thompson et al., 1993). Net summer

insolation in the Northern Hemisphere at 12 '4C ka was higher than at the last glacial

maximum (1 8 '4C ka) or at present (Berger, 1978), which would have amplifed the

seasonal cycle of solar radiation and driven an intensification of monsoonal circulation at

this time. The greater summer radiation would have simultaneously strengthened the

eastern Pacific subtropical high, thereby increasing drought conditions in regions

dominated by this air mass (Whitlock and Bartlein, 1993; Thompson et al., 1993). The

deglaciation of the Laurentide Ice Sheet may have led to a shift in the climatological

regime of the western U.S., from one that was dominated by the influence of the ice sheet

through its effect on the polar jet stream and depression of temperatures in the Northern

Hemisphere, to a new regime primarily influenced by the combination of an intensified
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southwestern monsoon and a strengthened subtropical high, with more sharply delimited

and more spatially variable responses to climate forcings than previously experienced

during the last glacial maximum (Thompson et al., 1993). The lake levels observed at 12

'4C ka may be a reflection of this change to a new climate regime.

Variable response times, correlated to lake size, could be another important cause

of asynchronous behavior among Great Basin paleolakes on short time scales. Lake

Chewaucan and Owens Lake, for example, were likely to respond more quickly than the

much larger lakes Bonneville and Lahontan to the same climate forcing. Topographic

controls on the amount and type (rain or snow) of precipitation represent another

important cause of spatial variability of lake-level fluctuations on more local scales

across the geographically diverse western U.S. (cf. Whitlock and Bartlein, 1993;

McCabe, 1994).

In summary, the viability of the jet stream hypothesis cannot be rejected based

only on a snapshot of pluvial lake levels at 12 '4C ka. Because these lake levels reflect

spatial variability of climate at this time, however, they emphasize the importance of

searching for other mechanisms of climate change in western North America that may be

implicated for synoptic climate responses. The importance of these various mechanisms

relative to the influence of a migrating jet stream on glacial-age climate, and their effect

on the jet stream position itself, remains uncertain. A more rigorous evaluation of

mechanisms of climate change in the western U.S. will require a substantially more

complete knowledge of the spatial and temporal pattern of paleolake-level oscillations

across the Great Basin.

3.6 Conclusions

Direct evidence from radiocarbon ages and stratigraphic relationships combined with

indirect evidence from geomorphic observations and correlation to lake-level data in

the Fort Rock basin suggests that a fluctuation involving a rise and fall of lake level

occurred in the eastern subbasins of pluvial Lake Chewaucan at -12 '4C ka.
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Geomorphic observations suggest that the -42 14C ka Chewaucan lake-level

oscillation is associated with an overflow of the coalesced lake in the three eastern

subbasins into the Summer Lake subbasin.

The influence of hypsometry and the consequences of river diversion on lake level

and shoreline development in the Chewaucan basin illustrate important non-climatic

mechanisms for modulation of lake levels in Great Basin paleolakes.

The -42 '4C ka Chewaucan lake-level high is coeval with lowstands in the Bonneville

and Lahontan basins and relatively wet conditions in the more southerly Owens Lake

basin. This observed spatial pattern of pluvial lake levels is not explained by the

conceptual model of a migrating polar jet stream as a dominant control on paleolake

levels in the Great Basin, and may represent an important example of synoptic

responses to some climate forcing.
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3.8 Appendix: Additional Sample Details

Sample 4F: Valvata humeralis (Burch, 1989; all identifications performed by the author),

section 4 on Willow Creek, lower Chewaucan Marsh subbasin, Coglan Buttes SE

quadrangle, NW'!4 section 26 T35S R2OE, latitude 42.5 129°N, longitude l20.3296°W.



Sample 6AV: Valvata humeralis, section 6 on east shore of Lake Abert, Lake Abert

subbasin, Lake Abert South quadrangle, NE'!4 section 25 T34S R21E, latitude

42.5990°N, longitude 120.1845°W.

Sample 7EG: Vorticfex (Parapholyx) effusa, section 7 on east shore of Lake Abert, Lake

Abert subbasin, Lake Abert South quadrangle, NW1!4 section 15 T35S R21E, latitude

42.5351°N, longitude 120.2280°W.

Sample 7FG: Vorticfex (Parapholyx) effusa, section 7 on east shore of Lake Abert, Lake

Abert subbasin, Lake Abert South quadrangle, NW'!4 section 15 T35S R21E, latitude

42.5351°N, longitude 120.2280°W.
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4.1 Abstract

We have developed a cosmogenic (3He, '°Be) chronology for the well-preserved moraine

sequence deposited by the northern outlet glacier of the Yellowstone ice cap.

Cosmogenic 3He and 10Be ages indicate that the outlet glacier reached its terminal

position at 16.7 3He ka / 16.2 10Be ka. Recessional moraines 7 km upvalley from the

terminal moraine have a mean '°Be age of 15.6 ± 0.5 ka. Another set of recessional

moraines 55 km upvalley from the terminal moraine at Deckard Flats have a mean '°Be

age of'-13.8 ± 0.4 ka, indicating a relatively rapid retreat from the terminal position.

Concordance of the 3He and 10Be ages on the terminal moraine indicates that the scaled

production rates used in the age calculations from each isotope are reasonably accurate.

Comparison to 10Be age data from the nearby Wind River Mountains suggests that the

last Pinedale maximum advance in Yellowstone is younger than that in the Wind Rivers

by 3-4 kyr.

4.2 Introduction

Glacial records are an important and, in many areas, the only archive of late-

Pleistocene climate variability in the western U.S. Until recently, numerical methods for

dating these records were largely unavailable. In the last few years, however, surface

exposure dating using cosmogenic nuclides has proven successful in developing

numerical chronologies for glacial records (Gosse et al., 1 995a, 1 995b; Phillips et al.,

1 996a, 1997). Although questions about the precision and accuracy of surface-exposure

ages remain (Clark et al., 1995), recent and ongoing research on cosmogenic nuclide

production rates (e.g., Licciardi et al., 1999; Stone, in prep.) and scaling methods (e.g.,

Dunai, 2000, Stone, 2000) promises to increase the reliability of exposure-age

chronologies.

Our primary objective is to directly date a well-preserved moraine sequence

deposited by the outlet glacier that drained the northern Yellowstone ice cap using
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Figure 4.1: The northern Yellowstone ice cap. The thick black line with double-
pointed arrows indicates the main ice divide of the various ice masses that fed the
northern Yellowstone outlet glacier. The open arrows indicate flow directions of major
ice drainageways. Adapted from Pierce (1979) and Sturchio et al. (1994).
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cosmogenic nuclides (3He and 10Be) (Figure 4.1), and to compare our chronology to

existing chronologies based on U-series and radiocarbon data (Pierce, 1979; Sturchio et

al., 1994). Our new exposure ages allow us to refine the numerical chronology of late-

Pleistocene fluctuations of the northern Yellowstone ice cap. These new data contribute

critically needed geographic coverage to existing glacial records for examining spatial

and temporal late-Pleistocene mountain glacier variability in western North America.

4.3 Sampling Strategy

The sampled deposits are well-suited for exposure dating because they have well-

preserved morphology, large surface boulders of Precambrian crystalline bedrock, and

are covered only by grasslands. Our field sampling strategy followed several specific

procedures in order to account for and minimize potential problems with prior exposure,

erosion, post-depositional movement, and burial (Phillips et al., 1990; Hallet and

Putkonen, 1994). All boulders selected for sampling appeared pristine and undisturbed,

as evidenced by glacial polish, striae, or other features that indicated limited erosion or

spalling. Where possible, we sampled horizontal surfaces from boulders on stable

portions of the moraines, thereby minimizing problems with post-depositional movement

of boulders. We also sampled only the largest boulders (>1 m above the moraine surface)

in order to minimize potential problems of soil and snow cover. All of our sample sites

in the Yellowstone region occur between 45-46°N latitude and between 1 .5-1.9 km in

altitude (Figures 4.1-4.4).

4.4 Cosmogenic 3He and 10Be Measurements

For the cosmogenic 3He measurements, olivine phenocrysts were separated from

bulk rock samples by crushing, sieving, magnetic separation and hand picking. The

cosmogenic 3He content of the olivine was measured at the Woods Hole Oceanographic

Institution following previously described methodology (see Licciardi et al. (1999) and
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Figure 4.3: Sample sites on the Deckard Flats moraines and late-glacial flood deposit.
Boundaries of the moraine deposits are generalized from Pierce (1979; Plate 2).
Individual sample sites on the Deckard Flats moraines are tightly clustered in the
location marked "X,' and sites on the flood bar are similarly clustered within the
outline of the deposit.
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Figure 4.4: Photograph of Deckard Flats moraines near sample sites, showing excellent
preservation of moraine morphology and abundant large boulders. The boulder at front
center is about 1 m in height.
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references therein for procedural details, reproducibility, and blanks). All chemical

preparation of samples for cosmogenic 10Be measurements was performed at Oregon

State University and Washington State University. We use standard techniques of rock

crushing and grinding, isolation of quartz by repeated acid leaching with solutions of

HC1, HNO3, and HF, and separation of beryllium by ion-exchange chemistry and

selective precipitation techniques (see Licciardi (2000) for full procedural details). All

10Be concentrations were determined by accelerator mass spectrometry (AMS) at the

PRIME lab facility at Purdue University. Cosmogenic 3He and '°Be concentrations at

each sample site were normalized to the rock surface by taking into account sample

thickness and density at each sample site, and using the known dependence of isotope

production with depth (Kurz, 1986; Brown et al., 1992). The surface-normalized

concentrations, integrated over depth intervals that ranged from 1.5 to 3.0 cm, are 1-3%

higher than the uncorrected data. Shielding by surrounding topography was <100 at all

sites, hence no corrections for shielding were necessary.

4.5 Production Rates and Scaling Methods

The accuracy of our age estimates for the Yellowstone moraines is critically

dependent on the choice of cosmogenic 3He and '0Be production rates and scaling

methodology for the age calculations. Before presenting our results, we review our

assumptions for these issues.

4.5.1 Scaling of Production Rates

We use the altitudinal and latitudinal scaling factors of Lal (1991, table 2) for all

age calculations. This scaling method ignores production by negative muon capture,

which is estimated to be relatively unimportant (2-3%) at the shallow depth intervals

typically sampled for most cosmogenic nuclide measurements (Strack et al., 1994; Brown

et al., 1995; Heisinger et al., 1997). Lal (1991) estimated an uncertainty of 10% for these
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scaling factors. Using the recently-published scaling method of Dunai (2000) results in

cosmogenic ages that are 2% older than those based on the Lal (1991) scaling for the

altitudes and latitudes of our samples.

4.5.2 Cosmo genie 3He Production Rate

We use the mean of the cosmogenic 3He production rate calibrations derived from

the well-dated Bonneville Flood deposits and Tabernacle Hill flow (Oviatt and Nash,

1989; Cerling and Craig, 1994) for the helium age calculations because these calibration

sites are very close in altitude and latitude to the Yellowstone sample locations, and are

nearly identical in age to the exposure durations we calculate. These two calibration sites

yield a weighted mean production rate of 118.7 ± 4.6 atoms g' yr' (±2c) at high latitudes

at sea level. Error due to scaling uncertainties is greatly minimized because of the close

proximity, and hence small magnitude of production rate scaling required, between

calibration sites and sample locations.

4.5.3 Cosmogenic '°Be Production Rate

We adopt a cosmogenic 10Be production rate of 5.06 ± 0.12 atoms g' yf' (±2)
for all '°Be age calculations. This value has recently been derived by Stone (in prep.),

who compiled all available cosmogenic 10Be concentration measurements pertaining to

production rate calibrations, and then normalized the calibration data by rescaling to high

latitudes at sea level with 2.6% muogenic production at the surface at sea level (Heisinger

et al., 1997), and by applying standardized methods for all other necessary corrections to
each calibration site.
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4.5.4 Magnetic Field Effects on Production Rates

We make no correction for potential dipole-induced temporal variability of

production rates at the Yellowstone field localities, and use geographic latitude in scaling

of production rates for the age calculations. This approach follows previous work that

suggested that production rates at mid-latitudes are relatively insensitive to changes in

geomagnetic field strength (Cerling and Craig, 1994; Phillips et al., 1996b; Licciardi et

al., 1999), and assumes that the position of the dipole axis had sufficient time to average

to the rotational pole over the exposure duration of the Yellowstone deposits (cf.

Licciardi et al., 1999). In the case of the 3He ages, because the calibration surfaces we

use are nearly identical in age to the exposure durations we calculate, and therefore

integrate all relevant magnetic field effects on production, we largely eliminate

uncertainties imparted by these effects.

4.5.5 True Accuracy of Cosmogenic Ages

Assignment of realistic estimates of the absolute (full) error introduced by

production rate and scaling uncertainties on cosmogenic ages is a difficult task. With

regard to our cosmogenic 3He age calculations, we assume that the close agreement

between the various mid-latitude cosmogenic 311e production rate calibrations (Cerling

and Craig, 1994; Licciardi et al., 1999) and the similarity in altitude, latitude, and age of

calibration sites and sample locations introduces a systematic uncertainty on the order of

<5% to these age calculations. The corresponding error for the cosmogenic '0Be age

calculations is probably somewhat higher, perhaps closer to 10%, because of larger

variation in production rate calibrations and the somewhat less similar altitudes, latitudes,

and ages of sample locations with respect to calibration sites.
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4.6 Geological Uncertainties

Although our sampling protocols were designed to minimize potential geological

uncertainties derived from prior exposure, erosion, post-depositional movement, and

burial, some of the observed age scatter in our data may be attributed to these

phenomena. Of these, prior exposure would result in apparent ages that are too old,

whereas the other three phenomena would result in apparent ages that are too young. All

of the boulders selected for sampling appeared to be very well-preserved, and many

exhibited glacial polish or striae, hence erosion is not a major concern; no erosion

corrections were applied. The spallation effect of fires can be largely eliminated because

of the sparse vegetation on the moraines, and as evidenced by preservation of striated

surfaces. For the sampled boulders that are embedded in the well-preserved outwash fan

immediately downvalley from the Eightmile moraine complex (cf. Pierce, 1979), both

post-depositional boulder movement and past burial are unlikely.

Uncertainty associated with thickness corrections is negligible, and the minimal

shielding by surrounding topography largely eliminates the need for a correction. Annual

snow cover is low at the field localities, hence no corrections are made, and the potential

uncertainty associated with the lack of snow correction is probably minor; corrections for

shielding by snow cover would systematically increase the ages by at most a few percent.

4.7 Analytical and Other Sources of Uncertainty

Loss of 3He in olivine is not a concern due to very low diffusion rates of 3He in

olivine (Trull et al., 1991). Accumulation of radiogenic 4He implanted into the exterior

of olivine phenocrysts has the potential to contribute a source of uncertainty in

cosmogenic 3He calculations, and neglecting to account for implanted radiogenic 4He, if

present, will result in an underestimation of cosmogenic 3He exposure ages (Brook et al.,

1995; Kurz et al, 1996; Dunai and Wijbrans, 2000). We do not correct for implantation

in our calculations, and assume the potential effects to be within the range of

measurement uncertainty. Theoretical estimates of 3He production rates (Lal, 1991)

68



69

suggest that production, and hence calculated ages, may vary as a function of olivine

composition, although the narrow range of compositions exhibited by the analyzed

olivine phenocrysts (from Fo77 to Fo83) suggests that compositional differences are an
unlikely source of scatter in our 3He ages (Table 4.1).

The largest potential contributor to analytical uncertainty of the 10Be

measurements is isobaric interference of '°B with 10Be. We rejected all measurements

with high boron interference, thereby minimizing uncertainties imparted by this effect.
The precision of the 10Be measurements is dependent in part on the degree of isobaric '°B

interference, and also on the counting time and '0Be activity level. Because these
parameters varied widely among the samples, so does the associated measurement

precision, and we calculate means that are weighted by the estimated precision.

Uncertainties in the weight of dissolved quartz and amount of added carrier are negligible

in comparison to these other sources of error. Analyses of chemical blanks indicate that

contamination with meteoric '°Be is not a problem for our samples.

Analytical uncertainty ranges from 0.8 to 5.6% for individual 3He measurements,

and from 3.3 to 13% for the '°Be measurements. Duplicate analyses were performed for
four of the eight boulders sampled for 3He measurements, and for eight of the boulders
sampled for '0Be measurements. For those boulders with duplicate analyses, the

weighted mean of the two measurements is taken as the best representation of that
boulder age.

We interpret the weighted mean boulder exposure age as the best representation

of landform age (cf Gosse et al., 1995b). The errors quoted for the weighted mean ages
of each landform incorporate analytical uncertainties and the estimated 2 errors in the

production rates of cosmogenic 3He and '°Be, but do not include qualitative estimates of

additional error imparted by scaling uncertainties. If we follow the alternative

interpretation of supposing that the range in exposure ages records the occupation of the

moraine position, representing the period of boulder delivery to each landform (cf. Gosse
et al., 1 995a), we find that the age ranges overlap among the moraines, unless the

youngest and oldest ages from each moraine are discarded. The scatter within the age
groupings that causes the overlap is equally likely to have its source in either analytical
uncertainties or geological phenomena, and this ambiguity makes it difficult to constrain



Table 4.1: Helium data for the Eightmile terminal moraines. Duplicate 3He measurements on splits of olivine from the same boulder,
prepared separately for analysis, are labeled 8B- 1A and 8-1 B, etc. Olivine compositions (expressed as forsterite content) are mean
values and sample standard deviations derived from individual electron microprobe measurements on at least five phenocrysts from
each sample location. Helium measurement uncertainties are based on 0.5% uncertainty on the 4He peak and an error of 2 x 10.12
(about 3%) on the blank. 4He/3He ratios are reported relative to the atmospheric value (RIRa, where Ra = 1.3 84 x 10.6). For all
samples, crushing and melting were performed on the same mineral separate. Cosmogenic 3He concentrations marked "#" are
normalized to the surface. Thickness corrections assume an attenuation coefficient of 170 g cm2 (Kurz, 1986) and a rock density of3.1 g cm3. Production rates are scaled to high latitudes at sea level. Scaling factors are the ratio of production at sample location to
production at high latitudes at sea level, following La! (1991, table 2). Quoted uncertainties incorporate analytical error only. The
magnitude of additional uncertainties is discussed in the text.

Sample Oliv. Thickness
Comp. (cm)

Alt.
(km)

Lat.
(deg. N)

Lon.
(deg. W)

4He/3He
(crush)

4He/3He
(melt)

4He
(10-p cm3 g4)

3He
(10 at g1)

3He
(10 at g1)

Scaling
factor

Age
(3He ka)

8B-1A
8B-IB

Fo775 2.00 1.529 45.4355 110.6899 20.83±1.93 97.97±0.58 2.10±0.01 60.15±1.64 61.25± 1.67 3.557 14.5±0.4
8B-2

Fo77 2.00 1.529 45.4355 110.6899 20.83±1.93 92.57±0.64 2.23±0.01 59.40± 1.76 60.49± 1.79 3.557 14.3±0.4
8B-3

Fo821 2.50 1.529 45.4355 110.6896 18.66± 0.37 96.31 ± 0.60 2.31 ± 0.01 66.64± 0.78 68.18±0.80 3.557 16.1±0.2
8B-4A

Fo814 2.50 1.529 45.4355 110.6897 17.89 ± 0.58 133.73 ± 0.79 1.62 ± 0.01 69.81 ± 0.80 71.42 ± 0.82 3.557 16.9 ± 0.2

8B-4B
Fo822 2.25 1.538 45.4360 110.6928 21.02±0.35 110.67±0.81 2.10±0.01 70.21±0.89 71.66±0.91 3.581 16.9±0.2

8B-5
Fo822 2.25 1.538 45.4360 110.6928 21.02±0.35 77.04±0.30 3.04±0.01 63.27±0.71 64.58±0.72 3.581 15.2±0.2

8B-6
Fo832 3.00 1.541 45.4343 110.6923 18.54± 3.06 73.51 ± 0.51 3.50±0.02 71.49± 4.09 73.46±4.20 3.589 17.2± 1.0

8B-7A
Fo831 2.50 1.529 45.4346 110.6880 10.04±0.28 51.65±0.44 4.24±0.02 65.61±0.96 67.12±0.98 3.557 15.9±0.2

8B-7B
Fo793 3.00 1.530 45.4357 110.6856 4.36±0.26 185.49± 1.14 1.15±0.01 77.56±0.83 79.70±0.85 3.561 18.9±0.2

8B-8A
Fo793 3.00 1.530 45.4357 110.6856 4.36±0.26 119.03±0.90 1.76±0.01 75.25±0.83 77.33±0.85 3.561 18.3±0.2

8B-8B
Fo811 1.50 1.530 45.4357 110.6865 16.68±0.71 135.28± 1.01 1.64±0.01 72.50±0.94 73.49±0.95 3.561 17.4±0.2Fo81 1.50 1.530 45.4357 110.6865 16.68±0.71 120.69±0.73 1.79±0.00 69.27±0.85 70.22±0.86 3.561 16.6±0.2
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the duration of occupation for each moraine with confidence. These difficulties imply

that the age differences between the landforms are approaching the resolution time of the

cosmogenic '0Be dating technique. Nevertheless, the coherency of the 10Be data from

each landform allows us to identify statistically significant differences in weighted mean

ages between events that occurred on millennial time scales (2-3 kyr).

4.8 Results

The cosmogenic 311e and '°Be ages form relatively strongly clustered distributions

for each landform examined (Figure 4.5; Tables 4.1 and 4.2), and mean ages are

consistent with stratigraphy.

4.8.1 Eightmile and Chico Moraines

During the most recent maximum phase of the northern Yellowstone ice cap, ice

from four primary source areas converged on the Yellowstone Valley to form the

northern Yellowstone outlet glacier (Pierce, 1979) (Figure 4.1). The terminal area of the

former outlet glacier is characterized by a large, horseshoe-shaped morainal complex

about 10 km across and 11 km long that features multiple sets of moraine ridges (Figure

4.2). The outermost set of end moraines (Eightmile terminal moraines) marks the

Pinedale ice limit, and an inner set of prominent recessional moraines (Chico moraines) is

located 7 km upvalley. The Eightmile and Chico moraines both exhibit well-preserved

glacial morphology, poorly developed soils, and large surface boulders of Precambrian

crystalline bedrock. The two moraine complexes are indistinguishable by relative age

criteria, and field relations suggest that the moraines are probably closely-spaced in age

(Pierce, 1979). A large outwash fan with excellent preservation of braided-channel

morphology emanates downvalley from the Eightmile moraine complex. Several of the

boulders we sampled are embedded in the fan immediately distal to the outermost set of

moraine ridges, and the remainder are from the ridges themselves. The Eightmile
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Figure 4.5: Ages of the Yellowstone moraines, plotted in stratigraphic order from
oldest (left side of graph) to youngest (right side of graph). Filled squares are 3He ages,
and filled diamonds are '°Be ages. Error bars on each age represent analytical
uncertainty only, and do not include systematic errors due to production rate and
scaling uncertainties. Horizontal lines and quoted ages indicate weighted means of
each landform. Outliers not included in weighted means are shown as open symbols.

= Deckard Flats moraines; "F" = late-glacial flood deposits.
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Table 4.2: Beryllium data for Yellowstone moraines. Duplicate '°Be measurements on
splits of quartz from the same boulder, prepared separately for analysis, are labeled 8-Ji
and 8-J2, CH-6A and CH-6B, etc. Cosmogenic 10Be concentrations marked "#" are
normalized to the surface. Thickness corrections assume an attenuation coefficient of
145 g cm2 (Brown et al., 1992) and a rock density of 2.8 g cm3. Production rates are
scaled to high latitudes at sea level. Scaling factors are the ratio of production at sample
location to production at high latitudes at sea level, following La! (1991, table 2). Quoted
uncertainties incorporate analytical error only. The magnitude of additional uncertainties
is discussed in the text.
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Sample Thickness Altitude
(cm) (km)

Latitude
(deg. N)

Longitude
(deg. W)

°Be
(l0 at g1)

°Be#
(l0 at g')

Scaling
factor

Age
('°Be ka)

Eightmile Terminal Moraines
8-A2 1.00 1.548 45.4320 110.7004 2.22±0.16 2.24±0.16 3.610 12.3±0.98-B2 2.50 1.550 45.4288 110.7065 2.58±0.28 2.64±0.29 3.614 14.5±1.68-DI 0.75 1.545 45.4293 110.7051 2.83±0.16 2.85+0.16 3.602 15.7±0.98-F2 1.50 1.544 45.4373 110.6945 3.07± 0.30 3.11 ±0.30 3.598 17.2± 1.78-G2 1.00 1.529 45.4359 110.6906 3.35 ± 0.29 3.38 ± 0.29 3.557 18.9 + 1.68-Il 1.75 1.529 45.4352 110.6898 2.80±0.14 2.85±0.14 3.557 15.9±0.88-12 1.75 1.529 45.4352 110.6898 2.99± 0.27 3.04±0.28 3.557 16.9± 1.58-JI 2.00 1.554 45.3654 110.6897 2.80±0.16 2.85±0.16 3.623 15.6±0.98-J2 2.00 1.554 45.3654 110.6897 3.09± 0.31 3.15 ±0.32 3.623 17.3±1.78-1(1 2.75 1.536 45.4294 110.6884 2.91 ± 0.10 2.99± 0.10 3.577 16.6±0.58-LI 3.00 1.554 45.3651 110.6904 2.22 +0.22 2.29± 0.23 3.623 12.5±1.38-L2 3.00 1.554 45.3651 110.6904 2.89±0.14 2.98±0.14 3.623 16.3±0.88-M2 2.50 1.561 45.3627 110.6913 2.80±0.11 2.87±0.12 3.639 15.6±0.6

Chico Moraines
CH-1A 2.50 1.628 45.3388 110.6978 2.64±0.22 2.70±0.22 3.825 14.0± 1.1CH-2A 1.75 1.634 45.3372 110.6967 2.90±0.17 2.95±0.17 3.842 15.2±0.9CH-3B 1.75 1,652 45.3343 110.6953 2.97± 0.23 3.02±0.23 3.895 15.4± 1.2CH-6A 1.75 1.615 45.3351 110.7046 2.64 ± 0.22 2.69 ± 0.23 3.790 14.1 ± 1.2CH-6B 1.75 1.615 45.3351 110.7046 2.48±0.22 2.53±0.22 3.790 13.2+1.2CH-8A 0.75 1.615 45.3360 110.7038 3.27±0.19 3.29±0.19 3.790 17.2± 1.0CH-9B 1.75 1.618 45.3380 110.7030 3.09± 0.20 3.14± 0.20 3.799 16.4± 1.1CH-1OB 1.25 1.612 45.3395 110.7028 3.47± 0.20 3.51 ± 0.21 3.782 18.4± 1.1CH-11B 0.75 1.615 45.3415 110.7025 2.97±0.13 2.99±0.13 3.791 15.7±0.7
Deckard Flats Moraines
DF-1A 0.75 1.811 45.0387 110.6852 2.98+0.14 3.01 + 0.14 4.354 13.7± 0.6DF-2B 1.75 1.811 45.0387 110.6849 2.70± 0.24 2.75 ±0.24 4.354 12.5±1.1DF-3B 1.75 1.811 45.0387 110.6848 2.83 + 0.18 2.88 ± 0.18 4.354 13.1 ± 0.8DF-4A 1.75 1.811 45.0387 110.6850 2.67+0.23 2.72±0.24 4.354 12.4± 1.1DF-5B 1,50 1,811 45.0389 110.6846 3.45+0.14 3.50±0.14 4.354 16.0±0.7DF-6A 1.75 1.811 45.0389 110.6846 2.88+0.15 2.93±0.15 4.354 13.3±0.7DF-6B 1.75 1.811 45.0389 110.6846 3.18±0.24 3.23±0.24 4.354 14.7± 1.1DF-7A 1.50 1.811 45.0386 110.6846 3.07+0.14 3.11±0.14 4.354 14.2±0.7DF-8A 1,25 1.807 45.0384 110.6851 3.23±0.19 3.26±0.19 4.345 14,9+0.9DF-9B 1.75 1.804 45.0382 110.6838 2.81 ± 0.11 2.86±0.11 4.335 13,1 ±0,5DF-1OA 0.75 1.801 45.0382 110.6834 3.23 ±0.39 3.25±0.39 4.325 14.9± 1.8
Flood Deposit
F-lA 0.50 1.583 45.0556 110.7636 3.06+0.34 3.08±0.34 3.683 16.6± 1.8F-3A 1.50 1.583 45.0559 110.7639 2.25±0.14 2.28±0.15 3.685 12.3±0.8F-3B 1.50 1.583 45.0559 110.7639 2.46±0.11 2.50±0.11 3.685 13.4±0.6F-4A 0.50 1.584 45.0560 110.7638 2.22± 0.24 2.23±0.25 3.686 12.0± 1.3F-6A 1.50 1.584 45.0561 110.7638 2.30±0.13 2.33±0.13 3.686 12.5±0.7F-6B 1.50 1.584 45.0561 110.7638 2.57± 0.13 2.61 ± 0,14 3.686 14.0± 0.7F-9A 2.00 1.585 45.0565 110.7640 2.72±0.14 2.78±0.14 3.689 14.9±0.8F-9B 2.00 1.585 45.0565 110.7640 2.79±0.14 2.84±0.15 3.689 15.3±0.8F-lOB 1.60 1.585 45.0566 110.7640 2.46± 0.18 2.50+ 0.18 3.689 13.4± 1.0F-hA 1.60 1.584 45.0562 110.7639 2.19± 0.24 2.20± 0.24 3.687 11.8± 1.3



terminal moraines locally contain both granitic and basaltic boulders, providing us with

the rare opportunity to measure cosmogenic 10Be and 3He concentrations on the same

landform. We also sampled granitic boulders from the Chico recessional moraines for

'°Be measurements.

The cosmogenic 3He ages from the Eightmile terminal moraines have a weighted

mean of 16.7 ± 0.7 3He ka (= wtd. mean), and the boulder ages range from 18.6 to 14.4

3He ka (Table 4.1). All 3He ages are included in the weighted mean. Considered

independently, the cosmogenic '0Be ages from the Eightmile terminal moraines yield a

weighted mean age of 16.2 ± 0.5 '°Be ka (Table 4.2). Of the thirteen 10Be measurements

(derived from ten different boulders), only one boulder (8-A) is considered an outlier and

is not included in the weighted mean. The reason for the anomalously young age of 8-A,

a large boulder standing 3.5 m high, is not certain, but may be attributed to unrecognized

spalling, perhaps caused by a lightning strike. The remaining boulder ages range from

18.9 to 14.5 '°Be ka. The weighted mean '°Be age is -3% lower than the weighted mean

3He age of the Eightmile moraines, and the age ranges from the two isotopes are nearly

identical. These observations indicate that 3He and '°Be ages are essentially concordant

within the combined error of production rates, scaling uncertainties, and measurement

error.

The weighted mean age of the recessional Chico moraines, obtained from nine

10Be measurements (derived from eight different boulders), is 15.6 + 0.5 10Be ka, and the

boulder ages range from 18.4 to 13.7 10Be ka. Although the mean '°Be age of the Chico

moraines is slightly younger than that of the Eightmile terminal moraines, consistent with

stratigraphic requirements, this age difference is not statistically significant because the

mean ages of the two moraine complexes are indistinguishable within uncertainty. The

ages therefore support field evidence that these two moraine-building events occurred

within a short time period (Pierce, 1979).
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4.8.2 Deckard Flats Moraines and Late-Glacial Flood Deposits

Near the town of Gardiner, Montana, -5 5 km upvalley from the terminal
moraines and at an altitude of 1900 m, we sampled boulders from a set of recessional
moraines that were deposited during the Deckard Flats "readjustment" (Pierce, 1979)
(Figures 4.3 and 4.4). This phase is termed a readjustment rather than a readvance or
standstill because it is thought to mark a mode shift of ice cap dynamics during the last
degiaciation, whereby the outlet glacier ceased to be fed by the ice cap on the central
plateau and instead was derived mainly from ice on the nearby Beartooth uplift (Pierce,
1979). The Deckard Flats moraines are studded with large erratics of Precambrian rocks
(Figure 4.4). The granitic boulders we sampled for '°Be measurements are from a
moraine ridge on a bench north of the Yellowstone River and about 2 km northeast of
Gardiner, Montana, in close proximity to a travertine bench sampled by Sturchio et al.
(1994) for U-series ages.

In addition to the moraines, we sampled granitic boulders for 10Be measurements
from a late-glacial flood deposit that occurs in the Yellowstone valley about 5 km
northwest of Gardiner, Montana (Figure 4.3). Pierce (1979) described these deposits as
midchaimel flood bars covered by giant current ripples that probably record large late-
Pinedale glacial outburst floods by release of ice-dammed lakes. Field relations clearly
show that the flood bars post-date the Deckard Flats moraines, and Pierce (1979)
suggested that the reworked bouldery material in these deposits probably originated in
Deckard Flats moraines that were obliterated and transported downstream by the floods.
The flood deposit chosen for sampling is studded with well-preserved boulders, and all
sampled boulder surfaces exhibited polish.

Cosmogenic '°Be ages on boulders deposited during the Deckard Flats
readjustment have a weighted mean age of 13.8 ± 0.4 '°Be ka (derived from eleven
measurements on ten different boulders), and the boulder ages range from 16.0 to 12.4
'°Be ka. If boulder DF-S is discarded as an old outlier, the weighted mean age becomes
13.6 ± 0.4 '0Be ka, and the age range narrows to 14.9 to 12.4 10Be ka. The late-glacial
flood deposits are dated slightly younger at 13.5 ± 0.4 '0Be ka (= wtd. mean, derived
from ten measurements on seven different boulders, and excluding boulder F-i as an old

76



77

outlier), and the boulder ages range from 15.1 to 11.8 '°Be ka. As with the comparison

between the mean ages of the Eightmile and Chico moraines, this age difference is

stratigraphically consistent but not statistically significant within uncertainties, although

the close agreement of the mean ages clearly suggests that the flood occurred very shortly

after the Deckard Flats readjustment. For the late-glacial flood bar, the age distribution

may partly be a signature of prior exposure, since boulders are supposedly derived from

Deckard Flats moraines (Pierce, 1979).

4.9 Direct Comparison of 3He and 10Be Ages

The concordant suites of 3He and 10Be ages obtained for the Eightmile moraine

are one of only a few examples of a direct comparison between these two cosmogenic

isotopes on the same landform. Brook et al. (1993) measured paired cosmogenic 3He and

'°Be, both in quartz, on moraines deposited by the Taylor Glacier in Antarctica, and

despite a fair amount of scatter in the ages, found reasonable concordance on the

youngest of the moraines examined. Brook et al. (1995) also found reasonable agreement

between paired 3He (from olivine and quartz) and '°Be (from quartz) ages on Pleistocene

Ross Sea drift in Antarctica, but their limited number of 10Be measurements prevent

rigorous evaluation of relative age distributions between the two isotopes. An attempt by

Nishiizumi et al. (1990) to intercalibrate the production rates of cosmogenic 3He and 10Be

in olivine from lava flows in Hawaii proved inconclusive, owing to the large uncertainty

of 10Be measurements in the olivine. The concordance of the 3He and '°Be ages on the

Eightmi!e moraine suggests that the scaled production rates used in the age calculations

from each isotope are reasonably accurate.

4.10 Comparison to Existing Yellowstone Chronology

Prior to this study, the glacial deposits of the northern Yellowstone outlet glacier

had not been dated directly by numerical methods. The existing chronology of
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Yellowstone glaciation is based on bracketing radiocarbon data from nearby localities in

the greater Yellowstone region, and supplemented by calibrated obsidian hydration and

weathering rind data on deposits in the West Yellowstone area (Pierce et al., 1976;

Pierce, 1979; Colman and Pierce, 1981). In addition, a revised and detailed U-series

chronology of glaciation specific to the northern Yellowstone region was developed by

Sturchio et al. (1994; see below). Below we compare our cosmogenic exposure-age

chronology with the existing radiocarbon and U-series age constraints for the time period

relevant to our study.

4.10.1 U-Series Chronology

Sturchio et al. (1994) interpreted mass spectrometric U-series ages of travertine

deposits and associated carbonate veins in the Gardiner and Mammoth Hot Springs areas

as constraints on the age of several advances and retreats of the northern Yellowstone

outlet glacier since 60 ka. They related U-series ages to moraine sequences mapped

further downvalley by using inferred changes in hydrologic head through time as a proxy

for the extent of glaciation. Sturchio et al. (1994) concluded that the Pinedale advance

that deposited the Eightmile and Chico moraines occurred during an interval of elevated

hydrologic head between 30 and 22.5 ka. A precipitous drop in hydrologic head after

22.5 ka, along with the presence of dated subaerial travertine deposits on a bench above

Gardiner, provide evidence for a major recessional phase between 22.5 and 19.5 ka. The

last occurrence of subaerial travertine (19.5 ka) on the bench above Gardiner is taken as

the maximum limiting age of the readvance of ice associated with the Deckard Flats

readjustment. The duration of the Deckard Flats readjustment is constrained by U-series

ages on an aragonite vein on the bench that is interpreted to record continuous aragonite

accumulation between 20.2 to 15.5 ka while a glacier filled the Yellowstone Valley

below the travertine bench, and perhaps even thinly covered the bench itself According

to their interpretation, the cessation of vein deposition after 15.5 ka signifies final retreat

of the Deckard Flats glacier. Sturchio et al. (1994) pose arguments based on inferred
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buildup rates of postglacial travertine deposits that glaciers had probably receded from

Deckard Flats no later than 14-13 ka.

Our cosmogenic ages from the Eightmile moraines imply a fully extended

northern Yellowstone outlet glacier at 16.7 3He ka I 16.2 '°Be ka, and are therefore in

apparent conflict with the U-series chronology of Sturchio et al. (1994) for more

restricted ice in the valley at this time. The cosmogenic-based age estimate for the

maximum Pinedale advance is much younger than the event dated by Sturchio et al.

(1994) between 30 and 22.5 ka, which they assigned to the last Pinedale maximum, and

coincides in time with their proposed interval for the Deckard Flats readjustment between

19.5 and 15.5 ka.

We believe the cosmogenic 3He and '°Be ages provide convincing evidence for a

16.7 3He ka / 16.2 '°Be ka maximum Pinedale advance. However, we also have no

reason to dismiss the U-series ages of Sturchio et al. (1994). We therefore assume that

both the 3He/10Be and U-series ages are reasonably accurate, but in order to reconcile the

two chronologies, we re-examine some key assumptions of Sturchio et al. (1994) that

associate travertine and vein deposition with glaciation. The presence of subaerial

travertine dated by Sturchio et al. (1994) at 22.5-19.5 ka indicates that there was no ice

covering the Deckard Flats bench during this time interval. Our cosmogenic data

therefore imply a rapid glacial advance past Deckard Flats to the Eightmile terminus,

followed by a similarly rapid retreat from the terminus to a position upvalley from the

Deckard Flats area, all occurring between 19.5 and 15.5 ka. One problem with this

scenario is that Sturchio et al. (1994) suggested that the subaerial travertine at Deckard

Flats has a geomorphic expression suggesting only minor subsequent overriding by ice

and not by a full-glacial advance, even though they note the travertine bench is mantled

by erratics. A possible resolution to this apparent conflict with field observations is that a

sufficiently rapid advance and retreat may not have caused significant abrasion.

Sturchio et al. (1994) also argue that the accumulation of vein aragonite beneath a

glacier >100 m thick is improbable. If the northern Yellowstone outlet glacier occupied

the Eightmile terminus at 16.7 3He ka I 16.2 '0Be ka, as the cosmogenic data suggest, this

implies an ice thickness of >1000 m over Deckard Flats at this time (Pierce, 1979, Plate

4), and hence no vein accumulation. This is inconsistent with Sturchio et al.'s (1994)
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evidence for continuous aragonite accumulation at Deckard Flats between 20.2 to 15.5

ka, as discussed above. We suggest that the interval of vein accumulation constrained by

the 20.2 ka and 15.5 ka bracketing U-series ages may in fact have been interrupted during

an intervening ice advance, and an existing hiatus in accumulation has not been resolved

in the sampled vein.

Cosmogenic data indicate that the Deckard Flats readjustment (13.8 '0Be ka)

occurred after 15.5 ka (U-series), probably as a brief pause in retreat of the ice front

during a mode shift of ice cap dynamics in the waning phase of the last major glaciation

(Pierce, 1979). Occupation of the Deckard Flats ice position may represent a separate,

younger event that was not recorded by travertine or vein deposition or simply not

represented in Sturchio et al.'s (1994) collection of samples. Within error, the 13.8 '°Be

ka age of the Deckard Flats readjustment is consistent with Sturchio et al.'s (1994)

argument that final recession of glaciers from Deckard Flats occurred no later than 14-13

ka.

The evidence relating changes in hydrologic head through time at Deckard Flats

to the extent of glacial advances further downvalley is necessarily indirect, and there are

no direct constraints on how far the outlet glacier actually extended beyond the Deckard

Flats area during the glacial events inferred by Sturchio et al. (1994). We thus propose

that the earlier glacial events at 47-34 ka and 30-22.5 ka represent somewhat lesser

advances, whereas the 19.5-15.5 ka event represents a fully extended, albeit relatively

brief, advance of the northern Yellowstone outlet glacier to the Eightmile terminus, as

our cosmogenic data suggest.

4.10.2 Radiocarbon Chronology

There are no finite radiocarbon ages older than 1 5 14C ka reported in the

Yellowstone region. This suggests that the initiation of Pinedale glaciation occurred

before 35 14C ka (the upper limit of the radiocarbon method), and that glaciation was

extensive until 15 '4C ka (Pierce et al., 1976; Pierce, 1979). A suite of conventional

radiocarbon ages from bulk sediment and other materials near Yellowstone Lake



81

indicates a minimum age of14 '4C ka for deglaciation of the Yellowstone plateau

(Pierce, 1979; Porter et al., 1983; Richmond, 1986). Taken at face value, a basal

radiocarbon age on sediment from a core at Cygnet Lake, on the central plateau, indicates

that this region was ice-free even earlier, by l4.5 14C ka (Whitlock, 1993; Milispaugh et

al., 2000). Because the northern Yellowstone outlet glacier was fed by the plateau ice

cap, our cosmogenic data that indicate occupation of the Pinedale terminus at 16.7 3He ka

/ 16.2 '°Be ka are in apparent conflict with radiocarbon evidence for near-complete

disintegration of the Yellowstone ice cap by 14.5 '4C ka (17.4 cal ka).

For a possible resolution to this conflict, we draw attention to previous work that

has shown conventional ages from similar materials elsewhere to be thousands of years

too old (Elias et al., 1991), and therefore consider that the radiocarbon data from near

Yellowstone Lake may similarly overestimate the age of deglaciation of the plateau ice

cap. Although we have no supporting data to confirm this suspicion, Whitlock (1993, p.

181) clearly states that the Cygnet Lake radiocarbon ages "should be considered

maximum ages only," due to low organic content and the possibility that the samples

were contaminated by carbon-dead coal. It is thus possible that the deglaciation could

have occurred much later than previously thought, allowing for a more protracted period

of retreat from the Eightmile terminus.

An age of13.8 '0Be ka for the Deckard Flats moraines suggests that the Deckard

Flats readjustment may have post-dated disintegration of the Yellowstone plateau ice cap.

This is consistent with the idea that the independently-operating Beartooth uplift ice cap

was the primary source of Deckard Flats ice, with little or no contribution from the

plateau ice masses to the south (Pierce, 1979, Plate 2). Because the Beartooth uplift has a

higher average elevation and a greater area above the inferred Pleistocene equilibrium-

line altitude (ELA), ice would have persisted here longer than the ice masses on the

central plateau during deglaciation (Pierce, 1979, p.F59-60), and its contribution to the

outlet glacier relative to the plateau ice cap increased over time as deglaciation

progressed. In fact, the age of the Deckard Flats readjustment is itself a constraint on the

timing of plateau deglaciation because the readjustment marks the waning influence of

the plateau ice source areas on the position of the outlet glacier terminus (Pierce, 1979).

Our cosmogenic data therefore suggest that disintegration of the plateau ice cap was well
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underway by 13.8 10Be ka, and that complete deglaciation of the central plateau occurred

sometime afterward. We conclude that the radiocarbon data associated with the

Yellowstone ice cap provide fairly broad limits on the chronology of glaciation, and are

compatable with the comparatively young cosmogenic ages reported here.

4.10.3 Obsidian Hydration and Weathering Rind Data

Obsidian hydration data from the West Yellowstone area (Pierce et al., 1976; K.L.

Pierce in Porter et al., 1983) suggest an approximate age of 40-30 ka for glacial abrasion

of deposits that are interpreted to belong to the maximum Pinedale advance, and 15-10 ka

for younger recessional deposits that may be correlative with the moraines at Deckard

Flats (Pierce, 1979, p. F61). Colman and Pierce (1981, p. 26) used calibrated weathering-

rind thicknesses on basalt cobbles, also on deposits in the West Yellowstone area, to

obtain an age estimate of 3 5 ka for the Pinedale terminal moraines there. Given the

uncertainties in the obsidian hydration and weathering rind ages, it is plausible that the

40-30 ka maximum Pinedale advance in West Yellowstone correlates to the somewhat

lesser glacial advance in the Yellowstone River valley dated between 47 and 34 ka by U-

series dating (Sturchio et al., 1994). The occurrence of a more extensive advance in West

Yellowstone coeval with a lesser advance in northern Yellowstone suggests that different

parts of the ice cap may have had variable responses to a climate forcing.

4.11 Correlation to the Wind River Mountains

Uncertainties in the equivalence of the various numerical dating methods

(cosmogenic 3He, 10Be, 26Al, and 36C1, U-series, and calibrated '4C timescales)

complicate direct correlations of the cosmogenic 3He- and 10Be-based Yellowstone

glacial chronology with other glacial and paleolake records that are primarily based on

radiocarbon and other isotopic dating methods. The most pertinent record with which to
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the nearby Wind River Mountains (Gosse et al., 1 995a, 1 995b). We make a direct

comparison to the Wind River glacial chronology by recalculating ages from the original

'°Be concentrations obtained by Gosse et al. (1995a, 1995b) using our preferred

cosmogenic '°Be production rate and scaling method (see previous discussion), and by

incorporating standardized correction methods for sample thickness (i.e. same methods

used for our calculations) (Figure 4.6). Even if these assumptions of production rate and

scaling are flawed, this would not affect a comparison of the relative differences between

these two chronologies, which is of primary interest.

Following the approach of Gosse et al. (1995a), the adjusted ages imply that the

Pinedale glacial maximum position in the Wind River Mountains was occupied from 23.9

to 17.4 10Be ka (mean age 20.3 10Be ka). These ages are supported by similar 36C1 ages

of Pinedale deposits in the Wind River Basin (Phillips et al., 1997). Ages on four

recessional moraines upvalley from the Pinedale terminal moraines have an adjusted

mean age of'-47.4 '°Be ka, and the tight age grouping among the moraines indicates that

they were deposited within a short time interval (<1000 years), implying that the initial

period of retreat from the terminal position was rapid. Ages on bedrock surfaces suggest

that final retreat from the entire Fremont Lake basin occurred by 16.8 10Be ka (Gosse et

al., 1995a). Ages on the Titcomb Lakes moraines, which may represent either Pinedale

recessional moraines or deposits from a post-Pinedale readvance, have an adjusted mean

exposure age of 12.1 10Be ka, constraining a deglaciation from the terminal position to

within 2 km of the cirque headwal! that lasted <5300 years (Gosse et al., 1995b).

Our cosmogenic 3He and '0Be ages show that the last maximum Pinedale advance

of the northern Yellowstone outlet glacier is younger than that in the Wind River

Mountains by at least several thousand years (Figure 4.6). Cosmogenic '°Be ages at

Yellowstone suggest a relatively rapid (3 kyr) retreat to the recessional Deckard Flats

position 45 km upvalley from the Pinedale terminus; deposition of the Deckard Flats

moraines apparently occurred about 1-2 kyr earlier than formation of the Titcomb Lakes

moraines in the Wind River Mountains. Well-developed recessional deposits upvalley

from the Deckard Flats moraines (Pierce, 1979) may be correlative to the Titcomb Lakes

moraines in the Wind River Mountains, but cosmogenic dating of these moraines is

required to test this hypothesis.
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One might expect from the relative proximity of the two mountain ranges that

their glacier systems should respond synchronously to first order to regional-scale climate

forcing. If this were true, then the Wind River and Yellowstone glacial systems would

have experienced synchronous fluctuations, and the apparent age differences of the Wind

River and Yellowstone glacial advances may simply be recording selective preservation

of glacial advances with variable extents (cf. Gibbons et al., 1984). Following this

interpretation, the most complete record of glacial advances and retreats in this portion of

the Rocky Mountains may be obtained by constructing a composite history from the

combined records of glaciation in Yellowstone and the Wind River Mountains. It is

conceivable that, within uncertainty, the 16.7 31-Ie ka / 16.2 '°Be ka Eightmile terminal

moraines in northern Yellowstone may be correlative to the four recessional moraines

(mean age l7.4 10Be ka) behind the terminal moraine in the Wind River Mountains.

There is no evidence, however, for an earlier advance in Yellowstone coeval with the last

Pinedale maximum (mean age 2O.3 10Be ka) in the Wind River Mountains; in fact the

Pinedale maximum in the Wind Rivers occurs during a period of restricted ice in northern

Yellowstone, as indicated by the U-series chronology (Sturchio et al., 1994) (Figure 4.6).

This observation argues against selective preservation as an explanation for the age

differences.

Alternatively, we consider the possibility that the Wind River and Yellowstone

glacial systems responded out of phase to the same climate forcing, since the specific

response of any particular glacial system is influenced by many non-climatic factors such

as glacier hypsometry and slope aspect, and may also record the imprint of synoptic

variability in regional-scale climate (cf. Hostetler and Bartlein, 1999). The hypsometry

of the Yellowstone ice cap, for example, is such that small climatically-induced changes

in the ELA would have had dramatic effects on the mass balance of the glacier system

(Pierce, 1979). In addition, the terminal position of the northern Yellowstone outlet

glacier was a complex integrated function of the extent of ice masses in its various source

areas.

The occurrence of the last Pinedale maximum in the Wind River Mountains

during a time of restricted ice in northern Yellowstone leads us to conclude that the two

glacial systems were most likely out of phase with respect to one another. The observed
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age differences between advances and retreats in these two mountain ranges therefore

implies that these regions may have lay under the influence of two contrasting

paleoclimatic regimes, despite their proximity Even within the confines of the greater

Yellowstone region, there may have been a juxtaposition of different climatic regimes

during the late Pleistocene, as suggested by paleoecologic data (Whitlock, 1993;

Whitlock and Bartlein, 1993), and as expressed in model simulations of opposing glacier

responses within the Yellowstone region to a climate forcing (Hostetler and Bartlein,

1999). Our results therefore suggest that late-Pleistocene paleoclimatic patterns in this

region of the Rocky Mountains are characterized by synoptic variability.

4.12 Conclusions

Cosmogenic 3He and '°Be ages from the maximum Pinedale terminal moraines

indicate a fully extended northern Yellowstone outlet glacier at 16.7 3He ka I 16.2

'°Be ka.

Cosmogenic 10Be ages suggest a rapid ('-i kyr) retreat to the recessional Deckard

Flats moraines 45 km upvalley from the Pinedale terminus.

The cosmogenic-based chronology of glaciation in northern Yellowstone can be

reconciled with existing age constraints by independent radiocarbon and U-series

dating (Pierce, 1979; Sturchio et al., 1994).

Direct comparison with the '°Be-based glacial chronology of the Wind River

Mountains by Gosse et al. (1995) indicates that the maximum Pinedale advance of the

northern Yellowstone outlet glacier is younger than the maximum Pinedale advance

in the Wind Rivers by 3-4 kyr.
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5.1 Abstract

We have developed a cosmogenic 10Be chronology for a well-preserved moraine

sequence in the Wallowa Mountains, Oregon. Two major late-Pleistocene alpine glacier

advances at Wallowa Lake occurred at 21.1 ± 0.6 and 17.0 ± 0.5 10Be ka, with possibly

correlative advances in the adjacent Lostine Valley. A recessional moraine 25 km

upvalley from Wallowa Lake near Glacier Lake records a minor advance or stillstand at

11.0 ± 0.8 '°Be ka. The 21 '°Be ka advance in the Wallowa Mountains coincides with

the last glacial maximum, and is correlative with the last Pinedale maximum advance in

the Wind River Mountains. The -17 '°Be ka advance in the Wallowa Mountains is

correlative with the last Pinedale maximum advance of the northern outlet glacier of the

Yellowstone ice cap.

5.2 Introduction

The history of alpine glaciation is often clearly demarcated by well-preserved

landforms that identify the extent and relative timing of glaciation. Numerical dating of

these glacial features, however, is difficult by most Quaternary dating techniques.

Despite remaining questions regarding the magnitude of uncertainties associated with

cosmogenic surface-exposure ages and their equivalence to calendar ages (Clark et al.,

1995), cosmogenic nuclide dating methods have proven successful in developing high-

resolution numerical chronologies for glaciated areas that previously could not be dated

(Gosse et al., 1995a, 1995b; Phillips et al., 1996).

The primary objective of this research is to develop a first-order numerical

chronology of late-Pleistocene alpine glacier fluctuations in the Wallowa Mountains of

Oregon using cosmogenic 10Be surface exposure dating techniques. Moraines in the

Wallowa Mountains are exceptionally well-preserved (Figures 5.1 and 5.2), but until now

there have been virtually no numerical age constraints on their formation. The Wallowa

Mountains, located in the inland Pacific Northwest, are positioned midway between the

better-kiiown records of alpine glaciation in the Sierra Nevada-Cascades mountain chain
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Figure 5.1: Glacial deposits at Wallowa Lake, as mapped by Crandell (1967).
Unit boundaries are shown by solid lines, and moraine crests are shown by
dashed lines. Sample locations are marked by open circles. Base map has a
20 m contour interval. Adapted from Crandell (1967).
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Figure 5.2: Photograph of closely-paired moraines on the east side of Wallowa Lake.
View is to the south. Crandell (1967) defined the innermost moraine (on the right) as the
TTY unit, and the outermost moraine (on the left) as the TTO unit (see Figure 5.1).
Burke (1979) lumped both moraines within his TW unit. Crest-to-crest distance is about
50m.



and the Rocky Mountains. The development of a numerical glacial chronology in the

Wallowa Mountains thus helps fill in a large gap in the spatial array of glacial records

across the western U.S., thereby providing a critical link that enables reconstruction of

late-Pleistocene climate variability across the region.

5.3 Sampling Strategy

Glacial deposits in the Wallowa Mountains form an arcuate complex of closely-

spaced, nested moraines that record multiple advances in several different drainages.

Furthermore, the moraines have clear stratigraphic relationships, are covered only by

grasslands, and are studded with large surface boulders of granodiorite suitable for '°Be

surface exposure dating. Our field sampling strategy followed several specific

procedures in order to account for and minimize potential problems of prior exposure,

erosion, post-depositional movement, and past burial (see Licciardi et al., submitted).

Although glacial polish and striae were rarely found, all boulders selected for sampling

appeared relatively pristine and undisturbed, as evidenced by minimal surface pitting, and

showed no evidence of spalling. We sampled horizontal surfaces from boulders on stable

portions of the moraines, thereby minimizing pitfalls with respect to post-depositional

movement of boulders. We also sampled only the largest boulders (>1 m above the

moraine surface) in order to minimize potential problems of soil and snow cover. Depth

intervals (sample thicknesses) were carefully measured in the field so that cosmogenic

isotope concentrations could be accurately normalized to the surface. Shielding from

surrounding topography at each boulder site was measured with a clinometer.

Following these protocols, we collected samples from surface boulders on well-

preserved moraines associated with advances of outlet glaciers down the Wallowa River

and Lostine River valleys (Crandell, 1967; Burke, 1979) (Figures 5.1-5.4). We also

sampled boulders from a recessional moraine near the cirque headwall of the Wallowa

Lake outlet glacier (Figure 5.3) (Kiver, 1974) with the aim of providing constraints on

the timing of deglaciation. All sample sites in the Wallowa region are located between

45-46°N latitude and between l 100 and 2500 m in altitude.
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Figure 5.3: Glacial deposits in the Glacier Lake cirque area, as mapped by Kiver
(1974). Moraines shown in the hatched pattern are thought to be Neoglacial in age
(Kiver, 1974). The Glacier Lake moraines are shown in dark gray shading. Sample
locations are marked by open circles. Arrow south of Glacier Lake depicts the
orientation of striations on polished bedrock surfaces in the vicinity. Base map has a
20 m contour interval. Adapted from Kiver (1974).

96



Figure 5.4: Glacial deposits in the Lostine Valley. The location of arcuate
moraine crests, shown by dashed lines, were compiled in the field as part of
this study. Sample locations are marked by open circles. Base map has a 20
m contour interval.
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5.4 Cosmogenic '°Be Measurements

All chemical preparation of samples for cosmogenic '°Be measurements was

performed at Oregon State University and Washington State University following

previously described methodology (see Licciardi (2000), Licciardi et al. (submitted), and

references therein for full procedural details, reproducibility, and blanks). We use

standard techniques of rock crushing and grinding, isolation of quartz by repeated acid

leaching with solutions of HC1, HNO3, and HF, and separation of beryllium by ion-

exchange chemistry and selective precipitation techniques. All 10Be concentrations were

determined by accelerator mass spectrometry (AMS) at the PRIME lab facility at Purdue

University. Cosmogenic '°Be concentrations at each sample site were normalized to the

rock surface by taking into account sample thickness and density at each sample site, and

using the known dependence of isotope production with depth (Brown et al., 1992). The

surface-normalized concentrations, integrated over depth intervals that ranged from 1.5 to

3.0 cm, are 1-3% higher than the uncorrected data. Shielding by surrounding topography

was <10° at most sites, eliminating the need for corrections. For the Glacier Lake

moraine, located in a high cirque, corrections for shielding by topography and snow

cover were necessary.

5.5 Production Rates and Scaling Methods

Our choices of cosmogenic '°Be production rate and scaling methodology for the

age calculations are identical to those followed in Licciardi et al. (submitted). We use the

altitudinal and latitudinal scaling factors of Lal (1991, table 2). Lal (1991) estimated an

uncertainty of 10% for these factors, although the relative similarity in altitude, latitude,

and age of sample locations and calibration sites minimizes uncertainties contributed by

scaling uncertainties. We adopt a cosmogenic 10Be production rate of 5.06 ± 0.12 atoms

g1 yf' (±2), as derived by Stone (in prep.). Uncertainties in the production rate of

cosmogenic probably represents the largest source of systematic error in the age

calculations. No corrections are made for potential dipole-induced temporal variability of
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production rates at the Wallowa field localities, and geographic latitude is used in scaling

of production rates. We estimate that the combined systematic error introduced by

production rate and scaling uncertainties is <10% for the 10Be ages.

5.6 Geological Uncertainties

The relatively tight grouping of boulder ages on several of the moraines provides

confidence that prior exposure, erosion, post-depositional movement, and past burial are

not serious problems for the majority of sampled boulders. Aside from the occasional

outliers which are attributed to these geological uncertainties, we assume that much of the

observed age scatter on each moraine is due to analytical uncertainties. Surfaces of all

sampled boulders appeared to be well-preserved (see section 5.3), and fire-induced

spalling is considered unlikely because of the sparse vegetation on the moraines, hence

no erosion corrections are applied. Uncertainty associated with thickness corrections is

negligible, and the minimal shielding by surrounding topography eliminates the need for

a correction at most sites. With the exception of the Glacier Lake moraine, annual snow

cover is low at the field localities, and uncertainty associated with shielding by snow is

probably minor.

5.7 Analytical Uncertainties

Isobaric interference of '°B with 10Be represents the largest potential source of

analytical uncertainty of the '°Be measurements, and all analyses with high boron

interference were rejected. Contamination with meteoric 10Be is a potential concern for

cosmogenic '0Be measurements, but analyses of chemical blanks indicate that this type of

contamination is negligible in our samples. The estimated precision of the '°Be

measurements, which varies from 3.4 to 10% for our samples, is primarily a function of

the degree of isobaric 10B interference, counting time, and '°Be activity level.
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Uncertainties in the weight of dissolved quartz and amount of added carrier are negligible

in comparison to other sources of error.

Of the four duplicate measurements on splits of quartz from the same boulder,

prepared separately for analysis, (e.g., WTO-1B and WTO-1C), three agree within

measurement uncertainty. The reason for the poor agreement of the one duplicate pair is

unclear. For those boulders with duplicate analyses, the weighted mean of the two

measurements is taken as the best representation of that boulder age. We interpret the

mean boulder exposure age, weighted by measurement precision, as the best

approximation for moraine age (cf. Gosse et al., 1995b; Licciardi et al., submitted). We

follow this approach because we consider that scatter within the age groupings is equally

likely to have its source in either analytical uncertainties or geological phenomena. The

errors quoted for the weighted mean ages of each moraine incorporate analytical

uncertainties and the estimated 2 error in the production rate of cosmogenic '°Be, but do

not include qualitative estimates of additional error imparted by scaling uncertainties.

5.8 Results

The mean 10Be ages resolve the timing of three distinct glacial events in the

Wallowa Mountains, and constrain the timing of near-complete deglaciation from the

terminal position at Wallowa Lake (Table 5.1; Figure 5.5). The coherency of the data

from each landform allows us to identify statistically significant differences in weighted

mean ages between events that occurred on millennial time scales (2-4 kyr).

5.8.1 Wallowa Lake Moraines

Crandell (1967) described the spectacular, large moraines that enclose Wallowa

Lake at the foot of the Wallowa Mountains (Figures 5.1 and 5.2). Based on moraine

morphology and soil characteristics, Crandell argued that these arcuate, nested moraines

represent "at least four glaciations, of which three may be represented by two or more
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Table 5.1: Beryllium data for Wallowa moraines. Duplicate 10Be measurements on splits
of quartz from the same boulder, prepared separately for analysis, are labeled TTY-2A
and TTY-2B, etc. Cosmogenic '0Be concentrations marked "#" are normalized to the
surface, and in the case of the Glacier Lake samples, corrected for shielding by snow and
topography. Snow corrections assume an attenuation coefficient of 160 g cm2, and
thickness corrections assume an attenuation coefficient of 145 g cm2 (Brown et al., 1992)
and a rock density of 2.8 g cm3. Production rates are scaled to high latitudes at sea level.
Scaling factors are the ratio of production at sample location to production at high
latitudes at sea level, following La! (1991, table 2). Quoted uncertainties incorporate
analytical error only. The magnitude of additional uncertainties is discussed in the text.



Table 5.1: Beryllium data for Wallowa moraines.
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Sample Thickness Altitude
(cm) (km)

Latitude
(deg. N)

Longitude
(deg. W)

'°Be
(iO at g')

10Be#
(10 at g)

Scaling
factor

Age
(°Be ka)

Wallowa Lake TTO unit
TTO-2B 1.75 1.530 45.3207 117.1959 3.63±0.16 3.69±0.16 3.555 20.6±0.9
TTO-3B 1.75 1.536 45.3187 117.1949 3.77±0.13 3.83±0.13 3.571 21.3±0.7
TTO-7A 2.00 1.524 45.3259 117.1986 3.73 ± 0.27 3.80 ± 0.28 3.539 21.3 ± 1.6
TTO-9B 1.00 1.509 45.3282 117.2003 3.57±0.19 3.60±0.19 3.498 20.4± 1.1
ITO-lOB 1.25 1.524 45.3262 117.1988 3.99±0.19 4.04±0.19 3.539 22.7± 1.1
TTO-11A 1.50 1.481 45.3327 117.2047 3.72±0.22 3.78±0.22 3.427 21.9± 1.3
Wallowa Lake TTY unit
TTY-1B 1.75 1.558 45.3120 117.1929 2.96±0.15 3.02±0,16 3.628 16.5±0.9
TTY-2A 1.75 1.551 45.3139 117.1939 1.90±0.16 1.93±0.16 3.612 10.6±0.9
TTY-2B 1.75 1,551 45.3139 117.1939 2.35 ± 0.20 2.39 ± 0.20 3.612 13.1 ± 1.1
TTY-3B 1.75 1,542 45,3172 117.1953 2.98±0.25 3.03±0.26 3.587 16.7± 1.4
TTY-6A 2.00 1.524 45.3253 117.1992 2,85 ± 0.21 2,90 ± 0.21 3.539 16.3 ± 1.2
TTY-8A 2.00 1.498 45.3293 117.2020 3.66 ± 0.26 3.73 ± 0.27 3.470 21.3 ± 1.5
TTY-1OB 1.50 1.487 45.3306 117.2034 3.51 ± 0.24 3,56 ± 0.24 3.442 20.5 ± 1.4
TTY-12B 1.50 1.509 45.3168 117.2211 3.51±0.19 3.56±0,19 3.498 20.2±1.1
TTY-13B 1.75 1,439 45.3350 117.2075 2.74±0,12 2.79±0.12 3.317 16.7±0.7
Wallowa Lake WTO unit
WTO-1B 1.75 1.475 45.3235 117.2221 2.94±0.14 2.99+0.14 3.410 17.4±0.8
WTO-1C 1.75 1.475 45.3235 117.2221 3.13±0.14 3.18±0.15 3.410 18.5±0.9
WTO-3B 1,75 1.466 45.3248 117.2222 2.65±0.14 2,70±0.15 3.387 15.8±0.9
WTO-4A 1.75 1.460 45.3255 117.2226 2.97+0.13 3.02±0.13 3.371 17.8±0.8
WTO-5A 1.75 1,454 45.3258 117.2228 2.82±0.10 2.86±0.10 3.356 16.9±0.6
WTO-9B 2.00 1.405 45.3373 117.2156 2.60±0.16 2,65±0.16 3.233 16.3±1.0
Glacier Lake moraine
GL-5C 2.50 2.504 45.1596 117.2847 3.48+0.19 3.75±0.20 7.044 10.5±0.6
GL-6C 1.50 2.503 45.1595 117.2848 4.28±0.38 4.69± 0.42 7.039 13.2± 1.2
GL-7B 1.00 2.502 45.1597 117,2840 3.50±0.19 3.93±0,22 7.038 11.1±0.6
GL-7C 1.00 2.502 45.1597 117.2840 3.44±0.32 3.86±0.36 7.038 10.9± 1.0
Outer Lostine Valley moraine
LO-6B 1.50 1.155 45.4516 117.4122 2,77+ 0.20 2.81 ± 0.21 2.666 21.0± 1.5
LO-7C 2.00 1,146 45.4532 117,4125 2.21 + 0.15 2.25±0.15 2.647 16.9± 1.1
Inner Lostine Valley moraine
LO-2C 2.25 1.134 45.4527 117.4234 2.14±0.15 2,18+0.15 2.621 16.5±1.1
LO-3B 1.75 1,134 45.4530 117.4223 1.71±0.13 1.74±0.13 2.621 13.1±1.0
LO-3C 1.75 1.134 45.4530 117.4223 1.74± 0.16 1.77± 0.16 2,621 13.4± 1.2
LO-4B 1.50 1.137 45.4509 117.4178 2.03±0.10 2.06±0.10 2.628 15.6±0.8
LO-5C 1.50 1,189 45.4453 117.4151 2.69±0.27 2.73±0.27 2.737 19.8±2.0
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Stratigraphic Order > Younger

Figure 5.5: Moraine ages for the Wallowa Lake and Glacier Lake moraines, plotted in
stratigraphic order from oldest (left side of graph) to youngest (right side of graph).
Error bars on each age represent analytical uncertainty only, and do not include
systematic errors due to production rate and scaling uncertainties. Horizontal lines and
quoted ages indicate weighted means of each landform. The older and younger age
clusters within the TTY unit are assigned to events associated with the TTO and WTO
moraines, respectively (see text for discussion). Outliers not included in weighted
means are shown as open symbols.
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stades" (p. C 145). The youngest two drift units mapped by Crandell (1967) (units W and

T) are characterized by abundant granodiorite boulders on grass-covered, relatively

sharp-crested moraines with a minimum amount of weathering (Burke, 1979); the older

units (J and C) have much more subdued topography and no surface boulders. Crandell

(1967) further subdivided each of the two younger units into younger and older drifts

(WTY, WTO, TTY, TTO), and suggested that they represent stadial events of two

glaciations. Crandell (1967) correlated unit W with the last (Pinedale, Tioga) glaciation,

and unit T with the penultimate (Bull Lake, Tahoe) glaciation. Burke (1979), on the

other hand, argued that relative dating methods could not distinguish unit W from unit T,

and lumped them into one unit (TW) representing a single glaciation, which he correlated

with the last glaciation (Pinedale, Tioga). Elsewhere in the western U.S., numerical

dating has demonstrated that glacial moraines with similar morphological and soil

characteristics as those at Wallowa Lake were deposited anytime from marine oxygen-

isotope stage 2 (e.g., Front Range Mountains of Colorado; Madole, 1986) to stage 3 (e.g.,

Yellowstone; Pierce et al., 1976) to stage 4 (e.g., McCall, Idaho; Colman and Pierce,

1986, 1992).

Adopting the map units of Crandell (1967), we sampled large granodiorite

boulders from segments of well-defined moraine crests enclosing Wallowa Lake,

encompassing units TTO, TTY, and WTO (Figure 5.1). Units TTO and TTY occur as

closely paired lateral moraines that flank Wallowa Lake (Figure 5.2). The crest-to-crest

distance between the two moraines is <50 m over much of their length. Unit WTO, the

innermost moraine sampled, occurs as a well-defined moraine at the north end of

Wallowa Lake. All sampled boulders from these moraines are located between altitudes

1400 to 1560m.

At face value, the cosmogenic '0Be ages from the TTO and WTO moraines yield

weighted means of 21.3 ± 0.7 and 17.1 ± 0.5 10Be ka, respectively (Table 5.1). Ages

obtained from portions of Crandell's (1967) TTY drift unit, however, exhibit a clear

bimodal distribution with two strongly coherent clusters centered on 20.6 ± 0.9 ka

(samples TTY-8A, -lOB, and 12B) and 16.6 ± 0.6 ka (samples TTY-1B, 3B, 6A, and

13B) (Table 5.1; Figure 5.5). One boulder age from this unit (TTY-2) is discarded as a

young outlier and is not considered in the weighted means of the age clusters. An
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explanation for the anomalously young age of boulder TTY-2 is unclear, but may be

related to analytical errors, as duplicate measurements from this boulder do not agree

well (Table 5.1).

We interpret the occurrence of the older and younger age clusters as indicating

that unit TTY, as mapped by Crandell (1967), does not represent a separate glaciation but

instead is most likely comprised of morainal ridge segments that are variously associated

with one of two discrete advances recorded by the TTO (older) and WTO (younger)

moraines. This revision can be accomodated by minor alterations in the details of

Crandell' s unit designations of morainal segments around Wallowa Lake. In similar

fashion, Burke (1979) had earlier recommended revisions to some of the specifics of

Crandell's (1967) unit divisions based on multiple relative age criteria. The segment of

the TTY moraine that occurs on the west side of Wallowa Lake (Figure 5.1), for example,

probably correlates to the TTO moraine on the opposite side of the lake, as indicated by

the age of boulder TTY-12 on this segment. Likewise, the innermost of the paired

moraines flanking the east side of Wallowa Lake, which Crandell designated as the TTY

unit, is most likely a lateral extension or at least a contemporary of the WTO end moraine

over much of its southern portion, as indicated by several ages on this segment. More

northerly segments of the innermost of the paired east-side moraines are equivalent in age

to the TTO moraine.

Accordingly, we assign the older and younger age clusters from Crandell's TTY

unit to events associated with the TTO and WTO moraines, respectively (Figure 5.5).

The earlier event has a weighted mean age of 21.1 ± 0.6 '°Be ka, with boulder ages (9

total) ranging from 22.7 to 20.2 10Be ka. The younger event has a weighted mean age of

17.0 ± 0.5 10Be ka, with boulder ages (9 total) ranging narrowly from 17.9 to 15.8 '°Be

ka. We consider these the best estimates for the ages of two distinct late-Pleistocene

glaciations recorded by the moraines at Wallowa Lake.



5.8.2 Glacier Lake Moraine

Kiver (1974) described remnants of a recessional moraine at Glacier Lake, located

25 km up the West Fork Wallowa River valley from the terminal moraines north of

Wallowa Lake and <1 km from the cirque headwall (Figure 5.3). The moraine is

characterized by large angular boulders with relatively sparse vegetation and thin soil

cover. Analyses of soil formed on the Glacier Lake moraine indicate the presence of

Mazama ash (Kiver, 1974), hence the moraine must be greater than the age of the ash

(7.7 ka; Bacon, 1983). We sampled large boulders from the crest of the moraine, and a

nearby polished bedrock surface. These sites occur at an altitude of 2500 m.

The age of the recessional Glacier Lake moraine is constrained by 4 '°Be

measurements (derived from 2 different boulders and one bedrock surface). The polished

bedrock surface is immediately distal to the moraine, and its age should therefore indicate

a maximum age for the moraine. Unlike the lower altitude moraines around Wallowa

Lake, a snow correction must be applied to the Glacier Lake boulder ages. Using the

available 20-year record of snow course data from the nearby Mt. Howard SNOTEL

station (elevation 2411 m) as a guide, we derive a snow cover correction that increases

the ages by 3-9% (following methods in Licciardi et al., 1999). The average daily water-

equivalent snow cover for the available record is about 16.3 cm at Mt. Howard. The

snow correction varies inversely with boulder height, and is largest (9%) for the flat

bedrock surface (GL-7). These corrections are comparable in magnitude to the snow

corrections estimated by Gosse et al. (1 995b) for the Titcomb Lakes moraines in the

Wind River Mountains. The cirque walls above the Glacier Lake moraines necessitate a

minor correction for shielding, which systematically increases the ages by 2%. The

adjusted boulder ages have a weighted mean of 11.0 ± 0.8 '0Be ka, and the bedrock

surface has an age of 11.1 ± 0.5 '°Be ka. The age difference between the WTO terminal

moraine position north of Wallowa Lake and the Glacier Lake moraine 1 km from the

cirque headwall therefore indicates a retreat of -25 km within 6 kyr.
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5.8.3 Lostine Valley Moraines

Crandell (1967) described multiple-crested moraines in the Lostine Valley 20 km

northwest of Wallowa Lake, with similar morphology and weathering characteristics as

the moraines at Wallowa Lake. We sampled boulders from two distinct arcuate, nested

moraines in the Lostine Valley, about 4 km south of the town of Lostine (Figure 5.4).

These sites are located between altitudes 1120 to 1190 m. Crandell (1967) correlated

these moraines with unit W at Wallowa Lake. In comparison to the moraines at Wallowa

Lake, the Lostine Valley moraines contain far fewer large boulders suitable for sampling,

hence we have a more limited number of analyses from these deposits.

The cosmogenic 10Be ages from the outer and inner moraines indicate mean ages

of 18.3 ± 1.5 and 15.1 * 0.6 '0Be ka, respectively (Table 5.1). The age difference

between the outer and inner moraines is stratigraphically consistent, but the limited

number of ages on these deposits makes it difficult to evaluate the significance of the age

distributions. The ages on these moraines also exhibit more scatter than is observed for

the other moraines in the study area, and it is suspected that at least some of the age

variability may be a consequence of anthropogenic disturbance of the boulders, most of

which lie in cleared pastureland. Consequently, we are unable to correlate the moraines

in the Lostine Valley with the moraines at Wallowa Lake with any confidence, although

it is clear that the Lostine Valley moraines record late-Pleistocene advances of the last

glaciation.

5.9 Discussion

The cosmogenic '°Be surface exposure ages we have obtained allow us to resolve

a number of key chronological issues regarding glaciation of the Wallowa Mountains.

Our results support Burke's (1979) conclusion that the innermost moraines at Wallowa

Lake (units W and T) were both formed during the last glaciation. Moreover, the '°Be

ages successfully resolve different surface exposure ages for the closely-spaced moraines

at Wallowa Lake that have similar morphologies and weathering characteristics. The
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ages indicate that unit TTY, originally defined by Crandell (1967) as a separate drift unit,

is actually comprised of morainal ridge segments that are very likely associated with

events recorded by the younger WTO and older TTO moraines. The improper

designation of a distinct TTY unit by Crandell (1967) reflects difficulties in correlating

segments of moraines on opposite sides of Wallowa Lake, in tracing continuous segments

of the closely-spaced, nested moraines around the lake, and in assigning units based

largely on relative age criteria.

Regardless of unit nomenclature, our cosmogenic age data indicate that only two

major glacial advances occurred at Wallowa Lake during the latest Pleistocene (Figure

5.5). The 21 10Be ka glacier advance at Wallowa Lake is correlative to the last glacial

maximum (LGM). Considering only those glacial records that are dated by cosmogenic

10Be, and hence can be directly compared to the cosmogenic 10Be chronology of

glaciation in the Wallowa Mountains, we note that the last Pinedale maximum advance in

the Wind River Mountains (mean age 20.3 '°Be ka) (Gosse et al., 1995a; Phillips et al.,

1997) also occurred around the time of the LGM. The younger advance at Wallowa

Lake, at -17 '0Be ka, is approximately correlative with the last Pinedale maximum

advance (l 6.4 3He/'°Be ka) in the northern Yellowstone region (Licciardi et al.,

submitted), and with events associated with the recessional moraines (mean age 1 7.4

10Be ka) behind the Pinedale terminal moraine in the Wind River Mountains (Gosse et al.,

1995a; cf. Licciardi et al., submitted). The youngest advance we have evidence for, the

1 1 '°Be ka event recorded by the Glacier Lake moraine, may be correlative to the

Titcomb Lakes moraines in the Wind River Mountains (Gosse et al., 1995b), which

records an advance that may have occurred during the Younger Dryas.

5.10 Conclusions

Two major late-Pleistocene alpine glacier advances at Wallowa Lake occurred at 21

and 7 10Be ka, each of which are represented by multiple morainal ridges that

record minor oscillations of the ice front.
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A recessional moraine 25 km upvalley from the former terminus at Wallowa Lake

records a minor advance or stilistand at -4 1 '°Be ka, and constrains deglaciation from

the terminal position to <1 km of the cirque headwall within 6 kyr.

Results demonstrate that application of cosmogenic 10Be surface exposure dating can

successfully resolve statistically different and stratigraphically consistent surface

exposure ages for young, well-preserved moraines having similar morphologies and

weathering characteristics that are otherwise indistinguishable by relative age criteria.

The 2 1 10Be ka glacial advance in the Wallowa Mountains is correlative with the last

glacial maximum, and the '-17 '°Be ka advance is correlative with the maximum

Pinedale advance of the northern outlet glacier of the Yellowstone ice cap.
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The mean value for the integrated Holocene production rate of cosmogenic 3He

(normalized to sea level at high latitudes) from calibration sites on lava flows in Oregon

is 116 ± 3 atoms/gram/yr. Individual estimates of 3He production rates are consistent

with determinations previously reported by other workers, and reinforce the feasibility of

dating very young (late Holocene) surfaces with the cosmogenic 3He method. Integrated

cosmogenic 3He production rates from the calibration sites exhibit small variations during

the Holocene, when there were significant fluctuations in the intensity of the Earth's

dipole moment, suggesting that production rates at mid-latitudes are weakly affected by

geomagnetic modulation of cosmic ray flux. These results corroborate and expand on the

findings of previous workers, thereby establishing further constraints that refine the

accuracy of the cosmogenic 3He dating method.

New AMS radiocarbon ages from gastropods in shore deposits within the pluvial

Lake Chewaucan basin, Oregon, combined with geomorphic evidence and correlation to

lake-level data from the adjoining Fort Rock basin, identify an abrupt rise and fall of lake

level at '-12 14C ka. Geomorphic observations suggest that this lake-level oscillation is

associated with an overflow of the coalesced lake in the three eastern subbasins into the

Summer Lake subbasin. The influence of hypsometry and the consequences of river

diversion on lake level and shoreline development in the Chewaucan basin illustrate

important non-climatic mechanisms for modulation of lake levels in Great Basin pluvial

lakes. The -12 14C ka lake-level high in the Chewaucan basin is coeval with lake-level

lows in the well-dated records of pluvial lakes Bonneville and Lahontan, and with a

period of relatively wet conditions in the more southerly Owens Lake basin. This spatial

pattern of pluvial lake levels in the western U.S. at 12 '4C ka is not explained by the

conceptual model of a migrating polar jet stream as a dominant control on paleolake
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levels in the Great Basin, and may indicate a variable synoptic response to climate

forcing at this time.

The cosmogenic 3He and 10Be surface exposure ages obtained from this research

resolve a number of key chronological issues regarding alpine glaciation of the northern

Yellowstone region, Montana, and the Wallowa Mountains, Oregon. In both ranges, the

strongly coherent cosmogenic data from each landform clearly identify the timing of

distinct glacial events that occurred on millennial time scales (2-3 kyr). Cosmogenic 3He

and 10Be ages indicate that the northern Yellowstone outlet glacier reached its terminal

moraine at 16.7 3He ka / 16.2 10Be ka. Near full-glacial recessional moraines are

indistinguishable in '°Be age from the terminal moraine. Cosmogenic 10Be ages indicate

that the Deckard Flats readjustment, which represents a stabilization of the outlet glacier

at about half of its maximum extent, occurred at 13.8 ka. In the Wallowa Mountains,

two major late-Pleistocene alpine glacier advances occurred at 2l and 17 '°Be ka, each

of which are represented by multiple morainal ridges that record minor oscillations of the

ice front. A recessional moraine 25 km upvalley from Wallowa Lake records a minor

advance or stillstand at l 1 '0Be ka, and constrains deglaciation from the terminal

position to <1 km of the cirque headwall within -6 kyr.

A direct comparison between the 10Be-based glacial chronologies of the northern

Yellowstone ice cap, the Wallowa Mountains, and the Wind River Mountains reveals

correlative advances among these ranges. At the last glacial maximum (2 1 ka), glaciers

in the Waflowa and Wind River Mountains were at or near their maximum positions,

while ice in northern Yellowstone was restricted. At -17-16 ka, the northern

Yellowstone outlet glacier reached its maximum extent, and a maj or advance occurred in

the Wallowa Mountains, while the formation of recessional moraines behind the Pinedale

terminal moraine in the Wind River Mountains records a stabilization of the ice front in

the range at this time. The youngest event in the Wallowa Mountains, at 1 1 ka, may be

correlative to the Titcomb Lakes moraines in the Wind River Mountains, which records

an advance that occurred during the Younger Dryas cooling event.

The out of phase relationship between glaciers in the Yellowstone and Wind

River glacial systems at the last glacial maximum implies that these regions may have lay

under the influence of two contrasting paleoclimatic regimes, despite their proximity.



This observation reinforces the suggestion derived from the pluvial Lake Chewaucan

record that late-Pleistocene climate in the western United States was characterized by

spatial variability, and stresses the importance of identifying mechanisms of climate

change that may be responsible for synoptic climate responses.
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Preparation of 10Be Target Material From Granitic Rocks
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Introduction

We use standard techniques of rock crushing and grinding, isolation of quartz by

repeated acid leaching with solutions of HC1, HNO3, and HF, and preparation of target

material by ion-exchange chemistry. We have complete laboratory facilities at Oregon

State University for all aspects of sample preparation. The entire procedure is described

in detailed step-by-step instructions below. The quartz isolation procedure is largely

based on previously described methodology (Kohl, C. P., and Nishiizumi, K., 1992,

Chemical isolation of quartz for measurement of in-situ-produced cosmogenic nuclides:

Geochimica et Cosmochimica Acta, v. 56, p. 3583-3587), with modifications derived

from trial-and-error laboratory experience, and as required by our available laboratory

facilities. The procedures for preparation of '°Be target material from purified quartz

evolved from working closely with Ed Brook, and have benefited greatly from many

helpful suggestions by John Stone, Darryl Granger, John Gosse, Stephan Vogt, Pankaj

Sharma, Mike Bourgeois, and several others. The net yield of Be from beginning to end

is generally 80-85%.

A key element of the procedure involves liquid chromatography in ion-exchange

columns. Experiments were conducted as part of this research to develop an optimal

procedure for separation of beryllium by anion and cation exchange methods. The goal

of these column calibration experiments was to design a chemical procedure that results

in maximum isolation and yield of Be. Multi-element standard solutions containing

known concentrations of Ti, Al, Mg, Na, K, Ca, and Be were introduced into resin-filled

columns, and the eluant fractions were analyzed by ICP AES (Figure A.!). Many

different combinations of resin volume, acid strength, and eluant volume were tested in

order to identify the most effective procedure (see outlined procedures below). The anion

exchange procedure successfully removes 100% of Fe and 65% of Ti, and results in a

95% yield of Be. The cation exchange procedure removes close to 100% of Ca, Al, and

Na, 95% of Mg, 65% of K, and 30 % of Ti, and results in a 98% yield of Be. The net

result of the combined anion and cation procedures is to produce a high-yield, purified Be

sample that contains residual amounts of Ti, K, and Mg.
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Figure A. 1: Results of column calibration experiments. Symbols indicate
incremental % (from total) of each ion contained in successive aliquots of
eluant draining from the columns following the recommended laboratory
procedures. For the anion column experiment, aliquots 1 through 10 are
concentrated TM grade HC1, whereas aliquots 11 and 12 are 1 N HC1. The
first 20 mL of eluant are collected to recover the beryllium. For the cation
column experiment, aliquots I through 50 are 0.6 N HC1, whereas aliquots 51
and 52 are 6 N I-Id. The first 130 mL of eluant are reserved, and the next 100
mL of eluant are collected to recover the beryllium.
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Isolation Of Quartz From Bulk Rock

The goal of this procedure is to isolate and maximize the purity and yield of quartz from a bulk
rock sample.

Crush rock in large jaw crusher. Isolate the desired size fraction (that which approximates
size of average quartz grain) by dry sieving.

For the larger rock fragments that remain after crushing, use a pulverizer (disk mill) to
produce mono-mineralic grains of as large a size as possible. Grains should be smaller than the
average size of quartz grains (between 0.500 and 0.125 mm is suitable for most granitic rocks).
Discard the fine fraction, as this will inevitably be lost by decanting later, and removing it at this
stage reduces the amount of acid consumed by dissolving it, and minimizes clogging of the
isodynamic separator.

Before leaching in acid, remove strongly magnetic minerals (magnetite, large amphiboles,
etc.) with a powerful hand magnet and set aside. Magnetite in particular is relatively unaffected
during subsequent HF leaching and should be removed.

If the sample has a significant proportion of mafic minerals, remove these more weakly
magnetic mineral phases using the Frantz isodynamic separator and set aside. This effectively
separates out most of the amphibole and biotite, leaving behind a granular sample composed
almost entirely of quartz and feldspar. These preliminary mechanical separations minimize the
acid that is consumed by dissolution of the mafic mineral phases.

Under a fume hood, leach ground sample for 24 hours in 10% HC1 I 0.03% H202 solution
(% wlw). Leach in a preheated ultrasonic tank that is run continuously during the leach. Use 1 g
sample per 10 mL solution (i.e., 400 g sample per 4 L bottle). The HC1 will dissolve carbonates
and iron oxides. Mix the acid solution before adding to rocks. Always add acid to water, never
the other way around!!! Be careful of effervescent reaction; leave screw tops somewhat loose
for ventilation. Be sure to use a hanging basket in the sonicator tank to prevent bottles from
coming into contact with sides and bottom of the tank.

Carefully pour acid waste into waste barrel; do not pour down sink! Use a funnel and avoid
splashing. Be very careful that sample does not slump forward and out of bottle while decanting
acid solution.

Rinse thoroughly several times (3 times is sufficient) with ultrapure water and discard fines
with rinse water. Do this by filling the bottle with water, shaking vigorously, then allowing
sample to settle before decanting the rinse water.

Leach the sample in a 25% HNO3 solution (% wlw), with the same sample:acid ratio as for the
HC1 I 11202 leach. This will dissolve lichen and other organics that remain after the HC1 / H202
leach. There is no need to dry the sample before this leaching; after the final rinse following the
HC1 / H202 leach, add HNO3 solution directly to the bottle containing the wet sample.

Pour acid waste into waste barrel and rinse as in steps 6 and 7 above.

Laboratory Procedures
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With clean plastic spoon, scoop out sample into a clean dry glass beaker, label, and place in
oven to dry (set on 1OO°C). When dry, transfer sample to clean labeled plastic container.

Under a fume hood, leach sample for 24 hours in an ultrasonic tank with a water bath
heated to 95°C (or less). The water bath should be pre-heated, and the sonicator must be run
continuously during the leach. At a concentration of 2% HF / 1% HNO3 (% w/w), use a ratio of
15 g sample per 1 L of acid solution (i.e., -6O g sample per 4 L bottle). Use an acid-repellent lab
coat, thick rubber gloves, safety goggles, acid fume mask, and other safety apparel when working
with HF. Be sure to keep water level up in the ultrasonic tank throughout the leach.

After leaching, decant acid waste into waste barrel and rinse sample several times with
ultrapure water. Rinse the outsides of the bottles with tap water to remove any splashed HF. For
the sample rinsing, fill the bottle to the top for the first rinse, then fill only half-way for the
second and third rinses. Shake the bottles vigorously with the rinse water, particularly after the
first HF leach, to break up lumps of sample that tend to stick together. Remaining lumps should
be crushed with a plastic spoon before proceeding to next leach. Some fines will unavoidably be
lost with the rinse water.

Repeat steps 11 and 12 three more times (for a total of four 24-hour HF leaches). No need to
dry and weigh sample between each leach; typically start with 6 bottles for a single sample (or
more for samples with low quartz content) for the 1st HF leach, then distribute the remaining
sample evenly among 4 bottles before the 2nd HF leach. Keep the sample, although diminished
in weight, in 4 bottles through the 3rd HF leach, and then divide the remaing sample into 2 bottles
for the 4th HF leach. Repeated leaching removes meteoric '°Be, ensures sufficient purity for 26A1
measurement, and does not result in significant loss of quartz.

After the 4th HF leach, rinse sample thoroughly (fill bottles to the top with ultrapure water at
least 3 times). Scoop sample into clean glass beaker and dry in an oven. Transfer the dried
sample to plastic container. Use only new or acid-cleaned containers for storing the quartz
separates. Avoid dust as much as possible. Containers need not be "sterile," but should be
soaked overnight in 1% HNO3 and dried before use.

Run dried quartz through Frantz one last time to remove all remaining magnetic minerals.
Place sample in a single 4 L bottle and leach in HF one last time (a <12-hour leach is sufficient).
Dry in oven and transfer to clean plastic container to await ICP AES analysis.

Rinse 4 L bottles and caps inside and out with distilled water, and follow with a rinse of the
inside with ultrapure water before storing.



Sample Preparation For ICP AES

Following HF leaching, all quartz samples should be analyzed with ICP AES to determine quartz
purity. As a general rule, concentrations of major elements (Al, Fe, Ti, Mg, Na, Ca, K) should
fall below 500 ppm (by weight) before quartz is considered ready for further processing. If the
concentrations measure above 500 ppm, the quartz must be leached again in HF and re-analyzed
until the quartz reaches sufficient purity.

Mix stock solution of 10% HNO3 (enough for all samples plus standards and a blank). Weigh
out exactly 100 mL stock solution into clean or new plastic containers. Label each container.

Using standard solution and volumetric pipettes, prepare multielement standards with a range
of concentrations that bracket the expected concentrations of these elements in the samples.

Clean out carbon crucibles by wiping the interior several times with a KimWipe. Weigh out
precisely 0.90 g lithium metaborate and 0.10 g quartz, and mix together on weighing paper with a
clean spatula. Transfer to carbon crucible. Place crucibles on piece of paper with numbered
circles (carbon crucibles cannot be labeled directly).

Allow muffle furnace to heat to 1050°C (allow about 45 minutes). With asbestos gloves, long
tongs, and shaded safety glasses, place crucibles in oven (in a pre-arranged order, no more than 6
at a time) for about 30 minutes.

Remove crucibles with tongs and immediately transfer molten glass bead to plastic containers
with acid solution. Place hot crucibles on an appropriate surface. Insert a clean stirring rod and
place on stir plate for about 30 minutes, or until sample is completely dissolved. Alternatively,
place the containers on a shaker table and agitate until samples are completely dissolved. Weigh
any material remaining in the crucibles and make a mass correction if necessary.
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Adding Be Carrier and Quartz Dissolution in HF

Determine appropriate weight of sample for analysis (between 20 and 40 g). Ideally half or less
of the available clean quartz sample should be used, but this will not always be possible.

Obtain clean 360 mL Teflon screw top jar. It must be more than large enough to hold XmL of
HF, where X = (5 x sample weight) in g.

Obtain clean SO mL glass beaker, place on analytical balance, and tare the balance to zero.
Transfer appropriate amount of sample into beaker. Record initial weight in notebook. Sample
should be well mixed before addition to ensure that the split taken is representative of the entire
sample. Be careful of dust generated by pouring samples into the beaker.

Transfer sample into Teflon jar and replace glass beaker on analytical balance. Record weight in
notebook. This gives the weight of quartz grains left behind in the glass beaker, which must be
subtracted from the initial measurement of the quartz weight.

Wet quartz grains in Teflon jar by spraying gently with ultrapure water. This prevents grains
from jumping and clinging to the beaker walls due to static electricity.

Add an appropriate amount of Be carrier (between 0.5 and 1.0 mg). Invert the Be carrier bottle a
few times to homogenize the solution and to ensure that drops of condensation on the inside of
the cap are mixed in. Place the capped bottle on the analytical balance and record the initial
weight (and if possible, confirm that it equals the final weight from its last use). Remove the
carrier bottle, uncap, and pipette carrier solution into the Teflon beaker. Eject the carrier
smoothly, being careful not to leave a drop in the tip. Rinse pipette tip inside and out with
ultrapure water into Teflon beaker. Recap the carrier bottle as quickly as possible and re-weigh
it. Record the weight; the balance will read the solution weight removed. Calculate the Be
added.

At the end of each session, record the final weight of the carrier bottle for future cross-checking.
Screw the cap on firmly and seal with parafllm before storage.

Add HF acid quantity described above (5 x sample weight) to Teflon jar. Be careful at this point
not to splash or otherwise lose any solution. Solution loss will affect Al measurements, but will
not affect Be measurements.

Tighten the lid down, then back it off'-/4 turn. Place beaker on hotplate on low setting (100°C)
in fume hood. The bottle must not be gas-tight. Don't swirl the contents of the jar at first; the
initial reaction can be vigorous. Never shake the jar. Teflon should not be heated above 200°C.
Monitor hotplate temperature with a surface thermometer.

Once the reaction has subsided (after a few hours), the hotplate can be turned up to -150°C.
From this point on, the jars can also be swirled occasionally to mix HF down into the dense
H2SiF6 forming around the quartz grains. Samples should dissolve completely in 24-48 hours,
although some undissolved residue occasionally remains in some samples.
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Preparation Of Blanks

Each batch of samples should include a blank. Prepare the blank as follows:

Obtain clean 360 mL Teflon screw top jar and add the same amount of Be carrier as was added to
the samples. Record the weight, to four decimal places, of added Be carrier solution.

Add the same amount of acid as was added to the samples. For example, if the sample weight
was 30g, and 150 mL HF was added to dissolve the sample, then 150 mL HF should be added to
the Be carrier in the blank beaker. From this point on, treat the blank in exactly the same manner
as a regular sample.

Evaporation of HFLHC1O4 mixture

After dissolution, turn the hot plate off and allow the Teflon jars and solutions to cool. Carefully
remove the lid. There will be drops on the underside of the lid, and these should not be lost. The
drops can be eliminated by tapping on the beaker top to knock them back into solution, and then
by screwing the lid on tightly and inverting the jar to capture the remaining drops. Place lid in
clean plastic bag or set aside in the hood.

With a clean disposable pipette, add 1 mL 1:1 HC1O4 (perchloric acid) to the solution in each
Teflon jar.

Return Teflon jars to the hotplate in a perchioric acid hood (several jars may be placed on a
single hot plate). Turn hotplate on medium-low (-1 50CC). Be sure other electronic equipment is
removed from hood.

Evaporate samples to near dryness. Depending on the volume of solution this may take as long as
24 hours. Be aware of the risk associated with leaving open beakers to evaporate solutions
overnight on the hotplate.

After the initial drydown, add 1 mL 1:1 HC1O4 to each Teflon jar, swirl to dissolve, and return to
the hotplate. Evaporate to dryness. Repeat once more. Successive perchioric evaporations
ensure removal of all fluorides from the sample.
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Conversion to Chloride Form

136

Remove the Teflon jar from the hotplate. Using a disposable pipette, add 2 mL of 6N HC1 (the
amount is not critical; samples with a very large residue may require a little more). The residue
should re-dissolve instantaneously, and in most cases will go back into solution entirely after
warming on the hotplate.

Return the jar to the hotplate and evaporate to dryness.

Repeat the 6N HC1 addition and evaporate to dryness again.

Re-dissolve a third time in 6N HC1, then evaporate as close to dryness as possible. Avoid
complete drying at the end of this step, in order to facilitate getting the sample back into solution
for anion exchange Don't be concerned, however, if drying is unavoidable.

Successive HC1 evaporations should have eliminated fluoride (from the HF) and HC1O4 almost
entirely. Fe, Ti, Al, Be, and other ions should be left as chloride salts ready for anion exchange.
The final solution will generally be colored a deep yellow-green by FeC13. By the end of this
procedure, however, some samples may have thrown a fine, powdery white Ti02 precipitate that
will not re-dissolve. No Al or Be is co-precipitated with the Ti, which should be removed by
centrifuging before anion exchange.

Transfer To Centrifuge Tube

Add 2 mL of concentrated TM grade HC1 to Teflon beaker, swirl to dissolve, and transfer
carefully to clean labeled I S mL centrifuge tube.

Add another 2 mL of concentrated TM grade HCI and swirl to insure that sample residue in
Teflon beaker has dissolved completely, then transfer to centrifuge tube. Use as little liquid as
possible (should be mL in the tube).

If you are not proceeding immediately to the column chemistry, keep tube covered with a cap
and/or two layers of parafllm and store in a clean cabinet.



Column Setup Procedure

Before embarking on the ion exchange procedures, the columns must be assembled. In order to
successfully reproduce the column separations, it is imperative that the columns are filled with
exactly the same volumes of resin as used in the development of the recommended procedures.
In these procedures, separation is achieved by passing the dissolved sample through a resin-
packed column (see attached materials list for the proper column supplies). Once set up, the resin
can be used repeatedly for a large number of samples.

PACKING THE COLUMNS WITH RESIN:
Columns, stopcocks, and accessory funnels should be soaked in cleaning solution (10% 11NO3)
prior to setup. Clamp the column onto the stand, and screw the stopcock fingertight onto the
column. Before introducing resin into the columns, it must be slurried with ultrapure water. To
do this, add a small amount of resin to a clean plastic container, and add enough ultrapure water
to form a loose slurry. Fill the column part-way with water, open the stopcock valve, and pour
the slurried resin into the column in small additions. The resin should settle out gradually and
evenly as it is added; do not to allow the resin to settle out completely between additions, as this
may result in heterogeneities in the resin packing. Continue to add slurried resin to the column
until the proper volume is reached. If too much resin is added, adjust resin volume with a
disposable pipet.

ANION COLUMNS:
Fill the anion columns with anion exchange resin until the level is -1 mm below the upper plastic
bushing of the column; this is equivalent to approximately 7 mL resin. All anion columns must
have exactly the same volume of resin in order to achieve equivalent results. The resin volume
will shrink and swell as different buffer strengths are added, and should eventually equilibrate to
a level 4-5 mm below the upper plastic bushing of the column. It is imperative that new resin is
thoroughly rinsed with concentrated TM grade HC1 in order to flush out organic material that
bleeds from the resin in strong acid. The organic material will be clearly visible as orange-brown
residue in the eluant. In order to precondition new anion resin, first run 30 mL iN HC1 through
the column as a preliminary cleaning measure, and then add concentrated TM grade HC1 (should
require >200 mL) until the eluant runs clear. Following this, perform one entire anion procedure
(described below), but with no sample. Only after this preconditioning should the column be
used for an actual sample.

CATION COLUMNS:
Fill the cation columns with exactly 10 mL cation exchange resin; the level should be -1 18 mm
above the lower plastic bushing of the column. After filling the first column, use a permanent
marker to mark an equivalent level on all cation columns to be filled, so that each has exactly the
same volume of resin. As with anion resin, it is imperative that new cation resin is
preconditioned in order to flush out organic material, although the material that bleeds from the
cation resin is not as clearly visible as that from the anion resin. In order to precondition new
cation resin, first run 30 mL 0.6N HC1 through the column as a preliminary cleaning measure,
and then add 6N HCI (should require >200 mL) until the eluant runs clear. Once the 6N HC1 has
drained through, add 50 mL of iN HC1 to the column to allow gradual expansion of the resin.
Following this, perform one entire cation procedure (described below), but with no sample. Only
after this preconditioning should the column be used for an actual sample.
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WHEN TO CHANGE THE RESIN:
After preconditioning, the resin can be used indefinitely for ion exchange, as long as it is properly
cleaned between samples. There are, however, two common circumstances when the resin should
be changed.

The cation resin volume shrinks and swells more dramatically than anion resin as different
buffer strengths are added, which creates potential problems in maintaining homogeneity of resin
packing. The procedures are designed to minimize these shrink-swell problems, however it
sometimes occurs that the level of the cation resin does not rebound to its former volume (which
should be marked with a permanent marker) at the end of a cation procedure, and the flow rate
becomes restricted. If the column is filled with ultrapure water and allowed to soak overnight, the
resin volume will usually rebound. If it does not, the resin must be discarded and replaced.
Occasionally this problem can be solved by removing the resin and repacking the column with
the same resin, and this should be tried first.

A discoloring of resin that persists after thorough column cleaning indicates that undesireable
ions are permanently trapped in the column. This is most common in the anion columns. The
discolored resin should be discarded and replaced. It is sometimes sufficient to draw out just the
upper portion of the resin bed with a disposable pipet, and then refill the column with new resin
up to the former volume.



Anion Exchange Column Procedure

COL UMN PREPARATION:
Run 30 mL iN HC1 through the column as a preliminary cleaning measure.

Condition the column with 30 rnL concentrated TM grade HC1. Once the solution has drained
through, discard the eluant in the HCI waste bottle.

Rinse and label a clean 250 mL Teflon beaker with the sample name. Rinse and label a new 60
mL plastic bottle with the sample name and the date. Label this bottle "Anion Eluant."

LOADING THE SAMPLE:
Centrifuge the tube containing the chloride-converted sample for 15 minutes. This will remove
all insoluble residue from the sample solution.

Place the Teflon beaker under the column and make sure the valve is open. Carefully and slowly
pour sample directly from centrifuge tube into column, leaving behind insoluble residue at the
bottom of the tube. Allow solution to draw into the resin. Do not reuse the centrifuge tube.

Add 10 mL concentrated TM grade HC1 to the column and collect eluant in the beaker. Add
another 10 mL concentrated TM grade HC1 to the column and collect in the beaker.

When elution is complete, add 1 mL 1:1 HC1O4 to the solution in each Teflon beaker. The
perchioric acid will oxidize any organic material that may have bled from the resin during the
elution. Bleeding of organic material in the presence of full-strength HCI is particularly common
when the resin is relatively new.

Place the beaker on a hotplate at low heat (l20'C), and evaporate to dryness. Some samples
may take on a brownish orange hue that indicates the presence of oxidized organic material.

Convert the sample back to chloride form as before by adding 2 rnL 6N HC1 and drying (three
times). The samples are now ready for cation exchange.

CLEANING THE COL UMN:
Place the "Anion Eluant" bottle under the column and add 60 mL iN HCI (in two 30-mL
additions) to the column. The resin should return to its original color and the eluant should
appear clear. If it does not, continue adding more iN HCI. Save eluant in the plastic bottle.

Add 50 mL ultrapure water to the column. Discard eluant. Add a few mL of ultrapure water to
the column and cover to prevent the resin from drying out.
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Cation Exchange Column Procedure

COL UMN PREPARATION:
Run 50 mL ultrapure water through the column as a preliminary cleaning measure.

Condition the column with 30 mL 0.6N HC1.

Label 2 plastic bottles, 250 mL and 60 mL, with the sample name Label the 250 mL bottle "Cat
Eluant" and label the 60 rnL bottle "Al Fraction."

SAMPLE PREPARATION:
Add 2 mL 0.6N HC1 to the Teflon beaker containing the final product of the anion exchange
procedure and swirl to ensure that all the residue inside the beaker has dissolved. Transfer
contents to a centrifuge tube by carefully pouring; the liquid should form a single bead and roll
smoothly out of the Teflon beaker.

Add another 1 mL 0.6N HCI to the Teflon beaker, swirl, and transfer the rinse to the centrifuge
tube (should be --3 mL in the tube). At this point some samples may be clouded with a fine white
precipitate which must be removed before introduction into the cation columns. Centrifuge for
15 minutes.

LOADING THE SAMPLE:
Place the "Cat Eluant" bottle under the column and make sure the valve is open. Use a
disposable pipette to transfer the sample from the centrifuge tube to the resin bed, being careful
not to draw any white precipitate into the pipette. Add the solution to the resin 1 mL at a time
and allow it to draw into the resin between additions.

COLLECTING THE FRACTIONS:
Add 130 mL of 0.6N HC1 to the column reservoir and allow to drain through, being careful to
minimize disturbance of the upper surface of the resin bed. Collect in the "Cat Eluant" bottle.

Place a clean Teflon beaker for the Be fraction under the column, and add 100 mL of 0.6N HC1 to
the column reservoir. Once the elution is complete, place the beaker on a hotplate at about
120CC, and evaporate to dryness. The evaporation process will take several hours, but can be
accelerated with a heat lamp.

Add 50 mL of 6N HC1 to the column reservoir and collect in the "Al Fraction" bottle.

Add 50 mL of 6N HC1 to the column reservoir and collect in the "Cat Eluant" bottle. Save the
bottles with the Al fraction and eluant for future processing and/or ICP analysis.

CLEANING THE COL UMN:
Add 50 mL of iN HC1 to the column. Discard eluant. The addition of weak acid before adding
water will allow a gradual expansion of the resin and prevents rapid and uneven constriction of
pore spaces.
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Add 100 mL of ultrapure water to the column. Discard eluant. Add a few mL of ultrapure water
to the column and cover to prevent the resin from drying out.



Precipitation of Beryllium Hydroxide

Always wear gloves when handling the sample, and keep the centrifuge tube and crucible
covered as much as possible to avoid contamination by dust.

TRANSFER TO CENTRIFUGE TUBE.
Add 2 mL of 0.6N HC1 to the Teflon beaker containing the final product of the cation exchange
procedure and swirl to ensure that all the residue inside the beaker has dissolved. Transfer
contents to a centrifuge tube by carefully pouring; the liquid should form a single bead and roll
smoothly out of the Teflon beaker. Add 2 mL of 0.6N HC1 to the beaker, swirl, and transfer rinse
to centrifuge tube. Bring solution volume up to 5 mL by adding 1 mL ultrapure water to the
centrifuge tube and mix well on the vortex mixer.

REMOVAL OF Ti:
Add concentrated TM grade NH4OH to solution, mixing it on the vortex mixer, until the solution
reaches pH 5 (this should require '-300 microliters NH4OH). To check the pH, remove 25
microliters of the sample with a pipette (being careful not to touch the inside of the centrifuge
tube with the pipette shaft) and apply to pH indicator paper. If the pH shoots past 5, adjust
acidity by adding drops of 1:1 HNO3 and re-check the pH. If the sample contains Ti, a white
precipitate will form. Centrifuge for 15 minutes. Pour supernatant into another clean centrifuge
tube labeled "Be" and save. Re-label the old tube with the precipitate as "Ti" and set aside.

PRECIPITATION OF Be(OH),:
Add NH4OH to supernatant in the Be tube, mixing it on a vortex mixer, until the solution reaches
pH -8 and a white Be(OH)2 precipitate has formed (this should require 50 microliters NH4OH).
Mix well on the vortex mixer.

Centrifuge for 15 minutes. Pour supernatant into the centrifuge tube labeled "Ti" and save. Be
careful not to pour out any precipitate.

Add 100 microliters of 1:1 HNO1, swirl on a vortex mixer until precipitate has dissolved
completely, then bring solution volume up to 5 mL by adding ultrapure water to the centrifuge
tube. Swirl again on a vortex mixer.

Re-precipitate Be(OH)2 by adding 200 microliters NH4OH. Mix well on the vortex mixer.

Centrifuge for 15 minutes. Pour supernatant into the "Ti" centrifuge tube.

Bring solution volume up to 5 mL by adding pH 8 water to the centrifuge tube, swirl on vortex
mixer to slurry, centrifuge for 15 minutes, and pour supernatant into the "Ti" centrifuge tube or a
bottle. Repeat this rinsing step twice more. Repeated washing and rinsing of the precipitate
should help remove possible boron contamination from the sample.

If you are not proceeding immediately to the oxidation step, keep tube covered with a cap and/or
two layers of parafilm and store in a clean cabinet. Save all supernatant in a 30 mL plastic bottle.
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Oxidation of Beryllium Hydroxide

Quartz crucibles and caps should be cleaned before use by boiling in 50% HNO3/10% HF for an
hour and drying in an oven. This will remove any boron that may be on the outside surface of the
quartz. The caps may be used again, but they should be cleaned by boiling in 10% HNO3 for at
least an hour between uses. The crucibles will not be reused for other samples.

TRANSFER TO CRUCIBLE:
Obtain a clean quartz crucible and weigh it on an analytical balance to 4 decimal places. Record
the weight in notebook. Label the crucible and rinse well with ultrapure water. * *Make sure to
weigh the crucible before it is labeled and rinsed.**

Add 150 microliters ultrapure water to the final precipitate in the centrifuge tube. Mix on a
vortex mixer to form a slurry, and carefully pour the slurry into the quartz crucible. Add another
150 microliters ultrapure water to the centrifuge tube, swirl, and pour the rinse into the crucible.
Occasionally a precipitate residue will remain in the tube, and an additional rinse will be
necessary.

Place uncovered crucible on a hot plate at a medium-low (1 50°C) setting and evaporate to
dryness. The sample is very vulnerable to contamination at this stage, and the evaporation
should be conducted in a clean air hood if possible. The sample material may become white
and powdery. **Be aware that static electricity buildup may cause the powder to fly around
when handling with vinyl gloves. From this point on, use an antistatic gun and/or antistatic
gloves to prevent the powdered sample from jumping out of the crucibles, and use metal tongs
whenever possible to transport the crucibles.**

OXIDA TIONAL TERNA TIVE 1.
Heat the crucibles in a Bunsen burner flame under a fume hood for 10-15 minutes to convert all
of the material to BeO. Cover the crucibles with quartz caps during the flaming to avoid
contamination by dust. The labels will burn off, so be sure to keep track of which samples are
being flamed. If necessary the samples can be sorted out based on the final crucible weights.

OXIDA TIONALTERNA TIVE 2.
Heat the crucibles in a furnace at 1100°C for one hour to convert all of the material to BeO.
Cover the crucibles with quartz caps during the heating to avoid contamination by dust. The
labels will burn off, so be sure to write down the arrangement of the labeled crucibles in the
furnace. If necessary the samples can be sorted out based on the final crucible weights.

Wait until crucible is completely cool, remove cap, then re-weigh the crucible containing the
sample to 4 decimal places. Record the weight in notebook. After weighing, cover with
aluminum foil that has been rinsed with ethanol and dried in an oven (or allowed to dry in a clean
air hood). Label the foil cover and crucible, then place the sample in a clean container. The foil
caps are not as tight-fitting as parafllm, but wrapping the crucibles in parafilm should be avoided
because this will generally cause a serious static electricity problem.
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Mixing of Beryllium Oxide with Silver Powder

Transporting BeO target material in crucibles has several disadvantages. The BeO powder tends
to hold a strong static electricity charge, and spreads out on the inside walls of the crucible during
transport. This makes it very difficult to effectively remove all of the material from the crucible
and increases the risk of sample cross-contamination during unwrapping and sample loading.
These difficulties are generally eliminated by mixing the BeO target material with silver powder
and wrapping in weighing paper before transporting or mailing to the AMS lab. The addition of
silver powder significantly reduces static electricity and is required to improve the ionization
efficiency of the AMS machine. The recommended silver powder is 325 mesh, 99.99+% pure,
from Aldrich Chemical Co. Use a new pair of antistatic gloves for each individual sample
wrapping and clean off workbench between wrappings to avoid cross-contamination.

Place a piece of 3"x3" weighing paper on the analytical balance, and tare the balance to zero.
Weigh out X mg of silver powder, where X = (5 x BeO sample weight), i.e., use a BeO:silver
mixing ratio of 1:5, and record the exact weight in notebook.

Transfer the silver powder to the crucible containing the BeO material, and mix thoroughly with a
clean spatula (preferably Teflon-coated) that has been neutralized with an antistatic gun.

Fold a new piece of 3"x3" weighing paper to form a receiving "cone," and transfer the BeO-
silver mixture into the weighing paper. A small amount of material will unavoidably be left
behind on the walls of the crucible. Tap the material into a corner of the weighing paper, fold
into a small package, label, and wrap with parafilm. Tape package to a piece of paper that is
labeled with the sample name and weights of the BeO material and silver powder.
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Working Solutions:

Chemical Reference Sheet

Note: the recipes for 0.6, 1, and 6 N BC! follow the simplifying approximation that concentrated HCI has a normality
of 12 (the actual value is -12.l). The logic behind this simplification is that it allows measurement of "round-
numbered" volumes for the working solution recipes (e.g., 100 mL instead of 96.2 mL), which presumably will
decrease the chance for inaccurate or mistaken measurements. All procedures described above,as well as the column
calibrations, were performed using the recipes given below, hence these must not be modified.

Parent Reagents:
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Name Formula Usual % strength of
concentrated reagent

Normality Grade

Hydrochloric Acid FICI 35-38% w/w 12.1 N ACS, TM

Nitric Acid I-[NO3 68-71% w/w 15.9 N ACS, TM

Hydrofluoric Acid HF 49% w/w 28.9 N ACS

Hydrogen Peroxide H702 31% w/w 9.8 N ACS

Perchloric Acid HCIO4 69-72% w/w 11.7 N ACS

Ammonium Hydroxide NH4OH 20-22% w/w 14.5 N TM

Label Uses Recipe

"10% HC1 / 0.03% H202" Preliminary acid leaching of ground rock
sample.

10.94 L water + 4.05 L ACS grade BC! + 14
mL H202 (quoted cone, in % w/w)

"25% HINO3" Secondary acid leaching of ground rock
sample.

9.65 L water + 5.35 L ACS grade 1*403
(quoted cone, in % w/w)

"2% HF / 1% HNO3" Etching of ground rock sample and
isolation of quartz.

14.19 L water + 0.60 L HF + 0.21 L HINO3
(quoted cone, in % w/w)

"10% HINO3" ICP analysis stock solution; general
purpose cleaning solution.

1800 mL water + 200 mL cone. ACS grade
HNO3

"0.6 N HC1" Cation columns - conditioning, loading
and Be elution.

1900 mL water + 100 mL cone. TM grade HCI

"1 N HC1" Anion columns - pre-cleaning and
stripping. Cation columns - post-cleaning
and conditioning.

1100 mL water + 100 mL cone. TM grade BC!

'6 N HC1" Cation columns - Al elution and
stripping. Conversion of samples to
chloride form.

Equal parts water + cone. TM grade HC1

"TM grade HCI" Anion columns - conditioning, loading
and Be elution.

Cone. TM grade HCI

"TM grade NH4OH" Beryllium hydroxide precipitation. Cone. TM grade NH4OH

"1:1 HNO3" Beryllium hydroxide precipitation. Equal parts water + cone. TM grade HNO3

"1:1 HC1O4' Dry-down oxidations. Equal parts water + cone. HC1O4

"50% HNO3 /10% HF" Cleaning of quartz crucibles and caps. 80 mL water + 100 mL cone. ACS grade
1*403 +20 mL cone. HF



Basic Facilities and Equipment at OSU
Braun Chipmunk (jaw crusher)
Bico Pulverizer Type UA (disk mill)
USA Standard Testing Sieve Set
Frantz Isodynamic Separator, model L-1
Large Hand Magnet
Barnstead Type D4700 NANOpure Analytical Deionization System, model D4744
Standard, Perchloric Acid, and Laminar Flow Hoods
Branson Ultrasonic Water Tank, model DHA- 1000
Denver Instrument M Series Analytical Balance, model M-220D
Thermolyne Cimarec-Top Hot Plates
PTC Spot Check Surface Thermometer, model 573C
Thermolyne Maxi Mix II Mixer
Fisher Centrific Model 228 Benchtop Centrifuge
Fisherbrand Finnpipette Single-Channel Pipetter Set
Thermolyne 1550 Muffle Furnace (for oxidizing samples)
Laboratory Oven (for drying samples)

Ion-Exchange Column Supplies (see column setup procedure)
Kontes Flex-Column Economy Columns:

1.0 cm inner diameter, 10 cm length, Fisher cat. # K420400-l0l0 (anion columns)
1.0 cm inner diameter, 20 cm length, Fisher cat. # K420400-1020 (cation columns)

Bio-Rad Resins:
AG 1-X8 Resin, 100-200 mesh, chloride form, Bio-Rad cat. # 140-1441 (anion exchange resin)
AG 50W-X8 Resin, 100-200 mesh, hydrogen form, Bio-Rad cat. # 142-144 1 (cation exchange resin)

Bio-Rad Econo Column Funnels, Bio-Rad cat. # 731-0003 (one per column)
Bio-Rad 2-Way Stopcocks, Bio-Rad cat. # 732-8102 (one per column)
Column support stand and clamps

Miscellaneous Laboratory Materials
Savillex 360 mL Teflon jars, Savillex part # 0112 (for quartz dissolution)
Chemware Teflon PTFE Griffin Beakers, 250 mL, Fisher cat. # 02-586-IH (for eluant collection)
Nalgene 4 L Polypropylene bottles, Fisher cat. # 2121-0010 (for preliminary acid leaching)
Nalgene 250 mL bottles, Fisher cat. # 02-893-SD (for collection and storage of eluant)
Nalgene 60 mL bottles, Fisher cat. # 02-893-SB (for collection and storage of eluant)
Nalgene 50 L LDPE carboy with spigot, Fisher cat. # 02-963 C (for storage of ultrapure water)
Nalgene Polypropylene Graduated Cylinders: 1000, 500, 250, 100, 50, 10 mL
Plastic or Teflon Spoon (for sample transfer)
Pyrex 250 mL beakers (for drying samples)
Pyrex 50 mL beakers (for quartz weighing)
plastic containers (for storage of purified quartz)
Disposable Transfer Pipets, 5 mL, Fisher cat. # 13-71 1-9A
Fisherbrand 15 mL Graduated Polystyrene Tubes, Fisher cat. # 05-527-45 (for centrifuging)
pH indicator paper, Whatman Type CF strips, Fisher cat. # 09-876-18
quartz crucibles (custom-made by California Custom Glass)
quartz crucible caps, Fisher cat. # 08-072A
Nalgene Wash Bottles, 1000 and 500 mL (for accurate volume delivery of acids and ultrapure water)
Antistatic gun and gloves (for handling powdered BeO)
Paraflim
Neoprene apron
heavyweight disposable vinyl gloves
TRlonic Tripolymer Gloves (for working with HF acid)
safety goggles or face shield
acid fume mask
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Appendix B

Labeled Sample Location Maps
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Figure B. 1: Labeled sample locations on the Eightmile and Chico moraines. See
Figure 4.2 for additional details.
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Figure B.2: Labeled sample locations at Wallowa Lake. See Figure 5.1 for
additional details.
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Appendix C

Derivation of 10Be Data
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Introduction

Derivation of the '0Be data involved a large amount of data manipulation and

required a number of assumptions. The purpose of this appendix is to document some

details of the data derivation process.

Data Corrections

The raw 10Be data from the AMS machine at PRIME lab were subjected to two

main corrections, one for background activity and one for boron interefence.

Blank and Background Corrections

A total of 16 chemical blanks were prepared along with the geologic samples.

These blanks, which were prepared using the 9Be carrier solution provided by PRIME

lab, were treated in exactly the same maimer as the geologic samples throughout the

laboratory procedures, and were analyzed by AMS. Activity detected in the blanks was

used as a guide to obtain a background correction that was subtracted from the

unknowns. A unique background correction must be calculated for each individual run

on the AMS machine. For any particular run, the straight mean URIS (where UR/S

uncorrected '°BeI9Be ratio, not normalized to the PRIME lab standard) from all blanks

analyzed during that run was calculated, and this blank-derived mean value was then

uniformly subtracted from each URIS value for unknowns from that run. A 100%

uncertainty was assigned to all background corrections (e.g., 3 ± 3), but because the

corrections were generally quite small (-1 -2%) in comparison to the activity level

(counting rate) of the unknowns, this large uncertainty in the corrections has a minimal

impact on the overall uncertainty of the URIS values for the unknowns. The blank

correction is presumed to incorporate background activity arising from any contamination

of the blanks as well as machine background, and effectively subtracts this from the
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activity signal of the unknowns. For the JJ run (code for '°Be run of April 2000) at

PRIME lab, the background correction is 3 ± 3 x 0-', and for the IN run (code for '°Be

run of July 2000) at PRIME lab, the background correction is 9 ± 9 X 1015.

Boron Interference Corrections

Contamination of samples with boron has two potentially important effects that

were corrected for. The first effect is that at the high energies within the AMS machine

at PRIME lab, boron has the potential to undergo nuclear reactions and become converted

to 7Be within the detector, which will be indistinguishable at this stage from 10Be events.

This produces a boron-induced background activity that must be subtracted. In order to

accomplish this, a boron interference correction (IFCF) must be derived and applied.

Derivation of the IFCF correction requires a complex series of calculations that is beyond

the scope of this discussion, but is essentially based on the observed trend in the counting

rate of unknowns over a range of boron interference levels. The magnitude of the IFCF

correction is proportional the boron interference level, and is negligible for low boron

samples. Further complicating matters is that the IFCF corrections may vary over the

course of a single run as properties of the detector window change through time. For the

JJ run at PRIME lab, the IFCF correction is 6 ± 6, and for the iN run at PRIME lab, the

IFCF correction is 2.6 ± 2.6 for the early part of the run, and 11 ± 11 for the later part of

the run. Different IFCF corrections are necessary because the detector window was

changed midway through the IN run.

The second potentially important effect of boron interference is that the presence

of boron will broaden the band widths of energy spectra within which '°Be events are

counted in the detector. This phenomenon can be accounted for by widening the

collection gates of the detector during measurements. For some samples, the gates were

not set wide enough during the run to capture all '0Be events, and the number of counts

had to be computationally adjusted after the measurements were performed. This is

called a tails lost correction, and its application is accompanied by a reduction in
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precision of the final value. Most tails lost corrections resulted in adjustments of >10%

of the original values.

Calculation of Precision

The precision of the '°Be measurements is dependent in part on the degree of

isobaric '°B interference, and in part on the counting time and 10Be activity level. The

greater number of events resulting from longer counting times and higher '°Be activity

levels corresponds to greater precision, following Poisson counting statistics. These

counting times and activity levels, and therefore the associated precision, varied widely

among the samples. In addition, as discussed in the previous section, corrections must be

applied for '°B interference. Because of the uncertainty associated with these corrections,

their application reduces the precision in proportion to the magnitude of the correction.

The large sample-to-sample variability in 10Be activity levels and '°B interference

therefore results in a wide range of quoted precision among individual measurements.

Data Rejection

As noted in Chapters 4 and 5, the largest potential contributor to analytical

uncertainty of the '°Be measurements is isobaric interference of 10B with 10Be. We

rejected all measurements with high boron interference, thereby minimizing uncertainties

imparted by this effect. A large number of measurements, particularly those obtained in

the early stages of the project, were deemed unacceptable due to high boron interference.

In later stages of the project, the detector of the AMS machine was redesigned to block

boron more efficiently, and all of the '°Be data that form the basis of Chapters 4 and 5

were obtained during these later runs. The degree of boron interference is assigned an

INTF value by PRIME lab; higher INTF values correspond to greater boron interference.

All measurements with a mean INTF> 110 over all cycles were rejected. The decision

of which value of mean INTF to use as a cutoff is necessarily arbitrary, but it was noted
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that for the JJ and IN runs at PRIME lab, the most appropriate break in values occurs

between INTF 110 and INTF = 120. Above INTF = 110, precision becomes markedly

poor due to large interference corrections, and nearly all high boron samples yielded

results that are outliers with respect to the data populations from their landform of origin.

Also, because the interference and background corrections are derived from

measurements that all have INTF values of <100, they are of questionable use for high

boron samples, and it would be unwise to place much significance on corrected

measurements with INTF values much higher than 100. The most judicious approach

therefore is to reject all measurements with high INTF values.




