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The uniclue properties of high shear low R, zero inertial rotation, and

strong diurnal variations of the upper equatorial ocean provide an ideal set-

tings for testing models of turbulent mixing. Initially, we utilize inverse

methods to construct the long-term balances of zonal momentum and heat

in the upper 200 meters of the equatorial Pacific Ocean at 152°W from mete-

orological and oceanic data. Then we use the time-independent forcing terms

obtained from inverse analysis to drive a simple critical-Ri model of turbu-

lence, modified from Price et a1. (1986) by excluding the bulk Richardson

number mixing and adding a background diffusion of constant diffusivity.

The modeled steady-state velocity, temperature, turbulent fluxes and dif-

fusivities are consistent with analysis. However, strong transient behavior of

the model with a time scale of 100 days due to vertical advection underscores

the importance of spin-up of a turbulence model before investigating effects

of time-varying surface forcing.
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When solar radiation is allowed to vary diurnally, the simulated diurnal

cycle of turbulent mixing has two prominent phases: during the day, the solar

insolation creates stratification that interrupts the strong turbulent transfers

between the westward wind and the eastward ETJC core; during the night, the

surface cooling re-establishes their interaction through a 100-rn deep water

column. The diurnal cycle of turbulent dissipation compares well to the

Tropic Heat 1984 measurements.

The model uses oniy a local gradient Richardson number criterion to pa-

rameterize mixing. Model tests show that the inclusion of a bulk Richardson

number criterion (as used in previous model simulations) distorts the turbu-

lent mixing in both the steady and diurnally varying cases. The model peri-

odically (7 days on average) results in an intense mixing event, then allows

the gradual build-up of shear until the next catastrophic mixing event (even

when all forcing terms are time-independent). The model produces smaller

mean vertical gradients and highly intermittent time series of modeled veloc-

ity and temperature near the surface. It seems inconsistent to include both

the bulk and the gradient Richardson number as mixing criteria in a model

of turbulence.
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Long-term Momentum and Heat Balances and

Thrbulent Mixing

in the Upper Equatorial Pacific Ocean

Chapter 1

General Introduction

Strong diurnal cycles of current, temperature, and dissipation rates of tur-

bulent kinetic energy, were detected during the Tropic Heat measurements

of November 1984 (TH84) at 140°W in the upper equatorial Pacific (Gregg

et al., 1985; Mourn and Caldwell, 1985; Toole et aL, 1987; Peters et al., 1988;

Moum ci al., 1989). During daytime, when solar heating stablized the upper

layer, only weak turbulent dissipation was measured and limited to the top

10 meters most of that time. During nighttime, surface cooling deepened

the surface mixed layer and destabilized the flow further down, dissipation

of order m2 s was observed to extend to depths of 80 rn. The observed

dissipation rate at mid-latitides is 100 times smaller, with much shallower

penetration below the nighttime mixed layer depth (Shay and Gregg, 1986;
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Price et al., 1986, hereafter, PWP). The upper equatorial Pacific was also ob-

served to have high vertical shear, strong surface heating, a westward wind

stress, a sharp thermocline, and an energetic equatorial undercurrent (EUC)

as deep as 120 m (Knox and Halpern, 1982; Gregg et ai., 1985; Mourn and

Caidwell, 1985). Consequently, the gradient Richardson number, R, was low

and close to its critical value, 0.25, in the upper water column as deep

as 100 m, another property rarely seen at mid-latitude.

Therefore, it is important to study the diurnal cycle of turbulent mixing

and its interaction with the large-scale equatorial flow system. The prop-

erties of high shear, low Richardson number, and zero Coriolis force, in the

upper equatorial ocean, provide a unique setting for testing numerical models

of turbulence and improving our knowledge of mixing processes in the ocean.

One of the obvious models, suggested by the low gradient Richardson num-

ber, is a simple critical-Ri model introduced by PWP. It is a one-dimensional,

time-dependent mixed-layer model of the upper ocean, based on shear insta-

bility as its mixing mechanism and requires the fewest adjustable parameters

in models of its class. PWP applied the model to simulate diurnal cycles of

turbulent mixing in the mid-latitude oceans. Schudlich and Price (1992)

(hereafter, SP) simulated the diurnal cycle observed (luring the 12 days of

TH84 at 140°W on the equator, using the PWP model.

The long-term steady state of the upper equatorial ocean are proved to

possess the same properties observed during the short-term cruises. A recent

study of historic hydrology data at 152°W showed high shear and low R

(also close to 0.25) in the upper 70 m, implying persistent strong turbulent

mixing at the equator on a long-term basis (Luau et al., 1991a).
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However, studying the effects of the diurnal cycle using simple models of

turbulence calls for a comprehensive prescription of model forcing, which was

not clone by previous studies (e.g., SP). A systematic approach to such goals

has been pursued in this dissertation. Because the short-term observations

like Tropic Heat 84 supplied only a very limited clata set, long-term data sets

are used to study the steady-state system of the upper equatorial dynam-

ics and thermodynamics (Chapter 2). The comprehensive understanding of

the upper ecivatorial ocean provides a sound basis for the study of turbulent

mixing and the interaction between the air and sea'. Model simulation of the

steady-state turbulent mixing was very helpful for evaluating general model

performance and for looking at the transient behaviors that might seriously

contaminate the diurnal signals (Chapter 3). With these major questions

cleared, the details of the diurnal processes in the upper ecivatorial ocean

can be effectively modeled and better understood, and model paraineteri-

zations of turbulent mixing be assessed when compared with observations

(Chapter 4).

Chapters 2 through 4, titled "Long-Term Budgets of Momentum and

Heat in the Upper Equatorial Pacific", "A Critical-Ri Model of Turbulent

Mixing Applied to the the Upper Equatorial Pacific', "Models of the Diurnal

Cycle of Mixing in the the Upper Equatorial Pacific", respectively, are papers

coaut.hored with Drs. Clayton A. Paulson and P. Ted Strub. The papers are

to be submitted for publication in either the Journal of Geophysical Research,

the Journal of Physical Oceanography, or other suitable periodicals. They

are referenced as Luau et ci. (1993a), Luan et ci. (1993b), and Luan et a1.

(1993c) in chapters other than its own ecjuivalent.
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Chapter 2

Long-Term Momentum and Heat Balances in the
Upper Equatorial Pacific Ocean

Abstract

Long-term observations of velocity and temperature in the equatorial Pacific

were analyzed to obtain budgets of zonal momentum and heat in the upper

200 m at 152°W. The inverse analysis yielded vertical profiles of vertical ye-

locitv, terms in the momentum and heat balance equations vertical turbulent

fluxes of momentum and heat and turbulent cliffusivities for momentum and

heat.

The estimate of vertical velocity vs. depth is close to parabolic, zero at

the surface, increasing to a maximum of 2.7 x i0 m s1 at a depth of 100 iii

and decreasing to a value close to zero at 200-rn depth. This estimate of ver-

tical velocity is in good agreement with the average of previous observations

when allowance is made for the variation with longitude of the depth of the

maximum. Vertical velocity from the inverse analysis is in poor agreement

with previous results from a general circulation model.
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The estimated zonal momentum balance in the high shear region above

the equatorial undercurrent core (ETJC, 125-m depth) is dominated by the

zonal pressure gradient, the vertical turbulent transport divergence and ver-

tical advection. Below the EUC core, the dominant terms are vertical and

horizontal advection. All terms are insignificant compared to the residual

at 200-rn depth. The vertical integral of the zonal pressure gradient is close

to the wind stress. The wind stress estimated from the inverse analysis

(0.048 N rn2) is in excellent agreement with preious estimates from the

wind field.

The estimated hea.t balance between 70 and 200-rn depth is dominated

by zonal and vertical advection. In the upper 70 m, vertical turbulent heat

transport divergence and meridional eddy transport divergence are also im-

portant terms. I-Ieat flux at the surface estimated from the inverse analysis

is more than twice as large (97W m2) as previous estimates from meteoro-

logical observations (40 \'V m2). Even though a value larger than 40W rn2

is plaiisible, it is within the range of uncertainty of the inverse estimate.

Turbulent cliffusivities for momentum and heat were estimated as func-

tions of depth. The ratio of the diffusivities is close to one and they decrease

from 0.0047 m2 s at the surface, consistent with a log-layer estimate, to

0.0010 at 80-rn depth. The near-surface estimates of diffusivit are close to

pre\Tious estimates based on observations of dissipation, but the dissipation

estimates decrease much faster with depth and are approximately an order of

magnitude smaller than the inverse estimates at a depth of 80 mu. This result
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agrees with a Previous conclusion that turbulent viscosity must be larger

than the dissipation estimates to balance momentum. The reason for the

discrepancy may he clue to the transport. of momentum by internal waves.

2.1 Introduction

The momentum and heat balances in the upper 200 meters of the equatorial

oceans have features different from those at higher latitudes. In the equatorial

Pacific, the easterly trade winds drive a westward surface flow, the South

Equatorial Current (SEC), which causes a water mass buildup in the western

Pacific. The sea level difference between the western and eastern Pacific

induces a zonal pressure gradient, which drives an eastward subsurface jet

as strong as liii s , the equatorial undercurrent (EIJC). The vertical shear

in the zoual velocity is as large as 0.02 s_i between the SEC and EIJC,

which causes strong turbulence and vertica.l mixing, evident in microstructure

measurements (Gregg ct al., 198.5; Chereskin ct ai., 1986; Peters ct ai., 1988;

Dillon et al.. 1989; Mourn ct al., 1989).

The trade winds drive polewarcl Ekrna.n transport both north and south

of the equator which, in turn, drives upwelling to compensate for the loss

of mass at the ediva.tor. Upwelling causes a tongue of cold water in the

eastern equatorial Pacific (Fig. la). Large transports of momentum and heat

are associated with both vertical and horizontal advection on the equator

(Fig. lh). The strong stratification also supports the existence of internal

waves.
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Figure 1. Contours (a') of mean sea surface temperature and (h) of mean

temperature vs. depth in the eciiiatorial mid-Pacific from Levitus (1982). The

location (O°N, 152°W) of the analysis reported in this paper is marked.



The steady-state zonal momentum and heat conservation ecluations can

be written as

-aL _DU _DU DU'U' DV'U' 1DP 1DFrn
+ (2.1)

Dy a Dx Po

DT DT DT DU'T' DV'T' 1 dFh
+ (2.2)

Dx Dy Dz Dx Dy poC Dz

where

Fm PoKmy (2.3)

p0C1,K (2.4)

Here x, y and Z are positive eastward. northward and upward (z 0 at the sea

surface), respectively; U, /, lV and T are the zonal, meridiona.l and vertical

velocities and temperature, respectively; P is the pressure, Po is density. and

C is specific heat of seawater; and F), are the vertical turbulent fluxes

of zonal momentum and heat. respectively; Km is the vertical turbulent

viscosity and K, the vertical turbulent diffusivity of heat. Except for Po and

C. all variables are functions of z. The long-term mean, denoted by overhars,

is intended to he an average over a year or longer; the fluctuations, denoted

by primes, are variations with time scales from a clay to a year (Bryclen

and Brady, 1989). Contributions of horizonta.l turbulent fluxes with scales

less than those of meso-scale eddies are neglected on the basis that horizontal

gradients of velocities are orders of magnitude smaller than vertica.l gradients.

Interannual variabilities and El Nido phenomena are beyond the scope of this

paper.
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The objective of the present paper is to construct long-term balances of

zonal momentum and heat in the upper 200 meters at 152°W in the equato-

ria.l Pacific. While many studies of large-scale momentum and heat budgets

in the equatorial Atlantic or Pacific have been reported (Bryden and Brady,

1985; Pares-Sierra t of., 1985; Enfield, 1986; Philander and Pacanowski,

1986b; Brvden and Bradv 1989; Wacongne, 1989 and 1990), little effort

has been devoted to the vertical structure of the momentum and heat bal-

ances at this location. We will examine how different processes contribute

to conserving momentum and heat. In Section 2.2 we survey the long-term

observations of meteorology and the upper ocean at 152°W on the equator.

In Section 2.3 we describe the inverse method. The inverse solutions for the

vertical velocity are discussed in Section 2.4, the zonal momentum balance

in Section 2.5, the heat balance in Section 2.6, the turbulent fluxes of zonal

momentum and heat. in Section 2.7. The inverse solutions for the turbulent

cliffusivities are presented and compared to previous results from microstruc-

ture experiments in Section 2.8. Section 2.9 is on the gradient Richardson

number and Section 2.10 contains conclusions. Sensitivities of the inverse

solutions to a variety of weighting methods, representations of vertical ye-

locity and turbulent fluxes. values of background turbulent dliffusivity, and

perturbations of forcing terms, are piesenteci in the Appendix.
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2.2 Observations

In this section we describe observations in the upper 200 m near 0°N, 152°W,

and estimate the magnitude of terms in the momentum and heat balance

ecluatiolls (Eqs. 2.1 and 2.2). The surface wind stress and heat flux and the

terms in the equations are estimated as a prelude to the inverse analysis

described in the next section.

Surface wind stress and net heat flux at 0°N, 152°W, have been esti-

mated by a number of investigators. The climatological average wind stress

estimated by Wyrtki and Meyers (1976) is 0.048Nrn2 (positive east-

ward), ahout 20% smaller than the value 0.06 + 0.02 Nm2 estimated by

Hellerman and Rosenstein (1983). The stress varies seasonally by a factor

of 2 at this location (Hellerman and Rosenstein, 1983). The climatological

average net surface heat flux is estimated to he 40 vV m2 (net heating)

with a 9.5% confidence interval of +50W m2 (Weare ef al., 1981; Esbensen

and Kushnir, 1981). In this study we chose 0.05 N m2 and 40W m2 as

imposed values of surface wind stress and net heat flux, respectively.

The primary observations of currents used in this paper were reported by

Knox and Halpern (1982) and analyzed by Brvclen and Brady (1989). An

array of moorings was deployed within a degree of the equator at 152°W for

the 15-month period from April, 1979 to June. 1980. In addition, currents

observed from a mooring on the ecivator at 140°W from August, 1983 to July,

1985 (Halpern and Weisherg. 1989) are used to ol)tam horizontal derivatives

of zonal velocity. No El Niflo occurred during either of the observation pe-

nods. Data was recorded at five depths of 20, 50, 100, 150, and 250 m for
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152°W. and at seven depths of 10, 20. 50, 75, 100, 150, and 250 in for i40°W

(Fig. 2). Bryden and Brady (1989) estimated tha.t zonal velocities at 152°W

had standard errors increasing from about 0.03 ms-1 at 250 iii to 0.10 iii s1

at and above a depth of 120 m. The error estimates at 140°W were similar

(Halpern and Weisberg, 1989).

Zona.1 velocity in the upper 10 meters at. 140°W and 20 meters a.t 152°W

was estimated by extrapolation. The extrapolation is composed of an upper

and a lower segment. The upper segment is a. logarithmic profile which

extends downward from the depth of an estimated roughness length,

z0 = 0.0001 iii:

(z) (o in . for z < Zo (2.5)
K

where U0 is the velocity at z z0, u = r?/(ITI po) is the friction velocity,

r3. is the surface wind stress, and i = 0.4 is the von Ka.rman constant. The

lower segment is a. linea.r extrapolation upward from the two uppermost data.

points. The segments meet at a depth where the have equal values of zona.1

velocity and vertical shear. These matching conditions determine the match-

ing depth and the value of 11/O. For r. = 0.05 N ii2, U0 0.32 ms and

the matching depth is 1.94 iii at 1 52°W, and I 0.43 m s1 and the match-

ing (lepth is 1.31 rn at 140°W. Because the current data and temperature data.

used in this paper does not resolve vertical scales better than 1 m, we take the

velocity averaged over the top 1 in as the surface value for tT(z) at z 0. For

r = 0.05 Nm2, U(0) = 0.18ms1 at 152°\'V, and (0) = 0.29ms1

at 140°W. Varying r. by +50% or z0 by plus/minus an order of magnitude
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Figure 2. Long-term mean observations at 152°W used as forcing for the

inverse analysis. The solid and dashed lines are fourth-order splines fit to the

observations (symbols) in the upper 250 in. Zonal velocity, U, (solid line) and

its vertical gradient are from Bryden and Brady (1989). The zonal velocity

gradient, 7/3x, is obtained from the difference between the observations

at 152°W and those reported by Halpern and Weisberg (1969) at 140°W

(dashed). Temperature, , and its zonal and vertical gradients are from

Levittis (1982).
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changes 71(0) by only 0.01 m s1. Therefore, the above method of extrap-

olating zonal velocity to the surface is not sensitive to changes in and

o.

We have inserted a maximum velocity of 1.2 mu at the depth of 125 mu at

152°W, in addition to the clata available from the moorings. The need for this

additional point is clue to the poor vertical resolution in the observations at

the undercurrent core. The estimate of the depth and strength of maximum

velocity is based on the average velocity profile observed during the Hawaii-

Tahiti Shuttle Experiment between 150°W and 158°W (Wyrtki and Kilousky,

1984). The shape of the velocity profile is assumed similar in both cases.

Continuous vertical profiles of zonal velocit were obtained by fitting the

observations, the estimated maximum, and the extrapolated values in the

surface layer with a fourth-order sphine. The fitted curves are plotted in

Fig. 2 for the upper 200 m, the region of interest. The vertical gradient of

zonal velocity at 152°W is the derivative of the spline-fitted U(z). The zonal

gradient of zonal velocity is determined from the difference between 71(z) at

152°W and that at 140°W.

We can estimate the magnitude of the zona.l acivection term, UU/Dx,

from Fig. 2. The zonal velocity is of order 1 mu and the zonal gradient

371/d;r has a maximum of 2 x i0 s. The zonal advection term is therefore

of order 2 x 10 ms2.

We may also estimate the magnitude of the meridional acivection term,

VT7&y. The observed mean meridional velocity V has a magnitude of

0.04 m s1 (Bryclen and Brady, 1989). The standard error increases from
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about 0.015ms1 at deeper levels to 0.035ms near the surface. We ap-

proximate dlJ/Dy with a. parabolic interpolation to data a.t each depth of the

three moorings at 152°W within 72 km north and south of the equator (Bry-

den and Brady, 1989). The resulting magnitude of VdU/dy is 3 x 108 ms-2.

femperature data used in this paper are from the climatological atlas of

Levitus (1982). The atlas has data. at standard depths 0, 10, 20, 30, 50, 75,

100, 125, 150, 200, 250. 300 m and below, with a horizontal resolution of 10

longitude by 10 latitude. We form the temperature field in the upper 300

meters for the vertical section along the ecivator from 147°\'V to 157°W by

fitting a parabola at each standard depth. Estimates of temperature and its

zona.l gradient are thus obtained a.t 152°W at each standard depth (Fig. 2).

Fourth-order splines are then fitted to the estimates to obtain continuous

profiles ofT and dT/dx in the upper 200 m a.t 152°W (Fig. 2). The vertical

temperature gradient, dT/dz, follows directly. Use of the ±5° zonal curve

fitting reduces noise caused by irregular sampling.

The magnitude of the zonal advection term, 77T/d.r. can be estimated

from the data. in Fig. 2. The estimated zona.1 gradient. dT/dx(z). has a.

maximum of 3.5 i0 °C m between 125 and 150 m. The term UdT/Dx

is thus of order 3.5 >< 10 °Cs1 or 0.3°C day1.

We may also estimate the magnitude of the rneridiona.i advection term,

VdT/Dy. Fitting a. parabola to the Levitus data. a.t each standard depth

from 2°S to 2°N along 152°W yields a. DT/dy of order 106 °C m1. Thus

8T/0ij is of order 4 x 108°Cs1.
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The horizontal, meso-scale, eddy transport terms were calculated by Br-

den and Brady (1989) from the time series of daily-averaged nieasiirements

of velocity and temperature at iIO°\'V and i52°W. Zonal differences were

then calculated between 152°W and iiO°W, and meridional differences were

calculated between 72kiri north and south of the equator at i52°W. The

divergence of meso-scale meridional eddy transport of zonal momentum is

of order iO- -2 The divergence of meso-scale merichona.l eddy transport

of heat is of order 1O °C s1. The zonal divergences of eddy transports of

zona.1 momentum and heat are both an order of magnitude smaller than their

meridional counterparts, respectively. The meridional terms are plotted in

Fig. 3 together with a linear least squares fit as a. function of depth. A linear

fit was used because the vertical structure in the values is thought to be

mostly noise (Brvclen and Brady, 1989).

Mangum and Hayes (1984) estimated the mean zona.l pressure gradient

force between 1 [O°W arid 152°W from the Equatorial Pacific Ocean Climate

Studies (EPOCS) and North Pacific Experiment (NORPAX) hydrographic

data, for the 1979 to 1981 period. The zona.l pressure gradient has a. value

of P0 = 4.5 x l0 ms2 at the surface and decreases to

within two standard errors of zero at 200 in. The pressure gradient varies

seasonally by a. factor of 2 of the annual mean (Mangnm and Haves, 1984).

Dillon d a/. (1989) approximated the vertical piofile with a Gaussian function

lap- --- = P0exp[-(-)2] (2.6)
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Figure 3. Long-term mean values of the meridional gradients of meridional

eddy transports of zona.I momentum and heat (Bryden and Brady, 1989) and

zonal pressure gradient (Mangum and Hayes, 1984) at O°N, 152°W. The

observations are marked by symbols and the solid lines are linear fits for the

eddy transport terms and a Gaussian function (2.6) for pressure.
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where P0 is the value of zonal pressure gradient at the surface: and h, is the

depth scale. A least squares fit to the mean zonal pressure gradient profile

in Mangum and Hayes (1984) yields = 4.56 x 10 m s2 and h1, 107 m

(Fig. 3c). With these values we have p1 f2OO aPjaxdz = 0.044 N m;

i.e., the vertically integrated zonal pressure gradient force is equivalent to a

westerly wind stress of 0.044 N n12, close to the wind stress of 0.05 N m2
specified for this study.

Because vertical advection of momentum and heat is expected to be large

at 0°N, 152°W, vertical velocity must he prescribed or estimated to balance

the budgets. Observations and models (Wyrtki, 1981; Hansen and Paul.

1984, and 1987: i3rvclen and Brady, 1985, and 1989; Halpern and Freitag,

1987; Philander et al., 1987: and Halpern et al, 1989) suggest that verti-

cal velocity increases from zero at the surface to maximum values of order

i0 m s at depths ranging between 50 and 100 m. In this paper, vertical

velocity will be treated as an unknown variable and determined by the anal-

ysis described in the next section. The results, including comparison with

previous estimates. are discussed in Section 2.4.

The magnitude of the terms. excepting the vertical turbulent transport,

in the budget equations for momentum and heat (Eqs. 2.1 and 2.2) can he

summarized. In the momentum equation, the terms TT0TJ/3x, TVdT/dz,

dV'U'/ô. and p'D/Th are all of order 10 m _2, and V)U/th1 and

UU'U'/dr both of order iO m s2. In the heat ecluation, the terms UiJT/i9x

and WDT/O are both of order 10 ° C s- 'T'/Dy of order i0 0 Cs-1,

and VDT/dy and Ot7Tm/D.r, both of order i0 ° C s1.
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2.3 Inverse analysis

In this section we (lescrihe the method used to determine vertical velocity,

147(z), and the turbulent fluxes, (z) and Fh(z), which are approximated

by

W(z) w + w2z2 + w3z3 (2.7)

po (i + f1z + f2z2 + j3 +.rz) (2.8)

F1) poCp (go + g1z + g2z2 + g3 + g4z. (2.9)

where is zero at the sea surface, and w1, to2, w3, g. i 0, 1, ... , 1, are

thirteen unknown constants. The degrees of the polynomials were chosen a

po.stcrtoii based on sensitivity studies (see Appendix).

We neglect terms at least an order of magnitude smaller than the leading

terms, with one exception. From the previous section, we neglect VDTT/dy

and dU'U"/dx in tile momentum balance, and 7/Dy and DU'T'/Dx, but

not DV'T'/Dy, in tile balance. We keep DV'T'/Dy because it is a sig-

nificant term in the surface mixed layer. Therefore, tile long-term zonal

momentum and heat balances at 0°N, 152°W, are approximated by

R(z)
(Jr Dy

Rjz)
dx D; Dy

idFrn 1DP
+ . + (2.10)

Po dz Po Dx

1 DFh (1i)
PoCp dz

where and R1, are the imbalances, including errors and neglected terms.

We further constrain the problem with boundary conditions (surface and

200-rn depth) and rectuire that the turbulent diffusivities be finite and greater

than or equal to a minimun2 background value:
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FmTy+R 0 (2.12)

Q + R 0 (2.13)

F 0 = (2.14)

:=-200 (2.15)

:=-200 (2.16)

Fm = K1,p0 200 (2.17)

Fh = Khp0C z = 200 (2.18)

m (pow)' 'b 200 < <0 (2.19)

Rh = (p0C)1 K 200 Z 0 (2.20)

The value of background diffusivity is prescribed as Kb = iO m2 s. Tijr-

hulence measurements yield a. value either close to or smaller than i0 m2

at a depth of 100 m (Peters et aL, 1988; Mourn et ai., 1989). Sensitivity of

the results to Kb is evaluated n the Appendix. The first condition sped-

lies the turbulent momentum flux at the surface i1- 0.05 N in2. plus an

observational uncertainty, RT. The second condition specifies the turbulent

heat flux at the surface Qt 40 W m2. plus an observational uncer-

taintv, I?Q. The third is prescribed to keep Km finite when evaluated at the

depth of the EUC core = 125 m. The fourth and fifth boundary con-

clitious require that convergences of vertical turbulent fluxes be zero at the

lower bound. The sixth and seventh conditions specify the vertical turbulent

fluxes at the lower boundary.
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We now construct a linear system using the momentum and heat balance

equations (2.10) and (2.11) and boundary conditions and other cInamical

constraints in (2.12) through (2.20).

We obtain linear equations for the unknown coefficients by substituting

the measured terms (discussed in the previons section) and the expressions

for W. F, and F1, defined in (2.7), (2.8) and (2.9) into Eqs. (2.10) and

(2.11) a.t the specified depths. We have observations of temperature at the

10 levels of 0, 10. 20, 30, 50, 75, 100, 125, 150, and 200-rn from the Levitus

atlas. 'vVe also have observations of currents at five levels of 20. 50, 100,

150, 250-rn from Brvclen and Brady (1989). an estimate of the zonal current

from the neighboring Hawaii-Tahiti Shuttle Experiment at the 125-rn level,

and an extrapolated zonal velocity at the surface. Vs/c also use the values

rnterpolatecl from the vertical profiles of zonal momentum terms obtained in

the pre\ious section at levels 10, 75 and 200 in in the momentuni equation.

Thus we have equations at each of 10 depths for the momentum and the heat

balances. The method gives more weight to the upper layers where we have

more observations.

The boundary conditions and dynamic constraints described by (2.12)

through (2.18) give 7 linear equations when the expressions defined in (2.7).

(2.8) and (2.9) are substituted for W. Fm and Fh.

The inequality conditions (2.19) and (2.20), requiring turbulent cliffusiv-

ities, K, and to he greater than or equa.l to Kb 10 in2 s, are
applied at. c j 0. 1, 2, . . . 40. where z = Sm. Thus we have 82

inequality constraints.
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All equations of boundary conditions and inequality constraints are ad-

justed to have the same dimensions as the momentum or heat balance edlua-

tions, by use of the constants Po, PoCp, and/or a depth scale of Jib 200 in

whenever needed.

In summary, we have obtained a svsteni of 27 equality constraints and

82 inecivalitv constraints for the 13 unknowns: w1, w2, w3. f and g where

i 0, 1 ..... 4. \\e also multiply all equations of zonal momentum, including

boundary conditions and other constraints on zonal momentum, by a weight

4, to minimize the weighted sum of the momentum and the heat resici-

uals. (Without the weighting, the minimization would be biased toward the

heat balance.) Such a weighted linear s stem has a rank of 13, ecival to the

number of unknowns (see Appendix for tests of different weighting methods).

We apply the inverse analysis to the linear system constructed above.

The technique employed to solve the linear least squares problem with both

equality and inequality constraints is clue to Lawson and Hanson (1974). The

numerical algorithms developed by Flaskell and Hanson (1981) and Hanson

and Haskell (1982) are used. The method minimizes the weighted sum of

residuals squared, \2
Rm(Zj)2 + Rj.(z)2+ A2R2+ R, where 0.

-10, -20. -30, -50, -75. -100, -125, -150, and -200, for i 1, 2, . . . , 10.

Solutions are obtained for the unknown coefficients, w1, w2, w3, and gj.

and hence W(z), T, (z) and Fh(z). Turbulent transfer coefficients Ji and

are calculated according to (2.3) and (2.4), and the turbulent convergence

terms. p0'aT/Dz and (poC7,)'DTh/)z, are computed.
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2.4 Vertical velocity

The inverse solution for vertical velocity is close to a. parabola, zero (speci-

fied) at the surface, a. maximum of 2.7 x 1O in at a depth of 100 m and

close to zero at 200 in (solid line. Fig. 4a and h). This estimate of verti-

cal velocity falls within the range of previous estimates, a selection of which

(Wvrth-i. 1981: Hansen and Paul, 1984 and 1987: Brvden and Brady, 1985

and 1989; Halpern and Freitag, 1987; Philander t al., 1987; and Halpern

d al, 1989) is listed in Table 1 and plotted in Fig. 4a. The Previoris esti-

mates of vertical velocity are based on data from satellite-tracked drifting

buoys. CTD stations, moorings, historica.l atlas. and GCM results at longi-

tudes from 80°VV to 170°E and latitudes within 5 degrees from the equator.

Time intervals for the data ranged from 3 months to multiple years, most

free from El Nifio episodes. The main difference between the previous obser-

vationa1 estimates of TV and the estimate from the inverse analysis is that

the depths of the maxima. of the previous estimates are consistently shallower

than ours, approxiniatelv 50 m compared to our 100 m. The reason is that

these previous estimates are all from observations east of 152°W where the

thermocline and undercurrent are significantly shallower thaii at 152°W. The

average longitude of the previois estimates is 127°W. Referring to Fig. 1, the

to1) of the thermocline is about 100 in at 152°W and is at about ü nì at

127°W, consistent with the difference in depth of the maximum in TV at the

two locations. The largest of all the estimates of vertical velocity is from

a general circulation model (Philander ci ai.. 1987) which yields an annual

mean of 5.2 x i0 iii s1 at a depth of 50 m at 152°W.



23

Maximum Depth of Latitude Time Data
Reference (c10°m/s) Maximum Longitude Interval Source Method

50 m 5°S to 5N
Wyrtki (1981) 1

(specified) 100W to 170E
Climatology Atlas Box model

Hansen and Paul (1984) 3
50 rn l.5S to 1.5°N

6/79 to 10/79
Drifting

(specified) 100W to 130°W buoys

0.75S to 0.75N 1/79 to 6/80 CTD
Bryden and Brady (1985) 2.9 62 m 110W to 150W 2/79 to 5/80 stations

Box model

Hansen and Paul (1987) 1.7
50 m 1.5S to 1.5N

11/77 to 6/82
Drifting

ÔV/8y
(specified) 80W to 130W buoys

20 Jan to
Halpern and Freitag (1987) 2.2 50 tu 100 m 110W 24 Apr 79

Moorings Continuity

Philander el al. (1987) 5.2 50 m 152W Annual mean 0CM Numerical

1/79 to 10/81
Bryden and Brady (1989) 3.6 75 m 110W to 152W 4/79 to 6/80

Moorings Continuity

2.5 134W to 140W 1 Dec 83 to

2.0
31Mar84110W to 140W

Halpera a! at. (1989) - 25 to 125 m Moorings Continuity
124°W to 140W 1 May 84 to2.2

30 Sept 84
1.9 110W to 140W

Moorings
This study 2.7 100 m 15?W Climatology and atlas

Inverse

Table 1. Previous and present estimates of maximum vertical velocity and

the depth of the maximum in the equatorial mid-Pacific. As indicated, in

some cases the depth of the maximum was specified. The location of each

estimate is given under Latitude/Longitude. If no latitude is given, the

location is on the equator. The bOx model method is based on conservation

of moirientuiri and heat within a box. The continuity method is based on

integration of the continuity equation.



0-

-50 -

E -lao-

N

-150

-200 -

-2

(a) (b)

24

I s. -,

0

: -

*x;'ç .....1

I?IE

0 -

I I I

0 2 4 6-2 0 2 4 6

W, 105m/s i, 105m/s

Figure 4. Equatorial vertical velocity vs. depth. Estimates of W (a) and (b)

from the inverse analysis a,t 152°W (solid line), (a) from previous analyses

(Wyrtki, 1981: Hansen and Paul, 1984 and 1987; Bryden and Brady, 1985

and 1989; Halpern and Freitag, 1987; Philander et ai., 1987; and Halpern

et aL, 1989). and (b) from the product of zonal velocity and isotherm slope

(triangles) and from the product of zonal velocity and isopycnal slol)e (as-

terisks). The clashed line in (a.) is from the GCM result of Philander et ai.

(1987). See Table 1 for more information on the previous results.
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If there is a. balance between zona.l and vertical a.clvect.ion of heat (terms 1

and :3 of Eq. 2.2). then flow will be parallel to isotherms and vertical velocity

can be estimated from the product of the zonal velocity and the isotherm

slope. This balance implies t.ha.t the divergences of meridiona.l a.dvection,

horizontal eddy transport and vertica.1 turbulent transport are all negligible.

There is a. relatively deep, weakly-stratified, surface layer to the west of (O°N.

152°\V), and an upward sloping thermocime and a. shallowing surface layer to

its east. (Fig. 1b). Estimates of vertical velocity from the product of isotherm

slope and zonal velocity are shown in Fig. 4b. Corresponding estimates based

on isopycna.l slope are also plotted. There is excellent agreement between

these estimates and vertical velocity from the inverse analysis below 125 mn;

the difference in the upper 125 m is presumably caused by the divergence

of turhi.ilent heat transport and may he interpreted as a cross-isotherm or

cross-sopvcnai transport.

The sensitivity of the vertical velocity estimate to observational uncer-

taintv and model assumptions wa.s tested (see Appendix). If the vertica.l ye-

Iocitv is represented by a. civa.dratic quadratic polynomial rather than a. cubic

(standard case). the solutions change negligibly. If a. q11ait.1c representation

is used. the solution for vertical velocity has a maximum of 2.8 x i0 in s

at a depth of 80 in. The estimate of vertical velocity is primarily determined

by the heat balance and! is therefore most sensitive to zonal velocity and to

vertical and zona.l gradients of temperature. When each of these is inclivid-

ua,llv changed by +50%, the maxinuiin vertical velocity varies from 1.6 to

-1.2 x i0 in s and the depth of the maximum varies bet.weeii 80 and 120 in.
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2.5 Momentum balance

The terms [equation (2.10)] of the momentum balance, determined by the

inverse method, are plotted vs. depth in Fig. 5. The dominant terms near the

surface are the zonal pressure gradient and the vertical convergence of the

turbulent zonal momentum flux. Both of these terms reach peak values in

the upper 40 iii and then decrease with depth to values of the same order as

the residual below 150-in depth. The next largest term is vertical a.dvection

of zonal momentum which accelerates eastward flow above the widercurrent

core and decelerates it below. The vertical advection term is zero at the

surface. grows with depth and reaches a maximum at about 100-rn depth,

where it is also the dorninant term. Below 125-ni depth. the two dominant

terms are zonal and vertical advection of zona.l momentum. which mirror

each other, both with extrema at about 145-m depth. Zonal advection of

zonal momentum is also a significant term in the vicinity of I 00-rn depth

where it reaches a negative peak. The meridional ecici transport term is the

srnallest of all of tlìe terms arid is on! significant near the surface where its

magnitude is about one-forth the magnitude of the zonal pressure gradient

term .At 200-rn depth, all terms are small, similar in magnitude to the

residual.

The profile of turbulent stress convergence nearly mirrors that of the zonal

pressure gradient. The 200-rn integral of the turbulent stress convergence,

0.048 N in2, is close to both the specified wind stress, 0.05 N in2, and
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Figure 5. Terms in the long-term momentum balance (2.10) at 0°N, 152°W.

Vertical veloc.it, TV, and the vertica.l turbulent momentum flux divergence.

p1am/az, are from the inverse solution. All other variables are specified

from observations. The residual, is showii as a solid line.
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the 200-rn integral of the zonal pressure gradient, 0.044 N rn2. The zona.l

pressure gradient is balanced by the wind stress which is vertically distributed

by turbulent. mixing.

The rms value of the residual term R, is 0.5 x 10T' rn s, all order

of magnitude smaller than the prevailing terms such as the zonal pressure

gradient at the surface. The peaks in the residual (Fig. 5) between 100

and 150-rn depth occur where some of the terms are changing rapidly with

depth. which may indicate a lack of vertical resolution caused by the smoother

polynomials in this analysis. The rms value justifies the neglect of the mean

meridional advection and zonal eddy transport, both of order i0 m _2 (see

Section 2.2).

In summary, the zonal pressure gradient is the primary force driving the

eastward flow. Above the core of the EIJC, the eastward zonal pressure

gradient force and the upward advection of zonal momentum supplied by the

ETJC are balanced primarily by westward wind stress which is distributed

vertically by turbulent mixing. Below the undercurrent core, zonal advection

of zonal momentum tends to accelerate the flow and is balanced by vertical

advection of zona.l moment urn.

2.6 Heat balance

The terms of the heat balance [equation (2.11)] are plotted as a function

of depth in Fig. 6. Zonal and! vertical advection are the dominant terms

below 70 in, both of which have peaks at 135-rn (lepth. This balance of

ternis is consistent with Section 2.4 where it was shown that along-isotherm
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Figure 6. Terms in the long-term heat balance (2.11) at 0°N, 152°W.

Vertical velocit, W, and the vertical turbulent heat flux divergence,

(pC7,)1ÔPj/Dz, are from the inverse solution. All other variables are spec-

ified from observations. The residual, Rh, is shown as a solid line. The upper

panel shows the upper 70 in with the horizontal scale expanded b a factor

of ten.
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flow below 100-rn depth agrees with estimates of vertical velocity from the

inverse anal sis. Even though small compared to the acivection terms. the

vertical turbulent transport divergence is larger than the peaks in the residual

throughout most of the region below 70 m and is significantly larger than

the rms residual. All terms are small at 200-rn depth. similar iii magnitude

to the residual.

The heat balance in the upper 70 iii is more complex than below (Fig. 6.

upper panel). Zonal and vertical acivection, vertical turbulent transport. and

zona.l edcl transport are all significant. Vertical advection of heat decreases

to zero at the surface but is still the largest term below 40 m. Horizontal ad-

vection of heat is close to zero in the upper 50 m and increases rapidly below

that depth. Vertical turbulent transport divergence is approximately linear,

a cooling term above 40-rn depth and a heating term below. The horizontal

eddy transport term is a nearly constant heating term which approximately

balances the vertical turbulent transport divergence at the surface. Mesoscale

eddies transport heat to the cold tongue at the equator.

The rms value of the residual, R11. is 0.8 i0 o( 1 1/50 the peak

values of zonal andi vertical advection. This justiFies the neglect (Section 2.2)

of the zonal eddy heat transport and the mean meridional acivection, both

of order 10_s O(4 i
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2.7 Turbulent fluxes

The inverse solution for the mean vertical turbulent flux of zonal momentum

is shown in Fig. 7a. The solution for turbulent momentum flux at the surface

is 0.048 N in2, compared to the prescribed mean wind stress of --0.05 N m2.

The difference, 0.002 N is the residual in (2.12) is. It falls well within the

range of error estimates by \'Vvrtki and Meyers (1976) and Flellerman and

Rosenstein (1983) as discussed in Section 2.2. The turbulent momentum

flux decrease is approximately linear in the upper 80 m and it falls more

rapidly below, equal to zero at the depth of maximum zonal velocity, as is

requn'ecl to keep the turbulent viscosity finite. The flux has values smaller

than 0.002 Nm2 below the core.

The difference between the solid and (lashed lines in Fig. 7a represents

the misfit of the vertical turbulent flux of zonal momentum. The dashed

line is the integral solution of the turbulent flux when the residual R9(z)

is added to the solution for the vertical convergence of the turbulent flux

of zonal momentum, and the flux is still reciuirecl to be zero at the velocity

maximum. The rms value of the difference between the solid and clashed

lines is 0.002 N nr2. The turbulent flux is distinguishable from zero above

the undercurrent core, but not below.

The inverse solution for the mean vertical turbulent flux of heat is shown

in Fig. Tb. The turbulent heat flux is 97W m2 at the surface, reaches a

peak value of 106Wm2 at 35 m, and decreases to 2W rn2 at 200 m.

The ocean gains heat at the surface and turbulent mixing carries it downward

throughout the 200-m water column.
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Figure 7. Inverse solutions for (a) vertical turbulent flux of zonal momentum

F(z) and (b) vertical turbulent flux of heat Fh(z) at 0°N, 152°W. The

clashed lines a.re the solutions of (2.10) and (2.11) with the residuals, Rm(Z)

and Rh(z), set to zero and with W(z) specified from the inverse solution

(Fig. 4).
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The inverse solution for the surface heat flux, 97W m2, is more than

twice as large as the prescribed 40 \V 1n2 at the surface, hut not much above

the 95% confidence interval of +50W m2 for the prescribed value from the

atlases (\Veare .t al., 1981; Esbensen and Kushnir, 1981) as discussed in

Section 2.2. The larger value for the surface heat flux is plausible. The

value (40 W m2) from the atlases is based on contours drawn to averages

over squares of more than five degrees at latitude intervals beginning on the

equator. Hence the estimates on the equator may be biased toward lower

values because of higher cloud cover to the north and south associated with

the intertropical convergence. Iii other words, the smoothed estimates of

hea.t flux from the atlases may he biased toward low values because of failure

to resolve a. maximum on the equator. A higher value is also supported by

shipborne measurements during Tropic Hea.t 1984. The average heat flux

at 140°W from 19 November to 1 December 1984 was 115W in2 (also net

heating). Furthermore. as will be seen in the next section a surface heat

flux in the vicinity of 100 W m2 is consistent with the turbulent thermal

cliffusivitv and the turbulent viscosity being approximately ecival near the

surface.

The difference between the solid and clashed lines in Fig. Tb represents

the misfit of the inverse solution for the turbulent heat flux. The (lashed line

is obtained by adding the residual, R1, in the heat balance equation (2.11)

to the vertical turbulent heat flux divergence audi integrating with the same

boundary conditions (2.18) at 200 m. The rms value of the misfit is 5 W ni2.
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The sensitivity of the turbu1ent momentum and heat fluxes to variations

in specified parameters and observations is given in the Appendix. The tur-

bulent momentum flux is relatively inseilsitive to variations in observations

and parameters. As might he expected. the largest changes in turbulent mo-

inentum flux occur in response to +5OVc changes in the specified pressure

gradient and the vertical profile of zonal velocity. Except in the upper 70 m

the turbulent 1ieat flux divergence term is small compared to zonal and ver-

tical acivection of heat and the turbulent heat flux is therefore sensitive to

several parameters and observations. The dominant factors are background

diffusivitv, vertical and horizontal temperature gradients and the vertical

gradient of zonal velocity.

2.8 Turbulent diffusivities

The inverse solutions for the turbulent diffusivities for momentum and heat.

K, and llh, are plotted a.s a function of depth in Fig. S. Both cliffusivities

have values of 4.7 x i0- m2 at the surface and, apart from a unrealistic

and insignificant subsurface mnaxinmin in 7. decrease to approximately 1 x

i0 at 80-m depth and to Ix i0 at 1120-rn depth. The ratio, i/ih varies

between 0.7 and 1.3 in the upper 120 iii. The misfits in the solutions for Km

and 7I were evaluated from the corresponding misfits for the turbulent fluxes

(see Section 2.7) and are plotted in Fig. 8. The rms values of the misfits are

2 x i0 m2 and 0.5 x i0' m2 for 7, and Kh, respectively. Tests

of the sensitivity of the solutions for K11, and Nh to variations in specified

parameters and observations is given in the Appendlix.
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Figure 8. Turbulent diffusivities, T and K,, from the inverse solutions

for the turbulent momentum and heat fluxes (Fig. 7). The dashed lines

correspond to the + the difference between the solid and dashed lines in

Fig. 7, i.e., they result from assigning the residual to the turbulent flux

convergence terms in the momentum and heat balance ecivations.
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The similarity in the profiles of 7m and i suggest that turbulent trans-

fer mechanisms for momentum and heat are similar. One expects K

because pressure forces may act to transfer momentum with no effect on the

transfer of heat. The present estimate of 7, may he considered an upper

hound because the uncertainty in Kh is larger thail (see discussion in

previous section on the uncertainty in the turbulent fluxes).

The surface values of R and h are consistent with values predicted for

a constant-stress log layer at the surface. Given the specified wind stress of

0.05 N m2, the log-layer estimate of Krn, ( iuz) is 4.7 x i0 m2 at a

depth of 1.7 in. This depth is within the range (1.5 to 2.0 m) obtained in

Section 2.2 for matching a log layer to velocity profiles linearly extrapolated

from 10 and 20-m depths. This depth also fall within estimated range of

the Monin-Obukhov length. Estimates of surface buoyancy flux from both

Tropic Heat 84 and 87 are of order 1 10 in3 s2 (Mourn dt al., 1989; Hebert

ci a1., 1991). The Monin-Obukhov length has values of 0.7, 3.5 and 11 m for

wind stress of 0.02, 0.05 and 0.10 N n2, respectively.

Microstructure measurements were carried out as part of the Tropic Heat

experiment, during which one ship occupied an equatorial station near 140°W

from 19 November to 1 December 1984 (Mourn and Caidwell, 1985), and an-

other ship occupied a station a few tens of kilometers distant from 25 to 30

November (Gregg ci al., 1985). The average wiiicl stress during the exper-

iment was 0.110 N m2, two times the magnitude of its long-term average.

The average net surface heat flux was 115W m2. not munch different from

the estimate of 97 W m2 from the inverse analysis.
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Figure 9. Inverse solutions (solid lines) and estimates based on observations

of dissipation during Tropic Heat 84 for (a) turbulent viscosity, Krn, and (b)

turbulent cliffusivity for heat, Kh. Estimates iii (a') and (b) from Peters et ai.

(1988) are marked by asterisks. Estimates of Km in (a) from Dillonet al.

(1989) and of Kb in (h) by Mourn et al. (1989) are marked by triangles.
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Peters ct a1. (1988) and Dillon el al. (1989) estimated Km from the Topic

11eat $4 observations by use of the dissipation method. Estimates of Km as

a function of depth are plotted in Fig. 9a. In the dissipation method it is

assumed that the rate of mechanical production of turbulent kinetic energy

(TEE) equals the rate of dissipation. Buoyancy production and turbulent

transport divergence of TEE are neglected. Peters et ai. (1988) also included

the meridional contribution to the total shear (which accounts for 25% at

maximum). while Dillon et at. (1989) dud not. The dissipation estimates of

/, from the two sets of measurements agree with each other within a tctor

of two. The dissipation estimates are in good agreement with the inverse

solution n the vicinity of 30 in, but the estimates diverge with increasing

depth. The dissipation estimates of K are about an order of magnitude

smaller than the inverse solution a.t a depth of 90 m.

Peters d at. (1988) and Mourn et al. (1989) estimated K, (Fig. 9b) from

the Tropic Heat 81 data. Peters et at. used the Osborn-Cox (Osborn and Cox,

1972) method which is based on the assumption that for steady and laterally

liomogeiieous turbulent flow, the rate of production of temperature variance

is balanced by the rate of destruction by molecular conduction. Mourn ci at.

(1989) estimated K1 by use of the method described by Oshorn (1980) which

does not use measurements of the chssipation rate of temperature variance:

= 0.2r/N2

where is the rate of dissipation of turbulent kinetic energy andl N is the

buoyancy frequency. The primary assumptions used to dierive the above

empirical formula were (1) that the TEE ecjuation is simplified with the rate
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of mechanical production being balanced by the rate of buoyancy destruction

aiicl the rate of molecular dissipation. and (2) that the mixing of mass and

heat can he represented by a. single turbulent ctiffusivity. The estimates of

Wi, from the two sets of observations and by two different methods agree well

with each other in the upper 90 in. The dissipation esti nates agree with the

inverse analysis estimates at a depth of 15 in, hut differ increasingly with

depth; the (lissipation estimates are more than an order of magnitude less

than the inverse estimates at a depth of 80 in.

I h i easons fot the chffeience between the chsspation and ineise esti

mates of W, and are uncertain. One might expect that the estimates

from the Tropic Heat 84 observations would be higher than the inverse so-

lution because the wind stress was about twice as large during Tropic Heat

84 as the long-term mean. In a. surface log layer, Km is proportional to the

square root. of tile wind stress, so one would expect i from Tropic Fleat

84 to be 40% larger than the long-term mean, at least near the surface. The

uppermost dissipation estimates of Wm by Peters ci al. (1988) are larger than

the inverse values aml the same is true for the uppermost estimates of Wm

by Dillon (1 al. (1989). However, the difference between the dissipation and

inverse estimates increases with depth with the dissipation estimates about

an order of magnitude less than the inverse estimates at a depth of 80 m.

As suggested by Dillon ci al. (1989), the dissipation estimates might under-

estimate Km because they do not take into account momentum transfer by

pressure forces associated with internal waves (e.g., Wijesekera andl Dillon,

199.1). However, pressure 'forces do not play a. role in the transport of heat,

so there must be another reason for the discrepancy between the estimates of
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Kh by the inverse and dissipation methods. One possible reason is potential

error in the inverse estimate of m Uncertainties in the estimate of K1 by

the inverse method are larger than for because the vertical turbulent

heat transport divergence term is small compared to the leading horizontal

and vertical a.dvection terms below 70-rn depth. The dissipation estimates

of J, and K1, may also be in error. The dissipation estimate of Km is

based on an approximate TKE budget. which neglects the buoanc produc-

tion/clestruction term. Neglect of this terni for stably stratified conditions

could result in an underestimate of A by about 25% (Osborn, i9S0 Rohr

and Van Atta. 1987), not nearly enough to explain the order of magnitude

difference. In summary, a plausible explanation for the difference between

the dissipation and inverse estimates of Km is the neglect in the dissipation

method of momentum transport by pressure fluctuations associated with in-

ternal waves .An explanation for the difference in dissipation and inverse

estimates of K11 is lacking, but uncertainty in the estimates is a possibility.

Values of R, from our analysis are consistent with one of the conclu-

sions in Dillon di al. (1989). who were unable to balance a zonal momentum

budget using their estimates of turbulent stresses, together with the zona.l

pressure gradient, zonal and vertical aclvection of zonal momentum from Bry-

den and Brady (1985), arid eddy transport from Br den and Brady (1989).

To balance the system, turbulent viscosities were required to be an order

of magnitude larger than those they calculated from the measurenients. As

discussed above, the values of Km we obtained are an order of magnitude

larger than the estimates in Dillon dt al. (1989) between 70 and 100 m.
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2.9 Richardson number

The gradient Richardson number was calculated and is shown in Fig. 10. In

the long-term mean steady state, the vertical shear is mainly clue to the mean

zonal flow rather than the mean meridional flow, and the vertical density

gradient is clue to temperature rather than salinity (Wyrtki and Rilonskv.

1984). Thus, we approximate the gradient Richardson number R9 as

R()= p/D (1
Po (aU/az)2

where p is the gravitational acceleration. and p(z) = Pot' + u(T T0)].

The gradient Richardson number is below 0.5 in the upper 80 in, reaches a

maximum at the EUC core, and is about 2.0 between 150 and 21)0-rn depth.

The low values of H9 in the upper 80 m suggest that mixing there may be

controlled by critical Richardson lJunTlber ci namics. The Richardson number

is often interpreted as an index to turbulent mixing due to Kelvin-Helmholtz

instabilities of a stratified shear flow. Instability occurs when the Richardson

number falls below the critical value R 0.25 (Miles and Howard, 1964).

Measurements over a period of a few seeks during Tropic Heat 81 also

showed that R9 was near critical in the upper 80 m (Fig. 10), a short term

result comparable to the long-term results presented here. We calculated the

overall averaged Richardson number using the density estimates from the

rapid sampling vertical profiler (RSVP) and the acoustic Doppler current

profiler (ADCP) shears collected at 140°W on R/V 117ecoma during Tropic

Heat. 84 (Chereskin c/ al.. 1986) and the results show values between 0.2 and

0.5 above 90 m (dashes, Fig. 10). Peters et al. (198$) found similar results



U

V

-50

E -100

N

-150

-200

T111iE:

Hr
0 1 2 3 4

R1

42

Figure 10. Gradient Richardson number from the inverse analysis (solid

line) and from observations at 0°N, 140°W during Tropic Heat 84. The

asterisks mark data, from Peters ct al. (1988). The clashed line is calculation

from the data collected by R/\T l/Vecoma described in Chereskin et ai. (1986).

The clotted lines indicate values of 0.2.5 and 0.50.
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(asterisks, Fig. 10). Chereskin d al. (1986) estimated the hourly averaged

Richardson number on 12-rn vertical scales and found that about 75% of the

values above 90 in fell between 0.2 and 0.5. Chereskin et al. (1986) also noted

that Richardson numbers were very sensitive to the scales over which they

were calculated and to the types of averaging techniciues applied.

2.10 Conclusions

An inverse anal sis has been applied to long-term observations in the upper

250 rn of the ecivatorial Pacific at i.52°W. The observations (Figs. 2 aiicl 3)

included zonal velocity, temperature, pressure gradient. and surface fluxes

of momentum and heat. The analysis was subject to constraints (ecjuations

2.7--2.20) which included conservation of heat and zonal momentum, bound-

a.rv conditions at 200-rn depth, and turbulent cliffusivities greater than a

background value. The analysis yielded vertical profiles in the upper 200 iii

of: 1) vertical velocity, 2) terms in the heat and zonal momentum balances,

3) vertical turbulent transports of momentum audi heat, andi 4) turbulent

cliffusivities for momentum and heat. Estimates of the surface fluxes of mo-

mentum and heat were also obtamed.

The estimate of vertical velocity v.s. depth (Fig. 4) is close to parabolic,

zero at the surface, increasing to a maximum value of 2.7 x i0 iii s at a

depth of 100 in and decreasing to 0.3 x i0 ms-1 at 200 iii. In the region

from 125 to 200-m dlepth. vertical velocity is eclual to the product of zonal

velocity and isotherm slope; i.e., the flow is along isothermal (or iSopvcnal)

surfaces in this region. There is significant cross-isotherm flow above 125 in.
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Our estimate of vertical velocity is in good agreement with the mean of

previous observationa.l estimates when allowance is made for variation with

longitude of the depth of the maximum. This variation is associated with

the shallowing of the thermocline and the EIJC toward the east from 152°W.

Our results are in poor agreement with a general circulation model (Philander

rf a.!.. 1987) which yields a maximum of 5.2 x io in at a. depth of 50 m

at 152°W.

The zonai momentum balance (Fig. 5) in the high shear zone above the

EU core (0 to 130 m) at 152°W is dominated by the zonal pressure gradient

force, the vertical turbulent transport divergence anti vertical advection, with

a. small but significant aclditiona.l contribution from liorizonta.l advection.

Below the EUC core (130 to 200 in) the dominant terms are vertical and

horizontal advection. All terms are insignificant compared to the residual at

200-in depth. The integral of the zona.l pressure gradient in the upper 200 m

is close to the wind stress.

The heat. balance (Fig. 6) between 70 and 200 in depth is dominated

by zona.l and vertical advection. In the upper 70 in. vertical turbulent heat

transport divergence and the divergence of ineridiona,1 eddy transport of heat

are also important terms in the heat balance; the vertical and horizontal

advectioii terms decrease to zero and near zero respectively as the surface is

approached.

The inverse analysis yielded estimates of the turbulent fluxes of momen-

tum and heat a.s a function of depth (Fig. 7). The estimated turbulent

momentum flux is 0.048 Nm2 at time surface and decreases approximately

linearly to 0.012 N m2 at a depth of 80 m. The estimated surface momentum
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flux is close to the value 0.050 Nm2 (Wvrtki and Meyers, 1976) prescribed

for the inverse analysis. The turbulent heat flux is 97 W m2 at the surface

and is approximately constant in the upper 80 in. The estimated turbulent

heat flux is 95W m at a depth of 80 iii and decreases approximately un-

early with depth to 16 \V m2 at 170 m. The estimated surface heat flux

is more than twice as large as the 40W m2 (Weare ct al., 1981; Esbensen

and Kushnir, 1981) prescribed from the inverse analysis. The larger value is

plausible because the \Veare et al. and Esbensen and kushnir estimates are

based on averages over horizontal grids of approxunately 5° longitude h 5°

latit ucle (centered off the equator) on cit her side of the equator which would

include regions of higher cloudiness and lower heating than on the equator.

Our surface heat flux estimate is however sensitive to prescribed backgroun

cliffusivitv.A reduction of the prescribed background cliffusivit from i0

to 10 in2 reduces the estimated surface heat flux to 45 W m2.

Tuibulent dlffu5l\ ities foi momentum and heat, m and Ih w eie esti

mated as functions of depth (Fig. 8). Apart from an unrealistic subsurface

maximum in IKI at 16 in, the two diffusivities are similar with surface values

of 0.0047 m2 which decrease to 0.0010 m2 s at a. depth of 80 in. The

surface estimates are consistent with near-surface log-layer estimates. Our

estimates may be compared with estimates of 7TO and Kh based on observa-

tions of the dissipations of turbulent kinetic energy and temperature variance

(Fig. 9: Peters d al., 1988; Dillon et aL, 1989; Moum ct al., 1989). Our es-

timates are close to the dissipation estimates near the surface. However the

dissipation estimates decrease more rapidly with depth than our estimates

and are approxunately an order of magnitude less at a depth of SO iii. One
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possible reason for the difference in estimates of Jim is that pressue fluc-

tuations associated with internal waves may be important for transferring

momentum (Dillon ct al.. 1989). However this cannot explaln the reason for

the discrepancy between our estimates and the dissipation stimates of 1h

Gradient Richardson number corn puteci from the long-term observations

is less than 0.5 in the upper 80 in (Fig. 10). This result agrees with short-

term observations near 140°W (Chereskin fl al.. 1986; Peters ft ai., 198$)

and suggests that turbulent mixing in the upper 80 in hay be due to Kelvin-

Heimholtz instabilities generated when the Richardson number falls below a

critical value.
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Chapter 3

A Critical-Ri Model of Turbulent Mixing Applied to
the the Upper Equatorial Pacific Ocean

Abstract

We applied a critica1-R model of turbulence to simulate the turbulent mixing

in the upper ecivatorial Pacific Ocean at 152°W, where the gradient Richard-

son number bad values near-critical in the upper 80 IT!. The model is based

on that of Price m/ ul. (1986), hut excludes the hulk Richardson number mix-

ing. It was run with constant forcing and boundary conditions based on the

inverse anal\-sis of the long-term steady-state balances of zonal momentum

and heat by Luau ct al. (1993a).

The modeled steady-state velocity, temperature, turbulent fluxes and dif-

fusivities are consistent with those of the inverse analysis. Strong transient

behavior of the model with a time scale of 100 days clue to vertical advec-

tion underscores the importance of spin-up of the turbulence rno(leI before

investigating the effects of time-varying surface forciug. Varying the critica.l

and the post-mixing values of gradient Richardson numbers in the model ha.s
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significant effects on the modeled steady states, although those of the latter

were relatively sniall. The model (with constant forcing) shows a mixing

barrier at the uudercurrent core.

The model uses onl a local gradient Richardson number criterion to

paraineterize mixing. A test of' the model including the criterion of bulk

Richardson number distorts turbulent mixing. Such a model ielcls larger

and more intense mixing events, smaller mean vertical gradients and highly

intermittent time series of modeled velocity and temperature near the surface

even though all forcing terms are time-independent.

3.1 Introduction

A recent study (Luau d a1., 1993a) of the long-term budgets of zona.! mo-

mentum and heat at. i52°W on the equator showed that gradient Richardson

number is close to its critical value of 0.25 in the upper 80 meters. The flow

in the upper [00 m is strongly sheared vertically with a. weak therniocline,

and is bounded by a maximum in the equatorial undercurrent ( EIJC) and a.

strong tliermocliiie (Fig. 11) (Knox and Haipern, 1982: Gregg ei ci., 1985;

Mourn and CaJdvell. 1985; Bi'vden and Brady, 1989). The upper equatorial

Pacific shows a classic case of turbulent mixing due to shear instabilities,

which is st longer and more persistent than usually found at. higher latitudes.

A one-dimensional. tine-dependent, critical-R1 model ma. be used to

study turbulent mixing in the upper equatorial Pacific. because the observed

gradient. Richardson number is near-critical. Price d al. (1986) used a. simple

one-dimensional model of turbulence based on the critical Richardson number
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to simulate diurnal cycles of turbulent mixing a,t mid-latitudes. Schucilich and

Price (1991) used the same critical-i-?; model to simulate the diurnal cycle of

mixing in the equatorial Pacific. Our goals in this paper are: 1) to simplify

the model of Price d ai. (1986), 2) to use the simplied model to simulate

steady-state mixing in the upper ecluatorial Pacific, 3) to test the sensitivity

of the model to initial conditions, forcing, and mixing parameterizations, and

4) to determine conditions for numerical stability. The simplified critical-Ri

model is used in Luau et al. (1993c) to simulate the cliurnal cycle of mixing

in the upper equatorial Pacific Ocean.

3.2 Long-term momentum and heat balances

Simulation of one-dimensional, steady-state turbulent mixing in the upper

equatorial Pacific redluires specification of' boundary conditions and non-

urhuleiice components of the momentum and heat balances. In this section

we summarize the boundary conditions and balances which are used as a.

test-bed for the critical-Ri turbulence model describedi in the next section.

Luau et al. (i993a) concluded that in the upper 200 meters at 0°N,

i2°\\. the zoua.l momentum balance is dominated by the pressmll'e gradi-

ent force, mean zonal and vertical advection, meridional eddy transport. and

vertical turbulent diffusion. The heat balance is dominated by zonal and

vertical advection, and, in the upper 30 m, by meridional eddy transport

and vertical turbulent diffusion. The correspondlng equations of zonal mo-

mentum anti heat balances are:
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Figure 11. Long-term mean zonal velocity U and its zonal gradient ,

temperature, T, its zonal gradient, T/ôx, meridional eddy transports of

zonal momentum, DV'U'/ay and heat, DV'T'/ôy, the zonal pressure gra-

client, p;1ö/Dx, and vertical velocityW at 152°W on the equator from

Luan et al. (1993a). Data points are marked.
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where c. ?j and z are positive eastward, northward and upward (z = 0 at

the sea' surface), respectively; U, V and ll are the velocity components

corresponding to such coordinates; P is pressIre, T is temperature; 10 is

density, and C7, is specific heat of seawater; F, (z) is the vertical turbulent

flux of zonal momentum; F1(z) is the vertical turbulent heat flux including

solar insolation. The long-term mean, denoted by overbars, is intended to

be an average over a year or longer; the fluctuations, denoted by pmes, are

variations with time scales from a clay to a year (Brvclen and Brady, 1989).

The climatological mean profiles of zonal velocit, temperature, and their

zonal gradients, meridional eddy transports of zonal momentum and heat,

the zonal pressure gradient, and the vertical velocit . are presented in Luan

c/ (ii. (1993a.) and shown in Fig. 11. The turbulent fluxes of momentum and

heat are determined by the turbulence model described in the next section.

To model the temporal variation of upper-layer mixing in the equatorial

Pacific Ocean, we revrite Eqs. (3.1) and (3.2):

ai ar w'u' i aP i a75

= (3.3)
at d.c dz dy Po d Pb da

at J)T _di dV'T' 1 0FJ,
+ + W + = (.3.4)

di a a a11 poc a

= /)41 + Q(T T0)] (3.5)
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where variables with hats are functions of t as well as those with overbars

are ti iie-indepenclent, specified from the analysis of Luai et at. (1993a). Den-

sity p is approximated by a. linear function of temperature with a constant

thermal expansion coefficient o. Salinity is assumed to be constant and equal

to a. typical value of 35 ppt. The constant density, p, is that of sea. water

when the temperature takes the value of the long-term mean sea surface

temperature, T0 26.8°C (Fig. 11), and the specified salinity of 35 ppt.

Turbulent diffusivities are defined by

PoKrny (3.6)

Fh _pOCl,KT (:3.7)

where we assume solar insolation is completely absorbed at tlie sea surface.

In Price ct cii. (1986) and Schudlich and Price (11992), the solar insolation wa.s

absorbed in the water column with a. double exponentia.l depth dependence.

The boundary and initial conditions a.re specified as follows. At the sea.

surface. constant fluxes of zona.l momentum and heat (Lua.n cf at., 1993a)

are imposed

0,t) r 0.048 Nm2 (3.8)

Ph(z = 0.t) = Qfl6t = 100 Wm2 (3.9)

At the bottom ( = h 200 rn). I will be fixed at their long-term

averages

= h. I) = U( = hh) (3.10)

= hh, t) = T( = hc) (3.11)
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We use the long-term averages of observed zonal velocity and temperature

(Fig. 11) to initialize the model

U(z, t 0) U(z) (3.12)

T(z,t=0) 7(z) (3.13)

Sensitivity of the model results to different initial conditions are tested in

Section 3.5 and found to he small.

3.3 Critical-Ri model

In the family of one-dimensional, time-dependent models of turbulence, the

Price e/ al. (1986) model has a relatively simple parameterization of mix-

ing processes. Its direct use of the critical Richardson number as a mixing

criterion is preferred for simulating turbulence in the upper layers of the

ecivatorial Pacific where values of the Richardson number were shown to be

close to its critical value of 0.25 (Gregg et al., 1985; Chereskin et al., 1986;

Luau et ai., 1993a).

At each time step in the Price et al. (1986) model, forcing and boundary

conditions are imposed first, and then the resulting vertical profiles of density

and currents are adjusted until the following three stability conditions are

met:
0/i<0 (3.14)

R g Lph
p(r)2 (/)2 0.65 (3.15)

Rg(z) --s-_________
Po ()2 + ()2 Rgc 0.2.5 (3.16)
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where is upward. In the second condition, h is the depth of the mixed layer,

and A is the difference in density or currents between the bottom grid of the

mixed layer and that immediately below, and the mixed layer is defined as the

thickness of surface layer of uniform density after the first condition is met

hut before the third is (see Schucilich and Price, 1992). Note the meridional

component of velocity, V. is not used in this paper. The first criterion is

convective adjustment which simulates mixing clue to density inversions from

the application of forcing. The second is the bulk Richardson number mixing

adjustment which parameterizes entrainment through the base of the mixed

layer. The third is the local gradient Richardson number which models the

shear instabilities. The first two criteria, produce a slab-like surface mixed

layer, while the last smoothes the discontinuity at the base of the mixed layer

and yields asieare transition layer (Price et a1., 1986). Mixing criteria used

in Schudlich and Price (1992) are identical to those in Price et al. (1986).

In the model, adjustment of static instability and bulk Richardson number

instability are achieved by homogenizing the properties of all layers between

grid points in the surface mixed layer with the least number of the grid points

below the surface mixed layer needed to meet the stability conditions. On the

other hand. shea.r instabilities are removed by simultaneously rearranging the

vertical shear and stratification within the adjacent grid points concerned,

such that a new stable Richardson number. specified to be 0.255

[0.3 wa.s specified by Price et al.(1986)}. is obtained. The most unstable

layer (with smallest R9 < 0.25) is first adjusted, and new R9 are

recalculated for both the layer above and the one below this most unstable

laer. Then a. new most unstable layer is located from the updated 1)rOfile
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of R9, and removed, and R9 again updated. The process iterates until no

instability exists between any adjacent levels. Model sensitivity to different

values of R and R are presented in Section 3.7.

We simplify the Price el al. (1986) model by excluding bulk Richardson

number Rb mixing. It was used to model the mixed layer deepening (in slab

models, Niiler and Kraus, 1977) driven either by surface stress (Kraus and

Turner, 1967; Denman, 1973), or by shear across the base of the mixed layer

slal) (Pollard el al., 1973). The studies of laboratory results (Ellison and

Turner, 1959; Kato and Phillips, 1969) and simulations of observed cases

(Denman and Miyake, 197:3; Pollard el al., 1973; Thompson, 1976 and 1977)

showed rio clear preference of one to the other. Price (1977) simulated the

laboratory results of Kato and Phillips (1969) and Kantha el al. (1977),

and Price el al. (1 978) simulated observation of storm-induced mixed layer

deepening, and concluded both results were realistically simulated with R

0.65 evaluated by shear across the the mixed layer base, as was used in

Price ci al. (1986). The Rb mixing produces mixed layer even

with constant surface heating. However, the physics behind bulk Richardson

mixing has been ambiguous (Pollard el ai., 1973; Phillips, 1977), compared to

that behind the gradient Richardson number Rg (shear instability) mixing.

The latter is sripportecl both by laboratory experiment and by theoretical

analysis (Turner, 1973; Thompson, 1980; Adamec ci al., 1981). From the

perspective of the physics, it is hard to see why both bulk and gradient



56

mechanisms are needed. To represent continuous profiles, it would seem

preferable to exclude bulk-Ri mixing. A test of the model with the bn1k-R

included are presented in Section 3.7.

\\e added to the model the option of including penetrative convection

at the base of the surface mixed layer. While most of the difference in

potential energy before and after convective adjustment is lost to turbulent

dissipation, about 10 to 15% is used to entrain mass and momentum from

below the surface mixed layer (Deardoff ci ai., 1969: Deardoff, 1970; Davis

ci al.. 1981). We use a value of 15% in the model, The difference between

using 10% and 15% is insignificant. The inclusion of penetrative convection

has no effect when there is heating at the surface.

\\e added background diffusion of momentum and heat to the model.

Based on held measurements (Peters ci ai., 1988; Mourn et al., 1989; Luau

ci al., 1993a). constant diffusivities of Kmb = Rho Rb i0 2 were

chosen. At each time step, we apply background diffusion at ea.ch grid level

a.t the same time when applying other forcing terms (right before checking

for the three mixing criteria).

All mixing paraiiietenzations in the model yield the same rates of mixing

for momentum and heat, i.e., Fm1 = Kh.

At the end of each time step, the total turbulent fluxes including the

background diffusion (and the solar insolation for heat), Fm and F11, are

evaluated by
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z

F2o0p0

200 L\1

+T- + +
i3P]

dz (3.17)
ày Po

F) F_200 PoOp /200

dT _àT° aVT7
+ VT + 14 + (1Z (3.18)

LX1 à. ày

aTfl
F7L2oo p°A'--5HZ=_2oo (3.19)

Fjz=_200 poCpI'bH2=-200 (3.20)

where the superscript n represents evaluation at I nLt. Subsequently,

turbulent chiffusivities are evaluated as

Fri
= - (3.21)

P0Z

K(z) (3.22)

A flow chart of the numerical algorithm and its numerical implementation

are given in the Appendix. Analysis of numerical stability and convergence

are also pieseiitecl there. With K i0 m2 and the maximum vertica'

velocity equal to 2.7 10 ms, the sufficient conditions for numerical sta-

bility and convergence are a vertical grid spacing of z 0.7.5 m, and a time

step .\t K 7.5 hr. Model tests show insensitivity to time step between 5 sec-

onds and 1 hour: tests yield almost identical stable solutions with z. 0.5 m

and A; 1 m. very small artificial fluctuations with z = 2 m, and increas-

ingly larger artificial fluctuations associated with numerical instability with
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larger Az (> 2m) (see Appendix). However, when averaged over a period

of 100 clays, the simulated zonal velocity, temperature, and turhi.ilent fluxes

and diffusivities, show small differences for values of Az < 5 m. Therefore,

we used At = 15 mm and Az I m in our discussion of inoclel results.

3.4 Modeled steady state
Shown in Fig. 12 are time series of daily-averaged zonal velocity and temper-

ature from a 600-day simulation with At 15 ruin, Az 1 m, and constant

surface heating and surface absorption of solar insolation. Transients gradu-

ally decay after the first 100 clays, and eventually reach a steady state after

300 clays.

There are two time scales related to the model spin-up: one due to vertical

advection, and the other due to background diffrision. With the mean vertical

velocity used in the model ecival to 1.8 x i0 m s1, it takes about 110

days for a water parcel to travel from the depth of 200 m to the surface.

So the vertical aclvection time scale is about 100 days. The diffusion time

scale is estimated to he about 100 years for K i0 rn2 s1 as used in

the model (and about 500 clays for K, 110-s m2 ). The diffusion time

scale is very long compared to the aclvection time scale. Nevertheless, the

dominating (shorter) aclvection time scale of 100 clays shows that a model

of turbulence should be sufficiently spun up before diurnal cycles can he

studied. Otherwise, transients may he aliasecl into the diurnal signals.

Mean vertical profiles of modeled zona.l velocity and temperature were

averaged between clay 500 and 600 (dashed lines in Fig. 13). The departure

of the simulated mean steady-state zonal velocity from its observed long-
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Figure 12. Model contours for the standard case of U (upper panel) and T

(lower Panel) vs. time. The contour interval of zonal velocity is 0.02 iii s'

with the dark line being zero. Contour intervals of temperature a.re 1°C

below 26°C and 0.2°C above it, with the 26°C isotherm being (lark.
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term mean at the sea surface is 0.12 rn s. Besides these differences, the

simulated profile of zonal velocity preserves most features of the observed

long-term mean, except in the region just above the uiiclercurrent core, which

is discussed below. The simulated temperature profile agrees with that of the

observed long-term mean within 0.5°C (Fig. 13). Therefore, the steady state

of simulated velocity and temperature stays close to their observed long-term

means.

As requi 'ccl by the model, the simulated mean gradient Richardson num-

ber R9 stays at its critical value of 0.25 within the mixing zone above 100 m.

R9 becomes infinitely large at the unclercurrent core and stays above 0.25 in

the 100 to 200 m range (Fig. 14). In the model, shear instabilities generate

mixing only above the depth of zonal velocity maximum.

Just above the depth of simulated zonal velocity maximum, the simulated

vertical gradients of both zonal velocity and temperature increase rapidly to

peaks, due to the jump of the gradient Richardson number from its critical

value to infinity. There exists a mixing barrier in the model at the depth

of the zonal velocity maximum. Ill the real ocean, time varying forcing and

internal waves would tend to smooth the transition to background diffusion

below the more actively mixed surface layer.

The modeled mean vertical fluxes of turbulent momentum and heat and

turbulent cliffusivities are consistent with their counterpart from the inverse

solution in the actively mixed surface layer above the zonal velocity maximum

(Fig. 13). Near and below the depth of the zonal velocity maximum, the

turbulent fluxes reduce to the prescribed background diffusion.
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Figure 13. Profiles of zonal velocity, temperature, turbulent fluxes of zonal

momentum and heat, and turbulent diffusivities, averaged between day 500

and 600 from the model (clashes), compared with the results of the inverse

analysis by Luan ct a1. (1993a.) (solid).
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Figure 14. The profile of gradient Richardson number averaged between

clay 500 and 600 from the model (dashes), compared with the results of the

inverse analysis by Luau et al. (1993a) (solid).
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Figure 15. Components of the zonal momentum balance. The convergence

of vertical turbulent zonal momentum flux. and vertical and zonal advections

of the zonal momentum, all averaged over the last 100 clays of the 600-day

model simulation (dashed) are compared with those a.t 152°W on the equator

from tue inverse analysis (solid. from Luau et ai.. 1993a).
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Three modeled terms of the zonal momentum and heat balance equations,

i.e.. the zonal and vertical a.dvection, and the vertical convergences of tur-

bulent fluxes, are calculated and compared (Fig. 15 and 16). The acivection

terms are (lose to their long-term means because the difference between L;

and r is small and a7/Ox and are specified to remain unchanged.

The vertical velocity in the model is also specified to be identical to the in-

verse solution therefore, the modeled vertical advection terms are close to

the inverse solutions, except. between the depths of 80 and 130 iii around

the zonal velocity maximum, where there are spikes due to those in vertical

gradients of zona.l velocity and temperature. The simulated convergeuces of

turbulent fluxes of zonal momentum and heat agree with the inverse solutions

iii the upper SO m. But they also have spikes balancing those of the vertical

advections just above the depth of zonal velocity maximum, and decrease to

uear-2 ero background diffusion below, in comparison with the smooth and

slightly larger inverse solutions.

3.5 Sensitivity to initial conditions
The model vas run with different combinations of the initia.l profiles of zonal

velocity and tempera I ure, with all other factors being unchanged. Even

though the simulations go through various times of adjustment, they all

reached approximate steady states close to that in Fig. 12. In other words,

t. he model is convergent.

The time series of one such model run is shown in Fig. 17. In this case, the

initial conditions of zona.l velocity and temperature were uniform in depth,

U(z, f = 0) 0.5 ms1 and T(z, t = 0) = 14 O( with a time step of 15 mm
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Figure 16. Components of the hea.t balance. The convergence of vertical

turbulent heat flux, and zonal and vertica.l advection of heat, all averaged

over the last 100 clays of the 600-day model simulation (dashed) are compared

with those at 152°W on the equator from the inverse analysis (solid, from

Luau ci al., 1993a).
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and a vertical grid spacing of 1 m. The vertical advection was responsible

for the swift acljustment in the first 400 clays or so (Fig. 12). The remaining

detailed differences, such as still weaker stratification and slower undercur-

rent in this case, were slowly smoothed out by the background diffusion.

Comparison of model runs with a variety initial conditions show tha.t the

period of model transition to steady state is proportional to the difference

between the initial state and the steady state. This again clenionstrates the

importance of model spin-up for studying hurnal cycles in the upper layer

of the equatorial oceans.

The convergence to the steady state in this model is plausible. Even

when the initial conditions are changed ciramaticall, the boundary condi-

tions arid forcirgs remain the same. The easterly wind at the surface inter-

acts tl]rough mixings with time eastward pressmm'e gradient. While the surface

heating raises the temperature of the upper layer through turbulent trans-

fer, upwelling carries cold water up. These balancing forces bring about a

sub-surface maximum of the eastward flow together with a thermocline. The

vertical gradients of velocity and temperature are adjusted through mixing

due to occurrence of shear instabilities. Meanwhile, the model was forced

at the bottom with the mean values of long-term velocity and temperature

observed at 152°W on the equator. These bottom constraints provide the

model with reference values for velocity and temperature. Eventually, the

model will reach the steady state through dynamic adjustments dictated by

these boundary conditions and forcings regardless of the initial states.
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Figure 17. Convergence of the model steady state tested by changing initial

conditions on zonal velocity and temperature. In this case, the initial condi-

tions of zonal velocity and temperature were U(z,t = 0) = 0.5ms1 and

T(z,t = 0) 14°C, with a time step of 15 mm and a vertical grid spacing of

1 m. After about 600 days, the model returns back to the same steady state

as in Fig. 12.
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3.6 Sensitivity to forcing

Sensitivity of model results to forcing terms are tested. We define the stan-

darci case as the model run of 600 clays with Zt = 15 mm and = 1 m. At

the end of model day 600 of the standard case, forcing terms are multiplied

by a factor of 0.5 or 1.5. and the model is run for another 300 model days,

c.. from day 600 to clay 900, with all other parameters unchanged. Results

are averaged over the last 100 (lays of the perturbed 300-clay simulation and

compared with those averaged over the last 100 days before the perturbation

(Fig. IS). The model simulations for each perturbation may not necessarily

reach steady states within the 300 model days.

To quantify the sensitivity of the model to forcing, we use five pairs of

indicators (Table. 2). The first pair are the depth of zonal velocity maxima,

and the depth of surface mixed layers, DT. They measure the changes

in the shapes of vertical profiles of zonal velocity and temperature. For the

standard case, the depth of zonal velocity maximum is 110 m, and the depth

of surface mixed layer is 25 m. The second pair are the rms differences over

the 200-rn column between the last 100-day averages of the zonal velocity

and temperature of the perturbed cases and those of the pre-perturbation,

LJT and T'5, respectively. They measure the amount of departure from the

standard steady state clue to perturbation of forcing terms. The smaller these

rms values, the closer the perturbed cases to the standard case. The third

pan are the rms values over the 200-rn column of daily averaged time rates

of changes of velocity and temperature of the perturbed cases over the same

100-day period, ( )fls and (f )" respectively. These values measure how
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Figure 18. Responses of the model to 50% increase (clotted) and 50% (le-

crease (dashed) of the terms indicated to the right. The model \vas perturbed

at the end of the standard 600-clay simulation and continued for 300 more

clays (from day 600 through clay 900), results between day 800 and day 900

were then averaged and, compared to the results averaged over the last 100

days of the 600-day simulatioii (solid) of the standard case (Fig. 12).
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fast the model adjusts to reach new balances of zonal momentum and heat

over the 200-rn column. Smaller rms time rates of changes indicate model

is closer to new steady-state balances. The forth pair are the differences

between the last 100-day averages of the zonal velocity and temperature at

the surface of the perturbed cases and of the pre-perturbation, U2 and

respectively. They measure the amount of departure of the surface

mixed layers of the perturbed cases from that of the standard case. The

smaller these differences, the closer the perturbed cases to the standard case.

The fiftl pair are the rms values of daily averaged time rates of changes of

velocity and temperature at the surface of the perturbed cases over the last

100-day period. (-y" and ()r18 respectively. These values measure

how fast the model adjusts to new balances at the surface. Smaller rms lime

rates of changes at the surface indicate model is closer to new steady-state

balances at the surface.

Decrease of the pressure gradient leaves a residual in westward wind

stress. Thus, the surface layer is accelerated in the westward direction and

more strongly sheared. The increase in shear causes more mixing to ielcl a

colder surface layer and larger westward surface jet, and a deeper thermo-

dine and undercurrent core. The excess in wind stress eventually decreased

the undercurrent speed through vertical mixing. The increase of the pressure

gradient essentially yields effects opposite to those of its similar increase.

The decrease (increase) of wind stress yields approximately the same ef-

fects a.s the increase (decrease) of zonal pressure gradient, except that the

depth of the zonal velocity maximum responds more strongly to winch stress

changes. One may expect stronger trades to bring about a stronger east-
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C D, (J" )"'" U'" (9k' D. T'" (
T"" (

(1O (1O (10' (10" (10' (10 (10"t (1O'

(in) mis) m/s2) rn/a) m/52) (in) 'C) 'C/a) C) 'C/s)

Slandard -110 0 1 0 2 -25 0 0 0 0

decreases so% -126 52 29 54 649-26 IS 30 28 54

increases 50% -68 46 2 61 3 -24 12 2 20 6

r, decreases 50% -12 48 1 52 3 -9 5 0 12 3

r increases 50% -135 57 43 46 17 -42 19 46 30 73

& r decreases 50% -116 15 2 26 5 -9 10 2 6 6

& r increases 50% -110 12 8 15 7 .43 8 7 6 14

Wdecreases 50% -156 49 108 11 81 .69 100 309 87 408

W increases 50% -107 17 1 4 1 .25 49 1 63 3

W & r decreases 50% -138 100 255 153 253 -109 199 713 222 1061

W Or r, increases 50% -124 45 23 26 5 -45 53 13 73 21

2 decreases 50% -89 24 10 19 7 -25 26 6 33 17

id increases 50% -115 34 70 35 90 -28 35 55 40 109

decreases 50% -110 2 7 1 12 -25 47 4 61 11

increases 50% -110 3 50 3 81 -27 46 39 57 90

C' decreases 50% .109 16 4 19 6 -25 7 3 11 8

Si-Sf' increases 50% -112 17 6 18 S -26 8 4 01 10

v'' decreases 50% -110 3 2 3 3 -27 4 2 6 5

increases 50% -110 2 1 3 2 -24 4 2 6 4

Q, decreases 50% -110 12 2 20 3 -54 5 3 9 6

Q,,, increases 50% -110 9 1 08 2 -14 4 1 9 2

Table 2. Indicators of sensitivity of model to forcing. Du and DTdepths

of zonal velocity maxima. and surface mixed layers, respectively; U" and

T5--rn1s differences over the 200-ni column between tile last 100-day a.v-

era.ges of tile zonal velocity and temperature of the perturbed cases and

those of the pre-pertumbation, respectively; (- )" and ( 1 )rinS_rrns values

over the 200-rn eoiunin of daily averaged time rates of changes of velocity

and temperature of the perturbed cases over the last. 100 day$, respectively;

I finnS and T"3--differences between the last 100-day averages of the zonal

velocity and temperature at the surface of the perturbed cases and of the

pre-pert.urbation. respectively; and ( )rfls_rn1s values of daily av-

era.gecl time rates of changes of velocity and temperature at the surface of

the Perturbed cases over the last. 100-cias- periodi, respectively.
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ward zonal pressure gradient, and vice versa, with some time lags. When

we run the model with simultaneous perturbations of pressure gradient and

wind stress, we see mild changes arid the model almost reaches steady states

within the 300 (lays of simulations.

The effects of changing the wind stress and pressure gradient are differ-

cut on turbulent mixing. Comparing the above perturbation cases, we find

that turbulent diffusivities increase as wind intensifies, but such changes of

turbulent cliffusivities clue to changes in pressure gradient alone are not as

large. This is because the pressure gradient affects the flow as a bod force,

but the surface wind can only have its effects felt at lower depths through

turbulent mixing.

Decrease in the vertical velocity reduces upward transport of colder water

into the surface layer above the undercurrent core. This creates a large mi-

balance in heat balance near the 140-rn depth, where zonal advection carries

warmer water from the west. Density inversion and hence convection occur,

raising surface temperature. And the surface layer and the undercurrent core

extend to 140 m depth. Steady state is not reached at the end of 300-day

simulation. Increase in the vertical velocity produces the opposite effects.

We also test the cases when vertical velocity and the surface wind stress

are both increased or reduced simultaneously in the model. Such changes are

plausible, because intensifying (weakening) easterly winds at the surface of

the equatorial ocean are accompanied by increasing (decreasing) upwelling

clue to Ekman transport. The results of such simultaneous perturbations

show that their effects acid: the responses of model are much larger than
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those when changing only one of them a time. Therefore, the surface wind

and upwelling cannot balance each other, unlike the balancing of the wind

stress arid the zonal pressure gradient.

The perturbations of either the meridional eddy transport of zonal mo-

nieritum or that of heat have very limited effects on the steady state, because

they are relatively small in the balances. The model is close to steady state

b the end of the 300-clay simulations of these perturbed forcings.

Decrease in the zonal gradient of zonal velocity yields acceleration of the

zonal velocity above the undercurrent. Shear and hence mixing are intensified

in the surface layer, yielding a deeper thermocline and undercurrent core.

The increase in zonal velocity below the 00-m depth due to the deeper

undercurrent causes increase in heating clue to zonal acivection. hence increase

in surface temperature through mixing. The model is moderately unsteady

during the last 100 days of the perturbation simulation. Increase of zonal

gradient of zonal velocity yields opposite effects.

flie perturbations of the zonal gradient of temperature hardly affect the

momentum balance, hut greatly affect the heat. In the model, the vertical

gradient of temperature is adjusted through mixing in order for the vertical

acivectioni of heat to balance the change in the zonal acivection when the

zonal temperature gradient is changed. This differentiates the perturbation

of the zonal gradient of temperature from the perturbation of all the other

terms, which affect both the momentum and heat balances demonstrating

cOu)liflg between the balances.
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Varying the net surface heat flux from 50 to 150 W s, both net heating,

causes moderate changes in the simulated zonal velocity and minor changes

in temperature. The simulations are almost steady.

3.7 Sensitivity to mixing parameterizations

In this section. all the model simulations are carried out for 600 clays with

the same forcing aid same = 15 mm and z = 1 in. as for the case used

in Section 3,-I and shown in Fig. 12. except for the to-be-specified changes in

the mixing parameterizations.

[lirbuleilt mixing induced by shear instabilities does not stop immediately

when adjusted gradient Richardson number reaches the critical value R9,

but continues until is larger than the critical value, R (> = 0.25).

Price cf ai.(1986) reported that their choice of = 0.30 versus, sa, 0.25,

was strictly for numerical convenience and had iio appreciable consequence

in the solutions. We miseci = 0.255 ill our simulations. However, there are

arguments in favor larger values for for example, one, by Stull (1991).

We tested values of 0.30 and 0.50 and plotted the profiles of some

averaged properties in Fig. 19. Results for R'9 0.30 are insignificantly

different from those for = 0.255; results for R,. 0.50 show slightly

more mixing than those for = 0.255. Computation time to run the

model decreases as values of R increase.

The critical value for the Richardson number R9 has been determined

both by theory and experiments and generally taken as 0.25 (Turner, 1973;

Thompson. 1980; Aclamec ct al., 1981; Peters et a1., 1988; Chereskin ci al.,
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gradient Richardson number R9. turbulent diffusivity Ilm and turbulent

fluxes of momentum F07 and hea.t F1, to changes in mixing parameters plot-

ted in clotted lines. Changing the post-mixing gradient Richardson num-

ber t.o (a') R 0.30, and (b) R = 0.50, both with the critical Richard-

soii number R9 0.25; changing the critical value of gradient Richard-

son number to (c) R9 = 0.10 with R = 0.105, and (ci) R = 0.40 with

the = 0.405; increasing the background diffusivity to (e) K1) = 10,

and (1) K1, = i0 m2 51; (g) including the bulk Richardson number mix-

big (R1, = 0.65). All results are compared with those of the standard case

(solid lines) (with R = 0.25, = 0.255. K1 = iO m2 s1, and 14 mix-

ing excluded. Hea.t flux for K, = iO nY was off scale below the 130-rn

dept it
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1986). Nevertheless, we tested the model with R 0.10 and 0.40 (Fig. 19).

As the critical value of the Richardson number R increases, the surface mix-

ing layer deepens, and the shear in the surface layers decreases. In particular,

the results for R9 0.1 suggests that the background forcing and the ob-

servations are incompatible with this value of Rgc. The manipulations of

critical Richardson numbers cannot avoid the insufficient turbulent mixing

near the undercurrent core, where the gradient Richardson number is very

large (discussed in Section 3.4).

The sufficient conditions for numerical stability and convergence of the

explicit numerical difference scheme depends on the prescribed vertical ve-

locity W(z) and the prescribed constant background cliffusivity K5:

T4
Ix --Az > 0 (3.23)

2K5 LI1 (Az)2+ar At > 0 (3.24)

Detailed description and analysis are given in the Appendix. For K5

iO m2 s, max[W()] 2.7 x iO ms1, and max(3/Dx) 2 >< iO s1.

as used in the model, we obtain Az < 0.75m from (3.23), and At < 7.5 hr

from (3.24).

We test K5 10' and l0 m2 and compare the results with those

for K5 = i0, with z 1 m and At 15 mm (Figs. 19 and 20). The

simulated steady-state zonal velocity and temperature are close to each other

for Kb between iO and .10 m2s1, hut not so for larger values of R5,

such as i0 in2 s, which is excessively diffusive below the depth of zona.l

velocity maximum. The diffusion time scales are 10 years and 1 year for

A5 = i0' and i0 m s, respectively (Fig. 20). Therefore, increasing
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the value of the constant background diffusivity smooths the structure near

the undercurrent core, arid increases turbulent fluxes below .As discussed in

Luau et al. (1993a), Kb = iO m s is a more appropriate value below the

undercurrent core based on observational results.

We have excluded the hulk mixing of the original Price model in all our

simulations. The results discussed in the previous sections show that the

combination of convection and shear instability have reasonably parameter-

izeci the turbulent transfers in the ecivatoria.l ocean above the undercurrent

core. Removal of the bulk Richardson number mixing further reduces the

number of adjustable parameters in the model.

A time series of modeled zonal velocity and temperature, with bulk

Richardson number mixing included, is shown in Fig. 21. The inclusion of R1

mixing causes periodic (about 7 clays in this example) fluctuation of U and

T in the surface layer, even though all forcing terms a.re tirne-mdepenclent.

In the model, vertical shear gradually build up below the surface mixed layer

until R1 becomes unstable. When unstable R1 occurs, the model makes an

often large adjustment instantaneously in the time step, causing the mixed

layer to deepen (not shown). Then shear starts to build up again and so on.

The time interval between the two major consecutive adjustments of unsta-

ble Rb is the period of fluctuations shown in Fig. 21 . which is in part related

to model forcing. During the phase of shear buildup, the base of the surface

mixed layer is raised up by erosion due to Rq (shear instabilities) mixing at

and below the base.
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The inclusion of Rb criterion also creates much more mixing in the surface

mixed la.er. The model cliffusivities are much larger, the surface mixing layer

is deeper, and the vertical shear in the upper layer is much smal er, than when

bulk mixing is turned off in the model (Fig. 19). This provides additional

support for the exclusion of the hulk Richardson number mixing.

3.8 Conclusions

We modified the turbulent mixing model of Price et al. (1986) to obtain a

critica.l-R model that includes parameterizations of convective adjustment.

shear instability mixing, and a prescribed background diffusion of constant

ciiffusivitv, but excludes the hulk Richarclson number mixing. The model was

then applied to simulate the turbulent mixing of zonal momentum and heat

in the upper 200 m of the ecivatorial Pacific at 152°W. The model was run

with constant forcing and boundary conditions based on the inverse analysis

of the long-term steady-state balances of zonal momentum and heat by Luan

et a/. (1993a).

The modeled steady-state velocity, temperature, turbulent fluxes and clif-

fnsivitjes are consistent with those of the inverse analysis. Tests of different

initial conditions suggest the model converges to the long-term steady state.

The model reponcls to changes in forcing reasonably.

There are two spin-up processes in the model. The dominating one is clue

to vertical advection with a time scale of about 100 clays, which is responsible

for a swift model adjustment toward the steady state. Amid the seconclar one

is due to diffusion with a time scale of about 10 years, which is responsible
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for a slow model adjustment to the steady state. The transient behavior

demonstrated by the modeled time series underscores the importance that

a model of turbulence he fully spun up before investigating effects of time-

varying surface forcing.

The model showed a build-up of vertical gradients of zonal velocity and

temperature just above the undercurrent core where the gradient Richardson

number is far above its critical value. (We expect application of seasonally

varying, rather than the time-independent, forcing to the model, to smooth

the spikes to some extent.) Increasmg the prescribed background diflusivit

of 1 x 105m2 s1 to 1 >< 104m2 s smoothes the high vertical gradients near

the core somewhat. Tue value 1 x 105m2 s is supported by experiments

for depths below the undercurrent core.

Sensitivity tests showed that varying critical values of the gradient Ri-

chardson numbers has a significant effect on the model results. In particular,

the results for .R. 0.1 suggests that the background forcing and the ob-

servations are incompatible with this value of R. Varying the post-mixing

Richardson number from 0.255 to 0.30 shows no significant differences in the

model results; hut model results for the larger value of 0.50 show slightly more

mixing in the surface layer. Nevertheless, all these variations in Richardson

number still show the build-up of vertical gradients of velocity and temper-

ature above the undercurrent core.

We have tested the inclusion of the hulk Richardson mixing criterion

used by Price et ai. (1986) and Schucilich and Price (1992). The inclusion

of the R criterion caused frequent near-surface fluctuations in the time se-

ries of modeled velocity and temperature, even when all forcing terms are
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time-independent. The frequency of fluctuations is partially related to model

forcing. The inclusion of the Rb criterion also created larger mixing rates,

hence larger cliffusivities, and smaller near-surface vertical gradients in mod-

eled velocity and temperature, all physically unrealistic.



2

Chapter 4

A Model of Diurnal Mixing in the Upper Equatorial
Pacific Ocean

Abstract

The observed unique properties of high shear, low gradient Richardson nuni-

her, zero inertial rotation, and strong diurnal variations of the upper eciva

tonal Pacific Ocean provide an icleal setting' for testing models of turbu-

lent mixing. In this paper we use simple one-dimensional critical-R mod-

els to simulate the diurnal cycle of turbulent transfers between the surface

and the ecivatoria1 undercurrent and compare the results with observations.

The models are driven by diurnal solar radiation and! time-independent wind

stress and other forcing terms obtained from a previous analysis of the long-

tern] momentum and heat balances at O°N, 152°W. Diurnal variations are

examined after the model reaches a steady state.

The simulated diurnal cycle of turbulent mixing in the upper layer has two

prominent phases: during the day, the solar insolation creates stratification

that interrupts the strong turbulent transfers between the westward wind
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and the eastward EUC core; during the night, the surface cooling restablishes

their interaction through a 100-rn deep water column. The cliurna.l cycle of

turbulent dissipation compares well to the Tropic Heat 1984 measurements.

Detailed differences, such as the faster downward penetration of mixing in

the model than observed, are likely caused by the instantaneous removal of

shear instability within each time step in the model.

The model uses only a local gradient Richardson number criterion to

parameterize mixing. The inclusion of a hulk Richardson number criterion

(as used in previous model smiulations) distorts the turbulent mixing not

only in the case of steady forcing (Luau ct ol., 1993b) and also in this case

of diurnal solar radiation. The model periodically (7 clays on average) re-

sults in an intense mixing event, then allows the graclual build-up of shear

until the next catastrophic mixing event (even when all forcing terms are

time-mclependent). The model produces smaller mean vertical gradients and

highly intermittent, time series of modeled velocity and temperature near the

surface. It. seems inconsistent to include both the bulk and the gradient

Richardson number as mixing criteria in a model of turbulence.

4.1 Introduction

Strong (liurnal cycles of currents, temperature. and dissipation of turbulent

kinetic energy, were detected during Tropic Heat measurements of November

1984 (TH84) at 140°W in the upper ecivatorial Pacific (Gregg et al., 1985;

Moum and Caidwell, 1985: Chereskin ci aL, 1986: Toole ci ai., 1987; Pe-

ters ci aL. 1988; Dillon ci al., 1989, Mourn ci al., 1989). During daytime
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when solar heating stablizeci the upper layer, only weak turbulent clissipa-

tiorì was detected and was limited to the top [0 meters most of that time.

During nighttime when surface cooling deepened the surface mixed layer and

destafihized the flow further down, dissipation of order iO m2 _3 was ob-

served to extend to depths of 80 rn. The observed dissipation rate on the

ecluator was 100 times larger with much deeper penetration below the night-

time mixed layer depth than at mid-latitides (Shav and Gregg, 1986: Price

.t al., 1986).

The upper equatorial Pacific was observed to be strongly sheared verti-

callv. with surface heating, a westward wind stress, a thermocline, an ener-

getic equatorial undercurrent (EUC) with a maximum speed at about 120 ni

(Knox and Halperri, 1982: Gregg et ai., 1985 Mourn and Calclwell, 1985).

The gradient Richarclson number, R, was low and close to its critical value,

0.25, in the upper water column as deep as 100 rn, another property

rarely seen in the mid-latitudes.

The long-term steady state of the upper equatorial Pacific Ocean is similar

to the state observed during the short-term cruises (Fig. 22). A recent study

of data. at 152°W showed high shear and low R (also close to 0.25) in the

upper 80 111, implying persistent strong turbulent mixing at the equator on

a long-term basis (Luau ci al.. 1993a).

The properties of high shear, low Richardson number, and zero Coriolis

force, in the upper ccjuatorial Pacific, provide the motivation to test models of

turbulence and improve oi.ir knowledge of mixing processes in the ocean. The

model of Price EL al. (1986) (hereafter, PWP) is a siniple critical-Ri model

based upon the critical Richardson number (shear instabitlities) as its mixing
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mechanism. It is a one-dimensional, time-dependent, mixed-layer model of

upper ocean, and requires the fewest adjustable parameters in models of its

class. PWP used the model to simulate diurnal cycles of turbulent mixing

at mid-latitude. Schucllich and Price (1992) (hereafter, SP) simulated the

diurnal mixing cycle observed during the 12 clays of THS4 at 140°W using the

PWP model. Luau ci ci. (1993b) (hereafter. LPS) simulated the long-term

mean vertical turbulent transfers of zonal momentum and heat at 154°W on

the equator, using a modification of the PWP model, which includeed the

steady-state clynamica.l terms of the momentum and heat balances derived

from observations (Luau ci ci., 1993a).

LPS showed tha.t when the model inclndecl steady-state pressure gradient

and aclvective terms and was initialized with the long-term mean values of

zonal velocity and temperature, the model still rapidly adjusted itself during

an initial 100 day period, then gradually transited to a steady state within

the next 200 days. The modeled steady states are independent of initial

conditions, but clepeud on the zonal pressure gradient, wind stress, zoual and

vertical advection of zonal momentum and heat. In contrast, SP included no

horizontal advection terms, began with observed profiles. anclallowecl their

model to Spin up for one day with the wind st ress ramped from zero to their

specified values in their 5 to 12-day simulations.

LPS found that the use of the bulk Richardson number (Rb) mixing (used

by PWP and SP) in the LPS nioclel caused multi-clay (about 7 clays) irregular

fluctuations in the simulated time series of current and temperature clown

to tIme depth of EUC core. The inclusion of R mixing resulted in mean

diffusvities near the surface much higher than obervecl by LPS.
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Then rise the following questions: What effects does the diurnal heating

have on the steady state sinmiated by LPS? What does the simulated diurnal

cycle of turbulent mixing look like, and how does it compare with the THS4

measurements? What are the effects of including Rb mixing on the diurnal

cycles?

Our objectives are to model the diurnal cycle using the simple critical-Ri

model by neglecting bulk Richardson number mixing and applying realistic

forcing. We obtain from the model the steady-state averages, and com-

pare them with observations and results from other models. In Section 4.2

we briefly summarize the governing ecivations and forcing of the model a.nd

compare with those used by SP. In Section 4.3 we describe the specific mixing

model and show the differences from that of PWP used by SP. In Section 4.4

we show the effect of diurnal heating on the mean fields, examine the simu-

lateci cliurna.l cycle after the nroclel reaches steady state, and compare it to

observations of 1H84. The effect of including the Rb mixing is examined in

Section 1.5. Conclusions are given in Section 4.6.

4.2 Forcing

Luan ct ul. ( 1993a.) studied the long-term balances of zona.l momentum and

hea.t at L2°V\ in the upper equatorial Pacific:

1 dT 1 dFin

+11 + 1/IT
dx dz

+ =
Po dx Po

(4.1)

aI dT ait av'r' i ai,
(4.2)

dl dx dz dy Po(p dz

p{1 + T)] (4.3)



where.e, ?J and are positive eastward northward and upward (z hb

200 in at the bottom and z = 0 at the sea surface). respectively; (. V

and LV are the velocity components corresponding to the coordinates (x, y,

c). respectively and P is pressure, T is temperature; F,7(c) is the vertical

turbulent fluxe of zoiial momentum; F ( z) is the vertical turbulent heat flux

including the solar insolation. The constants are the specific heat of seawater

C, thermal expansion coefficient ü, reference density Po and reference tern-

perature I, usually taken as the sea surface temperature. The quantities

with overbars are time-independent (Fig. 22). given b Luau ct al. (i993a)

and those with hats are functions of t and

This study includes the upper 200 m of the ocean, as in LPS. The

zonal pressure gradient is a time-independent Gaussian profile least-squares

fit to the results of Mangum and Haves (1984) with a surface value of

1.6 x 10 and a depth scale of 107 m (Fig. 22). The vertical velocity

is a cubic function of depth obtained from the inverse analysis of long-term

balances of zona1 momentum and heat by Luau ct al. (1993a). It is also

time-independent and non-negative (upwelling) with a maximum value of

2.7 x i0 ni s at 100-rn depth and zero at the surface.

As in LPS, we include the zonal acivection in the model. based on time-

independent values of zonal gradients of zonal velocity and temperature corn-

putedi from data (Fig. 22) (Luau et al., 1993a), and time-independent val-

ues of meridional meso-scale eddy transports of zonal momentum and heat

(Fig. 22) (Brvclen and Brady. 1989). The zonal advection of heat is one of

the two dominant terms in the heat balance (the other is vertical advection)

between the depths of 90 and 190 m.
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Figure 22. Long-term mean zonal velocity U and its zonal gradient
,

temperature, T, its zonal gradient, DT/Dx, meridional eddy transports of

zonal momentum, aV'U'/ay and heat, a1/'T'/ay, the zonal pressure gradi-

ent, p'8Pjôx, and vertical velocityW (from Luan et al., 1993a).. Data

points are marked. The data of each observed quatity are interpolated using

fourth order splines vertically.
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The vertical turbulent fluxes of zonal momentum, Fm. ad heat, Fh, cle-

fined positive upward, are cletermmed by the mociei of mixing described

in the next section. except at the surface, where they are the specified

wind stress and heat flux at the surface, respectively. A constant (neg-

ative westward) wind stress is used, with a climatological mean value of

0.048 N m2. (Wyrthi and Meyers. 1976: Esbensen and Kushnir.

l981 Heilerman dt al., 1983 Luan ct aL, 1993a). That is, F(t, z = 0)

0.018 N rn2. The vertical heat flux F1, is composed of two

parts:

p1i=I+h (1.1)

where , is due to turbulent mixing determined, as F, according to the

model described in next section, and I is the solar insolation described below.

I ui huleut dllffu'.1\ ltl( A , and A1 aie defined lepectl\ ely, b\

Po"m7j (IJi)

= _p0Ck1T = I+h (4.6)

The components of Fh at the surface are

= 0) = Q + Q+ Qh (4.7)

where Qi. Q9. and Qh. are the latent heat flux, sensible heat flux, and back

radiation from the sea surface. The solar insolation, I, is modeled with a

double exponential depth dependence

I(z, I) = Qi() (I1e' + I22) (4.8)
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where, subscripts I and 2 refer to the short- and long-wave components

of insolation. respectively. \Ve use typical values for the equatorial water

(.Jerlov type TB): I 0.6 and 1 m, and '2 1 Ji 0.4 and -\2 iTm

(Jerlov, i968 Paulson and Simpson. 1977). When -f : and '\2 -f , the

solar irradiance in Ec1. (4.8) becomes non-penetrative, .c., the incoming solar

insolation is completely absorbed by the sea surface. as used by LPS with a

cotistant Fh. Temporal variation of the solar heat flux is modeled by Q (1).

which is pnmarilv determined by the height of the sun. The climatology in

\eare d al. (1981) gave a mean solar radiation of about Qj 240W nm2

in the region of interest. From the analysis of Luan ci ai. (1993a.), a slightly

larger value is used, Q = 270 W ni2. The diurnal variation is idealized to

be sinusoidal during a 12-hour day, with a peak Q 850W m2 at noon,

and Q; 0 during a 12-hour night (Fig. 23). The sum of heat fluxes other

than solar heating at the sea surface is Qj + Q. + Qh 170W m2W m2
(cooling), or

= 0) = ITO W -2 (4.9)

which does not vary with time. Thus, the net heat flux at the surface

= 0) = = Q + Q + Q + Q (4.10)

has a daily average of 100W m2 (heating) (Luan ci al., 1993a),

which was used by LPS as a constant surface forcing. One diurnal cycle of

Q. and the constant Qi + Q + Qo' are shown in Fig. 23.

At the bottom, (. I' are 6xed at their long-term averages (Luau ci ai..

1993a). We initialize the model with the long-term mean values of observed

zonal veloci tv and tempera t nrc.
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Figure 23. One cliurna,1 cycle of solar insolation at the sea surface. Solar

insolation, Q. which is sinusoidal during a. 12-hour daytime with a. peak of

850W M_2 a.t noon and zero during the 12-hour night. The sum Qi +Q +Qo

has a. constant heat loss of 170W M2. The daily average of net surface heat

flux QnEt = + Qi + Q + Qb = i00\ M2 (net heating).
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4.3 Critical-Ri model

The vertical turbulent fluxes of zonal momentum, Fm. and heat, are

determined by the model of mixing. The critical-Ri mixing model employed

here is described in detail in LPS. It is summarized here. Aspects of the

model important. for diurnal simulation are elaborated here.

In the model (LPS), vertical mixing occurs at each time step until two

iistabilities are removed:

> 0, (4.11)

Rg(z)_ Pz <0.25. (4.12)
Pa + V

where the meridional component of velocity, u. is not used in this paper,

nor in LPS and SP. The first is convective adjustment which simulates mix-

ing due to density inversion. The second is the local gradient Richardson

number mixing wi-uch models shear instability mixing. The first instability

produces a slab-like surface mixed layer during surface cooling, while the

second smoothes the discontinuities of velocity. density, and temperature.

and yields sheared transition layers. The maximum depth at which shear

instability adjustment occurs is called the transition layer depth. The model

also includes a background diffusion of both zona.l momentum and heat with

a constant diffusivty J' = 1 x i0 ms -I based on analysis in Luau ci al.

(1993a).

The full version of the PWP model as used by SP included the hulk

Richardson number mixing, a criterion given b

= h
<0.65. (4.13)

Pa (LU) + (\v)
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where the meridional component of velocity, i. is not used in this paper, nor

in LPS and SP. Bulk-Ri mixing was applied after the convective adjustment

but before the gradient R9 adjustment described above. Here, Ii is the depth

of the mixed layer, and is the difference in density or currents between the

bottom grid of the mixed layer and that immediately below, and the mixed

layer is defined as the thickness of surface layer of' uniform density after

the first condition is met but before the third is (see SP). The LPS model

included the Rb criterion as an option for purpose of model comparIson.

The model evaluates Ff1, and F1 at the end of each time step t = (i + I )\i
using

(rn

= F=2oo Po
--200 Zt

0 fl dV'U' 1 dP
+---- dz (4.14)

dx dz dy Po dx

= F1I200 pocp if200
dT _-dT 8v'T'+L-+ii---+ dz (4.15)
dx dy

F = PoIbz2oO (4.16)

F1 z=r-200 = Po'pl'bz=-2oo (4.17)

where \/ is time step, z is vertical grid size, and the superscript n represents

evaluation at t = iit. Subsequently, we evaluate the turbulent heat flux

according to (4.4)

= I' (4.1$)
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Turbulent cliffusivities are evaluated from

1(z) = (4.19)
poz

I(z) = . (1.20)
Po i'

The dissipation rate oi turbulent kinetic energy. is calculated from

(1.21)

where the shear production 'P = and the buoyancy production B

Tg/(poCp). Hence, at the end of each time step, the dissipation rate can

be computed from the turbulent fluxes evaluated above

i a' ga
= .T; (4.22)

() Jr Pop

4.4 Results and comparison with observations

The critical-Ri model with diurnal heating a.s described above was run for 600

days with a time step I iS nun and vertical grid spacing = 1 m. The

results show a. 100-day spill-up (a time scale related to the vertical velocity)

followed by a 300-day transit to steady state, the same features described by

LPS for constant hieatiiig.

a. Steady state

Fig. 24 sl-iows the averages of the zonaI velocity, temperature. turbulent

fluxes and chiffusivities, over last 100 clays for simulations with diurnal and

constant heating. The zonal velocity and temperature are compared with the
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Figure 24. Averages of the zonal velocity, temperature, turbulent fluxes

and diffusivities, over last 100 days for simulations with diurnal (dashed)

and constant (dotted) surface heating, compared with the long-term mean

zonal velocity and temperature (solid), also used as initial conditions in both

simulations (Fig. 22), and the inverse solutions for turbulent fluxes and dif-

fusivities (solid) obtained by Luan et al. (1993a).
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long-term mean observations (Fig. 22), which are used as initial conditions.

Comparison os also make with the inverse solutions for turbulent fluxes and

diffusivities obtained by Luau ct cu. (i993a).

The two steady-state simulations (Fig. 24), one with diurnal surface heat-

ing and the other with constant heating, are very similar. Surface velocity

and temperature difler by only 0.06 ms and 0.05°C, respectively. Near-

surface mixing is slightly stronger in the cliurna.l simulation as is shown by

smaller vertical gradients of velocity and temperature, larger fluxes of nb-

mentum and heat and larger values of cliffusivities.

Both simulations shown in Fig. 24 agree reasonably well with the observed

velocity and temperature profiles and with the fluxes and cliffusivities from

the inverse analysis (Luan ct cii., 1993a). The differences between the cliur-

nal and observed surface velocity and temperature are 0.2 in and 0.3°C,

respectively. The main disagreement occurs near the base of the critical-

.R mixing laer at 100 m. below which mixing occurs only as the result of

constant background diffusion. The discountinuitv iii mixing introduces clis-

countinuities in all of the profiles. In the real ocean, non-steady forcing and

shear instabilities due to internal waves acts to smooth the profiles below

100 in. The differences between the simulations and the observations are

probably insignificant in the upper 90 m.

These results show that the diurnal variation in surface heat fluxes have

little effect on the simulated steady state of current and temperature. The

small effect.s are clue to the nighttime cooling phase of the cliurnal cycle, which

increases average turbulent mixing by a small amount above the EUC.
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b. Diurnal cycle

Properties of the diurnal cycle in the upper equatorial Pacific are shown

iii Figs. 25. 26 and 27. The time series of the hourly-averaged net surface heat

flux and time-depth contours of zonal velocity and temperature is in Fig. 25,

the turbulent fluxes in Fig. 26. and the turbulent chssipation rate in Fig. 27

from the last two clays of the 600-day simulation to examme the properties

of the cliurna.l cycle in the upper equatorial ocean. Since the model reaches

steady state after 300 days. any effects of the transition phase are avoided.

Our model clay begins at sunrise. The simulated variables are averaged for

all the time steps carried out in the hour preceding each hourly output.

The daytime phase of the diurnal cycle in the simulation is similar to that

at nuci-latitucles. in agreement with SP. In the first hours after sunrise, the

net surface heat flux gradually turns from net cooling to net heating and con-

vection is shut down. Most of the solar insolation is absorbed by the top one

meter. As the clay progresses. solar insolation increases, and the upper layer

is stabilized. The temperature field shows warming throughout the upper

50 m. Meanwhile, the continuous westward wind, aithought partly balanced

by the zonal pressure gradient causes accumulation of shear in the surface

layer. Soon, shear instabilities develop and mix the westward momentum

and heat of the surface layer t.o slightly greater depths. Below such depths,

the water is decoupled from the westward wind, and the eastward currents

are accelerated. This in turn enhances winch stirring by increasing shear be-

neath the depth of wind stirring. Such a phenomenon is confirmed by the
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Figure 25. Time series of hourly-averaged net hea.t flux across tlie sea sur-

face, zoiia.l velocity and temperature in the upper 50 m, from the last two

das of simulation. During daytime, stratification in the surface layers traps

higher shear; at dusk surface cooling causes convection and the region of high

shear moves downwards through mixing due to shea.r instabilities. High shear

at the bottome.of the mixed layer, defined as the depth at which temperature

is 0.1°C smaller than the sea. surface, results in high rates of production of

turbulent kinetic energy, and hence, dissipation maxima.. By the next dawn,

stratification a-nd shear again start- t.o build up in the surface layer due to

solar heating.
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datime turbulent fluxes (Fig. 26) and dissipation rate (Fig. 27), which show

the depth of wind stirring to increase from about S m at the beginning to

about 15 m at the end of the daytime phase.

The amplitude of diurnal warming at the surface is 0.32°C (Fig. 25). For

the 12-hour clay of solar insolation, surface warming starts two hours after

sunrise, and continues until mid-afternoon .At that time, SST begins to

decrease due to mixing and deepening of the surface layer. Thus, warming of

the water at. the very surface occurs over about a quarter of a day. followed

by cooling for the reminder. SP also reported a similar timing of surface

warming, and a marked saw-toothed time series of their simulated sea surface

tern ierature.

Westward surface currents are present for about half a day, because the

westward wind is partially balanced by the zonal pressure gradient in the

surface layer. The westward jet at the surface appears during the 13-hour pe-

nod starting two hours before local noon and ending an hour before midnight

(Fig. 25). The westward jet maximum of 0.08 in s occurs at mid-afternoon,

exactly when sea' surface temperature reaches its maximum. The temporal

change of surface velocity is locked in phase with that of surface temperature

at all times. The amplitude of the diurnal variation of the surface current is

0.17 ms±

Daytime values of the turbulent fluxes and dissipation rate are small

except in the to1) 5 to 15 ni where wind stirring is active (Figs. 26 and 27.

The surface mixing layer shallows to the top few meters from about 100 m

within a couple of hours after sunrise. and deepens slowly during the daytime,

clue to the build-up of wind-driven shear at the base of the mixing layer.
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(a) Model

(b) TH84
lIIIIIIIIuII
599.5 600.0

Figure 27. Modeled dissipation rate compared with Tropic Heat 84 mea-

surements. Time series of (a) hourly averaged dissipation rate of turbulent

kenetic energy from the last two days of simulation, compared to (h) that of

a canonical day formed by averaging 8 days of measurements at 140° W on

the equator during Tropic Heat 84. The model yields the diurnality of the

turbulent dissipation rate but with larger magnitudes and faster downward

propagation of phase during nighttime.
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About an hour before sunset, the total surface heat flux changes sign.

Together with continued wind mixing, surface cooling destabilizes the upper

laer and convection deepens the surface mixing layer. The shear maxi-

mum gradually migrates down, tracking the base of the surface mixing layer

(Fig. 25). The downward migration of the shear maximum is accompanied

by the downward migration of large values of turbulent fluxes and dissipation

(Figs. 26 and 27).

\Vithin the two hours before midnight. mixing pierces through a subsur-

face layer of above-critical gradient Richaicison number and erased all the

changes accumulated in the upper layer during daytime. At that time, wind

stress and surface heat flux establish their exchange of zonal momentum and

heat with the EUC. and the surface mixing laer deepens to about 100 m.

This long channel of exchange is nearly "short-circuited' because the gradi-

ent Richardson number iii that water column is near or at its critical value

of 0.25 (not shown).

Between midmglit and sunrise, eastward momentum is traiisferrecl upward

at rates as high as 0.1 N m2, to balance the westward monientum inserted

into the surface layer by a westward wind stress of 0.04$ Nm2 (Fig. 26).

Meanwhile, the ocean loses heat at the surface and meanwhile transports

heat downward, which has been heatedi during daytime, at rates as high as

300Wm2 (Fig. 26). The simulatecl turbulent momentum transfer cannot

penetrate through the E1JC core where the gradient Richardson number is

infinite by definition, evidenced by the I 12-m depth of zero vertical flux of

zona! momentum.
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The process of deep (100-rn) mixing lasts about 8 to 9 hours before being

nterruptecl a couple of hours after sunrise the next morning. At that time.

the depth of the (convective) surface mixed layer reaches its maximum depth

of 18 m.

in summary, the diurnal cycle of turbulent. mixing has two prom iient

phases. The change from surface cooling to surface heating interrupts the

deep nighttime turbulent transfers. Tlie subsequent switch to surface cooling

re-establishes the growth of a. surface mixing layer to a depth of 100 iii during

nighttime.

c. Comparison with observations

The dissipation rate on the equator at 140°W was measured during a.

12-day peiod iii 1984 (THS4., Mourn cf al.. 1989). During this period, the

westward wind stress was twice the value used in our model, the peak solar

insolation was about 1000W in2, and the other heating tennis produced

a. nearly constant heat loss of 200 W m2 (Mourn cf al, 1989). The daily

average of total surface heat fluxes were about 120\V m2. close to the value

of 100 \V iu2 used in our model simulation. We discard the first four days of

measurements which are affected by strong advect.iv processes. and average

the measured (lissipation rate over the last 8 days to form a. cannonica.1 diurnal

cycle. We plot two of such cannonica.l cycles in Fig. 27.

fhe simulated turbulent dissipation rate ha.s values and time-depth con-

tours similar to the observed (Fig. 27). They 1)0th demonstrate similar cli-

urnal cycles, have a magnitude of 5 >< i0 m2 s, and penetrate well below

the surface layer for periods of $ to 12 hours during nighttime. However,
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there are some differences. TH84 results show a more gradual downward

penetration of dissipation during nighttime. The penetration. of dissipation

observed during T1184, almost linear in time, continues until sunrise when

it reached a inaxininm depth of 85 in. Then turbulent activities diminished

in the 2 to 4 hours after sunrise. On the other hand, the nighttime phase of

the model results show a linear propagation for the first 3 to 4 hours. and a

rat her abrupt penetration to its maximum depth of 100 iii within the next

hour. followed by a continuation of the maximum dissipation before sunrise.

Turbulent activities end within the first 2 hours after sunrise, sooner than

the measurements show.

In summary, the simulated diurnal cycle of turbulent mixing is consistent

wit b that of the measured during TfI84, despite some differences, The clif-

ferences suggest that the pararneterization of turbulence in the model may

yield faster downward penetration of mixing. One of the possible causes for

the laster penetration of mixing is the instantaneous removal of shear insta-

bility, or the Kelviii-Flelinholtz instabilities, at each time step in the model.

in reality, evemi though the time scale for a single IKH overturn ma be the

buoyancy period, that instability may induce others for which several Periods

may be needed for mixing to he completed. Priliminary efforts to modify the

model to include this more gradual mixing have shown promising results.
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4.5 Inclusion of bu1k-R mixing

Bulk Richardson number mixing was used in PWP and SP. The model used

in this paper has excluded the Rh mixing mechanism. LPS tested the inclu-

sion of Rh mixing with tme-iuclepenclent forcing. They reported fluctuations

with intervals of approximately 7 clays were accompanied by very energetic

'mixing" eents associated with the Rh instabilities. R?, criterion also caused

much more excessive mixing in the model. Similarly, SP showed a marked

saw-tooth type of changes iii their time series of simulated velocity and tem-

perature. They reported that ensemble-averages of simulated dissipation rate

modeled the diurnal variat.on of TH84 measurements well. But their hourly

results showed extreme interinittencv, which was somewhat sensitive to the

size of time step of the model (SP).

e iepeat thc simulation including the R itenon u ith dim nal suiface

heating and all other forcing unchanged from above. Despite the presence

of diurnal heating, the contours of daily averaged velocity and temperature

are overwhelmed by the energetic similar 7-day bursts of mixing reaching as

deep as the EUC (ore (Fig. 28).

One of the energetic 7-day bursts occurs just before midnight on day 594,

as shown in the ten-day time series of hourly averaged zonal velocity, temper-

ature, turbulent fluxes and dissipation (Fig. 29). Before the burst, there is a

gradual migration of relatively large vertical shear and stratification toward

the surface layer. Near midnight on clay 594, the bulk Richardson number Rh

becomes critical, and the Rh mixing adjustment produces a uniform surface

layer 80-m deep, and perturbs layers as deep as the EUC core at 118 m.
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same forcing as described in Section 4.2 but with bulk Richardson number

mixing included. The results show the 7-day fluctuations similar to those

with constant surface heating (Luan et al., 1993h).
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The Rh mixing adjustment prisheci clown the undercurrent core by more than

10 m . After the adjustment, the vertical shear and stratification sta.rt their

gradual upward migration from the base of the new mixed layer to the sur-

face layer. The migration continues for about 7 clays when the next energetic

R burst of mixing occurs.

There aie three other bursts with moderate strengths, one in each da of

591. 597. arid 599. during this 10-day period ( Fig. 29). There are also bursts

with small magnitudes occurring from late morning to late afternoon on a

daily basis (Fig. 29). Each of these bursts of mixing are clue the Rh mixing

mechanism. None of the cliurna.l cycles are the same clue to the irregular

occurence of the H, instabilities on time scales of multiple days.

Bursts of mixing usually occur with a duration of an hour or so. There

is good similarity between the bursts we observe in this simulation and the

extreme iutermittence in the short-term (hourly) variation of dissipation re-

ported by SP. The bursts cause the saw-tooth shaped time series iii the

diurnal variations of simulated velocity and temperature, just as SP showed

in their time series.

The inclusion of bulk Richardson number mixing also distorted the di-

urnal circle (Fig. 29). Turbulent transfers are usually subdued during the

next clay or two following each major burst. A reversal of the upward trans-

fer of eastward momentum even occurs between the depths of 50 and 70 m

for about $ hours (from late morning to late afternoon) the clay after the

biggest burst. Long-term averages of the simulation show a surface layer of

smaller vertical gradients. Thus, it is suggested that mixing is overdone by

the critical Rh adjustments. Only one of the ten days, i. c., that before the
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biggest. burst, shows a. time series of turbulent mixing close to those shown

n Figs. 25 to 27 from the simulation with R mixing excluded. Therefore,

we conclude that the shear instability mixing, which has sound physical and

experimental basis, can be mliv represented by gradient Richardson number

mixing. and tha.t the inclusion of bulk Richardson number mixing leads to

lughlv unrealistic results.

4.6 Conclusions

Diuriial cycles in the upper ecivatorial Pacific are studied buse of a simple

critical- H model of turbulence. First the model was 5I)ifl up with constant

forcing obtained from analysis of long-term zonal momentum and heat bal-

ances at 152°W in the upper ecjuatoria1 Pacific Ocean. Model mixing with

diurnal surface heating is slightly stronger above the ecivatorial undercurrent

core than that without diurnal variation.

The simulated diurnal cycle of turbulent mixing in the tipper layer has two

prominent phases. Solar insolation interrupts the strong turbulent transfers

in the upper 100 in during daytime. Surface cooling re-establishes mixing

through tile upper 100 iii by midnight. Diurnal forcing at the surface cannot,

by definition. overcome the mixing barrier at the EUC core, where large

values of gradient Richardson number shut clown the turbulent transfers.

The simulated diurnal cycle of turbulent dissipation is consistent with

that measured during TH84. The difference in the speed of downward pen-

etratioii of mixing may be caused by the instantaneous removal of shear

instabilitt om the Kelvin Helmholtz instabilities at each time tep in the
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model. In reality, even though the time scale for a single KR overturn may

be the buoyancy period, that instability may induce others for which several

periods may be needed for mixing to be completed.

The inclusion of bulk Richardson number mixing distorts turbulent mix-

ing and the diurnal cycle. Bulk Richardson number mixing yields highly in-

termit tent and unrealistically energetic exchanges in the surface layer. This,

in turn, mti'oduces spurious multi-day fluctuations and short- term saw-tooth

variations in the simulated time series. The model test shows that critical

Rb mixing is excessive.
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Appendix A

The Least Squares Problem for Inverse Analysis

To express Eqs. (2.7). (2.8), and (2.9) in ina dx form, we define the following

depth arrays

(Z)2 (,)3] (A.I)

[1 ()2 (:13 ()4] (A.2)

[ 0 1 2t 3()2
(hb)

]

(A.))

and vectors of the unknown polynomial coefficients

[ W '2 U'3 (A.1)

.1

[.
t .12 ./3 .14] (A..5)

Igo gi 92 93 1
(AG)

Hence, Eqs. (2.7), (2.8), and ((2.9) become

W (A.7)

Po J (A.8)

pocp. (A.9)
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dFffl

(A.i0)Po
(LZ

h
(A.ii)

dz

The equations of zona1 momentum and heat balances, (2.10) and (2.11). can

be written

+ () I - M + R (A.12)

i + () = H1 + R1 (A.13)

where subscriptS indicates evaluations at the 10 depth levels, 0.

-10. -20. -30, -50. -75. -100, -125. -150, -200, for i = i,2, .10, and

'U'(raT (A.14)
\ oX dj p dx /

0vT/)

(dT+
(A.15)

dx dy

['he boundary conditions and other constraints on turbulent fluxes are

clvided by depth scale h1, so that the corresponclmg equations have same di-

mensions as the momentum or heat equations (2.10) and (2.11). respectively.

The boundary conditions and constraints (2.12) through (2.20) are

a.t = 0. audi

= + RT (A.16)
poh i

h1 + RQ (A.17)
o C

= 0 (A.iS)



at -/i, and

at = h,, and
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0 (A.19)

0 (A.20)
(1Z

I/ dL'= (A.21)
hh dz

(A.22)

_sign(J).f/i (i\23)

h' IuT
(A.24)

at for j 0, 1,2, 10. where z in. The sign fullction

sign(;r) = 1 if .r > 0. and -i if x < 0.

\\e construct tile linear system for u'. f. and g as

= I (A.25)

= 0 (A.26)

C.H > 0 (A.27)

where the vector of unknowns

U'

= I (A.28)

g
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the first set includes the 22 equations of (A.12), (A.13), (A.16), and (1.17)

[]i
[Tth]

[±]
O

O h 0

O O hhzL_o

Lii

B=

Po

Q
Po(pib

and the vector of residuals

p.
(7777

R177

R

RQ

the second set includes the 5 ecuations of' (1.18) through (A .22)

0 h1 0

0 0

E= 0 0 Izhb

O =-ho 0O0 Zhb

(A .29)

(1.30)

(A. :31)

(1.32)
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0

0

p o (A.33)

7=h,

1uh- h
and. the third set includes the 82 inequalities of (A.23) and (A.21)

(O h {sign()] O

G
i

i r:i
O 0 {H

h,
J (A.35)

f\, aT
)

We multi ply all the rows of momentum equations iii (A .25), (A .26). and

A.27) \vith a weight. A > 0. to obtain solutions that give optimal improve-

nient in the residuals. The weighted least squares problem, denoted by su-

peiscript ('), becomes

where, in particular,

= (A.36)

0 (A.37)

= 0 (A.38)

A

R1,

ART

RQ
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We apply the inverse analysis to the linear system constructed above.

The technic1ue employed to solve the linear least sdluares problem with both

equality and inequality constraints is due to Lawson and Hanson (1974). The

numerical algorithms developed by Haskeil and Hanson (11981) and Hanson

and Haskell (1982) are used.

The method miii mi izes the weighted sum of residuals s(1uared, A2

+ Rf +A2R + R. in a least scinares sense, and yields solutions for the

uukiiowu coefficients. w1. w2, u'3.f and gi. and hence IV( z). F, (z) and

Fj(z).
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Appendix B

Sensitivity Tests of Inverse Solutions

In this section the solutions obtained by use of the inverse analysis are tested

for then sensitivity to variations in speciIecl parameters and observations.

The solutions obtaiied in Section 2.3 are called the standard case. For the

standard case U is represented by a cubic function of depth, zero at the

surface. m and 7h by fourth order polynomials, background diffusivit

1 >< i0 in2 s . and the weight applied to the momentum ecjuations \

4. The inverse analysis minimizes the weighted sum of residuals squared,

1m(i)2 + R1()2 + \2R + R. where = 0, -10. -20. -30.

-50, -75. Il00. -125, -150. and -200 m, for I I,2, ,10. We first test

the sensitivity to different weights including different values of .\, second

to different degrees. of polynomial representations of vertical velocity and

turhulent fluxes, third to different values for the background diffusivity, and

fourth and lastS to variations of the observed forcing and surface boundary

conc1itons.
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To qualitatively describe the sensitivitv the rms values of the residuals,

R77 () and R1 (c). are (lefifleci as

J
R (:) dz (B. 1)

[1
R)dz] (B.2)

'11)

where h1, 200 in. When the residuals are included in the turbulent transport

terms, the ri us values of P. F1,. K, and K1, are computed as

[
f (ni po [R ) i i]

2

(h +

f)o(j R1) )
(/] (B.1

=
f°

( [ Rm(lc2
ry2

(iZ (B.5)1. h \ Po / dZ

[1
j° (

7
+ i

DT(

ii hb \\oC

/
R1)d) T)2

dZ]

vhere = 125 ni. Tue rms values defined by ec1uations B.3 to B.4 are the

rms differences between solid and dashed lines in Fig. 7 for Fm and Ph. The

integration relative to the depth of the core is to avoid division by zero.

The staudardcase rms values a.re denoted by the subscript O". The

standard-rms values are: 0.5 10 ins2, RS 0.2 x i06 O(i s,
0.002 N m2, F7S 2 K 1.9 i0 nY s1. an(l

= 0.5 x i0' m2 si.
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Figure 30. Root-mean-square (rms) values of residuals for momentum. R7

(solid), heat. R1, (dashed), normalized sum, RTl, turbulent fluxes, Fm (solid)

arid h (dashed), and turbulent diffusivities, (solid) a.iid Jj (clashed),

all plotted as a. function of the weighting parameter A, a factor multiplied the

momentum equation as part of the inverse analysis. The normalized sum.

= R/(5 x 1O m s2)-1-- Rls/(4 x iO6°C s), where the normaliza.-

tion factors are the maxima. of the terms in the momentum and heat balances

(Figs. .5 and 6). The plot for' R8 and R is scaled so that. tile bottoms

represent. their minimum values (at A = 0.01 for R"', at 100 for RS), and

the tops represent two times their minima, respectively. The plot for F"

and is similarly scaled except. that the tops 4 times their minima.

respect ivelv.
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Because the momentum and heat balance equations have different cli-

mensions and terms of different magnitude. the momentum equation and

constraints are multiplied by the weight .\ (see Section 2.3) to optimize the

reduction of residuals. The rrns values of the residuals do not necessarily

reach a minimum for the same value of the weight lambda. \/ariation of the

rins values, and the sum of normalized rms values of momentum and heat.

R/(5 i0 in
_2) + R/(4 iO.° C s). as a function of \. are

shown in Fig. 30. The values of R8. and arc much less sensitive

to changes in \ than those of and Ii7"'. in particular, for > 2.

increasing A yields very gradual reduction of the momentum residuals, but

causes abrupt increase of the heat residuals. The solutions for vertical veloc-

ity. turbulent fluxes and turbulent diffusivities are shouTn n the top panel of

Fig. 31. and numerical values are given in fable 3. for A 1, 4. and S. The

results for A = I and 4 are nearly indistinguishable, but there are significant

effects on and 7' for A 5. The combined normalized rms value, R, is

the sum of the ratios of the rms values of the momentum and heat residuals

to the estimated maximum magnitudes of the leading terms in the balances,

5 x 1 0 m _2 for momentum, and 4 i06 O -1 for heat .A minimum in

the combined normalized residual R, determines on optlmum choice for A,

which is A = 3.5. v.'hich we rounded to A = 4 for the standard case.

Sensiti\ lt\ of flu ui cisc solutions to umfoim neighting u ith depth u as

also tested. The momentum and heat balance ecivations were evaluated at

depths with equal intervals of z = 5 in, rather than at the standard case's

10 specified depth levels of 0, -10, -20, -50, -Th. -100, -125. -150, -200 in.

The effect of uniform-depth weighting is shown by dotted lines in the second
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Figure 31. Sensitivity of the inverse solutions for vertical velocity, turbulent

fluxes and turbulent diffusivities to: row 1-the weighting parameter \ = 1, 4,

8; row 2-z = 5, ten specified depths, equal equation weighting row 3-de-

gree of polynomial representation of TV is 2, 3, 4; row 4-background diffusiv-

ity Kb = 10, iO, iO' rn2 s'; row 5-without surface boundary conditions,

with surface boundary conditions. In each of the above, the first case is a

dotted line, the second is solid and the third is dashed, i.e., A = 1 is dotted,

= 4 is solid. etc. The solid lines are the standard case.
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row of panels in Fig. 31. The resulting vertical velocity maximum is only

3% smaller, and the turbulent heat flux 10 to 20% smaller, than those of

the standard-case solutions. The turbulent momentum flux and turbulent

diffitsivities show little changes. The rms values of the residuals show no

significant changes (Table 3). Although the method of evaluation at uniform

3 in intervals add more equations to the system, it adds no additional

inforniatioi because the added equations are evaluated by interpolating the

observations.

We also tested the effects of weighting every equation of the system

equally. Equal-equation weighting is achieved by multiplying each equation

by a constant such that the largest of time coefficients for the 13 unknowns

(w1. w2. w3. h and g for = 0,,... 4) for that particular equal ion is one

and the rest are between I and 1. The results of this weighting are shown

as (lashed lines in the second row of panels in Fig. 31. Ec1ual-equation weight-

ing yields a vertical velocity maximum and turbulent fluxes larger than the

standard case and those for momentum are changed negligibly (Table 3).

The effect on the inverse solutions of different degrees of polynomial rep-

reseutations for Fm, Pi, and TV was tested. The degrees of the polynomial

representations are controlled by two factors. The degrees are required to

be sufficiently lugh to accurately represent the vertical structure in the so-

lutions but are limited by the rank of the linear system. The weighted sum

ol residuals squared [2 Rm(i)2 + R1,(z)2 + 2R + R], the ratio

of the number of unknowns to the rank of the linear system, the maximum

vertical velocity, audI the values of F, ms I,TTms, Kf/nS, are

plotted in Fig. 32 as functions of the degree of polynomials representing lV,
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m' and P1. As the poiynomia.l degree for m and j, increases from 3 to 7,

the hnear system has more degrees of freedom to reclirce the weighted sum

of residuals squared. However, such an increase in the degrees of freedom

causes the number of unknowns to exceed the rank of the system, and hence

makes the system under-cletermi ned: it also causes excessive high wavenum-

her oscillations which appear as uicreases in the rms residuals for the heat

balance. Fr,, and 'h

Based on the results showk in Fig. :32. we chose for the standard case a du-

bic polvnomal for representation of l'V and quartic polynonia1s for represeil-

tat ion of rm and J. The weighted sum of residuals squared (top panel) (Ic-

creases very slowly for higher degree polynomials and there is merit n choos-

big a low degree to make the problem over- rather than under-determined

(panel 2. Fig. 32).

Response of the inverse solutions to variation of the background diffusiv-

itv. Kb, was determined for the range ol K1, an order of magnitude smaller

and larger than the standard-case value of 1 x lO m2 The rms residuals

are plotted ns. K1, in Fig. 33. There is negligible variation in the residuals for

Kb < 2 x I O m2 s1. The increase in the residuals for J > 2 x I O m2

suggests, consistent with observations (Peters c/ ai. 1988; Dillon ci al., 1989:

Moum ci al.. 1989), that K1, should he less than this value. The response of

vertical velocity and turbulent fluxes and diffusivities to changing the stan-

clard value of K1, by + an order of magnitude is shown in the fourth row of

panels of Fig. 31. There is negligible effect of the variation of K1, by + an

order of magnitude on Fm and 7m There are large, unrealistic anomalies
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Figure 32. The weighted sum of residuals squared, )12 R(z1)2+

R(z)2- \2R + R. the ratio of the number of unkiiowns to the rank

of the linear system, and the rms values of residuals R1, R1. F, F1 K.

Rh, a.s functions of the degree of polynomials representing Fm and P/ with

W(z) being represented by polynomials of degree one (dotted), three (solid)

or four (dashed).
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Figure 33. The rms values of the residuals, R'rn, R,, F, Fh, K, and Kh as

a. function of prescribed background diffusivitv Rb.
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in and iX,, for K,, = 1 x I 0 rn2 s1, consistent with the discussion above

that this value is too large. For K,, = I x i0 rn2 s1. there is negligible

effect on IF. but F,, and K,, are about SOsnialler than the standard case.

The large effect on F,, and K,, of varying K,, is because turbulent heat flux

is a small term in heat balance between 70 and 200-rn depth (Fig. 6). The

specification of K determines t he value of T,, and ij, at 200 in. The vari-

ation of I,, and A,, with is ver \veail constrained b the heat balance

between 70 and 200-ni depth. which leads to the large effects of K,, on F,,

and K,, . The inverse solutions for F,, and K,, aie uncertain by about. +50%

because of t lie sensitivity of F,, and K,, on the choice of K,,.

The efled on tIR lfl\ cisc solutions of 1 mo\ ing the sulfad flu\ conditions

(2.12) and (2. 13). was tested. The solutions for vertical velocity, turbulent

momentum and heat flux and the turbulent difiusivites are negligibly at-

fectech as is shovn in the bottom panel of Fig. 31 . The effect on the rms

residuals is also negligible as shown in Table 3. The inseustivity of the in-

verse solutions to specified surface fluxes of momentum and heat shows that

the results. inclndiug estimates of surface fluxes, are essentially determined

by oceanic conditions.

Sensitivity tests of the inverse solutions to variations iii the forcing terms
(T/3. )UU'/)y, p%)P/3x, lIT (and ÜTT/Oz), aT/Llx. dT/3z. r. and

Qnet are plot ted in Fig. 34. These terms were perturbed by multiplying one at

a time by factors of 1.5 (dotted line) and 0.5 (dashed line), respectively. The

profiles of vertical velocity, turbulent fluxes and turbu lent diffusivities are

plotted for each of the perturbations together with the standard case (solid)
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Figure 34. Responses of vertical velocity, turbulent fluxes and diffusivities

to 50% increases (dotted) or 50% decreases (dashed) of aV'U'/ay, aU/o,

p:1DPiax, Ti (and aU/az), ¶/ax, ¶/Dz, aV'T'/ay, r, and The

solid lines are the standard solutions from Figs. 4, 7, and 8, respectively.
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in Fig. 3-1. Vertical velocity is most sensitive to changes in zonal velocit , and

zonai and vertical gradients of temperature. The vertical turbulent flux of

zonal momentum. E,. is most sensitive to changes in zonal pressure gradient,

zoiial velocity and vertical temperature gradient. The vertical turbulent. flux

of heat. 'h. is sensitive to changes in a variety of variables, the largest of

\vhi ch are vertical t emperature gradient, horizontal temperature gradient.

zonal velocity and its vertical gradient. and horizontal I eniperature graclient.

lurbulent viscosity. ku,. is sei isitive to the same variables as F. Siniiiarlv.

the turbulent dif{usivitv for heat, Kh, is sensitive to the same variables as

F1

It is import ai t to recognize that the sensitivities of the inverse results

to various lorcing variables (Fig. 34) should not be interpreted as error es-

timates .A1l of the lorcing variables were perturbed by ±50% and many of

the variables are known more accurately. For example. the long-term mean

vertical temperature gradient is perhaps known to about 5% accuracy and

long-term mean velocity is known to about 20%. The sensitivities can be

converted into error estimates by appropriate scaling.

In summary, we have reasonably chosen for the inverse analysis (lescribed

in Section 2.3 the weighting, the degrees of polynomial representations of

the vertical veloclty arid turbulent fluxes of zonal momentum and heat, and

the background diffusivities. The sensitivity tests to ±50% changes in the

forcing variables provides the basis for estimating errors in the results of the

inverse analysis.



1.30

Case R7flS

(1O

ms2)

R"8

(10

°Cs1)

(10-s

Nm2)

Fs
(\\T

m2)

J(r,ns

(1O

m2s1)

7(rrns

(1O-

in2s)
Standard 5.4 7.5 2.2 5.4 1.9 0.5

= 1 5.8 5.2 2.:3 5.S 2.0 1.8

= S 4.6 17.5 1.8 30.8 1.6 5.2

5.2 8.7 1.9 7.1 1.7 0.4

Equal eqn weighting 4.6 23.4 1.9 94.2 1.7 25.7

W, (jilacIratic 5.4 7.4 2.2 5.3 1.9 0.5

W. quart.ic 4.8 9.6 1.9 13.6 1.7 3.9

Rb = I x 10m2s' 5.0 8.3 2.0 9.2 1.7 2.1

= 1 x iO m2s' 10.2 29.2 4.5 93.9 4.2 17.2

Surface bc's removed 5.4 7.3 2.2 5.6 2.0 0.4

Table 3. Root-mean-square values of the residuals for the momentum ba.l-

ance, the heat balance, the vertica.l turbulent momentum a.ni heat fluxes

and the turbulent diffusivities for momentum and heat. The rms residuals

are computed for the standard case and for different weights (\ = 1, 8, equal

equation). uniform vertical grid (z = 5m), quadratic and civartic P0lYI0-

mial representations of vertical velocity, background cliffusivity, Rb, an order

of magnitude smaller and larger than the standard case. and with surface

boundary conditions removed.
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Appendix C

Implementaion and Stability Analysis of Simple R1

Model

The i mplenientation of the model computations are summarized in the flo\V

chart shown in Fig. 35. The details of each unit of the chart are described

below.

Grid and time step

As shown in Fig. 36, with the total depth h.h = 200 m duvidecl up uniformly

by the vertical grid spacing of z, there a.re total J hh/.S.z levels. The

grids are numbered sequentially from the bottom to the top. =11, 2 .....

.1 1. .1, with the bottom being the first and the top the last or .Jth. C rid

j is centered at z1 = J and bounded h = J i)z,

and = (j J).
All of the variables of the momentum and heat equatioiis are evaluated or

approximated at the center of the grid except the vertical turbulent fluxes

and chiffusivities. which are evaluated at the bounds. We use subscript j"

to indicate evaluation at grid j.
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Grid Setup

Evaluation of Constant Terms

Initialization

+

One Tiestep
t>T

Variables
n'=n+I t=(n+1)At

4tr
rApplition of Forcing, Background

Diffusion, and Boundary Conditions

[Convective Adjustmentj

r* Switch?

Penetrative Entrainment] f Bulk Richardson Mixing

Richardson

Evaluation of Total Effects
of Mixing Adjustments

including Background Diffusion

Figure 35. Flow chart of computational implementation of the model
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j-4 z_1=(f-J-l)z

1

i-4 z 1=-JtXz

Figure 36. Diagram of vertical grid levels.
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We start the model computation from t = O and then increment the

computation with a time step \t at 1 nAt for a specified total period of

T I\TAI. Hence, n 0, 1, 2, . . . N 1, N. We use superscript to

represent evaluation at the end of time Step in I n A/. Thus, superscript
.O" indicates initial values.

Constant terms

At the hegmmng of the computation. all corstant forcing terms are eval-

uated at the center of each grid j = 1, 2, .....I I. .J. such as

TV, = 'cv ((1.1)

(1 D
((1.2)

(Dr\
((1.3)

5r) Da'

(aT\ 7
((1.4)

Dr

(Dv'u' DVU

Dy =u
DV'T'

((1.6)
Dy ), Dy

In it ializati on

Before the computation for first time step / = At, initial values of zonal

velocit and temperature are assigned as following, unless specified differ-

entiv.

C = U(z/ = 0) = U() ((1.7)

T = T(,t =0) = (z) ((1.8)



143

Application of forcing, background diffusion and boundary

Cond it ions

At the beginning of a new time step n. + J. we first apply the bonndarv

and intenor lorci ng terms including the the prescribed background diffusion

of constant d iffusi vity K. The tildes over the aiiv tme-clependent variables

such as ZOflal velocity and temperature represent their intermediate values

wit Inn a t irne step: and the hats represent I lie variables fiuiai values (after

all mixing adustnieiits) at the curl of a time step.

Surface botuidarv conditions on turbulent fluxes, together with other forc-

ilig terms involved. are applied to the to1) grid. j J. That is. at zj

and at the beginning of time step t (n + 1 )\/.

,i+1 Iii
1

iTo
( j

un
Ji '

+ Po

L\

(aT °'U''\ (iaI
(70 (( 9)

) Po ax)1

/0+1 To rn 7, Jj
-'.1-1W +

Az Az

(Tn (dT (afT''\
(('JO)r) dy

For the interior grids at z = (j J )Az, j .1 1, .J 2 ..... 3. 2, at

the beginning of time step t (ii + I )A1.

U' ' u 2Uj + U7

'

+ K
2Az (Az)2

(dfl (a1'u' (idi
LT' (C.ii)

dX) d?J J \Po dx)



144

+K
TJ12T]+T1

L\t ' 2Az (L\z)2

(0T (v'T'
(C.12)

J

At the bottom grid. j 1, -( K )zz. boundary conditions are applied

(fl+1
fl+ I

1

+ 1 = f + I r (('. 1)

Convective adjustment

After the application of forcing. the model checks for static instabilities

throughout the profile of density. \\heri static instability is detected, all

proper! icS at the grids involved are homogenized by the model (Fig. 37).

Once these convect ye adj ustments are (lone, the model has three choices

for its next step: (1) adjust for penetrative eiitrainment clue to convective

adjustments. (2) check for bulk Richardson number, or (3) bypass both (I)

and (2).

Penetrative convection

About i52 of the potential energy supply from clensit inversion in the

surface layer discussed above is available to entrain mass. momentum and

heat from the grid(s) immediately below the surface mixed layer, with the

rest dissipated. If the available potential energy is used up to entrainment

whole sub-layers between two more grid levels, then properties of these sub-

layers are homogenized with those in t.he surface mixed layer. If the available
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Figure 37. The component Convective Adjustment" in the flowchart shown

in Fig. 35.
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potential energy, or the port ion left after entraining whole sub-layers, is not

enough to eritrainnient the next whole sub-layer, then the properties of the

next sub-layer is partially mixed with the surface layer above so that all the

available energy is usc-il UI) completely. i.e., the properties of this sub-layer

are not identical to those in the mixed layer.

Bulk Richardson number mixing

After the adjustinetit for convection. Bulk Richardson number instability

is checked for the surface n ixed layer of depth where JMLD. with

a minimum of 1. is the number of top grid(s) included by the surface mixed

layer. If the bulk Richardson number Rh of the suriace mixed layer is below

the critical value of 0.65. the model homogenizes the grid below the surface

layer, and then checks if the new, deeper mixed Iaer of depth (JJLIJ + 1 )\

yields a value of R above its critical value. Iteration continues until a surface

mixed layer with a stable Rh is obtained (Fig. 38).

Gradient Richardson number mixing

The algomithm toi sheat in'-,tabilit nuxing u-ing the giadient Richamdson

number criterion is shown inF' ig. 39, and has been discussed in the text in

detail. This is the last adjustment for turbulent mixing for a given time step.

Evaluation of turbulent fluxes and diffusivities

i apph irig th told ing and adjusting all the ieciuiiecl mi\mg cnteiia

for each time step, I = (n + I )f, the modei obtain the final values of the

properties of the time step u + 1. Then the model evaluate the vertical
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I Rb=
(-n+1 -n+1
Pj )JMLD

I J-JMLD NoL
(u;+1 u'1 2

JJMLD)

I O.65
C

Yes
(.)

I Homogenize I

n+1 n+1 n+1
I

Figure 38. The component "Bulk Richardson Mixing" in the flowchart

shown in Fig. 35.
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Ca1culate R1(z1)=

Find min[Ri(zk)J

at
n"

R(z1 NN.N_.____-1i

Adjust UjUj_r,
o

so that

n+l)

(U -u)2

Update variables

with

adjusted values

.,n+l -,n+l -,n+1

Jm.n''

+0.005=0.255

[uesof

forallj
)t

I

Next time step

Figure 39. Tue component "Gradient Richardson Mixing in the flowchart

shown in Fig. 35.
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convergence of turbulent fluxes of zonal momentum and heat that include

the total effects of the background diffusion applied at the beginning of time

step ii + i and all other model adjustments for turbulent mixing (luring

t he sa tue toe time step. \Vhen these values of turbulent convergences are

applied together vil Ii forcing ternis at. the beginmng ci t he time step n + 1.

the model yields same fina.l values br all the properties br the tine step

\VithOUt all I he on xi hg adj ust.ments.

At the hottonnj

(/..H
1.7

(iiI!I'\
i: j 'I arJ1 dti )

- (' (C.15)
Po d)

(___I7' w1 -27
( (0T1' (CJG)

oCp d / dr/ i

At the interior grids. j 2. 3 ,...,J 2. .1 2,

-
T)

Po ()Z ). 2\z

rn (:'L7) - ((117)
p dr

-f 1,
'\P0Cf) L\I 2r

(7 (C.18)
dr,i. d1j /

At the surface, j J.

(7+1

TV
17i

Po dz ,I
J
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fr (nfl

(dvu1\1 (i_) (C.19)jj Y J Po

- _i+]_i_wj_1_
üz '

n (
(d ((20)

\\dr) thj J.
.1 j

(t (t)RIlJ\
(C.21)

/dF1
(i,

22)
7iI)

Assuming turbulent fluxes across the to1) J)olThd of the bottom gnd are corn-

pletely due to prescribed background diffusion (the model siiows no other

turbulent adjustments at the bottom grid):

()+
T)T1

(( 23)

( '+ Po(p1ô (E.2)

(1f (C.2.5)

(kh) = Kb (C. 26)

Then the values of turbulent fluxes and diii usivities at the top hound of grid

j = 2, 3 ..... .1 1, J. are approximated as

()+ + Az (:i) (C.2T)

= (P1, + ()



151

()+ (Po

)

(i1, (Fc, (Po)' (( 30)

Numerical stability and convergence

\t the beginning of each time step. the applIcation of (1) forcing. (2)

prescribed background d1iusion of constant diflusivity A. and (3) hound

arv conditions to the nionientuni equation alone, is similar to the numerical

integration of the lot loving paiabolic partial differential eCluation of L

iFI uIJ'ir + i'-:--- + n-1 (f()
d d Po da'

200 < <0, 0 <I < T

(i), 200<<0
- (: h).

tL0 (z 0).

iinilarlv. for the heat balance

JT )2j dT dv'T' dr.
"bT, + d() =

Jt d-z dz ()r
200<z<0,

= T(z). 200 < z <0

=
h b

L0 = T(z = 0).
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Each of the explicit finite difference schemes for the above been proven

to be stable and convergent (Ricitmver and Morton. 1967) if

1)
> 0

For I he tYpical values of 1 x iO-5 in2 inax(U ) 2.7 x l0 in s.
and inax(dU/d.r) 2 x l0 s. it yields : <0.75 iii. and f < 7.5 hr.

Model test.s yield ahnost identical stable solutions with 0.5 rn (not

shown) and _\; tin (Fig. 12), very small artificial fluctuations with

2 in. and i ncreasingiv larger artificial fluctuations associated with numerical

instability \vith larger (> 2 rn). The time series of simulated zonal velocity

and temperature for the case of L\z 10 m is shown in Fig. 10. Numerical

instabilities frequent iv trigger the vertical advection to adjust the model.

and give rise to the IIuctuatioiis with the time scale of 100 clays. Coarser

vertical resolution pro(luces larger magnitude fluctuations. However. when

averaged over a period of 100 days. the simulated zonal velocity, temperature,

and turbulent fluxes and cliffusivities, show sin al I differences for values of

<Sm.

Increasing with K fixed has an effects similar to reducing K with

fixed in this model (according to the theory, and to model tests not shown).

We also test the model with time steps t between 5 sec. and 1 hr with

other parameters fixed (not shown), and confirm that simulations remain the

same for time step between 5 seconds and 1 hour. However, increasing time

step may not reduced computer integration time proportionately because
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Figure 40. Same as Fig. 12 but with /z = 10 m iiisteacl of the standard

case of I m. Numerical instabilities clue to coarser vertical resolution gives

rise to fluctuations with periods of about 100 days of the vertical acivective

time scale.




