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This thesis represents the exploration of three aspects of ocean turbulence: the

development of new sensors, the detailed physics of scalar mixing, and the study of

internal hydraulic flows on the continental shelf.

Thermocouples:A fast-response chromel-constantan thermocouple sensor was

constructed for use on the microstructure profiler Chameleon and used for 60 ocean

profiles off the coast of Oregon. The stability of the thermocouple was compared to

that of an FPO7 microbead thermistor and its frequency response was compared to a

high-resolution microconductivity probe. Although noisier than the thermistor, the

thermocouple was found to be stable, to resolve temperature gradients at least ten

times thinner than the thermistor, and to be sufficiently robust for routine oceanic use.

Salinity Fluxes: In the past, determination of the irreversible turbulent flux of

salinity in the ocean has not been possible because of the complexity of measuring

salinity on the smallest scales over which it mixes. We present an analysis of

turbulent salinity microstructure from measurements using a combined fast

conductivity-temperature probe on a slowly-falling vertical microstructure profiler.

Four hundred patches of ocean turbulence were selected for the analysis. Highly

resolved spectra of salinity gradient ij exhibit an approximate k1 dependence in

the viscous-convective subrange, followed by a roll-off in the viscous-diffusive

subrange, as suggested by Batchelor (1959). The dissipation rate of salinity variance
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may thus be determined. Estimates of irreversible salinity flux from measurements

on dissipation scales (from
, following Osborn and Cox, 1972) are compared to

those from the correlation method ((w'S')), and from TKE dissipation measurements

(following Osborn, 1980). It is found that the flux ratio d = /x.(dT/dS)2 0.7.

Such a difference is qualitatively justified, and quantitatively consistent with the

direct numerical simulations of Merryfield et al. (1998).

Internal Hydraulics: Observations of currents, hydrography and turbulence provide

unambiguous evidence for hydraulic control of flow over an isolated

three-dimensional topographic feature on Oregon's continental shelf. The flow

becomes critical at the crest of the bank, forming a strong supercritical downslope

flow in the lower layer. Further downstream, internal hydraulic jumps form as the

bottom flow becomes subcritical. As a consequence, turbulence is greatly enhanced in

the bottom boundaty layer, in the sheared interface above the swiftly flowing bottom

current, and in the internal hydraulic jump. The dissipation rate of turbulent energy is

consistent with the mean energy removal rate for a hydraulic jump in an idealized

two-layer flow. This enhanced turbulence constitutes a "high drag" state of the flow in

which the form drag introduced by the topography exerts significant influence on the

flow around it and mixing is increased 102 i0 x background values.
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TOPICS IN OCEAN TURBULENCE - THERMOCOUPLES, SALT FLUXES,

AND INTERNAL HYDRAULICS

1 INTRODUCTION

Turbulence has been termed the last unsolved problem of classical physics. It

represents chaotic motions that some call random and unpredictable. Yet turbulence is

simply a solution of the Navier-Stokes equations when nonlinear interactions become

important. Small instabilities grow into larger instabilities, and soon...

Big whirls have little whirls
That feed on their velocity
And little whirls have smaller whirls
And so on to viscosity.

Richardson (1922)

While the details of a turbulent flow may be considered indeterministic, the statis-

tics associated with its transports are not. Homogeneous, stationary, isotropic turbu-

lence may be defined very precisely. In fact, as the range of scales and the complexity

of the flow increases, the statistics become more universally defined.
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An essential aspect of turbulence is that spatial scales of turbulent energy produc-

tion (the biggest whirls) are much larger than the scales where molecular processes act

to dissipate this energy (the smallest whirls). The ratio of these scales is characterized

by the Reynolds number (Re = ut?/v, where u is a velocity, is a length-scale, and

v is the fluid viscosity), which is a ratio of the advective (non-linear) to viscous terms

in the momentum equations. High-Re flows are highly nonlinear, contain variability

over a large range of space and time scales, and the details are extremely difficult to

predict.

While turbulent flows are much more complicated than their laminar (low-Re)

counterparts, an asymptotic behavior emerges for very large Re: universal relations

between the large scale flow-field and turbulent transports can be obtained. This oc-

curs because a large range of scales develop where fluid motions become self-similar

every motion that is produced, produces a similar, smaller-scale motion, as Richardson

recognized. And as the number of little whirls increases, the averages which represent

turbulent transports become more precisely defined. The cascade of energy from the

largest to smallest scales led Kolmogorov (1941) to predict the shape of the energy

spectrum ( k513) and define a scaling for the smallest motions of turbulence. Un-

fortunately, it is difficult to study high-Re flows in the laboratory or by numerical

modeling; therefore, we look to the ocean itself to elucidate these phenomena.

The ocean is the perfect environment to produce high-Re turbulence; Re iO

and greater is common. The ocean therefore provides a useful testing-ground for high-

Re theory. However, the complexity of obtaining measurements in the ocean makes

ocean turbulence more difficult to interpret. For example, we usually observe a one-

dimensional pin-hole through a turbulent patch which is evolving in time and in three

spatial dimensions. We must make measurements detailed enough to resolve the scales

of the variability ( 1 cm) while sampling rapidly enough to define the turbulence in

some statistical sense. This is complicated by the fact that geophysical turbulence is

highly intermittent and localized.



3

Our fascination with turbulence is not merely intellectual. In the ocean, turbulent

processes transport momentum and mix heat and salt 102_ 10 times more rapidly than

molecular processes alone. Turbulent mixing plays a key role in defining the ocean's

hydrography - its density and current structure. The nonlinear and chaotic motions of

turbulence control the way the ocean responds to wind forcing, tidal energy, freshwater

input, solar radiation and the earth's rotation to name but a few important factors. As

a result, understanding turbulent processes is integral to our ability to predict weather,

ocean currents, and global climate change. It helps to define the marine environment

as we know it by controlling the fluxes of nutrients and the locations where biology

can survive.

Turbulence is not generated by itself. Rather, it results from a complex interplay

between forcing by velocity shear (produced by wind, surface and internal waves,

tides, etc.) or buoyant convection, the stabilizing effect of stratification, the interaction

with boundaries, and the rotation of the earth. We seek to understand the mechanisms

by which turbulence is generated from large scale forcing, and to determine the effects

that the mixing has on the larger scales themselves.

Consider, for example, the evolution of a Kelvin-Helmholtz billow, which may

form within a stratified shear layer. Initially, an instability forms which extracts energy

from the shear flow and generates turbulence. In time, the mixing degrades the shear

layer from which it was forced. The large scale shear will be degraded to a state where

it is no longer susceptible to instabilities of this type, and thus turbulence decays. The

mixing event permanently alters both the stratification and the velocity structure.

This research is motivated by a desire to understand the interplay between large

and small scales. We wish to be able to predict the amount of turbulence which is

generated from large scale motions, and conversely to determine how the turbulence in

turn affects the large scales. The desire to bundle all of the small-scale processes into

one number that depends oniy on the large scales has led to the popular parameteriza-

tion of the eddy diffusivity K. Those that follow this method hope that the details of



the small scales are not important, as long as the impact on the largest scales can be

determined.

This thesis describes three lines of investigation into small-scale ocean turbulence.

The first involves the development of new sensors which measure and quantify the mix-

ing of scalars at the smallest scales of variability. The thermocouples we constructed

are robust, are significantly faster than present sensors, and have a broad applicability.

The second is the analysis of such processes in order to understand the components of

the conductivity gradient spectrum and to make the first direct estimates of the turbu-

lent transports of salinity. These results pertain to ocean turbulence in a generic way

and describe a physical, small-scale process that occurs in turbulence throughout the

ocean. The third involves the use of highly-resolved measurements to identify new

sources of turbulent mixing and energy dissipation on the continental shelf. Specif-

ically, internal hydraulic flows were observed over Stonewall Bank on the Oregon

Coast. We believe that flows of this type may represent a substantial fraction of the

mixing in shallow seas around the world.

1.1 Fast-Thermocouple

The slow time-response of temperature sensors has limited our ability to measure

temperature on the scales at which its variance is dissipated. A fast-response thermo-

couple probe was constructed1 to increase our ability to measure the turbulent transport

of heat, and is described in chapter 2. This device resolves fluctuations of temperature

on scales lOx smaller than our benchmark FPO7 thermistor, and was installed on the

vertical microstructure profiler chameleon. The need for such a probe is threefold: it

allows us to quantify particulars of the shape of the spectrum of scalar-gradient when

profiling slowly; it allows us to make better estimates of XT' the dissipation rate of

1Doug Caidwell deserves credit for this idea; he also was the one to order the first box of
thermocouples.
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temperature variance when profiling quickly; and it can be used on a high-speed (> 2

mis) towed body to estimate i and '.

1.2 Conductivity and Salinity Microstructure

Measurements of conductivity microstructure at the smallest length scales contain

a contribution from temperature (down to scales of '-'-1cm) and salinity (to scales lOx

smaller). In chapter 3, we describe how estimates of the dissipation rate of salinity

variance (x) may be made from a single conductivity probe which resolves to 1 mm

(Nash and Mourn, 1999). Error is unfortunately introduced by the T S (or I C)

cross spectrum, which was not resolved by our measurements at that time. Using the

method of Osborn and Cox (1972), we estimate the eddy diffusivity of salt from
,

and find it agrees with our estimates for the eddy diffusivity of temperature.

Our results of chapter 3 inspired us to repeat these experiments using a sensor

in which temperature and conductivity were fully-resolved and measured at the same

location. This allowed us to determine the T C cospectrum and resolve salinity on

scales of 1mm. In chapter 4, we make the first highly-resolved measurements of

the salinity gradient spectrum, 'bs, estimate the dissipation rate of salinity variance,

x5. and calculate the turbulent salinity flux (wS') using the covariance method. The

ratio of the eddy flux of temperature to salinity is found to be proportional to the

mean gradient (' ), as has always been expected. However, the ratio of

the eddy diffusivities of heat and salt d = KSIKT is found to be 0.7 +20%. This

estimate is based on Osborn-Cox estimates, and represents the irreversible mixing at

dissipation scales. Even though these are the first oceanographic measurements that

suggest turbulent transports of heat and salt may be different, they are consistent with

laboratory (Turner, 1968) and numerical experiments (Merryfield et al., 1998).



1.3 Thrbulence in Hydraulic Flows

Observations of currents, hydrography, and turbulence provide unambiguous evi-

dence of hydraulically-controlled flow over Stonewall Bank, a sinai] bank on the Ore-

gon Shelf (chapter 5). Turbulence is greatly enhanced in the bottom boundary layer,

in the sheared interface above the bottom current, and within the hydraulic jump. The

enhanced turbulence constitutes a high drag state of flow in which the form drag ex-

erts a significant influence on the larger scale flow and mixing is enhanced by several

orde.rs of magnitude. The observed turbulent kinetic energy dissipation rate and drag

force are consistent with predictions made using simple two-layer, two-dimensional

hydraulic assumptions.

The role of small bathymetric features like Stonewall Bank in mixing continental

shelf waters and retarding coastal currents has largely been neglected. We propose that

a significant fraction of the coastal flow energy and momentum is dissipated by such

features.
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2 A THERMOCOUPLE PROBE FOR HIGH SPEED TEMPERATURE
MEASUREMENT IN THE OCEAN

Jonathan D. Nash, Douglas R. Caidwell, Michael J. Zelman

and James N. Mourn

Published in Journal ofAtmospheric and Oceanic Technology,

16, November 1999, 1474-1482



2.1 Abstract

A fast-response chromel-constantan thermocouple sensor was constructed for use on

the microstructure profiler Chameleon and used for 60 ocean profiles off the coast of

Oregon. The stability of the thermocouple was compared to that of an FPO7 microbead

thermistor and its frequency response was compared to high-resolution microconduc-

tivity probe. Although noisier than the thermistor, the thermocouple was found to be

stable, to resolve temperature gradients at least ten times thinner than the thermistor,

and to be sufficiently robust for routine oceanic use.

2.2 Introduction

2.2.1 Motivation

The Osborn-Cox calculation (Osborn and Cox, 1972) of turbulent heat flux re-

quires an estimate of the rate of dissipation of temperature variance, XT, which may be

approximated using vertical gradients as

= 6DT = 6DT (2.1)

where k is the vertical wavenumber, and DT is the thermal diffusivity. To make an

accurate estimate of XT' the temperature-gradient spectrum 'I' (k) must be resolved

to the smallest scale on which it varies, the Batchelor scale, k1 = (vD/)1/4, where

ii is the kinematic viscosity and c is the rate of viscous dissipation of turbulent kinetic

energy (Batchelor, 1959; Caldwell et al., 1980; Oakey, 1982).

At typical drop speeds for tethered profilers ( 1 ms'), the commonly used ther-

mistor temperature sensors do not resolve the entire temperature spectrum. It has be-

come customary to estimate xT by applying large corrections to the unresolved ther-
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Figure 2.! The fraction of temperature gradient spectrum resolved depends on and
the highest wavenumber resolved by the sensor. For a profiling speed of 1 ms1, the
resolved wavenumber for therniistor, thermocouple, and microconductivity probe are
2Q cpm, better than 100 cpm, and 300 cpm respectively.

mistor signal, assuming the Batchelor (1959) form1 for temperature gradient spectrum

(Gregg and Meagher, 1980). The level of the Batchelor spectrum is determined from

the low-wavenumber thermistor signal; then the shear probe estimate of e (and hence

kb) is used to determine the high-wavenumber extent of the spectrum. Typically only

2-50% of the variance of dT/dz: is measured directly; most of the estimate of XT

comes from the extrapolation. Figure 2.1 shows how the wavenumber resolution of a

temperature sensor affects the fraction ofWT resolved for various values of .

'Although not universally accepted as a form for turbulent scalar spectra, we use the Batchelor
form as a benchmark. An alternate form has been proposed by Kraichnan (1968).
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Error can easily be introduced through such large corrections. For example, the

value of q (the parameter relating f to the least principle strain rate -y) in the Batch-

elor spectrum is unknown; estimates range from q = 2 (Batchelor, 1959) to q = 12

(Gargett, 1985). The value chosen for q affects the estimate of XT dramatically. It

is also possible that q might not be constant but rather a function of or the age of

a patch. More important, the Batchelor spectral shape might be inappropriate. It is

hence paramount to resolve as much of the turbulent temperature gradient spectrum as

possible to estimate XT In the future we will address these issues as research topics;

for now the Batchelor spectrum is used only as an indication of typical spectra in the

ocean.

Uncertainties also arise because the spectral response of each thermistor is unique

to that sensor (Lueck et al., 1977) and the profiling speed. Since it is too costly to

determine the frequency response correction for each thermistor individually, a single

formula is generally used, thereby introducing errors (Gregg, 1997). Further, any error

in estimating k6 from shear probes produces an error in .

2.2.2 Sensor Requirements

In order to measure 80% of the temperature-gradient variance in an energetic tur

bulent patch (c = 1 x 106ni2s3), a temperature sensor must resolve dT/dz from

0-200 cpm (figure 2.1). To do this from an instrument profiling at 1 ms', fluctua-

tions at frequencies of 200 Hz must be resolved. This corresponds to a sensor with

single-pole time constant2 less than y = 0.8 ms and spatial resolution better than 0.8

mm.

2The time constant is defined as the time required for a sensor to reach 1/c of its final value
in response to a step-change in temperature. If the response is similar to that of a single-pole
filter, a device with time constant r has a 50% response in power at a frequency (27rr)' [Hz].
Similarly, a double-pole filter attenuates 75% of the power at the frequency (2irr).
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The common method of determining temperature gradient in the ocean uses a Ther-

mornetrics FPO7 thermistor which is smaller than 0.8 mm. However, the fluid bound-

ary layer and coating surrounding the semiconductor bead limit heat transfer (Lueck

et al., 1977), and response is attenuated 50% in power by 20 Hz. Small "microcon-

ductivity" probes can be used to sense temperature in regions where salinity gradients

are negligible. These probes are small and fast enough. FIowever, they do not work

in freshwater and their signals include contributions from salinity variations in a com-

plicated way (Washburn et aL, 1996; Nash and Mourn, 1999). Cold-film sensors have

been used (Oakey, 1982), but their response is not as fast as desired, and are noisy,

unstable and fragile. Thermocouples have been used in the ocean (Urick and Searfoss,

1948; Lieberman, 1951; Marmorino and Caldwell, 1978), but have not found general

usage.

Thermocouples are routinely used as fast temperature sensors to study chemical

reaction kinetics, mixing, and combustion (Balko and Berger, 1968; Beckman et al.,

1993; Fish et al., 1995). They are well-suited to high-speed applications because they

can be made as bead junctions as small as 30 jrn in diameter. In contrast to thermistors,

thermocouples do not need to be electrically (and hence thermally) insulated from the

fluid. Such thermocouples are actually faster than required for our applications. They

operate by the Seebeck effect, the principle that the electric potential produced at the

junction between two dissimilar metals depends only on the nature of the two metals

and the temperature of the junction.

Signal-to-noise ratio is a significant concern for thermocouple use in oceanic ap-

plications. For this reason, chromel-constantan junctions were chosen. They have the

highest temperature sensitivity of the standard thermocouple metal pairs (6 x iO V

K-').



2.3 Probe Construction

The probe tip consists of an exposed and uncoated 65 pm diameter thermocouple

bead (Omega Engineering Inc., Part No. CHCO-001) supported by an epoxy matrix

through which the 26 pm leads pass (figure 2.2). Each bare lead was soldered to

insulated 30 gauge wire of the same metal type about 1 cm from the tip junction. This

assembly was epoxied into a 6 mm diameter, 15 cm long stainless steel tube (figure

2.3) which fits into the nose of chameleon, our microstructure profiler (Mourn et al.,

1995).

The wiring was continued with constantan wires on one lead and chromel on the

other until reaching the cold junction compensator (Analog Devices AC1226), which

measures the temperature of the reference junction inside Ghameleon 's pressure case.

In order to reduce noise, the chrornel-copper and constantan-copper junctions were

made in close thermal contact to the compensator, but are not electrically connected. If

electrically connected, the cold junction compensator introduces noise into the signal.

The thermocouple voltage was amplified by a factor of 8207 using an AD745 op-

erational amplifier for the first stage (gain=16) and AD797 and 0P400 for the final

stages. The signal was digitally sampled at 204.8 Hz and also differentiated and sam-

pled at 409.6 Hz. The output of the electrically-isolated cold junction compensator

signal was separately amplified and sampled at 102.4 Hz. Each signal was low-pass

filtered prior to sampling to prevent aliasing.

2.4 Testing and Evaluation

Thermocouple sensors were installed on Chameleon (Mourn et al., 1995) along

with a fast "microconductivity" probe3, two thermistors (one coincidently located with

3The microconductivity probe is manufactured by Mike Head of Precision Measurement En-
gineering and is described by Head (1983) and Nash and Mourn (1999).
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the microconductivity probe), a slow conductivity sensor, pressure sensor, shear probe

and accelerometers. We tested this package on two occasions in the ocean near the

Oregon coast from R/V Wecoma and in freshwater at Green Peter Reservoir, Oregon.

Results from 100 downward profiles in the ocean at 0.3 ms1 and "1.2 ms' are
used in the following evaluation.

As a benchmark temperature sensor for stability and noise, we use the Thermomet-

rics FPO7 fast-response thermistor. The thermistors were calibrated using a SeaBird

temperature cell in our lab. The dynamic response of this type of thermistor has been

documented by Lueck et al. (1977) and Gregg and Meagher (1980) but is revisited

in the Appendix. Because the response of the thermistor is highly attenuated at high

frequencies, we use the microconductivity probe and conductivity gradient as a proxy

for temperature gradient at high frequencies. The resolution of the microconductivity

probe depends on the volume over which conductivity is measured; Head (1983) and

Nash and Mourn (1999) find that the power response is well described by a double-

pole filter with 3dB point at 300 cpm. In regions where the salinity gradient dS/dz is

small, the temperature gradient can be estimated from the conductivity gradientdC/dz

(Washburn et al., 1996) as

dT
(2.2)

dz dzJ \OTJ

where (öC/öT)5 represents the change in conductivity with temperature at constant

salinity. We refer to the spectrum of dTc/dz as which has the same units as

WT, [K2n2Hz'].

2.4.1 Absolute Temperature

2.4.1.1 Computation

The thermocouple measures the temperature difference between the sensor tip and

Chameleon's internal temperature at the location where the chromel and constantan
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Figure 2.4 Computation of the water temperature profile by combining thermocou-
ple and cold-junction compensator signals. The temperature difference between sen-
sor tip and cold junction compensator is the signal measured by the thermocouple
/.Ttirinocotipie , and is shown in (a). This temperature difference is added to the refer-
ence temperature Treiernce measured at the cold junction (b) to determine the absolute
water temperature, shown in (c). The thermistor-derived temperature profile (offset by
0.5 °C) is shown in grey for comparison.
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wires change to copper at the cold junction compensator. The water temperature is thus

the sum of the cold junction compensator temperature Treierence and the thermocouple

temperature difference Tther,nocoup1e (figure 2,4).

The internal temperature Treierenre changes during a profile as a result of thermal

transfer between the instrument and the surrounding water. Above the thermocline,

Teiererce increases as heat flows from the warm surface waters to the cold instrument

body, which has just been at depth during the previous profile. Below the thermocline,

the instrument cools but remains above the temperature of the surrounding water be-

cause of heat produced by Chameleon's electronics.

2.4.1.2 Sources of Error

The Seebeck voltage referenced to 0°C of the chromel-constantan pair is weakly

nonlinear, and for 0°C < T < 25°C is approximately (from table Z-170 in Omega

Engineering, 1995)

V = 58.7(T + 0.00078T2), (2.3)

with T in °C and V in tV. This gives a sensitivity of 59.6 1N K-' at 10°C. We find

that the sensitivity of individual thermocouples varies and at 10°C is 57.5-58.6 1iV

K1 for our probes, slightly less than the published value.

Imperfect thermal contact between the cold junction compensator and the refer-

ence junctions can lead to error in the computed temperature. Since Trefe,.e?lce is not

maintained constant, heat must flow into and out of the compensator. The tempera-

ture of the reference junctions (located directly on top of the compensator chip) will

thus be slightly less or greater than Trcere7ice depending on whether the instrument is

warming or cooling. This effect introduces a small systematic error in the computed

temperature.

Error is also introduced in the measurement of Tre1erence by the cold junction corn-

pensator (AC 1226), which we find to be noisy. Its signal is contaminated by a 5mK
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sawtooth wave at 3Hz and other broadband noise. Hence, Trefremce was low-pass fil-

tered at 0.5 Hz before combining it with zTthermocotp1e; higher frequency variation of

the reference junction temperature is not expected. Furthermore, during our week of

testing, we experienced a discrete change in offset voltage between one set of profiles

and three other sets of profiles. This offset produced a 0.5 K change in computed water

temperature, which we attribute to the AC 1226, claimed to have an absolute accuracy

of 0.5 K.

We have since discarded the AC1226 and use a National Semiconductor LM35CA

Precision Centigrade Temperature Sensor to measure Treerence. We find this sensor

to be much more stable and have used it for 800 profiles during the summer of 1998,

achieving an absolute accuracy of 0.1 K.

The rms deviation between the thermocouple and either of Chameleon's two ther-

mistors is about 10 mK once the thermocouple sensitivity and compensator offset are

determined. In comparison, the rms deviation between the pair of FPO7 thermistors is

about 5 mK. One reason for these differences is that the probes are spaced 4 cm apart,

and are measuring slightly different events. Another is that the thermocouple responds

faster and is measuring variance at higher frequencies than the thermistors can resolve.

2.4.2 Frequency Response

In the time domain, the thermocouple's response appears notably faster than the

thermistors', especially at the faster profiling speed, 1.2 ms'. Two progressively-

expanded excerpts from figure 2.4 are shown in figure 2.5. At large scales, the thermo-

couple measures the same profile as the thermistor, while at smaller scales, the ther-

mocouple captures much more variability, as evident from the turbulent patch between

98.8-100.2 m (figure 2.5b).

At slower speeds, (0.32 ms1; figure 2.6), the difference between thermocouple

and thermistor is less obvious because the thermistor resolves a greater fraction of the

variability. On large scales, both sensors are clearly measuring similar temperature



-94

-95

-96

-

0-98

-99

-100

_1 (11

(a) /
thermistor)

thermocouple

(b) Profiling
Direction
(1.2m/s)

L
"à.8 8.9 9 9.1 9.2

Temperature C]

-98.8

-99

-99.2

E

1
-99.6

-99.8

-100

-100.2

(b)

8.86 8.88 8.9 8.92

Temperature Cl

19

Figure 2.5 Vertical profiles of temperature as measured by the thermistor (thick grey
line) and thermocouple (thin black line, offset by 0.05 °C in (a)) while profiling down-
ward at 1.2 ms'. The expanded view of the turbulent patch at 99 m shown in (b)
demonstrates that the thermocouple responds laster and measures more variance at
shorter spatial scales than the thermistor.
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Figure 2.6 As in figure 2.5 except profiling downward at 0.32 ms'. The expanded
view (b) of the patch at 84.5 m demonstrates that the spatial response of the thermo-
couple and thermistor are more similar at this slow profiling speed.

structure. One must look to the spectra of temperature gradient to quantify the high-

frequency response.

We compare the frequency response of thermocouple and thermistor using the nii-

croconductivity probe as a benchmark. At 1.2 ms' fall speed, the 3dB point of the

microconductivity probe is 360 Hz (=300 cpm x 1.2 ms1), much higher than the

thermocouple channel's 204.8 Hz Nyquist frequency. Figure 2.7 shows /Wc, the
ratio of the power spectrum of temperature gradient (measured by both thermocou-

ple and thermistor) to the power spectrum of conductivity gradient, calibrated using

equation 2.2.
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Figure 2.7 Ratio of spectral power of the thermocouple and thermistor tempera-
ture gradient normalized by temperature gradient inferred from the microcoriductivity
probe. The shaded regions represent 95% bootstrap confidence limits.
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/Wc. was calculated from bin-averaged spectra, each with 10 degrees of free-

dom. For each of 104 turbulent patches (73 patches at 1.2 rns' and 31 patches at

0.3 ms') this ratio was further averaged into 20 bins and 95% bootstrap confidence

intervals calculated. Only patches with small salinity gradient were used. Profiling

speed did not significantly affect the thermocouple response, so that the thermocouple

transfer function represents patches from both 0.3 ms' and 1.2 ms', while the re-

sponse for the thermistor was found to depend on both profiling speed and the unique

characteristics of each thermistor. These effects are discussed in the Appendix.

The transfer function WT. /W of the thermocouple is near unity in the frequency

band 0-100 Hz. We have not been able to determine an upper bound on the thermo-

couple's frequency response, except that it exceeds 100 Hz. The departure from 1 near

20 Hz may result from salinity contamination of WLC. Since 80% of the spectra are

from regions where dT/dS < 0, the T S gradient cross spectrum WST. partially

negates the temperature gradient contribution to the conductivity gradient spectrum

near kb/10 < k < kb/2 if T and S are significantly correlated (Washburn et al., 1996;

Nash and Mourn, 1999). As a result, the ratio WT/WIC, is slightly enhanced at these

wavenumbers (which correspond to '-- 20 Hz).

2.4.3 Noise

To determine noise levels, spectra were taken from the quietest regions of a cast

(figure 2.8). In this figure, the raw thermistor noise and the thermistor noise after

correcting for the probe's frequency response (i.e., applying the inverse of the response

in figure 2.7 to the noise spectrum) are shown. The noise in the frequency-corrected

thermistor's signal is found to be less than the thermocouple's at frequencies below 100

Hz. Dimensionalized theoretical spectra (Batchelor, 1959) with XT calculated from

the thermocouple gradient spectrum and determined from shear probes are shown

for comparison.
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Figure 2.8 Temperature gradient spectra as measured with the thermocouple for two
turbulent patches with different f and X while profiling at 1.2 ms1. i was determined
from shear probe measurements on chameleon. The dark lines represent the appropri-
ate Batchelor spectra with q 3.7. A typical thermocouple noise spectrum is shown
in black, The dashed line represents a typical thermistor noise spectrum. The grey
line shows this same noise after applying the correction for the thermistor's limited
frequency response.
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The noise in the undifferentiated thermocouple signal is found to be white at a

mean level of 4 x 10 K2 Hz' which corresponds to an rms noise of 0.6 mK

in the 10-100 Hz frequency band. This is consistent with the noise spectrum for the

differentiated signal shown in figure 2.8, and is much noisier than that achieved by

thermistors. For example, Gregg et al. (1978) achieved a thermistor noise level of 3

aK rrns in the 10-100 Hz band.

The thermocouple noise can be completely accounted for by considering the input

noise at the first amplifier (AD745). The rrns input noise (from Analog Devices' spec-

ifications) is 5.5 nV/'/ii at 10Hz and 3.6 nV// at 100 Hz. Hence, about 45 nV of

rms noise can be expected at the input over the 10-100Hz bandwidth. After amplifica-

tion, this corresponds to 0.37 mV rms noise, which calibrates to 0.75 mK mis, a value

slightly larger than measured.

2.5 Gradient Spectra

To estimate XT from unresolved temperature measurements (such as those by ther-

mistor sensors from high speed profilers), a universal scalar gradient spectrum must

be assumed to describe the high wavenumber behavior. The shape and universality

of such a spectrum are in question. Nevertheless, temperature-gradient spectra mea-

sured in the ocean have usually tended toward the Batchelor (1959) form with q = 3.7

(Oakey, 1982; Caidwell et al., 1980); such spectra with non-dimensionalization for

spectral amplitude WT. kDTX1 and wavenumber k/kb are used for comparison here.

A comparison of non-dimensional scalar spectra for the thermocouple, thermistor,

and theory is shown in figure 2.9 for profiles made at 1.2 rns'. Turbulent patches

have been separated into four different ranges of f and bin-averaged to illustrate that

the fraction of variance captured by the thermistor probe depends on f. This is because

scalar fluctuations extend to higher wavenumbers in more energetic turbulence. The

thermistor measures 12% of the temperature gradient variance for patches with (c) =

2.1 x 1Orn2s3 (figure 2.9a), but only 4% of the variance for patches with (e) =
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Figure 2.9 Mean non-dimensional temperature gradient spectra 'I k6DTX;1 for four
different ranges of c defined by Batchelor wavenumber (in cpm): (a) k < 100, (b)
100 < k < 150, (c) 150 < k < 200, and (d) kb > 200. Spectral estimates from
thermistor measurements are represented by open circles; triangles represent those
from the thermocouple. Error bars represent 95% bootstrap confidence limits. Profiles
were made at 1.2 ms' and no corrections for frequency response have been applied.
The solid lines represent Batchelor spectra with q = :3.7 calculated for the mean c and
XT of the included patches.

1.1 x 1 07m2s (2.9d). In contrast, the thermocouple appears to resolve the entire

temperature gradient spectrum at these turbulent intensities.

Averaged non-dimensional spectra were also computed for turbulent patches ob-

served while profiling at 0.3 ms1 (figure 2.10). Much more energetic patches

((c) 3.3 x 106) can be resolved by the thermocouple at this speed. However,

the thermistor still needs substantial correction at high wavenumbers.
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Figure 2.11 Theoretical spectra of temperature gradient (Batchelor, 1959) for a range
of XT and r relative to the thermocouple noise (1.2 ms' profiling speed).

2.6 Range of Applicability

Whether a thermocouple or thermistor is more appropriate depends on the rel-

ative intensities of temperature gradient fluctuations and velocity fluctuations. Fig-

ure 2.11 shows the theoretical temperature gradient spectrum for three values of XT

and c relative to the thermocouple noise spectrum. For XT 1O7K2s', the ther-

mocouple fully resolves WT, at low dissipation rates and mostly resolves tIlT, at

higher rates ( 1O8m2s3). When the temperature microstructure is much weaker

(XT '' 1O7K2s1) and the dissipation rate is large, the theoretical 'IlT is beneath the

noise and thus not resolved by the thermocouple.

The usefulness of the thermocouple relative to the thermistor can be quantified by

comparing the fraction of tI'-., resolved by each sensor as a function of both and XT

(figure 2.12).



-5

6

80r

10

_l I

09t 0'

. -_-T
-12 -11 -10 -9 -8 -7 -6 -5 -4

Log10 E [m21s3]

Figure 2.12 Fraction of variance resolved by the thermocouple (solid line) and ther-
mistor (grey dashed line) as a function of E and . for a 1.2 ms' profiling speed. For
the thermocouple, the resolved variance is limited by the intersection of the Batche-
br spectrum with the noise spectrum (from figure 2.11). In contrast, the thermistor is
limited by its frequency response (single-po1e, f = 20 Hz, see the appendix) ex-
cept when is large and XT is low. The shaded area represents the region where the
thermistor measures more variance of the temperature gradient spectrum than the ther-
mocouple. The unshaded area represents the region where the thermocouple measures
more variance than the thermistor.
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2.7 Summary

The fast response time of the thermocouple makes it suitable for measuring

temperature-gradient from a rapidly moving profiler. Because corrections for the ther-

mocouple response are not required, it is suitable for investigating the spectral shape

of temperature gradient at high wavenumber. It is robust and not sensitive to fouling

or corrosion. However, because its signal is small, amplifier noise currently limits its

usefulness to measuring turbulent patches with a relatively large temperature gradient

signal, as shown in figure 2.12.
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2.8 Appendix: Thermistor Transfer Functioiis

Two functional forms have been suggested for the power-response transfer func-

tions of thermistors, a single-pole filter (Lueck et al., 1977):

H(f)
1

= (2.Al)
1+ (f/ff

and a double-pole filter (Gregg and Meagher, 1980):

( 1
(2.A2)H(f)

+ (f/.f) /

The cutoff frequency of the filter, f. represents the 3dB point for H(f) (eq. 2.A1),

but is the 6dB point for the double pole H(f) (eq. 2.A2).

2.8.1 Dependence on Profiling Speed U

A number of scalings of the form f, = nUb have been proposed to describe the

transfer function's dependence on U. For a double-pole response, Gregg (1997) sug-

gests

'7- = O.005U°32 f = 32U°'32 (2.A3)
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Figure 2.Ai The frequency response (WT /J1pç,) for a single thermistor at two differ-
ent profiling speeds. Each shaded region represents the 95% bootstrap confidence in-
terval for the average over tens of turbulent patches: the dark shaded region represents
73 patches with U = 1.2 ms'; the light region represents 31 patches with U = 0.3
ms* Smooth curves represent best-fits of the response to a single- or double-pole
filter transfer function.

with 7 (27rf)' ins, f in Hz, and U in ms. These coefficients were derived from

measurements made at U = 0.08-4 ms* For our profiling speeds, this scaling gives

f = 21.2 Hz for U=0.3 ms and L = 337 Hz for U=1.2 ms.

A comparison of the averaged frequency response (WT, /'I',c,.) of thermistor-2 at

two profiler speeds (U = 0.3 ms-1 and U = 1.2 ms') is shown in figure 2.Al. Also

plotted are single- and double-pole filter response functions which have been fitted
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to the data4 over the frequency range from 0-50 Hz. For this sensor, we find that

U°'2. Thermistor-i (not plotted) gives a similar dependence L U°-120. We

conclude that these probes show a much weaker dependence on profiling speed than

eq. A3. Further, it is not clear which frequency response function (single- or double-

pole) best models the thermistor's response.

2.8.2 Sensor Individuality

Less well documented is the fact that the cutoff frequency and the shape of the

frequency response depend on the individual thermistor used. Figure 2.A2 shows the

ratio '1'T /''c for each of two thermistors, averaged over 31 turbulent patches while

profiling at 0.3 ms1. From the figure, it is clear that there are significant differences

in frequency response between the two. Not only are the two probes best described by

transfer functions with different but thermistor-i is described better by a double-

pole filter response, while thermistor-2 is much closer to a single-pole. These sensor-

to-sensor variations are much more significant than the effects of profiling speed.

2.8.3 Applying Frequency Corrections

To illustrate the errors which may be introduced by applying spectral corrections,

we apply single- and double-pole corrections to our observed '"T /'J-c. Figure 2.A3

shows the effects of choice of the assumed response function and f on the transfer

function of our thermistors. In a), we applied a single-pole filter correction to the data,

with f fit to the data between 0-50 Hz. In b), we applied a double-pole filter correction

to the data, with f fit to the data between 0-50 Hz. In c), we applied the double-pole

correction (Gregg, 1997) with f, determined from equation 2.A3.

41n each case, IC was determined by minimizing the residual least squares logarithmic error
50Hzbetween data and filter transfer function, ie., inininitzation offf..0HZ(log(WT (f)/Wc (f))

log (H2 (f) )df.



100

10

1 0_2

single-pole, f =20.5 Hz:
c

single-pole,f=l23Hz
' ',

',' ',

%, I
double-pole, 1 =36.7 Hz

C t

S

S

thermistor-i
[ thermistor-2

100

'S
double-pole, f =25.1 Hz

C

101

Frequency [Hz]

S

S
S

102

32

Figure 2.A2 The frequency response (1IJT /'I',c) for two different thermistors while
profiling at 0.3 ms'. Each shaded region represents the 95% bootstrap confidence
interval for an individual thermistor (thermistor-i is lightly shaded, thermistor 2 is
dark). Averages for each thermistor were made over the same 31 turbulent patches.
Each smooth curve represents a best-fit of the response to a single- or double-pole
filter transfer function.
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Figure 2.A3 Thermistor response corrected using a single- or double-pole filter as a
model for the thermistor frequency response. In a) and b), f was chosen to fit the data
between 0-50 Hz; in c) equation 2.A3 was used to estimate f.

For optimized fc, single-pole corrections (a) are conservative and may under-

predict the response by a factor of 2-3 (note that thermistor-2 at 0.3 ms1 is well-

described by this single-pole correction). However, double-pole corrections (b) tend

to over-predict the response by a factor of 2-3, although Tl at 0.3 ms' is very well

described by the double-pole response.

Generally it is not possible to determine f,, individually, so that equation 2.A3 must

be used, as shown in (c). Using this equation, spectral values may be over-predicted

by as much as a factor of 20.

From these examples, it is clear that a universal transfer function may be able to

include some of the effects of profiling velocity, but can not account for thermistor

individuality, an effect we find to be much more important. Hence, if thermistors

are to be used to determine dT/dz at frequencies above -20 Hz, it is first necessary

to determine the transfer function of the thermistor experimentally before applying a

frequency correction.
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3.1 Abstract

At the smallest length scales, conductivity measurements include a contribution from

salinity fluctuations in the inertial-convective and viscous-diffusive ranges of the turbu-

lent scalar variance spectrum. Interpreting these measurements is complicated because

conductivity is a compound quantity of both temperature and salinity. Accurate esti-

mates of the dissipation rate of salinity variance and temperature variance XT from

conductivity gradient spectra (k) requires an understanding of the temperature

salinity gradient cross spectrum WST (k), which is bounded by IWs /Ws I'T

Highly-resolved conductivity measurements were made using a four-point conduc-

tivity probe mounted on the loosely-tethered vertical profilerChameleon during cruises

in 1991 and 1992. Thirty-eight turbulent patches were selected for homogeneity iii

shear, temperature gradient, and salinity gradient fluctuations, and clear relationship

between temperature and salinity. Estimates of XT and from the conductivity probe

are found to agree with independent estimators from a conventional thermistor probe.

3.2 Introduction

Many important inferences have been made from measurements of temperature

microstructure over the past thirty years (see Gregg, 1987). Measurement of salin-

ity microstructure is much more difficult because it requires resolving much smaller

scales. In addition, coincident measurements of temperature (T) and conductivity (C)

are required to determine salinity (S). Using present sensor technology, it is impos-

sible to coincidently resolve C and T at the sub-mm scales required to observe the

smallest scale fluctuations of a turbulent flow-field. Fully-resolved measurements of

this type would allow direct calculation of the salinity spectrum, y, and vertical salt

fluxes, for example.

One motivation for this work is the determination of the turbulent diffusivity for

salt, K5. In regions where salinity gradients are important to the stratification, K8 is
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required to characterize the flux of buoyancy (wp), a dynamically important quantity.

For lack of any better estimator (such as that supported by experimental data), Ks

has been assumed to be numerically equal to KT, the turbulent diffusivity for heat,

although there is no sound experimental evidence to support this and they are in fact

defined differently.

in determining the vertical eddy diffusivity K0 for a scalar 0, we follow the ap-

proach of Osborn and Cox (1972). By neglecting horizontal processes and assuming

steady and homogeneous turbulence, the evolution equation for (02) reduces to

(wO) = D0((V0)2) (3.1)

where D0 is the molecular diffusivity of the scalar. The eddy flux (wO) can be ex-

pressed in terms of K0 as

which requires

(wO) = K0 () (3.2)

((0/0z)2)
K0 = D0 (3.3)

(aU/az)2

In such a description, scalar fluctuations are indicators of turbulent transport as they

are the result of turbulellt overturns acting on the mean vertical gradient of 0.

For seawater, the large Schmidt number (Sc DT/DS 100) would suggest

that eddy diffusivities (at least on some scales) should be very different. For example,

it is well known that salt is more effectively transported by salt-fingering than heat

(Schmitt, 1979). In contrast, double-diffusive layering allows heat to be transported

much more effectively than salt (Turner, 1965). Such physical processes may affect

the ratio of eddy diffusivities d = Ks/KT by several orders of magnitude, yet these

effects are largely unknown.

The implications of varying d were explored by Gargett and Holloway (1992) using

a coarse resolution primitive equation general circulation model. They found that the

thermohaline circulation and general T S properties are highly affected by small
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changes in d. Direct field measurements of the turbulent fluxes of S in the ocean are

thus imperative to better understanding of larger scale phenomena.

Highly-resolved salinity measurements and spectra have not been made. However,

measurements of C include contributions from both 7' and S. Sufficiently resolved

conductivity spectra and proper interpretation of the local 7' S relation permit esti-

mation of both temperature and salinity gradient variance.

To date, highly-resolved conductivity measurements have primarily been used to

infer temperature niicrostructure (see Schmitt et al., 1988, for example), because ther-

mistor probes have a relatively slow response time. However, it is only recently that

Washburn et al. (1996) revealed the complexity of the conductivity spectrum. They

showed that effects from the T S relation can affect estimates of XT from conductiv-

ity measurements by a factor of 20. These effects from salinity are clearly important

and have been ignored in the past (Schmitt et aL, 1988).

Our measurements are made from a loosely-tethered vertical profiler outfitted with

a high-resolution, four-pole conductivity probe in addition to our regular microstruc-

ture sensors (Mourn et al., 1995). Conductivity spectra are sufficiently resolved to

make estimates of both XT and .

In the following sections, the Batchelor (1959) theoretical form for the scalar gra-

dient spectrum is reviewed. This is then applied to conductivity gradient spectra, and

a method is presented which allows the contributions from T and S to be identified

from a single spectrum of C. Examples of typical conductivity spectra are presented

to illustrate the methodology. Finally, dissipation rates and eddy diffusivities for both

T and S are calculated and compared.

3.3 Scalar Spectra in the Inertial and Viscous Subranges

Measurements of oceanic turbulence from loosely-tethered vertical profilers may

resolve scales of O(lm) to 0(1mm). For passive scalars such as heat and salt, spectra
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Figure 3.1 Three subranges of turbulence in the spectrum of temperature gradient
(after Dillon and Caidwell, 1980).

include components of the inertial-convective, viscous-convective, and the viscous-

diffusive subranges (Tennekes and Lumley, 1972) as shown in figure 3.1.

In 1941, Kolmogorov reasoned that viscosity ii could only be important to the

turbulent flow-field at wavenumbers of 0(k8) where k8 = (e/u)'/4 and c is the mean

dissipation rate of turbulent kinetic energy. At wavenumbers less than 0.1 0.2k3,

the velocity gradient spectrum results from the cascade of energy from the larger, more

energetic scales, and is described by

(k) CKC1k', (3.4)

where CK is the Kolmogorov constant. Scalars with molecular diffusivity D much

less than ii (described by Pr = v/Dg > 1) are advected passively by turbulent mo-

tions in this range. Obukhov (1949) and Consin (1951) independently predicted the

spectrum of scalar gradient fluctuations in the inertial-convective subrange as

where

i1i (k) =
ceC1'3x0k'13 (3.5)

X9 6Do(() =6DofI1e0(k)dk (3.6)



39

is the mean dissipation rate of scalar variance for isotropic turbulence and Co is the

Obukhov-Corrsin constant. For high-Reynolds-number data, C 0.4 (Sreenivasan,

1996), although a large range of values have been reported.

At higher wavenumbers, velocity fluctuations are heavily damped by molecular

viscosity. In seawater, the molecular diffusivities for heat and salt (DT 1.4 x

107m2/s, D8 '-i 1.4 x 109m2/s) are both less than viscosity (ii '- 10°m2/s).

A consequence is that fluctuations in T and S can exist on smaller scales than fluctua-

tions in velocity.

Without velocity fluctuations to continue the cascade of variance to smaller scales

(where molecular dissipation is effective), Batchelor (1959) suggested that scalar gra-

dients are intensified by strain from turbulent velocity fluctuations at scales k;1 and

larger. The mean least principle strain rate 'y (the most negative strain) is responsible

for the cascade of variance to higher wavenumbers and is defined by the scaling

1 6 1/2'Y) (3.7)

A balance between the turbulence-induced strain and molecular diffusion occurs at

a wavenumber near

/ \1/4

k. (3.8)

Batchelor (1959) calculated the spectral shape for scalar fluctuations in the viscous

ranges. For the range of wavenumbers where molecular diffusion is not important

(k kg), the spectrum of scalar gradient 'I may be written as (Gibson and Schwarz,

1963):

W(k) =

which is the viscous-convective subrange.

(3.9)

D0 becomes important in the viscous-diffusive subrange (near k 0.1kg), and

the one-dimensional form of the Batchelor spectrum may be written as (Gibson and

Schwarz, 1963; Dillon and Caidwell, 1980)

W0(k) o2X0f(c),f() {e'2 rJe_x2/2dx}, (3.10)



where a = (2q)1!2k/k. Although q (the factor relating 'y to in equation 3.7) is

sometimes considered to be a universal constant, estimates of q vary widely. Dillon

and Caldwell (1980) suggested a range from to 5. Batchelor used q = 2. Gargett

(1985) found that q = 12 was required to describe temperature spectra formed from

highly isotropic velocity fields. Although not universally accepted as a form for tur-

bulent scalar spectra (see Gargett, 1985, for example), we use the Batchelor form as

our benchmark for the scalar spectrum. An alternate form of the scalar variance spec-

trum has been proposed by Kraichnan (1968). The question of whether these universal

forms appropriately describe the gradient spectra of either T or S will be addressed in

future work.

Gibson and Schwarz (1963) first provided experimental evidence of the Batchelor

spectrum using highly-resolved measurements of T and C in a laboratory flume; mea-

surements of T in the ocean by Dillon and Caldwell (1980) provided more support

over much larger Reynolds numbers.

For temperature, the wavenumber transition between inertial-convective and

viscous-convective subranges is defined by the constants C0 and q in equations 3.5

and 3.10 respectively as = (Ce/q)3I2Pr1/2k where the Prandtl number is

Pr = v/DT. For q = 3.7 and C0 = 0.4, the transition wavenumber is k = 0.O14k.

In seawater, salt fluctuations are diffused at scales ten times smaller than temper-

ature fluctuations because of the large Schmidt number. Consequently, the salinity

gradient spectrum peaks at wavenumbers 10 times higher than the temperature

gradient spectrum.

3.4 Theoretical Conductivity Spectra

Conductivity is a function of both S and T and may be linearized near C0:

C(T,S)=C0+aS+bT (3.11)
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For seawater at 35 psu and 10 OC, a
CO

- 0.092 S m1psrr' and b =
0.090 S m1K1. This indicates that a I K change in T has about the same effect

on C as a 1 psu change in S. This range in T and S is typical of our data. The

vertical gradient in conductivity (aC/az) may be expressed in terms of the salinity

and temperature gradients (as/az, aT/az):

(3.12)

The conductivity gradient spectrum 1'c (k) is then related to the temperature

WT. (k) and salinity W (k) gradient spectra by (see Washburn et al., 1996):

WcJk) = a2''s(k) + 2abWT,sJk) + b2'I'(k) (3.13)

where 1'TS. (k) represents the temperature-salinity gradient cross-spectrum.

The gradient autospectra '1 (k) and 'I's (k) are positive and real by definition.

The cross spectral term is complex in general, and may be written as:

1IITS (k) = 'y9 (k)e \/WT (k)5 (k) (3.14)

where
'YS,.T (k) is the coherence and (k) is the phase between S and T2 at wavenum-

berk.

Pure mixing of two water masses with distinct T and S produces a linear T S

relation. Hence fluctuations in T are highly correlated with fluctuations in S in the

inertial subrange. The influence of molecular diffusion should only become important

at higher wavenumbers; near we should expect low coherence between T and S

because of the differences in DT and D5 (thermal gradients are smeared by molecular

diffusion at scales where salinity gradients remain intact).

When
''SET. (k) is significant, (k) is determined by the T S relation of the large

eddy scales. For k <kr, a high coherence (near YT (k) 1) is expected because the

differences in scalar diffusivities should not be important. The phase should be near

0 or ir, depending on the sign of the slope of the T S relation, For = 0,

positive fluctuations in T correspond to positive fluctuations in 5; while when =

positive fluctuations in T correspond to negative fluctuations in 8.
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Figure 3.2 Conductivity spectra for three synthetically generated patches having
identical XT and x but differently correlated T S relations (for each patch,

= 108m2/s3, XT = 107K2/s, and x5 = 108psu2/s). The solid grey curve is
the expected conductivity spectrum for the given T S characteristics. The black
curve is the conductivity spectrum of the synthetically generated data. The individ-
ual contributions from a2WT,, b2W and 2ab../WT are represented by the dotted,
dashed, and dash-dotted curves respectively. When T and S are positively correlated
(top), the WS,,T,. has a positive contribution to 'Ji (top). If T and S are negatively cor-
related, "Is removes variance from Wc, (middle). When T and S are uncorrelated,
the cross spectrum is zero (bottom).
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The large-scale T S characteristics of a turbulent patch determine whether the

cross spectrum tends to enhance or nullify the spectrum of conductivity. To illus-

trate these effects, synthetically-generated conductivity datasets were created by in-

verse Fourier transforming Batchelor spectra into spatial records for T and S. Figure

3.2 shows three T S relations and their effect on conductivity spectra. The different

T S properties were obtained by constraining the phase between T and S to be 0,

r or random. C was derived from the T and S series and its spectrum calculated. In

all three cases, the dotted (b2'I'T), dashed (a2Wg,) and dash-dotted (2ab/'iI5)

curves are identical (note that the dash-dot curve is not shown in the last case since it

does not contribute to as described below.) Differences in conductivity spectra

arise solely from the value of . In the top plot, T and S are positively correlated

(ST = 1, = 0) at all wavenumbers, and the conductivity spectrum is the sum of all

three spectra. In the middle plot, T and S are negatively correlated ('YT = 1, = it)

so that the conductivity spectrum is the sum of the temperature and salinity spectra

minus the T S cross spectrum. When T and S are uncorrelated (bottom plot), there

is no cross spectral contribution = 0) and the conductivity spectrum is the sum

of the temperature and salinity spectra alone.

To predict the shape of the conductivity spectrum, it is necessary to estimate the

relative magnitudes of XT and . One means of estimating x is from XT and the

mean gradients in T and S (Gregg, 1984, 1987; Gargett and Mourn, 1995). If it is

assumed that fluctuations in T and S are produced by turbulent overturns, then the

ratio of fluctuations should be proportional to the gradient T - S relation at the scale

of the overturn, and it follows from equations 3.1 and 3.6 that

(IS)2
(3.15)

Note that dimensional analysis suggests that W0, be proportional to x0 at low

wavenumbers. Thus, even if the Batchelor spectral shape is not the appropriate form,

the relative sizes ofXT and should be indicative of the magnitudes of J'T and W.
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Figure 3.3 The upper inch of the fast-response conductivity probe (left, 5 x mag) is
shown along with a magnified (200 x) cross section of the tip (right). The probe was
constructed by Mike Head at Precision Measurement Engineering, and consists of two
current-supplying (2,3) and two voltage-measuring spherical platinum electrodes (1,4)
supported by a fused glass matrix (5). The sensor averages conductivity over a bi-polar
volume of radial extent 3 mm and has a -3dB power attenuation near k '-- 300 cpm.
(Photographs courtesy Mike Head.)

3.5 Experimental Data

A conductivity probe capable of resolving high wavenumbers is shown in figure

3.3 and its spatial response is described in detail in Appendix A. This probe has been

used on our vertical microstructure profiler Chameleon during experiments in the NE

Pacific Ocean (ri 1000 miles off northern California; Mourn, I 996a) and in Haro Strait

(Gargett and Mourn, 1995), a tidal channel in British Columbia. Between these two

experiments, a wide variety of T S characteristics were encountered as well as large

range in XT' and x.

A cluster of microstructure sensors including two airfoil shear probes (used to

estimate ; see Mourn et al., 1995, for example), a Neil Brown conductivity cell (used
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Figure 3.4 Vertical profiles and T S relation for Haro Strait drop 1685. T, S.
and C have each been scaled that "full-scale" represents a change in conductivity of
approximately 0.1 S rn1. dT/dz is also scaled with respect to dC/dz ("full-scale"
represents 0.25 S m2). All signals have been low-pass filtered at 10 cm. Lines of
constant conductivity are shown in grey in the T S diagram.

for fast-conductivity calibration), and a fast-response F'P07 thermistor accompanied

the fast four-point conductivity probe.

A typical profile from these measurements and a T S diagram from Haro Strait

are shown in figure 3.4. T, S, and C are scaled so that "full-scale" represents a change

in C of approximately 0.1 S m'. dT/dz is also scaled with respect to dC/dz ("full-

scale" represents O.25 S m' s*) The T S characteristics of this region exhibit

a wide range in dS/dT, which is a measure of whether the conductivity signal is

temperature- or salinity-dominated. This in turn yields a large range of /T (as

a result of equation 3.15) which is the important parameter in describing the shape of

W. (k).



The influence of T and S on the conductivity signal may be seen in these properly-

scaled vertical profiles. Where the mean vertical gradients in T and S are of opposite

sign ('-1 5-20 m), changes in T and S have opposing influences on C, and hence the

dT/dz signal is larger than dC/d.z. On a T S diagram, this is represented by a line

sloping from upper left to lower right. Large dC/dz signal (relative to dT/dz) occurs

where positive changes in T correspond to positive changes in S ("..30-34m and "47-

51m for example), because those T S changes both produce a rise in C (T S is

aligned nearly perpendicular to the first case.)

Patches were selected for homogeneity in E and XT so that cutoff wavenumbers

k and ki and spectral amplitudes J!u. and 1-T. are well defined. Patches with low

TKE dissipation rates, < 5 x 10-6 m2/s3, were preferentially selected to resolve as

close to k k as possible. Furthermore, a well defined and linear T S relation was

required in order to make comparisons between x and XT possible, (that is, permitting

the basic assuniption leading to equation 3.15) and to help ensure homogeneity of the

salinity fluctuations.

3.6 Calculating x from Scalar Gradient Spectra

In principle, scalar dissipation rates can be calculated by directly integrating the

scalar gradient spectrum (equation 3.6). In practice, microstructure measurements are

seldom resolved at the highest wavenumbers due to limitations of sensor response.

As a result, scalar gradient spectra can only be integrated over a subrange from

k111 < k < kiax, where generally k11 = 0. In order to account for variance not

resolved by the probe, we assume the theoretical gradient spectrum [W (k)}theory of

Batchelor (equation 3.10). Using k from equation 3.8 and e from two independent

shear probe estimates, the only unknown in this equation is
x0

which can be deter-

niined by requiring

fmax max

[W (k)IpTobe dk

J0
(k)heoy dk (3.16)

mm mm
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where {W (k)]probf is the gradient spectrum as measured by the probe.

The choice of ko.r depends on the sensor. For example, the response of our FPO7

thermistor is attenuated at frequencies above 10 Hz (Lueck et al., 1977). Since there

can be considerable uncertainty in the probe response corrections (Nash et al., 1999),

we used = 0, (7 Hz)/U0 c.-' 10 cpm (where U0 is the instrument's fall

speed) to make conservative estimates of XT

The spatial response of the conductivity probe in figure 3.3 is described in Ap-

pendix A, and has a half-power point at 300 cpm. Due to a lack of understanding

of the probe response at the time of the experiments, the probe was not sampled fast

enough (or it profiled too quickly), to resolve its full spatial potential. Instead it was

anti-alias filtered at 320 Hz and sampled at 819.2 Hz. Corrections for the filter and

sensor's spatial response were applied so that the Nyquist frequency (IN = 409.6 Hz)

limits the response at = (409.6 Hz)/U0 ' 500 cpm.

Estimating XT and x from conductivity measurements using equation 3.16 is sim-

plified by writing the composite spectrum ['c]the0 as the sum of three Batchelor

spectra (equation 3.13). This is accomplished by relating x to XT using equation 3.15

and dS/dT over the patch; k and k depend primarily on , determined from the air-

foil probes. For perfect coherence and phase ('y2 = 1 and = ±1) at all wavenum-

bers, (k)ltheory can be written in terms of either XT or x using equations 3.13 and

3.14 and assuming the Batchelor spectral form (equation 3.10) for [WT (k)]theo.y and

[Ws (k)Ithry.

Estimation of XT from the conductivity sensor is accomplished by satisfying equa-

tion 3.16 with 1'c.. expressed in terms ofT. By selecting k11 = 0 and k = 0.2k,
we integrate 'TIc. over a region where we are confident that the coherence between T

and S is near unity, and thus our estimate of WST. = ± \/WT. is justified. Since

lilT (k) is not resolved for k 0.2kg', it is not possible to estimate 'y7. (k) near

k k. However, the assumption of (k) = 1 must break down at high wavenum-

bers because of seawater's large Schmidt number. It is thus appropriate to choose kax

conservatively in order to avoid integrating li (k) over a region where 4's, (k) is
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unknown, since a reliable estimation of .kT can be made by integrating about 30% of

the variance of [WT. (k)]hCOry, a consequence of this choice of kax.

Estimation of may be made by integrating equation 3.16 from = 0.6k to

.ax = IN/UO. Since 90% of the variance in [WT (k)}thew.y occurs at wavenumbers

below 0.6kg', this choice for ensures that 'I', is integrated over a bandwidth

where the contribution from T (i.e. b2WT) is minimal.

3.7 Sample Spectra

Spectra of shear, temperature gradient and conductivity gradient for two patches

are shown in figures 3.5 and 3.6. These examples illustrate two extremes in the shape

of 'Pc. which result from the unique T S characteristics of each patch.

The spectra in figure 3.5 correspond to the turbulent patch from 34.2-40.7m for

drop 1685 (see figure 3.4). In this case, T and S are positively correlated with

dS/dT = 0.4 psu/K. Since dS/dT > 0, the WST cross spectral term makes a

positive contribution to In addition, the relatively low magnitude of dS/dT im-

plies that the contribution from b2WT.. is much larger than a2'Pg at low wavenum-

bers. Consequently, the temperature roll-off near k ' kg' is evident in 'I's,. The es-

timate of XT made from the conductivity probe (3.4 x 107K2/s) agrees well with

that from the thermistor probe (3.7 x 107K2/s). Similarly, the estimate of x

made using equation 3.16 at high wavenumbers (7.9 x lO8psu/K) is consistent with

(dS/dT)2y = 6.6 x i0psu/K as predicted by equation 3.15.

Figure 3.6 presents spectra from a patch having dS/dT = 1.4 psu/K. For this

case, the contribution to 'P from salinity dominates that from temperature at all

wavenumbers. Further, fluctuations in T are negatively correlated with S and negate

fluctuations in C so that 'y2, 1. From equation 3.14, the cross spectrum is neg-

ative ('Ps,.T. < 0) so that the second term in equation 3.13 reduces the amplitude

Wc. The resulting conductivity spectrum W. in this case is less than the contribution

from either temperature (b2WT) or salinity (a2'Ps'..), except at very high wavenumbers
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Figure 3.5 Spectra of velocity shear, tempeTature gradient and conductivity gradient
for a patch with dS/dT = 0.4 psu/K where the temperature contribution dominates

The top plot shows spectra from the two shear probes and the corresponding
Nasmyth spectra used for integration correction in the estimate of e, k5 and k. The
spikes at 30 and 60 cpm are the result of contamination from an electro-magnetic
velocity sensor and do not affect the estimate of i or k. The second plot shows
WT. from the FPO7 thermistor (solid line) and the Batchelor spectral shape using k,
calculated from '1'u and the same integrated variance as the thermistor data below
10 cpm (see equation 3.16). Corrections have not been applied to the FPO7 spectrum
because of uncertainties in the sensor's frequency response (Nash et al., 1999). In the
third plot, the thick grey curve represents [WC.Ithi,, which has contributions from
Batchelor spectra for temperature (dotted line), salinity (dashed line), and the T S
cross-spectrum (not shown). The thin dashed line shows a typical noise spectrum for
the probe. dS/dT was obtained from the slope of the T S diagram (grey line, bottom
plot), k from W, and XT by satisfying equation 3.16 over the range 0 < k <0.2k.
The estimates of . and x5 from both and are shown on the plots, and are
remarkably consistent.



CaU

to

10

Velocity Gradient

c=3.006 mt/st; k0 = 18.9 cpm

10 k[cpnoj
102 IO

10

o
10

10 10 klcprnj io

XTS.Se-O6 K2/a Gondoctivity Gradient

:

io° in' .,
11,2

11,

loJf.\

10.76

bc0956,.
I-

30.1 3012 30,14 30.16 30.18

Salinity [pool

N

N
N

1300-15.04 rn

Figure 3.6 Spectra of velocity shear, temperature gradient and conductivity gradient
for a patch with dS/dT = 1.4 psu/K (see figure 3.5 for description). Because the
large scale T S structure is nearly aligned along lines of constant conductivity, the
conductivity spectrum (solid grey line) at low waveriumbers is less than the individual
contributions of either temperature (dotted line) or salinity (dashed line). Regardless,
the estimates of x and x made independently from WT and J! agree remarkably
well.
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where the effects from fluctuations in T are minimal. In light of the destructive inter-

ference between T and S creating much reduced spectral amplitudes, the estimates of

XT and x. between conductivity and thermistor probes are remarkably consistent.

38 Results

Averaged non-dimensional conductivity gradient spectra are shown in figure 3.7

for five different ranges of dS/dT. In the first two plots, (dS/dT) <0 and thus WS,T

reduces the spectral amplitudes of ; in the last three plots, (dS/dT) > 0 so that

'J-' is the sum of the three components. Note that salinity dominates the spectra for

I (dS/dT) > lpsu/K (first and last plots), while both scalars contribute to the shape

for (dS/dT) I < lpsu/K.

In the plots with (dS/dT) = 0.3lpsu/K and (dS/dT) = 0.26psu/K, both T

and S play significant roles in determining the shape of Since thermal diffu-

sion becomes important for k 0.1k, it is expected that T and S should become

less coherent at these wavenumbers and WS,T. should be reduced in magnitude. As

a result, these two conductivity spectra deviate from the solid curve ('YST = 1) for

0.1 , k 1 (0.01 k/kg 0.1 on figure 3.7, where k = Sc"2k 1Ok).

Unfortunately, the lack of spatially coincident measurements of T and C from these

experiments (on scales of"-' O((k)-')) does not give us enough information to inde-

pendently determine WS,T, Hence, the degre.e to which YST deviates from unity at

high wavenumbers remains to be determined.

The temperature dissipation rate estimated using the conductivity probe

(XT ) conductivity is compared to that measured using the thermistor (XT )thermitor in fig-

ure 3.8 for thirty eight patches. The salinity dissipation rate calculated from conductiv-

ity spectra (through equation 3.16) is compared to that estimated using equation 3.15

in figure 3.9. In both cases, conductivity-derived quantities are consistent with those

estimated using the thermistor probe.
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Figure 3.7 Nondirnensional conductivity gradient spectra for five ranges of dSIdT.
Spectral values are non-dimensionalized with respect to salinity as W kDsb21
and wavenumber as k/k'.In each case, the mean (dS/dT) was calculated for each
group of patches and used to estimate the magnitude of XT / The spectral ampli-
tudes are normalized by b2x(kDs) and wavenumber by k. The thick solid grey
line shows the expected W' if T and S are perfectly correlated at all wavenumbers;
the h-dotted line indicates the spectrum for uncorrelated T and S. The shaded area
is the region 0 < 'YST < 1. The dotted, dashed, and thin solid lines represent the
contributions from "SZTZ, and 4rs0 respectively.
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Figure 3.8 Dissipation rate of temperature variance calculated from conductivity is
compared to thermistor measurements.
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Figure 3.9 Salinity variance dissipation rate compared to (dS/dT)2xT. The histogram
indicates that x is on average about 25% less than(dS/dT)2XT. The significance of
this deviation is not clear.
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Figure 3.10 Comparison of eddy diffusivities for heat and salt.

Estimates of K and KT using x. and XT from conductivity measurements are

shown in figure 3.10. These are preliminary estimates and the reason for the deviation

hi the ratio K,q/Kr from 1 is not clear. This is the focus of ongoing experiments and

analysis.

3.9 Summary

Conductivity spectra have been resolved to wavenumbers greater than k where

the contribution to the conductivity gradient spectrum is entirely due to salinity fluctu-

ations. This has enabled direct estiniates of x5 to be made from at high wavenurn-

bers. XT may be estimated from W at lower wavenumbers as long as the contribu-

tions from ST and 'T0 are accounted for. The magnitude and sign of W3. can be

estimated if the T S relation is well defined, and perfect coherence between T and

S is assumed. This assumption of 'y52. = 1 breaks down for 0.1k k 0.1kg,

where the effects of thermal molecular diffusion become important to WT. (but where

the effects of salt diffusion by molecular processes are small). This is evident in the
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summary spectra of figure 3.7, where the data fall in the grey area of 0 < < 1.

We presume that the shape of 4'ST. is a function of the state of decay of the turbu-

lence and that highly-resolved, coincident measurements of T and C will be required

to elucidate this.

We emphasize that the comparisons of x vs. (dS/dT)2xT are subject to two im-

portant constraints. The first is discussed in the preceding paragraph: that 'y. = 1.
In fact, the data have been chosen to avoid patches for which 'YST is clearly different

than one (i.e., scatter in the T S relation), But since the smallest scales of WST

are not resolved, we really don't know the true value of YST' This limits our abil-

ity to assign confidence to the estimates of x and XT based on integration of

and motivates further experiments to resolve over the full wavenumber range.

Such measurements will provide experimental tests of the relationships among tracer

variance dissipations, as posed by de Szoeke (1998).

The second constraint is the assumption leading to equation 3.15. Again, the data

have been chosen to select for linear T S in each sample. The reason for the deviation

of the ratio ((dS/dT)2xT )' is unknown at present but needs to be further examined

before we make routine estimates of from lJ!C.

Acknowledgments. We appreciate informative discussions with Jeff Dairiki, Doug

Caidwell and Roland de Szoeke. Our measurements would not have been possible

without the skilled work of Mike Neeley-Brown, Ray Kreth and Ed Liewelyn. This

work was funded by the Office of Naval Research (N00 14-96-1-0250) and the National

Science Foundation (OCE-94 17018).

3.10 Appendix: Spatial Response of the Four Point Conductivity
Probe

Following Dairiki (1991), we approximate the conductivity probe shown in figure

3.3 as four single-point conductors having cylindrical symmetry as schematicized in

figure 3.A1. Hence the effect of the glass support and the finite diameter sphericalcon-
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trn

Figure 3,Al Schematic of the four-point conductivity probe.

ductors are ignored. We wish to determine the sensitivity of the voltage V measured

between points x1 and x4 to small perturbations in the conducting medium when a

constant current I flows between x2 and x3. In a uniform medium of conductivity ,

the measured voltage V, is simply

1 / 1 1 1 1

)
+ (3.A1)

4ra0 \1x4 x31 ix2 x1 1x4 x2J ixa xii

However, if the conductivity of the medium is given by

o() = a0 ± cr'(x) (3.A2)

where a'x) is the perturbation conductivity, then the measured voltage is obtained a

Green's solution:

- /ffa'(x)s(x)d3x (3.A3)I,

where 8(x) is the spatial sensitivity of the probe and d3x represents a three dimen-

sional volume element. The sensitivity is

1 ( X3X X2X '\ ( x4x x1xS(x)
16ir2a Ixa x3 x2 jx4 xJ3 Jxi

x13

(3.A4)
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Figure 3.A2 Spatial sensitivity of the four-point conductivity probe. The sensitivity is
radially symmetric about the y-axis
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Figure 3.A3 Spatial transfer function for the conductivity probe. The dash-dotted line
represents the one-dimensional Fourier transform (with respect to x) of the spatial re-
sponse function plotted in figure A2. The transfer function calculated by Head (1983)
for a similar type probe is represented by the dotted line; the dashed line represents
the experimentally observed sensitivity. Because of the similarity between theoretical
(dotted and dash-dotted) curves, a double pole filter (solid line) which approximates
Head's measured transfer function was used for spatial response correction.



A spectral transfer function may be defined as

H(k) = ffJS(xY,z)edxdYdz (3.A5)

where the measured spectral power from the sensor Wnesured(k) = H(k)hIreai(k).

For the probe locations sketched in figure 3.A1, the radially-symmetric spatial sensi-

tivity is shown in figure 3.A2. The one-dimensional transfer function of the probe was

calculated by Fourier transforming the sensitivity and integrating over the transverse

directions. The result of this calculation along with the transfer function of a similar

probe as calculated by Head (1983) (but operated in a different configuration) is shown

in figure 3.A3. Head found that the experimentally observed resolution was soniewhat

lower than his calculated response, which is very similar to that calculated above. As a

result, a double-pole filter response similar to that measured by Head (1983) was used

as the transfer function for the current probe. This indicates that the 50% power point

for the probe is near 300 cpm.
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4 MICROSTRUCTURE ESTIMATES OF TURBULENT SALINITY FLUX
AND THE DISSIPATION SPECTRUM OF SALINITY

Jonathan D. Nash and James N. Mourn

In preparation for the Journal ofPhysical Oceanography,



4.1 Abstract

Determination of the irreversible turbulent flux of salinity in the ocean has not been

possible because of the complexity of measuring salinity on the smallest scales over

which it mixes. We present an analysis of turbulent salinity microstructure from mea-

surements using a combined fast-conductivity/temperature probe on a slowly-falling

vertical microstructure profiler. Four hundred patches of ocean-turbulence were se-

lected for the analysis. Highly resolved spectra of salinity gradient W5. exhibit an

approximate k dependence in the viscous-convective subrange, followed by a roll-

off in the viscous-diffusive subrange, as suggested by Batchelor (1959), and permit

the dissipation rate of salinity variance to be determined. Estimates of irreversible

salinity flux from measurements on the dissipation scales (from x8 following Osborn

and Cox, 1972) are compared to those from the correlation method ((w'S')), and from

TKE dissipation measurements (following Osborn, 1980). It is found that the ratio of

haline to thermal turbulent diffusivities, d = / (dT/dS)2 approximately equals

0.7 + 20%. Such a difference is qualitatively justified, and quantitatively consistent

with the direct numerical simulations of Merryfield et al. (1998).

4.2 Introduction

Despite the two order of magnitude discrepancy between the molecular diffusivi-

ties of heat (DT) and salt (D5), it has always been assumed that the turbulent transports

of heat and salt are equal. The presumptions are that turbulent fluxes are dominated by

the motions of the largest scale eddies, and that molecular processes (which produce

the irreversible mixing) occur at a rate consistent with the large-scale turbulent produc-

tion. In calculating salt fluxes, this has become a necessary assumption, because it has

not been possible to directly measure the turbulent flux of salt or the dissipation rate

of salinity variance. The equivalence of the eddy diffusivities of heat KT, salt K8 and

density K has been assumed. However, recent numerical models of ocean circulation



I'll

(Gargett and Holloway, 1992) have shown a strong dependence of the therrnohaline

circulation on the ratio of the parameterized eddy diffusivities Ks/KT.

It is well known that salt fingering and double-diffusive processes transport heat

and salt at different rates (Schmitt, 1979). The unique dynamics associated with these

structures are a direct consequence of the large value of the ratio DT/DS, 100, but only

occur when turbulence is weak, and for a limited range of dT/dS. Having potentially

broader implications are the poorly understood processes in turbulent mixing events

which may lead to a differential transport of heat and salt. Both laboratory (Turner,

1968; Altman and Gargett, 1987) and numerical experiments (Merryfield et al., 1998)

indicate that heat is transported more effectively than salt in weak, stratified turbulence.

This discrepancy in mixing efficiencies has been attributed to the incomplete mixing

of salt; since all previous research represents mixing in weak, low Reynolds number

turbulence, it remains an open question as to whether the turbulent transports of heat

and salt are significantly different in high Reynolds number ocean turbulence. Only

scaling arguments have been available to estimate the role salinity plays in the eddy

diffusivity for mass (or buoyancy) and its importance in the generation of entropy

(Gregg, 1984)

While estimates of KT using the methods of Osborn and Cox (1972) have been

made over the past thirty years, K has escaped measurement. In particular, it has

not been possible to measure the spectrum of salinity gradient W5, nor determine

its integral, the dissipation rate of salinity variance x' for two reasons. First, the

spectrum of salinity gradient peaks at scales lOx smaller than that of temperature

gradient. Salinity must be measured at sub-millimeter scales to resolve the salinity

gradient at typical turbulent kinetic energy dissipation rates (f 1 x i0m2s3).
Second, salinity (S) can not be measured directly. Instead, independent, collocated

measurements of conductivity (C) and teniperature (T) must be combined to determine

S. As a result, the spectrum of salinity gradient must be formed as the composite

spectra of temperature gradient, conductivity gradient, and their cospectrum - each of

which must be fully resolved.
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4.2.1 Differential Transport by Turbulence?

The basic assumption that all scalars are transported equally by turbulence, regard-

less of their molecular diffusivities, stems from the reasoning that turbulent transports

generally occur at scales much larger than the scales of molecular processes. This sep-

aration of scales is often a fundamental premise of high Reynolds number turbulence

theory and analysis. Assuming the typical cascade of energy, turbulent fluctuations are

produced at the scales of the largest eddies and break down into smaller and smaller

eddies where they are eventually dissipated by molecular diffusion.

Assuming homogeneous turbulence, the equation governing the evolution of fluc-

tuating scalar variance 0,2 is (Osbom and Cox, 1972)

(4.1)

where P9 = -2(u0')d0/dx represents the gradient production of 0,2 and k =
2D9 (VU)2. Since most of the variance of u and 0' occurs at the scales associated

with the largest eddies, the effect of molecular diffusivity on P9 should be small. It

is hence believed that the turbulent transport of all scalars should be equal, because

it is governed by the evolution of the large-scale velocity field acting on mean gra-

dients, (P9. the production), and not by molecular diffusion (Xo, the dissipation). A

fundamental assumption is that molecular diffusion occurs at the rate governed by the

largest scale motions in order to fulfill the P9 = xo balance. For the case of steady

state, homogeneous, high-Re turbulence, this condition should indeed be satisfied.

The assumption of P0 = provides one means of estimating x. from XT and the

mean gradients of T and S. Since P results entirely from turbulent overturns acting

on mean gradients, then P/P = (dT/dS)2. This has led to the convenient scaling

of X in the past (Gregg, 1984, 1987; Gargett and Moum, 1995):

= ()2xT. 4.2)

Consider, however, the limiting case of mixing a scalar with infinitely small molec-

ular diffusivity D0 -+ 0, by a fluid parcel which evolves in time from quiescent to tur-
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bulent, and back to quiescent again. Assume that the scalar has some small effect on

the buoyancy of the fluid. Scalar fluctuations produced by a turbulent overturn at large

scales would cascade to smaller scales as time evolves. After all turbulent motions

subsided, scalar gradients would have been produced on a variety of scales but would

not be smeared by molecular diffusion. Given time, the scalar anomalies, which each

have a slight buoyancy anomaly, would resort themselves and eventually return to the

original scalar profile and no irreversible mixing would have occurred.

If the lifespan of a turbulent patch, usually considered as -O(N- 1), is much shorter

than the time it takes to cascade variance to the diffusive spatial scales, then we should

expect incomplete mixing and consequently T0 xo.

The scales at which the strain-field intensified gradients are smeared by molecular

diffusion are characterized by the Batchelor wavenumber, k (E/(vD))1/4. We are

primarily concerned with the cascade of variance to k from the viscous wavenumber'

a wavenumber band (the viscous-convective and viscous-diffusive

subranges of turbulence, see figure 4.1) where the effect of molecular diffusivity be-

comes important. Batchelor (1959) showed that the transfer of variance in this sub-

range is dominated by the least principal (most negative) strain 'y such that

a Fourier wavenumber k (associated with some scalar gradient) evolves in time as

j,O k 7T0
'b ?7e (4.3)

such that the Kolmogorov wavenumber k is transformed into k by the compressive

strain rate during the time r.

For seawater (33 psu, 10°C, OdB)ii = 1.4 x 106m2s', PT = 1.5 x 107rn2s',
and D5 = 1.0 x 109m2s1, so that k/k' 10. The time it takes for a Fourier

'Velocity fluctuations are dissipated by Kolmogorov eddies of size i, with corresponding
wavenumber k. Tennekes and Lumley (1972) indicate that the time scale of energy transfer
from the largest, energy containing scales to the Kolmogorov eddies occurs at the same rate as
the patch decay, O(N').
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component to cascade from the Kolmogorov to the Batchelor wavenumber is

1
(4.4)

H
For temperature fluctuations, '1r 1.1 while for salinity, TS = Thus,

it takes more than three times longer to cascade salinity variance into its diffusive

scales than it does for temperature variance.

As an example, consider a turbulent patch with dissipation E = 10'°m2s3 in

stratified fluid (N 102 s1). For such a patch, the decay time of the patch is

Tpatch = 100 s, which is similar to 1T = 130 s. In contrast, the time scale for the

salinity cascade is 440 s. Hence, it would be likely that turbulent velocities

would subside well in advance of the complete and irreversible mixing of salinity,

while temperature fluctuations would be completely mixed. For dissipations greater

than E > 2 x 109m2s3 in stratification N i-' 10-2, one would expect the transfer rate

of variance to be at least as rapid as the decay time scale of the patch, and hence the

fluxes of temperature and salinity should be proportional to their mean gradient. For

this analysis, all of the turbulent patches selected were at least this energetic.

We note that the ratio of time scales is proportional to the square root of the buoy-

ancy Reynolds number Reo = /(vN2), so that

Tpath/T9 = /39 vt' (4.5)

where /3T -- 0.9 and /3 0.3. We conclude from the above discussion that K5 =

KT for flows with large Reb. For small Reb, which describes weak and anisotropic

turbulence, we should not be surprised if Ic <KT.

4.2.2 Objectives

Of fundamental importance to the turbulent transport of salinity is the determina-

tion of the spectral shape of salinity gradient fluctuations and the dissipation rate of

salinity variance. Quantification of 1'g, and was the primary goal of this analysis.

Measurements of highly-resolved salinity also permit direct estimation of salinity flux



(w'S') (Mourn, 1990), the T S codissipation (de Szoeke, 1998), and the entropy

generation due to salinity a8 (Gregg, 1984).

This paper is organized as follows. In section 4.3, the general form of the spectrum

of salinity gradient is developed, and the experimental and analytical procedures used

to obtain it are described. The observations are presented in section 4.4, beginning with

the gradient spectra of temperature, the T C cospectrum, and the salinity gradient

spectrum. This is followed by a discussion of the codissipation and estimates of flux

from the covariance (w'G'). In the discussion (section 4,5), the turbulent fluxes of

salinity and temperature are compared in terms of dissipation flux coefficients F0 and

d and flux ratios d0 and d. We conclude (section 4.6) that the spectrum of salinity has

a shape similar to that of temperature (except extending to higher wavenumbers), and

is well-represented by Kraichnan's universal form. The eddy diffusivity and turbulent

flux of salt are found to be about 30% less than that for temperature. However, as

discussed in the appendix, the error in the ratio of these flux estimates could be ±20%

making it difficult to distinguish d.< from one.

4.3 Methodology

4.3.1 Theory

4.3.1.1 Scalar Spectra

We are concerned primarily with the dissipation range of turbulence in this analy-

sis, which contains most of the variance of gradient spectra. The following is a sum-

mary of the discussion in Nash and Mourn (1999).

Gradients of scalars are intensified and shifted to higher wavenumbers as a re-

suit of advection by the turbulent velocity field. This cascade of energy in the iner-

tial subrange depends only on the dissipation rate of TKE, f, leading to the classic



k'3 dependence of the velocity spectrum. Kolmogorov (1941) reasoned that viscos-

ity only becomes important at wavenumbers of O(k) where k = (f/v)'/. At higher

wavenumbers, velocity fluctuations are heavily damped by molecular viscosity.

Since the values of the molecular diffusivities of heat DT and salt are much

smaller than that for momentum, fluctuations of T and S extend to much higher

wavenumbers than fluctuations of velocity. Batchelor (1959) used this fact when he

assumed that the evolution of scalars with Pr v/D9 > 1 are governed solely by

the mean least principal strain rate 'y ()
1/2

- the strain associated with convergent

motions in the turbulent velocity field.

A balance between the turbulence-induced strain and molecular diffusion occurs at

a wavenumber near
1/4() k. (4.6)

Batchelor (1959) calculated the spectral shape for sealar fluctuations in the viscous

ranges. For the range of wavenumbers where molecular diffusion is not important

(k kg), the spectrum of scalar gradient W may be written as (Gibson and Schwarz,

1963):

i119(k) = (4.7)

which is the viscous-convective subrange. At the higher wavenumbers of the viscous-

diffusive subrange, where molecular diffusion is important, Batchelor (1959) assumed

that scalar fluctuations evolve in a spatially uniform field of strain and determined that

the gradient spectrum roll off is proportional to C2. Kraichnan (1968) derived an

alternate form for the theoretical spectrum by assuming a spatially intermittent strain

field, which produces a less steep diffusive roll-off (proportional to e_k). Although

only subtly different at low wavenumbers, the peak of Kraiehnan's form has less am-

plitude and is located at a lower wavenumber than that of Batchelor's form; we have

found the Kraichnan spectrum to be more representative of oceanic observations of

temperature (Smyth et aL, 2000). Recent models have produced similar conclusions

(Smyth, 1999; Bogucki et al., 1997).
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Assuming homogeneous, stationary and isotropic turbulence, the dissipation rate

of variance of a scalar 0 is defined in terms of vertical gradients and one-dimensional

scalar spectra:

= 6D0 = 6Dofo(k)dk. (4.8)

4.3.1.2 Application to Salinity

The following methodology differs slightly from that of Nash and Mourn (1999)

and Washburn et al. (1996), in which 1'c was interpreted in terms of the spectra

and 'T, and the T S cross spectrum 1'ST Since can not be directly

measured, we instead determine the salinity spectrum explicitly in terms of T and

C spectra and cross-spectra.

We begin by linearizing conductivity in terms of S and T:

C(T, S) C0 + aS + bT, (4.9)

where a and b are slowly varying functions of S, T, and P. For seawater at 35 psu and

10 °C, a 0.097 S m1psu' and b -' 0.095 S mK1. This indicates that a 1 K

change in T has about the same effect on C as a 1 psu change in S. From equation 4.9,

the vertical gradient in salinity (OS/Oz) may be expressed in terms of the temperature

and conductivity gradients (OT/Oz, DC/8z):

OS 1OC bOT
OzaOz aOz

(4.10)

The gradient spectrum of salinity is then related to the gradient spectra of temper-

ature W. and conductivity 'Pc., and the T C gradient cospectrurn '1CT,, as

1 2b b2
Wsjk) = W(k) -WcT(k) + -WT(k). (4.11)

If measurements of T and C are fully resolved and collocated, then W,ç may be de-

termined from three measurable spectra and calculated from equation 4.8. The
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theoretical form and wavenumber extent of each spectral component is shown in fig-

ure 4.1. Note that the sign of WC..T. cannot be guaranteed, and depends on the slope of

the local T S relation.
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Figure 4.1 Components of the salinity gradient spectrum for a typical turbulent
patch. While each of the gradient spectra are necessarily positive, the cospectrum
WcT may take either sign depending on the local T S relation. In the lower
panel, for example, dS/dT 0.5 psuIK, and as a result, WCT. is negative for

> 5 x 10-2.

The extent to which T and S decorrelate at moderate to high wavenumbers is

an important aspect of a two-tracer system. While it is generally believed that the

mixing of two parcels of water with distinct (T, S) characteristics will produce a linear

T S relation, this only extends to scales where T and S remain perfectly correlated.

Because of the disparity in the molecular diffusivities of heat and salt, this cannot be

true in general.

An important quantity to describe the production of such "new" water is the water-

mass variation, defined by Stern (1968) as C = T' mS'. Primes denote fluctuations

from the mean, and rn = is the slope of the mean T S relation. The watermass



variation represents the degree to which a mixing event produces fluid which deviates

from the mean T S relation. One unique aspect of C is that variance evolution

equation contains none of the obvious production terms which typically appear (such

as (w'T') in the evolution equation for T'2), and following de Szoeke (1998), sim-

plifies to

= XT rn2x5 + 2rnX5, (4.12)

where is the codissipation,

= 3(DT+Ds) = 3(DT+Ds)fW.cTdk. (4.13)

We will investigate the importance of the neglected terms (which de Szoeke, 1998,

argued to be small) at a later time.

The form of the production term in equation 4.12 indicates that the watermass

variation cannot result from large-scale motions; rather its production depends on the

relative magnitudes of the simple dissipations xT and x. and the codissipation x7-

Let us define the net rate of production of watermass variation as = - rn XS +

which is negative when C2 is being dissipated.

Coincident C, T measurements permit calculation of the T S gradient cospec-

ti-urn '1's. and the codissipation . Combining equation 4.11 and '1'c. = a2Ws. +

2ab'IT,c, + b2. (equation 13 from Nash and Mourn, 1999), the cross-spectrum

WS.T(k) is

ST(k) 'c(k) TL(k). (4.14)

4.3.2 Experimental Details

To calculate 'I'-., both T. and must be fully resolved. This requires a fast-

response sensor which measures T and C at the same location. The microconductivity-

temperature (jiCT) probe (manufactured as the fast conductivity and temperature probe

by Precision Measurement Engineering; Head, 1983) is one such sensor (figure 4.2).
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The probe consists of a four-electrode conductivity sensor separated by 1mm from a

Thermometrics' FPO7 fast-response microbead thermistor. The conductivity measure-

ment averages over a rs. (1mm)3 volume and its response is wavenumber-lirnited (3dB

attenuation at 300 cprn; see appendix of Nash and Mourn, 1999). The FPO7 response

is limited by the heat transfer rate into the thermistor bead (through the hydrodynamic

boundary layer and glass coating), and is limited by its frequency response (double

pole with f = 29Hz for the thermistors used; see appendix of Nash et al., 1999). The

response function for the thermistor was calculated by comparing spectral amplitudes

of the FPO7 to that of the jtCT probe for selected patches where salinity fluctuations

were negligible (see appendix). Such spectral corrections extend the useful range of

the FPO7 to 60Hz.

v+

Figure 4.2 A side view of the upper inch of the microconductivity-temperature (1LCT)

probe (left, 5 x mag). The fast-response FPO7 microbead thermistor (T) is separated
by 1mm from the conductivity (jiC) tip, a cross section of which is shown at right,
magnified 200 x. The conductivity probe was constructed by Mike Head at Precision
Measurement Engineering, and consists of two current-supplying (I_, +) and two
voltage-measuring spherical platinum electrodes (V, 11F) supported by a fused glass
matrix (G). The sensor averages conductivity over a bi-polar volume of radial extent

3 mm and has a -3dB power attenuation near k 300 cpm. (Photographs courtesy
Mike Head.)

The jiCT probe was installed on Chameleon, our loosely-tethered microstructure

profiler, in addition to the regular suite of microstructure sensors: a pitot tube (used
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to measure the fluctuating vertical velocity and estimate (w'T'), (w's'), and (w'2);

Mourn, 1990), airfoil shear probes (used to estimate , the dissipation rate of TKE;

Mourn et al., 1995, for example), a second fast-response FPO7 thermistor, and a stable

Neil Brown conductivity cell, used to in-situ calibrate the CT probe. Casts using

the ship's SeaBird TD were periodically made for comparison with Chameleon's

temperature and conductivity measurements.

The pCT probe was sampled at 409.6 Hz and its derivative at either 819.2 Hz or

409.6 Hz, depending on the experiment. Thermistor temperature and its derivative

were sampled at 102.4 Hz and 204.8 Hz, respectively. Four-pole analog Butterworth

filters were used for anti-aliasing before digitizing at 16 bits; filter cut-off frequencies

of 32 Hz, 64 Hz, 132 Hz and 245 Hz were used for signals sampled at I 02A Hz,

204.8 Hz, 409.6 Hz and 819.2 Hz, respectively, The transfer functions of the filters

and analog differentiators were determined in the laboratory; spectral corrections to

restore lost variance were applied to the data during processing.

To measure 80% of the variance of WT. and Ji in an energetic turbulent patch(c =
x 106m2s'), the iCT sensor must resolve dT/dz from 0-200 cpm and dC/dz

from 0-2000 cpm. In an attempt to achieve this, an instrument profiling speed of

14' = 25 35 cms1 was selected by adjusting the buoyancy and drag elements on

C/wine/eon. As a result, the average resolved wavenumber during the experiment was

215 cpm for dT/dz and 710 cpm for dC/dz. This choice of falispeed was a com-

promise between adequately resolving the scalar spectra while still allowing Taylor's

frozen-flow hypothesis to be invoked (permitting the conversion of temporal to spatial

derivatives; ie. W0d/dt - d/dz). Sensitivity of the shear probes and the pitot tube

is high at these profiling speeds.

Several hundred vertical profiles (from the surface to the bottom at 50-200 m depth)

were acquired on two separate occasions on Oregon's continental shelf: on the south-

ern flanks of Heceta Bank on August 23, 1998; and over Stonewall Bank on April 15,

1999. Measurements of turbulent vertical velocity w' were obtained only during the

Heceta Bank experiment. During the Stonewall Bank experiment, a third temperature
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sensor was installed on Chameleon: an ultra-fast response thermocouple (Nash et al.,

1999) used to determine the thermistor frequency-response transfer function in-situ.

The dominant currents at Heceta bank follow local isobaths. Near the crest of the

bank, the flow is mostly to the south-east and mixing is dominated by bottom-boundary

processes. Offshore of the bank, the southeast-flowing surface currents are opposed by

a northwestward-flowing undercurrent, which combine to produce a intensified shear

region near 70m depth. The stratification near the surface is mostly due to temperature;

at depth salinity plays a more dominant role, with temperature inversions and salinity

intrusions becoming common.

At Stonewall Bank, currents were dominated by a strong south-westward (> 0.5

mIs) internal hydraulic flow (described in Nash and Mourn, 2000). This flow produced

interfacial shear instabilities between a plunging lower layer and the near-stagnant

upper layer; intensified bottom-boundary mixing and hydraulic jumps were also ob-

served. Between the two experiments, a wide variety of T S relations were observed

at a range of turbulence intensities.

4.3.2.1 Sensor Processing

Because the 1iCT probe is designed for laboratory use, it is susceptible to fouling

and damage, and difficult to obtain a stable laboratory calibration. As a result, we cali-

brate the sensor in-situ: polynomial calibration coefficients are determined by fitting a

low-pass filtered zC signal to the conductivity measured by the Neil-Brown cell. The

coefficients obtained are then applied to the unfiltered jiC signal and its derivative.

Care is taken not to include 1tC data which contains non-physical spikes or step-like

features which are not present in the conductivity time series from the Neil-Brown

cell. After patches are selected, the jiC and Neil-Brown signals are again compared;

records which differ significantly are discarded.
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4.3.2.2 Patch Selection

Single spectra of turbulence tend to be highly variable; in order to produce signifi-

cant results, spectra must be ensemble-averaged to reduce the uncertainty and natural

variability of the spectral estimates. Averaging is even more important to reduce the

variability of composite spectra, which may rely on the difference between two spec-

tral components of similar magnitudes. It is hence desirable to increase the number

of degrees of freedom by ensemble averaging the components WT, Wc, and WCT

within a homogeneous region before combining them to form 1g..

Turbulent patches were selected with regard to homogeneity of du'/dz, dC'/dz

and d.T'/dz signals and uniformity of the mean gradient dS/dT. The T S relation

was required to be linear so that the relative contributions of T and S' to C' would

remain constant. A sample patch is shown in figures 4.3 and 4.4. This represents a

turbulent patch at a depth of 120m off of Heceta Bank (ch98b0290-1 190). This is to

illustrate how and x are calculated; also shown are vertical profiles of du/dz, T,

5, dT/dz, dC/dz and WI.

4.3.2.3 Estimating Scalar Dissipation Rates from Spectra

If scalar spectra are fully resolved, then is simply the complete integral of equa

don 4.8. In practice, measurements are limited by sensor response. or noise at the

smallest scales (or highest frequencies) and prevent complete integration of the scalar

gradient spectrum. We define the maximum wavenumber at which spectral estimates

are resolved and unaffected by noise as kax. The choice of kL depends on the

magnitude of e and x relative to the sensor noise; we find it prudent to select by

hand2.

2kax is selected as the wavenumber where a given spectrum intersects the noise continuum,
defined using spectra where the turbulence signal is weak.
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Figure 4.3 A vertical profile of du/dz, C, dC/dz, dT/dz, T, w', S, and a, from a
sample turbulent patch at 120 m depth near Heceta Bank (ch98b0290...1 190).

A discussion of the frequency response of the microbead thermistor is given in

Nash et al. (1999) and the appendix. The spatial response of the j.tC sensor is de-

scribed in Nash and Mourn (1999). For each of these sensors, corrections are applied

in the frequency/wavenumber domain in order to restore lost variance. In addition, cor-

rections were applied to account for the anti-aliasing filters and the imperfect response

of the analog differentiators. Error and bias associated with the response corrections

are discussed in the appendix.

In practice we determine x9 by integrating W (k) over the subrange 0 < k < k.

In order to account for variance not resolved by the probe, we assume a universal

form for the scalar spectrum at unresolved wavenumbers; the variance between the
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Figure 4.4 Gradient spectra associated with the patch shown ill figure 4.3. Smooth
curves represent the universal forms of Nasrnyth (for shear spectra) and Kraichnan (for
scalar gradient spectra). The upper left panel shows the two orthogonal components
of velocity shear Temperature gradient spectra WT from two thermistors (upper
right) indicate that the high-frequency noise from one probe (that on the CT probe
used in this analysis) is significantly less than the other. In the center panel, the com-
ponents of the composite salinity gradient spectrum Ws (thick solid line) are shown
in units of salinity gradient: the contribution from C, a2'I'c (thin solid line); the
contribution from T, a2b2JT.. (dotted); and that from the cospectrum, 2a2bWcT I
(dashed). Note that the cospectrum is positive at low wavenumbers and negative at
high-k, as shown in the plot of T C phase (lower right; circles indicate significant
phase). The T C coherence is shown in the lower middle panel, with the 95% sig-
nificance level indicated (dotted line). The T S relation is shown to the lower left;
this represents a type C patch, described in section 4.4.
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measured [W0. (k)]0b83 and theoretical ['I'o. (k)]theorli spectra at resolved wavenumbers

is assumed to be equal:

k0 k0Lmax max

.

[' dk
f [we. (k)Itheory dk.

mm mm

Two different forms of the theoretical scalar spectra are used for the above integration

correction: that by Batchelor (1959) and Kraichnan (1968). The wavenumber extent

of the theoretical scalar gradient spectrum depends on e (determined from two inde-

pendent shear probe estimates) and the value of the universal constant q. The effect of

the value of q on our estimates is explored in the appendix.

We remove the dependence of the theoretical shape on q by forming the nondi-

mensional wavenumber c8 = J2j(k/k). For our well-resolved temperature gradi-

ent spectra, the method of Luketina and Imberger (2000) can be adapted to determine

This method minimizes the error between the theoretical and observed scalar

spectra while constraining the total variance of the theoretical form to be that of the

data.4 Using the Kraichnan universal form as a benchmark, this comparison indicates

that qj, is variable and averages 7.5 (see figure 4.A4)

3One-dimensional spectra are calculated by dividing the patches into 'S-' 0.5 m, 50% over-
lapped segments which are Hanning-windowed, Fourier-transformed and ensemble-averaged.
Frequencies are converted to wavenumber using Taylor's hypothesis: k = f/W0.

4This method is typically used to estimate E from slowly-profiling devices without shear
probes if one assumes a fully-resolved temperature gradient spectrum and constant value for q.
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4.4 Observations

4.4.1 Gradient Spectra.

4.4.1.1 Temperature

To estimate x. temperature fluctuations must be resolved in order to remove the

contribution of 'I', from W, to form 'I',. through equation 4.11. Nondimensionalized

spectra of temperature gradient are shown in figure 4.5. To avoid bias in the spectral

estimates in the viscous-diffusive subrange, the value of q is calculated following the

method of Luketina and Imberger (2000) and is determined individually for each patch.

Such a normalization by k/v' which depends only on the wavenumber extent of

and not on an independent measure of E allows spectral estimates to collapse to a

universal form at high wavenumbers. This is because the variability in q (discussed in

the appendix; see figure 4.A4) is accounted for. Otherwise, in regions where the spec-

trum decreases rapidly with wavenumber, uncertainty introduced into the wavenumber

normalization (through variability of ) increases the spread in spectral estimates and

biases the ensemble-average high.

It is hence noteworthy that the spectra follow the Kraichrian form more closely

than that of Batchelor. Although previous studies have used the Batchelor spectral

form as a benchmark, a reanalysis of historic data indicates that the Kraichnan form is

at least as appropriate(Smyth et al., 20001). Even though a steep diffusive roll-off in 'T

at high wavenumbers is often observed, it is possible that the appropriate frequency-

response corrections have not been applied in these cases; hence the roll-off should

be attributed to inadequate sensor response instead of the true shape of the universal

scalar spectrum. A manuscript is in preparation to discuss these aspects of the scalar

spectrum.

Spectra of temperature gradient closely follow the theoretical shape of Kraichnan

(1968) especially near .- 1 - the scales which contain most of the gradient van-
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Figure 4.5 Summary of 407 nondimensionalized spectra of temperature gradient as a
function of temperature-normalized wavenumber cT = (k/k). Error bars rep-
resent 95% bootstrap confidence intervals on the mean. The distribution of spectral
estimates is indicated by shading: progressively darker regions contain 95%, 90%,
75% and 50% of the spectral estimates in a given wavenumber band (5 x io estimates
in total; each contains a minimum of 50 degrees of freedom). The smooth lines repre-
sent the theoretical spectral shapes of Batchelor (dashed) and Kraichnan (solid). Most
temperature gradient spectra are resolved to = 4; all are resolved at = 2.
The approximate dimensional wavelength is indicated above the figure; these values
are within a factor of two of the actual wavelengths

ance. At the lower wavenumbers of the convective-diffusive subrange (cT 0.1),

spectral amplitudes are significantly greater than those predicted by either the Batch-

elor or Kraichnan forms. We attribute this increased variance at low wavenumbers to

remnant background vertical temperature structure. Many investigators have observed

this deviation in the convective-diffusive subrange. Dillon and Caldwell (1980) found

that the deviation is greatest for small Cox numbers ( C = ((dT'/dz)2)/dT/dz)2)

and that observed spectra approach the theoretical form for Cri > 2500.
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positively correlated with T'. This gives rise to the high T C coherence and zero

phase in figure 4.7-A.

Case B: T' is out of phase with both C' and S'. This is the case where salinity dom-

iriates the conductivity signal on the overturning scale. Since T' becomes attenuated

at higher wavenumbers, S' must also dominate C' at the smallest scales. Hence, as

long as T' and 5' remain anti-correlated, T' and C' should also remain anti-correlated,

as shown in figure 4.7-B. Note that the coherence is much lower for case B than for

case A. This is an indication that T' and S' are in fact decorrelating from each other

at scales near O.2k. For case A, the coherence represents that between T' and a

possibly temperature-dominated C'; for case B, the coherence represents that between

T' and a salinity-dominated C', and is decreased due to a decrease in T S coherence.

Case C: S'is out of phase with both C' and T' on large scales. Conductivity is dom-

inated by temperature on the energy-containing scales. However, above the thermal-

diffusive wavenumbers (near O.5k), T' is attenuated and 8' dominates C'. Since

S' is anti-correlated with T', C' is also anti-correlated with T' at the smallest scales.

Hence the phase changes from 00 to 1800 in many spectra at the location where C'

undergoes a transition between T' dominance and S' dominance, as shown in figure

4.7-C. The sample patch in figures 4.4 and 4.3 also represent case C T S character-

istics.

may therefore represent ether a positive or negative contribution to 'I's in

equation 4.11, depending on the C T phase. The shape of may be illustrated

by averaging nondimensionalized spectra for patches where the phase has negligi-

ble wavenumber dependence, namely the case A and case B spectra identified above.

We normalize individual spectral estimates of 'l'c by the gradient covariance and

wavenumber by k. To illustrate the difference in sign, case A and case B are pre-

sented individually in figure 4.8. We compare the cospectra to the universal Kraichrian

form for - a spectrum which has a similar wavenumber extent to iJJCzT, as-

suming that C and T are perfectly correlated at all wavenumbers. This spectrum is

represented by the solid line in figure 4,8.







the difference between W and WT. (equation 4.11), spectral variability and relatively

small errors in either W, or can lead to a large relative error in (k1).

In light of this, it is remarkable that the spectral estimates in figure 4.9 have such

a narrow spread, given that a significant. temperature contribution (up to 20 times that

of salinity at low wavenumbers) has been removed from '1'c to produce these spectra.

This is testimony that the linear decomposition of conductivity spectra (equation 4.11)

provides an excellent model for interpreting our observations. We attribute the spread

in spectral estimates which is similar for and JJT. - to natural variability and

conclude that the error associated with '4s.. being a composite spectrum is small in

comparison.

Salinity gradient spectra approximately follow the universal form of Kraichnan.

In the viscous-convective subrange, the spectral slope is somewhat less than the k

expected by theory. There are three possible reasons for this: 1) Increased spectral

intensity at low wavenumbers, as a result of the background vertical salinity structure

(as has been suggested for T). 2) Salinity variance may be more rapidly cascaded

into higher wavenumbers than theory expects, leading to a less rapid rise in spectral

amplitudes near a'5 '-' 0.1 - 1. 3) Salinity variance within the viscous-convective

subrange may returning to the intertial subrange in a reverse-cascade, a result of in-

complete mixing. The latter possibility is consistent with d = K/K1 < 1, and will

be discussed later.

The dissipation of salinity variance x, is calculated by integrating W5. using equa-

tion 4.8. Since it is often assumed (Gregg, 1984) that and XT are simply related

through the square of the T S slope, (dS/dT)2 (equation 4.2), we present a compar-

ison with this form in figure 4.10. The direct estimate of x is on average 30% smaller

than its proxy, XT(dS/dT)2.
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Figure 4.10 Comparison of the direct estimate of salinity variance dissipation x with
its proxy formed from XT and the square of the mean T S gradient (dS/dT)2,

4.4.2 Codissipation and the Production of C'2

The degree to which T and 1$ decorrelate at high wavenumbers is dependent on

the dissipations (XT' ) and the codissipation Using equation 4.14 we may

calculate WST, an ensemble-average of which is shown in figure 4.11. Also plot-

ted is /'IT, 'IJ,, which represents an upper bound on the cospectrum assuming that

gradients of T and S are perfectly correlated at all wavenumbers. While WST. and

stl'T.Ws, have similar magnitudes at low wavenumbers, they deviate at wavenumbers

above cET = 0.5; scales at which the effects of thermal diffusion are important. We

envision the decorrelation occurring because temperature anomalies diffuse into adja-

cent water parcels yet maintain their original salinity. Further shearing may isolate the

diffused temperature anomaly from its original watermass, producing a temperature

fluctuation without a corresponding salinity anomaly.

In an idealized mixing event, one might imagine two distinct watermasses, (T1, S1)

and (T2, S2), which mix initially along a straight line and remain perfectly corre-

lated at all wavenumbers. In such a patch the cospectrum WST. would exactly match

and x1 > 0. Watermass variation would hence be produced at a maximum

rate. Since the only terms on the right hand side of equation 4.12 are the dissipations





the turbulent cascade of variance will transport this decorrelated fluid to smaller scales

where it is dissipated. For such uncorrelated turbulence, the simple dissipations would

always exceed the codissipation, leading to a net destruction of C2.

At statistical equilibrium of the turbulence, de Szoeke (1998) suggests that net

production ofC2 must equal zero. If T and S are well correlated, production of CL2

hence takes place until the T and S fields are decorrelated at the dissipation scales to

an extent where XL = 0. Conversely, if T and S are initially uncorrelated, a net dis-

sipation of 612 should occur until 0. This makes sense according to de Szoeke

(1998), because perfectly correlated T' S' should produce r = 1 and maximize the

production term x. Conversely, r = 0 for uncorrelated T' 5', so that = 0 and

dissipation of 612 is maximized.

6
1 0

C-

.0,

to

l0° i8 10 1O

(xx5)112 [K psu s]

10 1O 10 -io4

(XT+m2XS) [K2 s]

ow

80

60

40

20

0

1 0 1

10910 xI(xf'2

d) -055

_11tíL
-1 0 1

Iog0 2nTT.S/(XT+m2XS)

Figure 4.12 Upper plots: distribution of measured codissipation x in relationship
tO (a) and log-histogram of its ratio (b). Lower plots: comparison of 612
production (2mXTS) (c) with its dissipation XT + rn.2x6 (d).



The above assumes that equation 4.12 completely describes the evolution of C',

i.e. that there is no other production terms other than This balance is tested in

figure 4.12. The figure indicates that the production (2rnx) is only 60% of the dis-

sipation (XT + 7m2x. It hence appears that the terms neglected in deriving equation

4.12 are likely to be significant.

The interesting aspect of equation 4.12 is that all production of C2 must take

place in the diffusive subrange: the scales of the dissipation, <0(1cm). In a three

dimensional turbulent patch, however, C2 will also be produced by the interaction

of large-scale eddies with horizontal T, S gradients. We therefore should expect the

dissipation of Cl2 to exceed its production term of equation 4.12, because we have

neglected the large-scale production terms.

4.4.3 Direct Flux Estimates

One of the fundamental motivations for studying the mixing of scalars is to deter-

mine turbulence fluxes (Gregg, 1987). A "direct" estimate of the turbulent vertical flux

for a scalar 9 in equation 4.1 is given by the covariance:

F° = (w'G') (4.16)

where w' represents the fluctuating vertical velocity (from our pitot measurements,

Mourn, 1996a,b) and 9' is the associated scalar fluctuation with respect to the back-

ground scalar profile 8. The background is often defined by resorting the observed

density p to its lowest potential energy (Thorpe re-ordered) state. If both T and S

contribute to p. a Thorpe re-ordered profile often contains spikes and discontinuities in

T of S due to small errors in computing density from two independent measurements.

For this application, we find it more appropriate to sort T and S individually to de-

termine T and 8. We then compute density PTS from the reordered T, S profiles and

compare it to the density associated with the lowest potential energy state Pthorpe. If the

normalized deviation (p2's Ptho.rpe)2/(Pthorpe
)2 exceeds 0.002 for a given turbu-



lent patch, then this method of sorting is deemed inadequate and the scalar fluctuations

and corresponding turbulent fluxes (w'O') are not computed.
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Figure 4.13 Turbulent vertical velocity to' (left) and the associated instantaneous tur-
bulent fluxes, IL'S' and 'w'T' (right panels) for the patch shown in figure 4.3. Also
shown are S and T along with the associated resorted profiles. On average, positive
w' is associated with positive 8' and negative T', leading to the downgradient fluxes of
heat ((w'T') = 7.1 x 106 Km/s) and salt ((to'S') = 2.6 x 10 psu.rn/s).

It was possible to unambiguously determine the background T, S in 176 of the

233 turbulent patches in which to' was measured. Only 129 had IRPI < 1, a condition

necessary if comparisons with K are to be made. In addition, it is necessary for the

coherence between to' and 8' to be significant to calculate the covariance. Only 76

patches were significant in both (w'T') and (w'S') at the 95% level. A summary of

normalized spectra (Ti', S', w') and cospectra (w'T' and w'S') are shown in figure 4.14.
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2) relating shear production to buoyancy production plus dissipation in the evolution

equation of TKE,

(4.18)

3) from the P = in the scalar variance equation (equation 4.1),

The corresponding flux coefficients are

E
=
I4

C

E

(4.19)

= F°/F9, = F/F° (4.20)
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Figure 4.15 Statistics of Fd, the dissipation flux coefficient based on the irreversible
mixing on diffusive-scales.

The statistics of II are shown in figure 4.15. (F) = 0.1.1. is consistent with

observations of oceanic microstructure and laboratory experiments. (F) has never

been measured before; we find it to be about 30% less than ([i').
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Figure 4.16 Statistics of F0, the flux coefficient based on the large-eddy transport.

Our estimates of r' (figure 4.16) are similar for salinity and temperature, but are

perhaps a factor of 2 smaller than would be expected. Our measurements of w appear

not to resolve the largest scales at which the eddy flux occurs. Regardless, (F')

(F), indicating that heat and salt are transported equally well by the eddies which are

resolved.

For high Reb flows, the relative turbulent fluxes of heat and salt should be pro-

portional to the ratio of their mean gradients (refer to equation 4.2). We define the

diffusivity flux ratio following Gargett and Holloway (1992) and introduce the di-

rect flux ratio d0; both describe the differential transport of salinity over temperature:

= (F/F)(dT/dS), d0 = (F/F.)(dT/dS). (4.21)

d is equivalent to the ratio of diffusivities K/i(T and represents the difference in

irreversible transport on the dissipation scales. In contrast, d0 represents the differential
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transport of S with respect to T on the eddy-flux scales. Figure 4.17 indicates that

the eddy transports of heat and. salt are indeed equal and (d0) = 1. However, the

irreversible mixing at the dissipation scales is significantly less for salt than for heat;

hence d 0.7. Recall that we expect KT and K to diverge as Reb gets small. The

dependence of the flux ratio on Reb is shown in figure 4.18. Because of the small

dynamic range of Reb and significant variability of our estimates, it is not possible to

resolve a trend in our data.

4.6 Conclusions

The spectrum of salinity gradient, calculated as the composite of W, 'I' and

WCT, approximately follows the universal form of Kraichnan (or Batchelor), but the

spectral slope in the viscous-convective subrange is somewhat less than k. This

is consistent with our hypothesis of incomplete mixing, whereby the production of

variance - the interaction of the energy-containing eddies with the mean vertical scalar

gradient is not completely and irreversibly dissipated, but is instead transfered back

into the mean gradient. This is consistent with dx < 1 - the dissipation rate Xs S

30% lower than its proxy based on the complete irreversible mixing of the large-eddy

fluxes: (dS/dT)2xT.

We use d0, the ratio of the transport ofT and S on eddy scales, to compare the co-

variance fluxes of heat and salt, (w'T') and (w'S'). Our finding that (d0) 1 suggests

that T and S are transported equally well by the large-scale eddy-field. This contrasts

the estimates from XT and which describe the observed flux due to irreversible mix-

ing. As mentioned above, d which represents the ratio of eddy diffusivities Kg/KT

is 0.7 ± 20%. This indicates that although the eddy motions produce variance ofT

and S proportional to (dT/dS)2, all of this variance is not being dissipated. In particu-

lar, a disproportionate amount of the salinity variance is not being dissipated, because

of its low molecular diffusivity. It would be assumed that this variance eventually

restratifies.
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While these are the first measurements of the irreversible salinity flux in the ocean,

the conclusion that irreversable transport is less efficient for salt than for heat is not

new, Our estimates of d< are consistent with those from the numerical experiments

of Merryfield et al. (1998), who found the normalized flux ratio of salt to heat to be

significantly less than one over a similar range of Reb, as shown in figure 4.18.

Finally, we must emphasize that the errors involved in making these estimates

are potentially as large as 20%. While we are confident that the ratio of eddy

diffusivities is 0.5 < d.. < 0.9, this represents a significant range of uncertainty. The

largest sources of error are the details of the universal spectral shape and the value

of the universal constant q. Future experiments should be designed to improve our

understanding of the aspects which contribute to the uncertainty in the estimate ofd.

4.7 Consequences

The possibility that heat and salt are transported through the ocean at different

rates has significant consequences. Vast regions of the ocean are characterized by low

turbulence intensities where the possibility of incomplete mixing is likely at least

compared to the relatively energetic measurements presented here. Gargett and Hol-

loway (1992) and others have suggested that small differences in the eddy diffusivities

of heat and salt could have a draniatic impact on the thermohaline circulation.

Secondly, oceanographers have relied on the eddy diffusivity of heat the quantity

that the niicrostructure community usually measures as being representative of that

of salt, density, and buoyancy. In regions of energetic turbulence, this should indeed

be the case. However, in regions where salinity plays a dominant role in determining

the stratification, and in regions where turbulence is weak, it is likely that K1, may be

less than expected.

Finally, the validity of tracer-release experiments should be addressed. In partic-

ular, the conclusions of Ledwell et al. (1993) and others have assumed equality of

the eddy-diffusivity for any tracer, regardless of its molecular diffusivity. The tracers



used in those experiments generally have a molecular diffusivity similar to that of salt,

so that the inferred diffusivity is more closely related to Ks than to KT or K. It

is thefore likely that these experiments have tended to slightly underestimate the true

irreversible mixing of temperature or density. The sensitivity of conclusions reached

from tracer-release experiments to the value of d should be addressed in light of these

findings.

These results highlight the need to develop a theoretical framework to relate the

probability of incomplete mixing to flow parameters like the buoyancy Reynolds num-

ber, Reb. It should be possible to perform laboratory and numerical experiments to

clarify some of the issues raised here and gain a more precise and fundamental under-

standing of d.
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4.8 Appendix: Sources of Error and Bias

To understand the limits and significance of the Osborn-Cox estimate of diffusivity

and associated fluxes, quantification of the error and/or bias introduced into the spec-

tra (W5 and '4r,), the dissipations (x and XT)' and the mean gradients (dS/dz and

dT/d.z) is necessary.

Four significant sources of error which influence the preceding calculations are

investigated in sections 4.8 4.8, and are summarized below:

Signal attenuation. A careful description of the frequency response of the mi-

crobead thermistor has been determined by in-situ comparisons with benchmark

sensors. A theoretical and laboratory-verified spatial correction was applied to

the conductivity probe. Such corrections to the power response can be deter-
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mined to within a ±10% accuracy; since they represent an average of 40% of

the measured variance, the effect on the total measured variance is < 10%

Cospectrum '. A lag between T and C results in aliasing variance from

the cospectrum into the imaginary part of the cross spectrum. If the phase of

our observations is mismatched and should have been either 0° or 180°, then the

estimates of x have been biased low by 2%.

. Estimation of dS/dz and dT/dz. There are several ways that the mean gradients

can be calculated; the average error is 3%.

Choice of the form of the universal spectrum (Kraichnan or Batchelor), and the

value of the constant q. This parameter relates the least principal strain rate to the

dissipation rate ('y = . /7i) and alters the wavenumber extent of the universal

form for a given kb. The bias which can be introduced into the ratio x /XT by

assuming an improper spectral shape for integration correction can exceed 20%.

Any bias in our estimate of kb cx f114 is implicitly considered (as a bias in q).

Given the magnitude of these different sources of error, it is conceivable that the

error in our estimate of Ks/Kr could be as high as 20%. If all errors combined in a

way which biases and towards lower values, then it becomes more difficult to

distinguish d, from unity.

4.8.1 Probe Response

4.8.1.1 Temperature

In this analysis, we consider WT at high wavenumbers (k > 100 cpm) where the

FPO7 response is highly attenuated, If the powerresponse transfer function,

112 (T!T)measured
(4.Al)

('IT. ) actual





For both experiments, the attenuation by the FPO7 thermistor is well-represented

as a double-pole filter with f, = 29 Hz:

/ 1

2' (4.A2)H2=
1+(f/f) /

The 95% bootstrap limits on the mean fall within 10% of this form, providing confi-

dence that correction of temperature spectra using WT, (f) = I'FPO7 (f)/H2(f) will

restore the true variance to within 10%.

4.8.1.2 Conductivity

The response of the fast conductivity probe is described in Head (1983) and Nash

and Mourn (1999). Its spatial resolution is limited by the spatial extent of the induced

conductivity field, and has a wavenumber response similar to that ofa single-pole filter,

1
H2(k) = (4.A3)

1 + (k/k)2

where k = 455 cpm is the critical wavenumber. Using this form, half of the variance

is attenuated by the C sensor in a spectrum which extends to 1000 cpm. We define

the fraction of conductivity variance resolved as

frno..
H2(k) (k)dk

4 A4)f1AC

f Wc(k)dk

where We'. represents resolved spectral amplitudes. For the patches analyzed, the mean

fraction of variance resolved by the probe is 60%; its distribution is shown in figure

4.A2. Assuming that we have properly described H2 (k) to within 10-20%, the error

introduced into the variance of spectral estimates is at most 10%.

4.8.2 Errors Specific to : the T C phase

Since W9. depends on the real part of the complex T C cross-spectrum, the

CT sensor must be properly lagged with respect to the fast thermistor. Otherwise, the

phase will change linearly with frequency f (Hz; or equivalently wavenumber), such
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Figure 4.A2 Relationship between resolved wavenumber and the fraction of variance
resolved by the fast conductivity probe 'y.c (left). A histogram of c is shown to the
right; an average of 60% of the variance is resolved.

that = 360° fag, where 'r represents a fixed time lag between two sensors, and

is the phase in degrees. If C and T are either perfectly in-phase or 180° out-of-phase,

then an improper sensor lag will alias the real component of the cross spectrum into its

imaginary component, and tend to reduce the magnitude of the cospectruin WCT2.

Although the sensor lag (i- = 14 18 ms, depending on the sensor) was chosen

to produce zero phase between T and jiC for the "average" temperature-dominated

patch, deviation in the T C phase from 0 or 180°is observed from patch to patch.

To investigate the effect that an improper phase would have on the estimation of x,
an analysis was performed which restricted the phase between C and T to be either 0

or 180°. It was found that the mean difference between x calculated in this manner

and calculated from the measured, non-zero phase, was less than 2%; hence it was

assumed that the error introduced by a mismatched T C lag is negligible. The small

error can be rationalized by realizing that the cospectrum is sensitive to the cosine of

the phase, so that a 20° mismatch in phase (near ç
= 0° or = 180°) only lowers the

spectrum by 6%.
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4.8.3 Error in clT/dz, dS/dz

Estimates of K0 are sensitive to error introduced in the determination of the back-

ground vertical scalar gradient dO/dz. For example, the comparison of Ks/KT is

sensitive to error or bias in the ratio ((dT/dz)/(dS/dz))2.

To investigate the magnitude of this error, the minimum and maximum of each

estimate of dT/dz and dS/dz was calculated using a linear regression at the 95%

confidence level. Each patch was resorted in two ways: with respect to density and

with respect to each scalar. Defining the fractional error as a-yis,

1
((T/dz)max ((dT/dz)rnin)

1, (4.A5)dT/dS =
(dS/dZ)min) (dS/dz)rnax

where mm and max refer to the minimum and maximum using either method to deter-

mine the gradient. The distribution of the fractional error is shown in figure 4.A3. The

average error is 3%, and only patches with dT/ds < 0.2 were used in the analysis;

the gradient used in the analysis was the mean of each of the estimates.
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Figure 4.A3 Distribution of fractional error in dT/dS which results from es-
timating the mean background gradient of dT/dz and dS/dz using a linear regression
with 95% confidence and two methods of resorting.
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4.8.4 Error Estimating xo

The use of a universal scalar spectrum represents the largest source of error in

estimating x9 from under-resolved spectra. The assumption of either the Kraichnan

or Batchelor universal forms and the value of the parameter q affects the amount of

variance assumed to be outside our limits of integration when determining x from

i. Figure 4A4 shows the distribution of q as determined by comparing WT. with

following the method of Luketina and Imberger (2000).
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Figure 4.A4 Distribution of q (left) and q (right) from the comparison of "IT. with e,
following the method of Luketina and Imberger (2000). The 95% bootstrap confidence
limits on the means are 6.0 < q <6.8 and 8.0 <qk < 9.1.

While the bootstrap confidence limits on the mean is relatively small, the distribu-

tion of estimates spans a factor of two. Only 50% of the estimates fall in the range

4.2 < q < 7.5 and 5.5 < q < 10.3. We use these as ranges to test the effect of

the value of q on our estimates of x and x by using a universal spectral form for

integration correction.

The effect of the value of q and the choice of the universal spectral form (Kraich-

nan or Batchelor) on the fraction of variance resolved by our measurements (i.e., the

correction factor which needs to be applied to unresolved spectra) is shown in figure

4.A5. The degree to which this affects the estimate of KS/KT can be significant; com-

pared to estimates made using the Kraichnan form and qj = 7.5, a bias of 15% in d

could be introduced by choosing the incorrect universal form. Note that the choice of q
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5.1 Abstract

Observations of currents, hydrography and turbulence provide unambiguous evidence

for hydraulic control of flow over an isolated three-dimensional topographic feature on

Oregon's continental shelf. The flow becomes critical at the crest of the bank, forming

a strong supercritical downslope flow in the lower layer. Further downstream, internal

hydraulic jumps form as the bottom flow becomes subcritical. As a consequence,

turbulence is greatly enhanced in the bottom boundary layer, in the sheared interface

above the swiftly flowing bottom current, and in the internal hydraulic jump. The

dissipation rate of turbulent energy is consistent with the mean energy removal rate for

a hydraulic jump in an idealized two-layer flow. This enhanced turbulence constitutes

a "high drag" state of the flow in which the form drag introduced by the topography

exerts significant influence on the flow around it and mixing is increased 102 iO3 x

over background values.

5.2 Introduction

Microstructure measurements near seamounts (Toole et al., 1997; Lueck and

Mudge, 1997), through deep underwater channels (Polzin et al., 1996), and over sills

(Wesson and Gregg, 1994) indicate that topographical features substantially enhance

mixing. Lueck and Osborn (1985) estimated K '-.- 15 x i0 1n2s1 in the bottom

boundary layer of Monterey Canyon. Estimates of the intensification of mixing by

seamounts range from 10 x above the flanks of Fieberling Guyot (Toole et al., 1997) to

102 iO x near Cobb Seamount (Lueck and Mudge, 1997). Strengthened turbulence

in such regions of extreme topography is consistent with global budgets for energy and

mixing (Munk, 1997; Kunze and Sanford, 1996), which require most of the dissipation

to occur at ocean boundaries.

Surprisingly few measurements of mixing have been made along the continental

shelf, and most in regions of only gradually varying topography (Dewey and Crawford,
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1988; Zülicke et aL, 1998). Microstructure estimates of the vertical eddy diffusivity

on the shelf near Vancouver Island are < 0.1 x i0 rn2s' (Lueck et al., 1983) and

0.02 0.7x 104m2s1 (Crawford and Dewey, 1989). These are consistent with esti-

mates from the tracer-release experiments of Ledwell (1999) from the Coastal Mixing

and Optics experiment (0.02 0.4 x 104m2s). In each set of these measurements,

the influences of rough topography have been avoided.

One way that topography radically alters the mean flow is through hydraulic con-

trol. Internal hydraulic jumps and intensified shear flows have been associated with

flow over sills (Farmer and Denton, 1985; Wesson and Gregg, 1994; Farmer and Armi,

1 999a,b); mixing in these regions dissipates a substantial fraction of the mean flow

energy. Such jumps have also been observed over Georges Bank (Loder et al., 1992).

Laboratory studies of stratified flow over three-dimensional orography indicate that

high drag states are associated with breaking lee-waves and vortex shedding (Vosper

et al., 1999); similar experiments indicate that such internal hydraulic flows may be

treated as two-dimensional under the appropriate conditions (Hunt and Snyder, 1980).

Two dimensional theory has been extensively investigated by Armi (1986), Lawrence

(1993) and others.

In the atmosphere, it has long been appreciated that hydraulically-controlled flow

over extreme topography dramatically enhances drag and modifies background circu-

lation. While only a relatively small percentage of the earth's surface has substantial

topography, Baines (1996) estimates that "high drag" states associated with such to-

pography account for 50% of the total atmospheric drag from the earth's surface. The

remaining 50% of the drag is spread more evenly over the earth's surface in the form

of boundary layer friction. Quantification and parameterization of high drag states

(also referred to as mountain drag, or orographic drag) is an active area of atmospheric

research because of its dramatic effects on atmospheric circulation (Bacmeister and

Pierrehumbert, 1988; Bougeault et al., 1997). The importance of similar processes to

numerical models of coastal ocean circulation is unknown since the parameterization

of orographic drag is not incorporated in them (J. Allen, pers. comm.). While tidal en-
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ergy budgets require most of the tidal energy to be dissipated near rough topography,

the processes which produce this dissipation are not well understood (Munk, 1997).

Although the coastal shelf is dotted with small bathymetric features, these are usu-

ally neglected in coastal models, which typically use K, iO rn2s1 for an eddy

diffusivity and a bottom stress Tb <0.1 N m2. While such measurements and models

may be applicable to an "ideal" ocean with a gently sloping bottom, they underesti-

mate the shelf-averaged mixing by neglecting motions induced by small bathymetric

features (100 m 10 km horizontal extent). Such features interact with stratified flow

to intensify density gradients, accelerate mean currents and modify vertical shear. The

accompanying topographically-induced turbulence likely accounts for an appreciable

fraction of the total shelf mixing and can exert a large bottom stress and dissipate

considerable energy (Mourn and Nash, 1999).

To investigate the role of small topographic features in mixing coastal waters,

we have made observations of currents, hydrography and turbulence over an isolated

three-dimensional bank on the continental shelf off Oregon on three separate occa-

sions. During two of our observation periods, we observed enhanced mixing associ-

ated with hydraulically-controlled flow over the bank. In each of these two cases, a

bottom-trapped density front formed into an energetic downslope current which ac-

celerated down the south-west slope of the bank, culminating in a highly dissipative

internal hydraulic jump. During the other observation period, the mean velocity was

weaker and the flow is believed to have been blocked by the bank and presumably

flowed around it.

The basic features of the flow during one observation period have been reported by

Mourn and Nash (1999). The objective of this paper is to characterize the evolution of

the flows on all three occasions and to assess the features of the flows in terms of the

more general principles of internal hydraulics. Our measurements of turbulence permit

a quantitative assessment of bottom boundary layer friction, energy lost to turbulence

in the internal hydraulic jump and the associated mixing downstream of the bank.
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Figure 5.1 Bathymetry of the coast near Stonewall Bank. The course of R/V Wecoma
over the northern portion of Stonewall Bank is shown in the inset for April 18-20,
1998 as ABC; the April 15, 1999 course is shown as DE. The arrow indicates the
approximate location and direction of the coastal jet in the spring/summer.

5.3 Experimental Details

Observations were made over Stonewall Bank on April 18, 1998 (24 hours); April

20, 1998 (21 hours) and April 15, 1999 (11 hours). Stonewall Bank is an isolated

three-dimensional topographic feature over a relatively flat continental shelf. It rises

20 m above the shelf, 25 km from the Oregon coast near Newport (figure 5.1). It is a

popular fishing area and consists of two rocky outcrops over a predominantly sand and

silt shelf. Our measurements consisted of shipboard ADCP (RDI 150 kHz Acoustic
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Doppler Current Profiler) and vertical profiling using our loosely-tethered turbulence

profiler, Chameleon (Mourn etal., 1995).

The 1998 sampling pattern (ABC in inset to figure 5.1) was chosen to document

the flow parallel to the prevailing spring currents and perpendicular to the long axis

of the bank. The two longer legs are each 3 km long and separated by no more than

1 km. Although the bottom is slightly different along each leg, our analysis indicates

no significant difference in dynamic properties between the two legs, and we consider

each to be representative of the other. Slowly steaming around this pattern, we obtained

vertical profiles of temperature, salinity, density and turbulence from the surface to

within 1 cm of the bottom at 3 to 5 minute intervals (translating to approximately

100 to 150 m horizontal separation). Currents were recorded at 2.5 minute averaged

intervals and 8 rn vertical bins.

Having identified the salient features of the flow from the 1998 experiment (Mourn

and Nash (1999)), our sampling in 1999 was altered slightly (DE in figure 5.1). ADCP

currents were collected using 2 m vertical bins to obtain a finer resolution velocity field.

During the two field years, 800 microstructure profiles were made over 30 transects,

each transect taking about 1-1/2 hours.

The cluster of sensors on Chameleon was pTotected from impact by a large ring

below the nose. This allowed us to crash Chameleon into the bottom at 0.7 ms'.
The sensors included a pitot tube (used to estimate the turbulent kinetic energy TKE;

Mourn, 1990), an airfoil shear probe (used to estimate e, the dissipation rate of TKE;

Mourn et al., 1995, for example), a fast-response FPO7 thermistor (used to estimate XT'

the diffusive rate of dissipation of temperature gradients), and a Neil Brown conduc-

tivity cell. Casts using the ship's SeaBird CTD were periodically made for comparison

with Chamaleon 's temperature and conductivity measurements.

An example of measurements from a single Chameleon profile is shown in figure

5.2. Large variance in the fluctuation signals (du'/dz, w', and dT'/dz) is confined to

discrete depth bands. At this time, an upper region (presumably dominated by surface-

forced mixing) penetrated the stratification with velocity and temperature fluctuations
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5.4 Observations

During summer, upwelling favorable winds produce an equatorward coastal jet

(Buyer, 1983) with velocities '-i 0.2-0.5 mIs. Near Stonewall Bank, the flow is steered

offshore and around Heceta Bank to the southwest. Currents are modulated by internal

tides, which have a strong semi-diurnal component, with amplitudes comparable to

the jet ( 0.3 mIs). Substantial shear can be produced by the large baroclinic tidal

modulation (Pillsbury et al., 1974).

5.4.1 Flow Evolution

During each profiling period, currents over Stonewall Bank flowed southwest,

roughly in line with our transects and consistent with a coastal jet oriented parallel

to the isobaths delineating the continental shelf break (see figure 5.1). On April 20,

1998 and April 15, 1999, but not on April 18, 1998, highly baroclinic currents formed

over the bank. An evolution of the 1998 event is shown in figure 5,3 as a time se-

ries of spatial snapshots. Each image of density and turbulent dissipation rate was

formed from 20-30 vertical profiles acquired during a 1 hour period. Velocity mea-

surements from the shipboard ADCP have been mapped into along- and cross-transect

components. These capture the large-scale motions, but are not sufficiently resolved

to identify the sharpest vertical gradients or the highest-velocity flows close to the

bottom.

Figure 5.3 shows the evolution of a dense, bottom-trapped water mass as it flowed

over the bank. The mostly barotropic currents in (a,b) gave way to an accelerated lower

layer flow in (c-e) as the most dense (crg > 25.0 kg m3) fluid was forced over the crest

and down the south-western flank. The upper layer remained mostly stagnant. Several

hours later, barotropic conditions were again observed (g,h).

Throughout our observations, enhanced turbulence was observed within the 5 10

m thick BBL. The most intense mid-depth turbulence was associated with the two-

layer hydraulic flow regime (c-e). In the initial stages, a dense head (visible in a,b)
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Figure 5.3 Evolution of potential density ao [kg rn3] (left) and turbulent kinetic
energy dissipation rate [m2s3] (right) over a 14 hour period on April 20, 1998.
Contours of a0 are provided at 0.2 kg m3 intervals. Velocities derived from ADCP
are indicated: arrows represent currents parallel to our transect; crosses and circles
represent the perpendicular velocity component (respectively into or out of the page;
scale shown above). Caption continued on following page



e)

g)

10

20

30

040

50

h)

0.2 mIs

==o z=O
'Z= <==

18:30 GMT

20:11 GMT

1 1.5 2 2.5 3

Distance [km}

20:11 GMT

9 8 7 6 5 4
1og10(E) [m2s3]

114

Figure 5.3 (continued) Distance is measured relative to south-west waypoint of our
triangular course (A in figure 1; a 0.75 km adjustment has been added to the horizontal
scale of 1998 data to place the crest of the bank in the same location for both years.)
Note that the separation (< 1 km) between the southern (a,c,e,g) and northern (b,d,f,h)
legs produces somewhat different bathymetry. Small triangles above the plots indi-
cate the locations of the individual vertical profiles; time represents the midpoint of
each transect. See text for details.
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appeared at the crest (c it is not clear what forced the dense fluid up the slope; possi-

bilities are considered subsequently). Intense vertical density gradients formed as the

upper layer thinned to accommodate this intrusion (compare b and c). Potential energy

was converted to kinetic energy as the lower layer accelerated down the south-west

flank of the bank. Further downstream, the depressed isopycnals rebounded, vertical

gradients weakened, and the lower layer slowed. These are characteristic features of a

hydraulic jump.

In the early stages of the hydraulic flow (c), the upper layer remained stagnant.

As the flow evolved, the upper layer flow was mostly perpendicular to the lower layer

(d,e: out of the page, to the south-east). Intense shear existed between the two layers.

Six hours after the peak density current/hydraulic jump regime, the flow returned to a

barotropic state, with isopycnals relatively horizontal.

5.4.2 Turbulence

As the lower-layer density current thinned and accelerated downstream of the crest,

intense mixing occurred in three distinct regions of the flow: i) in the highly- stratified

shear-driven mixing layer above the front, ii) in the intensified bottom boundary layer,

and iii) near the head of the front, where the hydraulic jump was observed.

The interface between the bottom density current and the mostly-stagnant upper

layer is a convergent region where velocity shear and density gradients intensify (fig-

ure 5.3ce: 2 km> x> 1 km, -30 rn> z > -20 m). We attribute the enhanced mixing

observed here (i - 106 m2s3) to shear instabilities which form in the accelerating

flow region preceding an internal hydraulic jump (Lawrence, 1993; Farmer and Armi,

1999b; Pawlak and Arrni, 1998). Although our velocity measurements are not suffi-

ciently resolved to explicitly determine the Richardson number (Ri = N2/(dU/dz)2;

N2 = (g/p)(dp/dz))), an estimate may be made by assuming the velocity gradient

of /U = 0.3ms1 to be constrained within a vertical interval /z = 5 m (the thickness
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Figure 5.4 Two examples of the intense supercritical hydraulic flow on April 15, 1999.
Density, velocity (left) and turbulent kinetic energy dissipation rate (right) are shown
for two transects over the bank using the same format as figure 5.3. Greater vertical
resolution in velocity is due to reduced ADCP bin sizes in the 1999 experiment.

over which turbulence is observed). Using the value N2 = 8 x iO4 s2, Ri = 0.22,

indicating that instabilities are possible.

During the hydraulic control regime, large lower layer velocities increased the

shear in the BBL, which intensified turbulence in the bottom 5-10 m (figure 5.3c

f). Turbulence in the BBL was always more intense near the crest of Stonewall Bank,

where velocities increased as the flow was squeezed by the topography.

Intense turbulence was also observed within hydraulic jumps. These are regions of

rapid deceleration of the mean flow and rapid increase in isopycnal elevation (figure

5.3c-f: x 1 km, z 30 40 m). The intense dissipation observed in these regions

represents the inefficiency of conversion from kinetic to potential energy within the hy-
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draulic transition. Coincident with the high dissipation was a spreading of isopycnals,

a further indication of turbulent mixing. A striking additional feature of this flow is

the quiescent nature of the fluid approaching the bank at mid-depth (as represented by

the dark blue region persistent in each plot of e). Such regions of stability are typical

of convergent, accelerating flows, and further indicate that the observed turbulence is

generated locally, while the background state of mixing over the shelf is relatively low.

5.4.3 Persistence of Hydraulic Jumps

We returned to Stonewall Bank on April 15, 1999 to determine whether our 1998

observations were a one-time occurrence or a more permanent feature of flow over

the bank. Figure 5.4 shows two snapshots of density, velocity and dissipation. The

topography is slightly different than that of figure 5.3 because we extended our tran-

sect to deeper waters (see figure 5.1). The flow on April 15, 1999 showed striking

similarity to that observed in 1998: a strong lower-layer flow was observed to plunge

down the south-west flank of Stonewall Bank; above this was a low-velocity upper

layer. Intense mixing was observed within the shear layer, hydraulic jump, and BBL.

However, there are several key distinctions between the flows observed in 1998 and

1999: i) the flow rate in the lower layer was 50% greater in the latter period; ii) the

downstream transition from super- to subcritical flow occurred considerably further

(> 1 km) downstream; and iii) the dissipation rates were lOx greater. The last point

is highlighted by comparison of image plots with identical colour scales in figures

5.3c,d and 5.4. In both datasets, blue regions (indicating low turbulence levels) appear

as wedges over and upstream of the crest. However, the 1999 observations exhibit

substantially greater turbulence in the BBL and downstream of the bank (the image

map is more red).

To contrast the strong supercritical flows described above, we present two exam-

ples of the weak subcritical flows during the 24 hour observation period on April

18-19, 1998 (figure 5.5). At these times, the water column was less stratified
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Figure 5.5 Two the subcritical flow Bank on
April 18-19, 1998. Density, velocity (left) and turbulent kinetic energy dissipation rate
(right) are shown for two transects over the bank using the same format as figure 5.3.

(N 0.01s1), and currents were dominated by a weak semi-diurnal tidal modula-

tion (U < 0.10 m s'). In the first example (a), currents flowed from the north-east

and isopycnals were slightly elevated near the crest of the bank. Six hours later, the

flows were from the south-west, and isopycnals were slightly depressed over the bank.

Absent in both cases are the sharp horizontal gradients and intense turbulent dissipa-

tion at mid-depth which are characteristic of a hydraulic jump.
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5.5 Bottom Boundary Layer

We define the BBL thickness hbbj using potential density; only fluid with O'j >

(a a) is considered within the boundary layer, where is the maximum

potential density of each vertical profile and c = 0.002kgrn3

During episodes of hydraulically-controlled flow, the bottom boundary layer over

Stonewall Bank was energetic, well-mixed and 1-15 m with fluctuating velocities

of 1-5 cm s1. The typical vertical structure over the top of the bank is well-represented

by the measurements presented in figure 5.2.

The friction velocity u, which represents the magnitude of turbulent velocity fluc-

tuations, was calculated assuming wall-layer scaling of fluid flow in the bottom bound-

ary layer. As such, the mean horizontal velocity U varies logarithmically with the

distance from the bottom z as

u* zU = hi, (5.1)
I Z0

where K = 0.4 is von Karman's constant and z0 is the bottom roughness length.

In such a layer the stress is constant with depth and equal to the bottom stress

Th=PU, (5.2)

where p is the density. We estimate the mean friction velocity u,. as

= ((e,z)' (5.3)

where () denotes a vertical average over the boundary layer (Dewey and Crawford,

1988). Comparisons of our estimates of U from equations 5.1 and 5.3 with those

from the ADCP (in regions where the BBL was thick enough to permit a velocity

measurement within it), indicate that z0 is small and highly variable (0.02mm < z0 <

10 mm). This corresponds to physical roughness elements with scales of millimeters

to tens of centimeters.

Figure 5.6 shows the spatial variation of Tb and hbbj during each of our profiling

periods. For each of these periods, u = 0.005 - 0.OlOms' (Tb = 0.03-0.1 Nm-2)
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Figure 5.6 Spatial variation of n,, (top panel), (middle) and BBL thickness (lower
panel) over Stonewall Bank. The data represent temporal averages over the duration of
each profiling period: April 18, 1998 (Lx, dashed line); April20, 1998 (LI, dotted line);
and April 15, 1999 (0, solid line). Each data point was compiled from 5-12 transects
spanning 11-24 hours, and binned into 300 m intervals. The bottom topography is
represented as an average from all profiling periods.

upstream of the bank (x > 3 km). These values are consistent with the observations of

Dewey and Crawford (1988) over a region of gentle topography. On April 18, 1998, the

bottom stress was only slightly enhanced by the presence of Stonewall Bank. During

the hydraulic flow two days later (April 20, 1998), the bottom stress approximately

doubled. Larger yet was the flow observed on April 15, 1999; the mean bottom stress

over and downstream of Stonewall Bank was almost 10 x that of upstream values. In

contrast to the uniform mean BBL thickness of '-7 in during 1998, the BBL in 1999

was significantly thinner over the bank (1-3 m thick), only thickening well downstream
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Figure 5.7 Temporal evolution of the bottom stress over the top (1.5 km < x <3.0
km) of Stonewall Bank on April 20, 1998.

of the crest. This was presumably due to the much denser fluid observed in the BBL

in 1999 and greater stratification above it.

The bottom stress was also highly time dependent, as indicated by the evolution

of Tb during the April 20, 1998 profiling period (figure 5.7). During the passage of

the density current (12:00 GMT), the average stress increased by a factor of 5; the

1999 data (not shown) indicated peak values of 1.4 N m2, about 20 x that of the

background level.

5.6 Hydraulic Control

Density, velocity and turbulence measurements suggest hydraulic control of the

flow over Stonewall Bank. The asymmetric plunging of the density interface (ao=24.8,

for example) in figure 5.3c is consistent with a transition from subcritical flow up-

stream to supercritical flow downstream of the bank. The intense turbulence and

spreading of isopycnals suggest that an internal hydraulic jump occurs downstream

of the bank.
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Figure 5.8 Mixing regions associated with hydraulic flow. Estimates of Richardson
number and internal Froude numbers at selected locations across the bank are noted.

Based on our description of the observed flows and backed by estimates of nondi-

mensional Richardson (Ri) and internal Froude numbers (defined subsequeiitly), a

schematic of the flow is depicted in figure 5.8. The composite internal Froude number

(G2) was estimated to be near 1 at the crest, > 1 downstream and < 1 further down-

stream, indicating a transition from sub- to supercritical flow at the crest and back to

subcritical at the location of the internal hydraulic jump. The low Ri at the top of the

bottom current suggests shear instability is the cause of the turbulence observed there.

To evaluate and quantify the influence of hydraulic control, we consider the flow

over Stonewall Bank as a two layer flow over a gently-varying, two-dimensional bot-

tom. Although the bank is three-dimensional, Hunt and Snyder (1980) have shown

that currents flow over an axisymmetric topographic feature rather than around it

when its height is less than U/N (U is the free stream velocity). Near Stonewall

Bank, U 0.3ms' and N O.015s1 so that U/N 20m. We justify our two-

dimensional analysis by concerning ourselves with the flow within Lz -- lOm of the
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where F2 = u/g'h are the internal Froude numbers for each layer i 1, 2 and

= gp/p is the reduced gravitational acceleration. For C2 > 1 the flow is termed

supercritical (kinetic energy terms dominate E and disturbances at the interface can-

not propagate upstream against the background flow), while for C2 < 1, the flow is

subcritical, with the flow energy dominated by its potential energy, and waves may

propagate along the interface in either direction.

The flows observed at Stonewall Bank are classified as crest-controlled since the

flow is subcritical (G2 < 1) upstream of the crest and supercritical (C2 > 1) down-

stream (Lawrence, 1993). It is straightforward to show that the flow can pass from

subcritical to critical only where db/dx = 0 (Farmer and Denton, 1985). Physically,

the lower layer extracts potential energy from the decreasing elevation of the interface

as it approaches the crest, and converts this into kinetic energy required for the flow

to thin and speed up over the rise. The Froude number is critical (G2 = 1) at the

crest. Downstream, potential energy is further converted to kinetic, so that C2 > 1.

These flows are different in character from the approach-controlled flows observed by

Farmer and Denton (1985) in Observatory Inlet, which are supercritical both upstream

and downstream of the crest, but similar to the Knight Inlet flows observed by Farmer

and Armi (1999b).

Differentiating equations 5.6 with respect to x and equating the energy loss within

each layer (dE/dx) to stress divergence across it, the matrix equation governing the

flow is

pi(F) P1 dh1 10T
gh'

. (5.6)
P2(1 F) d(h2-i-b) db r-

-p2F2+
dx dx 9h2

This set of equations is solved for h1 and h2 with prescribed upstream conditions.

For given values of the densities pi, P2, total depth H, and the flow rates q1, q2 (where

= only two solutions can produce critical conditions (C2 = 1) at the crest.

These are plotted as solid curves in figures 5.10 and 5.11 for two snapshots of the
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cnals in the direction of flow across the crest (x < 2.25 km) indicates that potential

energy is converted to kinetic energy. This is represented as an increase in the internal

Froude number, which requires the flow to take the supercritical branch BD instead

of the subcritical branch BC. Our measurements of potential density and estimated

lower-layer velocity (the shaded regions in figure 5.10) are consistent with a transition

to supercritical flow at the crest (. Note that the lower-layer velocity is not resolved

with the ADCP and is instead estimated using equations 5.1 and 5.3.

By assuming no interfacial stress, the two-layer simulations have neglected the

effects of entrainment and momentum transfer associated with the high-dissipation

regions in figures 5.3(c) and 5.4(a). This is consistent with figures 5.10 and 5.11,

which indicate that the two-layer simulations underpredict the lower layer thickness

(and hence overpredict the lower-layer velocity) in the supercritical region (BD, since

the momentum transfer from lower to upper layers has not been accounted for.

The abrupt rise in isopycnals and concurrent decrease in lower layer velocity near

x = 1.5 km in figure 5.10 and near x 0.5 km in figure 5.11 suggest the occurrence

of a hydraulic jump. This is confirmed by the observed return to subcritical internal

Froude number (C2 < 1) at this location. The progressive spreading of isopycnals

(indicated by the thicker shaded region as x decreases) is evidence of mixing at the

interface, and is consistent with the high values of e and TKE observed in the hydraulic

jump and in the highly-sheared interface upstream of it.

The interface location downstream of a hydraulic jump is determined by requiring

momentum to be conserved within the jump, necessitating a net loss of mechanical

energy. The energy of the downstream state depends on the location of the hydraulic

jump; transitions to two such states (E and F) are indicated by the slashes in each fig-

ure. The rate of mechanical energy loss per unit width associated with these transitions

is q2z.E and is given in table 5.1.
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4-20-98 4-15-99

mechanical hydraulic
jump

energy
(DE, D 140-290 475-720

losses qiE
(2-layer

loss to
bottom

hydraulic friction 140-170 1200-1320

model) fn2mdx

hydraulic
estimates jump 110 750

from region
bottom

turbulence boundary 110 850

observation layer
total

fpfdzdz energy 220 1600
dissipated

Table 5.1 Summary of the energy dissipated within the hydraulic jump [W m1. The
first row represents the mechanical energy change within the hydraulic jump required
to conserve momentum. The second row represents the energy loss to the lower layer
as a result of the bottom stress Tb(x). The ranges reflect the differences due to location
of the hydraulic jump (either DE or DF). The last three rows represent the integrated
dissipation of turbulent kinetic energy measured in the hydraulic jump and bottom
boundary layer.

In comparison, the measured rate of energy dissipation by turbulence per unit width

of the hydraulic jump is

dEfpcdxdz,
(5.7)

jump

where f represents the domain including both the hydraulic jump and the stratified

shear flow upstream of it (hbbl < z < 15 m, x < 2.2 km). Similarly, the measured

dissipation within the bottom boundary layer is calculated by integrating eq. 5.7 over

the domain of the BBL. The total dissipation during hydraulic flow is roughly equiv-
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alent to the estimates of q2zE using two-layer hydraulic theory, and is summarized

in table 5.1. This indicates that most of the energy lost in the hydraulic transition is

dissipated locally in the form of turbulent mixing and that little remains for internal

wave generation. There is no indication of significant wave energy in our observations

(albeit our measurements were not designed to investigate the wave field). Note that

the total energy removal rate by turbulence is f + .4, where .4 is the irreversible buoy-

ancy flux, generally believed to be -' 0.2e (Mourn, 1996a). To be conservative, we

have not included .4 in our estimates, since Jb represents a source of potential energy

which may become available to the mean flow. If included, our estimates of the energy

removal rate by turbulence would increase by 20%.

A significant fraction of the energy dissipation occurs in the BBL. The enhanced

bottom friction thus reduces the lowerlayer velocity and energy E2 within the su-

percritical region, thus requiring less energy to be dissipated in the hydraulic jump.

Similar to the roll of shear instabilities at mid-depth which transport momentum out

of the supercritical lower lawer, the bottom drag tends to reduce C2 in advance of the

hydraulic jump. Whereas the bottom drag has generally been successfully neglected

by others (in laboratory experiments and observations where the topography is much

more extreme), the effects of bottom stress are very significant at Stonewall Bank,

where the shallow slope of the bank allows m to act over large distances.

The hydraulic flow observed in 1999 was an order of magnitude more energetic

than that observed in 1998 for primarily two reasons.

1. Increased flow rate. The 1999 volume flux was 50% larger than that in 1998.

2. Delayed hydraulic transition. White in 1998, the supercritical region spanned

only 0.5 km horizontal extent, in 1999, supercritical flow was maintained

for 2 km. As a result, more potential energy was converted to kinetic energy,

intensifying the bottom boundary layer in 1999. Higher internal Froude numbers

were thus achieved, producing increased velocities, a thinner lower layer, and

strengthened shear to enhance mixing.
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5.7 Drag

To assess the relative contributions of the bottom boundary layer and the hydraulic

jump to the larger scale dynamics, we partition the drag force exerted by Stonewall

Bank into skin friction (due to dissipative losses in the bottom boundary layer), and

form drag (associated with the pressure drop accross the bank due to the assymetrical

velocity and density structure of the flow) The results of these calculations are sum-

marized in table 5.2. The force which results from the generation of radiated internal

waves could not be measured by our instrumentation and is not considered at this point.

The skin drag F3k resulting from turbulent dissipation in the bottom boundary

layer may be calculated by integrating the bottom stress over the area! extent of the

bank. We assume the hydrodynamically "active" region of Stonewall Bank to have

approximate dimensions zx = 2 km, zy = 10 km, where x represents the dimension

from south-west to north-east (i.e., approximately parallel to our transects). Alterna-

tively, the skin friction can be related using the energy equation (F3k U2 = dE2/dt)

to the total energy loss of the lower layer dE2/dt, which is equal to the integrated

turbulent dissipation in the BBL:

= p(dxdz. (5.8)
Ubbi bbl

Estimates of the bottom stress
'1b made in this way are numerically similar to those

from equations 5.2 and 5.3 and are Tb = 0.3 Nm-2 for 12:50, April 20, 1998 and

= 0.9 Nm2 on 1:13, April iS, 1999.

Form drag is associated with the pressure drop across the bank, and is determined

by integrating the horizontal component of pressure along the surface of the bank

(Baines, 1996, sec 2.3.2),

fp(b)dx, (5.9)

hank dx

The endpoints of the integration must occur at equal depths. It must be noted that the

pressure drop across the bank associated with the bottom stress also contributes to the

above integral, so that equations 5.8 and 5.9 are not independent.
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The form drag may be directly calculated from the two-layer hydraulic flow sim-

ulations using equation 5.9. Form may also be estimated from the observed density

fields, assuming pressure is hydrostatic (p(b) = f° pgdz) and the free su ace pressure

gradient is negligible. Since a surface pressure gradient is required to drive an upper

layer flow, the form drag is underestimated as a result of the second assumption. How-

ever, during the periods of strong hydraulic flow we observed (figures 3c,d; 4a,b), the

upper layer was almost stationary and this assumption is justified.

Since our measurements upstream of the bank do not extend to the same depths

as downstream, we make a further assumption that their are no horizontal gradients in

density upstream of our most north-eastward observation. Hence, far upstream of the

bank, the vertical density structure was assumed to be that of our nearest profile (with

constant density at depths below our measurements).

The form drag is found to be much larger than the skin friction, as summarized

in table 5.2. In comparison, the dominant force on the background flow is due to

geostrophy, pf U, where f is the Coriolis parameter (10 s1 at 45°N). Integrated

over the bank with U = 0.2 ms', the total Coriolis force is 16< 106 N (compare to

table 5.2). This highlights the importance of high drag states, and indicates that flows

are clearly ageostrophic in the vicinity of the bank.

4-20-98 4-15-99

skin friction:

Ly/Ubblfbblpdxdz 4<1O6N 17x1O6N
J'mdxdy 5x1O6N 19x1O6N

form drag: jp(db/dx) dx

observedo- 11-18x1O6N32-35x1O6N
ideal 2-layer 13 x 106 N 60 x 106 N

Table 5.2 Summary of force calculations during the periods of active hydraulic flow
on April 20, 1998 and April 15, 1999.
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is generally believed to represent an upper bound and appears to be representative of

mixing in the ocean's thermocline (Mourn, 1996a). An eddy diffusivity can also be

defined by considering the evolution equation of thermal variance, following Osborn

and Cox (1972), such that KT = 2xT/(dT/dz)2. The two estimates are consistent in

the present data and we continue the discussion in terms of K,,. Note that the estimate

K,, = 0.2/N2 is valid only in stratified regions. In order not to bias the estimate of

(K,,) by large outlying values caused when N -+ 0, oniy data in the stratified region

(24.4 kgm3 <a < 24.8kgm3 for 1998, and 24.8 kgm3 <a < 25.2kgm3 for

1999) with N > 0.001s' have been considered.

The horizontal variation of K,, in the stratified mid-column region of the flow is

shown in figure 5.12 for all vertical profiles on April 20, 1998 (a) and April 15, 1999

(b). This indicates a significant and dramatic increase in K,, downstream of Stonewall

Bank (x < 2.0 km) as compared to its upstream (z > 2.75 km) value.

We consider our upstream estimates of K,, to be representative of mixing over a

continental shelf of gently varying topography. The striking result from these calcula-

tions is the increase in K,, on the downstream (west side) of the bank. This is clearly

illustrated in the distribution histograms shown in figure 5.13. Here we compare the

distribution of K upstream of the bank (dark) in 1998 and 1999 to that downstream

of the bank (light). Upstream of Stonewall Bank, our estimates of K,, are not differ-

ent from those made by Crawford and Dewey (1989), Ledwell et al. (1993), Ledwell

(1999) and others (as indicated by horizontal bars above the figure). Downstream,

where mixing is dominated by hydraulic jumps, intensified shear and energetic BBL,

we find K,, 100 x 104m2s', about 100-1000 times larger.

The evolution of a T S relation also provides evidence of mixing. Mixing be-

tween two distinct water types produces an intermediate water type with a T and S that

falls on a straight line between the 1' S endpoints. As a result, mixing causes a T S

relation to become more linear through time. Figure 5.14 shows the T S properties at

two locations on Stonewall Bank at 14:18, April 20, 1998 (corresponding to figure

5.3d). The thick grey line represents the water mass approaching Stonewall Bank from
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steady-state. Vertical velocities must also be important. In fact, the mechanisms by

which turbulence is generated rely on these inhomogeneities. We should not expect

equation 5.11 to predict the vertical structure at x = 600m.

However, the complex, small-scale advective effects are removed through the

comparison of T S diagrams, which both hides the spatial structure while pre-

serving the identity of water parcels. The numerical result indicates that a value of

K = 25 x iO m2s describes the amount of mixing; yet the evolution equation is

not sophisticated enough to predict where each water parcel will end up after passing

over topography and through an energetic hydraulic jump. This also highlights the

inability of numerical models which assume mostly horizontal flow at a low spatial

resolution to uncover effects of small scale mixing.

5.9 Discussion

5.9.1 Character of the Flow

The flows we have observed over Stonewall Bank are similar in many ways to those

observed over the sill in Knight Inlet, British Columbia and reported by Farmer and

Armi (1 999a,b). Both exhibit the basic characteristics of crest-controlled hydraulic

flows, in which a clear transition from sub- to supercritical flow at the sill crest culmi-

nates in a strong downslope flow. A wedge of mixed fluid downstream of the crest is

obvious in both data sets. Acoustic images from Knight Inlet clearly show intet-facial

shear instabilities thought to be the source of fluid entrainment into the growing wedge.

Our direct observations of high dissipation in and beneath the wedge have allowed us

to estimate the form drag, bottom friction, and eddy diffusivity associated with this

supercritical flow and hydraulic jump.

Although the Knight Inlet study succeeded in identifying processes associated with

topographically-controlled hydraulic flow, the energetics of the hydraulic-jump and

high-shear regions were not quantified. From our measurements over Stonewall Bank,
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we show that the energy lost by the mean flow is dissipated locally, presumably by

the processes identified by Farmer and Armi (l999b). Comparison with two-layer

theory indicates that little energy remains for internal wave generation. In addition,

our Cox-Osborne estimates of mixing are consistent with the observed evolution of

T S properties as a water mass is followed through hydraulic transition. Finally, the

bottom stress within the supercritical layer is found to be appreciable, and represents a

substantial energy sink.

There are also some important differences between these two flows. Firstly, the

sill at Knight Inlet is much steeper (1:5) than the flanks of Stonewall Bank (1:100).

As a result, supercritical flows at Stonewall bank span large distances and dissipate

substantial energy in skin friction; hydraulic flows in tidal inlets are less affected by Tb

because the sills are short and supercritical flows constrained to a 200 m horizontal

extent. Downslope flows over Stonewall Bank are considerably weaker ( 0.5 ms'
observed, 0.8 ms' predicted) than those over the Knight Inlet sill (> 1.2 ms).

These two factors indicate the hydraulically-controlled flow over Stonewall to be more

subtle than that over the Knight Inlet sill.

However, the flow over Stonewall Bank is probably more complicated, too. Over

the Knight Inlet sill, the background flow is tidal, producing a regularly-occurring hy-

draulic flow. For the purpose of experimental investigation this makes planning some-

what straightforward. It is not yet clear exactly what conditions set up the hydraulic

flow over Stonewall Bank. So far, our observations indicate it does not occur every

tidal cycle. This makes determination of the frequency of occurrence an important

factor for both future studies of this flow and in interpreting its net effect on the coastal

ocean.

Furthermore, Klymak and Gregg (1999) have shown the importance of three-

dimensional effects to the hydraulic flow in Knight Inlet. While we have considered

only the two-dimensional aspects of the hydraulics as a first attempt at understand-

ing the flow, Stonewall Bank is clearly an isolated three-dimensional feature over

a relatively uniform continental shelf. Since the direction of the oncoming flow is





5.9.2 FJow Regimes

Date U [m s'] N [102s1] U/N Fm] F0

4-18-980.08±0.01 1.1±0.1 6.8±0.8 0.36±0.04
4-20-98 0.26 ± 0.05 1.6 ± 0.1 16.8 ± 3.5 0.88 ± 0.18

4-15-990.35±0.11 1.7±0.2 19.3±4.01.01±0.21

subcritical flow

ftransitional and

supercritical flows
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Table 5.3 Average values (and standard errors) of the important dynamical variables
which dictate the hydraulic flow state and degree of blocking. Quantities represent
time averages of all transects during the three observation periods.

We have observed two types of hydraulic flows over Stonewall Bank:

1. a plunging crest-controlled flow with high dissipation in the lee of the bank

(April 20, 1998 and April 15, 1999).

2. a subcritical, partially blocked flow with weaker dissipation (April 18, 1998).

Such hydraulic states of flow over topography may be classified with respect to a char-

acteristic Froude number and the non-dimensional topographic height H hmax/D

(Baines, 1984). For the general case of linearly-stratified flow (N2 = const) in a finite

upstream depth D, we follow Baines (1987, 1996) and define a Froude number

ir U
F0= (5.13)

based on the first-mode internal wave speed c0 = ND/n. Flow regime diagrams for

2, 3, andn layer channel flows have been proposed by Baines (1987), Lawr-

ence (1993) and others to distinguish subcritical flows (occurring for low F0, low H),

transitional crest-controlled and approach controlled flows (occurring at intermediate

F0), and supercritical flows (F0 > 1). While the boundaries between such regimes are

clearest for two-layer flows in a two-dimensional domain, we propose that the complex
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flows over Stonewall Bank are also differentiated by F0. A summary of the important

dynamical quantities is given in table 5.3 for our three observation periods.

Based on energy conservation arguments, the length-scale U/N represents the

height to which a water parcel with velocity U can reach through stratification N.

It has been used by Hunt and Snyder (1980), Farmer and Denton (1985) and others as

a measure of whether upstream blocking occurs. On April 18, 1998, U/N 7 m, sug-

gesting that much of the flow may be blocked and forced around (rather than over) the

20 m high Stonewall Bank. Conversely, during the times of hydraulically-controlled

flow, U/N 18 m, suggesting that flow over the bank is more likely.

To characterize our observations, we consider two important dynamical quantities,

the total dissipation per unit width f pe dx dz, and the drag coefficient CD, defined as

= 1 (5.14)
pLi hmax

In this form, Fd = fp(db/dx)dx + U' f, p dx dz represents the total drag force

(form drag plus skin friction) per unit width, U is the mean flow speed, and hmax

20m is the height of the bank.

Our set of observations, albeit limited, suggest that the hydraulic flow state at

Stonewall Bank is linked to Froude number, as shown in figure 5.17. Plunging transi-

tional flows were observed only at intermediate F0 (solid symbols and gray shading).

The integrated dissipation (figure 5. 17a) at these times was significantly larger than

during flows without hydraulic transitions. Subcritical flows with low total dissipation

were observed for F0 < 0.5, when the flow was likely around the bank. Numeri-

cal simulations (Schar and Durran, 1997) and laboratory experiments (Vosper et al.,

1999) suggest that vortex shedding makes a substantial contribution to the drag force

and dissipation at low F0; our sampling probably did not measure these effects. Low

dissipation was also associated with pure supercritical flows (F0 > 1.2). Such flows

represent the case where stratification is weak and the drag results primarily from skin

friction (BBL dissipation) and boundary separation; the latter is likely less important

at Stonewall Bank because of the shallow slopes of its flanks.
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tion to topographically-induced drag, especially when flows are weak and subcritical,

such as those observed on April 18, 1998. During times of plunging hydraulic flows,

CD was elevated, with a maximum of CD 10. In contrast, small drag coefficients

were produced during the weakly stratified periods (large F0); however, the dissipation

can still be substantial for F0 > 1 since velocities are often large and CDU3.

5.9.3 Driving Mechanisms

At this stage, we can only speculate on the background factors responsible for

initiating supercritical hydraulic flow over Stonewall Bank. We understand that the

observed hydraulic flows are driven by the larger-scale hydrography, and are dependent

on both the density structure and the velocity field surrounding Stonewall Bank. There

is strong supporting evidence to suggest that these intense flows occur frequently.

5.9.3.1 Density Structure

Recent observations from 18 days of Sea-Soar surveys (Barth, pers. comm.) and

historic CTD surveys (Huyer, 1973) over the Oregon shelf indicate that the dense wa-

ter upstream of the bank is a persistent feature of the coastal hydrography. Through

coastal upwelling, dense water is raised to shallow depths over the inner shelf and a

cross-shelf density gradient is established. As shelf waters are advected along the shelf,

the continuous horizontal density gradient is interrupted by the presence of Stonewall

Bank, which breaks down the geostrophic thermal wind balance. Dense water inshore

of the bank splits as it approaches Stonewall Bank. While the offshore branch either

maintains its depth or slumps down the continental slope, the inshore branch shoals

as it is forced over the shallows (figure 5.18). This occurs both at times when up-

welled water is advected by southward flowing alongshore currents (typical of active

upwelling during strong northerly winds), and during the relaxation from upwelling,

when the long-shore pressure gradient forces a reversal in the coastal current and pole-

ward flow. In either event, dense water is found inshore of Stonewall Bank at much
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with a diurnal cycle of calm in the early morning building to relatively weak ('' 10

kts) northerlies in the afternoon. Pulses of southerly winds were not uncommon.

As well, strong semidiumal baroclinic currents have been observed from current

meters moored within 25 km of Stonewall Bank, and these seem to be a ubiquitous

feature, appearing in reports by Pillsbury et al. (1974) and Kosro (pers.comm., 1999).

Baroclinic tidal currents are frequently different by 50 cms1 over 60 m vertically, with

the upper and lower layers 1800 out of phase. However, these do not occur at regular

intervals and the generation of the internal tide over the shelf is not well understood.

It is likely that the hydraulic events we observed result from some combination

of upwelling and downwelling events, internal tides and/or inertial currents over the

shelf. Further experiments will be necessary to understand the forcing of the flow.

5.9.4 Implications for the Coastal Circulation

During times of active hydraulic control, the bottom stress is 5-10 times greater

than that during the barotropic regime; the form drag at these times is found to be

even larger. Mixing is enhanced by several orders of magnitude above the normal

shelf value of K,, 0.1 x 104m2 s1. For energetic flows, the eddy diffusivity was

K,, 37 170 x 104m2s1 and sustained at this level for many hours.

The energy dissipated over Stonewall Bank during such times ranged from 2.2 MW

in 1998 to 16 MW in 1999. For comparison, consider the flow over a smooth bottom,

for which atypical bottom stress is Tb = 0.05 N m2. Assuming a mean velocity of 0.2

ms1, the dissipation is YbU = 0.01 W m2, or integrated over the 25 km2 Stonewall

Bank, is 0.25 MW. Hydraulic flow increases the integrated dissipation by one to two

orders of magnitude. As important is the momentum loss to form drag, which is twice

as large as that due to bottom friction.

The identification of high drag states of flow over the continental shelf complicates

the parameterization of turbulence in numerical models. The high drag states represent

spatially local, temporally intennittent enhancements to both the drag on the flow and
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the mixing of fluid. A better understanding of the conditions under which high drag

states occur will be necessary before modelers can attempt to properly represent these

processes in the coastal circulation.

Topographic features similar to Stonewall Bank occur along the Oregon coast. For

example, to the south, Heceta bank rises to within 50 m of the surface and is some 50

km in extent. It is likely that these features induce a substantial fraction of the mixing

on the Oregon shelf, and in other coastal areas which have gently-varying bathymetry

punctuated by small topographic features.
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6 CONCLUSIONS

We seek to gain a mote comprehensive understanding of the details of geophysical

turbulence and the mechanisms by which ocean mixing is produced. The intent of

this thesis is to further our ability to make measurements, to develop new methods

of interpreting these measurements, and to use such measurements to enhance our

understanding of small scale physical processes and their interplay with the larger

scale dynamics.

6.1 The Thermocouple - A New Tool

The thermocouple described in chapter 2 represents an additional sensor in the

toolbox available to the ocean-turbulence community.

On rapidly-profiling niicrostructure instruments or undulating bodies like Sea-

Soar, the thermocouple may become the sensor of choice for estimating the dissipation

rate of temperature variance,XT. Unlike conductivity sensors which currently make

the most highly-resolved measurements of scalar variance in the ocean x. is directly

measured by the thermocouple and is not contaminated by a contribution from salinity.

The probe is also robust enough for routine use.

Measurements made with the thermocouple at slower speeds will enhance our un-

derstanding of the shape of the temperature gradient spectrum and its relationship to

r, the dissipation rate of turbulent kinetic energy. While these are fundamental aspects

of turbulence, they are also of practical concern. This is because spectral corrections

need to be applied to unresolved temperature measurements in order to estimate

Furthermore, is sometimes inferred from fully-resolved temperature measurements

when shear probes are not avaflable. Given our current understanding of scalar spectra

and its relationship to TKE dissipation, only an order of magnitude accuracy in c can

be guaranteed using this method.
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6.2 Differential TUrbulent Transport of Salinity

Our interpretation of highly-resolved and coincident temperature and conductivity

gradient spectra has enabled us to make the first measurements of the turbulent spec-

trum of salinity gradient Ws,. The analysis and comparison of the turbulent fluxes of

heat and salt (on both eddy and dissipative scales) have produced an interesting con-

clusion - that the irreversible mixing (as characterized through an eddy diffusivity)

of salt may be 30% less than that for temperature. in contrast, the large-scale eddy

transports of heat and salt are found to be equal.

While our findings are consistent with the results from recent numerical studies

(Merryfield et al., 1998), the implications are yet to be appreciated by the oceano-

graphic community at large. Although Gargett and Holloway (1992) found that

numerical simulations of the thermohaljne circulation are sensitive to the value of

d = KSIKT, it is almost always assumed to be d = 1. Our results suggest that

we must reconsider the meaning of the eddy diffusivities which are calculated from

temperature microstructure and tracer-release experiment alike.

This study also suggests a need to make more estimates of x over a wider range

of oceanic conditions, and to decrease the uncertainty of these estimates. Further lab-

oratory experiments and numerical studies are also in order.

6.3 Mixing at Stonewall Bank

The identification and analysis of internal hydraulic jumps at Stonewall Bank has

furthered our understanding of processes which generate turbulent mixing and dissi-

pate energy. The observed hydraulically-controlled flows dissipate significant energy

in the bottom boundary layer and in the stratified shear region of the supercritical flow,

and within the internal hydraulic jump. In addition, the form drag of the bank exerts

a large force on the mean flow. Across the bank, T S properties are altered and

indicate that mixing has occurred.



Although topographic features like Stonewall Bank are common along the coastal

shelf, their effect has been largely ignored. This is because detailed measurements

have not been made near these features, and numerical models have inadequate resolu-

tion to sufficiently resolve the topography and the flows that result. Our measurements

suggest that a significant fraction of the coastal flow energy is dissipated by such fea-

tures.

The degree to which these type of flows alter the large-scale coastal hydrogra-

phy is yet unknown. Further investigation into the three-dimensional circulation near

Stonewall Bank and the frequency of occurrence of hydraulic events will be necessary

to put these flows into better context with regard to the larger-scale flowfield.
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