
AN ABSTRACT OF THE DISSERTATION OF

R. Kipp Shearinan for the degree of Doctor of Philosophy in Oceanography

presented on August 12, 1999. Title: Dynamics of Mesoscale Motion in the

California Current.

Abstract approved:

John A. Barth

Several high-resolution upper-ocean surveys of mesoscale features in the Cal-

ifornia Current system are described in terms of their physical characteristics,

three-dimensional circulation, and time-dependent behavior. High-resolution ob-

servations of temperature and salinity, rnea.sured from a SeaSoar vehicle, and

velocity, measured from a shipboard acoustic Doppler current profiler (ADCP),

were collected over the course of the summer upwelling season (1993) in the

California Current between 36°N and 40°N. Observations from two large scale

surveys and four small scale surveys, conducted between early June and mid-

September, depict the seasonal evolution of the meandering, equatorward jet and

several mesoscale eddies. Gridded fields of density and nondivergent velocity

were obtained from the SeaSoar and ADCP observations via objective analysis.

Length scales for the objective analysis were shorter than previously attainable,

due to the increased resolution of the SeaSoar/ADCP surveys. The observed

geostrophic velocities were large (-..'1 m s), and relative vorticity ranged from

-0.81 to 1.21. The vertical circulation was diagnosed via the Q-vector form of

the quasigeostrophic omega equation. In the meandering jet, vertical velocities

were large (-.'40 m d1). Higher-order estimates of the vertical and horizontal
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ageostrophic velocities were obtained via an omega equation derived from an iter-

ated geostrophic intermediate model and primitive equation coupled with a digital

filter. The iterated geostrophic intermediate model incorporates dynamics iii be-

tween quasigeostrophy and the primitive equations, including the gradient wind

balance. Higher-order vertical velocity estimates are reduced by approximately

30% in comparison with their quasigeostrophic counterparts. This reduction was

due the geostrophic advection of ageostrophic relative vorticity. The several sur-

veys provide realizations of the meandering equatorward jet and mesoscale eddies

separated by short periods of time. The evolution of these features were exam-

ined through their energetics and potential vorticity. Processes consistent with

baroclinic instability were observed in the evohition of the kinetic and potential

energy fields, and strong nonlinear interactions between the mesoscale features

were also indicated by the evolving potential vorticity and thermohaline fields.
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DYNAMICS OF MESOSCALE MOTION IN THE
CALIFORNIA CURRENT

1 INTRODUCTION

In the past fifteen years, the importance of mesoscale circulation in the Cal-

ifornia Current (and other eastern boundary currents) has become increasingly

evident. Observations from the Coastal Ocean Dynamics Experiment (Huyer

and Kosro, 1987) and the Coastal Transition Zone experiment (Strub et al.,

1991) have helped alter the previous definition of the California Current system

(CCS) as a weak, broad, and diffuse flow to a seasonally energetic, complex cir-

culation with abundant mesoscale variability. Previous measurements, though,

were too coarsely spaced or lacked sufficient coverage to fully resolve the com-

plete thermohaline and velocity structures associated with mesoscale features in

the CCS. During the summer upwelling seasoii of 1993, several high-resolution,

upper-ocean surveys, using SeaSoar (a towed, undulating instrument platform)

and a shipboard acoustic Doppler current profiler (ADCP), were conducted in

the California Current between 36°N and 40°N as part of the ONR.-sponsorecl

Easterti Bouiiclary Currents (EBC) program. The unprecedented resolution and

nearly synoptic coverage of these surveys provide a unique opportunity to more

completely describe the hydrography and three-dimensional circulation within

mesoscale features in the CCS. In turn, the three-dimensional circulation and
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hydrography permit a thorough analysis of the dynamics associated with these

mesoscale features.

During the summer upwelling season, southward winds drive coata1 upwelling

along the west coast of the United States. A density front and equatorward

geostrophic jet develop along the boundary between the cold, saline upwelled

water and warm, fresh offshore water. Eventually, due to the influence of topog-

raphy or interactions with the poleward undercurrent, the upwelling jet separates

from the shelf (Barth et al., 1999) and becomes a meandering, generally eqila-

torward, oceanic jet. The equatorward jet develops large meanders (extending

200-300 km offshore) over the course of the upwelling season (Allen et al., 1991),

and episodically sheds eddies (Strub et al., 1991). The eddies (both cyclones

and anticyclones) can potentially persist between upwelling seasons, and interact

with the developing equatorward jet, through inherently nonlinear (advective)

processes.

Mesoscale features in the CCS exhibit strong fronts in physical and biolog-

ical properties (Strub et al., 1991). Observations of mesoscale features in the

CCS also indicate strong horizontal velocity and relative vorticity (Kosro and

Huyer, 1986). Sizable secondary circulations are a feature of frontal regions with

strong velocities and relative vorticities (Pollard and Regier, 1992). The sec-

ondary, or ageostrophic circulations, directly affect the slowly evolving mesoscale

features. Thus, a description of the dynamics of mesoscale motion in the CCS is

incomplete without an estimate of the ageostrophic circulations, both horizontal

and vertical, within mesoscale features. The ageostrophic velocity field, asso-

ciated with the evolviiig mesoscale circulation, does not include high-frequency

ageostrophic motions, such as tides and inertial oscillations, which are transient

and do not significantly effect the evolution of mesoscale features. Measuring the
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ageostrophic velocity field is not possible over mesoscale areas. Vertical veloci-

ties are extremely small compared to horizontal velocities (typical values of only

a few meters per day versus several kilometers per day for horizontal motion).

The typical! resolution of shipboard ADCP is roughly O.03-0.05 m while

ageostrophic velocities are approximately 0.02-0.04 in s (Kosro, 1987). Hence,

shipboard ADCP observations lack the accuracy to compute the vertical velocity

from the divergent horizontal flow. Another means for estimating vertical and

horizontal ageostrophic circulation from observable quantities is required. The

quasigeostrophic omega equation is a useful technique for diagnosing (computing

without time-dependence) the vertical circulation from a single synoptic realiza-

tion of the three-dimensional density and geostrophic velocity fields (Hoskins et

al. 1978). The diagnosis of vertical velocity using the quasigeostrophic omega

equation was originally developed in the atmospheric context, but applies equally

well in the ocean. However, until recently, observations in the ocean have lacked

the necessary resolution and synoptic coverage required for the application of the

omega equation. The high-resolution, quasisynoptic SeaSoar and ADCP surveys

of the EBC program make possible the application of the omega equation to

oceanic mesoscale features.

The object of this dissertation is to create a detailed description of the dy-

namics of mesoscale features in the CCS. To accomplish this, estimates of the

complete three-dimensional circulation are necessary. Chapter 2, entitled "Di-

agnosis of the three-dimensional circulation associated with mesoscale motion

in the California Current," develops the primary diagnostic technique for esti-

mating the vertical circulation in mesoscale features from the quasigeostrophic

omega equation. Chapter 3, entitled "Diagnosis of the three-dimensional circula-

tion in mesoscale features with large Rossby number," examines the importance
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of higher-order dynamics in the California Current and the effect of including

higher-order dynamics in the diagnosis of vertical velocity, as well as horizontal

ageostrophic circulations. Finally, Chapter 4, entitled "Evolution of mesoscale

features in the California Current," applies the diagnostic techniques to several

surveys in the California Current, and uses the diagnosed three-dimensional circu-

lations to describe the evolving mesoscale features and their underlying dynamics.
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2 DIAGNOSIS OF THE THREE-DIMENSIONAL CIRCULATION
ASSOCIATED WITH MESOSCALE MOTION

IN THE CALIFORNIA CURRENT

R.. Kipp Shearman, John A. Barth and P. Michael Kosro

Published in Journal of Physical Oceanography,

April 1999, 19 pages.



2.1 ABSTRACT

A high-resolution upper-ocean survey of a cyclonic jet meander and an ad-

jacent cyclonic eddy in the California Current region near 38°N, 126°W was

conducted as part of the summer of 1993 Eastern Boundary Currents program.

Temperature and salinity were measured from a SeaSoar vehicle, aiid velocity was

measured by shipboard acoustic Doppler current profiler (ADCP). SeaSoar data

show a density front at a depth of 70-100 m with strong cyclonic curvature. The

geostrophic velocity fields, referenced to the ADCP data at 200 in, show a strong

surface-intensified jet (maximum speed of 0.9 m s') that follows the density front

along a cyclonic meander. Relative vorticities within the jet are large, ranging

from -0.8f to +1.2f, where f is the local Coriolis parameter. The SeaSoar den-

sity and ADCP velocity data are used to diagnose the vertical velocity via the

Q-vector form of the quasigeostrophic omega equation. The diagnosed vertical

velocity field shows a maximum speed of4045 m d'. The lateral distribution of

vertical velocity is characterized by two length scales: a large ('-75 km) pattern

where there is downwelling upstream and upwelling downstream of the cyclonic

bend; and smaller patches arrayed along the jet core with diameters of 20-30 km.

Geostrophic streamline analysis of vertical velocity indicates that water parcels

make net vertical excursions of 20-30 m over 2-3 days, resulting in net vertical

velocities of 7-15 m d'. Water parcels moving along geostrophic streamlines

experience maximum vertical velocities in the regions of maximum alongstream

change in relative vorticity, an indication of potential vorticity conservation.
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2.2 INTRODUCTION

Research over the last twenty years has uncovered the importance of mesoscale

motion in eastern boundary currents, particularly in the California Current Sys-

tern (CCS) off the west coast of the United States. Experiments such as the Cali-

fornia Cooperative Oceanic Fisheries Investigation (Ca1COFI) (Wyllie, 1966), the

Coastal Ocean Dynamics Experiment (CODE) (Huyer and Kosro, 1987), and the

Coastal Transition Zone experiment (CTZ) (Brink and Cowles, 1991; Strub et

al., 1991) have helped to redefine our view of the CCS from a diffuse, broad, weak

flow to a seasonally energetic, complex flow rich with mesoscale variability. While

the existence of mesoscale motion was indicated by CaICOFI observations, the

coarseness and non-synopticity of the Ca1COFI surveys did not actually resolve

distinct niesoscale features. The existence and importance of mesoscale motion

iii the CCS were clearly demonstrated during CODE and later in CTZ. However,

measurements were still too widely spaced to fully resolve the density and velocity

structures associated with rnesoscaie features, such as jet meanders and eddies.

Likewise, the dynamics associated with these mesoscale features could only be

inferred from the coarse observations, and estimating the full three-dimensional

circulation associated with eddies and jet meanders in the CCS was beyond the

scope of past experiments.

Estimating the full three-dimensional circulation iii the ocean is complicated

by the difficulty in measuring the vertical velocity w. Horizontal velocities in

the CCS are vigorous (O.5O.8 m s') and highly geostrophic (Kosro and Huyer,

1986). Thus, horizontal velocities are relatively simple to measure, either from

density profiles and the thermal wind relatioii or through the use of a shipboard

acoustic Doppler current profiler (ADCP). Vertical velocities in the ocean are

nearly impossible to directly measure over a wide area (as would be needed for



the study of mesoscale features). Measurements of the divergent component of

the horizontal flow are unresolved by shipboard ADCP. Ageostrophic currents

in the CCS are typically 0.02-0.04 m s' (Kosro, 1987; Chereskin, 1995), while

resolution of the shipboard ADCP varies from 0.03-0.05 in s, depending on

processing techniques (Kosro, 1987; Kosro et al., 1991).

An alternate method is needed for estimating vertical velocity that can be

made from fields which can be measured accurately. The quasigeostrophic (QG)

omega equation in its Q-vector formulation (Hoskins et al., 1978) requires only a

single synoptic realization of the three-dimensional density field to diagnose the

associated vertical velocities. The QG omega equation was originally developed

in the atmospheric context, but has recently found applications in oceanography

(Pollard and Regier, 1992; Rudnick, 1996; Allen and Smeed, 1996). Pollard and

Regier (1992) used a two-dimensional version of the omega equation that ignored

along front variations to diagnose the ageostrophic circulation in a vertical plane.

Most recently, Rudnick (1996) and Allen and Smeed (1996) have used the full

three-dimensional omega equation to diagnose the vertical velocities at the Azores

and Iceland-Froes Fronts, respectively. Also, Chumbinho (1994) compares a

diagnosis of w via the Q-vector equation to a diagnosis of w using a primitive

equation model and a digital filtering technique.

The purpose of this paper is to establish estimates of the vertical veloci-

ties associated with mesoscale features, such as jets and eddies, in the CCS.

To determine these vertical velocities, the Q-vector analysis will be applied to

a high-resolution survey of the density and horizontal velocity fields within the

CCS, conducted as part of the summer 1993 Eastern Boundary Currents (EBC)

project. From these estimates, we gain a clearer picture of the three-dimensional

circulation within these mesoscale features, and may investigate their underly-



ing dynamics. Understanding the role of vertical velocity in the dynamics of

mesoscale features is necessary to elucidate the importance of eddies and con-

centrated jets in the changing view of the CCS. In addition, estimates of vertical

velocities associated with mesoscale features have important consequences (in

terms of the vertical transport) for the biology and chemistry in this region.

The remainder of this paper is organized as follows: Section 2 describes the

data sets arid sampling methods; Section 3 provides a detailed description of the

analysis methods and their results, including the interpolation of the density and

ADCP data onto regular grids; Section 4 describes the calculated geostrophic

velocity and relative vorticity fields; Section 5 covers the diagnosis of vertical

velocity; Section 6 discusses the results and examines the full three-dimensional

pathways of water parcels passing through the region; and Section 7 summarizes

the preceding material.

2.3 DATA SET

The 1993 EBC project consisted of two large scale surveys and four small scale

surveys of physical aiid biological fields within the California Current offshore of

Northern California. The first large scale survey was conducted during 7-28 June,

and the second during 8 August 1 September. These surveys were composed

of zonal sections 350-450 kin long, running from the 1000-rn isobath to time deep

ocean, separated by 28 kni in the north-south direction, and covering a region

from 36°N (large scale survey 1) or 37°N (large scale survey 2) to 39°N. A detailed

description of the hydrographic fields observed during the large scale surveys can

be found in Huyer et al. (1997).
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In addition, four small scale surveys of individual features were conducted as

part of the EBC project. Hydrographic data from the large scale surveys and

satellite sea surface temperature (SST) images were used to locate features of

interest. The first small scale survey (SS1) was carried out over 29 June 2 July,

and sampled an offshore cyclone and oceanic jet meander. These features can

be seen in relation to the larger CCS within the boxed region in Fig. 2.1. The

meandering jet associated with the core of the CCS sampled during SS1 and

apparent in the SST image (Fig. 2.1) carries a large portion of the equatorward

transport identified with the California Current,.

A second small scale "survey", conducted during 6-7 July, sampled the same

cyclone and jet meander, but only along one across-front transect. The third small

scale survey was carried out over 1-5 September, and sampled a counter-rotating

eddy pair, an offshore cyclone (the same cyclone as sampled in SS1) adjacent to

an inshore anticyclone. Finally, the fourth small scale survey, carried out over

6-16 September, sampled a deep, inshore anticyclone. This paper discusses the

results of the analysis applied to measurements made during SS1, leaving the

analysis of the additional small scale surveys to a future study.

The primary instruments used to sample physical fields during the EBC

project were the SeaSoar, a towed undulating measurement platform (Pol-

lard, 1986), and shipboard ADCP. The SeaSoar was outfitted with a Seabird

conductivity-temperature-depth (CTD) sensor, as well as other instruments to

sample biological fields (Cowles et al., 1994; Huntley et al., 1995). The Sea-

Soar vehicle completed an undulation cycle approximately once every 9 minutes,

and was towed at a nominal speed of 8 kts (4 m s). This translates into an

alongtrack resolution of 2.2 km at the surface and bottom of the sawtooth-shaped

SeaSoar trace and approximately half of that (1.1 kin) at mid-depth. The SeaSoar
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undulated consistently between the surface and deeper than 300 in. The ship's

flow-through CTD located at a depth of 5 m was used to supplement the SeaSoar

data near the surface. The raw 24-Hz SeaSoar CTD data were time averaged

intc 4-Hz data, which were then averaged into 2-dbar bins. A summary of Sea-

Soar CTD data processing can be found in Huyer et al. (1997), and a complete

description is contained in the data report by Kosro et al. (1995). Absolute cur-

rents were measured continuously during each survey, using an RD Instruments

150-kHz ADCP. Average velocity profiles, using an 8-rn bin size, were obtained

every 2.5 minutes, which at 8 kts is equivalent to an alongtrack resolution of

less than 1 km. The average velocity profiles were subsequently low-pass filtered

using a filter with half-power at 30 minutes. The shallowest bin to consistently

return velocity data was about 25 m, and the deepest was about 350 m.

In addition to the shipbased observations, a single mooring part of the

California Current Moored Array (Chereskin, 1994) was lccatecl within the

SS1 survey region at 37.82°N, -125.85°E in 4320 m of water. The mooring was

equipped with three Aanderaa Current Meters (AACMs), which recorded current

speed and direction, every three hours over a 2-year period beginning in August

1992. At each AACM location there were also a thermistor and pressure sensor.

The AACMs were deployed at depths of 150, 300, and 600 m. However, records

from the pressure sensors colocated with the AACMs have means of 142, 295,

and 602 dbar, respectively. The location of the mooring relative to the cyclone

aiid jet meander can be seen in Fig. 2.1.

Small scale survey 1, on which the rest of this paper will focus, consisted of

8 zonal sections approximately 100 km long, separated by 10 km in the north-

south direction (see the enlarged region in Fig. 2.1). In addition, one 20 km

meridional section and a 30 km diagonal section running roughly perpendic-
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ular to the density front at this location were occupied. The survey region

covered a rectangular area from -125.6°E to -126.8°E and from 37.5°N to 38.1°N

(approximately 100 by 70 km). The entire survey took 60 hours to complete.

The horizontal distribution of density as measured by SeaSoar (see Fig. 2.2)

shows a front that has been deformed into a strong cyclonic meander. The curved

front is strongest between the depths of 70-110 m (Fig. 2.2b), but is evident down

to at least 310 iii (the deepest level of consistent horizontal coverage). The curved

front weakens as it deepens (cf. Figs. 2.2b and 2.2c). Between 40-60 m there are

strong gradients in the density field, however they do not exhibit the coherent

cyclonic meander structure present below. The horizontal distribution of density

above 40 iii is much more homogeneous, although in the southeast corner of the

survey region the density front appears weakly at the surface (Fig. 2.2a). Also,

there is ahighily localized pocket of dense water (at > 24.3 kg rn3) approximately

30 km in diameter centered on the west end of line 4 (see Fig. 2.1 for definition

of line numbers).

The vertical distribution of density as measured by SeaSoar shows domed

isopycnals near the center of the region corresponding to the location of the

cyclonic eddy (Fig. 2.3). The thickness of the homogeneous surface mixed layer

ranges from 20 to 40 m, and tends to be shallower over the jet and deeper over

the cyclone (see Fig. 2.3b). Buoyancy frequency N in cyc hrm, calculated from

the slope of a line fit to the raw SeaSoar Ct data over a 12-dbar bin, is also

shown in Fig. 2.3. Stratification is strongest (12 cyc hr1) at the base of the

mixed layer over the cyclonic eddy at a depth of approximately 50 m. In lines

4 and 5 within the jet at a depth of approximately 100 m and a longitude of

about -126.5°E, there is an anomalously thick layer of weakly stratified water

between the isopyciials o- = 25.4 and 25.6 kg m3. The thickness anomaly
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FIGURE 2.2 Maps of raw SeaSoar derived o (kg m3) at depths of (a) 15 iii,
(b) 101 in, and (c) 151 in. The location of SeaSoar measurements are shown as
small dots. There are an average of 644 data points at each vertical level.
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extends approximately 15 km in the across-jet direction, and 20 km in the along

jet direction. Stratification is weakest within the thickness anomaly at line 5

(Fig. 2.3b) and the thickness anomaly is no longer readily apparent by line 6

(Fig. 2.3c), 10 km downstream. Similar thickness anomaly features were reported

at a density front in the Sargasso Sea by Pollard and Regier (1992).

2.4 DATA REDUCTION

Estimating vertical velocity via the Q-vector equation requires the calculation

of high-order spatial derivatives of the density and geostrophic velocity fields.

Therefore, we must grid and smooth the data to avoid amplifying small scale

noise. Interpolating the irregularly sampled SeaSoar and ADCP data onto regular

grids simplifies the computation of spatial derivatives, and smoothing reduces

the effect of small scale spatial variations, such as internal waves and inertial

oscillations, which are outside the scope of this analysis.

The data reduction procedures are similar for both SeaSoar density data and

ADCP velocity data. First, we estimate a spatially variable mean. Then, we

calculate a residual field by subtracting the mean field from the raw data, and

interpolate that residual onto a regular grid using standard objective analysis

(OA) (Bretherton et al., 1976). Finally, we compute the total interpolated field

by adding together the objectively analyzed residual and the mean field.

2.4.1 Density Data

Individual profiles of the raw 2-dbar SeaSoar density data are averaged verti-

cafly into 10-ni bins (o'). The vertical bins are centered on 0, 10, 20 ... 310 rn.

For this analysis dbars aiid meters are treated as equivalent measures. The max-
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imum pressure reached using SeaSoar never exceeds 500 dbar, hence the relative

error between dbars and meters is always less than 1% (Fofonof and Millard,

1983). Density data from the ship's flow-through CTD (intake at a depth of

5 m) are used to supplement the SeaSoar data at the surface where gaps in the

coverage may occur. A visual synopsis of the data reduction procedures is found

in Fig. 2,4. The a field at a depth of 100 in is shown in Fig. 2.4a. The bin-

averaged field has slightly less small scale variability than does the raw SeaSoar

density data (cf. Fig. 2.2).

Standard OA is intended for use on fields with a stationary or spatially invari-

ant mean (Bretherton et al., 1976). Our study area is characterized by a highly

non-stationary mean (the curved density front). In order to find a stationary

residual field (residual being defined as anything other than the mean), we must

determine an appropriate spatially variable mean, and then remove that mean

from the bin-averaged data. Otherwise, the signal from the small scale residual

field will be drowned out by the energetic large scale mean.

The bin-averaged density data (Fig. 2.4a) indicate that the spatially variable

mean is a curvilinear density front with strong cyclonic curvature. Previous

studies (e.g., Waistad et al., 1991; Rudnick, 1996) focused on linear density fronts

without strong curvature. In each of these cases, the shape of the mean density

(or dynamic height) field was given by a first-order polynomial that was fit to

the raw data using a least squars method. Due to the strong curvature of the

front in our case, a plane does not adequately represent the mean field. Instead,

a second-order polynomial,

ö=Ax2+Bxy+Cy2+Dx+Ey+F, (2.1)

is fit to the o' data, and this function is used to describe the mean density field,

signified by an overbar. In this analysis, the x, y, and z axes are oriented in
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the eastward, northward and local vertical directions, respectively. The result of

the least squares fit of a second-order polynomial to the a data at a depth of

100 in is shown in Fig. 2.4b. The fit is performed at each vertical level. Within

the surface mixed layer (depth levels above 40 m), the mean field is flat, while

in the deeper levels the mean field has a parabolic shape. We then calculate the

residual field (a) by subtracting the mean field froni the bin-averaged data,

7in

Before applying an OA to the residual density field, we seek to remove the

influence of high-frequency tidal motions. Temperature data at all three depths

from the mooring located at 37.82°N, -125.85°E show strong semi-diurnal vari-

ations due to internal tides during the period of SS1 (T. Chereskin, personal

communication). The continuous nature of sampling using SeaSoar aliases this

tidal signal into apparent spatial variability. If possible, it is desirable to re-

move this tidal signal. Fortunately, there exist two independent records of the

time-dependent temperature fields from which to estimate the tidal variability

(mooring and SeaSoar). Although the internal tide may vary spatially and tem-

porally, we assume that the tidal signal does riot vary significantly over the 70 kin

by 100 km study region and 2.5 days it took to perform the survey.

The phase and amplitude of the It/I2 tidal constituent (12.42 hour period)

are calculated by least-squares fit to the mooring temperature data at 150 m

and 300 m between the period 28 June 4 July. The same fit is applied to the

SS1 SeaSoar temperature data. The results of both fits are shown in Table 2.1.

The amplitudes agree quite well and the phrases are in approximate agreement.

The agreement iii phase and amplitude estimated from tire mooring (a point

measurement) and from the SeaSoar (an area measurement) supports the as-
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Amplitude (°C) Phase (0)

Mooring 150 in 0.090 141.9

SeaSoar 150 m 0.073 88.7

Mooring 300 m 0.054 -151.6

SeaSoar 300 m 0.051 -129.2

TABLE 2.1 Results of the least-squares tidal analysis.

sumption that the internal tidal signal does not vary significantly over the SS1

region.

Assuming that the mooring data most closely resemble the actual tidal sig-

iial and that the agreement between mooring and SeaSoar derived tidal signals

corroborates the ability of SeaSoar to measure the actual tidal variability, an M2

tidal constituent is fit to the SeaSoar residual density data in each 10 in vertical

bin. Since the mean field has (by definition) no temporal variability, the residual

density field is used to fit the tidal signal. Otherwise, there is a risk of aliasing

the spatial variability of the tirne-iridependeiit mean into temporal variability. To

compute the detided residual, the fitted tidal signal is subtracted from the resid-

ual density data. Again, the tidal signal being removed is assumed to be spatially

invariant, although the ambient stratification varies over the study region.

Next, the detided residual field is interpolated onto a regular grid using stan-

dard OA. Objective analysis requires the specification of a spatial correlation

function (see Appendix). The decay scale a and zero crossing b/2 that result

from fitting the correlation function (2.16) to the actual density correlation data
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vary slightly with depth. The minimum, mean, and maximum values for the

correlation parameters are shown in Table 2.2. The mean decay scale is 22.0 km

and the mean zero crossing b/2 is 20.6 km. The OA is carried out using the fitted

values of a and b at each vertical level. For comparison, recent studies which have

applied OA to density (or dynamic height) data from the CCS (e.g., Kosro et

aL, 1991; Waistad et al., 1991) obtain a decay scale of 50 km and a zero crossing

of approximately 60 km. Due to the increased sampling resolution of our survey

compared with previous surveys and the careful removal of the large scale mean,

we can apply the OA with smaller length scales.

The detided residual data are interpolated onto a uniform 2-km grid that has

75 points in the x direction and 53 points in the y direction. Since the residual

data are gridded onto an area that extends approximately 15 km beyond the

region where measurements were taken, some extrapolation takes place. The OA

allows for the computation of the rins error expected at an objectively analyzed

point. This rms error is expressed in the form of "error maps" (Bretherton et

al., 1976), which are the ratio of the error variance to the data variance. For

the purpose of this analysis, we will refer to this error estimate as the "error

covariance." None of the gridded data with an error covariance greater than

0.1 (10% of the data variance) is used in the subsequent diagnosis of vertical

velocity. The objectively analyzed, detided residual density field is shown in

Fig. 2.4c. Finally, the total density field (Fig. 2.4d) is computed by adding the

objectively analyzed residual data to the mean field.

The gridded three-dimensional density field reproduces the primary features

seen in the raw data (cf. Figs. 2.4b and 2.4d). The curved front that strengthens

as it nears the eastern edge of the survey region, as well as the closed density

contours (e.g., o = 26.2 kg m3) that correspond to the location of the cyclonic



eddy are evident in both the maps of raw and gridcled density data (Figs. 2.4b

and 2.4d). Also, vertical sections of the gridded density field (e.g., from lines 4, 5,

arid 6 along 37.87, 37.78 and 37.69°N shown in Fig. 2.5) show the primary features

seen in the raw data: sloping isopycnals on the east and west ends of the sections

(corresponding to the location of the geostrophic jet) and domed isopycnals in

the middle of the region (corresponding to the location of the cyclonic eddy). The

griddeci density field also reproduces several of the resolved smaller scale features.

In the horizontal plane, these secondary features are 0(10-20 km) meanders of

the density front, and in the vertical plane the secondary features are variations

in isopycnal thickness with a similar 0(10-20 km) horizontal length scale. This

is shown particularly well on lines 4 and 5 at about -126.5°E and 100 in (cf.

Figs. 2.3a,b and 2.5a,b). Fiiially, direct comparisons of the bin-averaged and

gridded density data were made. The rms difference calculated over the entire

volume is 0.08 kg m3. The mean square difference calculated over the entire

volume is 0.9% of the data variance.

The horizontal distribution of buoyancy frequency, calculated from the grid-

ded density data, is shown in Fig. 2.6. At 100 in, the stratification is stronger

within the jet (8 cyc hr1) than within the eddy (4-5 cyc hr'). At 300 m, the

entire region is almost homogeneously weakly stratified (2 cyc hr'). The vertical

sections of density, both the raw (Fig. 2.3) and the gridded (Fig. 2.5), show that

regions of strongest stratification with values greater than 10 cyc hr' overlay

the cyclonic edd. The region of high stratification separates the top surface of

the cyclone from the surface mixed layer at a depth of approximately 50 m.
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2.4.2 ADCP Data

In order to obtain a non-divergent velocity field that can be used as a ref-

erence for calculating absolute geostrophic velocity, the shipboard ADCP data

are processed in a similar fashion to that used for the density data. A non-

divergent mean field that best fits the observations is identified, theii a residual

velocity field is calculated by subtracting the non-divergent mean field from the

raw data. This residual field may be divergent. A gridded non-divergent stream-

function is calculated from the residual velocity field using objective analysis for

vector variables, following Bretherton et al. (1976) and Walstad et al. (1991).

Finally, the streamfunction that corresponds to the mean field is added to the

residual streamfunction to produce the total interpolated non-divergent velocity

field streamfunction.

We choose a first-order polynomial to describe the mean non-divergent ye-

locity field. Given the choice of a paraboloid for the mean density field (2.1),

a planar velocity field is consistent with geostrophy. The streamfunction that

corresponds to the planar mean non-divergent velocity field is parabolic. If the

mean streamfunction, signified by an overbar, is described by a second-order

polynomial, similar to the paraboloid describing the mean density field (2.1),

=Ax2+Exy+Oy2+13x+Ey+E, (2.2)

themi the mean non-divergent velocity fields are

and

Und = = 2Cy E, (2.3a)
ay

Vnd = = 2AX + By + b. (2.3b)
Ox
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The values of A, , C, D, and E are determined by a least-squares fit of (2.3a)

and (2.3b) to the raw ADCP data. F is arbitrary and set to zero. The raw ADCP

velocity vectors at a depth of 200 m are shown in Fig. 2.7a and the streamfunction

that corresponds to the mean non-divergent velocity field is shown in Fig. 2.7b.

The residual velocity field, which is calculated by taking the difference be-

tween the mean non-divergent velocity field and the raw ADCP data, now coti-

tains any divergence that was originally in the raw data. Next, we perforni the

OA, following an application by Waistad et al. (1991), to determine the residual

non-divergent velocity field. The residual density field correlation function (2.16)

with the fitted length scales is used to determine the longitudinal and transverse

correlatioii functions (Eqs. A2 and A3, respectively) for the non-divergent ve-

locity field . The results of the objective analysis on the residual ADCP data at

200 m are shown in Fig. 2.7c, again restrictiiig the results to regions where the

OA error covariance is less than 0.1. The final interpolated non-divergent stream-

function (Fig. 2.7d) is computed by adding the mean streamfunction (2.2) to the

interpolated residual field streamfunction. At 200 rn, the flow field is dominated

by southwestward flow in the northwest and northeastward flow in the southeast.

The cyclone/jet feature evidently tilts with depth (cf. Fig. 2.4d). Finally, di-

rect comparisons were made between the raw ADCP velocities and the gridded,

non-divergent velocity field. The rms difference in the u-component (east-west)

was 0.054 m s1 and the rms difference in the v-component (north-south) was

0.062 m s1.

In the data reduction process, the SeaSoar density and ADCP data are treated

as synoptic. In reality, the survey took 60 hours (2.5 days) to complete, therefore,

the issue of temporal variability and its influence upon the objectively analyzed

fields needs to be addressed. The treatment of high-frequency internal tides has



27

38.0 °N

37.5 °N

127.0GW 126.5°W 126.0GW 125.5°W

38.0 N

37.5 °N

b -, I
_-2.7 / I

- / 1

.-. .1 / // II I/7 . ; I..
/ / -II -.-

-- I

........................
- ,- / / "I/I -3

1..........
29--

29/'

127.0°W 126.5°W 126.0°W 125.5°W

FIGURE 2.7 Data reduction process for ADCP data at 200 in: (a) raw ADCP
velocity vectors, (b) fitted non-divergent mean streamfunction (m2 s2), (c) ob-
jectively analyzed residual streamfunction, and (d) total interpolated streamfunc-
tion. The streamfunctions as shown have been scaled by f and are equivalent
to dynamic height. The bottom two panels also show the 0.1 error covariance
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already been discussed. Kosro (1994) traced the path of the cyclonic eddy at

the focus of SS1, using satellite SST images, over the period from April through

July 1993 and found that the cyclone translated WSW at an average speed of

0.05 m s'. At this speed, the cyclone would translate approximately 10 km

over 2.5 days. While translation of the eddy will affect the synopticity of the

objectively analyzed fields, the influence will be small considering the length scales

over which the gridded data are smoothed. Also, the observed decorrelation time

scales for temperature and velocity are between 2-3 days, as determined by the

first zero-crossing of the autocorrelation of temperature and velocity computed

from the time series of mooring data at 150 m.

2.5 GEOSTROPHIC VELOCITY

The absolute geostrophic velocity is calculated from the gridded three-

dimensional density and ADCP fields. We begin by calculating the geostrophic

shear from the gridded density field, via the thermal wind relation

ôu9 apPoJ- = g, (2.4a)

= g, (2.4b)

where Po is the average density cwer the entire volume, is the local Coriolis

parameter, u9 and vq are the geostrophic velocities, and p is the spatially variable

gridded density field. Calculations involving spatial derivatives of gridded fields

use centered finite differences on interior points and forward or backward differ-

ences on boundary points. The geostrophic velocity relative to 200 m is computed

by vertically integrating the geostrophic shear given by (2.4a) and (2.4b) from

a depth of 200 m where the geostrophic velocity is assumed to be zero (level-

of-no-motion). The geostrophic velocity field is made absolute by adding in the
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non-divergent ADCP reference velocity field at a depth 200 m (level-of-known-

motion). A depth of 200 m is chosen as the reference because the signal-to-noise

ratio of the geostrophic jet is largest at this depth.

In addition, we calculate the absolute dynamic height fields to enhance our

visualization of the horizontal flow fields. The absolute dynamic height is calcu-

lated by integrating the specific volume anomaly (from the gridded density field)

relative to 200 m, and adding in the reference ADCP streamfunction at a depth

of 200 m.

The geostrophic velocity field (as depicted by the absolute dynamic height

Fig. 2.8) shows the jet making a strong cyclonic meander and some recirculation

within the cyclonic eddy. The maximum geostrophic velocity is 0.9 in s and oc-

curs within the jet above 25 in. In general, the jet gains speed as the density front

strengthens near the southerii and eastern boundaries. The absolute geostrophic

velocities are strongest in the upper 50 in and weaken consistently below 100 in.

At 100 in, the jet meaiiclers over length scales of 20-30 km. There are particu-

larly strong short-scale cyclonic meanders located along the western edge of the

region (-126.5°E) near 37.85 and 37.5°N (see Fig. 2.8). At 300 in, the jet is still

noticeable especially in the northern part of the region, where the jet enters, and

there is still evidence of weak cyclonic circulation around the -2.9 m2 s2 contour

centered near 37.8°N, -126.0°E (see Fig. 2.8b).

As mentioned before, the center of the entire cyclonic feature shifts to the

southwest as depth increases (cf. Figs. 2.8a, 2.7d, and 2.8b). This implies a

tilting of the of the cyclone and jet. On the broader length scale, the jet meander

and cyclone are representative of a single streamfunction trough, and the position

shift with depth represents a phase lag between the trough location at one depth

versus the trough location at another. According to baroclinic instability theory,
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FIGURE 2.8 Absolute dynamic height(m2 s2) at (a) 100 m and (b) 300 m.
Dynamic height relative t,o 200 in is calculated from the gridded density field and
then referenced to the gricideci ADCP data at that depth to produce the absolute
dynamic height field.
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troughs in the streamfunction pattern near the surface should lag deeper troughs

along the direction of the mean flow (Pedlosky, 1987). This is consistent with

our observations (i.e., Figs. 2.8a, 2.7d, and 2.8b).

The relative vorticity field,

0v9 On9
(g- Ox Oy

was calculated from the absolute geostrophic velocity. The relative vorticity field

scaled by f at a depth of 100 m is shown in Fig. 2.9a. The relative vorticity

at this depth ranges from -0.4f to 0.6f. At shallower depths, relative vorticities

increase, exceeding +L0f in some locations well away from the boundary. The

main features seen in the map of ç are the strong cyclonic center at 37.8°N,

125.9°E corresponding to the eddy, surrounded by patches of varying positive and

negative relative vorticity. Comparing the location of these patches to the small

scale curvature in the density front, shows that local minima and maxima in the

relative vorticity field coincide with strong curvature in the density front. These

patches of ( are approximately 20-30 km across. There is also evidence of the

shear vorticity within the jet. Although the pattern is somewhat confused by the

presence of such strong curvature vorticity, there is a tendency for anticyclonic

relative vorticity to ring the cyclonic relative vorticity. This is most easily seen

in the southern and southeastern portions of the survey region where the jet runs

mainly east-west (see Fig. 2.9a).

The relative vorticity at 300 in (Fig. 2.9b) shows similar patterns, although

reduced in magnitude (anticyclonic and cyclonic maxima of -0.3f and 0.3f), as

the relative vorticity at 100 m. There is considerable vertical coherence in the

relative vorticity field. Also, the pattern consistent with shear vorticity within

the jet is apparent at 300 rn along the northern, western and southern edges of

the SS1 region.
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FIGURE 2.9 Maps of scaled relative vorticity g/f calculated from the
geostrophic velocity at (a) 100 m and (b) 300 rn. Relative vorticity ranges from
-0.4f to +0.6f at 100 m, and from -0.3f to +0.3f at 300 m.
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The geostrophic velocity and relative vorticity are large within this feature.

The Rossby number (given by the ratio of geostrophic relative vorticity to f) is

also large with a maximum of 0.6 at 100 m and exceeding 1.0 near the surface.

In high Rossby number flows with strong curvature in the streamfunctioii field,

the primary force balance will shift from theriiial wind to gradient wind. Iii

a low pressure cyclone with strong curvature the velocity field in thermal wind

balance will be stronger than the velocity field in gradient wind balance. A direct

comparison between the absolute geostrophic velocity field and the objectively

analyzed, non-divergent ADCP velocity field shows the geostrophic field to be

consistently stronger. The largest difference (0.60 in s') is observed at a depth

of 30 m near 37.5°N, -126.4°E, which corresponds visually to the location of

maximum curvature in the dynamic height field. The difference between the

gridded ADCP velocity field and geostrophic velocity field is consistent with the

gradient wind balance. The inclusion of gradient wind balance will be addressed

in a future paper aimed at making higher-order (in Rossby number) estimates of

the three-dimensional circulation.

2.6 VERTICAL VELOCITY

Vertical velocities are calculated using the Q-vector form of the QG omega

equation. The Q-vector equation is derived from the QG momentum and the

adiabatic density equations. By separating the total horizontal velocity field

(u, v) into a geostrophic component (ug, v9) and an order Rossby number (e)

assumed to be small (E .< 1) ageostrophic component ('ua, Va), the QG

momentum equations and adiabatic density equation may be written as

D9u9
fv0 = 0, (2.5a)
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+ ffla = (2.5b)

Da a a
+ Ug + V9Dtôt

Using the hydrostatic relation,

(2.6)

= pg, (2.7)
9z

the density equation (2.6) can be rewritten as

i+N2w=O, (2.8)
Po Dt az

where N is the buoyancy frequency

P0 Dz

We have retained the horizontal variability of N in (2.8). This is formally incon-

sistent with the QG approximation (see Pedlosky, 1987). By writing the total

density as

p(x,y,z,t) = P0 +(z) + ji(x,y,z,t),

where Po is a constant, is the background density profile in the absence of

motion and p' is the departure from that background, and non-dimensionalizing

under geostrophic scaling assumptions (thermal wind as the primary balance),

the ratio of p' to is

/
Q(L\

g'H) O(-F)
0(1) 0(1)



where is the Rosshy number

F is the internal Froude number

U

F
f2L2

g'H'
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the characteristic horizontal length scale is L, and H is the characteristic thickness

of a density layer. Thus, retaining the horizontal variability of N treats terms

of O(EF) as 0(1). The values of relative vorticity within the SS1 region (see

Fig. 2.9) certainly indicate that Rossby numbers approaching 0(1) are possible.

The Froude number F can be rewritten as the inverse Burger number, or the

square of the ratio of the geometric length scale (L) to the baroclinic deformation

radius (LR)

L2F=-.

The primary length scale of variability within the density field (Fig. 2.4d) and the

absolute dynamic height field (Fig. 2.8) is determined by meanders with wave-

lengths of 20-30 krn, and the relative vorticity field (Fig. 2.9) is dominated by

patches that are 20-30 km in diameter. Estimates of the first baroclinic deforma-

tion radius for the CCS are between 20-30 km (Chelton et al., 1997). Therefore,

F may be 0(1) as well as E. A future study will examine the consequences of

including higher-order terms consistently to obtain a diagnostic equation for w.

The geostrophic relation

1 ap
fug = (2.9a)

1 op
fvg = (2.9b)
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is then used to remove the time derivatives betweeii (2.5a), (2.5b), and (2.8) to

obtain the diagnostic relationship

12ôu0, = 2f(2. + , (2.lOa)

2DVa
f = 2f( + (2.lOb)

xDz DyDz

In the formalism developed by Hoskins et al. (1978), the right-hand sides of

(2.lOa) and (2.lOb) are defined as the coniponents of a vector Q. Invoking the

thermal wind relation (4), horizontal derivatives of the density field can be sub-

stituted for the geostrophic shear. The vector Q can then be expressed in the

more compact forni

Po Dx
(2.11)

where V is the horizontal divergence operator. Taking the divergence of the

vector Q yields

V2 (N2w) fo (+ ) = V Q. (2.12)

Since all divergence is due to the ageostrophic motion in the QG approximation,

the continuity equation

OUa DL'a Dw

ox Oy i9z

(2.13)

can he used to substitute the vertical derivative of w for the ageostrophic diver-

gence in (2.12). This yields the final form of the Q-vector equation

V2 (y2) + = V. Q. (2.14)

The Q.-vector equation is a Poisson equation in three dimensions. The forcing

terms and coefficieiits are all determined by the three-dimensional density and
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geostrophic velocity fields. All that is now required to solve the Q-vector equation

are boundary conditions. The surface (z = 0 m) boundary condition,

w(x,y,0) =0, (2. 15a)

is set by the rigid lid approximation consistent with quasigeostrophy. If the

density data extended to the bottom ('4000 m), the boundary condition would

be set by a no-normal-flow constraint,

Oh Oh
w(z, y, h) = _(Lg +

where h is the horizontally variable bottom depth. The SeaSoar-derived density

data, however, end at 310 m. There are two possible boundary conditions at

this depth: w equals zero (Dirichiet) or the first vertical derivative of w equals

zero (Neumann). The choice of boundary condition is arbitrary. The Dirichlet

boundary condition seems unlikely, though, considering that a depth of 310 ni

is within the main thermocline where there is more likely to be vertical motion

rather than the complete absence of vertical motion. Therefore, we set the vertical

derivative of w to zero at 310 in,

310 m) 0. (2.15b)

This assumes that the divergence at 310 m is zero, or that the flow at this depth

is dominated by the geostrophic flow. A comparison of the vertical velocities

diagnosed using the Dirichiet versus the Neuniann bottom boundary condition

reveals no qualitative change in the horizontal patterns of w. There is a quanti-

tative change in the magnitude of the diagnosed vertical velocities, though. The

difference between the vertical velocity field diagnosed using the Dirichlet versus

the Neumann bottom boundary condition was 1 m d1 at 100 in and ±3 m d

at 200 m.



The lateral boundary conditions are also indistinct. Following Rudnick

(1996), the horizontal boundaries are moved away from the region of interest.

This should minimize the effects of whatever boundary conditions are used. The

boundaries of the calculation extend approximately 15 km past the perimeter of

the region where data were collected. The lateral boundary conditions applied

are

Ow Ow.
y, z) = __(ea8t, y, z) = 0, (2.15c)

Ow Ow
(Z,Ysout,h,Z) = (X,Ynorth,Z) = 0. (2.15d)

To further minimize the effects of the horizontal boundaries, the divergence of

Q is set to zero outside of the 0.1 error covariance contour (see Figs. 2.4d and

2.7d). The Q-vector equation (2.14) is solved using the method of successive

overrelaxation with the forcing and coefficients given by the three-dimensional

density and geostrophic velocity fields and the boundary conditions (15).

The diagnosed vertical velocity field has a horizontal distribution that has

length scales similar to the relative vorticity. At 100 m, there are patches of

upwelling and downwelling approximately 20-30 kin in diameter (see Fig. 2.lOa).

However, at 300 rn the horizontal distribution of w has a larger (75 km) scale.

This is characterized by the separation of the vertical velocity field into a large

downwelling patch in the northwest and a similar sized patch of upwelling in the

southeast.

The strongest vertical velocities are located within the jet. There is a weak

downwelling region within the cyclonic eddy centered near 37.8°N, -126.0°E. The

weak vertical velocities within the eddy are consistent with the strong stratifi-

cation there (Fig. 2.6). Downwelling within the eddy is consistent with a low-

pressure cyclone. Ageostrophic pressure-driven flow would be into the eddy and
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then downward a a consequence of continuity and the proximity of the rigid

surface. As a result of this secondary circulation, Lagrangian drifters deployed

in the surface layers of the CCS may become trapped within cyclonic eddies.

Patches of alternating positive and negative w are aligned in series along the

jet. These patches are located in the vicinity of small scale curvature in the

density front and absolute dynamic height field (see Fig. 2.8). The maximum

vertical velocity is 0(40 m d1) for both upwelling and downwelling, and occurs

at a depth between 70-100 m (Fig. 2.11). The cletisity field exhibits the strongest

horizontal gradients between these depths, so forcing of the Q-vector equation is

likely to be strong as well.

At 300 in, the vertical velocity field is weaker (see Fig. 2.lOb), but the patterns

have remained coherent. At this depth, features with a broader length scale are

more apparent: downwelling upstream and upwelling downstream of the sharp

cyclonic bend in the density front. The pattern is also observable at 100 m

(Fig. 2.lOa), but is disrupted by the strong upwelling region at the western end

of line 5 (37.78°N).

The vertical distribution of w is generally of one sign between the surface

and 310 m with a maximum occurring between 70-100 m (Fig. 2.11). In certain

places, though, the vertical distribution of w is baroclinic (e.g., at -126.25°E in

Fig. 2.11c). This occurs outside of the jet in regions of weaker vertical velocity,

and the sign change occurs at approximately 50 m, near the base of the surface

mixed layer (see Fig. 2.11). At the base of the mixed layer, particularly above

the cyclonic eddy at -126.0°E along line 5 (37.78°N), the stratification is strong,

and the location of the strong stratification coincides with the change in vertical

velocity. This can be seen by comparing the vertical sections of raw density with

N overlain (Fig. 2.3) and vertical sections of w (Fig. 2.11).
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2.7 DISCUSSION

The fine resolution of SeaSoar density and ADCP velocity measurements dur-

ing SS1 allow for an unprecedented view of the physical characteristics of the

meandering jet and adjacent cyclone. Previous observations of the horizontal

velocities within similar jets in the CCS are comparable to those observed here

with speeds of 0.8-1.0 m s1 (Kosro and Huyer, 1986; Rienecker and Mooers,

1989; Kosro et al., 1991; Huyer et al., 1997). Estimates of in situ relative vor-

ticity within the CCS are few. In one study (Paduan and Niiler, 1990), relative

vorticity is determined from clusters of drifters. In two other studies (Kosro and

Huyer, 1986; Dewey et al., 1991), high-resolution ADCP transects are used to

estimate the shear vorticity within oceanic jets. Vertical motiomi has previously

been inferred from tracers (Flament et al., 1985; Kadko et al., 1991; Washburn

et al., 1991), or modeling studies (Haidvogel et al., 1991), with which we further

compare our results below. Chumbinho (1994) estimated vertical velocities asso-

ciated with the SS1 cyclone in May 1993 (when it was located inshore near Point

Arena) using a digital filtering technique applied to a primitive equation model

that was initialized with density data from a standard CTD survey. That study

had relatively coarse spacing between the CTD stations (10 km or more).

The diagnosis of vertical velocity here shows strong vertical velocities associ-

atecl with this meandering jet and adjacent cyclone. How would a water parcel

moving through this region be affected by the vertical velocity field? Comparing

the geostrophic velocity (Fig. 2.8) and vertical velocity (Fig. 2.10) fields gives a

rough idea of the three-dimensional circulation. As fluid moves through the re-

gion advecting with the geostrophic velocity, it encounters the 20-30 km patches

of vertical velocity, and subsequently advects up or down.
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To examine this behavior more closely, we follow the variation of w along

geostrophic streamlines. A map of absolute dynamic height contours at a depth

of 100 rn is shown in Fig. 2.12a with the trajectory of a water parcel following a

geostrophic streamline indicated by the heavy line. The water parcel was released

at 38.12°N, -126.03°E. The geostrophic trajectory was determined by linearly

interpolating the geostrophic velocity to the location of the water parcel and

integrating, using a time step of 0.02 days (approximately 0.5 hours), to find

the water parcel's next location. The local relative vorticity and vertical velocity

were also determined by interpolation and recorded as a function of time and

distance traveled along the streamline.

The chosen streamline lies nearly in the center of the jet, and passes through

several regions of strong vertical velocity (both upwelling and downwelling). The

variation of relative vorticity and vertical velocity versus distance traveled along

the streamline is shown in Fig. 2.12b. The water parcel moving along the stream-

line passes through small regions where vertical velocity and relative vorticity

reach local minima arid maxima. Peaks in the relative vorticity field are followed

immediately by peaks in the vertical velccity field. This is an indication of poten-

tial vorticity conservation. A water parcel moving with the geostrophic velocity

is advected into regions where relative vorticity is at a local maximum or mini-

mum. These regions of relative vorticity are associated with strong curvature in

the density front. As the water parcel moves past a local maximum/minimum in

relative vorticity, it enters a region where relative vorticity is changing rapidly.

In order to conserve potential vorticity, a water parcel must either stretch or

compress, which requires vertical motion.

The net vertical displacement of a parcel of water, starting from the north-

em end of the chosemi streamline, as it moves tl1rough the region is shown in
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Fig. 2.12c. This particular water parcel trajectory was chosen because it lies

nearly at the center of the jet. The net vertical displacement is calculated by

integrating the water parcel's vertical velocity along the geostrophic trajectory.

For the purpose of determining local values of geostrophic velocity, relative vor-

ticity, and vertical velocity, the water parcel is not allowed to change its vertical

position. This constraint is strictly in keeping with the concept of following a

geostrophic streamline, and it is consistent with the QG assuniption that the

range of vertical displacement is much smaller than horizontal displacement. By

constraining the water parcel to remain at a constant depth level, we avoid mixing

differently ordered terms in the QG approximation. To correctly represent the

full three-dimensional pathway, not only would the vertical velocity need to be

considered, but also the order Rossby number horizontal ageostrophic velocity.

Combining the information in Figs. 12a and 12c completes the picture of the

overall three-dimensional circulation. The water parcel initially sinks approxi-

mately 40 rn in four days, then moves into a region where it experiences relatively

no vertical displacement. Over the last three days the water parcel upwells ap-

proximately 25 in. Net vertical displacenient obtained by fitting a least-squares

line to the time-dependent displacements are 20-30 m over 2-3 days, result-

ing in net vertical velocities (the slope of the least-squares line) of 7-15 m d1

(Fig. 2.12c).

At a depth of 100 in, geostrophic trajectories of water parcels started 5 km

to the east and west of the original water parcel trajectory are analyzed in a

similar fashion (Fig. 2.13). The original water parcel traveled roughly within

the center of the jet, the parcel 5 km to the west (east) therefore lies within

the jet's anticyclonic (cyclonic) flank. The vertical displacements along alternate

geostrophic trajectories reinforce the previous results. Although the water parcels
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take different amounts of time to move through the region, their net. vertical

velocities remain 7-15 in d'. Likewise, the geostrophic trajectories of water

parcels started at the sanie horizontal location, but separated by 50 in in the

vertical, also have net vertical velocities of 7-15 in d', indicated by least-squares

line fits (Fig. 2.14). Since the geostrophic jet is strongly surface-intensified, the

deeper water parcel moves more slowly through the region (..43 days). Thus, it

spends more time within individual patches of vertical velocity and can upwell

and downwell as much as 55 m in 6-7 days (Fig. 2.14). Conversely, the shallower

water parcel undergoes less net vertical displacement, because it moves through

the region more quickly (6 days).

The geostropliic trajectories of water parcels started at the same horizontal

location, but separated by 50 in in the vertical, provide more evidence as to the

tilting of the entire cyclone/jet feature. The geostrophic trajectories systemati-

cally shift to the southwest from 50 m to 150 m (see Fig. 2.14 at 37.6°N, -126.4°E).

This supports the evidence seen in dynamic height field (Fig. 2.8 and Fig. 2.7d).

Also apparent in Fig. 2.12c is the superpositioning of two different scales for

vertical displacement. There is a large scale net downwelling followed by a net

upwelliiig, that occurs over a few days, or equivalently approximately 75 km,

and has an effective vertical velocity of 7-15 m d-'. Superposed on this motion,

though, is a much smaller scale vertical motion. These vertical motions occur over

a time scale on the order of a day, or a length scale of approximately 20 km, and

have strong vertical velocities (30-40 m d'). The large scale vertical displacement

is associated with the large scale meandering of the jet. These meanders are

caused by the inherent instability (baroclinic instability) of flows in thermal wind

balance. Baroclinic instabilities are typified by perturbations of the flow with

spatial scales of approximately 27r times the Rossby radius of deformation (about
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FIGURE 2.13 Plots of geostrophic trajectories and net vertical excursions by
water parcels. Three geostropliic trajectories at 100 m with their starting points
separated by 5 km are shown in the upper panel. The net vertical displacements
along those streamlines are shown in the lower panel. Different starting locations
are indicated by line thickness. Lines fit using least-squares to the upstream and
downstream portions of the data are shown dashed.
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FIGURE 2.14 Plots of geostrophic trajectories and net vertical displacements.
Three geostrophic trajectories started at the same horizontal location (38.12°N,
-126.03°E), but separated by 50 rn in the vertical (50, 100, and 150 m) are shown
in the upper panel. The net vertical excursions along those streamlines are shown
in the lower panel. Different starting locations are indicated by line thickness.
Lines fit using least-squares to the upstream and downstream portions of the data
are shown dashed.



150 kin for a full wavelength, or a 75 km diameter eddy). The smaller scale

vertical motion is associated with the strong local curvature of the density front,

one source of which may be small scale frontal instability. In a linear stability

analysis of a similar jet in the CCS, Barth (1994) identified two scales of baroclinic

instability: traditional baroclinic instability with a length scale of 2rrL'R and

a frontal instability with a length scale of 0(20 kin). Evidence exists in our

observations and derived fields for both of these length scales.

The primary time scales, determined from the net vertical motion at 100 m

(Fig. 2.12c), are 1-2 days (short period) and 3-4 days (long period). The short,

period is associated with short, horizontal length scales and strong vertical ve-

locities, while the long period is associated with translation around the entire

meander and weaker vertical velocities. These time scales can be compared to

the decorrelation time scale from the mooring data of 2-3 days, which is associ-

ated with the approximately 10 km translation of the cyclone arid jet meander

over 2.5 days. The slow translation of the eddy/jet is not likely to influence the

variability on either time scale. The short period variability simply happens too

quickly, while the effect of translation on the long period will be tc slightly alter

the horizontal trajectory of a water parcel.

The primary time scales for vertica.l displacement can also be compared to

the growth rate (approximately 1.5 days) and propagation speed (apljroximately

0.30 m s) of the frontal instability in Barth (1994). The propagation speed of

the frontal instability is of the same order as the horizontal advection speed of

water parcels. Near the surface, advection speeds are faster, at 100 in advection

speeds are approximately equal to the propagation speed of the frontal instability,

and deeper than 200 m advection speeds are slower. When the advection and

propagation speeds are comparable, water parcels trapped in frontal instabilities
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may undergo greater vertical displacement, similar to the enhanced ageostrophic

circulation predicted by Owens (1984).

During CTZ, a pair of studies inferred vertical motion from observations in

the CCS. Kadko et al. (1991) estimate subduction rates within cold filaments

of 25 m d', using a radioactive gas tracer, as well as chlorophyll and dissolved

oxygen concentrations. Washburn et al. (1991) use water mass characteristics to

infer slightly smaller subduction rates of 0(10 m d-1). Chumbinho (1994) finds

maximum vertical velocities of 20-22 in d' at a depth of 100-150 m. These

estimates fall within our diagnosed range of vertical velocity.

Features observed in SS1 and the modeling study by Haidvogel et al. (1991)

are similar. Using a primitive equation model with a realistic coastline and bot-

tom topography, forced by relaxing to a basic state which is a surface intensified

geostrophic equatorward jet, Haidvogel et al. examined the evolution that jet over

time periods of approximately 200 days. The jet becomes unstable and forms me-

anders which cause the jet to move 400-500 km offshore. The jet meanders pinch

off in 40-50 days usually forming a pair of eddies (cyclone and anticyclone). This

temporal evolution is consistent with the evolution of the cyclone observed in

SS1, which is evident in a series of SST images and ship surveys during the 1993

EBC program. For example, Kosro (1994) has followed the path of this cyclonic

eddy since it was first observed near Point Arena in May 1993 (Chumbinho 1994).

The values of relative vorticity and vertical velocity associated with a strong

cyclonic meander from the Haidvogel et al. primitive equation model study are

similar to those observed in SS1. Haidvoge! et al. report vorticities of 0.8f and

vertical velocities of 30-40 m d' at 200 m depth. The distribution of relative

vorticity and vertical velocity within the filament structure are similar between

the modeling study and the observations in SS1. The reported length scales of
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baroclinic instabilities in the model are on the order of 60-100 km (this represents

a half-wavelength). This would correspond to the length scales associated with

the general cyclonic curvature observed in the SS1 density data, represented by

the mean field (Fig. 2.4b). Haidvogel et al. also report the existence of smaller

scale frontal instabilities with an alongstream length scale of 30-50 km. Again,

features of this length scale are directly observed in SS1.

'WIiIS)[SJ ItS1I (S)F

A high-resolution SeaSoar and ADCP survey of a cyclonic jet meander and

adjacent cyclonic eddy in the CCS was performed as part of the 1993 EBC project.

The unprecedented resolution and synopticity of this survey provides a unique

view of mesoscale features in the CCS. It allows the diagnosis of vertical velocity,

and hence a realization of the full three-dimensional circulation associated with

these mesoscale features.

The SeaSoar derived density field shows a density front that has been de-

formed into a cyclonic meander. The density front is strongest between 70-

100 m. The ADCP measurements show a curreiit jet with maximum speeds

above 0.5 m s'that follows the cyclonic curvature of the density front. The

high-resolution of the SeaSoar and ADCP measurements make possible the ap-

plication of an OA with length scales much shorter than previously used in the

CCS. The mean decay scale is 20.0 km and the mean zero crossing is 20.6 km.

The geostrophic velocity fields, calculated from the objectively analyzed den-

sity data and referenced to the ADCP data at 200 in, depict a surface-intensified

jet with top speeds of 0.8-1.0 m s', and a cycloiiic eddy with closed circulation.

The entire eddy/jet feature is tilted with the center of the feature shifting to the
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southwest with depth. The relative vorticity field ranges from -0.81 to +1.2f

with the maxima occurring near the surface and is characterized by length scales

of 20-30 km. Relative vorticity varies most strongly within the jet.

The objectively analyzed density and ADCP data are used to diagnose the

vertical velocity field via the Q-vector form of the QG omega-equation. The

maximum vertical velocities are 40-45 in d1 for both upwelling and clownwelling

and occurred at depths between 70-100 in. The strongest variations of vertical

velocity are within the jet, and the area within the cyclone is weakly downwelling,

which is consistent with the inferred ageostrophic circulation surrounding a low-

pressure cyclone. At 100 in, the diagnosed vertical velocity field is dominated by

horizontal length scales of 20-30 km, but at deeper levels an underlying larger

('-..75 kin) characteristic length scale becomes appareiit. The two length scales

are consistent with frontal instabilities [length scale of 0(20 km)} and standard

baroclinic instabilities (eddy length scale -'-'75 kill).

Analysis of vertical motion along geostropliic streamlines indicates that net

vertical excursions by water parcels advecting with the geostrophic flow are on

the order of 20-30 m over 2-3 days. This corresponds to net vertical velocities

of 7-15 m d'The behavior of relative vorticity and vertical velocity along a

streamline indicate that this vertical motion is being induced by potential vor-

ticity conservation driven by changes in the relative vorticity.
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2.10 ESTIMATING THE CORRELATION FUNCTION

The objective analyses of the density and ADCP data require the specifica-

tion of a data correlation function and an estimate of the variance of random

measurement noise. In this application we use an isotropic density correlation

function of the form:

F(r) = = exp (-) cos (i) , (2.16)

where r is the separation distance, and we assume that the variance of the random

measurement noise is 10% of the variance of the measured data. This particu-

lar correlation function has been used to perform similar analyses in the CCS

(Denman and Freeland 1985; Huyer and Kosro 1987). In order to determine

the most appropriate values of the decay scale a and the zero crossing b/2, we

calculate the spatial correlation of the data at each vertical level, and then

fit the correlation function (2.16) using least squares. Spatial correlations calcu-

lated from the density data use 4 km wide bins. centered on 2, 6, 10,... 126 km.
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a (kni) b (km)

minimum 20.0 40.0

mean 22.0 41.2

maximum 30.0 44.0

TABLE 2.2 Residual density field correlation function parameters used in objec-
tive analysis.

The depth-averaged spatial correlation calculated from the bin-averaged o data,

the estimated mean o field, and the residual oj field are shown in Fig. 2.15. A

comparison of the three correlation curves demonstrates how important it is to

remove the spatially variable mean field. The correlation behaviors of the bin-

averaged raw data and mean field are quite similar, the correlation behavior of

the residual data is distinctly different. The decay scale and zero-crossing for

the residual field are clearly smaller than those of the mean field or bin-averaged

data. This emphasizes the need to remove the spatially variable mean field before

applying the objective analysis.

The values of a and b that result from fitting (2.16) to the correlation data

vary slightly with depth. Table 2.2 shows the minimum, mean, and maximum

values for the correlation parameters. The OA is carried out using the fitted

values of a and b at each vertical level. For comparison, recent studies which

have applied objective analysis to density (or dynamic height) data from the

CCS (e.g. Waistad 1991) obtain a decay scale of 50 km and a zero crossing of

60 kin.
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FIGURE 2.15 The depth-averaged spatially lagged auto-correlation for the. ver-
tically bin-averaged SeaSoar density data u (thin line), the mean deiisity field

(dashed), and the detided residual density field a (thick line).
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The objective analysis of divergent velocity data to gridded streamfunction

requires the specification of an isotropic correlation function for the streamfunc-

tion. We use the correlation function for the density field (2.16) with the same

fitted parameters. The dynamic height correlation function would, in general,

be more appropriate for this objective analysis; however, the decay scales and

zero crossings of the density correlation function are not substantially different

than the decay scales and zero crossings of the dynamic height correlation func-

tion. The longitudinal and transverse velocity correlation functions, derived from

(2.16) are

( r2\12 irr ItT
11(r) = exp cos () + sin () (2.17)

( r2 \ 1 2 / 2r2 \ it2] irr 4r it rr 1S(r) = exp --j) 1 i-) + cos (-i-) sin (-i-) . (2.18)

From R and S, we derive the auto-correlation and cross-correlation functions

required to perform the objective analysis of ADCP velocity data to form a non-

divergent streamfunction:

= cos2 0 [R() S(r)] + S(r), (2.19)

= sin2 0 [R(r) S(r)] + S(r), (2.20)

C,, = cos 0 sin 0 [R(r) S(r)] (2.21)

C, = rsin0R(r), (2.22)

= -_-rcos0R(r) (2.23)

where g is the gravity constant, f is the Coriolis parameter, and 9 is the angle

between r (the separation vector) arid the x axis.
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3.1 ABSTRACT

Several diagnoses of three-dimensional circulation, using density and velocity

data from a high-resolution, upper-ocean SeaSoar and acoustic Doppler current

profiler (ADCP) survey of a cyclonic jet meander and adjacent cyclonic eddy

containing high Rossby number flow, are compared. The Q-vector form of the

cuasigeostrophic omega equation, two omega equations derived frorii iterated

geostrophic intermediate models, and a vertical velocity diagnostic using a prim-

itive equation model in conjunction with digital filtering are used to diagnose

vertical and horizontal velocity fields. The results demonstrate the importance

of the gradient wind balance in flow with strong curvature (high R.ossby num-

ber). Horizontal velocities diagnosed from the iterated geostrophic model, which

includes dynamics between those of quasigeostrophy and the primitive equations,

are significantly reduced (enchanced) in comparison with the geostrophic veloci-

ties in regions of strong cyclomc (anticyclonic) curvature, consistent with gradient

wind balance. The iterated geostrophic relative vorticity field is functionally re-

lated to the geostrophic relative vorticity field; anticvclonic vorticity is enhanced

and cyclonic vorticity is reduced. The iterated geostrophic and quasigeostrophic

vertical velocity fields are similar in spatial pattern and scale, but the iterated

geostrophic vertical velocity is reduced in amplitude compared with the quasi-

geostrophic vertical velocity. This reduction is consistent with gradient wind

balance, and is due to a reduction in the forcing of the omega equation through

the geostrophic acivection of ageostrophic relative vorticity. The vertical veloc-

ity diagnosed using a primitive equation model and a digital filtering technique,

also exhibits reduced magnitude in comparison with the quasigeostrophic field. A

method to diagiiose the gradient wind from a given dynamic height field has been

developed. This technique is useful for the analysis of horizontal velocity in the



62

presence of strong flow curvature. Observations of the nondivergent ageostrophic

velocity field measured by the ADCP compare closely with the diagnosed gradient

wind ageostrophic velocity.

3.2 INTRODUCTION

The seasonally energetic California Current system (CCS) often exhibits sharp

frontal features, such as cold filaments, particularly during upwelling season

(Strub et al., 1991). Stroing fronts in the density field are accompanied by large

along front geostrophic currents and large relative vorticities (Kosro and Huyer,

1986; Onken et al., 1990). Associated with fronts and strong geostrophic currents

are potentially sizable secondary or ageostrophic circulations, including vertical

motion. Ageostrophic circulation at a front is required to offset the tendency for

thermal wind to destroy itself (Hoskitis et al., 1978).

Determination of the three-dimensional circulation associated with mesoscale

features is complicated primarily by our inability to accurately measure the ver-

tical velocity w. Hence, indirect methods for estimating w from observable fields

are required. In the absence of information about temporal evolution, the Q-

vector form of the quasigeostrophic (QG) omega equation (Hoskins et al., 1978)

is a useful technique for diagnosing the vertical circulation fronri the observed,

synoptic density and ge.ostrophic velocity fields, such as provided by a single hy-

drographic survey. Recently, the QG diagnosis of three-dimensional circulation

has been successfully applied to oceanic data sets (Viiidez et al., 1996; Ruclnick,

1996; Allen and Smeed, 1996; Shearman et al, 1999).

The applicability of QG dynamics to mesoscale features is limited in the

presence of large Rossby number flow. Hence, the QG diagnostic methods may
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Corresponding to the position of the jet meander, a cold filament can be seen

in sea surface temperature (Fig. 3.1) making a sharp cyclonic turn in the SS1 sur-

vey region. The ship track for SS1 relative to this feature is also shown (Fig. 3.1),

demonstrating the high spatial resolution of this survey. The SS1 density field

(Fig. 3.2) was characterized by a curvilinear front that follows approximately

the same cyclonic path as the surface filament. As reported by Shearman et al.

(1999) the density front was strongest between 70lOU in and weakened below

these depths. The geostrophic velocity field, referenced to the objectively an-

alyzed ADCP data at 200 in (constrained through the objective analysis to be

nondivergent), showed a surface-intensified jet with a maximum speed of 0.9 in s

that followed the density front along the cycloriic meander. Geostrophic relative

vorticity within the jet ranged from -0.81 to 1.2! at the surface, where f is the

local Coriolis parameter. The diagnosed cuasigeostrophic vertical velocity field

was characterized by two length scales: a large (-'75 km) pattern of downwelling

upstream and upwelling downstream of the primary cyclonic bend; and smaller

(20-30 km) patches associated with similar scale meanders in the jet. The max-

imum vertical velocity was 40-45 in d' and was found within the jet between

depths of 70lOU in.

The objectives of this paper are to compare existing methods and to develop

techniques that are more accurate than QG for diagnosing three-dimensional

circulation in the presence of large Rossby number flow. In addition, the dynamics

of mesoscale features are examined, emphasizing the importance of the gradient

wind balance in features with strong flow curvature.

The remainder of this paper is organized as follows: Sectioii 2 describes it-

erated geostrophic intermediate models and the development of the associated

horizontal and vertical velocity diagnostics; Section 3 covers the diagnosis of
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FIGURE 3.1 (top) Satellite SST image (2300 UTC 29 June 1993) of the SS1
survey region, showing a filament of cold water, associated with a strong current
jet and density front, making a sharp cyclonic turn. (bottom) The SS1 survey
region is expanded, and the shiptrack for SS1 is overlaid. The indicates the
location of CTD casts used to determine extended data set, and the ® indicates
the current meter mooring location.
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FIGURE 3.2 SS1 objectively analyzed u (kg m3) at (a) 100 m and (b) 200 m.
Contour interval is 0.1 kg nr3. The region within the thick gray contour ha an
error covariance (from the objective analysis) of less than 10% of the raw data
variance. Observation data points are indicated by the small black dots.
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three-diineiisional circulation using the primitive equations and digital filter ini-

tialization techniciue; Section 4 (along with Appendix A) recapitulates gradient

wind theory and describes a method for diagnosing the gradient wind from a

synoptic dynamic height field; Section 5 discusses the results of the different di-

agnostic techniques vis-à-vis the gradient wind balance; and Section 6 summarizes

the preceding material.

3.3 ITERATED GEOSTROPHIC MODELS

Iterated geostrophic models (denoted IGn where n is the iteration number),

developed by Allen (1993), contain physics between quasigeostrophy and the

primitive equations. Iterated geostrophic models provide a systematic method

for extending model dynamics to higher order in Rossby number. IGO is the

geostrophic balance, and the subsequent iterated geostrophic models expand upon

the geostrophic balance to increase the model's accuracy in powers of Rossby

number. The inviscid, f-plane relationships between model iterations, where all

variables are iiondimensional and n again signifies the iteration number, are given

by (Eqs. 7a,b,c in Allen, 1993)

= + e[v Cu Krn,] (3.1)

Vn+1 = øx + E[u K] E2'wn,, (3.2)

= -S[q5 + V (u) + e(w)], (3.3)

where the subscripts x,y,z and t indicate partial derivatives and V is the hori-

zontal gradient operator. The Rossby number E is defined as

= (3.4)



where U, L and f are the characteristic velocity and lengths scales and local

Coriolis parameter, respectively. The horizontal velocity is u = (u, v) and the

three-dimensional velocity is u3d = (u, v, ew), where u, v, ew are the nondimen-

sional eastward, northward and vertical velocity components, respectively. The

pressure field is , ( = k V x u is the vertical component of relative vorticity (k

is the unit vertical vector), K = + v2) is the kinetic energy per unit mass,

and

pr2 (z)H2
S()

L2f2

where H is the characteristic height scale, is the nondimensional Burger num-

ber, based on the buoyancy frequency N(z). The following derivation of iter-

ated geostrophic three-dimensional circulation diagnostics uses nondimensional

variables. The principal diagnostic equations used in this paper are given in

dimensional form in Appendix B.

3.3.1 IG1

The zero-order geostrophic balance is defined as

= -, V0 = c, w0 = 0. (3.5)

Note that there is no zero subscript on the pressure field, which is assumed to be

known arid is not expanded in . The tendency (time derivative) of the pressure

field, however, is expanded in e. Consequently, the tendency of the geostrophic

pressure field is denoted The horizontal momentum and density equations

in IG1 are the same as in QG:

v1 = çt + e[-5o .1(0, )], (3.6)



UI + E[Øot J(, (3.7)

Sw1 Otz (3.8)

where J(a, b) = ab ab is the Jacobian operator. Likewise, the IG1 omega

equation is identical to the QG omega equation (w1 = wqg). The IG1 omega

equation is derived from the IG1 density equation (3.8) and vorticity equation,

formed by taking the curl of the momentum equations (3.6) and (3.7),

= V2ço + J(, V2Ø), (3.9)

where V2 = ( and V20 = .
The continuity equation

V . Ui = EV2i = -EW, (3.10)

where Xi is the IG1 divergent velocity potential function, has been used to replace

horizontal divergence with the vertical derivative of the vertical velocity on the

left hand side (LHS) of (3.9). The time derivative of the pressure field can be

eliminated by adding ô (3.9) and V2 (3.8). This yields the iionclimensional IG1

onlega equation

V2Sw1 + w' = &J(, V2ç) V2J(çS, cz). (3.11)

The first term on the right hand side (RHS) is referred to as the differential

vorticity advection (Holton, 1972) and represents the contribution to vertical

velocity caused by the stretching and compression of vortex tubes, required by

the conservation of potential vorticity in response to the advection of geostrophic

relative vorticity. The second term on the R.HS is the negative Laplacian of

thickness advection, which is proportional to thickness advection itself (Holton,

1972), and represents the contribution to vertical velocity caused by the direct

displacement of isopycnals. The forcing of the IG1 omega equation (3.11) can be

reformulated into the nondimensional Q-vector form (Hoskins et al., 1978),
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V2Sw1 + w = V Qi, (3.12)

Qi = -2(uo VO,u0 VO),

where is the negative perturbation density, such that the total nondirnensional

density field is given by

p(x, y, z, t) = P0 + O(x, y, z, t).

The Q-vector form of the QG omega equation has been applied to oceanic data

sets previously (Viildez et al., 1996; Rudnick, 1996; Allen and Smeed, 1996;

Shearman et al., 1999). The solution procedure for the QG/IG1 omega equation

follows Shearman et al. (1999). The horizontal boundaries of the computational

region are moved away froiii the area of interest. This should minimize the

influence of the lateral boundary conditions, which are w = 0 on the east-

west boundaries and w, = 0 on the north-south boundaries. Furthermore, the

divergence of Q is set to zero outside of the 0.1 error covariance contour (denoted

by the thick gray line in Fig. 3.2). The boundary condition at the surface is w = 0,

and at the bottom of the computational region the boundary condition is w = 0.

A slight change has been instituted here in anticipation of the application of the

PE/DFI vertical velocity diagnosis, which uses w = 0 at a flat, solid bottom

boundary. The bottom boundary of the computational region has been extended

from 310 m to 510 m to isolate the results obtained in the upper 310 m from the

influence of the bottom boundary condition.

Coarse resolution, nonsynoptic, deep hydrographic data from an EBC cruise

(Kosro et al., 1995) were used to extend the SS1 SeaSoar density data below

310 m. Twenty-seven conductivity-temperature-depth (CTD) casts to at least

500 m were conducted between 9 May 93 and 11 Jul 93. The sampling pattern

forms a cross, intersecting the curved density front (Fig. 3.2) at three separate
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places. The CTD data were gridded using standard objective analysis follow-

ing Shearman et al. (1999) with historical covariance parameters a=55 km and

b=120 kin (Walstad et aL, 1991). Although the sampling pattern resolves only

the coarse length scales and the data are not synoptic, this is not detrimental to

the analysis. In the IG diagnoses, the CTD data will only be used to extend the

bottom bouiidary away from the high-resolution, quasi-synoptic SeaSoar data re-

gion. As with the lateral boundary conditions, the forcing of the omega equation

is set to zero outside of the SeaSoar data region (below 310 in). This technique is

similar to extending the density data assuming a constant N2 (Rudnick, 1996),

but is preferable since it is based on actual data. For SS1, extension using con-

stant N2 gives unrealistic densities aiicl maiiitains the horizontal density gradients

from 310 m on down. This is not an issue for the diagnosis of vertical velocity

using the omega equation, since the RHS forcing is set to zero in the extended

data region. However, in the PE/DFI diagnosis, the large density gradients in

the deep region yield unrealistically large geostrophic velocities, and the diagno-

sis is obviously affected. By using actual data to extend the density field, these

problems are avoided.

The dimensional QG/IG1 vertical velocity field (wi = wqg) (Fig. 3.3) has been

diagnosed by solving the dimensional form for (3.12), using the above boundary

conditions. A complete description of the QG vertical velocity field for SS1 is

given in Shearman et al. (1999). The rms difference between the QG/IG1 vertical

velocity Wqg diagnosed using the extended boundary condition and the wqg field

diagnosed using 'w = 0 at 310 m (i.e., as used in Shearman et aL, 1999) is

0.8 in d, whereas the rms of w1 itself is 9.4 m d.

Oiice the QG/IG1 vertical velocity has been calculated, the complete

(geostrophiic and ageostrophic) IG1 horizontal velocity can be diagnosed. The
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FIGURE 3.3 IG1/QG vertical velocity w1 (ni d) diagnosed from the dimen-
sional form of (3.12) at (a) 100 m and (b) 200 m. Contour interval is 10 m d1
with thick contours -30, 0 and 30 m d1.
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IG1 horizontal velocity field can he separated into its rotational and divergent

components

U1 = U11? + U1D,

= k x V'1 + EVXi,

where u11? and U1D are the rotational and divergent velocity components deter-

mined from the IG1 streamfunction and velocity potential Xi, respectively,

and k is the unit vertical vector. The rotational IG1 velocity field is calculated

from the divergence of the momentum equations (3.6) and (3.7)

V2''1 = V2th 2J(c, c5,). (3.13)

Since V21 = (i and V2Ø = (, this expression can also be written as a relation-

ship for the IG1 relative vorticity

(i = o + 2J(vo, 'uo). (3.14)

The ageostrophic relative vorticity is therefore given by s2J(vo, u0), which has

been identified previously by Keyser et al. (1992). The elliptic operator in (3.13)

is inverted using successive overrelaxation and the boundary condition

n (k x V''1) = u0, (3.15)

where n is the unit normal vector pointing out of the boundary. Using the

geostrophic velocity in the boundary condition is formally an approximation to

the actual boundary condition as evident in the IG1 momentum equations (3.7)

and (3.6). However, since the lateral boundaries are far away from the region

of interest, the neglect of higher-order terms in the boundary condition will not

make a significant difference. The IG1 rotational velocity field and streamnfunction

(Fig. 3.4a) show both the large scale cyclonic and small scale meanders exhibited
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by the geostrophic velocity field and dynamic height (cf. Fig. 8 Shearman et al.,

1999). The maximum speed iii the IG1 rotational velocity field is 0.80 rn s1,

which is less than the maximum geostrophic speed of 0.90 rn s1.

Once the QG/IG1 vertical velocity field has been diagnosed from (3.12), the

divergent velocity field can be determined from the dimensional form of the conti-

nuity equation (3.10). There are no obvious physical boundary coiiditions for this

relationship when the lateral boundaries are open. Therefore, the dimensional

form of (3.10) was solved for using both Dirichlet and Neuinaimn boundary

conditions. The solutions had an rrns difference of 0.001 m s1 compared with

a mean divergent velocity of 0.01 in s-1. For the following analysis, the Neu-

mann boundary condition was used. The divergent velocity field and velocity

potential (Fig. 3.4b) indicate a large scale convergence towards the center of the

cyclonic low. There are also smaller scale convergent and divergent features.

For example, the region of divergence within the downwelling patch at 126.5°W,

37.65°N and the region of convergence within the upwelling patch at 126.0°W,

37.6°N. The divergent velocity field at 100 m (Fig. 3.4b) is in general below

the depth of maximum vertical velocity, thus divergence (convergence) within

a downwelling (upwelling) patch is consistent with the intuitive expectation of

surface convergence (divergence) leading to downwelling (upwelling) leading to

divergence (convergence) at depth. The divergent velocity field is strongest near

the surface with speeds of up to 0.1 m
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3.3.2 1G2

The derivation of the 1G2 omega equation follows the same steps as the

QG/IG1 omega equation. The 1G2 vorticity and density equations (3.30a,b and

3.24c in Allen, 1993) are written as

= + J(b1, (i) + E{ + V LwiViz + iVi]} + 62J(wi, Xiz), (3.16)

Sw2 = J(t1, &) (V1) + ("iq')I, (3.17)

where

and

= ot + Et, (3.18)

= 2[J(0, ç5,,) + qot)1, (3.19)

recall that V21 = ( and V2 = . To eliminate the time derivative of the

IG1 pressure field , take 9 (3.16) and V2 (3.17), and add to get the 1G2

omega-equation:

V2Sw2 + w2 = aJ(1,(1) V2J(1,) +

e{D[ + V (w1V1) + V (iVxi)] V2[V. (Vx1) + (wiqz)z]} +

&2{DJ(w1, Xiz)}.

Once the IG1 solution is obtained, the RHS of the 1G2 omega equation is

completely determined in the same way that the RHS of the QG/IG1 omega

equation is completely determined by the IGO or geostrophic solution. The values

of Otx and Oty in (3.19) are computed from the IG1 momentum equations (3.6)

and (3.7). A corresponding Q-vector form for the 1G2 omega equation has not

been found.

(3.20)
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Without the 0(E) and 0(E2) terms, the 1G2 omega-equation is identical

to the QG omega equation (3.11) with the geostrophic advecting velocity and

geostropliic relative vorticity replaced by the IG1 rotational velocity and relative

vorticity

V2Sw + = '9J(/'1, V2') V2J(z'i, Ø), (3.21)

where the superscript 2d denotes the limitation to horizontal advection on the

RHS. This clipped forcing has the same contributing terms as the QG/IG1 omega

equation (horizontal advection of relative vorticity and thickness), however tile

advecting velocity is the IG1 rotational velocity field and the advected relative

vorticity field is the IG1 relative vorticity. The 1G2 diagnosis differs from the

geostrophic momentum approximation in that the advection of ageostrophic rel-

ative vorticity contributes to the forcing of vertical motion. Likewise, the clipped

forcing for the 1G2 omega equation differs from the QG/IG1 omega equation

through the inclusion of the geostrophic advection of ageostrophic relative vortic-

ity and the nondivergent ageostrophic advection of thickness and relative vorticity

(both geostrophic and ageostrophic).

The full RHS of the 1G2 omega equation (3.20) can be reformulated to em-

phasize the three-dimensional advection of relative vorticity and thickness

V2Sw2 + W2z = ô (u V:]d(1) V2 (uj V3d0) +

E{i [ + k (Vw1 x u1) - Ciwi]}, (3.22)

where V3d is the three-dimensional gradient operator. Note, the. 0(E2) term from

(3.20) has been incorporated into the 0(E) terms, and similarly some 0(E) terms

from (3.20) have been incorporated into the 0(1) expressions, through the use of

the total IG1 velocity



U3d1 (nil?. + EU1D, V1R + V1D, EW1).

In the full 1G2 omega equation, the advection terms are three-dimensional. In

addition to the geostrophic and ageostrophic horizontal advection terms included

in the clipped forcing, the full 1G2 omega equation includes advection of relative

vorticity and thickness b the divergent velocity field (Uifl,VID,W1). The three

additional forcing teriris in (3.22) are related to the evolution of the absolute IG1

vorticity field through the baroclinic production (solenoidal), tilting/twisting and

divergence terms in the vorticity equation (see Pedlosky, 1987). This formula-

tion highlights the utility of the iterated geostrophic intermediate models. At

each iteration, the physics are systematically made more inclusive, and each new

term is easily identifiable. The solution procedure for both 1G2 omega equations

(3.21) and (3.22) implemented here uses the identical boundary conditions as the

QG/IG1 solution.

The IG2 vertical velocity fields, w (Fig. 3.5) and w2 (Fig. 3.6), have simi-

lar spatial scales and patterns as the QG/IG1 vertical velocity (Fig. 3.3). The

signs of w and w2 match the sign of wqg at 88% and 86% of the grid points,

respectively. The general consensus within the literature states that Wqg is of-

ten qualitatively accurate iii describing the actual vertical velocity (Davies-Jones,

1991), but quantitatively Wqq tends to overestimate the actual vertical velocity

(Pinot et al., 1996). Of the grid points where Wqg > w2, the 1G2 vertical ve-

locity field shows 36% weaker downwelliTlg velocities and 45% weaker upwelling

velocities. The maximum upwelling and downwelling velocities for w2 and w

are shown in Table 3.1.

The absolute maximum upwelling and downwelling velocities for w2 and the

maximum upwelling velocity for 'w are greater than the QG maxima, however,

those maxima occur over a smaller area (cf. Fig. 3.3, Fig. 3.5 and Fig. 3.6).
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FIGUR.E 3.5 1G2 vertical velocity w (in d-') diagnosed using (3.21), which
includes only the 0(1) terms on the R.HS of the full 1G2 omega equation, at (a)
100 m and (b) 200 m. Contour interval is 10 in cL1 with thick coiitours -30, 0
and 30 m d'.
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FIGUR.E 3.6 1G2 vertical velocity w2 (in d') diagnosed, using the full forcing
of the 1G2 omega equation (3.22), at (a) 100 in and (b) 200 m. Contour interval
is 10 m d-' with thick contours -30, 0 and 30 in d'.



max w max iü avg w mm mm w

( rn d) ( rn d') ( m cl_i) ( m d1) ( rn d1)

Wqg 39.0 (90 rn) 11.8 (80 m) -0.8 (290 m) -10.8 (80 m) -45.8 (40 m)

w2 45.2 (80 rn) 9.7 (70 m) -2.0 (220 m) -9.4 (80 m) -50.4 (50 m)

w 48.0 (90 rn) 9.7 (80 m) -1.8 (260 rn) -9.6 (90 rn) -39.5 (80 m)

w 34.2 (120 m) 10.1 (100 m) -0.6 (200 m) -9.3 (100 m) -33.4 (100 m)

TABLE 3.1 Vertical velocity comparison.

Area-averaged vertical velocity at a given depth is computed via

(z) = fw(zy.z)dA

II

(3.23)

where A is the total area over which the vertical velocity is acting (always con-

strained to lie within the 10% error covariance). Area-averaged upwelling (down-

welling) is computed froiñ (3.23) over the area (A) where w > 0 (w < 0). The

inaxinium area-averaged upwelling and downwelling velocity for w2 and wd is

less than Wqg. The area-averaged vertical velocity for both w2d and 102 is clown-

welling at all depths (Fig. 3.7), and the magnitude of the area-averaged ver-

tical velocity increases with depth. This reinforces the view of a developing

low-pressure cyclone as a horizontally convergent, net-downwelling feature (see

Gill, 1982, Sectioii 12.10). The area-averaged QG vertical velocity (Fig. 3.7) is

positive (net-upwelling) above 150 in, reaching a positive maximum at 70 rn. The

area-averaged QG vertical velocity gradient implies divergence above 70 in and

convergence below, while the 1G2 area-averaged vertical velocity gradients imply

convergence at all depths. The difference is due to the neglect of ageostrophic



motion in the QG analysis. Because there is mean convergence and sinking mo-

tion in this cyclonic system (more evident in the higher-order estimates), one

suspects that it may still be intensifying. This was confirmed by computing

from (3.9) and (it from (3.16), which (averaged over the entire volume) were both

positive.

Finally, using the diagnosed 1G2 vertical velocity w2, the total 1G2 horizontal

velocity can be computed. The divergent component is calculated from the 1G2

continuity equation

V. U2 = 6V2X2 = -EW2z, (3.24)

using the same boundary conditions as when solving for Xi The rotational

component is diagnosed from the divergence of the 1G2 momentum equations

= V2 E2J ('1x, '1y) +

E2 {v2x1 + J (xi, (1) + V2J (L', x) J (wi, J')} +

c {v. (wiVxi) + (x + x) }, (3.25)

where only the 0(1) and 0(c) terms have been retained. The IG1 rotational

velocity is used as the boundary condition. This relationship is similar to the

nonlinear balance equation.

3.4 PRIMITIVE EQUATION/DIGITAL FILTER INITIALIZATION

An alternative method for diagnosing secondary circulation is achieved

through the coupling of a primitive equation (PE) model and a low-pass digital

filter, the so-called digital filter initialization (DFI). The DFI technique, devel-

oped for numerical weather prediction by Lynch and Huaiig (1992), involves the

initialization of a PE model (Haney, 1985) with the observed density and velocity
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propagate in the PE model (Fig. 3.8). The small scale meanders are associated

with strong vertical velocities (Shearman et al., 1999). The propagation of these

meanders will affect the value of filtered fields. Thus, the choice of integration

times will influence the results. From the pre-filtered, time-dependent density

field in the PE model (Fig. 3.8), the propagation of these instabilities call be

tracked. Propagation speeds range from 0.13 in s to 0.32 m s1.

The filtered density field is slightly altered from its initial state (Fig. 3.2),

due to the adjustment processes in the PE model. This adjustment is small, the

rms difference between the original and filtered density fields is 0.007 kg m.

The DFI vertical velocity field (Fig. 3.9) is similar in pattern to the QG vertical

velocity field. The maximum upwelling velocity is approxiniately 34 in d and

the maximum downwelling velocity is 33 in d at about 100 rim (see Table 3.1).

Visually, there appears to be little difference between the QG and DFI vertical

velocity fields, except for a general reduction in tile magnitude of vertical velocity.

As with the intermediate model diagnostics, the spatial patterns are cjuite similar;

the sign of 'wpe matches the sign of w at 84% of the grid points. Of the grid points

with IWqg > IWpeI, there is an average 36% reduction in w1 for downwelling and

35% reduction for upwelling. The area-averaged PE vertical velocity (Fig. 3.7) is

similar to the area-averaged QG vertical velocity.

3.5 GRADIENT WIND

In order to explain the dynamics and the diagnostic estimates of secondary cir-

culation, the simplest higher-order model, the gradient wind balance, is explored.

At synoptic length scales, tile primary balaiicc of forces iii the ocean is between

the horizontal pressure gradient arid the Coriolis forces, the geostrophic balance.
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FIGURE 3.8 Primitive equation model density fields o (kg m3) at 100 m from
model time (a) t = -9 hours, (b) t = 0 hours and (c) t = 9 hours. The heavy line
signifies the location and propagation along the front of a small scale meander
trough.
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FIGURE 3.9 Vertical velocity Wpe (m d1) diagnosed using the PE/DFI tech-
nique at (a) 100 rn and (b) 200 m. Contour interval is 10 m d1 with thick
contours -30, 0 and 30 m d'.
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The geostrophic balance is strictly applicable only to flow along straight dynamic

height contours (Holton, 1972). When dynamic height contours curve, the ap-

propriate force balance is among the Coriolis, pressure gradient and centrifugal

forces, the gradient wind balance. In SS1, theY strongly curved flow suggests the

appropriateness of the gradient wind balance.

Using a natural coordinate system following Holton (1972), the cross-stream

momentum balance for time-independent, two-dimensional flow parallel to dy-

namic height contours is

V2-+fv =,
R

(3.26)

referred to as the gradient wind equation, where V is the horizontal speed (a

positive definite scalar), is the geopotential field and R is the radius of curvature

of the flow where R > 0 indicates cyclonic curvature (see Appendix A for further

definitions). The centrifugal force is given by V2/R, the pressure gradient force is

given by a/an, and the Coriolis force is f V. Time geostrophic approximation

f9 =

is recovered from (3.26) as R - +oo (flow without curvature), and the gradient

wind equation can be rewritten

V2 + IV = fV9. (3.27)

For the following analysis, it is assumed that streamlines and water parcel

trajectories are equivalent as would be the case for steady-state motion (Batche-

br, 1967). The effects of this assumption are quantifiable, with the primary error

coming fromim the large scale advection of the mesoscale pattern of streamlines

(Holton, 1972). When a steady-state is assumed and the geopotential field is



known, the radius of curvature for water parcel trajectories is completely deter-

mined (see Appendix A). Given the geopotential field and the radius of curvature,

the quadratic gradient wind equation (3.27) can be solved

v ± (R2f2 +afV)112. (3.28)

By choosing to seek regular solutions (see Appendix A) and defining a Rossby

number based on radius of curvature

ER = (3.29)

the solution to the gradient wind equation becomes

2V
17 - '9

1'2'
1+(1+4ER)'

for regions of both cyclonic and anticyclonic curvature (see Appendix A for so-

lution details). Regions of positive (negative) ER indicate cyclonic (anticyclonic)

curvature.

The horizontal distribution of ER (Fig. 3.lOc) is similar to the geostrophic and

IG1 relative vorticity fields (Figs. 3.lOa,b). The magnitude of ER is consistently

weaker than the magnitude of /f and '/f. This is to be expected, because

E is an approximation to the curvature vorticity (the largest values of ER, overlie

the most strongly curved portions of the density front ), and the difference then

is due to shear vorticity. At 100 m, the maximum positive (negative) value of ER

is 0.47 (-0.25) compared with values of maximum geostrophic relative vorticity

(scaled by f) of 0.69 (-0.40). As mentioned in Appendix A, to assure real values

for the velocity field in gradient wind balance, the magnitudes of negative ER are

constrained to be no more than 1/4. For ER < 0 over the entire survey region,

ER exceeds 1/4 at only 3.7% of the grid points and exceeds 0.35 at 0.7%, all

above 100 m. Near the surface, 6R attains its largest values of 0.82 (40 m) and



-0.53 (0 m). In the analysis presented here, the few grid points where ER < 0 and

ER > 1/4 are reset to a maximum negative value of -0.25.

For SS1 at the surface, the gradient wind velocity V is on average 0.12 in

faster in anticyclonic regions (ER < 0) aiicl 0.06 m s slower in cyclonic regions

(E11 > 0) than V, with a maximum increase of 0.71 m s and decrease of

0.19 in s1. At lOOm, the gradient wind velocity field is on average oniy 0.02 m s1

faster and 0.02 in s1 slower, with a maximum increase of 0.18 ms1 and decrease

of 0.07 iii s1. The calculation of gradient wind velocity is sensitive to large

values of negative ER.; the gradient wind velocity l7 rapidly approaches 2V as

ER approaches -0.25 (Fig. 3.18). The maximuni speed increase seen iii the gradient

wind velocity field corresponds to a region where 6R = 0.25. By asserting the

geostrophic momentum approximation (Hoskins, 1975), an approximate gradient

wind velocity that is less sensitive to negative values of ER can be computed

(see Appendix A). At the surface, this approximate gradient wind velocity field

9?Th is on average 0.07 in s- faster in anticyclonic regions and 0.07 In S' slower

in cyclonic regions, with a maximum increase of 0.42 in s1 and decrease of

0.23 in s, and, at 100 m, Vrn is on average 0.02 rn s faster and 0.02 in s1

slower, with a maximum increase of 0.10 in s1 and decrease of 0.08 m s1.

3.6 DISCUSSION

To examine the relationship between the geostrophic and higher-order veloc-

ity fields, comparisons between the geostrophic relative vorticity and higher-order

estimates of relative vorticity are made via scatter plots. There is a clear func-

tional relationship between ( and < (Fig. 3.11a). At high positive values,

is reduced in comparison with and, at large negative values, i is enhanced
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FIGURE 3.10 (a) Geostrophic relative vorticity scaled by f, (b) IG1 rel-
ative vorticity ( scaled by f, and (c) R,ossby number E11 estimated using the
geostrophic velocity and objectively determined radius of curvature R, all at
100 m. Contour interval is 0.1 for all fields with thick contours at 0 and 0.5.



in comparison with (q. Assuming the characteristic length scales remain similar

in both the relative vorticity and velocity fields, the relative vorticity fields will

be proportional to the velocity field, that is to say stronger velocities will yield

stronger relative vorticities and weaker velocities will yield weaker relative vor-

ticities. In this manner, the relationship between ( and (i is consistent with the

gradient wind balance. The gradient wind in cyclonic curvature is subgeostrophic

and yields weaker relative vorticities; gradient wind in anticyclonic curvature is

supergeostrophic and yields stronger relative vorticities. The 1G2 relative vor-

ticity 2 shows a similar functional relationship with ( (Fig. 3.11b), exhibiting

larger enchancement/reduction than (. The relationship between the relative

vorticity field calculated from gradient wind field

k V x V9, (3.31)

and ( (Fig. 3.11c) is similar to the relationship between (' and (, again demon-

strating the importance of gradient wind balance on the IG1 rotational velocity

field. To quantify this similarity, the linear regression of (, onto j has a slope

of 1.0103 and a correlation of 0.9724 at 100 m.

The horizontal velocity field diagnosed via the PE/DFI technique does not

exhibit the gradient wind balance. There is little difference between ( and

( (Fig. 3.12a). One reason for the discrepancy is that the component of the

total velocity field in gradient wind balance is associated with fast propagating

small scale meanders, which were noted as being present by Shearman et al.

(1999). These rapidly moving disturbances are filtered out by the DFI and

such not recognized as part of the slow manifold of the evolving flow field. Another

possibility is the choice of initial velocity field. In this case, the initial velocity

field is in geostrophic balance, computed from the initial density field. Thus, the
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initial velocity and density fields are already balanced, and should not require

much aclj ustment.

An initial velocity field in gradient wind balance would provide a different

result. Therefore, the PE/DFI diagnosis was performed using the gridded density

field and IG1 horizontal velocity as initial conditions. The resultant relative

vorticity
,

when conipared to (Fig. 3.12b), is different from cpe initialized

with the geostrophic velocity. There is a slight reduction (enhancement) in

apparent for large positive (negative) values of . The effects of the filtering

and adjustment processes within the model were to pull the initial velocity field

(IG1) back towards the geostrophic velocity (cf., Fig. 3.12b and Fig. 3.11a). This

is somewhat unexpected, since the IG1 horizontal velocity field is similar to the

gradient wind velocity which is balanced with respect to the density (pressure)

field, and therefore should not require much physical adjustment. Thesignificance

of this is that the gradient wind velocity may not be a part of the "slow manifold"

within the PE model, whenever, as in the present case, the largest gradient wind

effects are associated with the small scale, rapidly propagating frontal meanders.

This highlights the greater requirement of the PE/DFI technique; the PE/DFI

diagnosis requires both p and u as initial fields to provide and estimate of w,

whereas the QG and IG diagnoses requires only p. The gradient wind velocity

computed from (3.30) could also be used as an initial velocity field in the PE/DFI

diagnosis.

The least-squares linear fits of w2 and w onto w1 have slopes of 0.72 and

0.76, respectively, at, 100 m (Fig. 3.13a,b). This agrees with the general consen-

sus that QG vertical velocities are overestimates of the actual vertical velocity.

Previously, differences between higher-order estimates of w and Wq9 have been

attributed to the ageostrophic advection of relative vorticity (Chumbinho, 1994;
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FIGURE 3.12 Scatter plots at 100 m of dimensional values of geostrophic rela-
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Vi,jdez et al., 1996). By extending the same proportionality argument, previ-

ously applied to the relative vorticity, to the forcing of the 1G2 omega equation,

a reduction in the magnitudes of w2 and w compared with Wqg would only be

expected in regions of cyclonic curvature, while an increase would be expected in

regions of anticyclonic curvature. This is the result obtained by Moore and Van-

Knowe (1992). The reasoning behind this is that the forcing of the higher-order

omega equation depends mainly on the horizontal advection of relative vorticity

and thickness (in the case of w the forcing depends entirely on horizontal ad-

vection) and, since the velocity field in gradient wind balance is reduced from the

geostrophic for cyclonic features, advection will be similarly reduced. Conversely,

acivection in regions of anticyclonic curvature will be enhanced, since the gradi-

ent wind velocities are supergeostrophic. Thus, extending the proportionality

argument, higher-order vertical velocity estimates should be reduced compared

with QG estimates in regions of cyclonic curvature and enhanced in regions of

anticyclonic curvature. This disagrees with the general consensus that wqg tends

to overestimate everywhere.

The DFI diagnosed vertical velocities w are generally reduced as well

(Fig. 3. 13c). The slope of the least-squares linear fit was 0.84, indicating a smaller

reduction compared with the reduction from wqg exhibited by the 1G2 vertical

velocities. The vertical velocity w diagnosed via the PE/DFI technique with

the IG1 horizontal velocity field as an initial condition was only slightly different

froiri Wpe. The slope of the least-squares linear fit of w9 to tu was 0.86, and the

average reduction in magnitude for both upwelling and downwelling was 31% for

grid points where Wq91 > W.

To further examine the influence of the gradient wind balance on the forcing of

vertical velocity through advection, the geostrophic and ageostrophiic advections
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FIGURE 3.13 Scatter plots at 100 m of QG vertical velocity Wqg versus (a)
vertical velocity computed from (3.21) which contains only the 0(1) terms in the
1G2 omega equation (3.20) w, (b) vertical velocity computed from the full 1G2
omega equation (3.22) w2, and (c) vertical velocity computed via the PE/DFI
technique w7, where the PE model is initialized with the geostrophic velocity
field. The least-squares linear fit is shown by the dashed gray line. The solid
black line corresponds to a linear relationship with a slope of 1.
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of geostrophic and ageostrophic relative vorticity were monitored (Fig. 3. 14a)

along a geostrophic trajectory beginning at 100 in depth and 126.03°W, 38.12°N

(Fig. 3.15a). For this comparison, the ageostrophic velocity and ageostrophic

relative vorticity are defined as the IG1 field inijius the geostrophic field. Clearly,

the strongest contribution to relative vorticity advection is the geostrophic advec-

tion of geostrophic relative vorticity (u9 V(9) which in QG scaliiig is 0(1). As

expected, the weakest contribution is the ageostrophic advection of ageostrophic

vorticity (uagV(ag) which in QG scaling is 0(E2). The 0(E) term Uag'Vg, which

is the ageostrophic advection of geostrophic relative vorticity and would be the

term expected to behave according to the proportionality argument above, is only

slightly larger than the ageostrophic advection of ageostrophic relative vorticity

and obviously not likely to influence the corresponding vertical velocity field.

The other 0(e) term, the geostrophic advection of ageostrophic relative vortic-

ity (u9 Vag) is much larger than ageostrophic advection of geostrophic relative

vorticity. At times, the geostrophic advection of ageostrophic relative vorticity is

equal in magnitude to the geostrophiic advection of geostrophic relative vorticity,

e.g. between 70 and 90 km (Fig. 3.14a). Most significantly, the geostrophic ad-

vection of ageostrophic relative vorticity is ahnost always opposite in sign to the

geostrophic advection of geostrophic relative vorticity. The net result is that the

forcing of w by relative vorticity advection is reduced, regardless of curvature. In

Fig. 3.141, the influellce of the geostrophic advection of ageostrophic relative vor-

ticity is clear as seen by the difference between the QG vertical velocity and the

higher-order vertical velocity w2. The largest differences occur where geostrophic

advection of ageostrophic relative vorticity is strongest and, in those regions, w2

is always reduced in comparison with wqg. This differs from the conclusions of
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Chumbinho (1994), who attributes the overestimation by QG vertical velocity to

the neglect of ageostrophic advection in the QG diagnosis.

Water parcel trajectories (Fig. 3.15a) have been computed in an analogous

fashion to Shearman et al. (1999). Trajectories were determined by linearly

interpolating the velocity to the location of the water parcel and integrating,

using a timestep of 15 minutes (0.01 days), to find the water parcel's next location.

The geostrophic trajectory S9 computed from the geostrophic velocity ('a,v9,0),

that is constrained to a constant depth coiisistent with the QG approximation

(Shearrnaii et al., 1999), is the shortest among the three and takes 7.7 days to

traverse the survey region. Integrating w1 along the level geostrophic trajectory

yields a net vertical displacement of -20 in. Unlike Shearman et al. (1999), for

the higher-order trajectories, the water parcels were not constrained to remain on

a horizontal level, but rather were free to move in all three dimensions. The IG1

trajectory S1 computed from the IG1 velocity ('ai,vi,wi) is slightly longer than

the geostrophic path and undergoes a net vertical displacement of -40 in. The IG1

water parcel takes 11.2 days to move through the region. The 1G2 trajectory S2

computed from (u2,v2,w2) is longest and undergoes a net vertical displacement of

-35 in. The vertical displacements computed from w1 and w2 along a geostrophic

path are quite similar with net sinking followed by net rising motion. The. net

vertical displacement computed from the 1G2 vertical velocity is less than the

QG net vertical displacement computed along . This is expected, since kD21 is

reduced in general compared with lwiI.

The IG1 ageostrophic velocity (Fig. 3.16) exhibits three particular flow pat-

terns; small scale (10-15 km diameter) vortices, opposing flow along stream-

lines but against the main geostrophic current, and cross-frontal flow. The small

scale vortices are mostly anticyclonic and their position is associated with small



0.2f2

0.1f
C.)

CD
>

.:' 0
C.)

CD

.2 -0.1

CD

ci

-0.2f2

40

30

T 20

io

0

-20

-30

-40

-
- - - U8g'V

UgVag
UagVao

0 30 60 90 120 150 180
Path Distance (km)

- WI
W2

0 30 60 90 120 150 180
Path Distance (km)

100

FIGURE 3.14 (a) Comparison of relative vorticity advection along a geostrophic
trajectory at 100 m. The subscript g indicates a geostrophic field and the sub-
script ag indicates an ageostrophic field, which is computed from the IG1 field
minus the geostrophic field. (b) Comparison of vertical velocity along same tra-
jectory.



38.0 °N

37.5 °N

127.0 °W 126.5 °W 126.0 °W 125.5 ow

-90

-100

-110

-120

a
-130

-140

-150

0 1 23456789101112
Travel Time (Days)

101

FIGURE 3.15 (a) Water parcel trajectories computed from the geostrophic ve-
locity field (dashed line), the IG1 total velocity field (thin solid line) and the
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velocity Wqg along a geostrophic trajectory (dashed line) as reported in Shearman
et al. (1999).
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scale cyclonic curvature in the dynamic height (e.g., anticyclonic vortices at

125.95°W, 37.85°N; 126.60°W, 37.90°N; 126.1O°W, 37.60°N; 126.40°W, 37.65°N;

126.20°W, 37.85°N; cyclonic vortex at 126.45°W, 37.50°N; all marked by gray dots

in Fig. 3.16). The small scale vortex flow is due entirely to the rotational com-

ponent of the IG1 velocity field, The ageostrophic vortices are surface-enhanced

features, with a maximum speed of 0.25 m s at the surface and almost nonex-

istent at 200 m.

Opposing flow is linked to the small-scale vortex flow, and occurs primarily at

the peak of small-scale cyclonic troughs, where the vortex flow opposes the main

geostrophic flow (e.g., 126.15°W, 37.55°N; 126.45°W, 37.60°N; and 125.75°W,

37.75°N). The absence of anticyclonic ageostrophic vortices at the peak of small-

scale anticyclonic ridges is attributed to the generally smaller values of curvature

in such regions due to the broad cyclonic nature of the main flow. Opposing flow is

due entirely to the rotational component of the IG1 velocity field. Opposing flow

in the IG1 ageostrophic velocity most closely resembles the ageostrophic velocity

expected from gradient wind; along streamline and in opposition at cyclonic

peaks.

Cross-frontal flow exhibits two characteristic length scales; a large scale asso-

ciated with the primary cyclonic meander and a smaller scale associated with the

ageostrophic vortices. In the northern part of the survey region near 126.0°W,

38.0°N, the large scale cross-frontal flow at both 100 m and 200 m is westward,

from more dense to less dense fluid. In the southeast (near 125.8°W, 37.6°N),

the large scale cross-gradient flow is directed northwestward, but the sense is now

from less dense to more dense fluid. At 100 m, small scale cross-frontal flow is

evident. The small scale cross-gradient flow is linked to the ageostrophic anticy-

clones such that cross-frontal flow is directed from less dense to more dense fluid
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on the upstream side and from more dense to less dense fluid on the downstream

side. At 200 m, cross-frontal flow is the dominant ageostrophic flow pattern. The

cross-gradient flow at 200 m is directed to the west/northwest and has a large,

meander-wide scale. Cross-frontal flow is due mostly to the rotational velocity

component, however, the divergent velocity also contributes, particularly at the

large scale. At 200 m, the divergent and rotational components reinforce each

other, directed primarily westward. At 100 rn, the divergent flow opposes the

rotational flow (cf. Fig. 3.4 with Fig. 3.16). At both 100 m and 200 m, the

magnitude of the ageostrophic rotational velocity is 2-3 times the magnitude of

the divergent velocity.

Observations of the nondivergent ageostrophic velocity field (Fig. 3,17), de-

termined from the gridded shipboard ADCP velocity field minus the geostrophic

velocity field, show similar circulation patterns as the IG1 ageostrophic velocity

field (Fig. 3.16a). The gridded ADCP velocity field is constrained to be nondi-

vergent through the objective analysis, so the ADCP ageostrophic velocity field

is completely rotational, while the IG1 ageostrophic velocity field in Fig. 3.16a

contains both divergent and rotational components. The rotational IG1 velocity

component, though, is much larger than the divergent component. Anticyclonic

vortices are located near the cyclonic meanders in the dynamic height field. At

100 m, the location of anticyclones in both fields is nearly one-to-one. The ap-

pearance of the predicted circulation patterns in an independent measure like the

ADCP is strong corroboration of gradient wind balance in this feature and of the

robustness of the higher-order vertical velocity diagnosis presented here. With

this in mind, the ADCP velocity field can be used to represent the gradient wind

velocity field in the gradient vincl solution (3.30), and an independent estimate

of the Rossby number based on R can be calculated from
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and compared with ER = V,,/fR. The two fields have a correlation of 0.80, and for

anticyclonic values of 4DC1, the magnitude of 6DCP never exceeds 1/4. Again,

strong support for gradient wind balance.. This demonstrates that, given the

appropriate circumstance (strong flow curvature), a shipboard ADCP is capable

of measuring ageostrophic velocities. However, it is important to note that the

divergent velocity component remains too small to be observed by the ADCP.

3.7 CONCLUSION

The iterated geostrophic intermediate models arid a primitive equation model

coupled with a digital filter have been used to diagnose the ageostrophic flow

fields (1)0th horizontal and vertical) associated with a cyclonic jet meander in the

CCS containing large Rossby number flow. The results show that including the

dynamics of the gradient wind balance are important for ascertaining accurate

estimates of the ageostrophic velocity field. In particular, the horizontal velocity

field in gradient wind balance is subgeostrophic in cyclonic regions and super-

geostrophic in anticyclonic regions. This relationship is seen in the IG1 and 1G2

fields, and results in significant alteration of the relative vorticity. Higher-order

estimates of vertical velocity are reduced in comparison with QG estimates for

both upwelling and downwelling. This is shown to be primarily the result of the

geostrophic advection of ageostrophic relative vorticity acting to reduce the net

forcing of vertical velocity.

Vertical velocity diagnosed using the PE/DFI technique exhibits a reduction

in coniparison with Wqg as well. However, the diagnosed horizontal velocity field

from the PE/DFI is almost entirely geostrophic. In this case, the PE model
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was initialized with the geostrophic velocity field, and oniy slight adjustment

would be expected, since the geostrophic velocity field is already in balance with

the density field, needing oniy divergent motions to maintain a thermal wind

balance. When the PE model was initialized with the IG1 horizontal velocity,

the diagnosed horizontal velocity field differed from geostrophy, reflecting the

gradient wind slightly. However, the diagnosed vertical velocity field was only

slightly changed from w initialized with the geostrophic velocity.

A method to diagnose the gradient wind from a synoptic dynaniic height field

has been developed. This method provides an objective means for determining

the radius of curvature of a water parcel's trajectory, and requires only the as-

sumption of a steady state (which is also assumed in the computation of the

geostrophic wind).

Existence of a gradient wind balance and the success of the higher-order

diagnosis is supported by observation from ADCP. The location of anticyclonic

vortices associated with the gradient wind balance match on a nearly one-to-one

basis between observations of the ageostrophic velocity field from ADCP and

computation of the ageostrophic velocity field from IG1.
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3.9 ESTIMATING THE GRADIENT WIND FROM
OBSERVATIONS

The calculation of gradient wind requires knowledge of a water parcel's trajec-

tory (specifically the path curvature) and a choice between possible solutions of

the quadratic gradient wind equation (3.27). In general, a synoptic hydrographic

survey is not sufficient to determine a water parcel's trajectory. However, by

assuming a nondivergent steady-state, a water parcel's trajectory is completely

determined by a streamline. Hence, the curvature of the trajectory can be cal-

culated from the dynamic height field. The choice of solutions to the quadratic

gradient wind equation is indicated by local Rossby number as well as physical

considerations. Additionally, approximations can be made to extend the appli-

cability of the gradient wind balance.

In order to describe the gradient wind balance, it is convenient to use a nat-

ural coordinate system following Holton (1972). The natural coordinate system

is a locally rectangular coordinate system defined by the tangential and normal

orthogonal unit vectors and ñ, where is directed parallel to the instantaneous

velocity and ñ is directed perpendicular with positive values to the left by conven-

tion. Following the trajectory of a water parcel, the velocity is expressed V = V,

where V = Ds/Dt, s is distance traveled along the trajectory, and D/Dt is the

material derivative following parcel motion, The speed V is always nonnegative.

The acceleration of a water parcel is given by

DV DV V2
= +

where the radius of curvature R is defined from the geometry of the water parcel's

trajectory as

Dfl
DtR
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Thus, given the trajectory of a water parcel

S(t) (z(t), y(t)), (3.32)

where x and y denote the water parcel's location on a horizontal plane at time

t (z and y must be continuous and at least twice differentiable), there exists a

unique radius of curvature R(t) at every point along the path defined by

R(t)' XYYX
(2

+ i2)312
(3.33)

where ( ) indicates the total derivative D/Dt (McLenaghan and Levy, 1996).

The radius of curvature R is defined such that positive (negative) R corresponds

to cyclonic (anticyclonic) curvature in the northern hemisphere. Typically, to

find R the total derivatives must be evaluated, and even when this is possible,

R is oniy defined in a Lagrangian sense along a specific trajectory. By assuming

two-dimensional motion in a steady-state

0,

trajectories and streamlines become equivalent. The need to evaluate the La-

grangian total derivatives is thus eliminated, and R. can be defined in an Eulerian

sense. Given a synoptic streamfunctioii field (such as geopotential, dynamic

height, or pressure) = (x, y), the total derivatives are determined by the

following relations:

Dx
1: =

157
= =

Dy
y V

D2x Du 9zt ôu
x = = = +

D2y Dv th; ôv
y = U + V
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The radius of curvature can then be expressed in terms of the streamfunction

field

[(

'2 + 2I
/i XX

R(x,
) [(2 + ()2]3/2

or the nondivergent velocity field

(u2'u v) v2u)
(335)R(x, y) = (n2 + 7,2)3/2

This result is eciuivalent to the method used in Watts et al. (1995) to determine

the curvature of the Z2 field (depth of the 12°C isotherm) in the Gulf Stream.

Once the radius of curvature R and geostrophic velocity V9 are known within

a specific region, the gradient wind velocity V, can be computed via (3.28).

First though, a choice must be made as to which root of the quadratic gradient

wind equation is appropriate. For cyclonic curvature (R > 0), the solution is

+ (1 + 4eR)h12, (3.36)

and for anticyclonic curvature (R < 0) the solution is

(1+4ER)h/2, (3.37)

where I IRI/2 has been factored out of the radical and ER has been substituted for

V9/fR. Both (3.36) and (3.37) correspond to the regular solutions, regular low

(R > 0) and regular high (R < 0), discussed in Holtcn (1972). The anomalous

solutions anomalous low and anomalous high (R < 0 for both) are excluded

on the basis that the anomalous low is associated with very high Rossby number

features such as tornados and the anomalous high is unlikely to occur far from

the equator (Holton, 1972). For R < 0, = -Rj, which can be substituted into

the anticyclonic solution, and, using IR = R for R > 0, both solutions can be

written identically
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= + 45R)'12 - 1]. (3.38)

Multiplying the RHS of (3.38) by

(1 + 45R)"2 + 1
(1 +45R)'/2 + 1'

we obtain T' in its final form (3.30). Since the gradient wind velocity must

be real and nonnegative (by definition in the natural coordinate system), the

solution (3.30) will be limited. Choosing the regular solutions ensures that V,

will be nonnegative. To assure real valued solutions, the quantity 1+45R must be

nonnegative. For cyclonic curvature (R > 0), this will always be true, however,

for anticyclonic curvature (R < 0), the Rossby number range is constrained to

1
SRI

The range of Rossby number can be extended by using some approximations

to the gradient wind equation. The geostrophic momentum approximation to the

gradient wind equation is

i!2i fV = fV, (3.39)

(Hoskins, 1975) where the cross-stream momentum attributable to centrifugal

force is computed from the geostrophic velocity rather than the gradient wind

velocity. Under the geostrophic momentum approximations, the solution is

IT 9

-.I + R
(3.40)

and is applicable over a wider range of 5R In the geostrophic momentum ap-

proximation, there is no difference between geostrophic advection of centrifugal

force due to gradient wind and gradient wind advection of centrifugal force due to

geostrophic wind. The ratio of V,. to V (Fig. 3.18) demonstrates the behavior
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FIGURE 3.18 The ratio of gradient wind to geostrophic wind V/V9 versus ER1

found by solving (3.27). The solution to the exact gradient wind balance (heavy
line) and approximate gradieiit wind balance, using the geostrophic momentum
approximation (solid line) and the alteriiative geostrophic momentum approxi-
mation (dashed line), are shown.



113

of this solution as it varies with ER. For negative values of R, the solution is

limited to the Rossby tiumber range 1< E 0.

Taking the geostrophic momentum approximation a step further, the gradient

wind equation can be written

V2
1;-fV=fVg (3.41)

hereafter called the alternative geostrophic momentum approximation (denoted

by the subscript 97n2). In this case, the advection velocity is the geostrophic veloc-

ity and the momentum attributable to the centrifugal force is due to geostrophic

velocity as well. The solution is

q7n2 = V(1 ER). (3.42)

In the alternative geostrophic momentum approximation, the solution is unre-

stricted for negative values of R, but for positive values of R, the Rossby number

is limited to 0 < ER < 1.

3.10 DIMENSIONAL FORMS FOR THE ITERATED
GEOSTROPHIC DIAGNOSTIC EQUATIONS

In the derivation of the higher-order omega equations, it was convenient to use

nondimensional forms, because they make explicit the order of the contributing

terms. For the actual diagnosis applied to the in situ data, the correspomiding di-

mensional forms were used. This appendix presents the dimensional forms used in

the applied diagnosis. FOr the following equations, all variables are dimensional.

In some cases, variable names may be the same as nondimensional variables. All

fields estimated from the iterated geostrophic models that are plotted or mapped

are dimensional.
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The dimensional form for the IG1/QG omega equation (3.11) in its Q-vector

formulation (3.12) is

V2 (N2w1) + f2a1 = V (3.43)

Q = 2-p-- (8u9 Vp, Ou9 Vp),
Po

where u9 is the dimensional geostrophic velocity. The dimensional density p is

defined

p(x,y,z,t) = P0 +/i(z)

where Po is the volume averaged density, (z) is background stratification, and

O(x, y, z, t) is the negative perturbation density. The dimensional form for (3.14)

the expression for the IG1 relative vorticity ( is

= V1 = + J(v9, u9), (3.44)

where is the vertical component of the dimensional geostrophic relative vortic-

ity field. The dimensional form for the boundary condition (3.15) used to solve

for the IG1 streamfunction is

. V1'1 = k x n u9. (3.45)

The dimensional form of the IG1 continuity equation is

V = V2i = -tub. (3.46)

The dimensional forms of the 1G2 omega equations (3.21) and (3.22) are

V2N2w + f2w = fU (u1 V(1) - ._V2 (ui Vp) (3.47)
Po

and
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V2N2w2 + f2w2 = f0 (U3d1 V3d1) - i.V2 (U3d1 V3d8) +
P0

fô [< + k. (Vw1 x ui) iwiz], (3.48)

where u1 is the dimensional IG1 horizontal velocity field (both divergent and

rotational), and U3d1 is the total dimensional velocity field. Note that in (3.47)

p can be used to compute the horizontal advection of density, since no vertical

derivatives occur, but in (3.48) 0 must be used to compute the density advection,

otherwise vertical advection will be incorrect. The dimensional form for the

expression of 1G2 relative vorticity 2 (3.25) is

= = (g + J(vi,ui), (3.49)

where the dimensional IG1 rotational velocity field is used to provide the gradient

boundary condition. Finally, dimensional form for the 1G2 continuity equation

(3.24) is

V = Vy2 = -w2. (3.50)
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4.1 ABSTRACT

Several high-resolution hydrographic and velocity surveys in the Califor-

nia Current, during the summer of 1993, are used to analyze the dynamics

of the evolving rnesoscale equatorward jet and adjacent eddies. The SeaSoar

conductivity-temperature-depth and shipboard acoustic Doppler current profiler

data from three surveys are used to depict the state of a 400 km ly 250 km

region of the California Current at separate instances in time. The .jet originates

in the upwelling zone over the shelf, meanders far offshore (400 km), and turns

sharply cyclonically. A cyclone-anticyclone dipole is located just inshore of the

cyclonic meander. Further inshore, a deep anticyclone with little vertical shear

in the upper 250 m is observed. This eddy is not an isolated feature, an is clearly

interacting with the nieandering jet. The three-dimensional circulation is diag-

nosed under quasigeostrophic constraints. The maximum geostrophic velocity is

0.80 m s1 at 25 m, and relative vorticity ranges from ±0.6 of the local Con-

ohs parameter. The diagnosed ageostrophic circulations show vertical velocities

of 10-15 in d', and maximum ageostrophic horizontal velocities of 0.10 m s1

(rotational) and 0.04 m s1 (divergent). The vertical structure of relative vortic-

ity is similar within the jet and dipole eddies, and distinctly different from the

vertical structure of relative vorticity with in the inshore anticyclone. Evolution

of the mesoscale features is further examined through their energetics. The tem-

poral changes of kinetic energy and available potential energy are indicative of

advanced baroclinic instability of a frontal jet. The physical structure, evolution

and three-dimensional circulation imply different formation mechanisms for the

dipole eddies and inshore anticyclorie. The dipole eddies are formed via eddy

shedding processes associated with the instability of the meandering jet. The
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depth and size of the inshore anticyclone imply its formation via instability of

the poleward undercurrent.

4.2 INTRODUCTION

During the sumnier upwellmg season of 1993, several high-resolution, upper-

ocean surveys were conducted in the California Current between 36°N and 40°N.

One objective of these surveys was to characterize the dynamics and physical

properties of mesoscale features in the California Current system (CCS). The

CCS is rich in mesoscale structure as evident in satellite-derived sea surface tem-

perature (SST) images during the study period (Fig. 4.1). Using SeaSoar, a

towed, undulating CTD platform, and shipboard acoustic Doppler current pro-

filer (ADCP), the surveys niapped the temperature, salinity and velocity fields

associated with a meandering equatorward jet and several neighboring eddies.

This meandering equatorward jet and mesoscale eddy field are fundamental com-

ponents of the seasonally energetic CCS (Strub et al. 1991).

As the upwelling season progresses and southward wiiicls persist, a sharp

density front and geostrophic jet develop over the shelf. Due to the effects of

topography or interaction with the poleward undercurrent, the upwelling jet sep-

arates from the shelf (e.g., at Cape Blanco, Oregon, Barth et al. 1999), and

becomes a free oceanic jet, flowing ecivatorward. Off the shelf, the equatorward

jet develops instabilities and forms meanders that grow over the course of the

upwelling season (Strub et al. 1991). Eddies (both cyclones and anticyclones)

form near shore (Chumbinho 1994, Lagerloef 1992) and in the troughs and crests

of the meandering jet (Strub et al. 1991).
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FIGURE 4.1 SST (°C) images from (a) 26 Aug 1993 2300 UTC and (b) 13 Sep
1993 2300 UTC. Mesoscale eddies are labeled DC (dipole cyclone), DA (dipole
anticyclone), NA (northern anticyclone), and IA (inshore anticyclone).
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The individual surveys provide several realizations of the meandering equa-

torward jet and mesoscale eddies separated by brief intervals of time. From these

separate realizations, the time-dependence of the features can be examined. Us-

ing diagnostic techniques for the estimation of three-dimensional circulation, the

inferred evolution of these features can be compared to the observed evolution.

Recent studies have raised questions as to the potential processes governing

the seasonal evolution of the meandering equatorwarci jet and eddy field in the

CCS (Kelley et al. 1998, Huyer et al. 1998, Strub and James 1999). Over

the shelf, the development of a geostrophic jet along the upwelling front is well

established. Once the upwelling jet has separated from the shelf, it develops large

meanders, sometimes pinching off eddies in the process. Because the geostrophic

jet is surface intensified and strongly vertically sheared (horizomital currents of

1.0 m 51 at the surface decreasing to 0.10-0.20 m s1 at 200 m), baroclinic

instability is a likely process controlling the evolution of the jet (see Pedlosky

1987). Mesoscale features in the CCS are observed to migrate westward at 2-

3 km d, which matches the propagation speed for baroclinic, annual R.ossby

waves (Kelley et al. 1998). Thus, Rossby wave dynamics are another process

that may be operative.

The purpose of this paper is to identify from observations the dominant pro-

cesses controlling the evolution of mesoscale features in the CCS. The seasonal

development of the CCS generates a vigorous mesoscale flow field with strong

currents and relative vorticities (Kosro and Huyer 1986), implying large Rossby

numbers. In large R.ossby number flow, ageostrophic circulations gain impor-

tance in the dynamics of the system. The ability to diagnose the complete three-

dimensional circulation (including horizontal and vertical ageostrophic motions)

improves our estimates of the dynamic balances at work in the CCS. Along with
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the observed mass field (from SeaSoar density observations), the diagnosed three-

dimensional circulation makes possible the evaluation of the time-dependent be-

havior of the system.

The remainder of this paper is organized as follows: Section 2 describes the

data set and diagnostic techniques; section 3 describes the observed features from

individual surveys; sectioii 4 reports the diagnosed three-dimensional circulation;

section 5 examines the dynamics of the observed mesoscale features through their

energetics and potential vorticity; section 6 provides a discussion of the processes

governing evolution; and section 7 concludes the preceding material.

4.3 DATA AND METHODS

4.3.1 Data Set

The 1993 Eastern Boundary Currents program consisted of two large scales

surveys of the CCS between 36°N and 40°N and four small scale surveys with

enhanced resolution of individual mesoscale features (Table 4.1). The large scale

surveys consisted of zonal sections, separated by 28 km. extending approximately

400 km from the 1000 m isobath to the deep ocean (Fig. 4.2a). The small scale

surveys (Fig. 4.2b) focused on individual mesoscale features that were identified

in the large scale surveys and from SST imagery (Fig. 4.1).

The upper-ocean hydrography and currents were obtained using SeaSoar

and ADCP. The SeaSoar was equipped with two Seabird 9/liplus conductivity-

temperature-depth (CTD) sensors, as well as a multi-wavelength fluorescence

meter (Cowles et al. 1994) and an optical plankton counter (Huntley et al. 1995)

to measure biological fields. SeaSoar undulated between the surface and approx-

imately 320 m during LS1 and SS1. The maximum depth attainable by SeaSoar
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FIGURE 4.2 Shiptrack information and SeaSoar CTD data locations for (a)
August 1993 large scale survey (LS2) and (b) September small scale surveys (SS3
and SS4). Individual lines are labeled. (c) Data used to extend the bottom
boundary in the diagnosis of vertical velocity. A o indicates a standard CTD
cast to at least 500 m, collected over the period 16 Aug 20 Sep 1993, and a +
indicates climatological Levitus data.
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Survey Dates 1993 Features

LS1 7-28 Jun DC, jet

SS1 29 Jun 2 Jul DC, jet

SS2 6-7 Jul DC, jet

LS2 16 Aug 1 Sep DC, AC, IA, NA, jet

SS3 1-5 Sep DC, jet

SS4 9-16 Sep IA, NA, jet

TABLE 4.1 Chronological listing of surveys coiiducted as part of the 1993 EBC
program. Mesoscale eddies are labeled DC (dipole cyclone), DA (dipole anticy-
clone), NA (northern anticyclone), and IA (inshore anticyclone).

decreased over the course of the surveys to approximately 250 m by the end of

S54, due to a gradual shortening of the cable after occasional (but necessary) re-

pairs (Huyer et al. 1998, hereafter H98). The SeaSoar completed an undulation

cycle in approximately 9 minutes, which translates to an alongtrack resolution at

the surface of 2.2 km at a towing speed of 4 rn s1 (8 knots). The raw SeaSoar

CTD data were recorded at 24 Hz. The raw data were processed by time averag-

lug to 4 Hz, and then vertically averaging to 2 dbar bins. A thorough description

of the processing and calibration of SeaSoar CTD data is contaiiied in H98 and

the data report by Kosro et al. (1995). The accuracy of the SeaSoar CTD data is

±0.01°C for temperature, ±0.01 psu for salinity, and ±1 dbar for pressure (H98).

An RD Instruments 150-kHz shipboard ADCP was used to measure absolute

currents from approximately 25 to 400 m. The depth coverage was occasionally

reduced due to rough weather. Navigation data from the ship's GPS were corn-
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bined with the ADCP measurements to compute the absolute currents. Average

absolute current profiles with an 8-rn bin size were obtained every 2.5 minutes

and subsequently low-passed filtered to remove signals with a period of less than

30 minutes. Alongtrack resolution at 2.5 minute intervals is less than 1 km.

The accuracy of ADCP observations collected in this fashion is approximately

±0.03-0.05 m s (Kosro et al. 1991).

Deep CTD cast data from the EBC cruises and Levitus climatology data

(Levitus et al. 1994a,b) are used to supplement the SeaSoar observations from

245 m to 505 m. Sixty-three CTD casts to at least 500 in were conducted between

16 Aug and 20 Sep 1993 (Fig, 4.2c). The CTD stations are irregularly and

coarsely spaced and not synoptic. The monthly mean climatological temperature

and salinity data for August and September are distributed on a 10 longitude

by 10 latitude grid, running froiii 36.5°N to 39.5°N and 129.5°W to 122.5°W

(Fig. 4.2c). The deep hydrographic data are used in the diagnosis of three-

dimensional circulation to extend the bottom boundary away from the high-

resolution SeaSoar data region, reducing the influence of the bottom boundary

condition used in the solution of the QG omega equation.

A detailed description of the upper-ocean water mass characteristics during

the EBC large scale surveys is contained in H98. A description and analysis of

the three-dimensional circulation associated with the mesoscale cyclone in SS1

is found in Shearman et al. (1999a,b). In this paper, observations from LS2 are

compared to observations froni SS3 and SS4. The combined SS3-SS4 data set

resamples the survey region approximately 16 days (determined by the difference

between the survey midpoints) after it was sampled during LS2.

The cyclonic eddy was sampled several times throughout 1993 and tracked

via SST images. The cyclone was originally surveyed in May over the. shelf, just
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south of Point Arena (Chumbinho 1994). The cyclone was observed in SeaSoar

and ADCP surveys in early June LS1 (H98), late June SS1 (Shearman et aL

1999a), August LS2 and early September SS3. In the intervening time periods,

the cyclone was tracked via SST images, and was observed to move offshore WSW

at approximately 0.05 in s1 (Kosro et al. 1994). In early June, the dynamic

height field reveals the cyclone adjacent to an anticyclone inshore (see H98 Fig. 1).

This anticyclone was a deep feature with coherent velocity structure at 200 m.

The cyclone and anticyclone may have evolved as a pair (H98).

Winds as measured aboard the R/\T Wecorna were consistently from the north

for both the large and small scale surveys (Fig. 4.3). In general, the winds were

strongest during LS1 and SS1(10-15 in s1 sustained; 18 in s max), slightly

weaker during LS2 (7-12 m s1 sustained; 20 rn s max), and weakest (bitt

building) during SS3 and SS4 (5-10 m s sustained; 20 m s1 max).

4.3.2 Diagnostic Techniques

The diagnosis of three-dimensional circulation for LS2 and the combined

SS3/SS4 surveys follows the procedures described in Shearman et al. (1999a,b).

The observed SeaSoar density and ADCP velocity fields are smoothed and grid-

ded via objective analysis (Bretherton et al. 1976), using a covariance model

fit to the observed data covariance. Data reduction procedures for the SeaSoar

CTD and ADCP current data are given in the appendix. The deep CTD and

climatology data are gridded with enhanced smoothing, due to the coarseness of

observations below 245 in (see appendix).

The diagnosed three-cliiriensional circulation consists of the absolute

geostrophic velocity field and the ageostrophic velocities consistent with quasi-
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geostrophy this includes horizoiital and vertical ageostrophic circulation.

Geostrophic velocity relative to 200 m is added to the gridded, nondivergent

ADCP velocity at 200 m to compute the absolute geostrophic velocity. From

these diagnosed fields, the tendencies for the pressure, kinetic energy and vortic-

ity fields can be computed and the evolution inferred.

The vertical velocity is diagnosed via the Q-vector form of the quasi-

geostrophic omega equation

V2 (N2wqg) + f2azzwqg = V q, (4.1)

Q = 2--- (Ou9 . Vp, öu9 Vp),
Po

where x,y,z and t are the eastward, northward, vertical and temporal coordi-

nates, V = (ô, O) is the horizontal gradient operator, V2 = 8 + ô, is the
horizontal Laplacian operator, N(z) is the buoyancy frequency determined from

the background density profile

N2 (z) = (z),

P0

the gravitational acceleration is q, the local (constant) Coriolis parameter is f

(8.9244 x 10-s s), Po is the volume averaged density (1025.56 kg m3 for LS2

and 1025.68 kg m3 for SS3/SS4), u9 = (uq, vq) is the geostrophic velocity, and

p is the total density field, such that

p(x, y, z, t) = P0 + (z) U (x, y, z, t). (4.2)

The diagnosis of vertical velocity follows the analysis by Shearman et al. (1999a).

The components of the vector Q are determined from the gridded deiisity and

geostrophic velocity, aiicl its divergence is computed to determine the forcing of

the Q-vector equation (4.1). A successive overrelaxation scheme is employed to

solve the elliptic operator on the left-hand-side of (4.1). The boundary conditions
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used are a rigid-lid at the surface (wqg = 0) and Neumann conditions on the

lateral and bottom boundaries. The forcing of (4.1) is set to zero where the error

covariance from the objective analysis (see appendix) exceeds 10%. The bottom

boundary of the computational region is extended from 245 m to 505 m using the

gridded, deep hydrographic and climatology data. As with the lateral boundary

conditions, the forcing of (4.1) is set to zero outside of the SeaSoar observation

region (below 245 m). Extending the data in this fashion, reduces the influence

of the bottom boundary condition oii the solution, and is preferable to other

methods (constant N2) since it relies on actual data (Shearman et al. 19991)).

The diagnosis (under QG constraints) of the horizontal ageostrophic velocity

follows the application by Shearman et al. (1999b). The total velocity is written

U = U9 + U09,

where is the order Rossby number ageostrophic velocity with rotational and

divergent components such that

Uag ('UR+UD,VR+VD).

Once the QG vertical velocity has been diagnosed, the divergent component of

the horizontal ageostrophic velocity is calculated from the continuity equation,

employing a potential function to describe the divergent flow

u = = -0w, (4.3)

where V = (uD, VD). The boundary conditions used to solve (4.3) are Dirichlet

conditions. Iii a previous diagnosis of the divergent ageostrophic velocity field,

changing the boundary condition to Neumann conditions was shown to make an

insignificant difference to the final field (Shearman et al. 1999b).
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A diagnostic relationship for the rotational component of the ageostrophic ye-

locity is derived from the divergence of the QG momentum equations, employing

a streamfunction i to describe the total rotational flow

where

V x u = V2 = + J9,n.9), (4.4)

= V9 + V,

= Ug + UR. (4.5)

Hence, given the geostrophic velocity field, tile rotational component of the

ageostrophic velocity can be computed. Because the curl operator is commu-

tative, the geostrophic relative vorticity can be subtracted from (4.4) to yield a

relationship for the ageostrophic relative vorticity (Keyser et al. 1992)

Cay = J(v9, u9). (4.6)

The diagnostic relationship for the total rotational velocity field (4.4) is the QG

equivalent of the balance equation (Gent and McWilliams 1983), and the rota-

tional ageostrophic velocity reflects the influence of the gradient wind balance

(Shearman et al 1999b). The boundary conditions used to solve (4.4) are

n (k x V'') = u, (4.7)

where n is the unit normal vector pointing out of the boundary.

4.4 SEASOAR HYDROGRAPHY AND ADCP VELOCITY

4.4.1 Late August 1993, Large Scale Survey

The flow fields, hydrography, and water-mass characteristics for June (LS1)

and August (LS2) are detailed in H98. The primary features of interest during the
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August survey are the meandering jet and the cyclone-anticyclone pair, located

at approximately 37.8°N, 127.3°W (cyclone) and 37.5°N, 126.2°W (anticyclone).

In the SST image from 26 Aug (Fig. 4.la), the eddy pair can be seen as a

mushroom-shaped structure with cold filaments of water wrapping around from

the north and southeast. These cold filaments, associated with the meandering

equatorward jet, are linked back to the upwelling region near the coast, north

of Point Areiia (38.9°N). The cold filament associated with the meandering jet

bifurcates at approximately 38.O°N, 126.O°W with the one arm heading westward

along the northern wall of the cyclone-anticvclone pair and another arm curving

southwestward around the dipole anticyclone. The two arms nearly rejoin just

south of the dipole pair. The cyclone and anticyclone (hereafter referred to as the

dipole cyclone and dipole anticyclone) can be identified within the mushroom-

shaped structure by the relative temperatures of their core regions; the cyclone

to the west is relatively cool, while the anticyclone to the east is relatively warm

(Fig. 4. la). The main component of the meandering jet flows from the north, close

to the shelf break, then offshore along the northern edge of the eddy pair, and

turns south around the western edge of the dipole cyclone.. After this point, the

jet's trajectory is difficult to estimate from SST imagery (Fig. 4.la), geopotential

anomaly maps clearly illustrate the jet pathway (see below), but the implication is

that after turning southward the majority of the jet continues to the south with

a small eastward flowing portion encountering the dipole anticyclone. Warm

offshore water (T 16°C) appears to enter the dipole (Fig. 4.la) where the two

branches of the meandering jet rejoin (37.00N, 126.7°W).

Near the surface, the offshore portion of the jet has a relatively cool core

(Fig. 4.4a) and a low spiciness (Fig. 4.7a), spiciness is determined following Fla-

ment (1986). Low spiciness within the jet is attributable to the southward ad-
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vection of fresher northern waters (Huyer et al. 1991, 1198). However, the cool

core of the jet appears linked to the cold, freshly upwelled inshore water as well

(Fig. 4.4a). The jet separates the cold, saline inshore water and warm, fresh off-

shore water. This is particularly clear from the deeper hydrography (Figs. 4.11a

and 4.12a). Near the surface, the lowest salinity water is found on the anticyclonic

flank of the jet (S < 32.6 psu at 25 in), and can be seen in a more-or-less con-

tinuous band from inshore to around the western edge of the dipole near 37.7ON,

127.8°W (Fig. 4.5a). At 25 m, the irieandering jet is centered on the 4.5 J kg'

geopotential anomaly contour (Fig. 4.8a).

The dipole cyclone is evident at 25 in as a temperature minimum and salinity

maximum located at 37.9°N, 127.0°W (Figs. 4.4a and 4.5a). The dynamic topog-

raphy relative to 200 m of the dipole cyclone is oblong and tear-drop shaped with

a minimum of 3.5 J kg' at 25 in (Fig. 4.8a). The dynamic topography at 25 m

relative to 200 in of the dipole anticyclone is elliptic in shape, with the major

axis oriented NE-SW and a dynamic height maximum of 5.0 J kg (Fig. 4.8a).

The elliptic shape of the anticyclone in the eddy pair is also evident in the 105 m

temperature, salinity, arid at fields (Figs. 4.11a, 4.12a and 4.13a). The density

front and dynamic topography gradient are sharpest along the western wall of

the dipole cyclone (Figs. 4.13a and 4.15a).

The hydrographic centers of the dipole cyclone and anticyclone are not the

circulation centers of these features. Comparing the dynamic topography relative

to 200 m (Figs. 4.8a and 4.15a) with the streanrfunction from ADCP (Figs. 4.lOa

and 4.17a), shows the innermost closed contours of the streamfunction (127.3°W)

to be slightly west of the dynamic height center of the dipole cyclone (127.5°W)

and slightly to the south for the dipole anticyclone (37.4°N versus 37.3°N). Since

the difference is not merely a matter of magnitude of the respective streamfunc-
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FIGURE 4.4 SeaSoar temperature (°C) at 25 m during (a) LS2 and (b) SS3/SS4.
Contour interval is 1°C.
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FIGURE 4.5 SeaSoar salinity (psu) at 25 m during (a) LS2 and (b) SS3/SS4.
Contour interval is 0.2 psu.
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FIGURE 4.6 SeaSoar density anomaly at (kg m3) at 25 m during (a) LS2 and
(b) SS3/SS4. Contour interval is 0.2 kg m3.
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FIGURE 4.7 Spiciness H with the horizontal average removed at 25 m during
(a) LS2 and (b) SS3/SS4. Contour interval is 0.2 spiciness units.
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FIGURE 4.8 Geopotential anomaly ( J kg-') at 25 m relative to 200 m for (a)
LS2 and (b) SS3/SS4. Contour interval is 0.25 J kg'.
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FIGURE 4.9 ADCP velocity vectors at 25 m for (a) LS2 and (b) SS3/SS4.
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FIGURE 4.10 Streamfunction (in2 s') at 25 m from the objective analysis of
ADCP data for (a) LS2 and (b) SS3/SS4. Contour interval is 2000 in2
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FIGURE 4.11 SeaSoar temperature (°C) at 105 m during (a) LS2 and (b)
SS3/SS4. Contour interval is 1°C.
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FIGURE 4.12 SeaSoar salinity (psu) at 105 m during (a) LS2 and (b) SS3/SS4.
Contour interval is 0.2 psu.
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FIGURE 4.13 SeaSoar density anomaly o ( kg m3) at 105 m during (a) LS2
and (b) SS3/SS4. Contour interval is 0.2 kg m3.
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FIGURE 4.14 Spiciness fl with the horizontal average removed at 105 m during
(a) LS2 and (b) SS3/SS4. Contour interval is 0.2 spiciness units.
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FIGURE 4.15 Geopotential anomaly ( J kg-') at 105 m relative to 200 m for
(a) LS2 and (b) SS3/SS4. Contour interval is 0.1 J kg'.
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FIGURE 4.16 ADCP velocity vectors at 105 m for (a) LS2 and (b) SS3/SS4.
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FIGURE 4.17 Streamfunction (m2 s') at 105 m from the objective analysis of
ADCP data for (c) LS2 and (d) SS3/SS4. Contour interval is 2000 m2 s'.



tion gradients (speed), but rather in the shape and positioning of the flow, this

offset between the hydrographic and circulation centers implies a deeper (below

200 m) structure to the cyclone and anticyclone, namely a tilting of these fea-

tures. The relative position of the circulation center to the hydrographic center

indicates the direction of features tilt with depth, since the ADCP observations

reflect the deeper component of flow. In the case of both the dipole cyclone and

anticyclone, the tilt with depth is toward the south.

The near surface velocity field (Figs. 4.9a and 4.lOa), during the August

survey, shows the meandering jet running along the SST front, from the north,

traveling westward centered at 38.25N, then turning southward. The maximum

speed within the jet is 0.80 m s' at 25 in and is found at 37.75°N along the

western wall of the cyclone. A streamfunction is fit to the ADCP data at 25 in

(Fig. 4.lOa), using the method of Bretherton et al. (1976) and following an

application by Shearman et al. (1999a). The cycloiiic and anticyclonic centers of

the eddy pair can be identified as the local minimum and maximum, respectively.

The cyclone is larger and more irregularly shaped than the anticyclone. The

recirculating component of the cyclonic flow is weak compared to the flow within

the meandering jet. The anticyclone is more circular and the velocity within the

anticyclone is relatively strong (0.55 m s1 max) around the entire circumference

at a radius of approximately 30 km (suggesting a relative vorticity of 0.4f).

During August, the vertical structure of density and northward velocity

(Fig. 4.18) in the jet is characterized by steeply sloping isopycnals and strong,

surface-intensified currents. In the vertical sections, the meandering jet is in-

tersected (approximately perpendicularly) along line 3 at 124.5°W and line 8 at

127.5°W and 125.5°W. The jet appears at two locations along line 8, because it

bifurcates at approximately 38.0°N, 125.5°W with the majority of the flow go-
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ing west along the northern edge of the cyclone-anticyclone pair and a smaller

portion heading south along the eastern edge of the dipole anticyclone. The me-

andering jet is identifiable by the o = 24.0 kg m3 isopycnal approaching (often

outcropping at) the surface. Isopycnal slopes of 0.O01-0.005 within the jet are

found along line 8 (slopes are somewhat less along line 3). Consistent with the

horizontal gradients of density, the velocity structure is vertically sheared within

the jet. In the two places that the jet intersects line 8, there is a maximum core

(> 0,50 m s') near the surface that decays with depth.

The vertical structure within the dipole cyclone is also surface-intensified.

The domed isopycnals corresponding to the location of the cyclone are approx-

imately centered on 127.3°W along line 8. The southward flowing component

(western half) of the cyclone, is merged with the surface-intensified, meandering

jet. The northward flowing component (eastern half) is weaker, but also strongest

at the surface (maximum northward velocity of 0.20 in s1 at 25 in along line

8 at 127.1°W). The vertical structure of the dipole anticyclone is deeper. Line

10 (Fig. 4.18) approximately bisects the anticyclone, and the northward com-

ponent (western half) of the anticyclone is very deep (a local maximum froni

100-250 m along line 10 at 126.3°W). However, there is also a surface maximum

within the anticyclone at 25 in along line 10 at 126.5°W. The center of the dipole

anticyclone is identified by the bowl shaped u = 24.0 kg m isopycnal with

very steep slopes (0.005) that support the surface maximum, The bowl shape

is discernible at depth, but isopycnal slopes are less (0.0005). The southward

component (eastern half) of the anticyclone is merged with the smaller arm of

the bifurcated, meandering equatorward jet.

In the SS'T image from 26 Aug (Fig. 4.la), there is an elongated patch of

warni water, centered around 39.0°N, 126.5°W. This corresponds to the northern
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anticyclone identified by H98. The 25 m and 105 in thermohaline fields indicate

that this feature is offshore in nature, sharing properties with the central gyre

waters (T 17°C and S < 32.7 psu at 25 m), indicating that it has either

developed in situ or been sufficiently long lived to reflect the ambient temperature

and salinity. The eastern arid southern wall of the northern anticyclone merge

with the meandering .jet. The northern ariticyclone is larger than the anticyclone

from the eddy pair. There is a northward protruding spur of low temperature

and high salinity at 105 m near 38.7°N, 127.2°W (Figs. 4.11a and 4.12a) being

drawn away froni the jet path by the northern anticyclone. The ADCP velocity

at 105 in (Figs. 4.16a and 4.17a) shows the northward turning flow.

Further inshore, at approximately 37.9°N, 124.2°W, another anticyclonic fea-

ture is evident in the ADCP fields from both 25 and 105 m (Figs. 4.lOa and

4.17a). During LS2, this inshore anticyclone is strongly linked to the meandering

jet. Although there is a sizable closed circulation associated with this feature,

approximately one-third of the transport originates in the jet, meanders anti-

cyclonically and returns to the jet (e.g., contours -6000 through -10000 m2 s

in the ADCP streamfunction, Fig. 4.17a). This trajectory and the bifurcation

of the jet at 38.0°N, 126.0°W is confirmed by drifter trajectories from the same

time period (Brink et al. 1999). The shape of the flow is elongated NW to SE,

reminiscent of a highly developed meander. There is little vertical shear in the

upper 250 iii in the ADCP velocity for the inshore anticyclone (line 7, Fig. 4.18).

The inshore anticyclone is not identifiable in the 105 m hydrographic

fields (Figs. 4.11a arid 4.12a). There is a weak dynamic height maximum

(Fig. 4.15a), but no robust structure in the temperature, salinity, and density

fields (Figs. 4.11a, 4.12a and 4.13a). This is consistent with the lack of ver-

tical shear observed in the ADCP data. This also indicates (in conjunction
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with the links to the jet from the ADCP data) that the jet itself may acquire a

barotropic (or deep) component of flow, not revealed in the upper-ocean hydrog-

raphy, through interaction with the inshore anticyclone. The SST image from 26

Aug (Fig. 4.ia) suggests that cold, upwelled water from near the coast is being

advected offshore and folded into the anticyclone. The spiciness fields at 25 in

(Fig. 4.7a) show a local maximum at the center of the inshore anticyclone, but

along the south and southeastern edges there is a minimum in the spiciness which

is traceable back to the coastal upwelling regions.

4.4.2 Early September, Cyclone-Anticyclone Pair

The SST image from 13 Sep 1993 (Fig. 4.lb) shows warmer surface temper-

atures than on 26 Aug, particularly inshore within the active upwelling regions.

Winds were weak (5-8 m s') during the two preceding weeks (Fig. 4.3). Thus,

insolation could be responsible for this warming. Winds increased to 20 m s

on 12 Sep 1993, and localized upwelling centers can be seen forming near the

coast (Fig. 4.lb). The cold filament running east-west along the north end of the

cyclone-anticyclorie pair has shifted northward. Farther west, the cold filament

has developed a more complicated structure, rather than simply turning south,

as was the case in August. Clouds have moved in from the south and somewhat

obscure the SST signature of the anticyclone half of the eddy pair. The dipole

anticyclone has not moved appreciably from its location in the 26 Aug 1993 im-

age. The inshore anticyclone has warmed, but still appears to be wrapping in

water from the coast and offshore. The northern anticyclone has warmed, and

become more circular in shape.
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To provide more complete coverage of the survey features, lines 10 and 11

from LS2 are included in the SS3 data set. These lines run east-west in the

southern most portion of the survey area and sample the jet running along the

outer edge of the cyclone-anticyclone pair and the anticyclone half of the eddy

pair. LS2 lines 10 and 11 are sampled closely in time to SS3 (31 Aug 01 Sep),

the inshore section of line 10 leads directly into line A of SS3 (Fig 4.2b). This

will make comparisons of the development of the anticyclone niore difficult, but

evidence from the SST image (Fig. 4.1) indlicates that the anticyclone does not

shift position greatly between the two studies.

The bolus of cool water at the core of the cyclone has moved NW approxi-

mately 90 km and is now centered on 38.3°N, 127.9°W (Fig 4.4b). This indicates

a displacement speed of 0.07 in This is much slower than the speeds within

the meandering jet, so the bolus of cool water is not being advected by the jet,

but rather evolving with the jet as it shifts position to the north.

The width of the dipole cyclone is increased, and the range of dynamic height

is the same; thus gradients have weakeiied (Fig. 4.8b). This is reflected in the

reduced velocity along the western half of the cyclone from the near surface ADCP

data (Figs. 4.9b and 4.lOb). The jet flowing along the northern wall has intensified

and although it is still westward in direction it is tending slightly to the north,

as opposed to slightly to the south during LS2. The combined hydrographic and

ADCP data suggest the weakening of the cyclone, however, resolution in sampling

of the cyclone and in particular the western half of the cyclone was not as fine

during the early September survey as it was in August. Line F of SS3 does not

appear to sample all of the southward turning flow. Potentially, some flow may

continue west or even north, as the SST image suggests, linked to the circulation

around the northern anticvclone.
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Like during LS2, the thermohaline centers of the cyclone-anticyclone pair are

not the circulation centers in the ADCP data. In early September the thermoha-

line center is approximately 20 km northeast of the velocity center (anticyclone)

and slightly west of the velocity center (cyclone). This is harder to discern, due

to the broadening of the cyclone. This skewness iii the alignnient of the temper-

ature aiicl salinity fields and the velocity field is not the case with the inshore

anticyclone and the northern anticyclone, where the thermohaline and velocity

centers align.

During SS3, the vertical structure of SeaSoar density and eastward velocity as

measured by ADCP within the meandering jet are surface-intensified (Fig. 4.18).

The jet intersects line A perpendicularly, and is identified by the at 24.0 kg rn

isopycnal outcropping at the surface (38.3°N). The same is true for lines C and

E with the jet shifting slightly to the north. The maximum westward current

within the jet along line A is over 0.70 in s1. The northern half of the dipole

anticyclone is evident in the vertical section along line A as the eastward-flowing,

surface-intensified current and bowl of low density (at < 24.0 kg rn3) fluid just

south of the jet. The proximity of the di pole anticyclone and jet yield strong cy-

clonic shear, approximately O.3f .A distinct tilting with depth of the eastward-

flowing current is seen within the anticyclone (Fig. 4.18), consistent with the

offset between the hydrographic center of the dipole anticyclone and the circu-

latioii center. The tilt in the velocity field is toward the south, and this would

be consistent with the phase difference with depth in baroclinic instability (see

Pedlosky 1987). Further west, line E passes roughly through the center of the

weakened and broadened dipole cyclone (Fig. 4.Sb). The doming of isopycnals is

apparent along line E (Fig. 4.18), but the central dome area has broadened and

develope.d smaller scale structures (30 km). The at = 24.0 kg m3 isopycnal is
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nearly flat, except at the northern most end of line E, where the jet is evident.

The velocity field along line E within the dipole cyclone is weak and variable,

although there is some indication of tilting toward the south. Line 11 passes

through the southern edge of the dipole cyclone, and a slight bowl shape can

be identified in the o = 24.0 kg m3 isopycnal. The meandering jet is some-

what weak (identifiable by the outcropping of the u 24.0 kg m3 isopycnal at

126.8°W), and has a distinctly baroclinic vertical character with southward flow

from 0-150 ni and weak northward flow below 150 m.

4.4.3 Mid-September, Inshore Anticyclone

The mid-September survey (SS4) focused on surveying the inshore anticy-

clone, but also sampled an anticyclonic turn in the equatorward jet, which is also

part of the southeastern wall of the northern anticyclone. During SS4, the inshore

aiiticyclone is centered at 37.7°N, 124.7°W (Fig. 4.1Db), moving approximately

50 km to the SW in 15 days, a translation rate of 0.04 m The shape is less

meander-like, larger and more circular than during LS2 (Fig. 4.1Db). The closed

circulation has increased.

A particularly interesting feature, during the mid-September survey, is the

penetration of warm, low salinity from the offshore, anticyclonic flank of the

meandering jet, across the jet, and into the inshore waters (Figs. 4.4b and 4.5b).

The salinity field at 25 in (Fig. 4.5b) shows this relative fresh water apparently

being folded into the inshore anticyclone. Penetration of the offshore water is

also apparent in the deeper salinity field (Fig. 4.12b), hence it is not merely a

surface movement. This implies a link with the evolving flow fields, possibly the

growth of the less developed anticyclonic meander from August or, more likely,
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an interaction with the inshore anticyclone. Either possibility suggests a highly

nonlinear process.

The SST image from 13 Sep 1993 (Fig. 4.lb) and the 25 m temperature field

(Fig. 4.4b) show the advection of inshore recently upwelled water offshore along

the southeastern flank of the inshore anticyclone. In addition, the near surface

spiciness values along the southeastern flank of the inshore anticyclone match the

spiciness values along the most, inshore, upwelling zones (Fig. 4.7b).

The deeper temperature and salinity fields show nearly homogeneous condi-

tions within the inshore anticyclone (Figs. 4.11b and 4.12b). This is consistent

with the lack of vertical shear within the inshore anticyclone seen also in the

August survey.

SS4 sampled the southeasterii quarter of the northern anticyclone. The warm,

fresh water is evident in the northwest corner of the SS4 survey region (Figs. 4.41)

and 4.5b). The SST image from 13 Sep 1993 (Fig. 4.lb) shows the northern

anticyclone becoming more circular in shape. Unlike the inshore anticyclone, the

northern anticyclone is vertically sheared. The ADCP velocity signal at 105 in

is approximately one-half to one-quarter the 25 m velocity (cf. Figs. 4.9b and

4.1-b). The presence or absence of vertical shear near the surface is an important

difference between aiiticycloiies in the CCS. It suggests different sources and

formative processes for anticyclones, as discussed in detail below.

The jet and northern anticyclone are merged in the NW corner of SS4. This

is apparent in the vertical structure of the density and northward velocity field

along line 1. The u = 24.0 kg m isopycnal outcrops at the surface at 125°W

and the core of the jet (maximum speed 0.50 m s') is identifiable just to

the west. Further inshore(124.4°W), the o = 25.0 kg m isopycnal outcrops

at the surface. This does not happen earlier during LS2. The location of the
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at = 25.0 kg m isopycnal at the surface marks approximately the limit of the

northern anticyclones southward flow. The slope of deeper isopycnals (e.g. o

= 26.0 kg In3) suggest a larger length scale more characteristic of the northern

anticyclone (radius of 80lOU km) than the meandering jet (width of 40 km). The

= 24.0 kg m isopycnal does not appear in lines 9 and 12, which pass through

the inshore anticyclone. Line 9 approximately bisects the inshore anticyclone,

while line 12 passes through its souther edge (Fig. 4.17b). The isopycuals are

essentially flat within the inshore anticyclone (Fig. 4.18), and the velocity field

reflects the lack of vertical shear. The northward velocity does not vary greatly

with depth inside the inshore anticyclone. An exception to this occurs where the

at = 25.0 kg m isopycnal outcrops the surface (123.9GW), and there is a mild

surface intensification. Along line 12, the isopycnals are mostly fiat, and velocities

are mostly depth independent, but the a 25.0 kg m isopycnal approaches the

surface at 124.0°W. The southward current at this position reflects a somewhat

stronger surface intensification (maximum speed > 0.50 m s'). The vertical

section suggest a velocity structure for the inshore anticyclone that has a nearly

depth independent core region, surrounded by a more surface intensified outer

region.

4.5 DIAGNOSED THREE-DIMENSIONAL CIRCULATION

Geostropliic velocity is calculated by integrating the geostrophic shear (deter-

mined from the gridded density field via the thermal wind relation) from 200 rn.

The nondivergent, gridded ADCP velocity field at 200 m is then added as a ref-

erence velocity, providing a level-of-known-motion. The maximum geostrophic

speed during August (LS2) is 0.72 m s, while the maximum geostrophic speed
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during September (SS3/SS4) is 0.83 m s1. In both surveys, the maximum speed

is found above 25 in. Direct comparison of the gridded, nondivergent ADCP

velocity field and the computed geostrophic velocity field shows a high degree of

correlation (vector correlation of 0.93 with an essentially zero rotation angle).

Geostropliic relative vorticity ( (Fig. 4.19) is computed by taking the vertical

component of the curl of the geostrophic velocity. During August, the geostrophic

relative vorticity ranges from -0.61f to 0.55f with the maximum values occurring

near the surface (5 in). During September, the geostrophic relative vorticity

ranges from -0.50! to 0.57f, again, with the maximum values occurring near the

surface.

The lateral distribution of geostrophic relative vorticity differs among

mesoscale features. During LS2, the relative vorticity signature of the mean-

dering jet is evident running slightly NE to SW along 38°N with the jet center

lying on = 0 and cyclonic (positive) relative vorticity with peak values greater

than 0.2f along the southern flank and anticyclonic (negative) relative vorticity

with peak values of -0.2f running along the northern flank (Fig. 4.19a). The jet

relative vorticity signature carries through the cyclonic turn along the western

most edge of the dipole cyclone, and then southeastward near the dipole anticy-

clone. The maxirnurri cyclonic relative vorticity at 25 m (0.52!) occurs on the

cyclonic flank of the meandering jet at the point where the jet is turning most

strongly around the dipole cyclone. The relative vorticity maximum is part of

the dipole cyclone, but not colocated with the circulation center. The width of

the meandering jet can be estimated from the relative vorticity distribution, the

anticyclonic flank of the meandering jet varies in width (as measured by the dis-

tance from the ( = 0 or jet center, through the anticyclonic region, to the next
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= 0) from 30 to 50 km, and is on average 40 km wide, providing an overall

width for the meandering jet (far offshore) of 80 km.

During SS3/SS4, the relative vorticity signature of the jet has changed ori-

entation and runs slightly to the north with the center of the jet shifting to the

north as well (e.g., 38.5°N, 127.5°W) (Fig. 4.19b). The middle section of the

meandering equatorward jet, located at approximately 38.4°N, 126.0°W has riot

changed orientation or position. The = 0 contour (representing the core of the

jet) indicates the trajectory of the meandering jet around the dipole cyclone iii the

west, toward the dipole anticyclone to the southeast. The intense cyclonic Inaxi-

mum at 37.8°N, 127.8GW is no longer present. The cyclonic region has in general

spread out and weakened from its state during LS2. This is consistent with the

observed spreading and weakening seen in the dynamic height (Fig. 4.8a,b).

The vertical distribution of relative vorticity within the jet (Fig. 4.20a,b) re-

flects the high degree of shear seen in the horizontal velocity. Vertical profiles of

relative vorticity were computed by choosing a representative grid point and tak-

ing the average between it and the four nearest grid points. For LS2, the vertical

distribution of relative vorticity within the jet was computed at 37.54°N,127.91°W

(anticyclonic flank) arid 38.22°N, 126.18°W (cyclonic flank). The profiles are sim-

ilar for both signs; maximum relative vorticity at the surface of approximately

+0.3f, decaying to nearly zero at 250 m (Fig. 4.20a,b). For SS3/SS4 the vertical

distribution of relative vorticity was determined at 36.97°N, 127.09°W (anticy-

clonic flank) and 38.26°N, 127.50°W (cyclonic flank). The profiles are similar to

LS2, except they are slightly weaker (Fig. 4.20a,b).

The positive relative vorticity maximum, during LS2, is not colocated with

the hydrographic center of the adjacent cyclone from the eddy dipole feature

(Fig. 4.8a), consistent with the offset of the circulation center as noted earlier
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(Fig. 4.lOa). The cyclone is a larger feature than the region of strong relative vor-

ticity ( > 0.4) would imply (as confirmed by the dynamic topography, Figs. 4.8a

and 4.1 5a) with its relative vorticity signal more generally represented by the re-

gion of positive relative vorticity greater than 0.151. The vertical distribution

of relative vorticity determined at the cyclonic maximum (37.83°N, 127.36°W)

exhibits the same vertical shear in the upper 200 m as the cyclonic flank of the

jet, although the profile decays from 0.55f at the surface to a constant 0.21 at

depth (Fig. 4.20a). During SS3/SS4, the relative vorticity signal of the dipole

cyclone h&s weakened and spread out. The vertical profile reflects this weakening

and has roughly the same vertical shear as the cyclonic flank of the jet during

SS3/SS4 (Fig. 4.20a), but decays to a smaller value (0.05f) at depth.

During LS2, the geostrophic relative vorticity signal of the dipole anticyclone

shows up as an intense minimum centered at 37.4°N, 126.2°W with a peak value

of -0.59f at 25 in (Fig. 4.19a). During SS3/SS4, the dipole anticyclone relative

vorticity minimum is located at approximately the same spot, although it is

slightly weaker -0.48f (Fig. 4.19b). The vertical distribution of relative vorticity

during both LS2 and SS3/SS4 (computed at 37.36°N, 126.13°W and 37.25°N,

126.13°W) exhibits some vertical shear, but less than within the jet, in the upper

200 m, decaying to a constant value of -0.27f below 250 m (Fig. 4.20c).

The relative vorticity signal of the iiishore anticyclone, during LS2, appears

as au elongated local minimum (Fig. 4.19a). The elongated shape is consis-

tent with the meander-like appearance in the ADCP streamfunction (Fig. 4.lOa).

The vertical profile of relative vorticity within the inshore anticyclone (37.94°N,

124.18°W) displays the least amount of shear with a maximum of -0.421 at 35 rn

decaying to -0.37f at 250 in (Fig. 4.20c1). During SS3/SS4 the location of the

relative vorticity minimum has moved to the west and is more less elongated
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(Fig. 4.19b). The relative vorticity profile has not changed significantly, display-

ing little shear and a maximum of -0.41f at the surface decaying to a somewhat

smaller value of -0.30f at 250 m (Fig. 4.20d).

The vertical velocity field diagnosed via the Q-vector equation (4.1) repre-

sents the vertical velocity field appropriate for the given distribution of mass and

velocity, consistent with quasigeostrophic dynamics. Obviously, this is an approx-

imation to the actual balance of forces an indication of the departure from

QG is the magnitude of the horizontal ageostrophic velocity, diagnosed via (4.3)

and (4.4), compared to the magnitude of the geostrophic velocity. In general,

the spatial distribution of vertical velocity is accurately predicted by (4.1), while

its amplitude may differ by as much as 30% (Shearman et al. 1999b). In the

presence of large R.ossby number flow (E > 0.3), the QG vertical velocity tends to

overestimate vertical speeds, due to the lack of advection of ageostrophic vorticity

in the forcing of the Q-vector equation (4.1) (Shearman et al. 1999b).

The maximum upwelling velocity during August is 17 m d1 and occurs at a

depth of 205 m; the maximum downwelhing velocity is 23 m d' and occurs at a

depth of 225 m. The lateral distribution of Wqg is characterized by patches with di-

ameters of 30 to 40 km. smaller than the spatial variability of the geostrophic rela-

tive vorticity (Fig. 4.21a). Large upwelling and downwelling patches (15 m d1)

are found in the jet at 37.9°N, 127.5°W, where the jet makes a sharp cyclonic

meander along the outer wall of the dipole cyclone. This vertical velocity pattern

results from the conservation of potential vorticity, driven by the strong advection

of relative vorticity (Shearman et al. 1 999a).

The maximum upwelling velocity during September is 12 m d1 and occurs

at a depth of 245 m; the maximum downwelling velocity is 17 in d1 amid occurs

at a depth of 105 m. The characteristic length scales associated with the patches
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FIGURE 4.21 Quasigeostrophic vertical velocity ( m d1) at 105 m, diagnosed
from the gridded density and geostrophic velocity fields via the omega equation
for (a) LS2 and (b) SS3/SS4.
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of Wqg (Fig. 4.21b) are the same as in August. The large vertical velocities at

37.9°N, 127.5°W in the meandering jet from LS2 are no longer present, due to

a weakened cyclonic meander at the time of SS3/SS4. The strongest vertical

velocities at 105 m during SS3/SS4 are found at 38.3°N, 125.5°W (Fig. 4.21b).

The pattern here is indicative of potential vorticity conservation driven by changes

in relative vorticity with upwelling (downwelling) upstream (downstream) of the

anticyclonic bend in the jet (also the SE corner of the northern anticyclone).

These patches of upwelling followed by downwelling correspond to the weaker

upwelling and downwelling patches located at 38.0°N, 125.3°W (Fig. 4.21a)

indicating an intensification of the anticyclonic meander. This intensification is

apparent in the geostrophic relative vorticity field during September (Fig. 4.19b),

but not apparent in the ADCP velocity at 105 m (Figs. 4.161) and 4.17b).

The vertical distribution of vertical velocity was computed in a similar fash-

ion as the relative vorticity. \Tertical velocity profiles were computed for up-

welling and downwelling regions in the jet (Fig. 4.22a,b), the dipole anticy-

clone (Fig. 4.22c,d), and the inshore anticyclone (Fig. 4.22e,f). During Au-

gust, the vertical distribution of Wqg in the jet (upwelling, 37.65°N, 127.45°W;

downwelling, 38.0i°N, 127.32°W) has a maxinium 115 m (upwelling) and 95 m

(downwelling) (Fig. 4.22a,b). Duing September, the vertical distributions of

w9 in the jet (upwelling, 38.33°N, 125.36°W; downwelling, 38.26°N, 125.77°W)

were similar with maxima at slightly shallower locations, 95 in (upwelling and

downwelling) (Fig. 4.22a,b). In the dipole anticyclone, the vertical velocity

maximum occurs at 115 in for both upwelling (37.29°N,126.00°W) and down-

welling (37.29°N, 126.32°W), during August (Fig. 4.22c,d). During September,

the vertical velocity maximum in the dipole anticyclomie occurs at 125 m for

upwelling (37.33°N,1 25.86°W) and 105 m for downwelling (37.43°N,1 26.22°W)
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(Fig. 4.22c,d). As noted before, the inshore anticyclone is a deeper feature and

achieves its maximum vertical velocity similarly at depth During August, the

inshore anticyclone reaches maximum upwelling velocity at 155 m (computed at

37.87°N,124.72°W) and maximum downwelling velocity at 195 m (computed at

37.58°N,124.59°W). During September, the inshore anticyclone reaches maximum

upwelling velocity at 155 in (computed at 37.87°N,124.68°W) and the maximum

dowriwelling velocity occurs within the region of extended data, suggesting a

depth of "400 m (computed at 37.79°N,125.04°W).

The divergent ageostrophic velocity field was calculated from (4.3). During

both LS2 and SS3/SS4, the divergent velocity field has a maximum value of

0.04 m s1 that occurs near the surface (Fig. 4.23a,b). The divergence estimates

are consistent with the location of strong upwelling and downwelling (Fig. 4.21).

The most striking feature of the rotational ageostrophic velocity field diag-

nosed via (4.4) during LS2 (Fig. 4.24c) are the anticyclonic vortices overlying

regions of strongly curved flow (i.e., dipole cyclone at 37.9°N, 127.3°W, dipole

anticyclone at 37.4°N, 126.2°W, and inshore anticyclone at 37.9°N, 124.2°W).

These anticyclonic circulations are associated with the gradient wind balance

(the inclusion of the centrifugal force in the primary force balance along with the

pressure gradient and Coriolis forces) and the augmentation (reduction) of the

rotational velocity field in regions of anticyclonic (cyclonic) curvature (Shearman

et al. 1999b). During SS3/SS4, the anticyclonic vortices are again seen overlying

the dipole anticyclone and the inshore anticyclone, however there is not a strong

signal near the dipole cyclone, consistent with the weakening of the cyclonic me-

ander (Fig. 4.24d). There is a weak anticyclonic ageostrophic vortex overlying the

cyclonic meander at 38.2N, 126.0°W during SS3/SS4. The maximum rotational

ageostrophic velocity is 0.12 m s1 during LS2 and 0.08 during SS3/SS4 both
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FIGURE 4.22 Profiles of the quasigeostrophic vertical velocity (m d1) within
(a,b) the dipole cyclone, (c,d) the dipole anticyclone, and (e,f) the inshore anticy-
clone. Profiles (a,c,e) are from upwelling regions and (b,d,f) are from downwelling
regions. A solid line indicates a profile from LS2 and a dashed line indicates a
profile from SS3/SS4.
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of which occur at 5 In. The ageostrophic relative vorticity (4.6) exceed -0.lf at

25 m within the dipole cyclone and anticyclone, during LS2, and are weaker dur-

ing SS3/SS4. The ageostrophic relative vorticity within the inshore anticyclone

changes little between LS2 and SS3/SS4.

4.6 DYNAMICS

4.6.1 Energetics

The time-dependent behavior of this system of mesoscale features is examined

in terms of the energy dynamics. Using the two realizations of the meandering jet

and adjacent eddies, the evolution of the kinetic energy (KE) and available poten-

tial energy (APE) fields can be determined. Barotropic and baroclinic instability

processes affecting the development of a meandering jet have specific signatures

in the energy fields (Pinardi and Robinson 1986). The linear stability (with QG

dynamics) of an equatorward jet in the CCS has been examined (Pierce et al.

1991), using observations from the CTZ experiment (Huyer et al. 1991). Nu-

merical simulations of the nonlinear, QG, finite-amplitude behavior of the same

jet have been conducted (Allen et al. 1991). The results of the linear analysis

found the largest growth rate (e-folding time scale of 7-11 days) for a wavelength

of approximately 260 km. The results of the finite-amplitude study indicated

meander growth rates of 1-4 km d1, increasing with meander amplitude, and

meander propagation speeds of 3-5 km d1, decreasing with meander amplitude.

Initially (0-30 days), barotropic and baroclinic instability processes contribute

equally, however, after 30 days baroclinic processes become more important.

The kinetic and available potential energy (per unit mass) are computed fol-

lowing Pinardi and Robinson (1986)



171

KE = (u + (4.8)

APE =
gO2

(4.9)
2POPZ

where 0 is the negative perturbation density defined in (4.2). The change in

KE and APE (KE and APE) is computed by taking the difference of the

respective field between each survey (Figs. 4.25 and 4.26). The time elapsed,

= 16 days, is determined by taking the difference between the midpoints of

LS2 and the joint SS3/SS4. The buoyancy work b (the conversion term between

KE and APE) was identified by Allen et al. (1991) as being a useful indicator

of baroclinic instability processes. Therefore, following Pinardi and Robinson

(1986), the buoyancy work is computed

b
gOwqg

PU

(4.10)

In order to reflect the temporal changes between the two sets of surveys, the

average buoyancy work b is computed from

b+b
b=

2
(4.11)

where b and bf are the buoyancy work, corn puted from (4.10), for the initial (LS2)

survey and final (SS3/SS4) survey. Given two realizations in time, Computing b

from (4.11), is essentially computing a time-averaged buoyancy working rate,

where the time-dependence is represented by a linear trend. The net effect of

buoyaiicy work could also be estimated by assimilating the observations into

a dynamic model (to provide a more accurate representation of the temporal

variability) and integrating (Waistad et al. 1991).

The near surface KE pattern (Fig. 4.25a) indicates propagation of the me-

andering jet to the north; the meander propagates in the clirectiomi of increasing

KE (Allen et al. 1991). The displacement of the jet to the north has already
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been noted. The displacement speed can be inferred from the movement of the

bolus of cold water within the jet (0.05 in s' or 4,3 km d'), which matches the

meander growth rate (24 km d1) identified by Allen et al. (1991). Also, the

KE field indicates retrograde propagation of the meander, since the mean flow

direction is southward as observed by H98. In the first stage (0-60 days) of a nu-

merical study of an unstable equatorward jet, modeled from observations during

the CTZ experiment, both cyclonic and anticyclonic meanders propagate in the

direction of the mean flow (Allen et al. 1991). At mature stages of development

('90 days) the propagation direction of the cyclonic trough reverses direction

and begins a retrograde propagation. At about the time the cyclonic meander

changes its propagation directioii, eddy shedding is observed and by '..'110 days

the pinching-off process is nearly complete (Allen et al. 1991). The time scales

for the development of the meandering jet and eddies in the observations froni

LS2 and SS3/SS4 approximately match those identified in the numerical study

by Allen et al. (1991). Observations taken during June (LS1) show the jet at au

early and relatively undeveloped stage (H98). The time change between the cen-

tral date of LS1 and SS3/SS4 is 83 days. The pinching-off processes identified by

Allen et al. (1991), yield an irregularly shaped (elliptic) cyclone and more circu-

lar ariticyclone. The observations from LS2 and SS3/SS4 reflect this asymmetry

in eddy shapes. Both hydrography and ADCP indicate that the dipole cyclone

is irregularly shaped (Figs. 4.8 and 4.10). The dynamic height at 25 m shows

an elliptical cyclone with a major and minor axis of approximately 175 kin and

100 km, somewhat smaller than the length scales (325 km and 150 kin) identified

by Allen et al. (1991). The ADCP streamfunction at 25 m indicates that the

dipole anticyclone is more circular. The concomitant increase iii IKE at deeper
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levels with eddy shedding observed in Allen et all. (1991) is not observed here

(Fig. 4.26a).

The horizontal distribution of APE at 25 m (Fig. 4.25b) shows a large loss

of APE with the dipole cyclone and a gain of APE along the northern and north-

western edge of the meandering jet. At 105 in (Fig. 4.26b), the region of negative

APE also underlies the dipole cyclone, and the region of positive APE along

the northern and northwestern edge has increased in size and magnitude. At

25 in the magnitudes of KE and APE are comparable, but at 105 m APE

is larger. At 105 in, KE is increasing on the northern (leading) edge of the

meander, APE is also increasing, and b has a negative value indicating a

conversion from KE to APE. This conversion from KE to APE along a mean-

cler's leading edge has been observed before in the CCS by Walstad et al. (1991).

At the far western end of the meander (38.0°N, 127.7cW), there is a loss in KE

and strong gain in APE at 105 m. The loss of KE approximately balances

the gain in APE. This strong local conversion of KE to APE at the meander

crest was reported in Allen et al. (1991), and is indicative of baroclinic insta-

bility processes. It is difficult in such a non-linear regime as the CCS, where

several strong mesoscale features are interacting, to isolate simple baroclinic or

barotropic signatures. However, from the similarity between the features in this

survey and the previous analysis by Pierce et al. (1991), Allen et al. (1991) and

Walstad et al. (1991), the meander evolution is being driven by a similar mixed

barotropic-baroclinic instability process.

A small (25 kni diameter) region at the core of the dipole anticyclone has a

positive KE, the northwestern half has a negative KE, and there is a gain in

KE along an outer ring approxiniately 50 km from the center, encircling roughly

two-thirds of the dipole anticyclone (Fig. 4.25a). There is not a clear pattern of
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LAPE at 25 m associated with the dipole ariticyclone (Fig, 4.25b). At 105 m,

the dipole is predominantly losing KE, and the inner 25 km core region losing

APE, while it is ringed by a region of positive APE at a radius of approximately

25 km (Fig. 4.26a,b).

The inshore anticyclone, similar to the dipole. anticyclone, shows a positive

KE at 25 m around roughly the southern half of the eddy (Fig. 4.25). There

is no clear APE signature associated with the inshore anticyclone at 25 m. At

105 in, there is no indication of the inshore anticyclone in either KE or APE

(Fig. 4.26).

The lateral scales of variability are smaller for b than for AKE and AAPE

(Figs. 4.25 and 4.26). This is partly due to the smoothing effects of determining

AKE and AAPE from a time difference of 16 days. It is also due to the small

scales evident in the Wqg field (Fig. 4.21). The locations of the strongest values of

buoyancy work coincide with the strongest vertical velocity, most notably along

the strong cyclonic meander at 37.8°N, 127.5°W.

4.6.2 Potential Vorticity

Potential vorticity dynamics are important in mesoscale features, in particular

the patterns of diagnosed vertical velocity are representative of vertical motions

induced by the conservation of potential vorticity. Since we have an estimate of

the complete three-dimensional circulation, Ertel's potential vorticity is computed

QE
[(wy v) p + (f' w + u) p + (f + () Pz], (4.12)

where fh is the horizontal component of the planetary vorticity. The diagnosed

three-dimensional velocity field (ug+uag,vg+vag,wq) is used in (4.12) to compute

QE (Fig. 4.27). One particular feature of the potential vorticity field at 105 m
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FIGURE 4.27 Ertel's potential vorticity (rn' s1), computed from (4.12) using
the complete three-dimensional velocity field, at 105 m during (a) LS2 and (b)
SS3/SS4.
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(Fig. 4.27). The relative high potential vorticity ring is due to stratification (Fig.

4.28) and the low potential vorticity core is due to the large negative values of

relative vorticity (Fig. 4.19).

4.7 DISCUSSION

This study has provided strong evidence supporting the instability of the

separated, equatorward, baroclinic, eastern boundary current jet as the process

governing the evolution of the system. Previous numerical studies have shown

that a mixed barotropic-baroclinic instability is the primary mechanism control-

ling the growth and propagation of the meandering jet in the CCS (Allen et al.

1991). The observations presented here demonstrate a similar time-dependent

behavior; most importantly the retrograde (against the mean flow) propagation

of a well developed cyclonic meander. The evolution of the jet due to instabil-

ity processes is complicated by the presence of eddies (of both signs) that are

generated by different mechanisms. There is evidence in this study of a surface

intensified cyclone being pinched off as the result of advanced baroclinic instabil-

ity of the jet. Retrograde propagation of the unstable meander is important to

the formation of a closed circulation cyclone. Also, two anticyclones (dipole and

northern) suggest origins within the anticyclonic meanders of the unstable equa-

torward jet. A surface-intensified velocity structure similar to the jet, and water

properties that reflect the characteristics of offshore waters support the develop-

ment of these features within the unstable jet. Finally, the inshore anticyclone

does not appear to be fornied from the meandering equatorward jet. The physical

characteristics and deep, relatively depth-independent nature of the circulation

indicate a separate formation mechanism for the inshore anticyclone. Potential
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mechanisms include the baroclinic instability of the poleward undercurrent. This

is supported by the size of the inshore anticyclone (80 km in diameter), which is

consistent with length scale associated with baroclinic instabilities of 27rRZ, where

R is the internal deformation radius (see Pedlosky 1987). The internal defor-

ination radius is approximately 28 km (computed from the background density

field (z) for LS2), giving a characteristic length scale for baroclinic instability of

176 kin for a full wavelength, or an 88 km diameter eddy. Another possible for-

ination mechanism would be frictional effects between the poleward undercurrent

and the shelf break (Garfield et al. 1999). The observation presented here do not

support a frictional source, which generates submesoscale coherent vortices, for

the inshore anticyclone, due to the size of the eddy.

Adding to the richness of the mesoscale variability in the CCS are the in-

teractions between mesoscale eddies (in particular the inshore anticyclone) and

the meandering equatorward jet. The inshore anticyclone redirects a portion

of the meandering jet, adding a deep component of flow and locally increasing

the transport. The interaction of the jet and inshore anticyclone is confirmed

by drifter trajectories acquired at the same time as this study (H98; Brink et

al. 1999). Several of the pathways indicated by the near surface ADCP stream-

function (Fig. 4.lOa,b), namely the streamlines -6000 through -10000 m2 s', are

realized iii the drifter trajectories shown in Brink et al. (1999). The evolution

of the jet is also affected through highly nonlinear interactions with the inshore

anticyclone, specifically the advection of offshore water across the jet and into

the anticyclone. The anticyclonic meander in the equatorward jet at 38,7°N,

124.5°W (and the adjacent northern anticyclone) cannot be evolving under baro-

clinic or barotropic instability processe.s alone, because of the intense interaction

with the inshore anticyclone. This interaction is supported by the observations



182

of Brink et al. (1999), who describe the southward displacement of the north-

ern anticyclone after October 1993. Brink et aL (1999) hypothesize that at this

point the northern anticyclone either dissipates or is absorbed back in to the

mean flow. This highlights an interesting question as to the formative process

for the northern anticyclone and it physical characteristics. H98, observe the

northern anticyclone in June 1993 adjacent and offshore of the meandering jet

and much smaller than it was during August and September. The observations

presented here indicate that the iiorthern anticyclone, although still deeper than

the jet, shares a distinctly baroclinic velocity structure with the jet (LS2, line 3,

Fig. 4.18). The history and structure of the northern anticycloite suggest forma-

tion within the anticyclonic meander of the jet, another instance of eddy shedding

through the inherent instability of the meandering jet. And, as noted by Brink et

al. (1999), large eddies remain stable only if they contain a significant barotropic

circulation. The northern aitticyclone, although deeper than the meandering jet,

is baroclinic in nature, and subsequently exhibits the signs of vortex break up.

Observations of cycloidal motion (5-7 km radius) within the northern anticyclone

(Brink et al. 1999) might be indicative of the development of 'hetons' along the

eddy boundary, a precursor eddy breakup (Heifrich and Send 1988).

The dynamic topography of the cyclone-anticyclone pair shows the anticy-

clone to be elliptical in both LS2 arid SS3. Mesoscale eddies have instability

processes analogous to mesoscale jets (baroclinic and barotropic). The elliptic

shape corresponds to a mode 2 azimuthal wave, which may or may not be unsta-

ble depending upon the flow parameters (Hopfinger and van I-Jeijst 1993). During

SS3, the orientation of the ellipse is north-south (Fig 4.8). There are two poten-

tial reasons for this change in orientation; the anticyclone may precess (either

cyclonically or anticyclonically), or the temperature and salinity centers of the
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anticyclone that support the geostrophic shear within the feature are advected

around the anticyclone by the deeper or depth independent flow associated with

the anticyclonic eddy. Numerical studies have shown that stable configurations

of a stratified anticyclone in a shear field is au elliptical orientation such that the

major axis of the ellipse is perpendicular to the direction of shear flow (Ruddick

1987). This would agree with the observed configuration of the anticyclone from

the eddy pair with the strong jet to the north and south west. Thus, cyclonic

precession is possible, orienting the anticyclone in the presence of the strong jet

the eddy finds a stable position opposing the flow of the jet at the northern

edge.

4.8 CONCLUSIONS

High-resolution SeaSoar and ADCP observations have been used to charac

terize the evolving mesoscale circulation in the CCS. The observations depict

the offshore, meandering equatorward jet flowing through and interacting with

several mesoscale eddies. Observed speeds within the jet have a maximum of

approximately 0.80 in s', and relative vorticity ranges from -0.3f to O.4f. The

several mesoscale eddies reflected differing flow characteristics. The dipole cy-

cloiie was in general a weakly recirculating feature, however strong flow could

be found along its northern and western sides, where the dipole cyclone merged

with the meandering jet. Relative vorticity was quite large here, approximately

0.Gf. The dipole anticyclone had maximum relative vorticity of -0.4f, as did the

inshore anticyclone, although the inshore anticyclone showed a larger barotropic

component of flow. The northern anticyclone was surface intensified and had

a maximum relative vorticity of -0.4f. Vertical velocity associated with these
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mesoscale features was strongest in the jet, ranging from -23 m d-1 to 17 md-1.

The dipole cyclone and anticyclone had vertical velocity maximums at about

105 m, while the inshore anticyclone had vertical velocity maximum deeper at

about 200 in. Horizontal ageostrophic circulations were sizable with maximum

speeds of 0.10 in s for the rotational component, which showed the distinct

influence of the gradient wind balance and the effects of flow curvature, and

0.04 m s1 fcr the divergent component.

The near surface KE (Fig. 4.25a) indicates retrograde meander propaga-

tion typical of advanced baroclinic instability. At 105 m, there is a strong local

conversion from KE to APE (through buoyancy work) along the western edge

of the jet meander and dipole cyclone. This evidence supports the baroclinic

instability of the meandering equatorward jet as the driving mechanism behind

the evolution of mesoscale features in the CCS. There is strong evidence as well

for iionliiiear interactions (advection) between mesoscale features. The inshore

anticyclone influences the development of the meandering jet by folding an anticy-

clonic meander of the jet into itself. Also, eddies that were apparently developed

through the instability process, potentially interact with jet, as indicated by the

alignment of the dipole anticyclone within the shear of the meandering jet.
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4.10 DATA REDUCTION

The SeaSoar density data are first bin averaged into 10 m vertical and

15 minute temporal bins. The bin averaged data are used to compute the isotropic

radial correlation, computation of the correlation uses a radial bin size of 8 km

centered at 4,12,...,364 km. The radial density correlation data for all three

surveys (Fig. 4.29) exhibit large negative side-lobes (correlation values of -0.3)

indicative of wave-like processes. Large correlation values at radial separations

greater than 150 km for SS3 and SS4 are caused by the size limitation of the

survey and the small number of observations with separations of this magnitude.

In order to perform the objective analysis, a model correlation function is

posited

C(r) exp cos
(v).

(4.14)

The correlation data from each survey are used to find the values of the parame-

ters a and b that result in the best fit between (4.14) and the calculated correlation

data (Table 4.2). The correlation data are nearly constant with depth. The cor-

relation data for each survey yield zero-crossings (b/2) and decay scales (a) that

are similar. The large negative side-lobes may result in a correlation matrix,

used in the objective analysis (Bretherton et al. 1976) of the data, that is not

necessarily positive definite (Denman and Freeland 1985), and thus not optimal

for gridding purposes. To ensure a positive definite correlation matrix, the cor-

relation parameters for (4.14) must satisfy air/b < 1.848 (Denman and Freeland
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Survey a (km) b (km) a7r/b

LS2 98.4 128.2 2.41

SS3 95.5 116.2 2.58

SS4 62.0 109.0 1.79

SS3/SS4 98.4 117.2 2.64

TABLE 4.2 Fitted correlation parameters.

1985). Previous application of objective analysis in the California Current (Wal-

stad et al. 1991) identified a correlation function with a siniilar zero-crossing and

smaller side-lobes (smaller decay scale). The parameters a and b for the correla-

tion model (4.14) that match the correlation model from Walstad et al. (1991)

are

a = 56.9 km,

b = 120.0 km,

a7r/b = 1.490.

To insure a positive definite covariance matrix, these parameters are adopted for

the subsequent analysis. The bin averaged SeaSoar density are objectively ana-

lyzed following Shearman et al. (1999a), The ADCP velocity data, averaged to

match the resolution of the SeaSoar data 10 m vertical and 15 minutes temporal,

are objectively analyzed into a gridded nondivergent velocity field, also following

the procedures of Shearman et al. (1999a).

Due to the density of observations (approximately 930 per depth level for LS2

and 1090 per depth level for SS3/SS4), the results of the objective analysis do
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not differ appreciably from objective analyses with correlation models that more

closely fit the actual correlation data .Acomparison of the objectively analyzed

LS2 density field using the adopted covariance parameters a = 56.9 km, b

120.0 km and the fitted covariance parameters a = 98.4 km, b = 128.2 km shows

a correlation of 0.9984 and an rrns difference of 0.054 kg m3 over the entire

volume with error covariance of less than 10% (139039 grid points).

Error covariance estimates are made from the objectively analyzed data

(Bretlierton et al. 1976). Error covariance values reflect the confidence in value

of the gricided point. Subsequent analyses using maps of gridcled fields or quan-

tities derived from gridded fields are constrained to use only data with an error

covariance less than 10% of the data variance.

The deep CTD and climatology data are treated in the same fashion as the

SeaSoar CTD data. Climatology data from 250, 300, 400, 500 and 600 M are

linearly interpolated to match the vertical spacing of the bin averaged CTD

data (10 m). The. extension data is gridded using correlation parameters of a

= 113.8 kni and b = 240.0 km.
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5 SUMMARY

The combination of SeaSoar and ADCP provides unprecedented resolution

of mesoscale features and the ability to cover large areas (400 km by 250 km)

quasi-synoptically. This, in turn, permits the diagnosis of the three-dimensional

circulation associated with mesoscale features and a more complete description

of the dynamics within these features. Previously, due to the coarseness of ob-

servations arid lack of synopticity, this level of analysis was beyond the scope

of riiost research programs in the California Current. The coupled SeaSoar and

ADCP observations (along with concomitant measurements of biological fields)

have provided one of the most useful and complete data sets, representing the Cal-

ifornia Current, to date. This dissertation takes advantage of these high-quality

measurements to analyze the dynamics and physical characteristics of mesoscale

features in the CCS.

In Chapter 2, high-resolution SeaSoar and ADCP observations of a cyclonic jet

meander and adjacent cyclonic eddy are used to estimate the three-dimensional

circulation associated with these inesoscale features. The unprecedented resolu-

tion (2 km alongtrack, 10 km crosstrack, 2 dbar vertical) and synoptic coverage

(a 100 km by 70 km area in 2.5 days) permit a unique view of the meandering jet

and neighboring eddy. First, it is possible to characterize and map (via objective

analysis) the density and velocity fields on length scales shorter than previously

applied in the CCS. Also, the high-resolution and synopticity allow the diagnosis

of vertical velocity, via the Q-vector form (2.14) of the QG omega equation. The

geostrophic velocity and QG vertical velocity depict an energetic mesoscale cir-

culation with horizontal speeds up to 1.0 m s', relative vorticities ranging from

-0.8f to 1.2f, arid maximum vertical speeds of 40 m d-'. The three-dimensional



193

circulation indicates two distinct scales of variability; a 20-30 km scale associated

with patchiness in the vertical velocity and relative vorticity fields (comparable

to frontal instabilities) and an approximately 75 km scale associated with the pri-

mary cyclonic meander (comparable to standard baroclinic instabilities). Finally,

analysis of the three-dimensional trajectories of water parcels indicates that net

vertical displacements are on the order of 20-30 m over 2-3 days, yielding net

vertical velocities of 7-15 rn d'. The behavior of relative vorticity and vertical

velocity along a geostrophic streamline show that vertical motion is primarily

the result of the conservation of potential vorticity driven by changes (due to

advection) in the relative vorticity.

The effects of including higher-order dynamics in the diagnosis of three-

dimensional circulation are examined in Chapter 3. The iterated geostrophic

intermediate models, which include dynamics between those of quasigeostrophy

and the primitive equations, and a primitive equation model coupled with a digi-

tal filter were used to diagnose the three-dimensional circulation associated with

the cyclonically meandering jet and adjacent cyclone from Chapter 2. This is the

first instance, in which the higher-order diagnoses of three-dimensional circulation

have been developed and applied to oceanic observations. The strong curvature

of the meandering jet and energetic circulation (maximum horizontal velocities of

1.0 m s1 and relative vorticities approaching 1.Of) imply large Rossby number

flow, where the fundamental balance of forces will depart from geostrophy and

quasigeostrophy. The results of the higher-order diagnostics demonstrate the im-

portance of the gradient wind balance in flow with strong curvature. The gradient

wind balance, included in the dynamics of the iterated geostrophic intermediate

models and primitive equations, expands upon the basic geostrophic relation by

including the centrifugal force in the primary balance. Horizontal velocities di-
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agnosed from the iterated geostrophic models are weaker than (stronger than)

the geostrophic velocities in regions of cyclonic (anticyclonic) curvature, consis-

tent with the gradient wind balance. A method to diagnose the gradient wind

from an observed dynamic height field was also developed, and the diagnosed

gradient wind velocities showed average decreases (increases) from geostrophy of

p to 0.06 m s1 (0.12 m s-') in cyclonic (anticyclonic) regions. The iterated

geostrophic relative vorticity fields were strongly altered from the geostrophic rel-

ative vorticity field and reflected the influence of the centrifugal force (gradient

wind balance); anticyclonic vorticity was enhanced and cyclonic vorticity was re-

duced. The iterated geostrophic and quasigeostrophic vertical velocity fields were

similar in pattern and scale, but the higher-order vertical velocity was signifi-

cantly reduced (by approximately 35%) in comparison with the quasigeostrophic

vertical velocity. This reduction was consistent with the gradient wind balance

and shown to be the result of tile geostrophic advection of ageostrophic relative

vorticity, acting to reduce the forcing of the iterated geostrophic omega equation.

The vertical velocity diagnosed using the primitive equation model and digital

filtering technique, also exhibited reduced magnitude in comparison with the QG

vertical velocity. However, the diagnosed horizontal velocity and relative vortic-

ity did not reflect the influence of the centrifugal force (gradient wind balance).

Finally, observations of the nondivergent ageostrophic velocity (as measured by

shipboard ADCP) compare closely with the diagnosed gradient wind ageostrophic

velocity. The same pattern of ageostrophic anticyclonic vortices overlying regions

of strong flow curvature appear in both the calculated and observed fields.

Tile diagnostic tools developed in the previous chapters, combined with sev-

eral high-resolution SeaSoar and ADCP surveys of the greater California Current

(between 36-40°N), were used to describe the physical characteristics, evolution,
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and dynamics of a variety of mesoscale features in the CCS. The observations

showed the meandering, equatorward jet, flowing through a field of mesoscale

eddies, which included a co-rotating eddy pair (dipole cyclone and anticyclone),

a northern offshore anticyclone, and a deep inshore ariticyclone. The physical!

traits of the meandering jet were similar to observations described in the previ-

ous chapters with a maximum speed of approximately 0.80 m s1 and relative

vorticity ranging from -0.31 to 0.4!. Observations from four distinct mesoscale

eddies reflected widely differing flow characteristics. The dipole cyclone (analyzed

in Chapters 2 and 3 as well) was surface-intensified and a weakly recirculating

feature in comparison with the anticyclones. However, near where the dipole cy-

clone abutted the meandering jet, the relative vorticity was large, approximately

0.6f. The anticyclones all had maximum relative vorticities of -0.4f, but they

also exhibited distinctly different flow characteristics. The inshore anticyclone

was a much deeper feature than the dipole anticyclone and northern anticyclone.

The northern anticvclone was baroclinic in nature and larger than the dipole

anticyclone, which was also baroclinic, but had a significant deep component of

flow. The diagnosed QG vertical velocities were largest in the meandering jet

with maximum speeds of approximately 20 m d-'. Vertical velocity within the

dipole cyclone and anticyclone reached its maximum at 105 m and within the

inshore anticyclone reached its maximum deeper at approximately 200 m. The

diagnosed horizontal ageostrophic circulations had maximum speeds of 0.10 ms1

for the rotational component and 0.04 m s1 for the divergent component. The

evolution of the kinetic and potential energy fields are reminiscent of the late

stages of baroclinic instability from numerical studies of California Current jet

stability, showing retrograde propagation of the meander and strong local con-

versions from kinetic to potential energy. The evolving circulation also suggests



strong nonlinear interactions between the several mesoscale features, such as the

ellipticity and alignment of the dipole anticyclone caused by its proximity to the

shear within the meandering jet.

The results of this dissertation enhance the emerging view of the Califor-

nia Current as a seasonally energetic, complex system with abundant mesoscale

circulation. Detailed descriptions of mesoscale features in the California Cur-

rent have been obtained through high-resolution SeaSoar/ADCP surveys and the

implementation of three-dimensional circulation diagnostics. Observations indi-

cate significant differences in the vertical structure of mesoscale features; surface-

intensified eddies (both cyclones and anticyclones) share properties with the me-

andering equatorward jet, while deeper features (anticyclones only) are unique.

This dichotomy suggests different formation mechanisms for the mesoscale ed-

dies; instability of the ineaiidering equatorward jet as the source of the surface-

intensified eddies, and the instability of the poleward undercurrent as the source

of the deeper anticyclones. The importance of higher-order balances to the dy-

namics of niesoscale features in the California Current has been shown. The

vigorous mesoscale circulation shows evidence of the gradient wind balance, and

alterations of the horizontal velocity field, due to the influence of the centrifugal

force, are significant. Finally, observations of changes in the kinetic and available

potential energy fields are similar to processes seen in numerical finite-amplitude

studies of the instability of the meandering equatorward jet, strengthening the

hypothesis that this is a major dynamic. process influencing the evolution of the

California Current system.
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