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Abstract

For the purpose of investigating the fundamental nature of the

interannual oscillation observed in the tropical Pacific in conjunction with

El Nifto/Southern Oscillation (ENSO), the Comprehensive Ocean

Atmosphere Data Set was analyzed. Based upon this analysis, an

"intermediate" tropical atmosphere-ocean coupled model was developed.

For reason of their particular importance to atmosphere-ocean interactions,

moisture processes such as condensation-convergence, evaporation-sea

surface temperature and evaporation- wind feedbacks were given special

emphasis in both the data analysis and modeling processes. The

atmospheric component of the model is based on the first baroclinic mode,

which is driven by the atmospheric internal heating. The oceanic model

consists of two layers with an iinbedded oceanic mixed-layer, by which SST

is predicted.

The present study has demonstrated that despite the structural
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simplicity of the oceanic model, it is capable of simulating mean oceanic

circulation. In preparation for coupling, individual models were first tested

with the use of appropriate time-dependent boundary conditions specified

from the composite ENSO data. Both model simulations reproduced the

major features associated with the ENSO events.

Coupling was performed following the imposition of wind stress

anomalies over the western Pacific for a given time period and the removal

of all external forcing for a period of eight years thereafter. The coupled

responses simulated during the the first two-year period provided

reasonable simulations of the following ENSO-like features: the appearance

of warm sea-surface temperature anomalies in the central Pacific,

deepening/shallowing of mixed-layers in the eastern/western Pacific,

weakening of the trades in the central Pacific, strengthening/weakening of

the North Equatorial Counter Current/South Equatorial Currents, and

enhanced convective activities around the dateline. The long-term coupled

integration showed a pattern of interannual oscillation over a period of

approximately three years.

The results obtained from this coupling study have illustrated (1) that

the necessary condition for the interannual oscillation is the interaction

between the atmosphere and the ocean and (2) that it is likely that oceanic

wave dynamics plays a crucial role in the determination of the growth and

decay of ENSO events.
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A Study of El Niflo/Southern Oscillation:

Numerical Experiments and Data Analysis

1. INTRODUCTION

Two types of quasi-periodic atmospheric oscillations on seasonal to

interannual time-scales are of scientific concern in tropical meteorology.

One is so called 40-50 day oscillation and the other is El Niño/Southern

Oscillation (hereafter ENSO). The former is basically an intraseasonal type

oscillation, and has to do with the slowly eastward propagating equatorial

disturbances observed west of the dateline (Lau and Chan, 1985).

Considering its relatively short time-scale, this type of oscillation may be

understood within the framework of the atmospheric internal dynamics

with fixed sea-surface temperature (hereafter, SST). The ENSO type

oscillation has a period of 2-10 years, namely an interannual oscillation, and

has often been described in terms of the irregular appearances of oceanic and

atmospheric changes in the tropical Pacific. In recent years a number of

studies have shown that the unstable interaction between the atmosphere

and ocean is of major importance in the interannual type oscillation. In the

present study, we have focused on the investigation of the latter type of

oscillation by constructing atmospheric and oceanic models relevant to the

oscillation in conjunction with appropriate data analysis.



2

The term, El Niflo, usually refers to the irregular appearances of a

positive SST anomaly in the eastern and central equatorial Pacific about

every 3-4 years. The Southern Oscillation is a seesaw variation of the sea-

level pressure (hereafter, SLP) between the southeastern tropical Pacific and

the northern part of Australia and Indonesia. Bjerknes (1966, 1969 and

1972), however, suggested that El Niflo and Southern Oscillation are closely

linked with each other, and it is now generally recognized that these

phenomena are two different features of the same phenomenon (Philander

et al., 1984). In fact, the term El Niflo/Southern Oscillation has been

accepted among climate researchers as a special term refering to the tropical

atmosphere-ocean interaction.

ENSO has been known to be correlated with drought in Indonesia

and north of Australia. Islands in the central Pacific, on the other hand

experience severe floods during the El Niño period. The coastal regions of

Equador and Peru are also inundated with anomalous rainfall at the

beginning of the event. As for oceanic changes, the surface warming along

the coast of Peru and Equador causes the cutoff of nutrient rich cold water

from the deep ocean. The lack of cold nutrient bearing water during El

Niflo is also known to incur tremendous loss in the local fishery industry.

ENSO has been also known to affect Northern Hemisphere weather, to

some extent, by exciting large-scale planetary waves in the atmosphere

(Philander, 1983).

Much progress has been made for the past 2 decades in understanding

the ENSO phenomena. We now have better dynamical insight into ENSO,

and observations involving the atmosphere-ocean interaction have been

relatively well documented (Shukia, 1990). Nevertheless, many questions
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still remain unanswered concerning the physical processes governing ENSO

events. For example, the mechanisms for initiation, duration and

termination of ENSO, the reasons for its irregular occurences and its impact

on the extratropics are presently not well understood. There appears to be

consensus that ENSO probably occurs only in special conditions which

allow an unstable interaction between ocean and atmosphere (Philander

and Hurlin, 1988).

Cane and Zebiak (1985) have simulated ENSO-like features including

recurrences of anomalous SST at irregular intervals in their simple coupled

model. They eliminated in their model all but a few physical process which

they believe must be relevant for ENSO. The major scientific merit of a

simple model such as theirs is that the model physics is simple enough to

allow one to easily follow its internal workings of the model. On the other

hand, the model results may not adequately represent more general

situation, and need more stringent tests for their general validity. An

alternative approach to the simple models is a general circulation model

(GCM) in which many processes are much more realistically modeled.

However, GCMs so far have not been very useful in the ENSO studies

mainly because of their excessive complexity and computing time required

for their long-term integration. Nonetheless, a few GCM groups are

currently attempting to simulate ENSO with the coupled GCM (CGCM) and,

most recently Lau and Philander (1990) have reported probably the first

successful simulation of the ENSO-like feature with a CGCM. It should be

pointed out, however, that such CGCM simulations are too complicate and

costly to provide the ultimate answer to those questions posed earlier.



Instead, for those questions it may be more desirable to develop an

intermediate-type model which should be simpler than a GCM, but

physically more realistic than the existing simple models. The present study

is motivated by the desire to develop such an intermediate model for the

study of ENSO.

In the present study, the Comprehensive Ocean Atmosphere Data Set

has been analyzed first in order to document the low-frequency behavior of

several important moisture variables during the periods of El Niños. The

information obtained from this COADS analysis has provided useful

guidance for the development of our coupled model used for the present

ENSO study. The present atmospheric model is a time dependent moist

model in which many physical processes are explicitly included, unlike

other existing simple models. The model, however, is a baroclinic

perturbation model, in which only the first baroclinic mode is allowed in

the vertical. The accompanying ocean model also has a simple vertical

structure, but it is made to be relatively more comprehensive in order to

simulate the total oceanic circulation including the annual cycle.

Probably the most unique aspect of the present study is the fact that

the moisture processes are strongly emphasized in both the data analysis

and the modeling. The possible roles of the moist processes within the

coupled system have already been theoretically investigated by Lau and

Shen (1988). Following their theoretical guidance, some of the moisture

processes, which have not been considered in previous simple model

studies, are specially focused in the data analysis and are carefully

parameterized in the present atmospheric model. As for the oceanic model

experiments, our main emphasis has been given to the systematic
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exploration of the model sensitivity to different given boundary conditions.

In coupling the atmospheric and oceanic models, the ocean is driven

not only by the wind-stress but also by the heat flux from the ocean surface,

whereas the atmosphere is driven by only the SST-induced evaporation

process. As an attempt to eliminate possible influences of some of the

erroneously simulated oceanic mean state upon the model atmosphere, a

"flux correction" method was applied during the coupled model

integration. With the use of this method, the free interactions between the

oceanic and atmospheric anomalies are allowed while the dynamics of the

mean atmosphere-ocean coupled system remains realistic.

In Chapter 2, some significant results of the COADS analysis are

presented, focusing on the actually observed ENSOs as revealed by the

COADS. In Chapter 3, the atmospheric model is described and the results of

its sensitivity tests are discussed in detail. In Chapter 4, the ocean model is

presented, and the simulated oceanic mean states together with the

simulated oceanic anomalies are discussed. In Chapter 5, the coupling of

the atmosphere-ocean model is described and the experimental results are

described and discussed. Final remarks and conclusions are given in

Chapter 6.



2. DATA ANALYSIS

2.1 Introduction

A number of important questions concerning the El Niño/Southern

Oscillation (ENSO), including the initiation and termination mechanisms

and the irregular appearances of the event, have not been adequately

answered. The data sets which are presently available are generally of too

poor quality and lack sufficient density to properly address these questions.

Notwithstanding, several observational studies based on the Pacific marine

reports have provided significant contributions to the current

understanding of ENSO events (Rasmusson and Carpenter, 1982; Weare,

1983). As an indicator of increased convective activity in tropic regions,

outgoing longwave radiation (OLR) has been especially useful for the study

of the interaction between intraseasonal and interannual oscillation (e.g.,

Lau and Chan, 1986) and also for the study of the 1982-83 El Niño event (Gill

and Rasmusson, 1983). However, these observational studies were limited

to only a few variables, including the sea-surface temperature, wind, and

total net heat flux over the equatorial Pacific. In fact, few studies have

looked into the relationship between the interannual variability associated

with El Niflo and other relevant meteorological variables within the world

oceanic domain. The present analysis focuses on this particular aspect of the
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problem.

The Comprehensive Ocean Atmosphere Data Set (COADS) provides

data which is useful for understanding the global climatic fluctuations

associated with ENSO, in addition to which it provides important guidance

for the development of a coupled atmosphere-ocean general circulation

model. In the present analysis, special emphasis is given to the moist

variables, such as specific humidity, moisture convergence, evaporation,

cloudiness, and net heat flux, in order to study hydrological processes and

heat flux at oceanic surfaces during ENSO periods.

In the tropics, the atmospheric internal heating that drives

atmospheric motions and affects ocean currents may be attributed to low-

level moisture convergence. It should be however noted that atmospheric

moisture is ultimately supplied from the ocean surface by evaporation.

Evaporation is dependent upon the surface wind speed, SST distribution,

and the humidity of the atmosphere in stratified atmospheric conditions.

Except for a few narrow regions of the tropical oceans, local heat budgets at

the ocean surface is principally dictated by the diabatic heat flux across the

surface, among which latent heat flux due to evaporation provides the

largest contribution to net outgoing heat flux. Therefore, moisture flux

across the sea-surface directly affects the moisture budget of the atmospheric

and oceanic heat budgets, while indirectly influencing atmospheric internal

heating. Since El Niño events are characterized by anomalous oceanic

changes, including SST and the eastward shift of the rising branch of the

Walker Cell, it is anticipated that there may be corresponding changes in the

moisture variables and that new information about these events may be

obtained with respect to these variables.



Prior to a detailed discussion of the analyses, it is useful to briefly

consider the characteristics of the data set used for this study. COADS is

basically a monthly mean data set presented in grids divided at each 2° of

latitude and 2° of longitude, containing a summary of the climatic variables

observed over the surface of entire oceanic domain. COADS has been

prepared at the National Climate Data Center (NCDC) of the National

Oceanic and Atmospheric Administration (NOAA), based on global marine

observation reports for the period 1854 through 1979 (Woodruff et al.,

1987). For the current study, data for the period 1946 through 1979 have

been used for the purpose of composite analysis and data for the period 1956

through 1979 for empirical orthogonal function analysis.

2.2 Composite and Empirical Orthogonal Function Analysis

In this section, sea level pressure (SLP), the zonal and meridional

components of moisture flux, specific humidity, evaporation parameters,

total cloudiness, and net surface heat flux are analysed by the use of both

composite and empirical orthogonal function analysis for the entire oceanic

domain.

Because of the low density and poor quality of existing oceanic

observations, especially for the tropical regions, Rasmusson and Carpenter

(1982) and Weare (1983) introduced composite analysis in order to obtain

some of the common features of each ENSO event. In a number of respects,

these phenomena were successfully described. For example, by using

composite and cross-spectral analyses, Rasmusson and Carpenter found that



the essential elements of these phenomena could be documented in terms

of significant phase differences from one area to another and locally varying

wind/SST phase relationships, rather than as standing oscillations. In

general, two kinds of compositing methods can be considered in this case:

(1) The so-called superposed epoch method in which each event is divided

into several phases and similar phases for each events are composited; and

(2) an alternative in which each event is simply averaged by month or

season (Rasmusson and Carpenter, 1982). It has been recognized that El

Niño events vary significantly with respect to intensity, spatial extent,

scenario of development, and impact upon world climate. This implies that

the composite patterns of several events may be problematic. Fortunately, it

is also recognized that the ENSO phenomenon is strongly modulated by the

seasonal cycle. For example, the seasonal migration of atmospheric

convergence zones determines when and where the unstable air-sea

interaction starts and terminates (Philander, 1986). Thus, the second

method of compositing would seem to be the more logical choice for the

present study of ENSO.

During the period of the data set, three major El Niflo events (1957,

1965, and 1972) and three additional minor El Niño events (1951, 1953, and

1969), as classified by Wyrtki (1975) are included for the purpose of data

compositing. Therefore, with the exception that moisture variables and

heat flux are included, the composite data sets used for the present study are

nearly identical to those provided by Rasmusson and Carpenter (1982). For

the sake of convenience, data have been averaged seasonally in 12 different

phases: The four seasons prior to an El Niflo onset year (ENSO YR(-1)), the

onset year (ENSO YR(0)), and the period following the onset year (ENSO



iey may be classified as follows:

September-November of ENSO YR(-1) as the Pre-Phase,

December-February of ENSO YR(0) as the Prior Phase,

\4arch-May of ENSO YR(0) as the Early Phase,

U) June-August of ENSO YR(0) as the Developing Phase,

(e) September-November of ENSO YR(0) as the Peak Phase,

(f) December-February of ENSO YR(+1) as the Mature Phase,

(g) March-May of ENSO YR(+1) as the Dissipating Phase,

(h) June-August of ENSO YR(1) as the Anti-El Niño Phase, and

(i) September-November of ENSO YR(1) as the Post Phase.

10

Grid boxes with missing data were assigned a zero anomaly and each

anomaly map was smoothed by the use of Gaussian filtering with a four-

degree influence radius. For the purposes of this discussion, only the

composite anomaly fields of the Mature and Anti-El Niño Phases are

considered.

For calculations of the empirical orthogonal functions, interannual

monthly means were extracted from the monthly means in order to

eliminate the seasonal variations. The grids without data for any given

month were also assigned a zero value. The 2° X 2° COADS data grids were

arithmetically averaged to make world oceanic domain 10° X 100 data grids

for the period 1956 to 1979. The data period 1946 to 1955 was not included in

the EOF analysis since data density for the monthly means was not adequate

for that period.

Table 2.2-1 lists the eigenvalues of the first 5 eigenmodes for the 12

variables, with the asterisk (*) denoting the modes in which degeneracies

occur with other modes (North et al., 1982). With the exception
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Table 2.2-1. Individual and accumulated variances explained

in percents for the first five eigen modes.

Variable 1 2 3 4 5

o SST 17.87 7.82 *5.32 *461 *396
25.69 31.01 35.61 39.57

o SLP 13.14 10.77 6.79 5.24 *397

23.91 30.71 35.95 39.91

o zonal wind 6.45 *4.83 *437 *3.96 *3.69

speed 11.28 15.65 19.60 23.29

o meridional 5.02 *4.19 *3.64 *347 *290

wind speed 9.20 12.85 16.31 19.22

o zonal 7.85 *497 *439 *397 *3.52

moisture flux 12.82 17.22 21.19 24.71

o meridional 5.69 *3.36 *3.14 *2.90 *2.74

moisture flux 9.05 12.20 15.10 17.84

o Evaporation 4.38 *3.51 *3.10 *2.76 *2.64

parameter 7.90 10.99 13.75 16.39

o Humidity 12.85 *4.18 *3.92 *3.38 *3.11

17.03 20.95 24.32 27.43

o Cloudness 5.90 *3.51 *3.25 *2.85 *272
9.41 12.66 15.51 18.23

o Latent heat 4.60 *3.76 *3.13 *3.02 *2.62

flux 8.36 11.50 14.51 17.13

o Short wave 6.43 *3.60 *3.26 *3.01 *778

rad. flux 9.84 13.10 16.11 18.89

(continued on next page)



.2-1 continued.)

*352 *3.02 *2.93

12.10 15.12 18.05

(* donotes the mode in which degeneracies occur. )

12



13

of the SLP and SST variables, degeneracies occurred from the second largest

mode. Except for SLP, SST and specific humidity, the first mode represent

less than 10 percent and the first five largest modes explain only about 20

percent of the total variation. Although the percentage variations for the

first modes are small, as discussed below, they represent the major

characteristics of the ENSO phenomena and may be distinguished from the

other modes.

(a) Sea-Level Pressure Analysis

Fig. 2.2-1 indicates anomalous SLP changes for two El Niño seasons,

the Mature and Anti-El Niño Phases. During the Mature Phase, anomalous

low pressure was located in the central and eastern Pacific. In the tropical

region, because of the large Rossby radius of deformation, the mass field

tends to adjust rapidly to the velocity field (Matsuno, 1966), meaning that

perturbations of SLP associated with the changes in the ENSO phase in the

equatorial region are much less conspicuous than the changes in the wind.

In fact, the standard deviations of SLP for the tropical region were less than

0.5 mb.

As may be seen in Fig. 2.2-1(A), the high latitude patterns were

similar to the the global teleconnection patterns documented for the Mature

Phase (Horel and Wallace, 1981, Fig. 13). According to Hoskins and Karoly

(1981), large-scale planetary waves can be excited during winter in the

northern hemisphere by the heating of the tropical troposphere during El

Niflo events, especially when an eastward wind prevails from the mid-

latitudes to the equatorial region. Although Lim and Chang (1986) argue

that a deep barotropic mode, which is necessary for the teleconnection
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mechanism, cannot be effectively generated by simply imposing internal

heating into models (Hoskins and Karoly, 1981; Webster, 1981, 1982), the

present SLP composites clearly show the teleconnection pattern during the

Mature Phase. However, it should be noted that the percentage of total

variance observed in the mid-latitudes during winter or other seasons

which can be attributed to warm events in tropics remains an unknown.

During the Anti-El Niño Phase (B), the anomalous patterns nearly

disappear and only a rather weak east-west asymmetry (i.e., high in the

eastern Pacific and low in the area of Indonesia and the Indian Ocean)

remains along the equator. The data quality over the southeastern Pacific is

too poor to provide definitive information (Woodruff et al., 1987).

Fig. 2.2-2 demonstrates the spatial distribution of the first EOF of

normalized SLP anomalies, representing 13 percent of the total variance.

The reason for this normalization is that variations in some variables, such

as sea-level pressure and wind speed, are so large in the higher latitudes that

the relative importance of the anomalies at each grid point can be more

easily examined with a normalized departure (Kidson, 1975). The first

mode spatial pattern is similar to that provided by Kidson (1975), who

calculated the EOFs for SLP, surface temperature, and precipitation in the

equatorial region by using data obtained from the World Weather Report

for 1951-1960, supplemented for the southern oceans by monthly mean

pressures obtained from charts. Despite differences in the data period and

sources (Kidson's source data were based on observations at land stations),

there is a remarkable resemblance between the two spatial patterns for the

first eigenmode. The major discrepancies include the existence of a

secondary center over northeastern Brazil and coherent variabilities in the
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southeastern Pacific and Indian Ocean in Kidson's results. However,

considering both the relatively short data period and the shortage of data

available for the southeastern Pacific, these discrepancies are probably

artificial due to sampling errors. The first EOF mode for the present analysis

clearly shows the SO pattern: A pattern of east-west asymmetry in the

Pacific, with contours lying in an east-west direction in Atlantic Ocean.

Moreover, the EOF pattern depicts the composite pressure anomaly

distribution during the Mature Phase of El Niflo (Fig. 2.2-1(A)).

The first EOF coefficient time series representing modal time changes

is shown in Fig. 2.2-2(B). During the El Niño Mature Phase (i.e., the winters

of 1958, 1964, 1966, 1970, and 1973), maximum anomalous high SLP existed

over Indonesia and anomalous low pressure was significant throughout the

southeastern Pacific. This series shows that the time required for recovery

from the Mature El Niflo to the Maximum Non-El Niño state (i.e., from a

negative peak to the next positive peak) was of relatively shorter duration

than the time required for the collapse from the Peak Anti-El Niño state to

the Mature El Niño state (i.e., from a positive peak to the next negative

peak). Only about one year was required to move from a negative to a

positive peak, while two to three years were required to move from a

positive to a negative peak; thus, there was an oscillation period of three to

four years. Such rapid transition to the Non-ENSO phase is one of the most

interesting aspects of this phenomenon. According to the data provided in

Fig. 2.2-2 for ENSO YR(-1), the high pressure over the South Pacific and low

pressure over the Indonesian build-up (i.e., the negative Southern

Oscillation Index, SOT) imply an increase in southeast trades along the

equator. The transition to a positive SOT occured at the end of ENSO YR(-1)



E;3

and the positive SQl was maximized by the Mature Phase.

Fig. 2.2-3 shows the SLP averaged between 4°S to 4°N along the

equatorial Pacific region, illustrating that the SO is not a standing oscillation

as has been pointed out by Bjerknes (1969). The westward propagation of

positive anomalies along the equator during the spring and summer of

ENSO YR(-1) and the slow propagation of eastward travelling negative

anomalies starting from the Pre-Phase are identified. The condition during

the summer of ENSO YR(0) was quite the opposite of that of the previous

summer, lasting until it reached a maximum in the Mature Phase.

(b) Zonal Component of Moisture Flux Analysis

Moisture transport is one of the most important factors influencing

atmospheric internal heating. For example, under conditions of

homogeneous sea-surface temperature in a tropical region, low level

moisture convergence is closely related to the amount of rainfall in the

region. The latent heat released by condensation increases low-level flows,

which in turn enhances evaporation in the surrounding area. Thus, low-

level winds transport more moisture into the region, causing unstable

growth within this disturbance. This CISK type of instability may play an

important role in the growth of large-scale disturbances when associated

with wave motion (wave-CISK). On the interannual time-scale, this wave-

CISK mechanism appears to be responsible for the unstable growth of waves

under certain favorable boundary conditions, such as locally varying SST

and the east-west asymmetric distribution of mean SST (Lau and Shen,

1988).

In the Mature Phase (Fig. 2.2-4(A)), the anomalous eastward moisture
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transport (unit: gm kg1s1) extends from the western Pacific to 1200W and

there is anomalous westward transport in the equatorial Indian Ocean. This

indicates that there may be anomalous moisture flux divergence from

western Indonesia to the dateline, serving as a probable cause of drought

throughout this region, and an anomalous moisture convergence west of

the dateline, causing flood conditions among islands in the South Pacific.

In the Anti-ENSO Phase (B), these anomalous patterns are weak and of the

opposite sign.

The spatial distribution of the first EOF of the anomalous zonal

component of moisture transport is shown in Fig. 2.2-5(A). The most

dominant mode serves to explain seven percent of the total variation.

Widespread negative and positive variances are conspicuous over the

equatorial Indian Ocean and the western Pacific, respectively. Relatively

small variances can be observed in the remainder of the oceanic areas. The

distributions of the mode are again similar to those of the composite Mature

Phase, although the former displays rather widespread positive values in

the equatorial Pacific while the latter is strictly confined to the equatorial

western Pacific. As may be seen from the modal time series (Fig. 2.2-5(B)),

the positive peaks correspond to the Peak Phase, implying that anomalous

moisture flux convergences takes place over Indonesia during the Peak

Phase. These two analyses show that there are no significant interannual

moisture changes in the Atlantic Ocean in conjunction with ENSO events.

(c) Meridional Component of Moisture Flux Analyses

Composites for the anomalous northward transport of moisture are

shown in Fig. 2.2-6. During the Mature Phase (Fig. 2.2-6(A)), equatorward
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moisture flux anomalies prevails along the thermal equator, with

maximum fluxes westward of the dateline to 1200W. It is noteworthy that

there are anomalous northward moisture fluxes over the northwest Pacific

and the central Indian Ocean, suggesting that the Asian monsoon was

weakened. In the Anti-El Nino Phase (Fig. 2.2-6(B)), there was moisture

transport along the thermal equator in the direction of the poles.

Fig. 2.2-7(A) shows the first EOF of the spatial distribution of

anomalous northward moisture transport with negative (positive)

variances around the northern-central (southwestern) Pacific and peaks

around 10°N and 10°S, respectively. These patterns are similar to those for

the composite Mature Phase. The time series of the modal coefficient (Fig.

2.2-7(B)) shows that each maximum corresponds to the Mature Phase of an

ENSO event.

Fig. 2.2-8(A) shows the time series of the anomalous moisture

convergence averaged between 4°S to 4°N along the equatorial Pacific

region. By the end of spring of ENSO YR(0), these convergences become

widespread along the equator and then are confined to the central Pacific

with increasing intensity. The convergence maximum moves eastward at a

very slow pace, reaching 140°W by the Mature Phase. This slowly eastward

propagating disturbance can also be seen in the corresponding anomalous

zonal wind speed (Fig. 2.2-8(B)). Starting from the Prior Phase, the

anomalies move eastward at a speed of 30-40 cm s1 during the warm period.

Gill and Rasmusson (1983) have noted that the eastward movement of the

precipitation zone, the zonal wind anomaly, and the SST were the most

interesting features of the 1982-83 El Niño. This eastward moving

disturbance was not noted by Rasmusson and Carpenter (1982) since they
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were concerned only with the movement of anomalous SST. However, the

present composite analysis also indicates the slow eastward propagation of

an enhanced convective region, providing further evidence that there is a

probably slow eastward propagation of disturbances throughout all ENSO

events.

(d) Evaporation Parameter Analysis

The evaporation parameter is represented by (q*q) I V I, where q* is

the saturation specific humidity at the ocean surface. Since (q*q) is a

representative of the vertical humidity gradient, the evaporation parameter

is a good measure of actual evaporation in stratified atmospheres.

Considering the nonlinearities of this parameter, it is useful to illustrate the

manner in which evaporation is affected. Evaporation may either increase

or decrease with an increase in anomalous winds, dependent upon the

speed and direction of the mean winds. For example, in the case of mean

surface easterlies whose magnitude is larger than the perturbation, with a

fixed (q*q) and no meridional winds, the easterly anomalies and westerly

anomalies will, respectively, increase and decrease evaporation.

A schematic diagram of the evaporation-SST feedback and the

evaporation-wind feedback is illustrated in Fig. 2.2-9. Anomalous increases

of SST always tend to increase evaporation over oceanic disturbances, but

induced low-level winds tend to increase or decrease evaporation,

dependent upon the direction of the mean winds and their location relative

to the disturbance.
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Fig. 2.2-9. Schematic diagram of evaporation-wind and evaporation-SST

feedback.

Based upon the assumption of stratified atmospheric conditions, the

total evaporation rate can be expressed as follows:

OPaCD IV (2.2.1)

where CD is the exchange coefficient for water vapor and q is the difference

between the mixing ratio at the sea-surface and the air temperature.

If we consider only zonal wind with I Urn I I U' I, perturbation of E0

may be computed by

F0' Urn (q' q') + Ua U' (q qm), (2.2.2)

where aa = I for the same mean and anomalous wind directions and aa = -1

for different directions. The first RHS term may be called the evaporation-

SST feedback; the second term is referred to as the evaporation-wind

feedback. For the intraseasonal time-scale, q* and q' are relatively small.

Therefore, the evaporation-wind feedback is of greater importance.

However, for the interannual time-scale, evaporation-SST feedback is of

equal importance.



In winter, the mean winds are very weak over the tropical western

Pacific (i.e., west of 160°E), but prevailing easterlies are present over the rest

of the equatorial area (not shown). During the Mature Phase, the easterlies

were weak in the west of 1400W due to enhanced convergence eastward of

the dateline and asymmetric response of the wind anomaly to a given

forcing. Thus, evaporation decreases to the west of 140°W, as shown in Fig.

2.2-10(A). The increase of evaporation in the eastern Pacific where wind

variations are small may be attributed to the evaporation-SST feedback. The

anomalous evaporation decreases in the northwestern Pacific appear to be

closely related to the the weakening of Asian monsoon during this period.

In the Anti-El Niflo Phase (Fig. 2.2-10(B)), the zonal component of

anomalous wind is weak along the equator. Therefore, the second term in

the right-hand side of equation (2.2.2) is dominant (evaporation-SST

feedback), indicating that the pattern is similar to the anomalous SST

distribution.

Fig. 2.2-11(A) shows the first EOF pattern for the evaporation

parameter, providing an explanation for 4.4 percent of the total interannual

variance. Once again, the first EOF patterns and the composites are in good

agreement. The positive peak in the subtropics of the dateline area is due to

anomalous southerly winds superposed on southerly mean winds over the

region, and a second peak eastward of the dateline region is due to the

increased SST. The negative peak in the northwest Pacific is due to the

weakening of the Asian monsoon. The time series (Fig. 2.2-11(B)) of the

coefficient indicates that the positive peaks correspond to the Mature Phase

of all ENSO events. Although the leading eigenmode of evaporation

parameter represents only a small portion of the total variance, it is
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generally consistent with the conceptual model of the evaporation

parameter presented at the beginning of the section and provides a plausible

explanation of evaporation patterns during ENSO events.

Fig. 2.2-12(A) illustrates the evolution of the evaporation parameter

along the equatorial Pacific region during the composite ENSO period. As

the anomalous disturbances moved toward the eastern Pacific, anomalous

evaporation increased to the east of the disturbance and decreased in the

westward direction. If it is believed that SST anomalies increase

evaporation over these areas, the patterns would appear to be incongruous.

In fact, evaporation actually decreased over the center and to the west of the

disturbance due to wind-evaporation feedback. The present analysis shows

that the SST evolutionary pattern along the equator differs from the

evaporation pattern (Fig. 2.2-12(B)) and the correlation coefficient between

the two variables along the equator is small (0.282). It is interesting to note

that the coefficient between the anomalous easterlies and evaporation is

0.353. However the increase of evaporation in the east of 1400W must be

due to the evaporation-SST feedback.

(e) Specific Humidity Analysis

According to the observational analysis presented by Oort (1983), low-

level moisture content is closely tied to surface temperature, allowing the

parameterization of low-level moisture with respect to SST. For the present

study, this is confirmed by the relationship between SST anomaly and

specific humidity anomaly, as found in the composites: A positive anomaly

appears along the equator during the Mature Phase (Fig. 2.2-13(A)), which is

then replaced by a negative anomaly during the Anti-El Niño (Fig. 2.2-



33

S\.\I
:

\\ 10
I

U t io

-

-: ,/ \ 7
I

I 44H0 - / r \ --S /-

0

1i I
1

a fl 10

7\f () :7

y1 1 1IItllllI 11--1IlllIuuuIull uIlIuIIIIuI

120 160 160 120 80 120 160 160 120 80

(A) (B)

Fig. 2.2-12. Same as Fig. 2.2-3, but for (A) evaporation parameter

(contour interval: 5 gm kg1s1) and (B) SST (contour

inteval: OC)



SON

40N

30N

20 N

ION

EQ

lOS

20S

30S

SON

40 N

30 N

20N

iON

EQ

lOS

20S

OOS

(A)

30 60 90 120 150 180 150 120 90 60 30 0

(B)

0 30 60 90 120 150 180 150 120 90 60 30 0

Fig. 2.2-13. Same as Fig. 2.2-1, but for specific humidity (contour inteval: 0.5 g kg1).

50N

4 ON

30N

20N

1 ON

EQ

105

20S

3 OS

SON

40 N

3 ON

2ON

1 01

EQ

los

2 Os

3 OS

()



35

13(B)). For the remainder of the oceanic areas, no particular changes in

specific humidity have been found in association with ENSO.

The first EOF (Fig. 2.2-14(A)) depicts the major characteristic patterns

of anomalous specific humidity associated with ENSO, as found in the

composite field. The largest variability can be found over the equatorial

Pacific east of the dateline, anchored off the coast of Peru. According to Fig.

2.2-14(B), the positive anomalous specific humidity maxima occurs during

the fall of ENSO YR(0) and the winter of ENSO YR(+1).

Fig. 2.2-15 shows a time-longitudinal cross section of anomalous

specific humidity along the equatorial Pacific during the composite ENSO

period. Specific humidity anomalies evolve in parallel with SST anomalies

(Fig. 2.2-12(B)) along the equator and the correlation coefficient between the

two variables is 0.912 along the equator. Starting from the spring of ENSO

YR(0), specific humidity anomalies appear in the most eastward Pacific

region, moving toward the central Pacific with time. During the spring of

ENSO YR(1), positive specific humidity is almost simultaneously replaced

by negative specific humidity throughout the eastern Pacific. However,

positive humidity anomalies remain in the central Pacific for several

months, even after the transition from the warm phase to the cold phase.

(f) Total Cloudiness Analysis

In tropical regions, an increase (decrease) of cloudiness is an indicator

of an increase (decrease) of atmospheric internal heating due to latent heat

release. Increases of cloudiness also serve to reduce incoming shortwave

radiation and cut outgoing longwave radiation from the oceanic surfaces.

In the Mature Phase (Fig. 2.2-16(A)), areas of anomalous increased
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cloudiness are located around the equatorial dateline and in the

southeastern Pacific. An anomalous decrease of cloudiness is most

conspicuous over Indonesia. This adds to evidence presented that

Indonesia experiences severe drought during warm periods and floods

during the cold periods.

Fig. 2.2-17(A) shows the first EOF of total cloudiness anomaly,

representing six percent of the total variability. Strong positive areas are

evident around the equatorial dateline with negative areas over Indonesia.

For the remainder of the oceanic areas, there is little variation. Once again,

this pattern is similar to that for composite anomalous cloudiness for the

Mature Phase (Fig. 2.2-16(A)).

The time series for the first-mode coefficient (Fig. 2.2-17(B)) shows

positive maximum values during the Peak and Mature Phases, which

implies an increase in cloudiness over the equatorial dateline and a decrease

in cloudiness over the Indonesian maritime areas.

The behavior of cloudiness, in general, is consistent with the

moisture flux pattern previously described. During ENSO, the first modes

for total cloudiness and moisture flux convergence clearly indicate that

anomalous atmospheric internal heating occurs over the equatorial

dateline, with cooling over the Indonesian maritime areas. That the

maximum anomalous heating area does not coincide with the maximum

SST anomaly region is of some importance since this means that previous

simple model experiments, in which anomalous atmospheric internal

heating was parameterized in terms of local anomalous SST (e.g., Philander

et al., 1984; Anderson and McCreary, 1985), were not justified. Rather,

atmospheric heating appears to be more directly dependent upon mean and
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anomalous moisture convergence than upon SST anomaly. Thus, it is

obvious that the SST influences the anomalous heating field in a nonlinear

manner (Gill and Rasmusson, 1983; Rasmusson, 1984), while the moisture

field seems to directly influence the heating field. Therefore, when building

a model of the ENSO cycle, it is essential to include moisture processes

(Neelin and Held, 1987). It is also of interest to note that the large-scale

interannual variability of cloudiness was strictly confined to the equatorial

western Pacific. No particular changes in cloudiness associated with ENSO

events were found, except over the equatorial tropics from 1000E to 150°W.

Fig. 2.2-18(A) indicates how the anomalous cloud regions moved along the

equator. Once again, the slow eastward propagation of enhanced cloudiness

can be identified.

Changes in cloudiness directly affected the amount of incoming solar

radiation. Following Berliand's formula (as presented by Budyko, 1974),

incoming solar radiation flux is computed by the formula

QSR(= 's) = Q {1 (A + Bn) n} (1a), (2.2.3)

where Q1, which is a function of latitude, is the monthly averaged

maximum solar radiation flux, n is the monthly averaged fractional

cloudiness, A is a latitudinally varying constant, and B is 0.38. In addition,

a is the monthly mean surface albedo. As may be seen in Fig. 2.2-18(B),

increases (decreases) in cloudiness are closely related to the increases

(decreases) of shortwave radiation flux into the ocean. Accordingly, there

was a decrease of solar radiation over the central Pacific due to increased

cloudiness during the ENSO period, and a flux increase over the western

Pacific. During both the individual and composite periods, the maximum

amplitude of the flux over the western and central Pacific was more than 20
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w rn2

(g) Net Surface Heat Flux Analysis

With the exception of Weare (1983), few studies have been completed

on the relationship between the net surface heating and the ENSO events,

despite the obvious importance of this relationship in several respects.

First, net surface heating directly influences the ocean. That is, the oceanic

surface layer can be primarily heated or cooled by this physical process.

Second, this effect also directly and indirectly influences the atmospheric

heat budget (Weare 1983). It is true, of course, that dynamic processes

remain important in the determination of local heat balances, but it is also

of fundamental importance to identify those diabatic processes which are

involved in the heat budget. Some of the studies which have investigated

net surface heating for the tropical Pacific or the world oceanic domain have

been concerned with long-term mean distributions (e.g.. Esbensen and

Kushnir, 1981). Recently Esbensen (1990) used the heat and fresh water flux

analyses for the comparison of general circulation models results with

climatological estimates. The major reason for the completion of only a few

studies on the interannual variability of net surface heating, and the

corresponding individual heat fluxes associated with ENSO is the lack of

sufficiently accurate data. For example, direct measurements of these

quantities cannot be achieved and individual flux terms must be estimated

by the use of the so-called bulk formula, which reflects considerable degrees

of uncertainty. Furthermore, the net total flux must be deduced as a

residual of the terms of individual fluxes, in addition to which there are

also problems of data scarcity and observational errors. Due to these
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uncertainties, Weare et al. (1981) estimated that errors in a ratio of 25 w rn-2

would not be unusual in the calculation of net surface heating.

Despite relatively large errors in the calculation of the flux terms, it

may be anticipated that some of the general fetures of the net surface heat

flux associated with the ENSO may be discernible. Net surface heating is

calculated as a residual of the surface heat fluxes, that is,

Q,=QsR(Ro+Ho+LE0), (2.2.4)

where Q0, R0, and H0 are the surface flux of, respectively, total net heat,

longwave radiation, and sensible heat; and L is latent heat of water. In

addition, Q0 and QSR are positive downward and R0, H0, and E0 are directed

upward. The net longwave radiation is then calculated, following

Berliand's formula, as

R0 = c0a0T(v J)(1cn2) + 4eoaoT(TsTa), (2.2.5)

where Ta and I are, respectively, the monthly mean air and sea-surface

temperature; e is the water vapor pressure; 0 (=0.97) is the emissivity of

water; is the Stefan-Boltzmann constant; and v and E are, respectively,

0.39 and 0.05. The coefficient c accounts for variances in the radiative

properties of clouds at different latitudes. In turn, the sensible heat flux is

calculated by using the bulk aerodynamic formula

H0 = PaCpCH I V I (T Ta), (2.2.6)

where Pa is the air density and is the isobaric specific heat of air. CH (=CD)

is the transfer coefficient, taken from Bunker (1976).

Though each and every heat flux term has been analyzed, the present

study is concerned with only the total net heat flux. In point of fact, it was

not possible to show significant variations or organized patterns in

composites for anomalous sensible heat and longwave radiation flux with
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the present data set (not shown).

Net downward heat fluxes at the oceanic surface show very noisy

patterns throughout all phases. During the Mature Phase (Fig. 2.2-19(A)),

there were increases of net incoming heat flux around the dateline area,

where the weakening of the trades occurred, and in the northwestern

Pacific, where the Asian monsoon was weakened. Increase of net outgoing

heat flux from the ocean surface can be seen in the eastern Pacific, where a

positive SST anomaly occurred and total wind speed increased. During the

Anti-El Nifto Phase (Fig. 2.2-19(B)), there were increases of net incoming

heat flux in the eastern Pacific where cold anomalies appeared. This

analysis indicates that the ocean loses heat principally in regions where

there is increased SST or wind speed, and gains heat in regions where there

is decreased wind speed or SST, in the form of vertical flux at ocean surface.

Since changes in wind speeds and SSTs are closely related to changes of

evaporation levels through evaporation-wind and evaporation-SST

feedbacks, it can be inferred that total net heat flux is primarily determined

by changes in latent heat flux. In fact, patterns of evaporation anomalies are

almost identical to those of net heat flux anomalies. The spatial pattern of

the first EOF of non-seasonal net surface heating (Fig. 2.2-20(A)), which

accounts for five percent of the total variability, is similar to the first

evaporation and composite total net flux EOFs for the Mature Phase.

The time series of the modal coefficient (Fig. 2.2-20(B)) shows the

interannual changes of surface net heating associated with El Niño. The

negative peaks correspond to the Prior Phase and the positive peaks

correspond to the Mature Phase. This means that during the Mature (or

Prior) Phase, the central and eastern Pacific ocean and the northwestern
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Atlantic ocean experience maximum heat loss (gain), while the northwest

Pacific and eastern Indian ocean experience maximum heat gain (loss).

The changes of net heat flux due to the evaporation-wind feedback is

not dear in the composite and EOF analyses. The reason might be that the

zonal wind is already weak during this phase. More clear evaporation-wind

feedback can be found during the Peak Phase when maximum westerly

wind anomalies are located in the central Pacific. Fig. 2.2-21 shows the

increase (decrease) of net incoming flux over the centra] (eastern) Pacific

during the period. Obviously the increase of net heat flux is due to the

wind-evaporation feedback and decrease of net heat flux is due to the

evaporation-SST feedback.

It is interesting to note that anomalous surface cooling during the

warm phases are located in the eastern Pacific by this diabatic processes. It

has been recognized that there is an anomalous increase of heat in the

eastern Pacific during the onset of El Niflo due to dynamic processes, and

vice versa during the El Niño period (Bjerkness, 1969; Gill, 1983). Thus, this

analysis has shown that the diabatic processes contributed to the decrease of

the oceanic heat content in the eastern Pacific during the warm phases.

2.3 Summary

Several interesting observations have been drawn from the

composite and empirical orthogonal function analyses for six variables,

including SLP, moisture convergence, evaporation, specific humidity,

cloudiness, and total net heat flux.
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First, the most important empirical orthogonal functions of each of

the variables depict the major characteristics of the El Nino/Southern

Oscillation, even though the first-mode can be used to explain only a small

portion of the total variance manifested by each of the variables. The spatial

distributions of these functions represent the most pronounced anomalous

patterns of the variables consistent with observations, and the time

coefficients of the corresponding modes change their signs and magnitudes

in accordance with the phases established for the ENSO events. These

factors strongly suggest that ENSO is the major feature of interannual

variations, as may be observed worldwide through all oceanic basins. In

addition, the time series of the EOF coefficients for each of the variables

indicate that the initiation and termination of events are closely linked to

seasonal changes. For example, the positive or negative peaks of a

coefficient tend to appear within the same season, confirming the strong

seasonality of the event.

ENSO is basically an equatorially confined phenomenon, which

occurs principally in the Pacific Ocean areas. The interannual variations

associated with El Niño seem to be insignificant, and even negligible,

throughout the remainder of the world oceanic areas. However, the

atmospheric impacts attributed to these events might be more recognizable

in the high latitudes due to the teleconnection mechanism, especially

during the Mature Phase. The SLP composite analysis indicates strong

evidence of teleconnection at sea level pressures during the El Niflo winter.

From the empirical orthogonal function analysis of sea level

pressure, it has been found that the time required for the Mature Phase to

peak in the Anti-El Niño Phase is shorter than the time required to return
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to the next El Niño peak. Such a rapid and strong cold event could be one of

the most interesting features of the ENSO phenomenon.

The composites for moisture convergence, zonal wind speed, and

total cloudiness show that the anomalous atmospheric internal heating

located over Indonesia moves toward the eastern and central Pacific at a

speed of 30 to 40 cm/s during the event. This slow eastward movement of

convective regions is perhaps the most outstanding feature associated with

each of the El Niño events.

Net surface heat flux anomaly is mainly determined by latent heat

flux due to surface evaporation which is related to the total wind speed and

SST changes. This means that the evaporation-wind feedback is of equal

importance with the evaporation-SST feedback. The former effect explains

the decrease of net outgoing heat flux (the decrease of evaporation) in the

west and center of the enhanced convective area. However, in the latter

case of weak wind anomalies, the ocean loses (gains) heat in those regions

where warm (cold) water appears.

Finally, in the eastern Pacific, the dynamical processes tend to

increase oceanic heat content during the warm phases of El Niño (Wyrtki,

1975), while the diabatic processes tends to decrease the oceanic heat during

the the phases.



3. ATMOSPHERE MODEL

3.1 Introduction
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hanges in SST during El Niño periods influence the tropical and

global atmosphere directly as well as indirectly, altering distributions of the

atmospheric variables (Hoskins and Karoly, 1981; Gill, 1980). Accordingly,

the ability of a model to depict the proper atmospheric responses to given

anomalous SST changes is one of the fundamental premises for successful

ENSO simulations. In the tropics, latent heat release due to condensation in

the mid-troposphere and radiational cooling are the major diabatic

processes responsible for atmospheric heating (Hantel and Baader, 1978).

Most of this latent heat is released in convective cloud systems by means of

a relatively small number of deep and vigorous cumulus convections,

systems which are generally linked with large-scale, low-level moisture

convergence (Cho and Ogura, 1974). Thus, it is obvious that atmospheric

internal dynamics are crucial to the correct model simulation of latent heat

release. In the present model, the moisture budget is treated explicitly by

considering the internal dynamics of the atmosphere, as well as other

relevant physical processes occurring at the oceanic-atmospheric interface.

Most of existing simple models designed for ENSO studies usually

utilize relatively simple ad hoc parameterizations of atmospheric heating.
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For example, Gill (1980), Lau (1981), and Philander et al. (1984) assume that

the atmospheric heating anomaly is simply proportional to the oceanic

mixed-layer depthanomaly, while Hirst (1985), Suarez and Schopf (1988),

Latif et al. (1988) and Neelin (1990) determine heating is in terms of the SST

anomaly, However, as pointed out in Chapter 2, the evolutionary pattern of

anomalous atmospheric heating (Fig. 2.2-18(A)) is generally different from

that of anomalous SST (Fig. 2.2-12(B)); moreover, the region of maximum

heating does not coincide that of maximum anomalous SST. Although

Hirst (1985) provided a correlation coefficient of -0.64 between the OLR and

SST anomalies in the equatorial Pacific during the 1982-83 El Niño period,

our composite analysis shows that anomalous heating is generally more

closely correlated with the moisture convergence anomaly in the equatorial

region. That is, the correlation coefficient between the cloudiness and

moisture convergence anomalies along the equator is about 0 59, while the

coefficient between the cloudiness and SST anomalies is only 0.15.

Therefore, the latent heat parameterizations provided for these models

would not appear to be appropriate for every ENSO events.

Zebiak (1986) recognized the importance of low-level convergence to

anomalous atmospheric heating and used a convergence feedback model in

which the heating associated with anomalous SST was allowed only when

the anomalous convergence wind field was presented in the mean

convergence area. The convergence feedback model was actually intended

to include the effect of moisture convergence. Although this model

provides one methods of parameterizing anomalous atmosphic heating

in ENSO events, there were two serious deficiencies in the model. First,

this type of model (as well as most of the simple ENSO models) assumed a
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simple steady-state atmosphere. This assumption can be justified only

when the atmosphere is able to adjust instantaneously to oceanic changes.

Although convection and low-level wind responses to SST have a

relatively fast time scale compared with that of the ocean, time-dependent

atmospheric responses to SST changes are preferable since they would

produce their own variability which allow more complete interactions

between the ocean and the atmosphere (Lau and Shen, 1988). Second, the

atmospheric latent heating was parameterized only in terms of mean wind

and anomalous SST, thereby excluding important physical processes such as

evaporation, elements which are important to oceanic and atmospheric

heat and moisture budgets.

Gill (1982a, 1982b) developed shallow-water equations, supplemented

with a moisture equation, to model the effect of latent heat release. This

type of model may be considered as a moist wave-CISK model in which

precipitation is dependent upon excess moisture above a critical level as

well as low-level convergence. Adopting Gill's moist model, and only

considering the most grave meridional modes in a rotating system, Lau and

Shen (1988) demonstrated the importance of a time-dependent moist

atmosphere in the coupling of the atmosphere and the ocean, presenting a

case in which time-dependent moisture processes play a crucial role in

linking intraseasonal and interannual oscillations. It was also argued that

time-dependent moisture processes were essential to the onset and growth

phases of ENSO events. In spite of this elegant explanation of intraseasonal

and interannual oscillations, further verification would be required for J3-

plane atmospheric-oceanic systems. Furthermore, since the Lau and Shen

formulations for anomalous atmospheric thermal forcing was valid only
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for positive anomalous heating, the model was not capable of reproducing

actual anomaly episodes.

With formulations similar to those provided in Gill's moist model,

Davey and Gill (1987) tried to reproduce the circulation patterns of the

tropical atmosphere. Yamagata (1985) and Davey (1989) applied a similar

model to the study of intraseasonal equatorial waves. However, it should

be noted that these efforts ignored evaporation-wind feedback by simply

treating evaporation as a process of strong moisture restoration to the level

of saturation.

Although all of the moist-models considered to this point were

applied only to the study of 40- to 50-day oscillations (i.e., intraseasonal

oscillations), as was acknowledged by Lau and Shen (1988), the same models

can be used to provide a basic dynamical framework for the study of

interannual oscillations. Accordingly, in the current study we present a

simple time-dependent, two-layer moist perturbation model, focusing on

the reproduction of the major features of interannual oscillations described

in Chapter 2. Although it is possible to include .two vertical modes in this

model, only the baroclinic mode is considered. In addition, an atmospheric

bulk moist-layer is embedded in the model in order to explicitly treat

moisture and precipitation processes. This allows the estimation of the

anomalous evaporation rate and changes in moisture content, from which

the time and location of anomalous precipitation can be determined. A

Kuo-type cumulus parameterization has been devised for the

determination of the anomalous precipitation rate. According to Kuo

(1974), deep cumulus clouds are possible only when there is a large-scale

convergence in a deep, conditionally unstable atmosphere. This
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assumption is based upon the observation that when there is moisture

convergence within a region, only the portion which exceeds a certain

critical amount is condensed out as precipitation, while the balance of the

available moisture is consumed as increased atmospheric humidity. In this

study, following Kuo (1974) and Anthes (1977), we assumed that when there

is moisture convergence (divergence) anomaly within a region, the amount

of moisture is assumed to contribute to an anomalous increase (decrease) in

both moisture and precipitation within that region. In addition, the ratio of

precipitation anomaly to moisture convergence anomaly is dependent upon

the relative humidity of the air.

A detailed description of the model is given in section 3,2. In section

3.3, dry- and moist-models with simple atmospheric conditions are tested

and the results from each of the two models are compared. Some of the

specific model results obtained for the case of composite ENSO events are

also considered in this section. Conclusions drawn from the results

obtained from the proposed model are presented in section 3.4.

3.2 Atmospheric Model

For small tropical thermal forcings, linear dynamics may be used to

appropriately describe atmospheric behavior (Gill, 1980). Thus, the model

consists of linearized equations. The zonal and meridional momentum

equations are

au' fV' F'ax+ x

and

(3.2.1)
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+ fU' = - + F,', (3.2.2)

and the continuity equation is

v v' + = a. (3.2.3)

The First Law of Thermodynamics equation, with the aid of the state,

hydrostatic, and Poisson equations, may be written as

( 4)'\ RQ'
1- j;- ) Pcp, (3.2.4)

where the static stability parameter, a , is defined by

(a4)m'(a0m)
p ),

For equation (3.2.4), the subscript m denotes the mean state and the prime

indicates perturbations from the mean; U and V are, respectively, zonal and

meridional velocities; 0) is the p-velocity; 4) is the geopotential height; F and

Q represent, respectively, friction and heating; and f, R, Cp. and P are,

respectively, the Coriolis parameter, the gas constant for dry air, the specific

heat at constant pressure, and the atmospheric pressure.

Observations indicate that in tropics the basic vertical structures of

both the large-scale mean circulation and its perturbations are dominated by

the first baroclinic mode: The vertical profiles for both the heating rate and

corresponding temperature perturbations reach their, maximum around the

mid-troposphere and their minimum near the surface and top of the

atmosphere (Hantel and Baarder, 1978), while the direction of horizontal

velocities at high levels tend to be opposed to lower level winds with

velocities which vanish around 500 mb (Gill, 1980). These observational

evidences provide a rational for the choice of a two-layer model for the



present study. In addition, a number of successful simulations of

atmospheric responses to equatorial SST anomalies (e.g., Zebiak and Cane,

1987) have demonstrated that the first baroclinic mode is the predominant

vertical mode in the equatorial region, and it can be well-resolved by the

type of two-layer structure adopted for use in the present model.

0 P0

1 - - - - - - - - - - - - Pi

2 P2

3 - - - - - - - - - - - a
q Pq

4 Moist layer Ps

Fig. 3.2-1. Vertical structure of the atmosphere model.

Fig. 3.2-1 shows the vertical structure of the atmosphere model.

Applying equations (3.2.1) through (3.2.3) to layers 1 and 3, and equation

(3.2.4) to level 2, results in a baroclinic set of equations. With the definition

Ad = A3 A1 for a variable A, the basic equations may be written in the form:

at 1d = + (3.2.5)

aVd'

at + fUd =
-s;-

+ Fjy', (3.2.6)

LP
(3.2.7)
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a (d' \

where iP = P3 - P1.

Equations (3.2.7) and (3.2.8) can then be combined to obtain
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(3.2.8)

a4d (Ap)2 R

+ 2 m VVd' = Q2', (3.2.9)

f
2

1/2

Defining Ca 2 m} ,we may write (3.2.9) as

R_=_C2 VVd'-Q2'.at a (3.2.10)

For equation (3.2.9), Ca is the phase-speed of the first baroclinic mode, for

which a value of 62.5 ms1 is specified so that the equatorial atmospheric

internal radius of deformation, Xa= (Ca/ 3)1 /2, where 3 is Rossby parameter,

is 1,685 km. Various values of Ca were selected for previously considered

models. Lau (1981), Lau and Shen (1988), Wang (1988), both Gill. (1982) and

Zebiak and Cane (1987), and Philander et al. (1984), selected, respectively, 15

ms, 35 ms, 49 ms1, 60 ms1, and 63 ms for Ca The use of a relatively

large value of Ca allows for a rapid adjustment of atmospheric disturbances,

which means that adiabatic processes that restore equilibrium are likely to

be more dominant than diabatic forcing.

In the tropics, the diabatic heating is principally due to latent heat

release and radiative heating by longwave radiation. However, for

disturbances which originate within the equatorial zone, latent heat release

appears to be the primary energy source (Hantel and Baader, 1978). In the

present study, Q' is the sum of the heating rate due to latent heat release



and the cooling rate due to longwave radiation, expressed by the linear

diffusion form

Q2' = Q'(P=Pa) + R'(PP2) = QM0' + A1lV24d', (3.2.11)

where A, is a constant coefficient for diffusive cooling. For the proper

parameterization of QM0' a perturbation moisture budget equation is

introduced, as described below.

It is known that air is quite moist and specific humidity is relatively

uniform with height below the level of trade inversion, while the air is

quite dry with relatively rapid humidity decay with height above the level

of trade inversion. The mean height of the inversion varies from about 500

m (950 mb) over the eastern part of the subtropical highs to 2 km (800 mb)

over the western part of the subtropical highs. In the ITCZ, the inversion is

difficult to define, but moisture is largely confined to the lowest few

kilometers. Despite wide variabilities of the inversion layer, 800 mb has

been specified in this study as the height of the trade inversion, below

which moisture is assumed to be well-mixed and distributed uniformly in

the vertical direction similar to the approach of.Stevens and 1indzen (1978).

From observational data provided by Cho and Ogura (1974), deep cloud

activity yielding high precipitation can be expected to be highly correlated

with moisture convergence, which tends to be confined within the moist

layer. In the present model, no moisture storage anomaly is allowed in the

layer above. Unlike the models provided by Stevens and lindzen (1978),

Lau and Shen (1988), and Davey (1989), however, anomalous moisture

storage within the moist layer is subject to change in the present model. By

allowing anomalous moisture storage, the moisture flux across the ocean

surface can be calculated explicitly.
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The moisture perturbation equation derived for the well-mixed

moist-layer may be expressed as

APq (eq'

Mt' ) Mq' + E0', (3.2.12)

where q is mixing ratio in the moist-layer which can provide the total

precipitable water (r)

and

1IS
1 /M?qr= qdP+_flqdP=_q+r0,

p0g Pq p0g p0 p0g

LWq= 'S Pq

M' = {V(qmVq') + V(q'Vqm) L (3.2.13)

where the subscript q denotes the values within the moist layer, M is the

horizontal moisture convergence into a region, Mq is the mass flux into the

cumulus clouds through the top of the moist-layer, E0 is evaporation rate at

surface of ocean, and r0 is the amount of precipitable water above the mixed-

layer and assumed to be invariant with time.

Gill (1982a, 1982b) and Lau and Shen (1988) estimated the saturated

amount of precipitable water based upon the assumptions of an undisturbed

atmosphere and a constant lapse rate of 6.5 °K per km, both of which can

only be regarded as rough estimates. For the present model, based upon the

assumption of vertically constant specific humidity in the mixed-layer and

time-invariant humidity (r0) above the mixed-layer, it is possible to

approximate the value of total precipitable water in the air column for a

given specific humidity at the surface. For example, assuming such a

vertical distribution of moisture, a resultant saturation mixing ratio at 301 K

corresponds to about (4.9 + r0) cm of water depth, which lies between the
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ratio of 7.2 cm obtained by Gill (1982a, 1982b) and Lau and Shen (1988) and

4.5 cm obtained by Yamagata (1987). At the same time, the climatological

estimation of the mixing ratio for 301 K is about 4.5 cm (Tjemkes, personal

communication).

Since a moist-layer has been simply embedded in the model,

dynamics are not considered in this layer. Horizontal velocity in the layer is

determined diagnostically:

1 rs
Vq

I
VdP. (3.2.14)

IM'q JPq

In the cumulus parameterization scheme of Kuo (1974) and Anthes

(1977), if there is moisture convergence within a layer and moisture reaches

a certain critical value (i.e., a certain percentage of saturation), then part of

the excess moisture supply can be assumed to condense out as precipitation,

with the balance of the moisture used to moisten the column. Kuo

anticipated that in the tropics the portion attributed to moistening of the air

column (b) would be substantially less than 1 in regions oE low level

convergence. Anthes (1977) proposed that b is dependent upon the mean

relative humidity of the air, thus moistening would be greater (with b closer

to 1) when the air was drier. In the present model, the formulation for the

determination of precipitation anomaly is basically the same as that

proposed by Kuo (1974) and by Anthes (1977). The climatological moisture

level mean, which is about 75 to 80% of the tropical saturation, is used as

the critical value.

Equation (3.2.12) can be separated into two parts so that the

anomalous moisture convergence (divergence) within the moist layer can

be allowed to increase (decrease) the humidity of the layer, and to increase
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(decrease) the precipitation rate, as follows:

APqaq'APq
M'b+ E0' (3.2.15)

g g

and

M' = M' (1b) Pn'. (3.2.16)
g

According to equation (3.2.16), the anomalous moisture flux into cumulus

clouds through the top of the moist-layer Mq' is equivalent to the

precipitation rate (Ps'). Although there is no adequate observational base for

determination of the ratio b, observational results have indicated the the

ratio of the storage of humidity to precipitation would normally be small in

tropical regions of low level convergence (Anthes, 1977) In this study, b is

determined as follows:
I Aq IOb= <1 (3.2.17)q+H(M'q')Iq'I

where q = q(T) - q(T) and H is a heavy-side function defined by
H(x)=O if xO,
H(x)=1 if x>O.

According to equation (3.2.17), as q I becomes larger, b becomes smaller.

For example, if the atmosphere already has anomalously high humidity,

most of the moisture convergence will be consumed as precipitation; if the

atmosphere is already anomalously arid, then a larger portion of moisture

convergence will be used to moisten the atmosphere.

The parameterization proposed in this section is based on the fact that

moisture convergence in the lower boundary layer is generally related to

precipitating deep cloud convection (Cho and Ogura,1974; Stevens and

Lindzen, 1978), which serves to heat the entire atmospheric column at a



maximum of about 400 to 500 mb. According to this formulation,

anomalous precipitation is essentially the excess water vapor pumped

through the upper boundary of the layer after sufficient column moistening

occurs. Since the specific humidity anomaly in the free atmosphere is

assigned at a value of zero, the excess water falls to the surface as

precipitation. One of the principal differences between the proposed model

and other moist models (e.g., Gill, 1982a, 1982b; Davey, 1985; Yamakata, 1987;

Lau and Shen, 1988) is that the present model includes an allowance for a

negative precipitation anomaly which is actually less than climatological

mean precipitation. Thus, the proposed model can be used to describe

changes in atmospheric variables during the entire ENSO cycle.

In the moist wave-CISK type models, which require an evaporative

moisture supply as well as low-level moisture convergence in order to

sustain the instability process for an extended period of time, evaporation is

an extremely important physical process. Evaporation also influences the

atmosphere indirectly by affecting SST since the latent heat flux by

evaporation is one of the main fluxes that affect the SST. According to Lau

and Shen (1988), who analyzed both advective and upwelling modes in

unstable air-sea interactions over an interannual time scale, evaporation is

a fundamental physical process involved in the interannual and

intraseasonal variability of the ocean and the atmosphere and is critically

important to unstable growth of anomalies.

In the stratified atmosphere, the evaporation rate can be estimated by

equation (2.2.1), which encompasses both the evaporation-SST and

evaporation-wind feedback. Thus, the evaporation perturbation may be

expressed as
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F0' (Vm, V', &lm, q' ) = E0 Eom

= t3vPaCD{( I VI I V I )&i + I V I (3.2.18)

where q q* q.

Finally, in the present model it is assumed that latent heat released by

condensation, QM" has a vertical distribution similar to the shape of the

first baroclinic mode:
.Ps dP

JQM'=LPn,

Lb g

where

and

QM'=QMo sin and

irgL
QM0 = fl' (3.2.19)

m1TE1Il
Fig. 3.2-2. Atmospheric model domain. Unshaded and lightly shaded

areas indicate, respectively, ocean and land in the model.



For numerical experimentation, anomalous atmospheric responses

to anomalous changes in sea-surface temperature is sought by solving the

prognostic equations for V', 4d" and q' over the equatorial domain

extending from 30°N to 30°S (Fig. 3.2-2). A cyclic boundary condition is used

in the zonal direction, while a no-slip boundary condition is used at both

the north and south boundaries where solid walls are placed. Additional

damping, which is most effectively used at the boundaries, decreasing

linearly toward the interior to become zero at 20°N and 20°S, has been used

to suppress the artificial Kelvin waves along the northern and southern

boundaries. The equation sets evaluated on an Arakawa B-grid scheme are

integrated forward in time, using a leap-frog scheme. Euler scheme is used

at the first time-step and Matsuno scheme is applied at each 20 time-steps to

suppress the computational mode. A trapezoidal scheme is adopted for the

Coriolis term to warrant the computational stability of the inertial

oscillation. The horizontal distances of the grid in the x- and y-directions

are, respectively, 40 and 2°. Since the characteristic length scale of the most

grave internal atmospheric equatorial Kelvin wave is 1,685 km, a Ay of 2° is

sufficiently fine to resolve the wave (X/i\y=8). A time-step (At) of 15

minutes is used in the numerical integration to satisfy the CFL stability

criterion. Fig. 3.2-2 shows the model domain used in this study. The

availability of water at the surface, in equation (3.2.18), is assigned as a

value of zero in the land area.

3.3 Experiments
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3.3.1 Simple experiments

(a) An experiment with a dry atmospheric model.

When the moisture budget is not considered, the present model

reduces to a simple Gill-type dry model, and only equations (3.2.5), (3.2.6)

and (3.2.10) are used for the time integration of Vd' and d Analytical

solutions for the same equation set has been obtained by Matsuno (1966) and

Gill (1980). In the present experiment, by simply imposing a thermal forcing

into the dry atmospheric model, the evolution of the initial thermal

anomaly in the equatorial region is investigated for the purpose of

comparison with the moist model responses.

A localized thermal anomaly is prescribed initially in the form

A2 21to'=QoexP{-(_) (3.3.1)

where Q0 is the amplitude of the initial disturbance, and A and D are

longitude and latitude in degree, respectively. The forcing is imposed on a

resting atmosphere for a half day and relaxed thereafter.

Fig. 3.3-1 (A) and (B) show the evolution of the geopotential height

and the zonal component wind velocity averaged over 2°S to 2°N along the

equator. An initial positive heat anomaly is seen to induce low level

convergence over the heating region. The kinetic energy generated over the

eastern (western) part of the forcing region in the form of anomalous

easterlies (westerlies) imparts to Kelvin wave (Rossby wave), which

propagates eastward (westward). Propagation of the Kelvin wave and the

Rossby wave are seen in the eastern and western part of the forcing region,

respectively. Both the easterly and westerly waves attenuate in time due to

dissipation. The phase speed of the simulated Rossby wave is about 21 m/s
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Fig. 3.3-1. Time-longitudinal plots of (A) the zonal component of

wind (contour interval: 0M5 m s1) and (B) the divergence

of wind (contour interval: 1x107 s1) along the equator

for dry atmosphere.



which is about one third of that of the Kelvin wave (62.m/s) The

intermittency along the path of the Rossby wave is due to the westward

propagating fast inertio-gravity waves. According to Matsuno (1966), the

period of the first meridional mode of the inertio-gravity wave having a

zonal wavelength of 400 is about 1.2 days, which is consistent with the

intermittency seen in Fig. 3.3-1(A). The Kelvin wave is apparently not

affected by the eastward propagating gravity waves since both waves have

almost the same phase speed. The simulated geopotential thickness

anomaly, which may be viewed as the anomalous atmospheric warming

clearly propagates eastward along with the Kelvin wave, while its westward

propagation is seen to be relatively weaker. The reason for this is that the

response of the tropical system to a symmetric heating is generally

asymmetric and results in the asymmetric pattern of the geopotential

thickness (Philander et al., 1984).

(b) Experiments with a moist atmospheric model.

The same initial thermal forcing anomaly used for the dry

atmospheric model is again imposed for the present moist model

experiment. The prognostic equations of Vd', d and q are solved for the

given internal forcing starting with an undisturbed aquatropical

atmosphere.

In order to investigate the influence of the mean wind fields on the

anomalous responses, the horizontally uniform SST (28°C), mean air

temperature (27°C) and mean mixing ratio (21g/kg) are prescribed first with

(i) uniform mean easterlies (u = -1 m/s) and then with (ii) uniform mean

westerlies (u = +1 m/s).
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Fig. 3.3-2(A) and (B) show the time evolutions of the simulated

anomalous zonal wind in the cases of uniform mean easterlies and

westerlies, respectively. In comparison with the dry experiment, the moist

model response to the same imposed forcing reveals some important

moisture effects. First of all, the atmospheric responses are stronger in the

moist case than in the dry case. The reason for this might be explained in

terms of the convergence-condensation feedback: the anomalous

convergent wind due to the internal heating would cause moisture

convergence and the anomalous moisture convergence in turn enhances

the anomalous latent heating. Through this type of feedback the anomalies

in the moist case tend to be more intense and sustained longer than in the

dry case. Secondly, the results demonstrate the fact that even though the

model dynamics is linear, the physics that determine convective and non-

convective regime is nonlinear. Thirdly, the phase speeds of Kelvin and

Rossby waves are significantly reduced by the moisture effect. In the case of

dry model, the speed of Kelvin wave was 62.5 rn/s. It is about 38 m/s in the

moist case. The Rossby wave speeds are also reduced from 21 rn/s in the dry

model to 13 rn/s. The reason for the reduced wave speeds has to do also

with the positive feedback involving the moisture convergence and

atmospheric heating. In general, the latent heating tends to reduce the effect

of adiabatic cooling of the rising air, reducing the static stability of the

atmosphere. This directly affects the wave speed which may he estimated by

the equation,

* 1R itLAP
Ca = Ca

q
qJ 38 rn/s. (3.3.2)
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The wave speed estimated from model experiment is almost identical to the

analytical estimate (See Appendix A for details). The reduction of phase

speed (the second term on the right hand side of (3.3.2)) is obviously due to

the moisture convergence and the magnitude of the reduction is

proportional to the square root of moisture content of the air. This may also

be an explanation for the frequent appearances of slowly eastward

propagating anomalous negative OLR (40-50 day oscillations) over the

western Pacific of warm SST.

The effect of different mean zonal wind speed on the tropical wave

structure is also shown in the results. Eastward propagating Kelvin wave

tend to be more intense in the case of mean easterlies (U1<0) than the case

of mean westerlies (Um>O) The reason for this may be explained in terms of

the evaporation-convergence feedback (Appendix A). Briefly, when there is

mean easterly (A) evaporation is expected to increase in the eastern part of

the disturbance due to the increased total wind speed in that region. The

increased evaporation along the path of Kelvin wave in turn can cause the

Kelvin mode to grow. On the other hand, if the mean zonal wind is

westerlies (B), evaporation decreases over the eastern part of the disturbance

which may cause the Kelvin wave to slowly attenuate. A similar argument

may be applied to the eastward propagating Rossby waves. However, since

the driving mechanism of Rossby wave is the planetary vorticity rather

than divergence, the moisture supply by meridional wind also matters. The

simulated Rossby wave tends to be stronger with mean westerlies and its

phase speeds tend to be also reduced when compared with the dry case.

Fig. 3.3-2(C) and (D) show the time series of anomalous divergence

compared for the case of mean easterlies and westerlies, respectively. The
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anomalous convergence appears to be strong along the western edge of the

Kelvin wave, especially in the case of mean easterlies. Such persistent and

strong convergences must be, as argued above, due to the positive

convergence-condensation feedback. Since the Rossby wave is non-

divergent, no particular patterns of convergence appear in the western part

of the disturbance and the weak divergence and convergence in that area is

due to the passage of the inertio-gravity waves.

The time series of anomalous evaporation computed for the case of

mean easterlies and westerlies are shown, respectively in Fig. 3.3-3(A) and

(B). In the mean easterly case, evaporation increases along the path of

Kelvin wave (Fig. 3.3-3(A)), while it decreases in the mean westerly case

(Fig. 3.3-3(B)) as expected. As pointed out by Neelin et al. (1987), the

increase of evapOration strongly influences the amplitude of waves

especially Kelvin wave, although it does not change the phase speed of

either the Kelvin wave or Rossby wave.

Fig. 3.3-3(C) and (D) shows the time series of precipitation rate

simulated for the mean easterlies and westerlies, respectively The patterns

are very similar to that of divergence because the precipitation is mainly

determined by the horizontal flux of moisture convergence. rhe

intermittency of the precipitation along the path of the Kelvin and Rossby

modes is again due to the convergence and divergence associated with the

inertio-gravity waves.

3.3.2 Model response to given anomalous SSTs

In this experiment, the SST anomaly obtained over the 3-year-period

composite ENSO is prescribed as the time-dependent lower boundary
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condition for the the atmosphere model. The SST anomaly data are fed into

the model every 5 days from the Fourier interpolated COADS. The

composite SST anomalies are prescribed only between 20°N and 20°S of the

Pacific. In addition to the anomalous SST field, the seasonal mean surface

wind is also specified for the determination of the atmospheric mean

condition. The primary purpose of this experiment is to demonstrate that

the present model is capable of simulating the fundamental features of

ENSO when the boundary conditions are prescribed from the observation.

Fig. 3.3-4(A) shows the time behavior of the simulated zonal wind

averaged between 3°N and 3°S along the equatorial band. The major

patterns of the large-scale zonal wind anomaly observed during the ENSO

period as shown in the composite data (Fig. 2.2- 8(B)) is well reproduced;

strong westerly anomalies are seen during the warm period, while easterly

anomalies are prevailing during the ENSO YR(-l) and late of ENSO YR(+1)

over the central Pacific. The weak positive anomalies located over the

western Pacific in ENSO YR(-1) are seen to move eastward as the warm

event starts in the Early Phase. The general patterns of the simulated zonal

wind speed are similar to those of the observation except in the central

Pacific where the simulated wind anomalies are somewhat overestimated.

The geographical distributions of the simulated and the observed

wind anomalies of the Mature Phase are shown in Fig. 3.3-4(B) and (C),

respectively. Both the simulation and observation show the largest

anomalous westerlies in the central Pacific. The major discrepancy is seen

in the meridional component of wind along the thermal equator; the

observed wind anomalies are strongly meridional off the equator

converging toward the thermal equator, whereas the simulated winds are
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strongly zonal. According to Zebiak (1982) the ratio of the simulated zonal

wind to meridional wind depends on the ratio of zonal to meridional scale

of the imposed forcing. In view of this argument, the present model error

appears to be inevitable considering the use of the coarse grid in zonal

direction (e.g., Lau, 1985).

Fig. 3.3-5(A) shows the time behavior of the simulated anomalous

divergence averaged between 2°N and 2°S along the equator. During ENSO

YR(0), the convergence zone is seen to move toward the eastern Pacific

during the warm event and the broad area of divergence is located in the

central Pacific during the Pre- and Post- Phases, which is good agreement

with the composites.

The spatial distributions of the simulated and observed divergence

are shown in Fig. 3.3-5(B) and (C), respectively. Although the location of the

maximum convergence area and the overall patterns are similar to each

other, some features evident in the composites are not simulated. First of

all, the magnitudes of the anomalies are somewhat underestimated. The

maximum convergence of the composite anomalies are about 3x106 s1,

which is about two times the simulated value (1.5x106 sd). The reason for

this discrepancy is attributed to the poor simulation of the meridional wind.

In the composites, the meridional wind anomalies converge toward the

thermal equator almost everywhere along the ITCZ.

The time series of the simulated evaporation anomalies along the

equator is shown in Fig. 3.3-6(A). In agreement with the composites of the

evaporation parameter (Fig. 2.2-12(A)), the evaporation increases over the

central Pacific during ENSO YR(-1). As the warm period is approached the

central Pacific is occupied by the negative anomalies while the eastern
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Pacific is occupied by the positive anomalies. As in the composites,

evaporation decreases over the central Pacific and increases over eastern

Pacific during this period. The decreased evaporation over the central

Pacific in spite of the maximum SST there is due to the local weakening of

trade wind during this period. This result supports the evaporation-wind

feedback is more dominant than the evaporation-SST feedback when the

mean trades are present and wind anomaly is strong. The magnitude of the

evaporation anomaly simulated over the central Pacific turns out to be

comparable with that of the composites (0.2-0.4 mm/day).

The spatial distribution of the simulated and composite evaporation

anomalies are shown in Fig. 3.3-6(B) and (C), respectively. A large

discrepancy is seen along ITCZ in the the eastern Pacific. The simulated

negative evaporation anomaly along the ITCZ must be due to the

underestimation of the anomalous meridional wind by the model.

The time behavior of the simulated anomalous specifii humidity is

shown in Fig. 3.3-7(A). The general pattern of the simulated specific

humidity is very similar to that of the composite SST anomaly (See Fig. 2.2-

12(B)). As seen in the observation (Fig. 2.2-15), the negative humidity

anomaly is dominant in the eastern and central Pacific during ENSO YR(-1)

and during the warm episode the same region is occupied by the positive

anomaly elongated from the far eastern Pacific to the central Pacific. Unlike

the composite, however, the present result shows no positive anomaly in

the western Pacific. During the early of ENSO YR(+1), the specific humidity

decreases rapidly and returns to the cold phase value. The magnitude of the

simulated specific humidity of about lg/kg in the eastern Pacific during the

Mature Phase is also comparable with the observation. [-Towever, the area
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of the maximum specific humidity is somewhat shifted to the east, and

generally the pattern is similar to that of the composite SST rather than the

composite specific humidity. Evidently the simulated specific humidity is

more strongly controlled by the SST variation in the present model.

In comparing the simulated specific humidity and the observation

(Fig. 3.3-7(B) and (C)), the largest discrepancy is seen in the location of the

maximum positive anomaly. The relatively weak specific humidity

increase in the simulation is probably due to the weak evaporation

simulated between 160°E and 150°W.

Fig. 3.3-8(A) shows the time-longitude cross section of the simulated

precipitation rate. Precipitation increases in the western Pacific and

decreases in the eastern Pacific during the period of ENSO YR(-1). As El

Niño progresses starting from the early of ENSO YR(0), the positive

anomaly moves toward the central Pacific up to the Peak and Mature

Phases, and returns thereafter to the western Pacific as El Niño ends in

ENSO YR(+1). The pattern of the simulated precipitation rate along the

equator resemble to the corresponding of the observed cloudiness (Fig. 2.2-

18). One may conjecture from this that the convection is enhanced in the

western Pacific during ENSO YR(-1), then moves eastward as El Niño

further progresses and finally reaches the central Pacific during the Peak

Phase. The simulated maximum precipitation rate is about 0.2 cm/day at

the Mature Phase. Presently no observational composite is available to be

compared with the simulated precipitation. Meanwhile it is noted that Lau

(1985) ran AGCM for 15 years over the tropical Pacific with the boundary

conditions specified from the observed monthly mean SST for the period of

1962-76, and obtained the maximum precipitation rates anomaly of 0.1-0.2



Fig. 3.3-8. Same as Fig. 3.3-5, except that (A) and (B) are for

precipitation rate (contour inteval: 2.5x105 kg m2s1) and

(C) is for cloudiness (unit: tenth).



cm/day. The simulated maximum precipitation rate of 0.2 cm/day

corresponds to about 4.3x106 Jm2day1 of the latent heat released in the

atmospheric column and the corresponding vertically averaged heating rate

per unit mass of the air is

C(P/g) P' 0.42 °C/day.

This perturbation value is about one order of magnitude smaller than the

known mean precipitation rate of the tropical synoptic system.

Fig. 3.3-8(B) shows the geographical distribution of the simulated

precipitation rates. The positive anomalies are confined mostly in the

central Pacific and are also seen in the eastern Pacific between the equator

and 1O°N. This precipitation anomaly pattern resembles the simulated low-

level moisture convergences (Fig. 3.3-5). Evidently, the precipitation

anomaly is strongly controlled by the low-level moisture convergences

simulated by the present model. In fact, the simulated evaporation rate is

one order of magnitude smaller than the simulated precipitation rate and

the time rate of change of the simulated specific humidity is also very small.

The strong correspondence between the simulated precipitation anomaly

and moisture convergence anomaly is most likely fictitious since such

correspondence is somewhat weak in the actual observation, although it

may hold for the total divergence and precipitation (Cho and Ogura, 1974).

As a matter of fact, the precipitation parameterization used in this present

model is ad hoc at best and needs to be improved in order to obtain realistic

simulations of precipitation.



.4 Conclusion

A simple moist model has been developed and tested for its short

term as well as its long term responses (ENSO anomaly experiment). By

including the moisture budget equation in the model, we were able to

investigate the evolution of moist variables such as specific humidity,

evaporation and precipitation rate, and also to explicitly determine the

anomalous atmospheric internal heating. The main purpose of the

anomaly experiment is to demonstrate the present models capability to

reproduce some known features of the atmosphere when the appropriate

boundary conditions are given. The moisture processes that are considered

important on the interannual time-scale for both the moisture and heat

budget are given particular emphasis in the present study.

The present model is shown to reproduce many observed ENSO

features when the observed SST is specified as its boundary condition. For

example, the slowly eastward propagating anomaly disturbance along the

equator is well simulated: the center of the convergence anomaly and the

enhanced precipitation region located in the western Pacific in ENSO YR(-1)

move eastward during ENSO YR(0) and then the anomaly returns to the

western Pacific by the end of the event. The shift of the precipitation

anomaly away from the area of the prescribed SST anomaly is clearly seen in

the simulation. Also, the anomalous changes of specific humidity and

evaporation rate are well reproduced, showing a high degree of agreement

with the observations. The success of simulating such observed

atmospheric atmospheric anomalies indicates that many assumptions

involved in the parameterizations of atmospheric internal heating are fairly



realistic as far as the tropical atmosphere concerned.

A dose inspection of the model results reveals that on both the

intraseasonal time-scale and the interannual time-scale, the evaporation-

wind feedback is as important as the evaporation-SST feedback as

demonstrated by the fact that evaporation depends strongly on the direction

of anomalous wind as well as on the SST. More specifically, during the

Peak Phase, evaporation actually decreases over the central Pacific where the

center of the convection anomaly is present, as is the case in observations

(Fig. 2.2-12(A)). Such evaporation-wind feedback and evaporation-SST

feedback together with the condensation-convergence feedback apparently

dictate the phase speed of the slowly eastward moving updrift center and

the associated movements of other atmospheric variables (Lau and Shen,

1988). It should be noted that the previous studies of the interannual

oscillations have usually ignored the moisture processes, and included only

the evaporation-SST feedback. The latter results in a straight one-to-one

correspondence between the SST and atmospheric internal heating.

However this experiment shows that the responses of the atmosphere to a

given anomalous distribution of SST is rather nonlinear because of the

effect of the evaporation-wind feedback. Obviously, even if the tropical

interannual oscillations may be considered based on the linear dynamics,

the physical processes involving the moisture processes and atmospheric

internal heating are essentially nonlinear. Therefore, for a successful

simulation of the growth and decay of El Niño events using a GCM, one

must simulate the mean atmospheric conditions accurately. We may

speculate that the poor performance of the existing GCMs in simulating the

mean states of the ocean-atmosphere system may be a reason for their



failure of simulating ENSO events.

In comparison with the composites, the model results show some

systematic errors in the interior regions away from the equator. For

instance, the simulated meridional wind is weak. Due to the weak

meridional wind, the convergences and evaporation rates are unrealistically

weak in the eastern part of ITCZ.

The geographical distribution of the simulated precipitation anomaly

is not always in agreement with that of the observed cloudiness; the areas of

the positive cloudiness anomaly generally overlap with the areas of

negative anomaly of the simulated evaporation and neither match with the

areas of maximum moisture convergence nor the SST anomaly at all. As

discussed earlier, the reason for this has to do with the simple heating

parameterization used in the present model, in which precipitation is made

to depend most strongly on the low-level moisture convergences. Other

factors that could affect the atmospheric heating besides the latent heating is

the radiative and sensible heating. The sensible heating, however, is

confined near the surface, an is likely to induces the higher order baroclinic

modes which are not considered to be important in tropical internal

heating. Heating by the longwave radiation may affect the atmosphere in a

more effective way. The radiative heating could further enhance the

disturbances by positive feedbacks involving clouds. For instance, the

increased cloudiness due to the activities of convections reduces the

outgoing longwave radiation (OLR) at the top of the atmosphere thereby

inducing the net increase of heating. The longwave radiation and sensible

heat fluxes at the ocean surface do not appear to be large enough to

significantly influence the total anomalous heating of the atmosphere as



can be judged from the heat budget analyses given in Chapter 2. The OLR at

the top, on the other hand, may contribute considerably to the atmospheric

heating. For the 1982-83 ENSO, the maximum of the OLRanomaly found

to be 60 w/m2 (Gill and Rasmusson, 1983). It should be noted, however, that

the 1982-83 ENSO is the strongest event in this century. More detailed study

of the role of the longwave radiation may deserve a high priority in future

ENSO modeling.



4. OCEAN MODEL

4.1 Introduction

The appearance of anomalous SST along the geographical equator of

the Pacific is one of the most outstanding features associated with ENSO

events. Changes in SST exercise both direct and indirect influences upon

atmospheric variables, which in turn exercise an effect upon oceanic

conditions. Therefore, in order to construct of a successful ENSO model, the

oceanic component must be able to depict the growth and evolution of SST

anomaly under given atmospheric changes.

One of the interesting characteristics of the equatorial ocean is that a

disturbance in one part of the ocean may influence the rest of the basin by

energy transport in the form of equatorially trapped waves. Observed

changes in SST during ENSO events appear to be principally due to changes

in sea surface wind stress over the central and western Pacific (Bjerknes,

1969; Wyrtki, 1975; Philander and Siegel, 1985). In particular, Wyrtki (1975)

has demonstrated that anomalous increases in SST and anomalous

deepening of the thermocline in the eastern Pacific are largely due to the

eastward flow of warm water associated with relaxation of the southeast

trade wind along the equatorial band in the central and western Pacific

region. Equatorial Kelvin waves generated by the weakening of the trade



winds are believed to be responsible for the movement of relatively warm

waters in the eastward direction.

While the remote forces of wind stress play an important role in

triggering other events, as subsequently discussed in this chapter, physical

processes, including evaporation and heat fluxes at the interface of the

ocean and the atmosphere, also play an important role in the growth and

maintenance of the anomalies. For example, anomalous increases in air

temperature and specific humidity not only provide available heat and

moisture necessary to drive the equatorial atmospheric heat engine, they

also prevent the anomalies from abruptly dissipating by decreasing the

vertical gradient of heat and moisture above the sea surface. In brief, the

responses of the equatorial ocean to such atmospheric changes as

anomalous changes in air temperature, specific humidity, and wind stress

are jointly responsible for the further changes in SST.

Many of the ocean models developed for coupling studies have used

dynamic models such as the reduced-gravity model to predict changes of

SST. Since the layer temperature is uniform throughout, and cannot be

actually calculated within the layer, some of the models developed for these

studies (e.g., Philander et al., 1984) have been based on the assumption that

the SST anomaly is simply proportional to mixed-layer depth perturbations.

However, other observations have indicated that SST anomalies and

mixed-layer depth perturbations can be correlated only in regions of narrow

upwelling near the equator and in the far eastern Pacific (e.g., Gill, 1982a).

Thus, anomalous SST cannot be viewed as simply proportional to the

anomalous displacement of thermoclines in most of the world's oceanic

basins.
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Perhaps of even greater importance, Hirst (1985, 1986) has

demonstrated that the model in which anomalous SST is assumed to be

proportional to mixed-layer depth perturbation can destabilize only oceanic

Kelvin waves. Hirst shows that a model in which SST anomalies are result

from anomalous horizontal advections of mean westward temperature

gradients can destabilize the gravest oceanic Rossby waves while damping

Kelvin waves within a certain range of coupling parameters. That is, the

application of ocean thermodynamics to determine anomalous SST can be

critically important in determining model behavior. Hirsts analyses are

limited in the sense that he assumes anomalous atmospheric heating is

simply proportional to anomalous SST, and the spatial domain is

unbounded in the longitudinal direction. It is instructive to npte however

that the determination of anomalous SST based upon thermodynamic

properties is essential to the successful simulation of ENSO events.

Since the linear reduced-gravity models in which SST anomalies are

proportional to the mixed-layer depth are not suitable to the study of ENSO

phenomenon, Anderson and McCreary (1985), Schopf and Cane (1983), and

Cane and Zebiak (1985) have developed the so-called thermodynamic

reduced-gravity models. These models allow the temperature and the mass

of the layer to vary in a nonlinear manner by introducing thermodynamics

and mass-entrainment processes into the layer. However it should be

noted that these layer models are also limited since equatorial currents are

not entirely confined to oceanic surface mixed-layers (McCreary, 1985), and

large-scale oceanic circulations that would eventually affect the surface

mixed-layer have not been properly treated.

Kim and Gates (1980) were the first to imbed the mixed-layer into the



oceanic general circulation model for the purpose of simulating oceanic

seasonal fluctuations. In this model, the mixed-layer thermodynamic

variables are computed prognostically and the oceanic environment is

subject to interactions with the oceanic mixed-layer. Their results display

some features of the observed seasonal fluctuations, but the simulated SST

values show significant quantitative differences from observational values.

One of the most serious deficiencies of this model seem to be related to the

parameterization of surface heat fluxes. These fluxes are prescribed from

observed patterns of monthly mean climatology, rather than obtaining

them deterministically from the simulation. Han and Gates (1988)

improved the boundary conditions of the model, along with the coupled

mixed-layer and sea-ice model, and obtained realistic seasonal SST

variations.

In the present study, a simple linear two-layer GCM-type model has

been used to obtain responses for the gravest barotropic and baroclinic

modes. In addition, an oceanic mixed-layer has been imbedded into the

upper layer of the model in order to properly describe upper oceanic heat

budgets during ENSO periods. However, the gravest barotropic and

baroclinic modes may not be sufficient to describe oceanic circulation in

detail. Nonetheless, successful results obtained from equatorial linear

models, which consider only one surface layer, demonstrating that the

gravest modes can represent much of the equatorial oceanic circulation.

Since linear ocean waves are known to be relevant to El Nifto events

(Zebiak, 1985), the grid distance used in the model has been made

sufficiently coarse to exclude meso-scale eddies; accordingly, the advection

of momentum has been neglected in the model (Kim and Gates, 1980).
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However, as previously noted in this chapter, nonlinear, large-scale

temperature advections in fluctuating SST are of such crucial importance in

ocean-atmosphere wave instability that they have been retained in the

thermodynamic equation.

Unlike the thermodynamic layer model (Cane and Zebiak, 1985), the

oceanic model used in the present study predicts oceanic mean fields rather

than prescribing them from observed monthly mean data. It is important to

note that the use of prescribed oceanic mean fields is not necessarily

consistent with the internal mechanics of a particular model. Therefore, for

this study, the model has determined its own mean fields as an integral part

of the total fields. This represents an effort to eliminate a major restrictive

assumption of previous studies.

In section 4.2, details of model dynamics and physical principles are

presented and the computational procedures are briefly described. The

results of model experiments, including model climatology and the

simulation of ENSO related features, are presented in section 4.3. Finally,

the principal findings of the analyses presented in this chapter are discussed

in section 4.4.

4.2 Oceanic Model

The oceanic model is forced by wind stresses and heat fluxes across

the interface of the ocean and the atmosphere. Within the framework of

Cartesian coordinates, the governing equations for the model are as follows.

The linear equations of motion may be written as,
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The hydrostatic equation is
ap (

= - p4,1- a0TJ g (4.2.3)

and the continuity equation is
aW au av

(424)
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The first law of thermodynamic is given by

where

- -(uT) t(vT) - -(wT) + AhV2T + Q, (4.2.5)

I ( T iQ=i -wT --1=I K---
aZ p00) aZ az p00

In equations (4.2.1)-(4.2.5), u, v and w are, respectively, the oceanic zonal,

meridional, and vertical velocities; p and T are, respectively, the oceanic

pressure and temperature; Amand Ah are, respectively, horizontal eddy

momentum and heat diffusivity; K is vertical eddy diffusivity; p0 and a0 are,

respectively, the density and the thermal expansion coefficient of water; I is

penetrative solar radiation defined from Paulson and Simpson (1977); and

w'T' is the Reynolds average of the turbulent heat flux. The subscript oo

denotes a reference value for the variable.

Since the vertical scale of motion is always small in comparison to

the scale height in the ocean, the Boussinesq approximation is applied in
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order to derive the above set of equations (i.e., the local change of density

appears only in the buoyancy term of the hydrostatic equation). For the sake

of simplicity, density is treated only as a linear function of temperature,

assuming that fluctuations in the density of sea-water are not crucially

dependent upon changes in salinity on the interannual time-scale. In fact,

according to Kattenberg and Allaat (1989), the relative significance of salinity

in physically-based tropical ocean models is difficult to judge, given other

deficiencies of the model.

Mixe 4
1 ______ - - - - - - 3IOrri

2

3 ------ - -----

4

Fig. 4.2-1 Vertical structure of the ocean model.

Fig. 4.2-1 shows the vertical structure of the model used for this study.

For any variable A, the mass weighted average is defined by

h1A1+h3A3
<A>

H
(4.2.7)

and the vertical difference is defined by

Ad = A1 A3, (4.2.8)

where the subscripts 1 and 3 denote the values, respectively, at the upper



and lower layers and H is the total depth of the model. Subtracting

equations (4.2.1) and (4.2.2) from layers I to 3, using the definitions provided

in equations (4.2.7) and (4.2.8), gives

aUd ga0Ha<T>
+fvd+V2Ud+

tx
(4.2.9)

at 2 ax p00h1

and

aVd ga0H a<T>
fud + AmV2Vd+ (4.2.10)

at 2 ay p00h1

The first terms on the right-hand sides of equations (4.2.9) and (4.2.10) are

the pressure gradient force terms, derived as follows:

--1Vpd
1

gV(p1h1+p3h3)
p00 p00

gcxH
= - V(T1h1+T3h3)

2
V<T>. (4.2.11)

Thus, the upper and lower boundary conditions of the model, as used in the

derivation of equations (4.2.9) and (4.2.10), are

atz=0
az p00

av=0
az

at z = H.

(4.2.12.a)

(4.2.12.b)

Equations (4.2.9) and (4.2.10) are essentially the momentum equations for

the barodinic mode of the two-layer system. The speed of the internal

gravity wave in this mode is C0 - (g'h1 h3/H)1/2 - 2.4 m/s, when the

temperatures of the upper and lower layers are, respectively, 26°C and 10°C,

and when the depths of the upper and lower layers are, respectively, 300 m

and 3700 m. In this case, the equatorial Rossby radius of deformation is = (

C0/13)1/2 - 400 km.

The vertically-averaged barotropic mode equation is obtained by
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applying a rigid-lid approximation, which constrains the barotropic

circulation to non-divergent motion, Div<v> = 0. This assumption

eliminates fast-moving external gravity waves since the kinematic effects of

small sea surface displacements can be ignored (Bryan, 1969). Since the

vertically-averaged motion is horizontally non-divergent, a stream

function, where N is the rate of volume transport per unit depth, can be

defined as

and

- (4.2.13.a)
ay

+ (4.2.13.b)
ax

Taking the vertical mean and the horizontal curl of the vector form

of equations (4.2.1) and (4.2.2) gives

1 (y dx
+ AmV2V21V+ pH(.thray) (4.2.14)

The boundary conditions given in equation (4.2.12) are used for the

derivation of the above equation. Since the momentum equations are

linear and the rigid-lid boundary condition is applied, the terms for vorticity

advection and stretching do not appear in equation (4.2.14).

As derived from equations (4.2.7) and (4.2.8), v for each layer can be

calculated by

and

h3
V1 = <V> + Vd (4.2.15.a)

h1
V3 = <V> - Vd. (4.2.15.b)



The continuity equation (4.2.4), when used with the upper boundary

for the present two-layer model, reduces to
h1h3

H VVd. (4.2.16)

The solution procedure for the thermodynamic equation (4.2.5) is

straightforward. For the heat budget, the vertical flux at the upper boundary

of ocean is specified as

(aT i" QoIK
poo'a p0

where Q is the net downward surface heat flux, defined as Q0 = (10 + R0 +

H0 + LE0); I is the net surface radiation flux; and R0, H0, and E0 are,

respectively, the net surface flux of longwave radiation, sensible heat, and

water vapor. All of the fluxes are defined positive upward, thus 10 is always

negative.

Oceanic mixed-layers are commonly defined as the layers of negligible

small vertical temperature and salinity gradients. They are also the layers

where vertical turbulent mixing is known to be the most significant. The

growth and decay of oceanic mixed-layers are generally determined by

turbulence-generating mechanisms, such as mechanical and convective

stirring, and stabilizing effect of downward buoyancy flux.

The vertical resolution of this model and other existing GCMs is too

coarse to resolve turbulent mixing in the upper layers of the ocean. It has

been suggested that an oceanic bulk, mixed-layer may be imbedded into

these models (Kim and Gates, 1980) as a method to parameterizing the

mixing processes. The mixed-layer model used in this study is based on that

proposed by Kim (1976). The approach is to imbed a bulk, mixed-layer



model into the OGCM, as proposed by Kim and Gates (1980). The mass and

heat of the mixed-layer are then determined by appropriate budget

equations in conjunction with the boundary conditions at the sea-surface

and at the bottom of the mixed-layer.

and

The heat and mass budget equations for the mixed-layer are

(hT)+ V. (hTv)={

+ hTs +

V(hVs)+We,

WeT_h ,We > 0

WeTs ,We<O

1 {Q+ Ke+(1-1c)e}
poocp

(4.2.17)

(4.2.18)

where the subscript s denotes the mixed-layer, h is the mixed-layer depth,

and we is the entrainment velocity of mass into the oceanic mixed-layer.

Appendix B provides detailed derivations of equations (4.2.17) and (4.2.18).

In the case of the entrainment (We >0), the upper part of the first term

of the right-hand side of equation (4.2.17) represents turbulent mixing at the

bottom of the mixed-layer, while the lower part is intended to prohibit

physically impossible "unmixing" in the case of detrainment, (we < 0). In

the latter case, the mixed-layer depth may be diagnostically determined by

the Monin-Obukhov length, which in turn is determined from the ratio of

the turbulent kinetic energy generation to the work needed to balance the

downward buoyancy flux (e.g., Kraus, 1985; Schopf and Suarez, 1988). In the

present study, however, the mixed-layer depth is determined prognostically

by equation (4.2.18), allowing a gradual mass detrainment. For this type of

formulation, the lower term in equation (4.2.17) is necessary (Han and

Gates, 1988).
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The bulk, mixed-layer velocity, v, is determined diagnostically by a

linear interpolation of v1 and v3 in the present model, and is given by
I h"

V = <V> + Vd. . (4.2.19)

In order to dose equations (4.2.17) and (4.2.18), the rate of

entrainment into the mixed-layer must be determined. Our model uses the

method of Kraus and Turner (1967), and details are provided in Appendix B.

In brief, the turbulent kinetic energy equation integrated 'within the mixed-

layer (B.30) may be written as

h 3-h
We = m1ue

B0h (h 1'\ Ih )(Ke_1h + (1 1c)e)} e, (4.2.20)
2

Where u* is frictional velocity, m1 (=3) is the empirical parameter, AT is a

temperature jump at the bottom of the mixed-layer, and the buoyancy flux

at the surface of ocean, B0, is

and

ga
= ga0(T'w')o (R0 + + LEØ),

p00

1 Iic l-1(=I+-
7 ¼.11 ?

ga0

J0_
(1 1'

10.

The left hand side of (4.2.20) represents the work done by turbulence

motions against stratification at the base of the mixed-layer. The first term

on the right hand side of the equation is the work done by wind stirring at

the ocean surface which has e-folding depth scale of 20 m (=jf1). The first

term in the bracket is the rate of available potential energy change due to the
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surface heat flux, and the second and the third terms in the bracket

represent the rates of potential energy change due to penetrating solar

radiation. The e-folding depth scale of the second term is taken to be 50 m

(..13-1)

30N

20N

1 ON

EQ

los

20S

30S

120 140 160 180 160 140 120 100 80

Fig. 4.2-2. Domain of the ocean model.
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The numerical solution is obtained using the Arakawa B-grid

scheme. The horizontal resolution of the grid in x- and y- directions is 4°

longitude and 10 latitude, respectively. Such grid distances are probably

adequate for resolving the equatorial Kelvin waves whose e-folding width,

(= ( C0/13)1'2 ), is about 400 km in the present study. The model domain

includes the tropical Pacific ocean extending to 300 north and south (See Fig.

4.2-2). The northern and southern boundaries are artificially closed by walls

and a flat bottom topography is used. In order to suppress the unrealistic

propagation of boundary Kelvin waves along the north and south

boundaries, an additional damping term is included in the momentum

equations (4.2.18). The time interval used to integrate the equations is 4

hours which is within the limit of the CFL stability criterion. An Euler

scheme is used at the first time step and a leap-frog scheme is used
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thereafter. An Euler backward scheme is applied every tenth time steps to

suppress the computational mode. The trapezoidal scheme is used for the

Coriolis force term in order to stabilize the inertial oscillations. For the

friction term, we used a forward scheme to avoid computational instability.

4.3 Experiments

Starting from a resting state, the model was integrated for 20 years of

simulated time with seasonally varying atmospheric forcings to obtain a

quasi-stationary cyclic state. The mean boundary forcings are prescribed

from a Fourier interpolated COADS, the climatological data. The actual

forcing data are updated every 5 days for the model inputs. At the end of

the 20-year control integration, four experimental runs over 3 year periods

with different boundary conditions have been performed to study the

model sensitivity. Fig. 4.3-1 shows the schematic of the 4 different runs to

be presented in this section.

In the first experiment (Control Run), the integration is simply

extended for an additional three years. This run provides the basis with

which the three anomaly experiments are compared. In the second

experiment (Anomaly Run I) all the anomalous atmospheric conditions

associated with a 3-year-period of ENSO cycle, which include the wind,

humidity, surface air temperature, cloudiness and shortwave radiation flux

are used in addition to the mean seasonal forcings. In the third experiment

(Anomaly Run II), only the anomalous wind stress of the ENSO cycle is

added to the mean seasonal wind stress. The anomalous forcings for these
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anomaly experiments are prescribed from the 3-year-composite COADS

ENSO data i.e., ENSO YR(-1), ENSO YR(0) and ENSO YR(+1) (See Chapter 2

for details of the data compilations). As in the control run, the anomalous

forcings are updated every 5 days from the 12 Fourier components.

Although the period of ENSO is not exactly 3 years (about 3 to 4 years), as

pointed out by Rasmusson and Carpenter(1982) and in Chapter 2 of this

paper, the dominant component of the spectrum is around 3 year period.

This may justify the design of the 3-year ENSO experiments above. Finally,

the last anomaly experiment (Anomaly Run Ill) is intended to investigate

the effect of the anomalous winds of January of YR(21) which have been

imposed over a rectangular domain of the equatorial Pacific. This

experiment is expected to provide useful information concerning the effect

of remote wind forcing upon the entire equatorial ocean.

YR(l) YR(21)

Control Run

Anomaly Run I

Anomaly Run II

Anomaly Run ifi

Fig. 4.3-1. Schematic of the ocean model experiments.
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4.3.1 Oceanic mean circulations

The simulated mixed-layer temperatures for April, July, October and

January taken at the end of 23 year run are shown in Fig. 4.3-2. The

observed large-scale patterns of temperature are well simulated. First of all,

the east-west asymmetry of temperature along the equator and cold SST

along the eastern equatorial Pacific are well reproduced. Large seasonal

variations of SST are seen in the equatorial eastern Pacific, while little

seasonal variations are seen in the western Pacific. In agreement with the

observational data (Wyrtki, 1975; Rasmusson and Carpenter, 1982), the

lowest mean SST along the equator and at the South American coast occurs

during northern fall when the south-east trade winds are strongest; and the

highest SST occurs over those region during the northern spring when the

trades are weakest. Considering the well-known seasonal phase locking of

ENSO, it is important that the present model is capable of reproducing the

observed seasonal SST variations.

Fig. 4.3-3 shows the differences between the simulated SST and the

observations taken from the COADS. Large differences are found in the

northern boundary during the northern hemisphere winter and spring, and

in the southern boundary during the southern hemisphere winter and

spring. The reason for such large discrepancies must be due to the boundary

walls placed at north and south of the model basin. The closed zonal

boundaries block any meridional heat transports of seawater in the model

unlike in the real ocean. As a result, anomalously warm water appears

around the boundaries. According to Hsiung et al. (1989), the maximum
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northward heat transport across the 30°N in the Pacific Ocean occurs around

September and net southward heat transport occurs between December and

January. It is seen from the figures that largest discrepancy appears at the

northern boundary during northern winter (Fig. 4.3-3(D)) and in the

southern boundary during northern summer (Fig. 4.3-3(B)). This might be

due to the apparent cutoff of the incoming cold water during winter

(summer) and the trapping of the outgoing warm water during fall (spring)

at the northern (southern) boundary. Latif et al. (1988) have also found

similar SST errors along the northern and southern boundaries of their

model, when it is forced with the climatological seasonal forcings over a

similar domain. It is important to note that their result shows large SST

discrepancies of more than 4°C along the equator. The results of Oregon

State University OGCM (Han et al., 1985) also show more than 2°C errors in

the equatorial Pacific. In contrast, the SST errors of the present model never

exceed 1.5°C in the equatorial region, which demonstrates the present model

capability of reproducing the observed SST.

Fig. 4.3-4 shows the simulated mixed-layer depth for the 4 seasons.

The relatively shallow mixed-layer is seen along the equator with an

elongated pattern. The general patterns of the simulated mixed layer depth

are similar to observations (Levitus, 1982) except for the weak east-west

gradient along the equator and relatively deeper layer in the Southern

(Northern) Pacific of the northern hemisphere spring (fall). In those

regions, the simulated SSTs are higher than observations, which increases

upward buoyancy fluxes at the ocean surface and generates more convective

eddies resulting in the deep mixed-layer.
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The simulated zonal component of current in the mixed-layer for the

four seasons are shown in Fig. 4.3-5. Since h/H is very small, (4.2.19) is

approximately

V <V>+ Vd

Thus in the case of relatively shallow mixed-layer, the direction and the

magnitude of v are approximately determined by the sum of the first

baroclinic and barotropic modes. Since the currents shown in the figure are

the means averaged over the depth of mixed-layer, the magnitudes of the

current speed are about one order of magnitude smaller than those of

observed surface zonal currents (Meehl, 1982) which normally occupy 10 m

depth of the ocean surface. However the horizontal volume transport of

the mixed-layer appears to be reasonable. The South Equatorial Current is

confined in the equatorial band from 3°N to 20°S, which is in agreement

with the observational results of Meehi (1982). In northern summer, the

current has its largest horizontal extent and the area of the strong current

reaches maximum. The area of maximum easterlies is located in the

eastern Pacific in summer and moves toward the central Pacific as the

seasons progress on to the next spring. The North Equatorial Counter

Current is confined between 3°N and 13°N, and is strongest during fall; it

becomes weakest and the direction of the current is reversed to westward in

northern spring. The Northern Equatorial Current which is normally

found between 10°N and 20°N is also reproduced. Our result is an

improvement over that of Zebiak (1985) who obtained an unrealistically

strong eastward flow in the far western Pacific. Their such strong flow may

be due either the neglect of the lower-layer current or artificially imposed

wind stress over the area where land mass exists.



(A)

3o-

20

10

EQ

:°
120 140 160 ISO 160 140 120 100 80

(C)

20-S

lO

20

304
120 140 160 180 160 140 120 100 80

30

20

10

EQ

to

20

30

120

(B)

30

20

10

EQ

10

20

30

120 140

140 160 ISO 160 140 120 100 80

(D)

160 80 160 140 120 100 80

30

20

to

[0

10

20

30

30

20

to

EQ

to

20

30

Fig. 4.3-5. Same as Fig. 4.3-2, but for zonal current in the mixed-layer (contour

interval: 2.5 cm



111

The vertical velocity distributions for the 4 seasons are shown in Fig.

4.3-6. The maximum upwelling is mainly confined within 3° of the equator.

Due to the change of sign of coriolis parameter across the equator, the

southeasterly trades over the equator cause poleward Ekman transport of

the surface water. The Ekman drift in turn causes upwelling along the

equator. In the eastern Pacific, upwelling is strongest during summer when

the southeasterly trades are strong. In the central Pacific, the maximum

upwelling appears during winter. Maximum downwelling occurs around

5° north and south, in a pattern that is almost symmetric about the

equatorial band of maximum upwelling. The coastal upwelling and

downwelling simulated along South American coast are probably

underestimated due to the use of coarse resolution in the zonal direction.

The mean seasonal behavior of the simulated entrainment velocity

are illustrated in Fig. 4.3-7. As defined in (4.2.20), the rate of entrainment

into the mixed-layer is proportional to the mechanical stirring by the

turbulent motions due to wind stress and convective stirring by thermals

due to buoyancy flux, and inversely proportional to the temperature

difference between mixed-layer and the layer below. Such combined effects

result in a complicated spatial pattern of the entrainment velocity. In the

figures, positive areas occur where the effects of surface wind stress and

buoyancy flux at the ocean surface are more dominant than the effect of

penetrating solar radiation. The opposite is true for the negative region.

The spatial patterns of entrainment are similar to those of the total net

surface heat flux, especially in the region of weak surface wind. By

comparing the entrainment with the simulated total net surface heat flux

shown in Fig. 4.3-8, we can see remarkable similarity within 20° of the
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equator except in the regions of strong wind stress. Mass detrainment is

simulated in the equatorial eastern and central Pacific. But during northern

summer and fall strong entrainment occurs in the far eastern Pacific,

apparently due to the increase of mechanical stirring by the strong south-

east trade during this period.

4.3.2 Model response to the given anomalous atmospheric
conditions.

(a) Anomaly Run I

In this experiment anomalous atmospheric conditions such as wind

stress, air temperature and humidity observed during a 3-year-period

composite ENSO are added to the mean conditions and imposed on the

model. The input forcing data are again updated in every 5 days using the

Fourier analyzed COADS data. Because few data are available to the south

of 200S, the anomalous conditions are imposed only between 200N and 20°S.

The anomalous fields are obtained by subtracting the results of control run

(model climatology) from that of Anomaly Runs.

In Fig. 4.3-9(A), the time series of simulated mixed-layer temperature

along the equatorial belt is presented. During ENSO YR(-1), anomalously

warm waters appear just in the western Pacific and anomalously cool waters

occupy the central and western Pacific probably due to the increased trades

over the central Pacific. In the prior winter of El Niño when the anomalous

trade wind changes its direction from westward to eastward in the central

Pacific, the anomalously cold SST is replaced by the warm SST. In a

relatively short period the weak warm SST anomaly turns to a dominant

feature throughout the equator: maximum SST anomalies appear in the

central Pacific during the winter of the mature ENSO period. During the
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Anti-El Nifto period, the cold SST anomaly occupies the entire equatorial

belt. It is noted that the time behavior of the simulated SST is generally

consistent with that of the observed SST associated with the ENSO event

along the equator. One major model discrepancy found when compared

with the composite ENSO is the less pronounced elongated SST anomaly

emanating from the coast of Peru. In the composite ENSO of Rasmusson

and Carpenter (1982), the SST anomaly progressively expanding toward the

central Pacific in the Early Phase of ENSO is one of the major characteristics

of ENSO. However, it has been known from observational studies (Gill and

Rasmusson,1983; Lau and Chan,1986; Chapter 2 of this paper) that the

essential feature of ENSO is the slowly eastward propagating large-scale

disturbances rather than the expansion of the tongue of anomalous SST

from the coast of South America. In fact, during the 1982-83 El Niño event,

the anomalous SST moved from the western to eastern Pacific.

Fig. 4.3-9(5) shows the time behavior of the simulated anomalous

mixed-layer depth along the equator. Warm water is seen to be piling up in

the western Pacific at the end of ENSO YR(-1) due to strengthening of the

south-east trade along the equator in the central and eastern Pacific prior to

El Niño event. Starting from the winter of ENSO YR(0), positive

anomalous depth is seen to move slowly eastward as the trade weakens

over central Pacific. Meanwhile the mixed-layer depth becomes shallow in

the western Pacific during this period and reaches its minimum value

around the spring of ENSO YR(+1). Such slow eastward propagation of the

anomalous depth along with the weakening of trade wind was first noted by

Bjerknes (1966). The evolution pattern of anomalous mixed-layer depth is

not highly correlated with that of anomalous SST. The correlation
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coefficient between these variables is found to be 0.53. This suggests that the

mixed-layer depth anomaly is not always a good parameter for the SST

anomaly as is often assumed in reduced gravity models. The mixed-layer

displacement appears to lead the SST anomaly with the zonal lag

correlation reaching its maximum of 0.74 when the SST leads the mixed-

layer by 24° between 140°E - 90°W along the equator. Based on observational

studies of the eastern equatorial Pacific, Gill (1982a) has estimated that

approximately 1°C of SST change in the eastern Pacific corresponds to 30 m

displacement of mixed-layer depth. In the present model, the anomalous

displacement of the mixed-layer depth is somewhat underestimated when

compared with Gill's estimate. The reason for this may have to do with the

fact that the simulated mean mixed-layer depth is deeper than the actual

depth. As mentioned in Section 4.3.1, the e-folding depth scale of the

convectively driven eddies (31) may need to be adjusted to simulate more

realistic mean mixed-layer depth. Nevertheless, the basic pattern of the

mixed-layer evolution is reasonably well reproduced.

In Fig. 4.3-10(A), the time series of the simulated anomalous zonal

current speed is shown. The anomalous westward flow is seen to be

dominant in ENSO YR(-1), which is consistent with the anomalous easterly

wind present along the equator. During the ENSO YR(0) the eastward flow

becomes dominant in the central Pacific and then gradually weakens to

become westward flow in the Anti-El Niño period.

The time series of upwelling velocity at level 2 along the equator is

shown in Fig. 4.3-10(B). Since vertical velocity is determined by the

horizontal divergence of the vertically sheared flow (4.2.16), the pattern is

closely related with the zonal current (Fig. 4.3-10(A)); when the anomalous
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easterlies are present over the central Pacific during ENSO YR(-1), there is

anomalous upwelling along the equator. But when the trade wind weakens

over the central Pacific during ENSO YR(0), Ekman drift decreases, resulting

in the equatorial downwelling.

Fig. 4.3-11(A) shows the time series of the simulated anomalous total

surface heat flux. In comparison with COADS analysis, the time behavior of

the surface heat flux is in good agreement with the composite pattern (See

Fig. 2.2-21). For example, the simulated net anomalous cooling is present in

the east of the disturbance and warming in the west of the disturbance, as

already discussed in Chapter 2.

Fig. 4.3-11(B) shows the time series of the simulated entrainment

velocity into the mixed-layer along the equator. Since the scale depth of

convectively driven eddies is larger than that of wind-driven eddies, the

mass entrainment rate into the mixed-layer is primarily determined by the

buoyancy flux at the ocean surface. As expected, the patterns of the

simulated entrainment rate are seen to be similar to the heat flux patterns.

Fig. 4.3-12 and Fig. 4.3-13 show the longitudinal profiles of the

various mixed-layer variables for both the Developing Phase (July 15 of

ENSO YR(0)) and Dissipating Phase (April 15 of ENSO YR(+1)), respectively.

In the Developing Phase, a wave crest of anomalous mixed-layer depth

coincides with the maximum zonal current(u), which indicates that the

oceanic Kelvin mode is dominant in this phase. Since the atmospheric

anomalous forcing is westerly over the oceanic eastward current, growth of

the disturbance can be expected at this phase (Hirst, 1985). On the other

hand, in the Dissipating Phase, the wave crest corresponds more closely to

the anomalous westward current showing an almost out-of-phase
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relationship, which indicates the dominant presence of the oceanic Rossby

mode. Since the atmospheric wind stress is in the opposite direction of the

westward current, the Rossby mode is attenuated. Again no coherency is

found between the anomalous SST and surface wind field due to the

nonlinear responses of atmospheric heating to oceanic changes. Both

oceanic vertical motions and the mass entrainment tends to push the

thermocline eastward in the Developing Phase and westward during the

Dissipating Phase, and the mass entrainment is closely correlated with the

net heat flux in both phases.

Fig. 4.3-14(A) and (B) show the model results of the spatial

distribution of SST anomalies during the peak (October of ENSO YR(0)) and

Anti-El Niflo (October of ENSO YR(+1)), respectively; and (C) and (D) are

observations taken from COADS for the same phases. The model is

apparently capable of reproducing the major features of the observed SST

anomaly when the appropriate atmospheric conditions are given.

Relatively large discrepancies of the SST are seen in the eastern Pacific

where the peak of positive anomaly is somewhat weaker than the

observation and in the western Pacific where a larger-than-observed

negative anomaly is simulated.

Fig. 4.3-15(A), (B) and (C), (D) show spatial distributions of the

anomalous mixed-layer depth and zonal current, respectively, during the

peak (A, C) and Anti-El Niño (B, D) phases. In the Peak Phase of ENSO, it is

seen that the mixed-layer depth is shallowing in the western Pacific and

deepening in the eastern Pacific along with the eastward flowing anomalous

water mass as a consequence of the relaxation of the trades. In the Anti-El

Niño period, mixed-layer is shallowing throughout the equator leaving
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positive anomalies in the mixed-layer depth in the poleward of 100 from the

equator. The positive anomaly pair may play an important role in initiating

subsequent ENSO event (White et al., 1989; Graham and White, 1988),

being transmitted by the activity of wind-driven baroclinic Rossby wave

from the eastern and central Pacific to the western Pacific. However, Battisti

(1989) argued that the oceanic wave signals associated with ENSO event are

confined within 6° of the equator, and the off-equatorial Rossby waves must

be a product of the event rather than a triggering mechanism. Whatever

the role of the anomaly, both studies agree that the characteristics of the

anomaly is that of an off-equatorial Rossby wave.

As the trade winds become weak along the equator in Mature Phase,

the warm water in the western Pacific moves eastward and strong

downwelling appears in the central and western Pacific (Fig. 4.3-16(A)). In

the Dissipating Phase, due to the returning condition of the anomalous

atmospheric condition, there is upwelling along the equator (Fig. 4.3-16(B)).

Not only the dynamical processes but also the entrainment process

cause the mixed-layer to deepen in the eastern Pacific while the

entrainment process causes its shallowing in the western Pacific during the

Peak Phase. During the Anti-El Niflo Phase, the mixed-layer shallowing

along the equator is due to the decrease of the net outgoing surface heat flux

(See Fig. 4.3-16(C), (D) and 4.3-17(A), (B)).

(b) Anomaly Run II

In this experiment, only the anomalous wind stress of a 3-year period

composite ENSO is added to the seasonal mean atmospheric conditions.

The procedure of prescribing the anomalous wind stress is the same as in
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Anomaly Run I. This experiment is intended to investigate the role of

anomalous wind in the oceanic changes that took place in conjunction with

ENSO. A number of ENSO studies based on GCMs have used the surface

wind stress as the only forcing to drive the ocean (e.g., Graham et al.,1989;

Latif, 1987). Philander and Seigel (1985) and Seager (1989) have included the

surface heat flux in their simulation of the tropical Pacific SST. But

Philander and Seigel (1985) have arbitrarily specified the air temperature to

be always less than SST by 1.5°C and Seager (1989) has taken air temperature

to be constant. Both of the models assumed that the humidity is a constant

fraction of the saturation humidity. Anomaly Run II can be considered as

the former type of experiment, while Anomaly Run I as the latter type since

they have included some effect of the net surface heat flux at the ocean

surface.

Fig. 4.3-18(A) shows the time series of anomalous mixed-layer

temperature. In comparison with Anomaly Run I, little difference is found

(not shown). However both the magnitudes and the horizontal extent of

SST anomalies of the Run II are less than those in the Run I. The reason for

the weaker SST anomaly in Run II probably has to do with the fact that the

atmospheric humidity and temperature are specified from the climatology

instead of their actual values. Considering that the atmosphere tends to

respond rather quickly to any SST changes, the use of the atmospheric

climatological values tends to overestimate the surface heat fluxes which in

turn suppress the SST anomalies. In the atmosphere, the time scale for

response of atmospheric humidity and temperature to oceanic surface

temperature is shorter than intraseasonal time scales. By comparing Fig.

4.3-18(B) and Fig. 4.3-11(A), we see somewhat stronger widespread net
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outgoing heat flux in the Anomaly Run II, especially over the eastern Pacific

in spite of the fact that the SST anomaly there is 0.5-1°C less than that in

Anomaly Run I. It is also noted that the SST variability is weaker in the

eastern Pacific in Run H. Such reduced variability has been noted by

Graham et al. (1989), who conducted an integration of Florida State

University (FSU) reduced gravity ocean model using the observed wind

stress for the period 1961-1972. The authors speculated that both

shortcomings of the forcing data and several processes neglected in their

ocean model are responsible for the reduced variability in sea level in the

eastern Pacific. In view of the results of Anomaly Run I and H, we present

the following explanation for the reduced variability in the eastern Pacific in

Anomaly Run II. Since the depth of mixed-layer in the eastern Pacific is

shallower than that in the central and western Pacific, the SST has more

variability in the eastern Pacific. If the atmosphere is allowed to respond to

the SST changes (as in Anomaly Run I), the anomalous SST in the eastern

Pacific will persist longer. On the other hand if the atmospheric conditions

are fixed (as in Anomaly Run II), any increase of SST would induce an

increase of the surface heat flux causing the mixed-layer to become deeper.

Accordingly the SST anomaly becomes less variable in the latter case. In

comparing Fig. 4.3-19 and Fig. 4.3-14, we see the large difference in the

magnitude of SST, especially in the eastern Pacific.

(c) Anomaly Run Ill

In this experiment, only anomalous wind of 10 m s1 is prescribed

uniformly in the western Pacific domain extending from 10°S to 10°N, and

120°E to 160°E for the January of YR(21) (ENSO YR(-1)). Thereafter no other
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forcing is imposed except seasonal mean forcing. The purpose of this

experiment is to see if an anomaly generated by a burst of wind can grow

without further interaction with atmosphere. As shown in Fig. 4.3-20, a

baroclinic kelvin wave excited by the anomalous forcing in the western

Pacific propagates eastward with a speed of about 2.4 m s1. The initial

positive SST anomaly and the deepening of the mixed-layer to the east of

the wind burst area are due to the advection of warm water into the region.

The kinetic energy imposed in the forcing area is imparted to the Kelvin

wave which propagates eastward carrying the anomalous SST, mixed-layer

depth and zonal current with it. The decrease of the SST anomaly and

mixed-layer depth in the western part of the forcing region is mainly due to

the upwelling of cold water from below. Anomalies reach the eastern

boundary by April of the first year. Reflection of the Kelvin wave at the

eastern boundary in the form of a Rossby wave is not seen probably due to

the large damping. When the anomalous wind forcing is turned off,

anomalies rapidly disappear and no other anomalous pattern appears

afterwards.

This experiment suggests that the mean seasonal forcing is not

enough for an ocean anomaly to grow and that the ocean-atmosphere

interaction is essential for the interannual variations in the ocean.

4.4 Conclusion

The results of several experiments with different atmospheric

forcings have demonstrated that the present ocean model is capable of
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reproducing many ENSO-related features. The model reproduces

reasonably well both spatial and temporal patterns of mean and anomalous

SST, mixed-layer, zonal current speed, upwelling velocity, entrainment rate

and net surface heat flux. The particular 3-year cycle of the composite

atmospheric forcing used in the model may not be long enough to simulate

the evolution of quasi-stationary oceanic features associated with ENSO

event. Nevertheless, the solution of the second cycle of the experiment is

similar to that of the first cycle except in the initial stage of the simulation,

indicating little influence of the transient features on the quasi-stationary

solutions (Zebiak, 1985).

By comparing Anomaly Run I and Anomaly Run II, we have shown

that such physical processes as heat flux and evaporation at the ocean

surface play an important role in maintaining the oceanic anomalies

generated by the remote forcing of atmospheric wind. The Anomaly Run II

in which only the anomalous wind stress is imposed along with the mean

atmospheric conditions simulates relatively weak oceanic anomalies,

particularly, in the eastern Pacific. On the other .hand, the Anomaly Run I

which includes not only the atmospheric anomalous wind stress but also air

temperature, specific humidity, cloudiness and shortwave radiation flux

simulates much more intense and persistent anomalies. The oceanic

anomalies simulated in Anomaly Run I are comparable to the composite

data.

The importance of the net surface heat flux in maintaining the

persistent oceanic anomalies during the ENSO, especially in the eastern

Pacific has been well demonstrated. This, however, by no means

diminishes the importance of dynamical processes. To the contrary, it is the
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dynamics that dictates the basic features of the oceanic anomalies as

demonstrated by the comparison of Anomaly Run I and II.

Weare (1983) had pointed out the importance of the net surface

heating in El Niño events. Based on his observational data analysis, he

concluded that the net surface heating contributes to the development of

the early stage of El Niño by increasing the SST in the eastern Pacific. If

ENSO is characterized basically by the disturbances which are moving

eastward starting from the western Pacific, the apparent westward expansion

of the warm anomaly off the coast of Peru may not be of no great

importance. But, this feature should influence both the amplitudes and

durations of the oceanic anomalies by controlling the net surface flux.

The present study confirms the idea that the equatorial Kelvin waves

are essential in the developing stages of El Niño, while Rossby waves are of

some importance in the decaying stages. Because the wind anomaly and

zonal current have the same direction during the developing stage of El

Niño, the imposed anomalous wind forcing is likely to instigate the growth

of Kelvin waves. The eastward propagating wave crest of the mixed-layer

simulated in the anomaly runs are apparently a manifestation of the

growing Kelvin wave. Return to normal oceanic state appears to involve a

westward propagating Rossby wave which, however, tends to be suppressed

because the directions of anomalous wind and zonal current are opposite to

each other in the western Pacific.
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5. COUPLED ATMOSPHERE OCEAN MODEL

5.1 Introduction

Atmospheric general circulation models (AGCMs, hereafter) have

been shown to reproduce many tropical features of ENSO when appropriate

SSTs are specified from the observation (Lau, 1985). What is remarkable

about the relatively simple atmosphere model developed for the present

study is that it not only reproduces those ENSO features but also allows us

to understand their dynamics efficiently (Chapter 3). From comparing the

performances of the oceanic general circulation models (OGCMs, hereafter)

(Philander and Seigel, 1985; Latif, 1987) and the present oceanic model, one

may arrive at a similar conclusion about the oceanic counterpart of ENSO.

Our simple ocean model also reproduces the major oceanic features of

ENSO (Chapter 4). The success of the individual uncoupled models with

prescribed boundary conditions from the observation revealed two

important facts. The low frequency changes of the tropical systems are

mainly caused by the low frequency changes of the boundary conditions

(Latif et al., 1988), and the interaction between the ocean and atmosphere is

crucially important for the successful simulation of ENSO phenomena

(Philander, 1986).

The first attempt to simulate the low frequency behavior of climate by
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using a coupled atmosphere-ocean general circulation model (CGCM,

hereafter) was made by Gates et al. (1985). Their results, however, showed

very little ENSO-like interannual variability, and a large climate drift in the

mean state of their coupled model. Latif et al. (1988) developed a CGCM by

combining an OGCM of Latif (1987) and a version of the ECMWF AGCM,

using a so-called flux correction method to avoid the climate drift.

Although their coupled model shows some evidence of growing anomalies

in the central Pacific, their time behavior is not entirely consistent with

observations. Currently several GCM groups are trying to couple the AGCM

and OGCM for the study of ENSO with somewhat different techniques

(Neelin, 1990). Recently, Lau and Philander (1990) presented their coupled

GCM results which show ENSO-like interannual variations.

Earlier efforts to understand the dynamics of ENSO have been based

mostly on simpler coupled models. Lau (1981), Philander et al. (1984) and

Hirst (1986) identified the low-frequency unstable modes which only exist in

the coupled system. The coupled system used in these studies, however,

neglect many potentially important physical processes, and it is not clear

that the theoretically possible unstable modes would exist a more realistic

coupled model. One of the most significant defects of those studies is the

neglect of lateral oceanic boundaries which are known to play an important

role in affecting the oceanic changes on interannual time scale. Anderson

and McCreary (1985) produced regular oscillations by coupling a nonlinear

oceanic model having sophisticated explicit dynamics and thermodynamics

with a linear simple atmosphere model. Schopf and Suarez (1988) have also

produced an ENSO-like variability with the time-scale of 3-5 years with a

nonlinear coupled model. Their results indicate that the time-scale of the
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interannual oscillation is crucially dependent on the transient oceanic

waves simulated in the model. Zebiak (1985) and Zebiak and Cane (1987)

have also simulated the recurrence of a warm events with an irregular

interval of 3-4 years in a 90-year run made with a simple coupled model

which is very similar to that of Anderson and McCreary (1985). But unlike

Anderson and McCreary, they included climatological effects in their model.

For example, the ocean temperature is made to respond to both the

climatological and simulated anomalous current, and the atmospheric

internal heating is parameterized in terms of the climatological mean

convergences and simulated convergence anomalies. Using the same

model, Cane et al. (1985) forecasted the 1986-87 ENSO event with some

degree of success. Recently, Neelin (1990) coupled a tropical Pacific OGCM to

a simple, steady atmospheric model which may be considered as an

'intermediate' model. But the atmospheric component is a steady state, dry

model which seems to be too simple to be able to realistically describe the

ocean and atmosphere interactions.

The atmospheric and oceanic models described in the previous

chapters may be classified as intermediate models. The purpose of this

chapter is to examine an ENSO-like unstable mode which has been

simulated in the central Pacific for a given anomalous remote forcing, and

the internal low-frequency variability which actually occurred in the

simulation.

Unlike previous coupling experiments with simplified models, a

special emphasis is given to the moisture processes in the present coupling

experiment. The condensation-convergence feedback is the mechanism

which drive atmosphere, and the evaporation-SST and evaporation-wind
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feedbacks are the physical processes that supply moisture into the

atmosphere and change oceanic heat budget. The surface heat fluxes as well

as the atmospheric wind stress affect the oceanic circulation.

In order to avoid unrealistic influences of the simulated ocean

climatology on the atmospheric variations, a flux correction method is used

during the time integration. This method allows only the anomalies of

both systems to interact with each other, as will be discussed in section 2 of

this chapter.

In section 2, the coupling procedure is described in detail. The results

of experiments are described in section 3. Finally conclusions are given in

section 4.

5.2 Model coupling

The physics and dynamics of the atmospheric and oceanic

components of the coupled model are the same as described in Chapter 3

and 4. Unlike most of previous coupling studies, the ocean is affected not

only by the wind stress anomalies, but also by the atmospheric humidity

and temperature anomalies. These variables are directly involved in the

determination of the moisture and heat fluxes across the ocean surface. For

example, an SST anomaly tends to increase the atmospheric temperature

and humidity by enhancing the vertical gradient of these variables on

relatively short time-scale. The increased atmospheric anomalies in turn

reduce both their vertical gradient and fluxes, thereby affecting the oceanic

surface heat budget. The ocean model results of Philander and Hurlin
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(1988) and the present study (Chapter 4) suggest that the equatorial ocean

loses heat mainly by the increased evaporation when SST increases in the

equatorial region. The heat flux analyses based on COADS (Chapter 2) has

also shown that the total net heat flux at the ocean surface is strongly

controlled by the latent heat flux. Both the model result and observational

analysis support our present coupling procedure, in which the moisture

processes are given a special emphasis.

Another difference between our model and those of others is that the

model atmosphere is affected by the anomalous changes of SST through

both the evaporation-wind and evaporation-SST feedbacks. Within this

framework the atmospheric anomalous internal heating is mainly

determined by the low-level moisture convergence and the sensible heat

and longwave radiation flux at the ocean surface have little effect on the

atmospheric internal heat budget.

Since the present atmospheric model simulates perturbations from a

given climatological state, a kind of flux correction method similar to Latif

et al. (1988) is applied only to SST. A SST anomaly is defined as a

perturbation from model climatology, i.e.,

T' = T(C) TS(UC), (5.2.1)

where T (C) and T (UC) are, respectively oceanic mixed-layer temperature of

the coupled run and the uncoupled control run. In the coupled system, T'

induces the atmospheric changes, and thus the oceanic temperature that

influences the atmosphere is given by:

T = TS(OBS) + T' = T(C) + (T(OBS) T(U) ) = I (C) + (5.2.2)

where TS(OBS) is the observed oceanic temperature and is the correction

of T. Since is independent of the coupled variables, the variations
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associated with the correction does not alter the dynamics of the coupled

system as far as the variability is concerned (Latif et al., 1988). In other

words, the discontinuity of the flux due to the temperature correction does

not affect the coupled atmosphere. The atmospheric variables that would

affect the ocean in the coupled system are as follow:

t(C)=t(OBS)+t'

q (C) = q(OBS) + q',

Ta(C) = Ta(OBS) + Ta'

(5.2.3)

where t and q are the surface wind stress and specific humidity, respectively;

the atmospheric temperature anomaly, Ta' is assumed to be Ta'.

Ev'
VI

1
To'=To(C)-To(UC) 'C

Fig. 5.2-1. The method of atmosphere ocean coupling.

Fig. 5.2-1 is the schematic diagram showing how the coupling is

performed in the model. The ocean anomalies are directly affected by the

anomalous surface wind stress and anomalous surface heating, meanwhile

the atmosphere is indirectly affected by the changes of SST through the

moisture processes. The evaporated moisture can be transported or locally

stored in the atmosphere for a certain period of time, and subsequently
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condenses out as precipitation according to the atmospheric internal

dynamics.

The atmosphere and ocean are numerically coupled in every oceanic

time-step (4 hours) which corresponds to 16 atmospheric time-steps. The

uncoupled control run with the ocean model was also performed to

calculate the SST anomaly in every time-step along with the coupled model.

5.3 Experiments

The coupled experiment is started at the end of the uncoupled control

runs YR(21). The coupling is started by imposing a westerly wind anomaly

in the rectangular domain of 120°E-160°E and 5°N-5°S. The anomaly was

given for one month starting from December 15 of YR(20) and removed

afterward. No other external forcing is given thereafter. The imposed

anomaly is very similar to the fourth experiment of Latif et al. (1988) and

identical to that of the uncoupled oceanic Anomaly Run III (See Chapter 4).

As mentioned earlier, the SST anomaly is calculated by the difference

between coupled and uncoupled control runs. After coupling the models,

we continued to integrate the system for 8 model years. During the

integration, it was confirmed that the mean seasonal oceanic conditions

simulated by the uncoupled control run are almost identical to those of

YR(21) (not shown).

Some of the simulated variables are briefly described in this

paragraph. The evolution of SST anomaly along the equator is presented in

Fig. 5.3-1. The baroclinic Kelvin and Rossby waves generated by the abrupt
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Fig. 5.3-1. Time-longitude plot of SST anomaly along the equator

for the coupled run (contour interval: 0.5 °C). Solid straight

lines indicate the approximate paths of oceanic waves.
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changes of the zonal wind propagate, respectively, eastward and westward

with speeds of about 2.4 and 0.8 rn/s. Until the Kelvin wave reaches the

eastern boundary of the basin, the time behavior of the anomalies looks the

same as seen in the case of the uncoupled anomaly run (Fig. 4.3-20(A)). The

magnitude of the anomaly is, however, somewhat stronger and the

anomaly remains relatively weak and persistent even after the passage of

the waves. The major difference from the uncoupled anomaly run is seen

in the appearances of the positive anomaly in the central Pacific at the end

of the year YR(21) and the reappearances of the anomalies in the same

region following the negative anomalies with an interannual time interval

of about 3-year.

Fig. 5.3-2 shows the evolution of the mixed layer depth anomaly

along the equator. The mixed-layer depth anomaly deepens east of the

dateline and moves eastward with the Kelvin wave. As the waves are

reflected at the eastern boundary, positive and negative anomalies occupy

the eastern and western Pacific, respectively. Such an asymmetric pattern is

one of the outstanding features associated with ENSO event (See Fig. 4.3-9).

This east-west asymmetry also recurs in about 3 years. Fig. 5.3-3 shows the

evolution of the mixed-layer zonal current speed anomaly along the

equator. Again, until the Kelvin wave reaches the eastern Pacific, the

evolution pattern is quite similar to that of the uncoupled anomaly run.

After the passage of waves passes, however, the eastward surface currents

prevail in the central Pacific. The areas of maximum anomalies move

westward as in the case of the uncoupled anomaly run made with the

composite atmospheric boundary conditions (Anomaly Run I and II). The

eastward anomalous surface currents reappear in the basin in a period of 3
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years.

Fig. 5.3-4 shows the evolution of the simulated zonal wind speed.

After few months of the coupled integration, anomalous westerlies prevail

over the entire Pacific. During the second half of the first year, an easterly

wind anomaly begins to appear in the eastern Pacific. The westerly wind

anomaly west of the dateline continues to be present in the next year along

with the persisting SST anomaly in the central Pacific.

Fig. 5.3-5 shows the evolution of anomalous precipitation rate along

the equator. The positive precipitation anomaly is located about the

dateline until summer of YR(22), and it is subsequently replaced by the

negative anomaly during the next cold phase. This anomaly pattern is seen

to repeat in time with a period of 3 years with little changes of its location.

Turning again to Fig. 5.3-3 during the second half of YR(21), the

eastward current anomalies are predominant over the entire basin except in

the eastern Pacific where the eastward current anomaly is seen in the later

part of YR(21). The Ekman drift due to the anomaly zonal current must be

responsible for the deepening and shallowing of the mixed-layers in the

eastern and western Pacific (Fig. 5.3-2), and also the mixed layer temperature

changes seen in the eastern and western Pacific, respectively (Fig. 5.3-1). The

increase of the mixed-layer temperature induces the anomalous increase of

evaporation and moisture content in the atmosphere, which would then

have enhanced convective activities over the area of mean convergence in

particular (Fig. 5.3-5). The increased convection there induced an

asymmetric zonal wind anomaly (Fig. 5.3-4). The eastward wind anomaly

has actually caused weakening of the trade winds to the center and west of

the enhanced convective region. Thus there is a decrease of the
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evaporation to the west and center of the convective region and an increase

to the east of convective region where little change of the trade winds and a

large positive SST anomaly are located (not shown). These features are the

main characteristics of the unstable advective mode identified by Lau and

Shen (1988) in a coupled shallow-water system.

Fig. 5.3-6 shows the longitudinal variations of the several model

variables along the equator on July 15 of YR(21). The increase of zonal

current (us) in the central and western Pacific is seen to induce the

deepening of the the mixed-layer depth (ha) as well as the positive anomaly

of the mixed-layer temperature (T) in the eastern Pacific. The enhanced

precipitation (Pa) in the central Pacific must have induced the eastward

zonal wind anomaly (Ud) across the basin. In response to the wind

anomalies, the evaporation rate in the central Pacific is generally reduced

except in those particular areas where the SST anomaly is positive and the

wind anomaly is weak. The u and h are in phase in the zonal direction,

indicating the dominance of the Kelvin mode. The mode can grow

according to the instability theory (Hirst,1986) since the dynamical coupling

between u and Ud is positive in the central and eastern Pacific.

Fig. 5.3-7 shows the longitudinal variations of the same variables

above except for April 15 of YR(22). The anomalous westward zonal current

apparently caused the shallowing of the mixed-layer depth and the decrease

of the SST in the far eastern Pacific. The anomalous convection still remain

significant around the dateline during this phase, and accordingly there are

anomalies of the eastward zonal current, zonal wind speed, westward slope

of mixed-layer depth and increase/decrease of evaporation rate in the

east/west of the dateline. It is interesting to note that the mixed-layer depth
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and current are out of phase, indicating the dominance of the Rossby mode,

at this particular time.

Interestingly, according to the time-longitude plots (Fig. 5.3-1 through

5), all the oceanic and atmospheric anomalies repeat their appearances in

about 3 years. The maximum SST anomalies (Fig. 5.3-1) occur in the central

Pacific in winter followed by the occurrence of the negative anomalies in

winter. Also all the anomalies seem to be damping as the integration

proceeds and the locations of the enhanced precipitation seem to be

geographically fixed in both warm and cold events. Some detailed

discussion on such model behavior will be given in the conclusion section.

Fig. 5.3-8 shows the geographical distribution of simulated anomaly

patterns of the SST, wind, mixed-layer current and precipitation rate on

October 15 of YR(21). From comparing with the composite ENSO, the

model results above are found to depict the major characteristics of ENSO.

Briefly, the SST anomaly (A) in the central Pacific is comparable with the

observation in its spatial extent. The simulated mixed-layer current (B)

shows the intensification of the North Equatorial Counter Current and the

weakening of the South Equatorial Current along the equator, which

accompanies the eastward movement of the warm surface water in the

western Pacific. The precipitation rate anomaly (C) shows the eastward shift

of the anomalous convective region moving toward the central and eastern

Pacific, indicating the eastward shift of the rising branch of Walker

circulation. The wind anomaly (D) shows the anomalous westerlies

prevailing over the central Pacific. All of these simulated features are

remarkably consistent with the observed composite ENSO.
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5.4 Conclusion

A time integration of the atmosphere-ocean coupled model has been

made to investigate both the short-term and interannual behaviors of the

coupled system when an initial anomalous wind forcing is specified. The

component models are allowed to interact with each other through various

coupling mechanism. For example, the ocean is driven by the wind stress

and the oceanic surface heat content is altered by the subsequent changes in

the atmospheric moisture content and temperature. The coupling in terms

of the radiative feedback, however, is not considered in the model and also,

the effect of the surface sensible heat flux upon the atmospheric internal

heating is neglected. It is assumed that such coupling is of less importance at

the present stage of the ENSO study.

The coupling is performed after a one-month integration of the ocean

model with a winter time wind stress anomaly imposed at the model

surface. In many respects, the coupled responses during the first 2 years

resemble observations and the uncoupled simulation. The ENSO-like

features simulated by the model include: the appearances of warm SST

anomaly in the central Pacific, deepening/shallowing of the mixed-layer in

the eastern/western Pacific, weakening of the trades in the central Pacific,

strengthening / weakening of North Equatorial Countercurrent / South

Equatorial Current, enhanced convective activities around the dateline and

increase/decrease of evaporation in the eastern/western Pacific.

The long-term integration of the coupled model show interannual

oscillation. The oscillations, however, are damped as the time integration
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proceeds, although it may be a transient phenomenon, and they might

intensify again if the integration were extended for a longer period. It might

also be possible that the coupling actually occurred in the model was too

weak for the atmosphere-ocean interaction instability to be effective or that

the frictional damping was simply too strong. The coupling parameters

used in the present model are the exchange coefficients for momentum

(CM), for water vapor (CD), and for heat (CH) which vary with wind speeds

and air-sea temperature differences. The values of those exchange

coefficients turned out to be approximately 1.2-1.5x103 in the model, and

seem to fall in a reasonable range. The frictional time-scale of the present

ocean model is about 40 days which is an order of magnitude larger than the

frictional time-scale of momentum of the OSU OGCM, while it is an order

of magnitude smaller than the time-scale of heat diffusion included in the

OSU OGCM. The frictional time-scales of the atmospheric momentum and

heat are, respectively, 4 and 1.5 days. Those time-scales are comparable with

that of the real atmosphere. Although the friction appears to be somewhat

large for the ocean models, the success of the uncoupled anomaly runs of

each component model may suggest that any errors apparent in the coupled

model have to do with the coupling rather than with the individual model.

We therefore may rule out the possibility of the coupling coefficients and/or

the friction to be the major cause of the damping of the oscillatory modes.

The other possibility may be the omission of other physical processes such

as the surface sensible heat flux and longwave radiation. However, the

effects of such processes upon the oscillatory modes are not known at

present. Obviously, more studies are needed in order to realistically

simulate the interannual oscillation by coupled systems.
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An important question concerning the simulation of the oscillating

warm and cold phases needs to be explored. Obviously, such oscillation

occurs only in the presence of the interaction between the atmosphere and

ocean. Without coupling, the oceanic response to the atmospheric forcing

quickly damps out with time. It is then important to identify the dynamical

processes which are responsible for the growth and the termination of the

oscillation. A close examination of the model results led us to conclude that

the wave dynamics in the presence of the eastern and western boundaries

play a crucially important role: the anomalous external wind stress

imposed at the end of YR(20), induces positive and negative SST anomalies

at the east and west sides of the forcing area (Fig. 5.3-1). Such positive and

negative SST anomalies induce both the westerly and easterly wind

anomalies over the area of SST anomalies (Fig. 5.3-4). In the positive SST

area, the wind anomalies force an oceanic Kelvin wave (K1) to move

eastward and an oceanic Rossby wave (Ri) to move westward. Meanwhile,

in the negative SST area, the easterly wind anomaly forces an oceanic

Kelvin wave (K2) to move eastward. It turns out that K1 is a downwelling

Kelvin wave associated with a positive zonal current and results in

anomalous warming along the path of the wave. K2 follows Ki with the

same speed, but K2 is an upwelling Kelvin wave associated with a negative

zonal current and causes a cold SST anomaly along its path. Therefore the

growth of the SST anomaly tends to be suppressed as K2 passes along the

equator. However, the SST anomaly still continues to grow with a reduced

rate since westerly wind anomalies have already been induced by the

interaction with the ocean and the current direction of K2 is in opposite

direction with respect to the wind anomaly. Ri, when reflected at the
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western boundary, sends another Kelvin wave (K3) toward the eastern

Pacific. K3 is now a downwelling wave with an eastward current.

Consequently, in the wake of K3, the warming is greatly enhanced until it is

affected by other upwelling waves in the equatorial Pacific. R2 and R3 are

also generated after the reflections of Ki and K2, respectively at the eastern

boundary. R2 tends to reduce the positive SST anomaly while R3 tends to

enhance the anomaly, because R2 and R3, respectively, have westward and

eastward current. However R2 tends to be much weaker than R3 because

the wind anomaly is in opposite direction with respect to R2. Along the

path of R3 the maximum SST anomaly occurs in the central Pacific. K3,

when reflected at the eastern boundary, generates R4 which propagates

westward. R4 is in the opposite direction with respect to the zonal wind

anomaly which already becomes very weak in the eastern Pacific. Following

the passage of this wave, the coupled system rapidly goes into the cold

phases. A similar chain of reasoning can be offered for the cold phases. In

summary, in this particular experiment, the eastward propagating

downwelling Kelvin wave reflected at the western boundary enhances the

oceanic warming which then grows further through the unstable

interaction with the atmosphere, and the westward propagating upwelling

Rossby wave reflected at the eastern boundary acts to terminate the warm

event.

A similar experiment made with different external forcing has

generally confirmed the above explanations (not shown). Therefore the

ocean wave dynamics seems to be important for the determination of both

the growth and termination of the event. As mentioned earlier, however,

without the interaction that occurs between the atmosphere and ocean, no
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such type of unstable mode is possible.
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6. SUMMARY AND CONCLUDNG REMARKS

One of the main goals of the present study has been to develop an

ocean-atmosphere coupled model with which the basic dynamics of the

coupled system, and the ENSO phenomena in particular, can be

investigated. In achieving such a goal it was also necessary to analyze the

COADS to prepare a data base for the model verification and to provide

guidance for the model development. Special emphasis has been given to

the moisture processes in the present study in order to investigate their

particular roles in the atmosphere-ocean interaction and more specifically

their roles in the ENSO phenomena. Accordingly, atmospheric and oceanic

models have been developed and demonstrated that the individual models

are capable of reproducing the fundamental features of ENSO when

appropriate boundary conditions are specified from the observations. One

of the underlying assumptions of the present modeling is that the

atmospheric moisture processes directly and indirectly affect the oceanic

circulation and heat fluxes and the atmospheric internal heating.

Chapter 2 is focused on the analysis of the observed moist variables

and net heat flux over the world ocean domain. Assuming that every

ENSO has some common characteristics, a composition technique has been

utilized in the COADS analysis. Also the Empirical Orthogonal Function

analysis applied for the same COADS led to the conclusion that the
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anomalies found in the composite ENSO constitutes the most outstanding

interannual variability observed in the world ocean domain. The time-

series of EOFs of the COADS reveal that ENSO has a strong seasonality,

which suggests that the atmospheric or oceanic anomalies are not.

independent of the mean fields, and thus are strongly modulated by the

seasonal cycle. Both the composite and EOF analysis of COADS provide

evidence that the ENSO phenomenon at the surface is confined to the

tropical Pacific, although their impact on the high latitude sea-level

pressure is also evident especially during the Mature Phase of ENSO. A

slow eastward-moving atmospheric disturbance with a speed of 30-40 cms1

is detected in the tropical Pacific by the composite analysis of the COADS.

The disturbance is also apparent in the zonal wind speed, moisture

convergence and cloudiness, starting to leave the western Pacific in the early

part of ENSO YR(0) and arriving around 140°W by the Mature Phase. In the

case of 1982-83 ENSO, the speed of anomaly was almost the same as the

composite ENSO, but the convective anomalies of the 1982-83 ENSO

continue to grow while moving eastward even after the Mature Phase (Gill

and Rasmusson, 1983). Obviously, the ENSO events are not a simple

oscillation, and significant differences in their phase relative to certain

geographical locations are not unusual in the COADS composite. The

present analysis has revealed that the surface evaporation is an important

physical process which influences the net surface heat flux anomaly. The

negative evaporation anomaly in the central Pacific during the warm

phases is apparently due to the weakening of the trades, which indicates that

the evaporation-wind feedback is very important over this region. On the

other hand, the positive evaporation anomaly in the eastern Pacific, where
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positive SST anomaly and weak wind anomalies are present, is probably

due to both the evaporation-SST and evaporation-wind feedbacks. The

evaporation-wind feedback tends to further increase the net heat anomaly

in the central Pacific during the El Niflo. The dynamical response of the

ocean to the weakened trades also tends to increase the oceanic heat content

in this region (Wyrtki,1975). Apparently, the evaporation-wind feedback

and the ocean act together dynamically to increase the oceanic heat content

in the central Pacific during the warm period of El Niño. In the eastern

Pacific, on the other hand, the net outgoing heat flux increases due to the

increase of evaporation during the El Niflo and thus the magnitude of

oceanic anomalies caused by dynamic tend to be reduced by such diabatic

processes.

Chapter 3 describes the atmospheric model and its relatively short

and long time-scale responses to the prescribed lower boundary conditions.

The governing equations of the model are time-dependent linear shallow

water equations appropriate to describe only one vertical mode. In an

attempt to determine the atmospheric internal heating more realistically, a

bulk moist-layer is imbedded into the lower layer of the model. One basic

assumption involved in the parameterization of the atmospheric internal

heating is that the low-level moisture convergence anomaly is

approximately proportional to the precipitation anomaly. This particular

assumption does not actually have solid observational base and is one of the

deficiencies of the present model. In the short term experiment, the

responses of the moist model to a given forcing are quite different compared

with those of the dry model. The atmospheric response in the moist case is

non-linear, resulting in the stronger response than the dry case. The non-
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linearity stems from the internal heating parameterization included in the

model. The strong response is due to the convergence-condensation

feedback, which tends to reduce the static stability of the atmosphere and

thus reduces the phase speed of internal gravity waves. The evaporation-

wind feedback, which is another nonlinearity involving the moisture

processes, affects the atmospheric response by interacting with the oceanic

mean field. The moist version of the model is used for the anomaly

experiment with the composite ENSO SST. The results of this experiment

has demonstrated the modelts capability of reproducing many observed

features of ENSO. The following is the major features simulated during the

warm ENSO phases by the model: the eastward movement of the rising

branch of Walker circulation, anomalous decrease (increase) of evaporation

in the central (western) Pacific and increase of the humidity in the eastern

and central Pacific. Some of the discrepancies of the simulated results when

compared with the composite data, include a weaker than observed

meridional component of wind and an eastward shift in the precipitation

anomaly area. Due to the poor simulation of the meridional wind, the

simulated evaporation over ITCZ in the eastern Pacific and the magnitude

of the simulated convergence is less extensive than observed. The

discrepancy of the location of the precipitation anomaly probably reflects the

deficiency of the internal heating parameterization pointed out earlier.

Chapter 4 describes the oceanic model and its application for the

simulation of the oceanic mean and anomalous circulations. The model

has two layers and includes an oceanic bulk mixed-layer which has been

imbedded into the upper layer in order to simulate the SST more accurately.

For the simulation of the oceanic mean circulation, the model has been
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integrated for 20 years of simulated time. The model results demonstrate

that the observed major oceanic seasonal changes are reproducible when the

observed atmospheric boundary forcings are specified. The simulated ocean

features include realistic simulation of the following: the east-west

asymmetry of temperature, the relatively cold SST along the equator; the

mixed layer depth variation; the location of the South Equatorial Current,

North Equatorial Counter Current and North Equatorial Current; the strong

upwelling velocity simulated confined along the equatorial band of 3°N and

3°S. The model has also reproduced the El Niño related features when the

boundary conditions are specified from the atmospheric composite ENSO.

The anomaly experiments were performed with the two different boundary

conditions. In the Anomaly Run I, all the atmospheric anomalies including

the wind stress, air temperature, humidity, cloudiness and shortwave

radiation anomalies are specified in addition to the mean atmospheric

conditions in the the model. In the Anomaly Run II, only the composite

wind anomaly is specified to the model. By comparing the two anomaly

experiments, we have shown that the heat and moisture fluxes play an

important role in maintaining the oceanic anomalies. It should be pointed

out, however, that the wind anomalies turned out to be still the main cause

of the initiation of the oceanic anomalies. A close comparison of the

Anomaly Run I with the Anomaly Run II has also provided an important

clue for the reason why the anomalies simulated in the Anomaly Run II

type experiment tend to be much weaker than the observation (e.g., Graham

et al., 1989). In the case where only the atmospheric anomalies are specified

as in the Anomaly Run II, positive SST anomaly induce an increase of the

surface heat flux which in turn deepens the mixed layer, and accordingly,
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the SST anomaly tends to be less variable and more easily damps out than

in the case of the Anomaly Run I.

Chapter 5 describes the design of the atmosphere-ocean model and

the results of the coupled model experiments. In coupling the oceanic and

atmospheric models, the oceanic component is allowed to respond to the

atmospheric changes such as wind stress, air-temperature and humidity,

while the atmospheric component is made to respond only to the latent

heat released by clouds. The SST-induced evaporation supplies the

moisture into the atmosphere. The long-term integration of the coupled

system reveals the unstable growth of ENSO-like anomalies during the first

2 years of integration. It also revealed an interannual oscillation with a

period of 3 years. The simulated results, however, are different from the

observations in several respects. First of all, the anomalous pattern of the

rising branch of the Walker circulation behaves like a standing oscillation

unlike in the observation which shows its east-west movement as discussed

in Chapter 2. Secondly, the anomalies appearing with an interannual time-

scale seem to be gradually damping in time. In spite of these discrepancies,

the analysis of the model results provide some important information

about the role of the ocean-atmosphere coupling dynamics in generating

ENSO-like disturbances and also the role of the transient oceanic waves in

maintaining such disturbances. More specifically, the reflection of oceanic

waves in the western and eastern Pacific is of crucial importance in the

determination of the growth and termination of ENSO.

A few words about future model improvement may be appropriate.

In the case of the atmospheric model, the radiative effects upon the

atmospheric internal heating may need to be included in the model, because



the change of cloudiness may significantly alter the radiative heating. As a

matter of fact, significant decrease of the net OLR at the top of atmosphere

during the 1982-83 El Niño suggests that the radiative heating might have

also been significantly affected. Considering the complexity of the radiation-

cloud feedback, however, the inclusion of radiative effect will not be easy to

implement in the present type of simple model.

As for the oceanic model, the empirical parameters such as the e-

folding depth scale of wind-driven eddies (20 m) or that of the convectively

driven eddies (50 m) need further fine tuning. For instance, the choice of a

relatively large value of these parameters may induce anomalous

deepening of the mixed-layer even for a relatively small buoyancy flux at

the ocean surface. The increased mixed layer depth would, then, tend to

make the oceanic responses to the atmospheric changes insensitive.

As mentioned earlier, the most important prerequisite for a coupled

model to successfully simulate the ENSO phenomena is to ensure the

component model's capability to reproduce the fundamental features of the

event when the appropriate boundary conditions are given. In other words,

the atmospheric model is required to simulate the precipitation and wind

anomalies in response to the SST anomaly and the oceanic model to

simulate the current and SST anomalies in response to the atmospheric

anomalies including the wind anomaly in particular. We find the

component models to perform remarkably well in the uncoupled cases.

This may mean that the component model performances are strongly

constrained by the specified boundary conditions. In the coupled model, of

course, the ocean-atmosphere interfacial conditions are no longer

prescribed, and they must be determined internally by the coupled model.
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This also means that the successful performances of the component models

in the uncoupled cases do not necessarily warrant a success of these model

when coupled with each other as demonstrated to some extent in the

present study. In fact, the present coupled model is by no means complete

and requires many improvements. However this study has shown the

possibility that this type of intermediate model might be able to reproduce

the realistic ENSO type oscillation.
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Appendix A. Instability analysis under different surface mean winds.

For convective region in which q' > 0 and P' > 0, (3.2.10), (3.2.12) and

(3.2.21) can be combined to become

(A.1)

R 1tq
where Qr

zps

neglecting time rate change of anomalous specific humidity and Newtonian

cooling term in uniform mean wind field.

For short time-scale motion, anomalous evaporation in the mean

zonal flow can be expressed as follow:

F0' = aU', (A.2)

where aa >0 if U'Um > 0 and aa < 0 if U'Um < 0 (See (3.2.20)).

For V=0 mode with wave type solution in x and t, (3.2.5), (3.2.6) and

(B.1) may be combined to obtain phase relationship,
1/22.w[(cQrqm)k _ikaaJ_Qr] . (A.3)

Therefore the reduction of phase speed is

/Q1.q 24m/s.

In case of Ca2 Qr q >0, and

(a) aa < 0, then 0r > > 0 (eastward propagating unstable wave),

(b) aa > 0, then ur > 0, co < 0 (eastward propagating damping wave)

and
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(c) aa = 0, then 0r > o = 0 (eastward propagating neutral wave).

Therefore in a tropical convective region a Kelvin wave may grow unstably

over mean easterly wind and can be damped over mean westerly wind.



Appendix B. The physics of oceanic mixed-layer

The conservation of sensible heat may be written as

+ VTv + VT'v'+ (Tw) + (T'w') =
1

(B.1)at az az az

And the continuity equation is

awVv+ - = 0,
az (B.2)

where T is temperature, v horizontal velocity, w vertical velocity, p and C1

are specific heat of sea water respectively, I penetrating component of solar

radiation. Overbars denote Reynolds averaging and primes denote

turbulent fluctuations. Assuming

T'v' = AhVT,

(B.1) can be rewritten as

(B.3)

a't a a- + VTv + (1w) + (T'w') = AhV2T 1
(B.4)at az az p00c, az

According to the observational results of Paulson and Simpson

(1977), penetrating solar radiation is defined as

I = I0{i'e1 Z
+ (1K)e}, (B.5)

where K = 0.58, r = 0.35 m and ? = 20 m.

Without considering the change of density due to the effect of

salinity, the buoyancy can be defined and written as follow:

PoPorbEg =gao(T_TrJ, (B.6)
Por
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where g is gravitational acceleration and c the thermal expansion

coefficient. The subscript r denotes constant reference values.

With the expression of (B.6), equation (B.4) may be written in terms

of b.

+ Vbv + (bw) + (b'w') = AhV2b
1

(B.7)
at az az p00c az

According to fundamental assumption of mixed layer theory, temperature,

buoyancy (and salinity) and horizontal velocity are assumed to be uniform

within the mixed layer. Under such assumption, equation (B.4) and (B.2)

can be integrated from the bottom of the mixed layer, z -h to the top of the

layer, z = 0.

and

aT 1
h- + hVTv TSW_h + (R0 + S0 + LE0) + We AT

poocp

= - [ - {Ke+(1_K)e}] + hAhV2T (B.8)
poocp

hVv W_h0, (B.9)

where subscript s denotes the value of the mixed layer and A represents the

quasi-discontinuous change of quantity across the base of the mixed layer,

and R0 is the surface flux of radiant energy per unit area, H0 the surface flux

of sensible heat, L the latent heat of evaporation, E0 surface flux of water

vapor, We the rate at which water is entrained from the interior below, r and

are attenuation length.

In the above derivation, flux boundary conditions, such as

= + S0 + LE0,

(w) =0,

(B.10)

(B.11)
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(W'T')=_h+ WeAl =0 (B.12)

have been used.

where

and

According to (B.6), (B.10) and (B.12) can be rewritten as

(w'b')=o = gc(T'w')zo = B0 (B.13)

gci
B0= (R0+S0 +LE0) (B.14)

(w'b')_h+ WeAb = 0. (B.15)

We define
dh hWe+vsVh+W..h. (B.16)

With the aid of (B.16), (B.17) and (B.9) may be rewritten as

(hT) + V(hTv5 )- TsWh= I hWe+ hAhV2TS

I
s0 + LE0 + I- I0{Ke_lh+(1_K) e}], (B.17)

p0 0c

+ V(h v) = We. (B.18)

In order to close the set of equation (B.17), (B.18), We has to be

determined. The turbulence kinetic energy equation is used for the purpose

in this study,

2 P1+ + v.{v'(q + - I=-v'(v'V)v + - (B.19)
p )J

where q2

Following Phillips (1980), we assume that the mean flow is usually
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horizontal and the turbulence is approximately homogeneous in horizontal

plane. Then (B.19) can be rewritten as

1 2_ - w'v' + w'b'

1 1- - w'(w'2+ v'2) + w'p'l e. (B.20)2az p00
j

For an evaluation of the second term on the right hand side of (B.20),

(B.7) is integrated twice, first from a depth z to the surface and secondly from

z = -h to the surface. Then the time derivative is eliminated from these 2

intervals. Besides boundary conditions (B.11), (B.13) and (B.15) are used.

Then we have

b'w' B0 + [ B0 + Web bw_h+Jo { i - {Ke_lh+(1_K) e}}]

1- {Ke1Z+(1_K)e}] -bw, (B.21)

1 K 1-Kwhere - - + -.
y Ti

Integrating (B.21) from the bottom of the layer to the top, we have

Bh 1 (h 1\
Jb'w'dz= 0

wehi\b bw_h+JØ-
-h 2 2

+ j0 (- + ){Ke+(1_K) e}, (B.22)

1 K 1-Kwhere= +.Ill ?.

Integrating the turbulent kinetic energy equation (B.20) with above result

and boundary conditions such as

2 Pa 2
I W'V' = - = = a1-'' '' z=-h 0, (B.23)

P00 P00



and

{
w'( w'2 + v'2) + ---w'p' = m1u, (B.24)

) z=O

{
w'( w'2 + v'2) + 1w'p'l =0, (B.25)

00 J z=-h

(av
0, (B.26)

and assuming quasi - steady turbulence state,

0. (B.27)

We may write (B 20) as follow:

1 2 3
B0h (hfl+hAb)= m1u +-.- +J.- Y)

+ J + - {Ke_1l+(1_K) e} I dz. (B.28)
(h 1) 0

2 Y J-h

We will assume that

c= m1ue+

I
Bh (h 1 (h

+ !) {Ke_lh+(1_K) e}}e. (B.29)
2 +J0 --)+J0

)

Then integrating (B.29) from bottom of the layer to the top, we obtain

10 dz = m1u(1- e)

I B0h Ih I (h + !{1ceth+(1_K) e}}[1 -h1-e ]. (B.30)
2 +J0--)+J0 1)

Therefore applying (B.30) into (B.28), we have
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w(q2+b)= m1ue+
IB0h (h 1\

2 j+o (
+ ){Ke+u_ e} } e. (B.31)

Again the turbulence level changes and the shear production at the base of

mixed layer are neglected, then the entrainment may be defined as

m1ue+ B0h (h 1\ (h 1

We
{ 2

-j0 + Kelh+(1_K) e}} e

h (B.32)

--gaT




