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Mariner 9 and Viking spacecraft observations during the 1970's have provided

evidence for planetary-scale wave-like disturbances in the Mars atmosphere. It has

been suggested that possible sources of the wave activity are dynamical instabilities

(e.g., barotropic and/or barodinic instabilities). An other candidate source is forced,

quasi-stationary planetary waves. In connection with Mars' enormous relief, both

mechanical forcing and large-scale thermal contrasts due to spatially varying surface

thermal-inertia and albedo patterns should provide a strong source for planetary-wave

activity.

In this thesis, we attempt to model aspects of the observed wave activity, focus-

ing on forced planetary waves in the wintertime atmosphere of Mars. Our approach is

to apply two dynamical models: a linear primitive equations model and a quasi-linear

'wave, mean-flow' model. Both models have spherical geometry and represent devi-

ations from zonal symmetry in terms of Fourier modes. The former model permits

a separation of responses to different elements that make up the total forcing mech-

anism, whereas the latter is used principally to investigate the role forced planetary

waves may play in the Mars polar warming phenomenon.

Basic states representing relatively 'non-dusty' and 'highly dusty' conditions

near winter solstice allow wavenumber-1 and -2 disturbances to propagate meridion-

ally and vertically into the winter jet. Higher wavenumbers are strongly vertically

trapped. Stationary waves in the northern and southern extratropics differ strongly
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in amplitude, phase and horizontal wave pattern.

The possibility for near-resonant, long-period modes in Mars' winter atmosphere
is also examined. For several wave-amplitude measures and dissipation strengths,
dusty low-frequency responses are an order of magnitude larger than non-dusty ones.

Wave, mean-flow simulations using wavenumber-1 or -2 forcings indicate north

polar warmings can occur for the dusty basic states. The sensitivity (magnitude, lo-

cation, and time scale) of a simulated warming to the wave forcing and the dissipation

strength is investigated.
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MODELING OF FORCED PLANETARY WAVES
IN THE MARS ATMOSPHERE

CHAPTER 1

Introduction

Planetary wavesdisturbances that owe their existence to planetary rotation
are a cornerstone in dynamical interpretation of the Earth's atmospheric circula-
tion. The study of nearly stationary, longitudinally varying or 'zonally asymmetric',
planetary-scale disturbances in the Earth's atmosphere has a rich history. Fundamen-
tal to the maintenance of such disturbances in a rapidly rotating planetary atmosphere
are zonaily asymmetric surface properties, such as large-scale mountain ranges and
thermal contrasts between continents and oceans. Our understanding of terrestrial
forced planetary waves is far from complete. For example, the sensitivity of responses

to different physical mechanisms and the interaction of the stationary flow component
with a highly time-varying (i.e., transient) flow are only partially understood.

In this thesis, plausible sources of stationary-wave activity are considered for
Mars. By applying two dynamical models having full spherical geometry, the char-
acteristics of forced planetary waves in its atmosphere are investigated. Since Mars
and Earth have similar fundamental 'external' parameters, a comparison of quasi-
stationary waves forced in their respective atmospheres can be initiated. And perhaps,
our understanding of the terrestrial phenomenon can be augmented.

1.1 Motivations and Rationale

The importance of surface forcings of terrestrial planetary-scale stationary waves

has been appreciated since the late 1940's. Dynamical investigations of the phenom-



ena began with landmark papers by Charney and Eliassen (1949) and by Bolin (1950).

These authors demonstrated that the interaction of near-surface flow with large-scale

topography could nearly account for the major quasi-stationary 'troughs' and 'ridges'

in the geopotential height fields within the troposphere. The importance of thermal
forcing of tropospheric stationary waves was established in a pioneering paper by
Smagorinsky (1953). As to the relative importance of orography versus thermal forc-

ing, it is not yet thoroughly established which mechanism dominantes. No doubt, both

forcings have important roles under particular circumstances. Over the last decade,
this uncertainty has provided a topic of considerable investigation: e.g., Grose and
Hoskins (1979); Hoskins and Karoly (1981); Hendon and Hartmann (1982); Held

(1983); Jacqmin and Lindzen (1985); Lindzen (1986); Nigam et al. (1988); Valdes and
Hoskins (1989); and others.

Investigation of planetary-wave propagation from the troposphere into the strato-
sphere was initiated by Charney and Drazin (1961). For quasi-geostrophic, /3-plane
disturbances on a background mean flow (assumed to vary only with height), they
showed that vertical propagation is possible in westerly flow, provided that it is not
too strong. The critical background wind speed (below which the waves are internal)
depends primarily on the scale of the wave, and also, on the background temperature
(i.e., static stability). For shorter scale waves, the critical speed is less. Consider-

ations of wave propagation in more general basic states and less restrictive fl-plane
geometry were carried out by Dickinson (1968) and for ideaiized 'climatological' mean
winds in spherical geometry by Matsuno (1970). These authors provided evidence
that wave propagation occurs preferentially within meridional 'waveguides' formed by
mean westerly flows. Favorable waveguides are produced by intrinsic structures of the
background flow (e.g., vertical shears and meridional curvatures). Matsuno (1970)
also introduced a wave 'refractive index' which effectively generalizes the wave prop-
agation criterion introduced by Charney and Drazin (1961) to two dimensions. More

recent linear studies include those by Schoeberl and Geller (1977); Lin (1982) and

Jacqmin and Lindzen (1985). Studies using more complicated atmospheric models

(general circulation models) include those by Fels et al. (1980); Andrews et al. (1983);
Simmons and Strüfing (1983); and Mechoso et al. (1985).
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Determining the causes and effects of quasi-stationary planetary-scale waves in

the Earth's atmosphere is an area of considerable ongoing research, as it is crucial in
formulating an understanding of the atmospheric general circulation. For example, the

location of nearly stationary tropospheric troughs and ridges (with time scales on the
order of weeks to months) regulate the preferred path of traveling weather systems
the 'storm tracks'for developing and decaying barodinic waves (Held, 1983; Hoskins

and Valdes, 1990). In addition, quasi-stationary planetary waves play significant roles

in the transport of trace constituents (e.g., atmospheric ozone) in the stratosphere
(WMO, 1986 and references therein). Finally, the upward propagation of planetary

waves fundamentally couples the middle atmosphere (stratosphere and mesosphere)

with the surface and lower atmosphere (troposphere).

In contrast with Earth's atmosphere, limited study has been conducted of sta-
tionary planetary waves in the atmosphere of Mars. This can be partially attributed
to a paucity of detailed observations needed to define the large-scale wave activity. As
described in Chapter 2, Mars Observer, will soon return detailed observations in which

planetary-scale disturbances (both stationary and traveling) will be discernible. More-

over, a better knowledge of the sources of forced wave activity wifi be obtained: e.g.,

high resolution topography and surface thermal observations. In addition, seasonal

and regional variations in atmospheric dustiness will be measured.

However, from past spacecraft observations it has been determined that Mars
has large and highly variable relief on 'continental' scales. Thus, one may anticipate
the occurrence of zonally asymmetric disturbances, given that the planet's surface is
considerably nonuniform in a west-east sense. Spacecraft observations obtained dur-
ing winter (e.g., Conrath, 1981) have indicated the presense of a mean zonal tempera-
ture gradient between low and high latitudes (with temperature decreasing toward the

pole). Such a distribution of atmospheric temperature will support a spatially varying
westerly flow that intensifies with height (by thermal wind balance). Thus, one could
expect that the winter atmosphere of Mars might allow planetary-wave to propagate
vertically and meridionally. The detailed structure of the atmospheric winds must
await observations provided by Mars Observer. But before that mission is underway,
it is useful to consider wave propagation into simplified, yet plausible mean flows based



4

on the observations currently available. Utilizing results provided by several indepen-

dent dynamical models developed to investigate Mars' atmospheric circulationboth

2-D models that have examined the zonally symmetric circulation (e.g., Haberle et

al., 1982); and, versions of a Mars general circulation model (e.g., Pollack et al., 1981;

1990; Barnes et al., 1992)can provide constraints on the idealized flows applied in
this investigation.

Two basic motivations for studying planetary-scale waves in the atmosphere of
Mars are thus: (1) to better our understandingbefore the next scheduled encounter

with the planet (Mars Observer)of an essential aspect of its atmospheric circulation;

and (2) to provide a comparative 'test' of our understanding of forced planetary waves.

1.2 Comparative Aspects of Mars and Earth

Of all the planets, in many ways Mars is the most similar to Earth. Table 1.1

lists a comparison of several fundamental planetary and atmospheric parameters for
Mars and the Earth. Mars' size is nearly half the Earth's and both planets have very
similar rotation rates (1 Mars solar day = 88775 sec 1 sol). The similar sizes and
rotation rates of the two planets makes comparisons between the two atmospheric
circulations meaningful. Mars' year is longer than the Earth's (687 days) and its
orbit is significantly more effiptic than the terrestrial orbit (by roughly 5.5 times).
This highly elliptical orbit has important implications for the climate of Mars. In
particular, as the planet revolves about the Sun, not only does it spend more time
at aphelion than at perihelion, but the amount of sunlight reaching the top of the
atmosphere is roughly 40% weaker. In the present epoch Mars' perihelion occurs
during late northern autumn. Combined with the planet's axial tilt (nearly the same
as the Earth's), the orbital geometry produces a sizeable seasonal asymmetry between

the northern and southern hemispheres in the incoming solar radiation.

The atmospheres of Earth and Mars differ substantially in chemical composition.
The tenuous, mostly CO2 atmosphere on Mars is characterized by a much shorter
radiative-relaxation time scale than the terrestrial atmosphere, nearly an order of
magnitude less (Leovy, 1985). Another striking feature of Mars is that during winter, a
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Basic Parameter Mars Earth
Planetary Radius (km) 3394 6369
Gravit. Accel. (m s2) 3.72 9.81
Orbital Indin. (°) 25.2 23.5
Length of Year (days) 687 365
Rotation Rate (xlO-5 s1) 7.088 7.292
Solar Constant (W rn-2) 591 1373
Main Constituents CO2 (0.95), N2 0.02) N2 (0.78), 02 (0.21)
Equilib. Temperature (K) 210 256
Gas Const. (J K-' kg-1) 191 287
Scale Height (km) 10.0 7.8
Ave. Lapse Rate (K km') 2.5 6.5
Surface Pressure (mb) 6-8 1013
Temp. Near Surface (K) 145-245 220-310

Table 1.1: Basic planetary and atmospheric parameters for Mars and Earth (from
Leovy, 1979; 1985).

substantial portion of its atmosphere condenses onto the seasonal polar caps. Surface
pressure records obtained at the Viking landers exhibit a large-amplitude seasonal

oscillation, with peak-to-peak variations of as much as 3 mb (Leovy, 1979). Because

of Mars' axial tilt and rather elliptic orbit, winter in the southern hemisphere is

longer and colder; as a result, the lowest surface pressure occurs just prior to northern
autumnal equinox.

By far the most spectacular atmospheric phenomenon on Mars is the planetwide
dust storm. These storms occur when the planet approaches perihelion and can grow
from small, regional-scale storms in the southern subtropics, to hemispheric and global
scale storms within days to weeks (Leovy, 1985). Of particular importance to the
atmospheric circulation is the increased solar absorption due to atmospheric dust.
With increased dust loading, the whole atmosphere is strongly heated; as a result,
the cross-equatorial Hadley circulation can intensify and expand polewards (Haberle
et al., 1982).

A major surface difference on Mars is the lack of oceans, although Mars still
exhibits large variations in surface thermal and radiative properties. Spacecraft ob-

servations have shown that there are very sizeable contrasts in thermal inertia and
visible albedo on planetary and smaller scales (Palluconi and Kieffer, 1981). 'Thermal
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continents' associated with these differences may be important in forcing atmospheric
motions.

1.3 Outline of the Thesis

In the next chapter, relevant spacecraft observations are briefly presented and a
review is given of past theoretical and modeling studies which have examined aspects of

forced quasi-stationary waves in Mars' atmosphere. A short synopsis is also provided

of the main scientific objectives of near-future spacecraft missions to Mars (and their

relevance to observing aspects of nearly stationary planetary waves).

In Chapter 3, two dynamical models having spherical geometry are developed
and discussed. The models are applied in subsequent chapters to study the nature of
forced planetary waves in Mars' atmosphere. Some important diagnostic quantities
that can aid in the interpretation of model results are also described.

A linear analysis of forced stationary waves forms the focus in Chapter 4. To be-

gin, a Fourier harmonic analysis of Mars' topography based on the Mars Consortium
and DTM topographies is presented. Following the harmonic analysis, a description of
(synthetic) winter zonal-mean basic states used in the linear and quasi-linear investi-
gations is provided. Important diagnostics that depend on eddy heat and momentum
fluxes are also developed. Following these preliminary considerations, several experi-

ments for relatively non-dusty and dusty conditions on Mars, for both northern and

southern hemispheres, are presented. The experiments have been designed to system-
atically consider the responses to plausible planetary wave forcings, both in isolation
and in combination. Some implications of the uncertainties in the wave forcings (e.g.,
the large-scale topography; the forcing level; etc.) are discussed.

The possibility of long-period, nearly resonant modes in Mars' atmosphere is
considered in Chapter 5. In some respects, this chapter serves to 'bridge' the linear
results of Chapter 4 with the wave, mean-flow results presented in Chapter 6. First,
some background on atmospheric free modes and the mechanism of resonance are pro-
vided. Next, in order to demonstrate the robustness of the linear primitive equations
model a consistency calculation is performed and discussed. Using two representa..
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tive winterlike basic states for Mars, the model is then used to 'scan' for enhanced
responses (within a nonzero frequency interval) associated with zonal wavenumbers 1

and 2.

The focus of Chapter 6 is an investigation of the hypothesis that a forced
planetary-wave mechanism may act in a winter polar warming observed during a
global dust storm on Mars. First, observations of the warming associated with the

second dust storm of 1977 are presented. This is followed by an overview of previous

dynamical modeling that has focused on different characteristics of the phenomenon.

Several numerical experiments with the wave, mean-flow model designed to address

some aspects of the observations and to relax assumptions of an earlier modeling
study, are then described and discussed. Implications of the forced wave mechanism

for potential high-latitude volatile transport (e.g., atmospheric water vapor) are also
briefly considered.

A summary of the main conclusions of the thesis are collected in Chapter 7

and suggestions for possible future investigations are mentioned. Details of the linear

dynamical model, the numerical solution of the wave structure equation, and the
analytic forms of basic model parameters, are reserved for the Appendices.



CHAPTER 2

Relevant Observations, Previous Studies,
and Future Planned Missions

2.1 Past Spacecraft Observations

The Mariner 9 spacecraft, launched in May 1971, carried a variety of instrument

packages and became the first space probe to successfully observe another planet

from orbit. The spacecraft ceased operating late in 1972 but obtained a wealth of
data over nearly a complete year (the mission objective was for 90 days). The more

relevant instruments for atmospheric measurements included a television camera, an

infrared radiometer, an infrared spectrometer, an ultraviolet spectrometer, and a radio

occultation instrument (Steinbacher and Haynes, 1973). The infrared interferometer

spectrometer (IRIS) experiment provided spectra between 5-50 pm from which the

thermal structure within a deep region of the atmosphere was deduced (e.g., Hanel et

al., 1972; Conrath et al., 1973). In particular, temperature profiles retrieved from the

surface to about 0.1 mb (40-45 km level), over a wide latitude band, indicated that the

thermal structure varied considerably with latitude, season, and atmospheric dustiness

(Conrath et al., 1973; Conrath, 1975). Examples of the temperature variation in high

northern latitudes are shown in Fig. 2.1 (reproduced from Conrath et al., 1973 and

Jakosky and Martin, 1987). The winter profile (Rev 102) at L3 = 322° 1 was obtained

'Li, the areocentric longitude, is an angular measure of a planet's orbital position with respect to
the Sun. Northern spring equinox corresponds to L3 = 00, northern summer solstice corresponds to

= 900, etc.
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near 65°N, during the decay stage of the 1971 global dust storm. Temperatures

in Mars' middle atmosphere ranged between 180-190 K through several scale heights,

well above the surface brightness temperature (140-150 K), and much higher than the

CO2 condensation temperature profile shown by the dashed line. The late northern

spring profile (Rev 528) at L3 = 600 was retrieved when the atmosphere was relatively

clear of dust. Below 20 km, the temperature decreased with height at roughly half

the adiabatic rate (the dashed-dotted curve), and was isothermal at higher levels.

From the infrared and ultraviolet measurements, surface-pressure variations on

Mars were also assessed. Mars exhibited significant pressure variations at the surface

(e.g., variations as large as 50% of the mean), evidencing substantial surface relief

over the planet (Hanel et al., 1972).

Some of the earliest estimates of the large-scale circulation on Mars were made

by Hanel et al. (1972) and Conrath et al. (1973) using IRIS temperature profiles to

construct semiglobal fields of atmospheric temperature. Both studies neglected large-

scale surface pressure variations, surface friction and orography, and used simplified

dynamical models. The latter study included a thermal tidal calculation. It was
determined that during the dusty period, a strong diurnal component existed in the
circulation diagnosed from the constructed temperature field.

Conrath (1981) examined the IRIS temperature data in an attempt to detect

large-scale, wave phemomena other than the diurnal thermal tide. Unfortunately,

because of limitations of the IRIS dataset, it is not possible to uniquely determine

the zonal wavenumber and frequency associated with any disturbance. However, the

data do permit a search for disturbances exhibiting a deep, hemispheric structure.
Because of the widths of the weighting functions of the IRIS, the vertical resolution of

the retrieved temperature varies between 0.5-2 scale heights (poorest at high levels).

As detailed by Conrath (1981), late-winter time series of atmospheric temperature

were analyzed for the northern hemisphere at five vertical levels (between 0.1 and 5.0

mb) and 10°-latitude bins during the period L3 = 330-350°. This period spanned
nearly forty days. A time average of the individual time series produced the mean

meridional temperature cross section shown in Fig. 2.2a (reproduced from Conrath,

1981 and Michelangei et al., 1987).
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It can be seen that the winter atmosphere exhibited large thermal variations
during this period: warmer temperatures in low latitudes and low altitudes, and a
nearly isothermal atmosphere in high northern latitudes. The region of maximum

temperature slopes upward and poleward from the subtropics. The occurrence of a
strong horizontal temperature gradient in middle latitudes should have supported a

substantial mean westerly flow (by thermal wind balance) that increased in magnitude

with increasing height. Also, accompanying this thermal pattern is an increasing static

stability from low latitudes toward middle and high latitudes, with the maximum
stability sloping upward and poleward. An example of a mean zonal wind field in

gradient wind balance with this thermal field is shown in Fig. 2.2b. This field has

been constructed assuming = 0 at the 5-mb level (Michelangeli et al., 1987). Because

there is no knowledge of the mean wind field at one boundary level, the true magnitude

of the westerly vortex is indeterminate; surface winds are known to be weak, however.

Because the retrieved temperatures were averaged into 10°-latitude bins, the mean

zonal jet may appear artificially broadened (Michelangeli et al., 1987). Leovy (1982)

used similar methods to construct meridional cross sections from the IRIS data at

different L3.

Significant deviations from the mean thermal structure were isolated by Conrath

(1981). In particular, a strong peak in the power spectra occurred at vi = sIlo I =

0.051 day1, where vr, u and v0 are the Doppler-shifted frequency, frequency of the

disturbance and orbital frequency, respectively, and S is the zonal wavenumber. This

peak dominated all other features with increasing height. A smoothed meridional

cross section of the temperature amplitude at v is indicated in Fig. 2.3. Noticeable

even in the smoothed cross section, is a peak amplitude that is well correlated with

the location of the westerly vortex shown in Fig. 2.2. As discussed by Conrath, there

are infinite combinations of zonal wavenumber and frequency which can correspond

to a given ui. One possible fit is a stationary wavenumber-2 mode. The nature of

the data prohibits an unequivocal indentification of the source for the disturbance.

Whether the phenomenon is due to an in situ shear instability (e.g., barotropic and/or

barodinic) or possibly to a forced quasi-stationary wave (e.g., topographically and/or

thermally forced), is uncertain. Conrath considered the possibility of both mechanisms
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using quasi-geostrophic, /3-plane models.

In regards to a forced stationary disturbance, Conrath (1981) did not actually

perform wave calculations using the Mariner 9 mean cross section as a basic state.

Instead, an analysis of the quasi-geostrophic 'refractive index' for this basic state was

made. Conrath assumed a mid-latitude /3-plane, a constant basic state temperature
= 170 K, and considered only wavenumber 2. It was found that in middle lati-

tudes, wave penetration could occur up to about 0.5 mb
(c..'

25 km); in high northern
latitudes (poleward of 60°N), propagation would be unfavored. Although station-
ary wave propagation in spherical geometry is substantially different than in /3-plane

geometryfor example, a strong equatorward flux of wave activity occurs and the
response is much less sensitive to dissipation (Held, 1983)Conrath's analysis does

demonstrate that stationary waveguides can exist during winter within Mars' intense

westerly vortex.

Recently, Santee and Crisp (1992) have examined a subset of the Mariner 9 IRIS
data, restricted to a period L3 = 343-348° (12 days) corresponding to late northern
winter. Using an improved retrieval algorithm, examination of the thermal structure

and dust loading from the surface to 60 km was performed. It was determined that
the largest dust optical depths (at 9 pm) occurred over the equatorial region, and
the highest atmospheric temperatures (260 K) were at low levels near the sub-solar
latitude (r.. 6°S). The winter polar region exhibited the coldest temperatures (150
K) near 1.0 mb. In the subtropics between 2-3 mb, very large diurnal temperature

changes existed (as large as 80 K). In both southern and northern high latitudes
diurnal variations were limited to about 10 K. Over the winter polar region above 0.1

mb (40-45 km), both day and evening temperatures exceeded radiative equilibrium

temperatures. Santee and Crisp (1992) argue that this thermal signature evidences the

importance of dynamical processes. That is, a net zonal-mean meridional circulation

must exist, with rising motion in low latitudes, poleward flow aloft and sinking motion

in high latitudes.

Other relevant spacecraft observations are discussed in Chapter 6. These relate

particularly to a polar warming detected by the Viking orbiters (at infrared wave-

lengths) during the winter solstice global dust storm of 1977.
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2.2 Previous Studies

A brief review of past theoretical and modeling studies related to the large-scale

circulation of Mars is presented here. We focus, in particular, on insights such studies

have provided on the possible nature of forced planetary-scale waves.

2.2.1 Early Analytical Approaches

Using analytic models, Blumsack (1971) and Blumsack and Gierasch (1972)
investigated effects of variable topography on Mars' large-scale circulation. The former

study focused on the steady response to orography for summer and equinox conditions.

The latter investigation considered the enhancement and/or suppression of barocinic

instability when large zonaily symmetric topographic slopes exist. Assuming a small
Rossby number could characterize the motion, Blumsack (1971) developed a steady,
thermally driven circulation model valid for middle latitudes. Nonlinear advection of

temperature and momentum were neglected in the model. Also, it was assumed that

the atmosphere's thermal structure could be prescribed independently of the flow.
Several cases were considered: a constant Coriolis parameter (f = 2l sin ç5 = fo) and
flat topography; a constant f with variable topography; and, the converse of these
two situations.

Blumsack found that provided the prescribed temperature field decreased with

altitude, high elevations corresponded to thermal lows, where low-level convergent
inflow over the mountain was replaced at upper levels by divergent outflow. Sim-
ilar patterns have been found over major mountainous regions on Earth (e.g., the
Himalayan Plateau and Rocky Mountains). A major limitation of this study was
the neglect of horizontal temperature advection by the large-scale motion (i.e., the
thermodynamic energy equation was not coupled into the model).

In the barodinic instability study of Blumsack and Gierasch (1972), the influence

of large zonally symmetric topographic slopes on the linear growth rate, wavelength,

phase speed and associated poleward heat fluxes of unstable modes were examined.
The analysis was based on a Rossby number expansion (assumed small), neglecting

effects of compressibility. It was found that for negative meridional slopes, the wave-
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length and growth rates were reduced, and the poleward heat transport by the eddies
was suppressed.

2.2.2 Linear and Quasi-Geostrophic Modeling

Using a two-level, quasi-geostrophic model that included preliminary topogra-

phy data obtained from Mariner 9, Mass and Sagan (1976) produced some of the
first 'synoptic' maps for Mars' southern hemisphere for equinox and solstice condi-
tions. The model was formulated in a polar stereographic projection and variations

in surface temperature, pressure and albedo were neglected. In addition, a constant
static stability was imposed. In order to integrate their model, it was necessary to
substantially smooth the topography. For winter conditions, Mass and Sagan found

that robust stationary features developed that were very much connected to the to-

pography. For example, high-pressure regions at the 4-mb level were found on the
upslope regions of Tharsis and Noachis Terra and a dominant low-pressure region was

positioned within the ilellas basin. These features evidenced both an intensification
and weak westward tilt with height (e.g., 5_lao between 2-4 mb).

Gadian (1978) applied linear quasi-geostrophic models in investigations of baro-

clinic instability and of forced stationary disturbances in Mars' atmosphere. The
barocinic study used a /3-plane geometry and focused on determination of growth
rates, phase speeds and wavelengths of the most unstable modes for constant shear

flows. The dependence of such modes on the assumed dissipation (Newtonian cool-

ing) and static stability was also examined. In the forced-wave study, Gadian provided

a rather coarse harmonic analysis of Mars' topography (again, based on preliminary

Mariner 9 data), for latitudes equatorward of 60°. It was determined that wavenumber

2 had the largest amplitudes (particularly in low latitudes), and that wavenumber-1

amplitudes were comparable in the northern and southern extratropics. The forced-

wave study applied a spherical model and was focused on estimating the magnitude of

poleward eddy heat fluxes associated with stationary planetary waves. Some strong
assumptions were imposed by Gadian: for example, the mean zonal flow had a cosine-

latitude dependence; the latitudinal variation of f was neglected even though the
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spherical shape of the planet was included; and, thermal forcing was not considered.

Gadian (1978) presented results only for stationary wavenumber 2. It was deter-

mined that below 30-40 km, wavenumber 2 could obtain amplitudes between 30-130

m (depending on the amplitude of the forcing), had weak westward phase variation in

the vertical, and that stronger low-level shears of the basic state could reduce the wave

amplitude and magnitude of the poleward heat flux. Based on these results, Gadian

concluded that between solstice and equinox, the poleward flux of heat by forced, plan-

etary waves could be important (corresponding to vertically-averaged heating rates

poleward of 60° of 5-10 K day-1) and would dominate that associated with barodinic

eddies.

Another linear study of forced large-scales waves in Mars' atmosphere was under-

taken by Webster (1977). Using a steady-state, linear, two-level primitive equations

model, Webster investigated the forced response from both mechanical and thermal

effects of topography, based on a smoothed Mariner 9 topography. Analogous to Blum-

sack (1971), Webster determined the heating associated with topography by assuming

that the surface remains nearly isothermal and that the atmospheric temperature de-

creases with height (i.e., with a lapse rate z) = -T < 0). In this manner, high
(low) elevations act effectively as heat sources (sinks). Guided by results of Leovy

and Mintz (1969), Webster prescribed a basic zonal-mean wind profile appropriate
for either equinox or solstice conditions and used a cosine-latitude dependence for the
lapse rate r (with the maximum at the same latitude as the solar declination angle
for a particular season). Dissipation was parameterized in terms of a frictional drag,
a vertical diffusion, and a Newtonian cooling term.

The circulation determined by Webster for northern winter solstice exhibited

large-amplitude stationary features in low latitudes and the extratropics. The dom-

inant mid-latitude responses were in the western hemisphere, associated with higher

topography and stronger thermal forcing in that hemisphere. Little structure was
presented polewarci of 50°. As evidenced at the two model levels, the features were

strongly barotropic, exhibiting little westward tilt with height (e.g., less than 10°

within 10 km). Also, evidence of substantial poleward momentum flux associated
with the stationary waves was apparent, as indicated by the southwest-northeast tilt
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of the features. Forced responses during southern winter were of the same magnitude
and exhibited similar spatial patterns.

Because of weak asymmetric topographic amplitudes in middle latitudes, Web-

ster concluded that thermal forcing of the stationary wave patterns dominated over

mechanical forcing, and that there was a mostly barotropic response in middle lati-
tudes.

In several respects, the linear analysis that will be presented in Chapter 4 is a
major improvement on the linear study conducted by Webster (1977). To this end, the

primitive equations model is formulated with high resolution, extends in the vertical

to many scale heights and uses more realistic zonal-mean basic states. Also, a more
accurate version of Mars' topography is used. Finally, the forced wave responses in
middle and high-latitudes are more thoroughly analyzed.

2.2.3 General Circulation Modeling

The first attempt to model Mars' general circulation was over twenty years ago,
when Leovy and Mintz (1969) adapted the two-level Earth general circulation model

(GCM) developed at UCLA to Mars. The model permitted CO2 phase transitions
and incorporated a variable surface albedo. Variations in the planet's topography
were not included in this early model. Model simulations were performed primarily

to examine the effects of CO2 condensation/sublimation on the circulation at two

seasons: northern winter solstice and spring equinox. It was found that at solstice, a
low-wavenumber stationary component of the circulation occurred in middle latitudes.

The forcing of the stationary response was thermal in nature, associated with large-
scale minima in the surface aibedo field in middle latitudes.

Pollack et al. (1981) included another vertical level and incorporated topogra-
phy based on smoothed Mariner 9 data. Additionally this version of the model had
improved horizontal resolution and finite differencing, and a diurnally-varying convec-

tive boundary layer. Simulations were performed corresponding to southern winter
solstice (L8 = 82-147°). The simulations not only indicated that traveling weather

systems (transient barocinic eddies) occurred in high latitudes of the winter atmo-
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sphere, but that a strong stationary component of the circulation also existed. In

particular, the stationary geopotential was tied very closely to the underlying topog-

raphy with a pressure 'ridge' on the upslope of Tharsis and a 'trough' in the vicinity

of Hellas. Weaker troughs and ridges were positioned near Argyre and to the east (on

the upsiope) of Hellas, respectively, but the dominant horizontal wave pattern was

zonal wavenumber 1. The stationary features also evidenced a pronounced southeast-

northwest tilt, indicative of a southward momentum flux into the strong westerly jet.

Although the vertical resolution of this version of the MGCM was still rather coarse,

the stationary features were strongly barotropic.

More recently, the Mars general circulation model (MGCM) has been vastly

improved. The model now has 13 vertical levels, the heating algorithms have been
modified to incorportate radiative properties of suspended dust, and the model incor-

porates smoothed variations in albedo, thermal inertia and topography as provided

by the Mars Consortium datasets (Pollack et al., 1990; Haberle et al., 1992; Barnes et

al., 1992). This latest version of the MGCM has been used to examine the seasonal

variation of Mars' circulation and to examine changes in the circulation for a variety

of uniform dust loadings. In particular, the effects of atmospheric dust on the CO2
condensation cycle has been examined by Pollack et al. (1990). Thorough analyses

of both the zonal-mean circulation (Haberle et al., 1992) and the transient barodinic

eddies (Barnes et al., 1992) have recently been documented.

In Chapter 4, comparisons are made between the linear results and stationary-

wave disturbances predicted by the newest version of the MGCM.

Another 'general circulation' model was used by Moriyama and Iwashima (1980)

to examine the effects of dust and topography on Mars' circulation. Actually, their

model was a low-order spectral model (truncated at zonal wavenumber 6) and it
was based on a balance set of governing equations. Further, the model had limited

vertical resolution (3 levels) and was restricted to the southern hemisphere. The

authors also included Webster's (1977) heating parameterization to examine thermal

forcing associated with topography. Although this study was focused on examining

possible changes to the mean meridional circulation from dust heating, the authors also

performed some steady-state, forced wave calculations for non-dusty conditions. In
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particular, the relative importance of thermal and topographic forcings were displayed

in fields of vertical (pressure-coordinate) velocity at the 5-mb level. Moriyama and

Iwashima showed that in the subtropics, the thermal and orographic responses had

similar magnitudes, and were shifted slightly in longitude. The latter effect leads to

cancellation/reinforcement of responses when both forcings are present (e.g., Held,
1983).

2.3 Future Spacecraft Missions

A brief summary is given of upcoming missions to Mars with an emphasis on
observations of its atmosphere and climate.

Mars Observer

Mars Observer, scheduled for launch in September 1992, will arrive at Mars late

in 1993. This spacecraft will be the first US orbiter to return to the planet since
the mid-1970s and will carry 'state-of-the-art' remote sensing instruments. After
positioning into a low-altitude polar orbit (average height above the surface 400

km), detailed measurements of the surface and atmosphere will be made over one
complete Mars year (the mapping phase). Scientific objectives relevant to atmospheric

and climatic studies of Mars include a definition of the global surface topography;
determination of the spatial and temporal variations, distributions, sources and sinks
of volatiles and dust during a seasonal cycle; and examination of the structure and
circulation of the atmosphere (Albee and Palluconi, 1990). To this end a variety of
intruments are mounted on the spacecraft and include the Mars Observer camera
(MOC); the thermal emission spectrometer (TES); the pressure modulator infrared
radiometer (PMI1tR); and the Mars Observer laser altimeter (MOLA).

A summary of the instrument objectives is provided by Albee and Palluconi

(1990). PMHtR will map the three-dimensional thermal structure from the surface to
near 80 km, and map the global, vertical and temporal variations of atmospheric dust,

volatiles and condensates. Similarly, TES will study the composition and distribution

of dust and condensate clouds, as well as provide thermophysical measurements of



the surface (albedo and thermal inertia). MOLA will provide very high resolution
topography (with vertical precision of 30 m on a 0.2° x 0.2° global grid).

Inferences of Mars' atmospheric circulation from measurements by Mars Ob-

server will be possible, particularly those provided by PMIRR and TES. Similar in-

struments flown on terrestrial satellites have provided a picture of Earth's middle
atmosphere circulation (roughly 20-80 km).

Mars 1994/96

The former USSR has proposed an ambitious return to Mars: Mars 1994 and

Mars 1996. The two missions will each have a nominal duration of one Mars year and

consist of orbiters, landers, penetrators, rovers and balloon platforms. (Mars Observer

will actually carry a telemetry relay provided by CNES, the French space agency, for

use with the balloon and lander missions: the Mars balloon relay (MBR).) In addition

to an orbiter for each mission, 1-3 surface meteorological stations, and penetrators,

Mars 1994 will deploy a rover; and Mars 1996 will deploy a balloon. The orbiters

will have thermal infrared mapping radiometers (THERMOSCAN) to measure the

three-dimensional temperature structure of the atmosphere (communication by V. I.

Moroz at the IAMAP Symposium: The climate of Mars, XX Gen. Assemb. IUGG,
1991).
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CHAPTER 3

Methodology and the Dynamical Models

In this chapter we develop and discuss two dynamical models that are used
as tools to investigate aspects of forced large-scale quasi-stationary waves in Mars'

winter atmosphere. The first model is used to study the linear propagation of zonal

disturbances on fixed winterlike mean flows for Mars (the focus of Chapter 4). This

model is also used to study possible long-period atmospheric 'free' modes and the
potential for quasi-resonant, planetary-scale responses during wintertime conditions

(Chapter 5). The second model, which also permits propagation of zonal disturbances

on Mars wintertime basic flows, is quasi-linear in that wave, mean-flow interactions are

permitted. It is used primarily to investigate the viability of a forced-wave mechanism

that might operate in the Mars polar warming phenomenon (Chapter 6).

3.1 Approach

One method used to study a particular set of equations that attempts to describe

the underlying physics of an atmosphere, is to partition a dependent quantity (e.g.,
temperature T) into a mean part (ft) and a deviation from the mean (T'). The

deviation is often referred to as an 'eddy' or 'wave' quantity (i.e., disturbance). There

are several choices for a mean: a 'cimatological monthly mean', denoting the mean

for a particular month over several years; a 'zonal mean', denoting the mean around

a latitude circle; a 'Lagrangian mean', denoting the mean following a particular set of

fluid particles; and so forth. In this thesis, we focus on the spatially-fixed (Eulerian)
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longitudinal or zonal mean. For example, for temperature (T), the zonal mean is

expressed as
1 ,2

T(ço,z,t) -f T(A,ço,z,t)dA (3.1)
27r 0

and the departure from the zonal mean (disturbance) is denoted by a prime

, z, t) T t. (3.2)

In the above (A, ç, z) correspond to the longitudinal, latitudinal and vertical coordi-

nates, respectively.

A recurrent theme throughout this thesis is the interaction of a mean flow (or

potential for such interaction) with a disturbance superimposed onto it. Since the

mean-flow structure determines the propagation characteristics for disturbancesand

the disturbances, via nonlinear interactions and rectified eddy effects can alter the

structure of the mean flowthis interaction is a two-way process. The theory of the
interaction of waves and mean flows is most highly developed for zonal-mean averaging

(e.g., Andrews, 1985).

The separation of dynamical field variables into mean and wave quantities has

been a common practice in meteorology and may not always be the most satisfactory

way to analyze an inherently nonlinear atmospheric flow phenomenon. This approach

is less suitable if the departures from the mean are of large amplitude or if they
possess a high degree of zonal asymmetry (e.g., a displaced polar vortex). In terres-

trial atmospheric studies during the last several years, large amplitude planetary-wave

events have been viewed in a more fundamental framework: in terms of maps of Er-

tel's potential vorticity on isentropic surfaces (e.g., Hoskins et al., 1985). It has been

demonstrated that large-amplitude Rossby waves in the Earth's polar stratosphere
may 'break' and lead to irreversible mixing of potential vorticity (e.g., McIntyre and

Palmer, 1984). Recently, methods have been developed that attempt to parameterize

effects of Rossby wave breaking in terms of dissipation (i.e., a damping) associated

with large-amplitude planetary-scale waves within the traditional wave, mean-flow

framework (e.g., Garcia, 1991). The traditional approach has provided physical in-
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sight into various terrestrial atmospheric phenomena (e.g., Holton, 1975; Andrews,

1985; Andrews et al., 1987) and is a valid starting point for investigations of Mars.

In comparative studies of different planetary atmospheres with that of the Earth, ap-

plication of a similar approach (if valid) can lead to understanding of the planetary

circulation in question; it may also improve our grasp of the terrestrial case.

In Section 3.2, we present the development of a linear planetary-wave model.

This is followed in Section 3.3 by the development of a quasi-linear wave, mean-
flow model. Relevant diagnostic quantities that depend only on the zonal-mean flow

structure are discussed in Section 3.4. The potential for significant wave, mean-flow

interactions may be assessed in a linear context, and some methods for determining

this potential are discussed in Chapter 4.

3.2 A Linear Primitive Equations Model

The model constructed here is used to investigate forced, stationary circulations

in the southern and northern hemispheres of Mars during wintertime conditions, for

both relatively non-dusty and highly dusty atmospheres. Following the model's pre-

sentation, we describe the simple physics that are adapted into the model. This section

concludes with a brief description of the numerical scheme that is implemented to solve

for the planetary-wave's meridional structure. Further details on the derivation of the

governing structure equation and the form of lower boundary condition are given in

Appendix A; details of the numerical scheme are given in Appendix B.

3.2.1 Model Description

We assume that the total flow consists of a basic flow and small amplitude distur-

bances on the basic flow (i.e., disturbances that are 0(a), where a is a nondimensional

amplitude parameter much less than 1). This approach becomes less justified if the

disturbance has large amplitude. We may partition dependent variables as:

U = t + UI + 0(a2) (3.3)

V = V1 + 0(a2) (3.4)
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= w' + 0(a2) (35)

0 = +01+ 0(cx) (3.6)

= + ' + 0(a2). (3.7)

For a basic flow, we choose a steady, zonally symmetric flow that is purely zonal

and unforced. In terms of the primitive equations in log-pressure coordinates (e.g.,

Andrews et al., 1987, pp. 113-116), this basic flow is one described by gradient-wind

balance:

= ti0 (3.8)

{i+ utanco] + = 0 (3.9)

= itt. (3.10)

Here, z = -Hln(p/p3), the vertical coordinate in log-pressure coordinates; H is a

constant scale height; p is a constant surface pressure; is the geopotential; 0 is the

potential temperature; a is the planetary radius; ic is the ratio of the gas constant R

to the specific heat at constant pressure c; f = 2f1 sin , the Coriolis parameter; and,

f is the planetary rotation rate. (u, v, w) are the eastward (zonal), northward (merid-

ional) and vertical (w = dz/dt) velocity components corresponding to (A, cc, z), the

longitudinal, latitudinal and vertical coordinates, respectively. The overbar designates

a zonal mean as in Eq. (3.1).

After substitution of Eqs. (3.3)-(3.7) into the complete primitive equations and

using the basic flow described by Eqs. (3.8)-(3.10), one may obtain a set of equations

correct to 0(a) that govern the disturbances:

D1+V1[(08cc)
-III

+w' = 1 (3.11)
I.

acosço a cos cc

Dv1+u1{cc+f] = (3.12)a°
= 0'e' (3.13)

1
[uA + (v'coscc),] + (poW')z = 0 (3.14)

acosça P0
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+ + N2w' (3.15)

These are the wave (disturbance) equations that form the basis for the planetary wave

model. Here, P0 = p3e_z/H, where PS iS a constant density;

a u aDE-+ (3.16)

and the log-pressure buoyancy frequency is defined as

N2 = N2(ça, z) (3.17)

Eqs. (3.11)(3.15) describe the horizontal momentum balance, hydrostatic balance,

mass continuity and the thermodynamic energy equation, respectively. Horizontal

nonconservative mechanical forcing is specified as (X', Y'). J' is the diabatic heating

rate per unit mass. Choices for these terms are described in Section 3.2.2.

In order to begin solving Eqs. (3.11)(3.15), we decompose the dependent van-

ables in terms of Fourier modes in longitude and time and seek steady solutions (i.e.,

where the amplitude is independent of time) of the form, for example, for ',

, z, t) = Re z)e1(8_2t)t2h1] (3.18)

s=1

and where the amplitude is in general complex. For a stationary calculation, o = 0.

Following the procedure described in Appendix A, using this representation the equa-

tions may be combined and for each wave mode in (s, c), a single structure equation

in terms of the geopotential amplitude is formed

A + + C + D + + F'f = G (3.19)

where the coefficients A, B, ..., F are functions of (, z) through their dependence

on the basic flow. G depends on the specified forcings J', X' and Y'.

Using Eq. (3.19), the linear and steady-state wave structure is determined in

a hemispheric domain subject to a particular set of boundary conditions. At the
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lateral boundaries (equator and pole), it is assumed that the perturbation geopotential

vanishes. At the upper boundary (z = zT), it is also assumed that the perturbation
geopotential vanishes. At the lower boundary (z = zB), the thermodynamic energy

equation Eq. (3.15) is applied together with a kinematic condition as follows.

In terms of the geometric vertical velocity, the kinematic condition used is

UB VB
VhB = hB + hB, (3.20)

acosço a

where hB is the planetary orography and B is the flow at the surface. This condition is

not really applied at the 'surface' but at a fixed log-pressure height z = ZB (i.e., we are

assuming that orographic effects act on a constant pressure surfacean approximation

that could be removed by using terrain-following a-coordinates). Because the model

is formulated with a log-pressure vertical coordinate, it is necessary to relate the
geometric vertical velocity in Eq. (3.20) to the log-pressure vertical velocity

1 D4 1
+

U
+ + w4''. (3.21)gDt gL acosça a

.1

Upon linearizing Eqs. (3.20) and (3.21) about the basic zonal flow specified by Eqs.
(3.8)(3.10), we obtain

and

(3.22)
acos a

= [i' + + (3.23)

Combining the above two equations for tZ" at z = ZB, the model's lower boundary, and
eliminating w' between this result and Eq. (3.15), a modified thermodynamic energy

equation is obtained which forms the lower boundary condition. Further details are
given in Appendix A.

It should be noted that the linearized form of 'th' as expressed by Eq. (3.22) has
a term proportional to the zonal-mean topography hB,. For the case of Mars, this can

be a significant contribution, particularly in the northern hemisphere, and is further

discussed in Section 4.1.
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3.2.2 Model Physics

In order to keep the analysis of the results directly related to changes in model

input parameters and because of the lack of sufficiently detailed observations (e.g., dis-

tributions of atmospheric dust necessary to determine radiative heating enhancement),

we make simple choices for the external physics used in the model. Radiative heating is

parameterized in terms of a Newtonian cooling with height-dependent rate relaxation

coefficients crN(z) as determined by Barnes (1984) for relatively non-dusty and highly

dusty conditions on Mars. Specifically, in the thermodynamic energy equation (Eq.

3.15), we set cH1J' = -cxN. In addition, dissipation of wave momentum is pro-

vided through damping via Rayleigh friction. For example, the nonconservative me-

chanical forcings in Eqs. (3.11) and (3.12) are prescribed with (X', Y') = -cxR(u', v'),

and the vertically dependent 'drag' coefficients are largest in high levels. This use of a

momentum drag also provides for an effective 'sponge layer' in the upper part of the

model, absorbing upward propagating wave energy and inhibiting wave reflection from

the model top. Dissipation associated with scales of motion smaller than those being

modeled (e.g., turbulence generated by vertically propagating gravity waves that may

'break' in Mars' middle atmosphere) could be better approximated as a combination

of nonlinear drag and diffusion processes (e.g., Barnes, 1990). Such effects are not

considered here. Values of the height-dependent Rayleigh friction coefficients used are

assumed to be typically less than those of the Newtonian cooling coefficients.

Fig. 3.1 shows choices of Newtonian cooling and Rayleigh friction profiles that

have been used in both the linear and the wave, mean-flow models. Analytic forms

for the profiles shown in this figure are given in Appendix C.

3.2.3 Numerical Scheme

Essentially following Lin (1982), Eq. (3.19) together with the above mentioned

boundary conditions, is discretized using centered finite differences on a hemispheric

latitude-height grid. A grid spacing of w = 50 latitude and Liz = 2 km is used. As

described in Appendix B, the finite-differenced form of the wave structure equation

results in a system of algebraic equations which can be expressed in block tridiagonal
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form and solved using an aJgorithm of Lindzen and Kuo (1969).

3.3 A Quasi-Linear Wave, Mean-Flow Model

The model that is developed in this section is used to investigate the viability of

a forced-wave mechanism that may act in the Mars polar warming phenomenon. The

model differs from that constructed in the previous section in that it is nonlinear and

allows for wave, mean-flow interactions. We start out with a development of the wave,

mean-flow model. Next, we describe the physics that are included. Following this,

some details of the numerical schemes that are employed to solve the coupled wave-

/mean-flow governing equations are presented. Further details on the time differencing

scheme, boundary conditions and numerics are documented in Holton (1976) and
Holton and Wehrbein (1979).

3.3.1 Model Description

Continuing with the methodology used in the previous section, we assume that

dependent variables may be partitioned into a zonal mean and disturbances on the
zonal-mean state. To obtain governing equations for the former, one substitutes the
partition given by Eqs. (3.1) and (3.2) into the complete primitive equations and
zonally averages the result, giving the following set:

-1] +ff't = X 1 (v'u'cos2),
a cos2I acoscp

1
(3.24)

Poftan V 1_ 1 2cosça),+1 + v--wv-f V (v'
a I a a acos

u'2tanç
(3.25)

P0 a

L = = (3.26)

(icosç),
+ ---(potii) = 0 (3.27)

acos po

t + + tiL =
a cos

(i?7cos w)
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(3.28)
P0

Eqs. (3.24)-(3.28) describe the horizontal momentum balance, hydrostatic balance,

mass continuity and the thermodynamic energy equation, respectively, for the zonal-

mean fields. Given expressions for the forcing terms , ' and Q, knowledge of
the wave flux convergences terms on the right-hand sides, and suitable boundary
conditions, this set predicts the time evolution of the zonally symmetric circulation.

For use in the wave, mean-flow model developed here, the above set of equations

for the zonal-mean circulation is simplified by neglecting some small terms 0(c), based

on scaling arguments provided in Holton (1975) (cf. pp. 38-48). Here, c U/(2IZL) is

the Rossby number; U and L are horizontal velocity and length scales, respectively.

Another approximation is made by neglecting advection by the mean meridional wind

and some vertical advection terms, following Holton (1976). Since the regions of
primary interest in this study are the extratropics and high latitudes, and it is assumed

that the mean zonal wind is nearly in gradient wind balance, these omissions should

cause relatively small errors, particularly in a model restricted to a hemisphere (the

approach adopted here). In a global model that better represents the mean meridional

circulation, however, the neglected mean advection and flux convergence terms should

be retained.

After rewriting the thermodynamic energy equation in terms of geopotential

using the hydrostatic approximation Eq. (3.26), the approximate primitive equations
for the zonal-mean circulation become:

fi' - - tan ço
-

= x 1
(??cos2 (3.29)a acos2

1
3t + fti - tan + -, = Y (3.30)a a

= R e" = T. (3.31)

(3cosW),
+ --(poii) = 0 (3.32)acosço P0

PC 1 (cosço),. (3.33)acosça
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In the above, the buoyancy frequency N is given by

N2(z) 0oze2Jl'H (roz + (334)

where Oo(z) and To(z) are reference profiles of potential temperature and temperature,

respectively, and are related by T0 = O0e''11. The reference profiles are obtained by
horizontally averaging a zonally symmetric 'radiative equilibrium' temperature field

TE(cO, z), a process discussed further below.

For the wave component of the flow, the linearized primitive equations described

in Section 3.2.1 are applied using the same assumption above. That is, vertical ad-
vection of the zonal-mean zonal wind is neglected, whereby Eqs. (3.11)(3.15) reduce

to the approximate linearized primitive equations:

bu' + ' {(ucos). _fl = 1 + 1 (3.35)acosço
.1

acosça

' + , {2u tan cc'

+ = + 1 (3.36)

= RO!e_Kz/H (3.37)
,

LA + (v'cosc')] + _(pow')z = 0 (3.38)acosw Po

DE + + N2w' --J' (3.39)a

Again, D is defined by Eq. (3.16) and the buoyancy frequency is the same as that used
in the zonal-mean equations. All other variables are as defined previously. Choices

for the nonconservative mechanical forcings (X, Y, X', Y') and the diabatic heating
rates (.1', J') are described in Section 3.3.2.

It is useful to eliminate the vertical velocity term in the zonal-mean and wave

thermodynamic energy equations using the zonal-mean and wave continuity equations.

Multiplying Eqs. (3.33) and (3.39) by po/N2, differentiating by z, dividing by pa and
using Eqs. (3.32) and (3.38), one obtains the modified thermodynamic equations:

1!1'1 (cosco)piIPoKj\
lPo t..N2 ZJ

acoscc' P0 N2H )
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l[Po 1 (?cosca)} (3.40)
Po N2acosg'

! 1_-D) 1 [u + (v'cosça),] 1( P0 p\
P0 N2 acosçc +

k..N2H )

(P0 \)

(3.41)pkN2a Z(PJz

Following Holton (1976), the longitudinal dependence is separated by assuming

that the wave motion can be represented by a single zonal harmonic. And, a]1 de-
pendent variables in the zonal-mean set (Eqs. (3.29)(3.31), (3.40)) and the wave set

(Eqs. (3.35)(3.37), (3.41)) are scaled by e'P" (i.e., equivalently by a factor of ph/)

Thus we use the solution forms:

and

u

) (

U(p,z,t)'\
= V(ço,z,t) I

eZ (3.42)

U,

J {(

u(,z,t)
1

vi = Re v(ç,z,t) ei8zt2 (3.43)

o,z,t))
J

where the wave amplitudes are complex. With the above representations, the govern-
ing equations for the zonal-mean and wave fields are:

Uj_fV_.1Kezt2h1tança =

Vg+fU+_e2tanc+_If, =

(0 1\ 1(0 1\
=

-.

'0z 2H)N2H

Xet" + FM (3.44)

(3.45)

(Vcoso) +
a cos ça

10 1" 1 1
FT, (3.46)

i) 7acos

I
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is(uUezt + ) +
V(UeZPHCOScC)cO fv = X?e_(i3zt24) (347)Ut+

acosço acosço

isvUezt 1
vj + + 2u tan + fv + = (3.48)

acos a a

(0 1 \ 1 (0 1
)

isu (v cos

J.j2 + 2H acosw acosço

/0 1 1 IisUezt2H '0 1

i)Lacos +)J+
(- -)

(0 1 1

2H) N2 La + ) }.
(3.49)

In the above equations, FM, the wave momentum flux convergence is given by

e_zt2hI
FM 2 (??cos2W)w (3.50)

acos

and FT, the wave heat flux is given by

FT e'(cosço). (3.51)

As documented in Holton (1976), the coupled wave, mean-flow system of equa-

tions can be combined to yield two structure equations: one for the zonal-mean geopo-

tential and one for the wave geopotential. These two structure equations can be solved

numerically (i.e., integrated forward in time), in a hemispheric domain given initial

and boundary conditions. As initial conditions, we set the wave fields as in Holton

(1976), namely, u' = v' = = = 0. The zonal-mean zonal wind (u) is set in
gradient-wind balance (ci. Eqs. (3.9) and (3.10)) with a prescribed zonally symmetric

temperature field. In terms of the unscaled variables, this may be expressed by the

thermal wind equation

/ 2ü
(f+ tanSo)üz+-TEc = 0

aH
(3.52)

where the subscript 'E' denotes a balanced zonaily symmetric state at 'radiative equi-
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librium'. Several synthetic choices for the radiative equilibrium state (with structures

rather similar to one deduced from spacecraft observations) are presented in Section

4.2.

As choices for the reference profiles of temperature T0 and potential temperature

we assume that the (total) 'radiative equilibrium' thermal field can separate into

a vertically varying basic state TEO(z) and a departure from the basic state TE(So, z)

TEt0t(co, z) = TEO(z) + TE(ça, z) (3.53)

with the constraint that

2 /2
<TEt0t> j T(p, z) do TEO(z) (3.54)

<TE> E 0. (3.55)

In Chapter 4 several synthetic relatively 'non-dusty' and 'highly dusty' basic states

(i.e., TEt0t) are described. The reference temperature profile T0 is set equal to Tjo
determined from the above procedure and is used in Eq. (3.34) to determine the basic

state buoyancy frequency, N(z). This approach is used in Holton (1975), where from

the start, separation of the geopotential and temperature fields from a motionless,
hydrostatic, horizontally-averaged basic state is made, since horizontal momentum is

coupled dynamically only to horizontal variations of geopotenial and temperature.

Some of the terms in the thermodynamic energy equation that have been neglected in

Holton (1975; 1976) are however crucial, in order to form consistent relations for the

conservation of kinetic and available potential energy. As discussed in Stevens (1984),

an energy conservation relation for the approximate system of equations is limited to
the case of constant buoyancy frequency.

The lateral (latitudinal) boundary conditions that are imposed are similar to
ones used in Holton (1976) and Hsu (1981). For the wave fields, we require that

= = v, = 0, at the equator; and ' = = v, = 0, at the pole. For the zonal-
mean fields, we require that , = = = 0, at the equator; and &, = = = 0, at
the pole. Test calculations have indicated that the numerical solutions are generally
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insensitive to the lateral wave boundary conditions (Robin or Dirichiet). At the upper

boundary (z = zT), it is assumed that the wave geopotential vanishes, 4' = 0; and
the zonal-mean temperature remains fixed at radiative equilibrium (i.e., the Neumann

condition = R/HTE(co, zT) is imposed). At the lower boundary (z = zB), we

prescribe a distribution of wave geopotential 'I" = '(A, 'p, zB, t), and we keep the
zonal-mean geopotential fixed at radiative equilibrium = (ço, zB). Several choices

for the lower boundary wave geopotential distribution are described in Section 6.3.

3.3.2 Model Physics

As in the linear model, rather simple external physics are included in the wave,

mean-flow model: radiative heating is parameterized in terms of height-dependent

Newtonian cooling and Rayleigh friction. The zonal-mean flow is continually 'relaxed'

toward the radiative equilibrium zonally symmetric circulation through the zonal-
mean thermodynamic energy equation (cf. Eq. (3.33)) using

= 4'Ez) (3.56)

where Ez(, z) is the dynamically important (meridionaily varying) radiative equi-

librium field. For simplicity, we assume that no nonconservative mechanical forcing

acts on the zonal-mean momentum (e.g., gravity-wave drag and other small-scale dis-

turbances are neglected), so that changes in the mean circulation are associated with

a balance between radiative relaxation, the induced zonal-mean meridional circulation

and the rectified wave effects (i.e., wave driving). Thus we take = = 0 in Eqs.
(3.29) and (3.30). For the wave component of the flow, we parameterize dissipation

by both Newtonian cooling and Rayleigh friction as in the linear model and set

xl QRU'

Yl = . (3.57)
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Time Difference /21 /22 /23 71 72 73

centered
forward

/3/2
/3

1 8
1 /3

/3/2
0

1/fl
1/fl

(1 - /3)/f3
1//3

1

0

Table 3.1: Time differencing coefficients for the modified semi-implicit scheme.

3.3.3 Numerical Scheme

Basically following Holton (1976), dependent mean and wave variables are lo-

cated on a staggered grid in the meridional. Wave (mean) momentum and mean
(wave) geopotential are located at the same latitudinal grid point, and wave and
mean variables are placed ço/2 apart. A grid spacing of zça = 5° latitude and

= 2 km is used.

To permit large time stepping and still satisfy the condition for linear computa-

tional stability, a modified semi-implicit time differencing scheme is used. Following

Holton (1976) and Hsu (1981), the 3-point time average of a dependent variable x is

denoted by

or

X I1iX'41 + P2X' + /3X (3.58)

= (p2X + 1L3X1) (3.59)
/21 /21

where the super-script n corresponds to the n-th time step, t = nLt. Then, the time
derivative is approximated with

(xt) (7i 72f 73X'1) (3.60)

where values of the constants 1, 7i, . . ., /23, 73 are set according to whether a forward

or centered (i.e., 'leapfrog') time difference is used. Their values are listed in Table 3.1

and depend on the weighting factor /3 (/3 = 0 corresponds to an explicit scheme and

/3 = 1 corresponds to a semi-implicit scheme). As in Holton (1976) we use /3 = 1/2 in
the wave, mean-flow model.

With this semi-implicit time differencing, and applying some spatial averaging

and differencing operators given in Holton (1976), the coupled set of governing equa-

tions are reduced to two finite difference equations: one for the zonal-mean geopoten-
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tial, and one for the wave geopotential. The two equations are analogues of the linear

(primitive equation) wave structure equation (Eq. (3.19)) and comprise two systems

of algebraic equations which can be written in block tridiagonal form and solved using

the method of Lindzen and Kuo (1969). However, some of the algorithm coefficients

are now time dependent (e.g., the /3k discussed in Appendix B). Further details are

provided in Holton (1976) and Holton and Wehrbein (1979).

3.4 Zonal-Mean Planetary-Wave Diagnostics

Before actually performing any calculations with either of the two models (the

subject of Chapters 4-6), the potential for significant meridional and vertical planetary-

wave propagation in Mars' winter atmosphere can be assessed. Evaluation of a few

dynamically important quantities that depend solely on the basic zonal-mean zonal
wind and balanced temperature fieldand several higher-order derivatives associ-
ated with these fieldsmay give some indication of the 'transmission potential' of
Mars' middle atmosphere to propagating planetary waves. Among the zonally av-

eraged dynamically important quantities are: the meridional gradient of zonal-mean

quasi-geostrophic potential-vorticity (,); and, the quasi-geostrophic refractive index

developed originally by Matsuno (1970) and later modified by Palmer (1981b; 1982).

In a quasi-geostrophic context, a necessary condition for the growth of large-scale

disturbances on a zonally symmetric flow is that the meridional gradient of the zonal-

mean quasi-geostrophic potential vorticity change sign within the domain (Charney
and Stern, 1962). Here, we are not interested in the development of instabilities on

zonally symmetric basic states but rather the propagation of large-scale disturbances

on them. The meridional gradient of quasi-geostrophic potential vorticity enters into

the quasi-geostrophic wave equation on the sphere (Matsuno, 1970). In spherical
log-pressure coordinates this gradient is (e.g., Andrews et. al., 1987):

,=2cicosço [(ticosa)w1
(poë-t1). (3.61)L acosp J P0

A more crucial quantity related to planetary-scale stationary-wave propagation is the



quasi-geostrophic refractive index (Matsuno, 1970). Its nondissipative form is:

a2ëQ3(çc,z) =
cos2ça

(3.62)

In Eqs. (3.61) and (3.62) ë = f2/N2.

Wave propagation is favored in regions of positive Q, and waves become evanes-

cent in regions of negative Q3. Alternative forms of the refractive index that allow for

dissipation in the form of Newtonian cooling and Rayleigh friction may be found in

Schoeberl and Geller (1977); Schoeberl and Clark (1980); and Smith and Avery (1987).

The inclusion of dissipation renders the refractive index complex. Quasi-geostrophic

ray-tracing considerations of planetary-wave propagation by Palmer (1981b; 1982)

have shown that the quantity t Q8/ sin2 is more significant than Q3 itself.

As detailed by Palmer, for steady, conservative, linear, and slowly varying quasi-
geostrophic waves, the Eliassen-Paim wave activity flux (discussed in Section 4.3) is

directed along the gradient of ,. In most real applications the above conditions are

not strictly met, especially the slowly varying (i.e., WKBJ) condition and the neglect

of wave transience. Even so, however, the linkage of the Eliassen-Palm flux (always

well defined) with Q8 distributions has been shown to give a useful qualitative de-
scription of wave propagation onand possible interaction withzonal-mean flows

(e.g., Palmer, 1981b; Butchart et al., 1982; McIntyre, 1982).
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CHAPTER 4

Linear Modeling of Wintertime Stationary Waves

In this chapter we study the nature of forced stationary planetary-scale waves in

the Mars atmosphere, using as a primary tool a linear primitive equations model. Both

relatively 'non-dusty' and 'highly dusty' winter solstice atmospheres are considered by

using different basic zonal flows and dissipations believed to be representative of such

conditions.

Given that the model details have been presented in Section 3.2, our focus here

will be on the presentation of results for several numerical experiments. We begin

with a description of plausible planetary-wave forcings for Mars' atmosphere. This is

followed by a description of several basic zonal flows used in the linear calculations

and, in the wave, mean-flow calculations presented in Chapter 6. Important diagnostic

tools used to clarify some of the forced stationary-wave dynamics are described in the
subsequent section. After these preliminary considerations, results from a variety of
linear experiments are presented and discussed.

4.1 Planetary Wave Forcings

In a planetary atmosphere, persistent (in a time-mean sense) planetary-scale
asymmetries in atmospheric fields (e.g., pressure, temperature, wind speeds, etc.)

usually owe their existence to spatially and temporally fixed large-scale forcing mech-

anisms. Longitudinal (i.e., zonal) variations in an atmosphere's external forcing are
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of considerable importance in producing deviations from a zonally uniform, predom-

inantly east-west, time-mean flow. On Earth, large-scale longitudinal variations in
surface features (e.g., orography and land-sea thermal contrasts) are considered to

offer sufficient forcing to generate large-scale quasi-stationary waves, which appear as

seasonal anomalies in atmospheric field variables in the troposphere (e.g., Held, 1983)

and middle atmosphere (e.g., Dickinson, 1978; 1980; Andrews et al., 1987). On Mars

as for the Earth, planetary-scale variations in surface topography and thermal prop-

erties (e.g., surface albedo and thermal inertia) could provide continual excitement

of quasi-stationary large-scale disturbances in its atmosphere. To investigate this hy-

pothesis, we consider planetary-wave forcings for Mars that may produce large-scale

persistent zonal asymmetries in its atmosphere's circulation.

4.1.1 Orography

Observations made by the Mariner 9 and Viking spacecraft along with measure-

ments taken with Earth-based radar have indicated that Mars' topography is large and

highly variable. In constituting the lower boundary of its atmosphere, the large topog-

raphy plays a key role in forming an understanding for a broad range of atmospheric

motions. For example, the zonally asymmetric nature of the topography implies that

the time-averaged atmospheric flow ought to be substantially asymmetricat plane-
tary scales as well as smaller ones.

As described in Section 3.2, the representation of the atmospheric flow in terms
of a zonal-mean part and a zonally varying (or 'eddy') component can be a useful one in

trying to understand the interactions of disturbances with mean flows. This approach
is applied further here to analyze the longitudinal variability in Mars' topography. It

also provides for a direct adaptation of large-scale topographic forcing into the linear

model via the model's imposed lower boundary condition (Section 3.2 and Appendix

A).

A harmonic analysis in terms of Fourier modes along latitude circles has been

performed for Mars' topography as defined by the Mars Consortium dataset. A cor-

responding analysis of the Earth's topography has been done by Peixoto et al. (1964).
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Previous analyses of Martian topography have utilized earlier and incomplete datasets

(e.g., Webster, 1977; Gadian, 1978; Moriyama and Iwashima, 1980). Based on Mariner

9 data, Gadian (1978) computed the first few Fourier components for a few extratrop-

ical latitudes but presented little analysis of the tropical/subtropical or polar topogra-

phy. Similarly, Webster (1977) showed the spectral distribution of Mars' topography

for 15° latitude band averages between 30°S and 30°N. Using early topography data,

both of the above analyses showed the predominance of zonal wavenumber 2 in low lat-

itudes. The present topographic analysis is more extensive and is nearly global. The

Mars Consortium topographic data are given on a 1° x 1° latitude-longitude grid and

extend between 85°N and 70°S. Fig. 4.1 is a plot of the data on a longitude-latitude

grid. The data were determined by various instruments from the Mariner 9 mission,

including observations made by the infrared interferometer spectrometer (IRIS), in-

frared radiometer (IRit) and ultraviolet spectrometer (UVS), as well as from television

imagery. Further details on the compilation and quality of the data are provided in
Wu (1978).

Consistent with the linear model developed in Section 3.2, the longitudinal (A)

variability of the topography at any given latitude (), is represented in terms of a
Fourier decompostion. Denoting hB(A, 'p) to be the topography, we write

where

hB(A, p) = Iio(w) + E(ça)e1 + II;(cp)e_', (4.1)
3=1

1 2ir

Ii3(a) = _-j hB(A,So)ei3AdA. (4.2)

Equivalently, (4.1) can be expressed in the form

where

hB(A, o) = Ho(ça) + H3(ço) cos{s[A + (ça)]}, (4.3)

Ho() = Iio(ço)

H3(co) = 2JE,()I (4.4)
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( Im[I (cp)] \= arctan . (4.5)

Note that the phase as defined above corresponds to the west longitude of a maximum

in the field.

For the discrete case, the Fourier coefficients are computed using expressions

analogous to Eq. (4.2) for the continuous case:

Re[Ii,()]
j

h(A3, ) cos(s\j) (4.6)

Im[113(ça)] = h(A1, ç) sin(sA), (4.7)

where M = 360, the number of longitude grid points.

As the focus here is on the large-scale longitudinal topographic variability, the

above coefficients have been computed for every 5° of latitude, after averaging the 1°

latitude data into 5° latitudinal bins. Calculations have been done for the first eleven

zonal harmonics (s = 0-10) and results of the computations (amplitudes and phase)

for harmonics .s 0-5 for every 100 of latitude are given in Table 4.1. Shown in Fig.

4.2 is a longitude-latitude plot for just the zonal wavenumber-2 component of the
topography, and this can be compared with corresponding amplitudes and phase as

given in Table 4.1. The wavenumber-2 topographic pattern shows asymmetry about

the equator, with alternating maxima and minima of 3.6 km centered near = 5° N.
The western and eastern hemisphere maxima located at .A = 1 10°E and 80°E arise

from the two major high relief regions on Mars: in the west, the Tharsis ridge; and in

the east, the complex terrain associated with Arabia and Noachis Terra.

Large-scale longitudinal variability of Mars' orography is compactly shown in

Fig. 4.3 which is a plot of the Fourier topographic amplitudes as a function of wavenum-

ber s and latitude cp. The variation is shown for the first ten zonal harmonics. It can be

seen from Fig. 4.3 that the lower 'planetary' wavenumbers (s < 5) dominate the spec-

trum of zonal variability. Topographic amplitudes are sizeable in both hemispheres,

however they are largest in the tropics where wavenumber 2 dominates (reflecting
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Latitude H0 H1 5i H2 2 H3 53 H4 54 H5 55

-90 0.20 0.00 180 0.00 0 0.00 60 0.00 0 0.00 36

-80 0.20 0.00 180 0.00 0 0.00 60 0.00 0 0.00 36

-70 0.25 0.08 161 0.06 165 0.03 36 0.02 56 0.02 4

-60 2.63 0.62 95 0.10 96 0.13 28 0.07 54 0.06 23

-50 2.71 1.40 113 0.72 20 1.04 108 0.64 71 0.40 36

-40 3.10 1.97 106 0.94 24 1.69 106 0.83 73 0.66 39

-30 3.83 1.55 102 0.32 72 1.68 101 0.63 74 0.71 38

-20 4.14 1.13 109 2.00 101 1.46 95 0.36 81 0.31 41

-10 3.77 1.36 99 3.33 105 1.80 105 0.45 29 0.58 42

0 3.42 1.85 82 3.58 103 1.51 98 0.37 27 0.78 40

10 2.36 1.76 79 2.37 109 1.87 92 0.50 25 0.89 35

20 2.31 0.96 111 1.86 122 1.63 92 1.20 31 0.71 63

30 1.66 0.50 274 1.03 128 1.67 84 0.82 23 0.62 69

40 0.73 0.48 345 0.82 126 1.34 82 0.11 4 0.48 60

50 -0.69 0.35 324 0.97 124 0.69 79 0.11 79 0.34 59

60 -1.73 0.18 220 0.54 124 0.31 96 0.04 2 0.09 69

70 -1.69 0.16 339 0.15 179 0.12 8 0.10 13 0.07 12

80 0.33 0.39 354 0.08 44 0.04 105 0.06 75 0.01 7

90 1.20 0.01 180 0.01 0 0.01 60 0.01 0 0.01 36

Table 4.1: Mars Consortium topographic amplitudes H3 (km) and phase 53 (°W) for
zonal harmonics .s = 0-5.

the Tharsis/Arabia highlands and the Chryse/Acidalia and Isidis/Utopia lowlands).

The rather strong topographic amplitudes found in northern low latitudes at high
wavenumbers are primarily due to several large volcanoes (with heights extending up

20 km) located in the Tharsis region.

The latitudinal variation of the zonal-mean component of the topography, Ho(co),

is shown in Fig. 4.4. For comparison, the latitudinal variation of the Earth's zonal-
mean topography is also shown. For the Earth, the largest values of Ho(ço) are asso-

ciated with Antarctica in the southern hemisphere and with the Tibetan Plateau in
the northern extratropics. The maximum in the tropical region of Mars is related to
the Tharsis highlands in low latitudes. Significantly different compared to the terres-

trial case is a large, zonal-mean topography on Mars which decreases toward middle

latitudes. Its latitudinal variation dominates the variation of the aysmmetric compo-

nents. Such large zonal-mean topography and latitudinal slope (i.e., dHo/dça) should

play an important role in forcing large-scale waves in middle and high latitudes on

Mars.
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From Table 4.1 and Fig. 4.4, it can be seen that the topographic eddy ampli-
tudes are quite large relative to the amplitude of the zonal-mean component. And,
wavenumbers 0-3 account for most of the longitudinal variability. Fig. 4.5 illustrates

this point further by showing a composite map that includes just harmonics s = 0-5.

It can be seen from Fig. 4.5 that with just the lower wavenumbers, a rather smoother

representation of the 'raw' topography can be obtained and the major large-scale

topographic features are still discernible.

A new topographic dataset for Mars has been recently published (USGS, 1989)

and made available in digital form (e.g., Digital Terrain Models or DTM) from the

USGS. The dataset incorporates measurements from both the Mariner 9 and Viking

missions, and is believed to be the 'best' currently available dataset of Mars' topogra-

phy. Compared to the Consortium topography, the DTM dataset provides better and

more global coverage (e.g., data in the southern hemisphere). The uncertainties in

relief are, however, still large. The probable systematic errors are 0(1 km) in the sub-

tropics; 0(1-2 km) in the extratropics; and as large as 0(2 km) in the polar regions

(USGS, 1989). The DTM data have also been decomposed into Fourier harmonics,

and although the large-scale patterns are similar, there are significant differences in

the tropics, northern extratropics, and high southern latitudes.

In Fig. 4.6 the differences are shown between the DTM and Consortium fields,

composited from harmonics s 0-5. In the western hemisphere, Tharsis is less

elevated in the tropics (between 1-2 km lower) in the DTM data and it extends
further poleward, to 50°N (roughly 2 km higher). In the eastern hemisphere, Arabia

Terra and Elysium are less elevated (roughly 2 km lower). Also, in high southern
latitudes the relief averages 2-3 km higher than the Consortium data, resulting in
a zonaily symmetric component which is generally 'fiat' (e.g., little negative slope

poleward of middle latitudes).

As the primary topography dataset used in the linear study presented in this

chapter, we choose the Mars Consortium data. Both DTM and Consortium datasets

are undoubtedly inaccurate in some regions of the planet, and a better analysis of

Mars' topography will soon be made with a laser altimeter on Mars Observer. Also,

many of the linear wave results are compared with a 'winter climatology' of stationary
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planetary features that have been simulated by the MGCM, which were made using
the Consortium topography. In Section 4.7, we consider, however, some effects that

the DTM topography can have on the linear stationary wave patterns.

The existence of large-scale quasi-stationary disturbances in Mars' atmosphere

can be expected to be linked with large-scale longitudinal variations in its surface

properties, through mechanical and thermal forcings. Such disturbances have been

anticipated theoretically (e.g., Webster, 1977) and may have been detected in obser-

vational data (Conrath, 1981). One measure of the strength of the mechanical forcing

of stationary eddies by topography can be anticipated through an equation relating

the amplitude of the eddy vertical velocity associated with flow over the topography

(in spherical coordinates)

IUB(S)ISHs((P)

acosw ' (4.8)

where IuB(co) is a specified zonal-mean flow at the level that interacts with the to-
pography. Using an analytical approximation to the flow derived in Conrath (1981)
based on Mariner 9 IRIS observations (e.g., from a nominal relatively 'non-dusty' basic

flow as described in Section 4.2), it is possible to compute the eddy vertical velocities

associated with several zonal harmonics. These are shown in Fig. 4.7.

It can be seen that wavenumber 2 dominates in the tropics, whereas wavenum-

ber 3 gives the largest values in middle latitudes. There are substantial amplitudes at

planetary wavenumbers s = 1-3, extending to relatively high latitudes in both hemi-

spheres. This may be significant in regard to the forcing of planetary waves that can

propagate to upper atmospheric levels. The form of the eddy vertical velocity forc-

ing expressed in Eq. (4.8), through its dependence on s, suggests that higher zonal
wavenumbers are favored. However, the dominant forced response depends fundamen-

tally on the structure of the background flow. Even for relatively simplified /3-plane

barotropic and barocinic models, the resonant response (or the largest amplitude,
stationary external Rossby wave with dissipation), depends nontrivially on ii and the

total horizontal wavenumber, K2 = k2 +12 (Held, 1983). Eq. (4.8) is but one measure

of the effective mechanical forcing. It presumes that the atmospheric flow goes over
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the topography which might not be the case, for very large topography.

Some insight into the issue of whether the low-level flow predominantly goes over

or around Mars' large topography can be inferred from simulations with the MGCM.

The MGCM is formulated using the sigma-coordinate in the vertical (a p/ps, where

p3(z, y, t) is the surface pressure) so that topography at the lower boundary is treated

consistently (i.e., there is no normal flow at the surface, a = 1, which is applied

on a varying pressure level ps). For northern winter simulations, examination of the

field of mean surface stress indicates that in the high relief regions of the western

and eastern hemisphere (e.g., Tharsis, Arabia Terra, and Elysium), there is between

25-50°N a considerable component of the flow orthogonal to isopleths of topography:

surface stresses are oriented at least 30_800 to the topography contours (J. R. Barnes,

personal communication). Further poleward and equatorward (where the topography

is a maximum), the flow is more parallel to the topography. Thus, the use of Eq.
(4.8) as the form of mechanical forcing in the linear model should be at least partially

valid, particularly in middle latitudes, the region of primary interest in this study.

4.1.2 'Thermal' Continents

As mentioned in Section 2.2, Webster (1977) used a two-level linear primitive

equations model to study the low-latitude steady-state atmospheric circulation for
Mars under solstice and equinox conditions. He included not only the mechanical

effects of topography but also thermal effects associated with Mars' large relief by
using a simple parameterization of orographic heating. As a first choice for a relatively

simple scheme to study diabatic heating effects on forced planetary-scale disturbances

for Mars, we have adopted this heating parameterization in our model. Basically, this

parameterization assumes that, over a long-term average, high elevations act as heat

sources and low elevations act as heat sinks, provided that the surface maintains a

near constant temperature and the atmospheric temperature decreases with height.

This is shown schematically in Fig. 4.8. The heating rate (per unit mass) associated
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dT fT-D
Jh = C,,

)
(4.9)

where r is a time constant over which a relative temperature anomaly would develop

around an elevated region. As discussed in Webster (1977), this kind of steady-state

thermal forcing makes sense only if the elevated temperature anomaly over the terrain

is maintained for time scales much longer than the diurnal period, even though near

the surface strong diurnal temperature variations occur (e.g., Gierasch and Goody,

1968).

Designating r = -Ot/Oz to be the atmospheric lapse rate associated with the
basic state, then

T D + FhB(A, so). (4.10)

With the Fourier decomposition of the topography as described in the previous section,

the amplitude of the heating associated with the topography may be expressed as

c,,HS(ca)F_s(Z_ZB)/H (4.11)
c, c, r

where H3() are the zonal topographic amplitudes as given in Eq. (4.4). The expo-

nential height dependence of the heating amplitude has been included so as to restrict

topographic heating effects to the first few scale heights depending on the choice of
ö (e.g., Pedlosky, 1979). This simplistic vertical dependence enables a simple sepa-

ration of the wave response associated with shallow or deep heating. In most of our

calculations we have taken r to be 0(1/3-1 day) and ö = 3/2. An example of the
topographic heating amplitudes is shown in Fig. 4.9. Related to the large topography

in the tropics, the heating is also largest in low latitudes and the strongest amplitude

is associated with wavenumber 2. Negative values in middle and high latitudes are

due to regions of negative lapse rates (i.e., temperature inversions) associated with

the zonal-mean basic state used to estimate the forcing.

It should be noted that Webster (1977) used a simpler expression for the lapse

rate: one with a cosine-latitude dependence. The maximum lapse rate (4.2 K km')
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occurred at the same latitude as the solar declination angle for a particular season
(i.e., 25.2° for winter (summer) solstice). Combined with positive (negative) relief,

this form of the lapse rate provided heating (cooling) equatorward from the polar

night latitude (e.g., near 65°N for northern winter solstice).

4.2 Zonal-Mean Basic Flows

In this section several basic zonal flows are described that are thought to be
representative of winter solstice conditions on Mars for relatively 'non-dusty' and
'highly dusty' conditions. As there is a lack of adequate global-scale observations to

produce a realistic climatology of the winter atmosphere on Mars, these basic flows

are meant to be plausible conditions. The Mars atmosphere is never totally dust free

but rather a low-level background dust opacity always exists (Zurek, 1982) and, the

amount of dustiness varies with season.

Generally, the non-dusty flows are weaker than the dusty basic flows and the
latter have their jet cores shifted slightly poleward from the former. Construction
of the synthetic flows have been guided by what has been deduced from Mariner 9

IRIS thermal measurements during late northern hemisphere winter (e.g., Conrath,

1981) and they show similar structure to what is depicted in Fig. 2.2. This flow is
based on gradient wind balance with the observed zonally averaged temperature field,

assuming that the zonal wind vanishes at the 5 mb level. In addition, zonal-mean

flows simulated by the MGCM for winter solstice conditions under a variety of dust
loadings have been used as a guide in developing the synthetic zonal flows.

4.2.1 Relatively Non-Dusty Conditions

Table 4.2 summarizes some of the gross characteristics of the non-dusty zonal-

mean zonal flows that have been used as basic states in the linear wave calculations.

The different non-dusty flows are also shown in Figs. 4.lOa-c. Dashed contours are the

zonal-mean temperature fields in gradient-wind balance with the zonal flows depicted

in each panel. The surface zonal winds have been constructed so as to roughly agree

with near-surface zonal winds determined from solsticial MGCM experiments with
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Flow Jet Max(m s1) Jet Location Low Latitude Easterlie8
L04 120 60°N, 50 km yes
L06 100 60°N, 50 km no
L07 100 55°N, 40 km yes

Table 4.2: Relatively non-dusty basic zonal flows used in the linear and the wave,
mean-flow models.

little dust loading. The relatively non-dusty flows shown in Figs. 4.lOac share some

common features. Generally, the flows have a tilted structure where the magnitude

of the zonal wind increases with increasing latitude and increasing height. Maximum
vertical shears are located in mid-latitudes at low vertical levels and they weaken while

shifting into high-latitudes with increasing height.

Associated with the balanced thermal and momentum fields shown in Figs.
4.lOac are vertically and latitudinally varying static stabilities (cf. Eq. 3.17). Gen-

eraily, maximum static stabilities are found in the extratropics in the lowest vertical

levels. Below the level of the jet cores, the static stability decreases most rapidly with

increasing height in low-/mid-latitudes (i.e., on the equatorward side of the jet axes).

In addition, equatorward (poleward) of the jet axes and below the jet-core levels, the

static stability increases (decreases) with increasing latitude.

As discussed in Chapter 3, useful diagnostic quantities for planetary-wave prop-

agation include , the meridional gradient of zonal-mean quasi-geostrophic potential

vorticity and the modified quasi-geostrophic refractive index (e.g., Palmer, 1982).

Shown in Fig. 4.11ac are the ço, z) fields (normalized by 1) for each of the flows

shown in Figs. 4.lOac. The q, fields have similar patterns with a positive region
centered through the jet core that is flanked by negative regions on the equator-
ward and poleward side of the jet. For z > 20 km, the positive regions are due
primarily to strong meridional curvature of the zonal-mean zonal flow, a1ü, > 0,
the magnitude of which increases with height. Below this level, the vertical shear

term eai(H1 + 2N/N) makes a comparable positive contibution to although its

strongest effect occurs roughly 100 poleward of the meridional curvature term. The

vertical curvature term ea'i also makes a positive contribution to 4, below z = 10

km, although its effect is strongest nearly 15° equatorward of the meridional curvature
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term. For z > 20 km, this term is an order of magnitude less than contributions from
the meridional curvature and vertical shear.

The refractive index, z), depends on the ratio of to , as well as the

zonal wavenumber s and the stratification N. Discussion of particular refractive index

patterns and their potential influences on planetary wave propagation is postponed

until Sections 4.5 and 4.6, where results from several linear stationary wave calcula-

tions are presented.

The relatively non-dusty flows are also utilized in Chapter 5 in an investigation of

possible near-resonant, long-period modes in Mars' winter atmosphere, and in Chapter

6 in dynamical modeling of the Mars polar warming phenomenon using a wave, mean-

flow model.

4.2.2 Highly Dusty Conditions

Without detailed observations of Mars' global atmospheric thermal structure

during episodes of enhanced atmospheric dustinessso that changes in the zonally
symmetric thermal state (and balanced zonal flow) can be deducedit is necessary
to rely on previous modeling studies which have focused on circulation changes in

response to increased dustiness. Haberle et al. (1982) used a 2-D zonally symmetric

circulation model that included radiative-dynamical feedbacks associated with atmo-

spheric dust. They found that with an increase in atmospheric dustiness, the thermal

maximum located in mid-latitudes and middle atmospheric levels shifted poleward
by 5-10° in latitude and the extratropical horizontal temperature gradient strength-

ened. Accompanying those changes in thermal structure was the development of a
more vigorous zonal jet that shifted slightly poleward. Similar changes in middle and

high-latitude temperatures have been observed by the Viking orbiters during periods

of increased atmospheric dust loading. Measurements made by the IRTM at 15 ,tm

showed that the strongest meridional temperature gradient strengthened and shifted

poleward during the second global dust storm in 1977 (Martin and Kieffer, 1979;

Jakosky and Martin, 1987).

Recent simulations with an improved MGCM (e.g., Pollack et al., 1990; Murphy,
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Flow Jet Max(m s1) Jet Location Low Latitude Easterlies

1101 130 70°N, 65 km no
H02 140 70°N, 55 km yes
1107 160 70°N, 65 km yes
H10 170 70°N, 60 km yes

Table 4.3: Highly dusty basic zonal flows used in the linear and the wave, mean-flow
models.

1991; Barnes et al., 1992) that incorporates radiative heating by atmospheric dust have

indicated similar changes: namely, with increased dustiness, the meridional temper-

ature gradient intensifies, shifts poleward and results in an intensified and somewhat

poleward-shifted zonal jet. Guided by what has been deduced from Mariner 9 and
Viking observations and from these MGCM results, we have constructed 'highly dusty'

basic states for use in the linear model that closely resemble such middle and high

latitude structural changes in the thermal and balanced zonal flow fields.

Table 4.3 summarizes some of the features of the highly dusty flows which are

shown in Figs. 4.12a-d. Again, dashed contours in Figs. 4.12a-d correspond to zonal-

mean temperatures in gradient-wind balance with the flows shown in each panel.
Compared to the non-dusty zonal flows shown in Figs. 4.lOa-c, the the jet core lo-
cations for the highly dusty flows are shifted approximately 5-10° poleward from the

former. As can be seen in Fig. 4.13, the stronger dusty flows are also associated
with stronger , fields. The positive channel of that extends through the jet core
region is predominantly due to much stronger meridional curvatures -a1, > 0,
associated with the dusty flows. The other main positive contribution to q, is due
to the a1 sec2 ço term, although its contribution is roughly 4 times weaker than the
-a1t term.

These highly dusty flows are also used in Chapters 5 and 6.

4.3 Diagnostic Quantities

Several dynamically important diagnostic quantities that will aid in the inter-

pretation of the linear modeling results, as well as results from the wave, mean-flow

modeling of Chapter 6, are developed in this section.
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4.3.1 Eliassen-Paim Flux

One goal of the linear planetary-wave study is to be able to deduce from a par-

ticular planetary-wave structure those rectified wave effects (e.g., divergences of wave

heat and momentum fluxes) that would alter the zonal-mean flow, were it not held

fixed. A compact description of essential dynamical aspects associated with planetary-

wave propagation can be made in terms of the Eliassen-Paim (EP) flux. Following

Edmon et al. (1980) and as later modified for spherical geometry by Dunkerton et al.

(1981) and Palmer (1981b; 1982), the Eliassen-Palm flux is a vector quantity in the

meridional plane, F (0, F("), F(')), whose components are given by

and

F(°)EpoacosW (4.12)
(;7oz

w'u'I . (4.13)poacos,o [(i
(ucosço),' i77 ____1

acos ,' O j
In spherical geometry, its divergence is expressed as

1
(F()cosç)cc,F). (4.14)

a cos

A frequently used quantity is the so-called 'wave driving'

VF
DF . (4.15)

p0a cos

In this form, DF represents those rectified wave effects that can act to accelerate or

decelerate the zonal-mean zonal flow. As shown in the next subsection, the role of

the wave driving on the zonal-mean flow is made clearer after introducing the residual

mean meridional circulation.

4.3.2 Zonal-Mean Tendencies

So as to determine the net wave forcing of the zonal-mean flow, it is best to
transform the zonal-mean primitive equations using the residual mean meridional
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1 / v'O'\- (P0 1
(4.16)

Po\ OzJ

1 1(cosco-._). (4.17)
acos

After substitution of these expressions into the zonal-mean primitive equations (e.g.,

Andrews et aL, 1987), one obtains the transformed Eulerian-mean (TEM) equations

= DF (4.18)?2j +
i acosço J

r utança 1 = G (4.19)
L a] a

= (4.20)

(*cosç)
+ !(pO1*)z = 0 (4.21)

acosço Po

j + + iiio - = Dj-j (4.22)
a c,

where G represents those terms that lead to a departure from gradient-wind balance

between t and c (an explicit form of this term is given in Appendix C). Analogous to

the Eliassen-Paim flux, one can define a total wave heat flux vector in the meridional

plane H (0, H(°), H(z)), whose components are given by

and

0 (4.23)

poacosço (-7+?7) , (4.24)
\ aO

whereby the right-hand side of Eq. (4.22) is given by

V.H 1 iPo('+)] . (4.25)D11=
poacosW P0 [ a
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In this form, DH represents a vertical divergence of wave meridional and vertical heat

fluxes, i.e., the 'wave heating' of the zonal-mean potential temperature, . (Under

quasi-geostrophic scaling, this term is negligible so that the total wave forcing enters

only in the transformed zonal-mean zonal momentum equation.) As will be discussed

in more detail below, the generalized Eliassen-Paim theorem restricts DF andDH

to depend on certain physical properties of the waves. In particular, under steady,

linear, conservative conditions, DF = DH 0, and there is no net wave forcing of the

zonal-mean flow, regardless of whether large wave fluxes of heat and momentum occur.

Given sufficient knowledge of the zonal-mean flow, the nonconservative mechan-

ical forcing and diabatic heating, and the distribution of wave heat and momentum

fluxes (i.e., so that expressions for DF andDH can be evaluated), it is possible to de-

termine the residual mean meridional circulation (0, i, ti*), and hence, the rectified

wave effects that may produce nonzero tendencies in fi and . This can be facili-

tated by first combining the TEM equations into a single equation. Since the residual

mean meridional circulation is nondivergent (ci. Eq. (4.21)), a streamfunction may

be introduced such that

= (4.26)
(f cos_pot* = . (4.27)

a cos ço

Eliminating of 4 between Eqs. (4.19) and (4.20) and differentiating the result with
respect to t, one obtains an equation in ü, and . Using Eqs. (4.18) and (4.22),

one may obtain expressions for ü, i and 9, which upon substitution into the
previous result, gives an equation expressed only in terms of and t, with no time-

derivatives of unknown quantities. The last step requires the substitution of Eqs.

(4.26) and (4.27) for iY and ir, to give an equation in only the dependent variable
-*x,

Apo I + cosso)J c;+
cos

j

Dp0
{(fcos)J + E + F(;*costp)c,, = Ri.. (4.28)

P0
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The coefficients A, B, ..., P depend only on the zonal-mean flow and are given

- / 2utanço'\ ( (cosç) (4.29)A = a j acosça I
B- R icz/H (4.30)=e

R scz/H (4.31)C= ----e
/ 2tan'\ z (4.32)D = (f a ,acosp

= ( +
2ü t:n (z tan +

( (ücos) 2tanco R eTh (433)acosp I a a2H
1 2tan\ 2tança 2] +11+

acoscoi
Jzz+ ()a / a

1 (__e_z1h1 "\ (4.34)
acosça 1saH zco)

and R. depends only on the 'known forcings'

R. = P0 (i + (DF + x) - (Le1H + DHaH /
_2tanüzPo(DF + X) + poGt. (4.35)

a

Eq. (4.28) is an elliptic PDE for f and given appropriate boundary conditions, can

be solved using standard numerical methods.
The ellipticity condition on Eq. (4.28)and the choice of numerical method

used for its solutiondepends on whether the zonal-mean flow satisfies

2ütan\ -
+ + ( = (i + I poP >0 (4.36)

a I [ a acosp a j
where P is the (zonal-mean) log-pressure, primitive-equation form of the Rossby-

Ertel potential vorticity. The condition expressed by Eq. (4.36) is identical to the

condition required for symmetric stability of a zonal-mean, gradient-balanced zonal

flow (cf. Andrews et al., 1987). Mathematically speaking, if the flow satisfies the
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condition for symmetric instabilty, then the form of the PDE given by Eq. (4.28)

changes from an elliptic type to a hyperbolic type. This may occur in low latitudes

where the meridional shear of the zonal-mean flow (a1,), exceeds the magnitude
of the Coriolis parameter (f), locally. Near latitudes of 'parabolic degeneracy' (i.e.,
where the form of the differential equation changes), Salby (1984) points out that
rather delicate methods of solution are required for structure equations similar to the

one given by Eq. (4.28). To circumvent this with the flows that are used in this study,

we will require that the condition expressed by Eq. (4.36) is satisfied from the outset.
Next, we discuss the boundary conditions that are imposed on Eq. (4.28)

conditions which are also consistent with those used in the linear planetary-wave model

discussed in Section 3.2. At the upper boundary z = ZT, we impose ' = = = 0
and set

= P0 (4.37)

At the lateral boundary = r/2, we impose 4' = = = = 0, and set

const = 0. (4.38)

Similarly, at ço = 0, we set *(ça, z) = 0.

The choice of the lower boundary condition requires some care. The existence of

nonzerof at the lower boundary is crucially tied to nonzero t at the lower boundary.

In the linear model developed in Section 3.2, we have taken correct to O(c), ii = = 0.
For a nonzero , we can relate and ti3 at O(c2) a posteriori with

- [tz +
(os

+
(p0w'

(4.39)g acosça P0

and in terms of the topography (i.e., the kinematic condition),

u'h
+

v'h
(4.40)acos a

where the primed (i.e., wave) quantities are obtained from the planetary-wave model's

solution. Combining Eqs. (4.39) and (4.40) gives an expression for at the lower
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[gu'h
+

t"1' ?7cosp)ç, (pow'4')l
= (zY1

[acosç, a acosço p0
j .

(4.41)

Then, using Eqs. (4.17) and (4.27) we have the following condition that may be
imposed at the lower boundary z = zB,

or,

(* cos), =

irf2

I
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With these choices for boundary conditions, the effiptic equation Eq. (4.28) can

be solved numerically (e.g., using the method of Lindzen and Kuo (1969)). Once f
has been determined, we can calculate t and ti3* using Eqs. (4.16) and (4.17). Then,

with the 'known forcings' (i.e., the terms on the right-hand sides of Eqs. (4.18) and

(4.22)), one can obtain the net linear zonal-mean zonal wind tendency, , and the
net potential temperature tendency, 6.

With allowance for a nonzero mean meridional circulation, this calculation de-

termines how rectified planetary-wave heat and momentum fluxes act to alter the
zonal-mean flow.

4.3.3 The Generalized Eliassen-Palm Theorem

As is discussed in detail in Andrews and McIntyre (1976; 1978) and further in

Andrews (1987), the Eliassen-Paim flux appears in a 'conservation law' of the form

OA/i9t + V F = D + O(c2) (4.44)
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for small amplitude waves 0(a) on a basic zonal flow. A and D are the (Eliassen-
Palm) wave activity density and nonconservative source (or sink) of wave activity (i.e.,

dissipation), respectively. The appearance of F in this relation suggests that F can

be regarded as a 'flux' of wave activity.
In general, it is impossible to come up with explicit expressions for A and D in

Eq. (4.44); even under some restrictions, the expressions can be rather complicated,

involving (Lagrangian) parcel displacements. For quasi-geostrophic, small-amplitude

disturbances on a /3-plane, with dissipation expressed in terms of equal and constant

Newtonian cooling and Rayleigh friction coefficients, A and D can be related to the

wave potential enstrophy q'2 and potential vorticity q', directly (Andrews, 1987).

If q' 0, , > 0, and the waves are steady or 'growing' such that (q'2) 0, then

sgn(D) = sgn(A), so that in this case, V.F < 0. Yet as pointed out by Andrews, the

situation can be quite different if a constant ü and unequal dissipations are used. Thus,

provided expressions for the terms in Eq. (4.44) can actually be found, determination

of which terms dominate (wave-transience or nonconservative effects) depends on the

specific assumptions of a particular problem. Further, it is difficult to anticipate the

sign of V . F from knowledge of the structure of the mean basic state (i.e., ,) alone.

4.4 Model Sensitivity Analysis

Before performing experiments with the linear wave model using realistic forc-

ings and winterlike basic states for Mars, the model's response to several somewhat

uncertain parameters should be assessed. These include: the Newtonian cooling aN(z)

and Rayleigh friction aR(z); the static stability N2(, z); and, the model grid resolu-

tion. In the sensitivity experiments, we use a nominal 'non-dusty' zonal-mean basic

state, flow L04 (see Table 4.2 and Fig. 4.lOa), and vary each of the parameters sepa-

rately. We focus the analysis on zonal wavenumber 1. For a wave forcing, we impose a

vertical velocity at the lower boundary (zB = 4 km) independent of latitude, tiY = 0.3

cm
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Sensitivity to Dissipation

As the control experiment, a constant static stability based on the imposed scale

height is used, N2 = gic/H, where H corresponds to an average temperature T0 = 170

K. The grid resolution is &p 50 and Lz = 2 km. Also, the Newtonian cooling

and Rayleigh friction are set equal and constant, cxN(z) = aR(z) = 0.2 day1. Fig.
4.14a shows the computed wavenumber-1 amplitude and phase. The dashed contours

indicate substantial latitudinal and vertical phase variation. With the imposed forcing

and dissipation, the wave amplitude is centered within the jet core and at high levels

(60-80 km) a rather large amplitude is obtained (' 2000 m). In the extratropics, the

wave exhibits a westward tilt with increasing height and decreasing latitude, and there

is rapid phase variation in the tropics as the critical surface is approached. Except
in the subtropics and polar latitudes, the response is slightly out of phase with the

forcing, less than 100 to the west.

If the Newtonian cooling is kept the same but the Rayleigh friction is increased

(set to profile (i) in Fig. 3.la with = 0(1 day) above 25 km), the forced wave has

a much reduced amplitude 600 m), as shown in Fig. 4.14b. However, its overall

position in latitude and height is basically the same. For example, the maximum still

occurs at high levels. As a result of stronger momentum drag, there are considerable

changes to the wave's phase. In middle latitudes, the westward tilt is enhanced both

vertically, and, below 40-50 km, meridionally. At the forcing level, the response is
shifted even further west of the forcing, nearly 40°. In the subtropics near the critical

surface, there is still rapid phase variation in low levels, but above 20 km the phase

variation is weak (cf. Fig. 4.14a). The enhanced westward phase tilt may contribute

to increased poleward momentum and heat fluxes associated with the forced wave,

although because such quantities also depend on the (squared) amplitude, the local

fluxes may actually be weaker (e.g., Andrews et al., 1987).

The converse experiment is also of interest. If the Newtonian cooling is set to

profile (i) in Fig. 3.la while keeping the Rayleigh friction constant, the wave structure

differs little from that of the control experiment. In Fig. 4.14c it can be seen that

the maximum amplitude is slightly reduced (by - 200 m) and the phase is about the
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same. From this experiment, it is evident that the forced wavenumber- 1 response is

oniy minimally changed by enhanced Newtonian cooling. Because this term enters as

a thermal damping (as opposed to a momentum drag for Rayleigh friction), the phase

near the critical surface is not altered. The previous experiment indicated considerable

change to the phase in the tropics, since the meridional flux of wave activity is tied

directly to the meridional momentum flux.

Sensitivity to Static Stability

Using constant dissipation, the sensitivity of the wave response to a variable

static stability N2(ço, z) (ci. Eq. (3.17)) can be examined. For this basic state, the
region of strongest stability is located in the extratropics and slopes upward and
poleward. Above (below) 20-30 km, the values are roughly 25% weaker (stronger)

than the constant value used in the control experiment. Shown in Fig. 4.14d is the

wavenumber-1 response for this experiment. The amplitude is slightly lower than in

the control experiment and its magnitude is nearly identical to that in the strong New-

tonian cooling experiment. Also, in the extratropics the structure is more barotropic

with little phase variation in middle and upper levels (e.g., above 10-20 km).

Sensitivity to Model Resolution

The sensitivity of the forced response to changes in the meridional resolution

should also be investigated. In this experiment, both the static stability and New-
tonian cooling are set as in the control experiment, and the Rayleigh friction is set
to profle (i). In Fig. 4.14ef the wave structures are plotted using zça = 2.5° and
1.25°, respectively. Comparing with the structure indicated in Fig. 4.14b, it can be
seen that with increased resolution the patterns are very similar, with the exceptions

of slightly different phase variation in tropical and polar latitudes and a reduction
in the maximum amplitudes (by roughly 20% and 30% for = 2.5° and 1.25°,
respectively).

In summary, for a 5° latitudinal and 2-km vertical resolution, these sensitiv-

ity experiments with a nominal 'non-dusty' basic state have indicated that a simple

wavenumber-1 forcing produces a robust response within the extratropical jet. Weaker
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amplitudes are obtained for finer meridional resolution. Also, a spatially varying static

stability can reduce the amplitude and produce a more barotropic response. Dissi-

pation in the forms of Newtonian cooling and Rayleigh friction has different effects.

Stronger Rayleigh friction both reduces the amplitude and increases the westward

tilt of the forced wave. Stronger Newtonian cooling, however, does not significantly

alter the forced response. Finally, enhancement of the dissipation at upper levels (i.e.,

damping) does not produce wavenumber-1 responses which peak at lower altitudes.

4.5 Model Results: Northern Hemisphere

Results of the linear calculations for the northern hemisphere of Mars are pre-

sented in this section, for both relatively non-dusty and highly dusty basic flows and

for topographic and combined topographic and thermal forcings.

4.5.1 Non-Dusty Basic Flows with Topographic Forcing

We begin by presenting results obtained with a nominal non-dusty flow and
mechanical topographic forcing. Thermal forcings are not considered in this section.

Most of the results presented here were obtained using basic flow L04 (see Table 4.2

and Fig. 4.lOa), together with the moderately-weak Rayleigh friction profile (j) shown

in Fig. 3.la and the low-dust Newtonian cooling profile in Fig. 3.lb.

The large-scale aspects of Mars' northern-hemisphere topography have been dis-

cussed in Section 4.1. Two main features are the high relief regions in middle latitudes

(protrusions of Tharsis in the western hemisphere and Arabia Terra in the eastern
hemisphere) and, Vastitas Borealis in high latitudes (a longitude-encircling 'trough'

on the order of 1 km below the 6.1 mb standard topographic datum). These features

are clearly shown in Fig. 4.1. As noted in Section 4.1, the dominant longitudinal to-

pographic asymmetries are centered in low latitudes, the strongest component being

zonal wavenumber 2.

To allow for extratropical features corresponding to the largest zonal scales, the

linear calculations have been carried out to zonal wavenumber 5. Generally, results

indicate rather strong vertical wave propagation for zonal wavenumbers 1 and 2, and
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rather weak vertical propagation for larger zonal wavenuinbers. This aspect can be

seen in Figs. 4.15 and 4.16 which show the computed wave geopotential and tempera-

ture amplitudes for wavenumbers 1-3, respectively. In the following we discuss these

structures in detail.

Meridional Strt4ctures

The wavenumber-1 geopotential amplitude (Fig. 4.15a) shows a maximum lo-

cated near = 65°N at z = 60-70 km, slightly poleward of the zonal jet core. De-

pending on the strength of the Rayleigh friction used, the magnitude of this maximum

has been found to vary between 50 -700 m. With strong damping (xR = 0(1 day-')
at z = 30-50 km, as in profile (j) o Fig. 3.la), a weaker maximum is found; and, with

strong damping in middle/high 1ev ls (aR = 0(1 day-1) at z = 60-80 km, as in profile

(h) of Fig. 3.la), a stronger maximum is found. As demonstrated in the model sensi-

tivity experiments, the vertical position of the wavenumber-1 geopotential maximum

is insensitive to the damping strength. However, the structure of the jet (e.g., the
core's vertical position) does affect the location of the wavenumber-1 maximum. This

is considered separately in an experiment using a different flow (one with a slightly

lower jet core). In the extratropics, the wave's phase exhibits a westward tilt with
increasing height (shifting 30-90° below 60 km), and above 10 km, with decreasing

latitude.

The wavenumber-1 temperature amplitude consistent with the above geopoten-

tial structure is shown in Fig. 4.16a. Because the model imposes hydrostatic balance

for the wave field (cf. Eq. (3.13)), there are two maxima found below and above the

peak in the geopotential amplitude. The lower maximum can be seen in Fig. 4.16a

and is located at a = 60°N and z = 35 km, much lower in height than the maximum
geopotential amplitude and well below the jet core level. Depending on the choice of

Rayleigh friction, its magnitude has been found to vary, ranging between 2-4 K. A

somewhat similar wave structure has been seen in Mariner 9 IRIS observations ob-

tained during late northern winter (e.g. Conrath, 1981 and Fig. 2.2a). The observed

maximum temperature amplitude, positioned at the same latitude as the balanced

jet, was found nearly 20 km below strong zonal flow located between 30-40 km.
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The large temperature amplitudes located in high latitudes below z = 10 km

in Fig. 4.16a are associated with the choice of lower boundary condition used in
the model. If the zonally symmetric topographic term a'v'hBç, is included in the
linearized expression for tii (cf. Eq. (3.22)), large amplitudes occur near ço = 70-

80°N. More importantly, however, whether the zonally symmetric contribution to ii'

is included or not, there is little effect on the temperature amplitude's meridional

structure above z = 10 km.

For wavenumber 2 (Fig. 4.15b), a large geopotential amplitude is found near

= 60°N and z = 40-50 km, slightly poleward and below the zonal jet's core position.

As in the wavenumber-1 case, depending on the choice of Rayleigh friction profile, the

magnitude of the wavenumber-2 maximum varies between 300-500 m. Its vertical

position is also insensitive to the dissipation strength below the jet-core level. As can

be seen from the figure, wavenumber 2 is strongly barotropic in the extratropics (less

than a 100 westward shift below 90 km). The wavenumber-2 temperature amplitude

shown in Fig. 4.16b has a pair of extratropical maxima centered near = 60°N: an

upper maximum (v 1 K) is located at z = 65 km and a lower maximum (.-.' 2 K) is

located near z = 5 km. Including the zonally symmetric term in the expression for

iii' imposed at the lower boundary again leads to a large temperature amplitude in

high latitudes at the lowest levels. In addition, in subtropical latitudes ( < 30°N),

there is a rather 'noisy' temperature structure with rapidly decreasing values with
height between the forcing level and 10 km. This structure might be related to the
large wavenumber-2 tropical topography, the interaction of wavenumber 2 with the

sloping subtropical critical layer associated with this basic state (located between

15-25°N for z 10 km), or both.

It can be seen from Fig. 4.15c that zonal wavenumber 3 is strongly vertically

trapped below z = 30-40 km in middle latitudes. For this zonal harmonic, the max-

imum geopotential amplitude is centered near = 40-50°N and z = 10 km; its
magnitude varies between 100-150 m, depending on the strength of the Rayleigh fric-

tion. Similar to the wavenumber-1 and wavenumber-2 cases, the maximum's position

in the vertical is insensitive to the strength of the dissipation below z = 50 km. The

wavenumber-3 temperature amplitude shown in Fig. 4.16c also reflects strong verti-
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As in the wavenumber-2 case, most of the temperature amplitude is confined to the

subtropical regions.

From the above figures of wave-amplitude structures for wavenumbers 1-3, it is

apparent that significant vertical and meridional wave propagation occurs with the

topographic forcing for both wavenumbers 1 and 2 under nominal non-dusty condi-

tions. The maximum amplitudes for wavenumber 2 are typically 60-70% of those of

wavenumber 1. At high levels (z 70 km) wavenumber 2 decreases much more rapidly

with height than wavenumber 1. The preference for greater vertical propagation for

the lower zonal wavenumbers is generally consistent with the Charney-Drazin (CD)

condition (Charney and Drazin, 1961). However, because the hypothetical wintertime

non-dusty flows (as well as the highly dusty flows discussed in Section 4.2) depend

substantially on both latitude and height, the wave propagation is more complex and

the CD condition should only be qualitatively valid.

A more physically revealing quantity describing the potential for large-scale

vertical and meridional wave propagation is the modified quasi-geostrophic refractive

index, , discussed in Section 3.4. Wave propagation is favored in regions of positive

Q, and waves become evanescent in regions of negative . The refractive index

patterns associated with the nominal non-dusty flow and zonal wavenumbers 1-3 are

shown in Fig. 4.17. As can be seen in Fig. 4.17ab for both zonal wavenumbers 1 and

2, a positive waveguide extends upward from low levels in middle latitudes toward

high levels in high latitudes. However, the wavenumber-2 waveguide is nearly 100 of

latitude narrower over most of its vertical extent. Because Q depends fundamentally

on the ratio of q/ü, particularly for the lower zonal wavenumbers, the wavenumber-1

waveguide is very similar to the positive channel of , in Fig. 4.11a. This waveguide

is due primarily to the zonal flow's strong (and negative) meridional curvature. From

Fig. 4.17c, it can be seen that for zonal wavenumber 3 the waveguide is completely

absent in the vertical, except below 10-15 km in middle latitudes. It should be noted

that the form of the refractive index used to produce the patterns shown in Fig. 4.17

does not explicitly include a dependence on dissipation. An alternative form that
includes dissipation in terms of Newtonian cooling and Rayleigh friction coefficients is
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given in Schoeberl and Celler (1977). Provided < cos ç) as is the case for the

profiles of Rayleigh friction used here, the inviscid form of , is a good approximation.

The wave-amplitude structures shown in Figs. 4.15 and 4.16 are in general agree-

ment with the refractive index patterns shown in Fig. 4.17. From the dependence of8

on the zonal wavenumber, little vertical propagation should be expected for wavenum-

bers greater than 2 and this has been verified for the non-dusty calculations forced

with northern-hemisphere topography.

Further evidence of the ability for meridional and vertical wave propagation can

be found in cross sections of the Eliassen-Palm flux described in Section 4.3. Examples

associated with the wave structures presented above for wavenumbers 1-3 are shown

in Fig. 4.18. A standard convention has been used to plot the Eliassen-Palm flux in
the meridional plane (e.g., Dunkerton et al., 1981; Butchart et al., 1982), namely, the

components of F have been 'compressed' by a factor of 2ira cos ço so that patterns

of F appear divergent only when they are truly divergent. In addition, coordinate
distortion between the horizontal and vertical axes has been taken into account by

rescaling the meridional component F(c0) with a constant parameter dependent on the

discrete grid spacing.

It can be seen from Fig. 4.18a that the strongest wavenumber-1 EP flux emanates

out of mid-latitudes with a positive poleward component near the forcing level. By

20-30 km, the flux is directed equatorward in middle and low latitudes and mostly

upward in high latitudes. For quasi-geostrophic scaling, this up-and-equatorward flux

pattern is consistent with the poleward heat and momentum fluxes associated with

stationary wavenumber 1. It reflects the westward phase tilt with increasing height
and decreasing latitude of the wave geopotential (cf. Fig. 4.15). When the wave
geopotential is decomposed in terms of longitudinal Fourier modes, the sth component

of the EP flux can be related to the waves's phase such that

'O 0
sgn(F3c(0),F8cz)) = sgn (_(_is),._(_cE$)) (4.45)

aThp

where is the (westward) phase shift of the sth component of wave geopotential.

The contours shown in Fig. 4.18a are the wave driving DF, with negative values



67

representing convergence of F (i.e., a wave-induced deceleration of the zonal-mean
zonal flow (cf. Eq. (4.18)). For nominal non-dusty conditions, it can be seen that
the topographically-forced stationary wavenumber 1 produces a zonal deceleration of

roughly -4 m s day-1 concentrated within the zonal jet's core near 60 km.

For zonal wavenumber 2, a similar up-and-equatorward EP flux pattern is found

in middle latitudes below 35 km. As shown in Fig. 4.18b, the strongest wavenumber-2

flux emanates from the forcing level between 40-60°N. Above z = 35 km however,

there is a region where F points downward and a region where DF > 0, within the
positive wavenumber-2 waveguide ( > 0). This upper-level structure in F is spurious

and arises from a coarse meridional resolution within the upper-level waveguide, as

described below.

As mentioned in Section 4.3.3, the Eliassen-Palm theorem has a relatively simple

form for small-amplitude, quasi-geostrophic disturbances on a mid-latitude /3-plane,

and when dissipation is expressed by equal and constant Rayleigh friction and Newto-

nian cooling coefficients. In this case and for a steady wave, Eq. (4.44) becomes (e.g.,

Edmon et aL, 1980; Andrews et aL, 1987): VF = D = -poq'2/,, where > 0 is the
constant damping coefficient; q' is the eddy quasi-geostrophic potential vorticity; and

= a is the mean potential vorticity gradient. Here, the sign of DF = V . F/po
has the opposite sign of . The above wavenumber-2 result is thus contrary to what

one expects from quasi-geostrophic theory. For the spherical primitive equations, as

discussed in Andrews (1987), there is no general way to predict the sign of DF from

considerations of the sign of , alone. Even for rather simple choices for basic states

and the nonconservative term in Eq. (4.44), dissipation can act as a source of wave

activity density. Using a scheme developed by Andrews (1987), it is possible to de-

termine the terms in the generalized Eliassen-Palm theorem in Eulerian-form for the

linearized primitive equations.

Evaluation of the wave activity density A and source term D for wavenumber

2 (from Eqs. (3.12) and (3.13) in Andrews (1987)), indicated that there was signifi-

cant disagreement between D and V . F above 30-40 km. Since the wavenumber-2

waveguide is very narrow at upper levels, less than 100 of latitude (i.e., < 2i.p), a

sensitivity experiment was made for wavenumber 2 (similar to those described in Sec-
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tion 4.4). With a constant wave forcing (iY = 0.3 cm s), the same dissipation as

above, but increasing the resolution to çc = 1.25°, the source of wave activity does

correlate with the region of < 0, as can be seen in Fig. 4.19d. And below 35 km,

the direction of F in middle latitudes is very similar to that depicted in Fig. 4.18.
(The wave structure is basically the same as that in Fig. 4.15b: strongly barotropic

in middle latitudes, because of a weaker forcing the amplitude is smaller.) And, there

is very good agreement between the wave activity source term D shown in Fig. 4.19c

and DF shown in Fig. 4.19d. Further, the wave activity density A shown in Fig. 4.19b

indicates a pattern that very much resembles that of ,. As discussed by Andrews, in

the quasi-geostrophic limit the expressions for A and D tend to their quasi-geostrophic

forms which are proportional to ,.

Notwithstanding the spurious patterns of F and DF in upper levels for wavenum-

ber 2, the coarser meridional resolution ( = 5°) does capture the lower and middle

level flux patterns quite well.

The EP flux for wavenumber 3 (Fig. 4.18c) shows an up-and-equatorward pat-

tern below 15 km in middle latitudes, with some poleward-directed flux near the forc-

ing level in high latitudes. Evidence for sharp vertical trapping of wavenumber 3 is

apparent in this figure: F is directed upward (downward) in the region below (above)

the wave barrier formed where < 0 in middle latitudes for z 10-20 km (see

Fig. 4.17c). The wavenumber-3 EP flux demonstrates that little vertical propagation

occurs for this wavenumber in the non-dusty basic state.

The net linear tendency associated with wavenumbers 1-3 are shown sep-

arately in Fig. 4.20. For wavenumber 1 (Fig. 4.20a), a region of weak zonal-flow

deceleration occurs in the high extratropics with roughly the same pattern as DF.
The maximum deceleration is slightly weaker (-2 m s day1) and occurs further
aloft. Regions of weak flow acceleration are again located on the equatorward and

poleward sides of the jet. For wavenumber 2 (Fig. 4.20b), weak deceleration is found

in the high extratropics (-1 m s day1), slightly stronger than indicated by DF
only. For wavenumber 3 (Fig. 4.20c), the flow deceleration is strongest in low levels

(-2 m s day1) and confined between 30-60°N (the region where Q, > 0). In the
subtropics there is strong flow acceleration in low levels (5 m s day1), associated
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with wave damping near the critical surface.

Horizontal and Longitude-Height Patterns

We further examine how large-scale topography influences northern-hemisphere

planetary waves by inspecting horizontal (i.e., longitude-latitude) fields and longitude-

height structures constructed from the linear calculations. Total stationary fields are

produced by superposing responses associated with wavenumbers 1-5.

Shown in Fig. 4.21 are horizontal patterns of wave geopotential. Panels a
d in this figure correspond to model levels at 6, 10, 20 and 30 km, respectively.
Negative geopotential values are shaded. Arrows are the horizontal wave velocity field

u (til, VI, 0). The horizontal stationary flow is generally clockwise (anticlockwise)

about centers of high (low) geopotential. Apparent in Fig. 4.21 is a zonally-oriented

wave pattern in the extratropics, with a strong wavenumber-2 signature at lower
levels that becomes predominantly wavenumber 1 by z = 30 km (cf. Fig. 4.21d).

For levels where the wavenumber-2 pattern is still discernible, the linear stationary

features are asymmetric between the eastern and western hemispheres: depending on

the vertical level, the high geopotential center in the western hemisphere is roughly

half as strong as that found in the eastern hemisphere. The wave pattern also shows

a southwest-northeast tilt on the equatorward side of the jet, marking a net poleward

wave momentum flux. From Fig. 4.21 it can be seen that the stationary wave response

is equivalent barotropic and the high/low centers shift poleward by 10-15° between

the 6 and 30 km levels, tracking the jet-core's poleward shift with increasing height.

The barotropic character is further illustrated in Fig. 4.22, which shows longitude-

height sections of the wave geopotential at three different latitudes. What is evident

in all panels in Fig. 4.22, is that the eastern-hemisphere stationary features are not
only stronger but also more barotropic than the western-hemisphere features. In the

western hemisphere in middle latitudes below 35-40 km, there is evidence of a weak

westward tilt of the wave geopotential with height (15-20° of longitude cf. Fig. 4.22b),

indicative of a poleward heat flux. In higher latitudes this westward tilt diminishes,

becoming nearly equivalently barotropic above 30 km or so (cf. Fig. 4.22c). Further,

low-latitude vertical trapping of the stationary geopotential wave is indicated in Fig.
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4.22a, where at 30°N, there is little phase variation with height and the maximum
geopotential values occur well below 10 km.

The horizontal positions of the stationary features with respect to the underlying

topography are consistent with basic theory of stationary planetary waves forced via

low-level flow interacting with large-scale topography (e.g., Dickinson, 1978; 1980;

Grose and Hoskins, 1979; Hoskins and Karoly, 1981; Held, 1983). In particular, for

this strongly barocinic basic state, regions of high geopotential are anchored to the

extratropical high relief regions of Tharsis and Arabia Terra. A close inspection of the

wave geopotential phases, however, indicates that in the extratropics (e.g., between

40-55°N) and near the forcing level, wavenumber 1 is shifted 20-30° to the west
from wavenumber-1 topography, while wavenumber 2 is very much in phase with the

wavenumber-2 topography.

From a thermodynamic standpoint, the fields of geopotential and vertical veloc-

ity suggest a near balance between horizontal advection and adiabatic cooling. This

balance can be verified by inspecting the horizontal field of wave vertical velocity near

the forcing level shown in Fig. 4.23, together with the smoothed northern topography

depicted in Fig. 4.5 and the field of wave geopotential shown in Fig. 4.21a. From Eq.

(3.15) expressed in terms of potential temperature, v' = (a/,)w', so that in the
northern (southern) hemisphere we have v' ±sgn(w'). Upward (downward) mo-

tion on the upstream (lee) side of Tharsis, Arabia Terra and Elysium is accompanied

by positive (negative) meridional wind. The strongest positive wave vertical velocity

is located on the upstream side of Arabia Terra near 45°N, and the corresponding
anticyclone, shifted slightly to the west of this relief, provides for warm advection
to counteract adiabatic cooling of the ascending air. As discussed by Hoskins and

Karoly (1981), for a barocinic atmosphere, horizontal advection by the zonal-mean
zonal wind acts to displace the centers of high geopotential slightly toward the west

(of the order 10-20°, typically). This appears to be true for wavenumber 1 in the

linear model.

Sensitivity to Vertical Position of Jet Core

The importance of the jet core's position on the topographically forced planetary
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waves was investigated using a basic state in which the jet was slightly lower. In
particular, it was of interest to determine the effects of a lower jet on the high-level

wavenumber-1 structure. Flow L07 (see Table 4.2 and Fig. 4.lOc) is slightly weaker

than that of L04 (by 20 m s1) and associated with the lower and weaker jet are

smaller values of > 0 through its core (Fig. 4.11c). The same choices of Rayleigh

friction and Newtonian cooling were used, and all other parameters were kept the

same as in the nominal non-dusty experiment.

For wavenumber 1, the maximum geopotential amplitude was roughly 25%
weaker than that indicated in Fig. 4.15a and positioned in middle latitudes between

40-50 km, nearly 20 km lower. The phase was nearly the same as that in Fig. 4.15a,

although the strongest (westward) phase tilts occurred lower, i.e., below the maximum

amplitude. The wavenumber-1 temperature amplitude was 1-2 K below 50 km. For

this basic state, wavenumber 2 was weaker in middle latitudes (by 35%) and somewhat

stronger in the subtropics than in Fig. 4.15b.

Examination of horizontal fields of wave geopotential showed that again a mostly

zonal wavenumber-2 pattern occurred below 20-30 km, with similar hemispheric asym-

metry to that in Fig. 4.21 (the eastern-hemisphere centers exceeded those in the west-

ern hemisphere). In the western hemisphere, the ridge and trough were also shifted

10-15° further east. Because of a weaker wavenumber-2 amplitude in middle lati-

tudes, the horizontal wave pattern was dominated by wavenumber 1 more rapidly
with height than in the nominal non-dusty experiment.

Thus, although increased dissipation (in the form of Rayleigh friction) did not

affect the level at which the largest wavenumber- 1 response occurred, the position of

the maximum response is sensitive to the vertical position of the jet core.

4.5.2 Sources of the Effective Topographic Forcing

With the linear wave model, one can investigate the importance of low-latitude

topography versus mid-latitude topography in forcing the predominantly extratropical

stationary waves. One may also investigate the forced-wave response resulting from

Mars' largest orographic feature, Tharsis. Both issues are considered in this section.
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'Flat' Extratropical Topography

To isolate the importance of low-latitude topographic forcing of the extratrop-

ical stationary-wave response, an experiment was performed using just subtropical

asymmetric topography (i.e., H5() were set to zero for 30°N) and the same ba-

sic state, dissipation and forcing as in the first experiment. Again, the wavenumber-1

geopotential amplitude achieved a maximum in high latitudes near 60 km but its mag-

nitude was very small: less than 10% of that determined using the full hemispheric

topography. The largest wavenumber-1 EP flux was directed mostly equatorward out

of the subtropics (i.e., IF()I >> IFI), indicating dominant (weak) poleward momen-

tum (heat) flux. Regardless of the positive waveguide in middle and high latitudes
(where > 0 upward through the jet), little wave-activity flux penetrated into the

extratropics. This resulted in a much weaker wavenumber-1 geopotential. Wavenum-

ber 2 also exhibited a much weaker amplitude (less than 10% of that for the full
topography). Thus, in order to produce significant steady, linear responses in middle

latitudes for wavenumbers 1 and 2 (e.g., with I'I/g = 0(500 m)), some extratropical
topographic forcing seems to be crucial.

Stationary Response to Synthetic Tharsis

It is useful to determine the contribution from Mars' dominant orographic fea-

ture, the Tharsis ridge. This has been considered by using a synthetic mountain
in the linear wave model. Synthetic mountains have often been used in studies of
orographic forcing of large-scale waves in the Earth's atmosphere (e.g., Bolin, 1950;

Grose and Hoskins, 1979; Hoskins and Karoly, 1981). The study by Bolin focused

on a narrow, longitudinally-oriented orography and its effect on westerly flow. The
latter two studies concentrated on how wave responses were modified when spheri-

cal geometry and latitudinal variation of the mean flow were taken into account in

barotropic and barocinic atmospheres, respectively. A fundamental result of these

studies is the validation of a constraint derived from fl-plane quasi-geostrophic theory

(e.g., Dickinson, 1980; Hoskins and Karoly, 1981). That is, in dissipative barotropic

(barocinic) conditions and for mid-latitude zonal wavelengths less than (greater than)
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L0) O([30atfl] )the 'resonant' scalethe phase of the response with respect to
the topography is nearly identical: a pressure 'ridge' (anticyclone) on the upslope.

The model mountain incorporated here is a near-equatorial Gaussian-ellipse con-

structed to represent Tharsis' bulk configuration at the largest zonal scales. The model

mountain is centered at A = -105°E and ço = -l0°N and its elliptical base is rotated

15° with respect to parallels of latitude. Fig. 4.24 shows its northern-hemisphere ex-

tent. The Gaussian-ellipse has semimajor and minor axes of 34° of latitude and 30° of

longitude, respectively, and its maximum height is 11 km. When compared with Fig.

4.5, it can be seen that the idealized topography contains the western-hemisphere's

high relief reasonably well for zonal wavenumbers less than 6.

For use in the wave model, the synthetic topography must be decomposed into

longitudinal Fourier modes. Because of its analytic form, the idealized amplitudes

are symmetric about = -10°N, whereas the Consortium amplitudes show strong

asymmetries between the northern and southern hemispheres. Poleward of 40°N, the

synthetic amplitudes are much weaker than the Consortium amplitudes (by a factor

of 2 or more). Only in the subtropics and for zonal wavenumbers 1 and 4, are the syn-

thetic amplitudes stronger (by factors of 1-3 and 1-4, respectively), since it is similar

to Tharsis at large zonal scales, interpretation of the forced-wave response associated

with this isolated mountain should aid in the interpretation of the forced-wave re-

sponse arising from Mars' largest orographic feature. For example, the possibility of

wave interference between wavetrains arising from eastern and western hemisphere

topography is removed.

Using the same basic flow, dissipation and forcing level as in the Consortium

topography experiment, wave calculations were performed with the isolated Tharsis.

Some examples of the wavenumber-1 meridional structure are shown in Fig. 4.25.

Compared to the Consortium experiment, the structures are nearly the same, although

the idealized topography produces larger geopotential and temperature amplitudes

(Figs. 4.25a and 4.25b). In the extratropics, the wave's phase tilts westward with
increasing height and decreasing latitude, and the temperature field evidences a 'node'

in high latitudes between the two amplitude maxima. The wavenumber-1 amplitude
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is larger (e.g., 4'9/g = 0(1000 m) between 50-80 km) since the synthetic asymmetric
topography between 20-35°N exceeds that of the Consortium data. Near the forcing

level in the subtropics, the strongest EP flux is directed equatorward (Fig. 4.25c) and

is roughly 5 times the strongest flux seen in Fig. 4.18a. Enough flux does penetrate

poleward into middle latitudes, however, resulting in a stronger flux convergence (e.g.,

-10 m s day-1). The stronger convergence arises from both a larger wave

amplitude (a squared dependence) and stronger vertical phase variation. The zonal-

mean tendency (Fig. 4.254) also shows a similar pattern, although like the the flux

convergence, the net linear deceleration is nearly 3 times stronger.

For wavenumber 2 (not shown in Fig. 4.25), the wave amplitudes are located

near the same position as in the Consortium topography experiment, although the

magnitudes are roughly 3 times less.

Shown in Fig. 4.26 are longitude-latitude sections of wave geopotential arising

from the isolated topography. It can be seen that the horizontal pattern is dominantly

zonal wavenumber 1 and the western-hemisphere 'ridge' and 'trough' exhibit a definite

westward phase tilt with height. Below 10 km, the ridge is located on the upslope of

the forcing and its center is shifted westward by 10-20°. Compared to the western-

hemisphere high and low geopotential centers shown in Fig. 4.21, the ridge and trough

from the isolated topography are both broader zonaily and shifted in phase. For

example at z 10 km, the lee trough associated with the Gaussian mountain is
near -30°E, in agreement with the trough shown in Fig. 4.21b; the ridge, however,

is shifted 30-40° further west. This difference arises from the trough formed in the

lee of Elysium in the Consortium experiment, which reduces the zonal scale of the
ridge over Tharsis and shifts its center toward the east. Also, the trough remains well

above 50 km, whereas in the Consortium topography experiment this feature mostly

vanishes above 35 km (cf. Fig. 4.22c). Another interesting feature of the synthetic

mountain experiment is a relatively large response far downstream of the source (e.g.,

between 120-150°E). This aspect is reduced in low levels with stronger dissipation in

the model (e.g., with profile (i) in Fig. 3.la for Rayleigh friction). That the western-

hemisphere horizontal patterns are different for the two experiments suggests that

wave interference may be occurring between the western and eastern hemisphere's
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stationary waves in the Consortium topography experiment.
Longitude-height sections of wave geopotential for the isolated Tharsis experi-

ment are shown in Fig. 4.27. With the idealized orography, the western-hemisphere

response in middle and high latitudes evidences a strong westward phase tilt with

height
(v

300 every 10 km), compared to the equivalent barotropic structure with

the Consortium topography (ci. Fig. 4.22c). In that experiment, the barotropic struc-

ture of the ridge in the western hemisphere is reinforced from the very strong trough

formed in the lee of eastern orography (i.e., Arabia Terra and Elysium).

4.5.3 Non-Dusty Basic Flow with Topographic and Thermal Forcings

In this section we consider combined orographic and thermal forcing using the

nominal non-dusty wintertime basic state. The thermal forcing, described in Sec-

tion 4.1, parameterizes heating (cooling) resulting from high (low) relief following the

treatment in Webster (1977). Our intention is not to model in any detail net thermal

forcing associated with large-scale, spatially varying surface radiative properties of

Mars (e.g., planetary albedo and thermal inertia patterns), nor to consider any heat-

ing resulting from increased solar absorption by atmospheric dust. Rather, we wish to

examine whether a predominantly low-latitude, height-dependent source of thermal

forcing can alter the flux of planetary wave activity into Mars' intense winter polar

vortex. Webster's form of thermal forcing, although simplistic, permits a controlled

investigation of possible modifications to the winter ext ratropical stationary-wave pat-

tern from subtropical and predominantly low-level heating.

We consider two cases of thermal forcing: a strong heating (upper-limit) case

with substantial heating in the lowest vertical levels extending from the tropics into

mid-latitudes; and, a weak heating (lower-limit) case with the heating confined mostly

equatorward of the subtropics. In both cases, imposing an e-folding depth of 2H for

the heating amplitude (cf. Eq. (4.11)) restricts the bulk of the heating below 25 km.

A response to thermal forcing may differ fundamentally from a response to to-

pographic forcing, partially because this type of forcing enters not only at the lower

boundary but throughout the domain (ci. Eq. (3.15)). Using arguments based on
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quasi-geostrophic, linearized, and inviscid theory, the steady response to thermal forc-

ing can be separated into two meridional regimes, depending on whether the heating

is shallow or deep, and whether it is balanced by horizontal or vertical advection (e.g.,

Hoskins and Karoly, 1981): a mid-latitude response, in which a trough is formed
downstream of the forcing and is due to sinking motion above the source; and a
subtropical response, in which a trough is positioned upstream of the source and is
associated with rising motion over the forcing. The above points are valid for the

largest zonal scales (i.e., for k << k,. /3/i). Included in the above arguments is the

assumption that the heating has no vertical phase variation. In addition, the domi-

nant scale of the response associated with thermal forcing is typically larger than that

due to topographic forcing (even if both forcings are of similar horizontal scales) and,

the thermal response is more barodinic (Held, 1983). These characteristics enable

possible 'interference' to occur when both forms of forcing are present.

In this section, the above points will be kept in mind when discussing results with

both topographic and thermal forcing. We first consider results from an experiment

with the stronger thermal forcing.

Strong Subtropical Heating

In the combined topographic and strong thermal forcing experiment, the same

dissipation is adapted as in Section 4.5.1: strong damping in middle/high levels
(Rayleigh friction profile (j) and the low-dust Newtonian cooling profile shown in

Fig. 3.1). The thermal forcing uses a cosine-latitude lapse rate as in Webster (1977).

Since the heating parameterization is tied directly to the topography, the ther-
mal forcing exhibits a similar spatial pattern. In this experiment, extratropica.1 heating

occurs below 20 km as can be seen Fig. 4.28a-b. At both levels shown, the strongest

heating occurs in the tropics and the largest zonal scales dominate (e.g., wavenum-

bers 1-3 with amplitudes 0(10 K day-')). Three dominant 'warm' regions are found

associated with Tharsis, Arabia Terra and Elysium, with values at 10 km 0(1-5 K

day-') for latitudes poleward of 25°N. Because of the latitudinal dependence on the

lapse rate, warm and cool regions extend from the tropics well into high latitudes
(near 65°N).



The wave structures associated with wavenumbers 1-3 are shown in Fig. 4.29.

The patterns are generally similar to those produced with just topographic forcing,

with the bulk of the wave disturbance located in the extratropical waveguide through

the jet. With thermal forcing, the extratropical amplitudes for wavenumbers 1 and 2

are increased by 20-30%, yet the amplitude of wavenumber 3 is slightly decreased. In

low-latitudes near the forcing-level, wavenumber 1 now reaches 100 m. In addition,

there is significant change to the wavenumber-1 phase in middle latitudes (cf. Fig.

4.15). A more barotropic response is produced when thermal forcing is included, with

the strongest vertical (westward) tilt below 40 km. The mostly horizontal phase lines

at and below this level, indicates that the poleward momentum flux associated with

wavenumber 1 should be reduced. In fact, equatorward of 40°N and between 10-20 km

an enhanced eastward tilt of wavenumber 1 suggests that an equatorward momentum

flux occurs (considered more below in relation to the (EP) wave activity flux).

Inspection of the low-level amplitudes and phases of wavenumber 1 and 2 mdi-

cates that interference occurs between the thermal and topographic responses. Pole-

ward of 25°N the wavenumber-1 response is now more in phase with the topography

(i.e., shifted less to the west) and the amplitudes are larger, indicating constructive
interference by the thermal forcing. In the subtropics, although the amplitude of
wavenumber 1 exceeds that arising from just topographic forcing, the response is

shifted much further west (between 130-180°) of the topography, indicating a neg-
ative reinforcement by the heating (i.e., the response to the heating alone would
exceed the combined response). The same patterns are obtained for wavenumber 2

at low levels: in middle and high latitudes, heating interferes constructively with the

topography, but in low-latitudes there is negative reinforcement. Thus, when both

topographic and thermal forcing are included, interference can occur between the two

forced responses (for a particular wavenumber). Whether there is (total) destructive

or constructive interferencei.e., 'beats' (from an analogy with a damped, harmonic

oscillator driven by two or more forcings of different frequencies)depends on the

(total) zonal wavenumber of the forced response. This is considered below in relation

to the stationary wave patterns.

In Fig. 4.30 are the temperature wave amplitudes for zonal wavenumbers 1-3



associated with the above geopotential structures. In all three panels, the temperature

perturbation in middle latitudes is basically the same as in Fig. 4.16; in low latitudes,

however, the subtropical heating produces larger responses (by factors of roughly 15,

1, and 2 for wavenumbers 1-3, respectively).
As shown in Fig. 4.31, with this strong subtropical thermal forcing, the EP flux

associated with wavenumbers 1-3 is quite different from that arising from just topog-

raphy. For example, in low and middle latitudes below 15 km, F is definitely poleward

for wavenumber 1 (as anticipated from the phase structure discussed earlier), indicat-

ing a low-level (EP) wave-activity flux out of the subtropics into higher latitudes.

Since the heating rapidly decreases both poleward of 45°N and above 20 km, the

flux is mostly the same in middle latitudes and further aloft (as a consequence, the

strongest (negative) wave driving is little changed). For wavenumber 2, the low-level

flux in the subtropics exceeds that in middle latitudes, and poleward of the criti-
cal surface, F is mostly vertical (associated with a predominant poleward heat flux).

Wavenumber 3 also exhibits an enhanced vertical flux in the subtropics. However,

in middle latitudes where the wave is strongly vertically trapped, the waves' phase

tilts eastward with increasing height and the direction of F indicates a predominant

equatorward heat flux (opposite of that with just topographic forcing).

In the subtropics, the strong heating (cooling) is offset partially by adiabatic

cooling (warming) as indicated in Fig. 4.28e, which shows the low-level vertical velocity

to'. Large upward (downward) motion occurs over (in the lee of) Tharsis near -110°E

(-15°E). in response to the creation of positive vorticity through vortex stretching
(ftv' > 0) as discussed by Hoskins and Karoly (1981), advection of planetary vorticity

(Iiv' > 0) requires a trough to the west of the thermal source. This type of balance
can be seen in low latitudes at low levels in Fig. 4.32. The opposite pattern is found

in association with the cool region east of Tharsis, Chryse Planitia (near -40°E).
Both warm and cool source regions in the subtropics result in the development of a

ridge (anticyclonic circulation) near -120°E. This low-latitude response, when coupled

with the response in middle latitudes, provides for an increased northerly flow over the

warm region between -100 to -70°E. And, cooling in the lee of Tharsis is partially

compensated by a southwesterly/southerly flow (v' > 0) near -30°E.
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In middle latitudes, thermal forcing is offset by horizontal advectionand for a
deep heating source, as is the case hereby meridional advection predominantly. This

type of balance dominates poleward of 20-30° N in the western hemisphere and results

in the development of a trough east of the thermal source. Hence, as can be seen in

Fig. 4.32, there is a weakening of the ridge near -100°E and a strengthening of the

trough near -40°E. The patterns in the eastern hemisphere are little affected. Even

though the individual wavenumber responses in middle latitudes indicated construc-

tive interference, the total response is different. In part, the 'destructive' interference

of the total wave field in the western hemisphere results from a larger horizontal scale

of the response for thermal forcing, compared to the scale of the response for topo-

graphic forcing (e.g., Held, 1983). In the eastern hemisphere, the thermal forcing
is weaker, and its zonal scale smaller, so if anything, there is positive reinforcement

of the topographic response. As can be seen by comparing the horizontal patterns

from the topography experiment, when both topographic and thermal forcings are

included, the extratropical wave pattern is more asymmetric between the eastern and

western hemispheres. Because the trough near -40°E is enhanced, the pattern is still

strongly zonal wavenumber 2 at 30 km.

The importance of wavenumber 2 is clearly indicated in Fig. 4.33, which shows

longitude-height sections for this experiment. As a result of the stronger wavenumber-

2 response in middle and high latitudes between 10-40 km, the extrema of the down-

stream wavetrain occur slightly further aloft (10-15 km) when thermal forcing is
included. In the western hemisphere, the destruction of the ridge can also be clearly
seen (ci. Fig. 4.22).

Weak Subtropical Heating

In the weak heating experiment allowance is made for a latitudinally and ver-

ticaily varying lapse rate, associated with this non-dusty basic state. In addition, a

slightly weaker Rayleigh friction is used (profile (h) in Fig. 3.la). As can be seen

in Fig. 4.28c-d, the magnitude of the heating is much weaker in the subtropics with

a realistic lapse rate; and, because of a temperature inversion in middle and high
latitudes, there is actually weak cooling (warming) associated with high (low) relief.
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Also, because of the basic state thermal structure, the poleward extent of the heating

pattern increases with height.
Adiabatic cooling again balances the weak thermal forcing in the subtropics

(Fig. 4.28f), with rising motion over Tharsis and sinking motion over Chryse. With

weak thermal forcing poleward of 20°N, the wave stuctures in middle latitudes are

little changed. Shown in Fig. 4.34 are the meridional structures for wavenumber 1.

The strong wave amplitude in this experiment does not result from enhanced forcing

from the heating but rather from the weaker Rayleigh friction used. Even with weak

heating, there is again substantial poleward flux of wave activity out of the subtropics

at low levels.

The horizontal stationary wave patterns for the weak heating experiment are

shown in Fig. 4.35, and at low levels, are similar to those for the strong heating exper-

iment. Again, a subtropical anticyclone is induced over the strongest thermal forcing

which supports a northerly flow (and cooling by meridional advection). Destructive

interference of the western-hemisphere topographic ridge also occurs, although not as

intense as in the strong heating experiment. And at higher levels (e.g., above 20-30

km) there is still hemispheric asymmetry in the wave pattern, with the ridge-trough

dipole in the east exceeding that in the west.

From these two experiments with simple weak and strong thermal forcings, it has

been shown that the total forced response can be significantly affected. Even though

a predominantly low-level subtropical heating only mildly increases the extratropical

wave amplitudes (for wavenumbers 1 and 2), the total wave field both in low and

middle latitudes can be strongly altered (e.g., the topographic response in middle
latitudes of the western hemisphere is weakened and that of the eastern hemisphere

is enhanced). It is possible that with more realistic thermal forcing (e.g., one that
produces more intense heating in the region of Arabia Terra), the horizontal wave

pattern below 30-40 km would be more symmetric between both hemispheres.
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4.5.4 Dusty Basic Flows with Topographic Forcing

Possible changes in the forced wintertime stationary planetary waves accompa-

nying plausible changes in the zonal-mean basic flow are examined in this section. As

discussed in Chapter 2 and briefly in Section 4.2, the zonally symmetric flow on Mars

undergoes robust changes in its intensity and meridional structure during periods of

enhanced atmospheric dustiness. As a result of such zonally symmetric changes, sig-

nificant alterations to the stationary eddy structures might be anticipated. Using

synthetic 'highly dusty' mean zonal flows in the linear wave model, together with only

mechanical (i.e., topographical) forcing, potential differences in the stationary-wave

patterns are investigated. Thermal forcing is neglected in this section.

Most of the results presented in this section have been obtained using flows 1102

and 1110 (see Table 4.3 and Fig. 4.12). As in the non-dusty experiments, the forcing is

imposed at the 4-km level. A few sensitivity experiments were performed beforehand

which indicated the forced-wave responses were insensitive to very strong Newtonian

cooling above 50-60 km (e.g., as in the 'dusty' profile in Fig. 3.lb). In the experiments

presented here, equal Newtonian cooling and Rayleigh friction were used and set to

profile (i) in Fig. 3.la. This profile provides substantial dissipation below 25 km, with

damping rates of 0(1-5 days).

Meridional Structures

Shown in Fig. 4.36 are computed wave geopotential amplitudes for wavenumbers

1-3 for dusty basic state 1102, using as forcing, the northern-hemisphere Consortium

topography. The wavenumber-1 maximum is located in high latitudes and at high

levels (near 75°N and 90 km). Experiments using even stronger dissipation in middle

and upper levels in the model yield wavenumber-1 maxima in nearly the same loca-

tion, but with weaker magnitudes. The maximum amplitude (". 2200 m) is not only

stronger than that found in the non-dusty experiment (by a factor of 3-4 roughly),
but wavenumber 1 exhibits a narrower meridional structure. Wavenumber 2 evidences

significant vertical trapping in the dusty basic state, with the amplitude structure in

middle latitudes appearing 'squashed'. This is consistent with the wavenumber-2
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refractive index pattern (discussed below). The maximum amplitude (". 270 m) is
centered near 65°N between 20-30 km, roughly 20 km lower than that in the non-

dusty basic state. Little vertical propagation occurs for wavenumber 3. What wave

activity does propagate upward is confined to middle latitudes below 10-15 km, and

produces a maximum amplitude (r.i 160 m) near the forcing level.

Wave temperature amplitudes are shown in Fig. 4.37. Wavenumber 1 exhibits

a narrow amplitude confined to high latitudes with a maximum ( 6 K) near 50 km,

roughly 15° further poleward and 15 km higher than the non-dusty amplitude. For

most of the extratropical middle atmosphere, the wavenumber-2 amplitude is fairly

weak (v 1 K), although near the forcing level at 25°N and 65°N, stronger amplitudes

( 3 K) are found. As with the geopotential, the wavenumber-3 amplitude is confined

between 20-40°N and below 10 km.

The amplitude structures are very much tied to the refractive indices (for

wavenumbers 1-3) associated with this dusty basic state. These are shown in Fig.

4.38. Like the dusty flow, the centers of the waveguides are shifted approximately 7-

10° poleward, and compared to the non-dusty fields, the positive regions through the

jet are narrower. Both wavenumbers 2 and 3 have vertically restrictive waveguides.

In the dusty basic state, the 'wave barrier' formed on the equatorward flank of the
jet descends nearly 10 km deeper and 5-10° further poleward, than in the non-dusty

jet. This wave inhibitor/reflector in low latitudes is a result of stronger (positive)

meridional curvature and more (negative) vertical shear on the dusty jet's equatorward

side.

A significant difference between the dusty and non-dusty Q, pattern is evident

for wavenumber 1. Not only is the equatorward wave barrier somewhat lower, but
also the positive waveguide through the jet core has larger values in middle and upper

levels (i.e., larger ,/u). Propagation of wave activity upward into high latitudes from

a topographic source should therefore be enhanced. Even with stronger dissipation,

wavenumber 1 achieves a much larger amplitude than in the non-dusty experiment,

demonstrating the enhanced waveguide effect. Further, as shown in Fig. 4.39a, the

EP flux associated with wavenumber 1 is both more intense and directed into high

latitudes and high levels. (In Fig. 4.39a the maximum flux near the forcing is roughly



2 times that shown in Fig. 4.18a.) Comparing the non-dusty and dusty cases, a
predominant up-and-equatorward flux from middle latitudes occurs in the non-dusty

basic state; however, a poleward and mostly vertical flux occurs in middle and high

latitudes in the dusty flow. The poleward and upward flux (i.e., equatorward mo-
mentum and poleward heat flux) are regulated by the wave's latitudinal and vertical

phase variation. Between 40-65°N near the forcing level, the phase tilts westward with

increasing latitude; and, between 60-80°N and above 10 km, the phase tilts westward

with increasing height (cf. Fig. 4.36a). The waveguide and phase variation (Palmer,
1982) allow wave activity to penetrate upward into high latitudes.

Accompanying a vigorous wave activity flux, strong high-latitude EP flux con-

vergence occurs. In the non-dusty case, weak divergence occurs poleward of 70°N

(cf. Fig. 4.18a). In the dusty experiment, wavenumber 1 exerts a zonal-mean zonal

deceleration DF -20 m s day' in upper polar latitudes.
Further evidence of strong vertical trapping of wavenumbers 2 and 3 can be seen

in Figs. 4.39b-c. The EP flux is directed primarily equatorward from the forcing level

(i.e., avoiding the restricted waveguides present in this dusty flow). Wavenumber 2

exhibits weak vertical flux into the positive waveguide between 50-70°N and below

25 km. This is associated with very weak vertical phase variation in the extratropics

and below 60 km. South of 50°N and below 20 km, the phase tilt is westward with

decreasing latitude. In high latitudes between 20-30 km, wavenumber 2 exerts a
deceleration Dp -1 m s1 day-1. Accompanying the waveguide closing off between

50-60 km, there is evidence of a source of wave activity in high latitudes and middle

levels (DF 2 m s day-'). This feature arises again because of the coarse meridional

resolution in that region. In contrast to the wavenumber-2 flux, most of the flux
associated with wavenumber 3 originates in the subtropics and is directed equatorward

around the wave barrier between 30-40°N. The wave driving from wavenumber 3 is

large near the critical latitude and below 10 km (DF -5 m s day).
For wavenumbers 1-3, the net linear zonal-mean tendencies ti are shown in

Fig. 4.40. The actual wavenumber-1 deceleration in high polar latitudes ( -15
m s day) is slightly weaker than that indicated by DF. Like the wave activity

flux for wavenumbers 2 and 3, u rs -2 to -4 m s day in the extratropics below
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20 km, and in lower latitudes for wavenumber 3 (Figs. 4.40b-c). If the mean zonal

flow could decelerate because of negative DF, the residual mean meridional circulation

(0, r, would act to maintain gradient (thermal wind) balance. For example, for

a 'decelerated' mean zonal flow arising from wavenumber-1 EP flux convergence, a

poleward and downward circulation would ensue, producing a warming of i 4 K

day-1 in high latitudes near 60 km (Fig. 4.40d). The bulk of the warming would

be due to descent (i.e., ti's < 0) and compressional heating (cf. Eq. (4.22)). Further

south, a weaker cooling would take place.

Horizontal and Longitttde-Height Patterns

For the dusty basic state, the horizontal stationary-wave patterns are rather
different than for the non-dusty basic state. Shown in Fig. 4.41 are longitude-latitude

fields of the wave geopotential. As for the non-dusty flow, centers of high and low

geopotential are located in the extratropics, with a dominant zonal wavenumber-2
pattern below 20 km. Tracking the dusty jet core, the centers themselves are located

roughly 100 further poleward than those in the non-dusty flow. Since the wavenumber-

2 extratropical response is shifted 10-15° to the west of the wavenumber-2 topography,

the geopotential centers are shifted westward compared to the non-dusty centers (cf.

Fig. 4.21). South of 45°N and below 20 km (particularly in the western hemisphere),

the dusty stationary waves exhibit stronger southwest-northeast tilting than the non-

dusty stationary waves, indicative of larger stationary poleward momentum flux (i.e.,

F(co) < 0). And above 20-25 km, the dominant zonal wave pattern rapidly becomes

wavenumber 1, with a ridge positioned in the western hemisphere (between -110 and

-120°E) and a trough in the eastern hemisphere (between 100 and 130°E). Inspection

of the vertical velocity w' at low levels (e.g, 6 km) indicates similar magnitudes as in

Fig. 4.23 for the non-dusty experiment, although the extrema west of Arabia Terra

are shifted further poleward (5-10°) as is the dusty jet.

Particularly in the subtropics and middle latitudes, the dusty stationary waves

exhibit stronger westward phase tilt with height as indicated in Fig. 4.42. And, in

high latitudes below 40 km, the total wave field in the eastern hemisphere evidences a

westward tilt, compared to a barotropic structure in the non-dusty case. Also evident
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in this figure is enhanced vertical trapping of wavenumber 2 in low and middle latitudes

(Figs. 4.42a-b), where its influence is minimal above 15-20 km (compare with Fig.

4.22). In high latitudes, the total wave amplitude exceeds 1000 m above the 40-km

level (Figs. 4.42c) and continues to increase with height into very high levels (until

approximately 90 km).
Inspection of the low-level stationary phase with respect to the topographic

forcing reveals that, in the subtropics and middlle latitudes, wavenumber 2 is only

slightly out of phase (less than a 100 westward shift). On the other hand, wavenumber

1 shows considerable phase shift with latitude. In the subtropics and high latitudes,

wavenumber 1 is west of the forcing by 20-60°. Within the zonal waveguide (i.e.,

between 50-75°N), the phase shift is larger and approaches '-' 180° at 65°N.

A few sensitivity experiments were performed to investigate the robustness of the

large wavenumber-1 amplitude to changes in the dissipation and in the dusty basic

state (e.g., a stronger jet and one without low-latitude easterlies). For somewhat

weaker dissipation (e.g., R set to profile (h) or (j) in Fig. 3.la) but still using flow

H02, much larger wavenumber-1 amplitudes were obtained, ranging from 4000-8000

m (rather unrealistic). The possibility of an enhanced or weakened response due to

partial reflection/absorption from tropical easterlies (e.g., Nigam and Held, 1983) was

examined using a basic state without a low-latitude critical surface (e.g., flow 1101

in Fig. 4.12), but with a poleward shifted waveguide (by 5-10°). Significantly more
low-level, low-latitude wave activity flux occurred, yet the high-latitude wavenumber-

1 structure was very similar: a maximum amplitude (approaching 5000 m) in high
polar altitudes. Likewise, the response was almost completely out of phase with the

topography. In another experiment, a stronger basic state flow was used, one where

the jet core approached 170 m s (e.g., flow 1110 in Fig. 4.12). Both wavenumbers

2 and 3 had similar structures (i.e., strong vertical trapping) to those in the nominal

dusty basic state experiment. And, wavenumber 1 reached a smaller maximum in

very high levels (' 1800 m near 90 km), was stronger below 50 km (by 200-300

m), and exhibited an eastward phase tilt above 50-60 km in high latitudes. These

characteristics indicate that wavenumber-1 propagation was partially impeded by the

very strong flow.



The occurrence of very large wavenumber-1 amplitudes in high polar altitudes,

little vertical phase variation between 50-65°N (above 15-20 km), and a nearly 1800

phase shift of the response with respect to the forcing, are indicators that wavenumber

1 could be at (or near) resonance for the dusty basic state. With simple choices
for mean flows and dissipation (e.g., constant vertical shear and damping) in quasi-

geostrophic -p1ane models (e.g., Held, 1983), similar characteristics are found for

modes with zonal scales larger than the resonant wavelength (defined to be where the

amplitude of forced (and trapped) modes would become infinite without dissipation).

A more thorough analysis of possible stationary (or low frequency) wavenumber-

1 resonances for the dusty basic states is postponed until the next chapter.

4.5.5 Comparisons with MGCM Results

In this section we contrast the linear stationary-wave results with results ob-
tained from several northern hemisphere winter simulations with the MGCM. Since

several factors prevent detailed quantitative comparisons (e.g., different domains and

vertical coordinates; the simple physics of the linear wave model; subtle structural
differences between the synthetic non-dusty/dusty basic states and mean zonal flows

of the MGCM (e.g., meridional curvatures and vertical shears); nonlinearities; etc.),

these comparisons are necessarily rather qualitative. However, large constrasts in the

overall stationary patterns and in field variables differing by 1-2 orders of magnitude

may indicate important physical processes that are neglected in the linear analysis.

Linear and Stationary MGCM Meridional Structures

Comparisons of the linear calculations with results from northern winter, rela-

tively non-dusty MGCM simulations show qualitatively similar structures. As shown

in Fig. 4.43 for a L3 270°, 7dt = 0.3 MGCM experiment, the stationary compo-

nent of the eddy geopotential variance has rms extratropical values between 400-600

m at the 20-40 km level. The MGCM field, however, contains contributions from all

lower zonal wavenumbers capable of substantial vertical and meridional propagation.

For a consistent comparison with the linear results, the linear rms geopotential field

associated with the lower zonal wavenumbers (e.g., s 4) should be used. This can



easily be constructed from the wave amplitudes:

1/2- 1/2{2} = {ez1Hs;} (4.46)

with similar expressions for rms temperature and other dependent variables. Using

the above expression, the 'total' stationary rms geopotential (from just topographic
forcing) shows slightly weaker values between 15-35 km than in the MGCM simulation.

When (strong) thermal forcing is included, the rms geopotential compares better with

the MGCM simulation (Fig. 4.43b). Both models indicate that most of the variance

is situated in the jet core. The primary discrepancies between the MGCM and the
linear model are the height of the maximum and the rate of increase above 20 km.

In the MGCM, the maximum is found at the model's upper boundary whereas in
the linear model, the rms geopotential maximum is located near 60 km. Because the

MGCM's top is near 45 km and its upper boundary condition differs from that used

in the linear model, these distinctions could be a result of differences in the vertical

extent and imposed upper boundary conditions of the models.

The linear rms temperature field shows a similar pattern compared to the sta-

tionary temperature field from this MGCM simulation. The maximum stationary rms

temperature indicated by the MGCM in the extratropics is 4 K, positioned at 60°N

(the latitude of the zonal jet) and near 25 km. Although the linear rms temperature

is only 2 K, it is found at roughly the same location. That the MGCM's stationary
temperature maximum is larger is consistent with the corresponding geopotential field

which shows stronger vertical variation below 50 km compared to the linear field. In

low latitudes and between 5-10 km, both models show temperatures 5K which

decrease rapidly with height.
Stationary Eliassen-Paim flux patterns from this same MGCM simulation (north-

era winter, relatively non-dusty conditions) share similarities with patterns of the flux

found in the linear calculations. Again, the stationary flux indicated by the MGCM

contains contributions from all lower zonal wavenumbers. Below the 0.3 mb level

(above 30 km) in the MGCM, middle and high latitudes are characterized by a mostly

vertically-directed flux, with weak flux convergence( 5 m s day1) marking this



region. Moving toward lower latitudes, the flux is directed more up-and-equatorward.

As in the linear wavenumber-1 flux pattern, the equatorward and poleward sides of the

zonal jet are flanked by weak flux divergence. The strongest low-level stationary EP

flux in the MGCM simulation is found in the subtropics and points predominantly
poleward, indicating a wave-forcing source in the subtropics at low levels (perhaps

thermal in nature). In contrast, in the linear non-dusty experiment with just topo-
graphic forcing, the dominant wavenumber-1 EP flux is directed upward out of the

extratropics from low levels. When (strong) thermal forcing is included in the lin-

ear calculation, the flux does become up-and-poleward out of the subtropics (cf. Fig.

4.31a), suggesting indeed that thermal forcing is responsible for this pattern. Finally,

in very high latitudes, both models exhibit a downward F, indicating an equatorward

heat flux out of the region of positive-sloping zonally symmetric topography.

For winter simulations with the MGCM with high dust loading (e.g., Td,t> 1),

there are also similarities with results from the linear model using a dusty basic state.

For example, both models indicate that wavenumber 1 rapidly intensifies with height

above mid-levels (e.g, above 20 km), with magnitudes roughly 1-3 times stronger

than the non-dusty amplitudes at high levels (above 40 km). Wavenumber 1 also
becomes more barotropic with increased dust loading, and like the zonal-mean flows,

the structures are shifted poleward 5_100. In the MGCM, the phase shift of the
wavenumber-1 response with respect to middle and high-latitude topography is less

than 100 (to the west). In the linear model, however, the response in high latitudes is

nearly 180° out of phase (less so to the north and south). In addition, wavenumber 2 is

strongly vertically trapped in the linear model and its response is nearly in phase with

the asymmetric topography. A similar equivalent barotropic response for wavenumber

2 is found in the MGCM, but with some dust loadings (e.g., rd,t = 1) the wavenumber

2 amplitudes at high levels are larger than those at lower levels, and even exceed

those of wavenumber 1 (J. R. Barnes, personal communication). That the linear
wavenumber-2 amplitude is weaker aloft and more trapped with the dusty basic state

is consistent with the wavnumber-2 refractive index ; the waveguide completely

closes off above 50 km (ci. Fig. 4.38b). It is possible that the waveguides formed by

some mean zonal flows in the MGCM permit more wavenumber-2 propagation.
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Linear and Stationary MGCM Horizontal Patterns

Horizontal geopotential patterns determined by the linear model can be com-

pared with horizontal stationary geopotential patterns from northern winter, rela-
tively non-dusty MGCM simulations. For the same MGCM experiment (L8 ".' 2700,

Tdt = 0.3) that has a zonal-mean zonal wind similar to non-dusty flow L04, the

stationary MGCM fields of geopotential exhibit a mostly barotropic wavenumber-2

pattern in the extratropical northern hemisphere as indicated in Fig. 4.44. Moreover,

the positions of the linear features agree rather well with the position of the MGCM

stationary waves. For example, at the 10 km level (near the 3 mb level in the MGCM),

the linear high and low geopotential centers located at 55°N are at A = 40° and 135°E

in the eastern hemisphere (A = 30° and 125°E for the MGCM), and at A = 35°
and 105°E in the western hemisphere (A = 45° and 130°E for the MGCM).
Both models show a ridge-trough dipole in the eastern hemisphere of peak-to-peak

magnitude 0(800 m).

In the western hemisphere at this same vertical level, both models also indicate

a weaker ridge and trough than in the eastern hemisphere. However, the MGCM's
feature is much weaker than the linear model produces. With just topographic forcing

in the linear model, this discrepancy is large, as a dominant zonal wavenumber-2 pat-

tern is forced in the extratropics (cf. Fig. 4.21). When thermal forcing is included, the

western-hemisphere ridge is weakened effectively (cf. Fig. 4.32), as discussed in Section

4.5.3, but the trough is strengthened. Perhaps if more realistic thermal forcings were

included in the linear calculation, this hemisphere's extratropical wave pattern would

be more comparable to that in the MGCM simulations.

The linear model shows a transition from a low-/mid-level (e.g., z 25 km)

wavenumber-2 horizontal pattern, to an upper-level (e.g., z > 35 km) predominantly

wavenumber-1 horizontal pattern. This transition can be seen in both Figs. 4.32
and 4.33. In the MGCM, a wavenumber-1 pattern also dominates in upper levels

(e.g., pressure levels 0.3 mb) as indicated in Fig. 4.44b. The ridge in the eastern

hemisphere (r..i 200 m stronger than the linear ridge) merges with the weak ridge in the

western hemisphere (separating a weak cyclone near 70°E and 60°N) and supports
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an easterly eddy wind in the subtropics. This pattern is not found at 30 km in the
linear model but does appear at somewhat higher levels (e.g., above 40 km). Again,

the major differences may be due to the simplistic thermal forcing used in the linear

model.

For high dust-loading simulations with the MGCM, (e.g., rd, = 2.5), a dom-

inant wavenumber-1 pattern is found at upper levels as can be seen in Fig. 4.45,

with a strong ridge (p.s 1.5 km) in the eastern hemisphere. In the linear model with

topographic forcing only, the magnitudes of the geopotential centers are weaker (by

100-500 m) and the ridge and trough pattern are reversed (cf. Fig. 4.41d). Including

(strong) subtropical thermal forcing in the linear calculation weakens the ridge in the

western hemisphere (by 200 m) as in the non-dusty experiment, but the ridge and

trough centers are in the same position. If slightly weaker dissipation is used with

the dusty basic state (e.g., profile (j) in Fig. 3.la), together with thermal forcing,
the wavenumber-1 response is more in phase with the topographic forcing. And, the

eastern-hemisphere linear ridge and trough compare better with those of the MGCM

(particularly the longitude of the centers). However in this case, wavenumber 2 is

larger than in the nominal dusty experiment (by 300 m in middle latitudes between

20-30 km) so that a ridge is still found in the western hemisphere. Near 30 km, the

eastern and western hemisphere ridges merge together; the latter feature, shifted 30°

further east than that indicated in Fig. 4.42c, dominates above 40-50 km.

4.6 Model Results: Southern Hemisphere

Results of linear calculations of stationary planetary waves in Mars' southern

hemisphere during winter are presented in this section. We consider topographic and

combined topographic and thermal forcings.

4.6.1 Non-Dusty Basic Flow with Topographic Forcing

MGCM simulations for southern winter indicate that the extratropical zonally

symmetric circulation is almost a 'mirror image' of the winter northern hemisphere

circulation, although the westerly jet is slightly less intense (e.g., Barnes et al., 1992;
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Haberle et al., 1992). Since Mars' orbit is near aphelion at southern winter solstice,

a weaker circulation results at least partially because of a decreased thermal gradient

between low and high southern, latitudes, driven by weaker insolation. As deter-

mined by the MGCM, southern subtropical temperatures can be roughly 10-20 K
cooler than northern winter subtropical temperatures. In spite of such differences in

the subtropics, we again apply flow L04 as a nominal winterlike basic state for the

southern hemisphere. In addition, the same dissipation, forcing level and other model

parameters are used as in the northern nominal non-dusty experiment.

Meridional Structures

The wave structures for wavenumbers 1-3 are shown in Fig. 4.46 (for an easier

comparison with the northern experiment, the abscissa is flip-flopped). Associated

with a much larger forcing amplitude in the southern extratropics (cf. Figs. 4.3 and

4.7), wavenumber 1 reaches a very sizeable amplitude (r.. 2000 m). The westward
phase tilt with increasing height and decreasing latitude is very similar to that in the

northern-hemisphere experiment. However, in middle latitudes near the forcing level,

the response is shifted further west of the topography (by 30-50° between 30-60°S).

Accompanying the geopotential structure, the wavenumber-1 temperature amplitude

(not shown) is 10 K near 60°S and centered between 20-40 km. This is nearly 4

times that forced by northern-hemisphere topography. Wavenumber 2 is weaker in

the southern hemisphere (by about 30%) and, as in the northern case, is strongly
barotropic. In middle latitudes at the forcing level, the response is shifted slightly
further west (between 5_100). Again, higher zonal wavenumbers are severely vertically

trapped. Even though the wavenumber-3 topography in middle latitudes is much
larger in the southern hemisphere, wavenumber 3 achieves a similar amplitude as in

the northern-hemisphere experiment (.-. 140 m). It is also mostly confined below 20-

30 km. As discussed in section 4.1, the forced response depends fundamentally on the

structure of the basic state and not just the amplitude of the forcing.

In Fig. 4.47 are the corresponding EP cross sections for the southern-hemisphere

topography experiment. It can be seen that associated with the large wavenumber-1

response, a stronger up-and-equatorward flux emanates out of middle latitudes, and
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a stronger flux convergence results (DF -45 m s day-1 in high latitudes above

40-50 km). That both quantities are more intense in the southern experiment are
direct consequences of the wave structure: the amplitude is larger and increases more

rapidly with height, and the phase tilt is (slightly) more to the west. In terms of
a quasi-geostrophic approximation to the EP flux, such features should enhance the

flux, since the magnitude of F depends on both the wave amplitude squared and
the meridional phase gradient (e.g., Andrews et al., 1987). With the exception of
enhanced equatorward flux in the subtropics for wavenumber 2 (associated with a

rapid eastward phase variation between 10-20 km), the flux and DF patterns for

wavenumbers 2 and 3 are rather similar to those in the northern experiment. The net

linear zonal-mean tendency t
associated with wavenumber 1 (not shown) exhibits a

similar spatial pattern as DF, but wave-induced decelerations are weaker by 30-50%.

Horizontal and Longitude-Height Patterns

Longitude-latitude sections of the stationary wave geopotential arising from just

topographic forcing are shown in Fig. 4.48 for this southern-winter experiment. Ar-

rows indicate the horizontal wave velocity uh. At all levels, the wave pattern is

dominated by wavenumber 1. Between 45-50°S in low levels, the stationary centers

are again confined in the region of strong flow, and they shift poleward (tracking the

jet's poleward tilt) to 60°S above 20 km. A trough is positioned somewhat asymmet-

rically about 0°E which is flanked by a ridge to the east, centered near 150°E. At
low levels (e.g., below 10 km) near 60°E, a strong cyclonic circulation can be seen in

the vicinity of Hellas. With increasing height, the trough tilts southeast-northwest
and substantially toward the west, which supports a stationary poleward flux of mo-

mentum and heat, and which is consistent with the up-and-equatorward flux of wave

activity seen in Fig. 4.47a-b.

A notable difference between the northern topographically-forced wave pattern

and that of the southern hemisphere is the dominance of zonal wavenumber 1, even at

low levels. This could be anticipated from the meridional structures of wavenumbers

1-3 considered above. In particular, the amplitude of wavenumber 1 exceeds 1000 m

at the 20-km level. This signature arises from an almost 180° difference in position
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between Tharsis in the western hemisphere and Hellas in the eastern hemisphere.
Inspection of the vertical velocity w' near the forcing level reveals that the strongest
rising and sinking motions occur around Hellas, as can be seen in Fig. 4.49. On the

upsiope region between Hellas and Promethei Terra (near 100°E and 50°S), w' exceeds

10 cm Similarly, on the downslope between Noachis Terra and Hellas (near 40°E

and 50°S), w' is less than -10 cm s1. Weaker ascent occurs on the upsiope of Tharsis

(-120°E) and east of Argyre (-10°E).
Examination of longitude-height patterns of the southern topographically-forced

stationary waves reveals major differences from the northern-hemisphere structure.

Most notable is a strong barodinic response with a definite westward tilt (both in the

subtropics and high latitudes) as shown in Fig. 4.50b-c. This westward tilt is a result

of the intense vertical propagation of wavenumber 1. In all three panels, the maximum

response occurs at high altitudes, above 50 km. In middle and high latitudes in the

northern experiment, because of comparable amplitudes for wavenumbers 1 and 2,

both mid-level (between 10-30 km) and upper-level (above 35 km) maxima occurred.

Although the amplitudes of the ridge and trough are weaker in Fig. 4.50, the pattern

strongly resembles that from the isolated Tharsis experiment (cf. Fig. 4.27).

4.6.2 Non-Dusty Basic Flow with Topographic and Thermal Forcings

In this section we consider both topographic and thermal forcings of stationary

planerary waves in the southern hemisphere. Only the strong heating parameterization

of Section 4.5.3 is used. The heating distributions at the 10- and 20-km levels are
shown in Fig. 4.51a-b. When coupled to the southern-hemisphere topography, the
strong heating choice produces essentially three regions of significant thermal forcing

that extend from the subtropics into middle latitudes: in the western hemisphere,
Tharsis at -100°E (a warm region) and Margaritifer Terra at -20°E (a cold region);

and in the eastern hemisphere, Hellas at 70°E (a cold region). Noachis Terra, a

relatively high-relief region west of Hellas, produces only weak heating.

When thermal forcing is included, the forced-wave meridional structures do not

differ very much from those shown in Fig. 4.46. Wavenumber 1 shows a slightly
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increased amplitude (by 100 m) and its phase variation is nearly identical. For

wavenumber 2, the amplitude increases more substantially (by about 60%) and the

response is more in phase with the topography (associated with constructive interfer-

ence by the heating). Except for a weakened (eastward) phase tilt in the subtropics

(near the critical surface), there is no significant change in the wavenumber-3 struc-

ture.
Examination of the horizontal stationary-wave patterns indicates that with heat-

ing as a planetary-wave forcing in the southern hemisphere, significant changes occur

below 10 km, in both the subtropics and middle latitudes. In response to strong

heating over Tharsis, upward motion in low latitudes provides adiabatic cooling as is

shown in Fig. 4.51c (in middle latitudes, the vertical motion pattern is basically the
same). In low levels, a divergent upward motion away from the heating (i.e. w > 0)

for large zonal scales, requires a trough to the west of the thermal source. As shown

in Fig. 4.52a, there is a trough to the west of the source which supports a poleward

flow (i.e., a vorticity advection /3v' < 0). The opposite pattern (i.e., a ridge to the
west) is found associated with the cold region of Margaritifer Terra. Evidence for the

creation of positive (negative) vorticity over the region of heating (cooling) in low lat-

itudes can be seen in the longitude-latitude sections further aloft shown in Fig. 4.52.

For example, the low-latitude anticyclone over TharsIs at low-levels is replaced with

a cyclone by 20 km. A similar pattern, although weaker, is apparent in the eastern

hemisphere associated with the warm region northwest of Hellas.

The response to the thermal forcing extending beyond the subtropics is different.

In this region heating is balanced by meridional advection, so that a trough (ridge)
is favored to the east of the warm (cold) region. As can be seen in Fig. 4.52, the
trough at low levels is drawn toward the downslope region of Tharsis and a ridge is

induced northeast of the relatively low relief of Nirgal Vallis (at -40°E and 20-30°S).

Indeed at low levels, both effects produce a second low center that tilts toward the

northwest in the western hemisphere. This secondary trough supports a northerly

flow that penetrates well into the subtropics and cools the heated region over Tharsis.

In the topographic experiment, this circulation feature is not developed. At higher

levels, the effects of thermal forcing can be seen, too. The major trough above 20 km
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is now centered near -60°E and is slightly more intense than that indicated in Fig.

4.48. There is also an enhanced southeast-northwest tilt to the wave pattern between

30-50°S, which is associated with wavenumber 2's stronger amplitude (nearly 2 times

larger) and westward phase shift with decreasing latitude (i.e. poleward momentum

flux). In the eastern hemisphere, the ridge on the upsiope region to the east of Hellas

is little affected.

4.6.3 Comparisons with MGCM Results

It is of interest to contrast the linear stationary-wave results with results ob-
tamed from southern winter simulations with the MGCM. Shown in Fig. 4.53ab are

the stationary rms geopotential amplitude from a southern MGCM experiment (at
1000 and with Tdust = 0.3) and the linear rms geopotential wave amplitude (from

the topographic-forcing experiment). It can be seen that the amplitudes are compa-

rable 0(1200 m) near 60°S and at high levels (e.g., 40-50 km) and both structures tilt

equatorward with decreasing altitude (as do the mean zonal flows for both models).

A close inspection reveals that the linear amplitude is roughly 2 times stronger in low

levels (e.g., below 10-15 km), with better agreement at higher altitudes. The temper-

ature amplitude from the MGCM experiment (not shown) is similar to that indicated

in Fig. 4.53c, although the maximum is somewhat stronger (by 5 K) and it occurs at

nearly the same altitude. Also both models indicate temperature amplitudes in the

subtropics between 1-4 K that decrease rapidly with height above 5-10 km.

Comparison of EP cross sections for the two models shows that for the same
MGCM experiment, the strongest low-level (below 5-10 km) flux emanates in middle

latitudes (between 40-50°S), as is the case in the linear model for wavenumbers 1

and 2. And the flux is generally poleward from the extratropics at low levels, turning

equatorward at higher levels. There are, however, differences in the flux convergence

patterns. The MGCM indicates substantial poleward wave activity flux from the

southern subtropics at middle levels (e.g., near 30 km), that converges on the equa-

torward side of the mean zonal jet between 30-40°S. Such a feature is not reproduced

at all in the linear wave experiments with either topographic or combined topographic
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and thermal forcings and must be associated with physical processes absent in the lin-

ear analysis. Stationary forcings associated with southern hemisphere transient eddies

could be important, in particular, short-period thermal tides (e.g., Zurek and Haberle,

1988). Barodinic eddy activity is substantially weak at southern solstice (Barnes et

al., 1992) and may only have a minor role. In the terrestrial atmosphere, contribu-

tions from planetary and synoptic-scale transient eddy forcings are crucial in order to

properly reproduce the total stationary wave response in low latitudes (Valdes and

Hoskins, 1989). At higher levels (between 40-50 km), both models show flux conver-

gence near 50°S, although that of the linear model indicates stronger wave-induced

decelerations (DF = -10 to -30 m s day' in high latitudes). Between 50_600S,

the MGCM also indicates a weak divergence (DF 5 m s1 day-').
When comparisons are made with horizontal stationary wave patterns produced

from this southern winter MGCM simulation and with those of the linear model,

there are also similarities and differences. In Fig. 4.54 are fields of the standing
eddy geopotential at 3.0 and 0.3 mb (roughly 8 and 30 km, respectively) from the

MGCM. It can be seen that at the lower level, a broad trough is located in middle

latitudes between -90°E and 90°E, with two centers that are partially separated by
a weak anticyclone near 20°E. This structure compares well in both amplitude and

position with the linear response to topographic and thermal forcing (cf. Fig. 4.52a

and b). However, the linear trough in the eastern hemipshere is larger than that of
the MGCM (roughly 2 times). Further east, a ridge is positioned near 140°E. The
linear ridge is stronger (again roughly 2 times) and shifted 10-20° to the east. At low

levels, the linear model produces a stronger response to the upslope and downslope

topographic forcing in the vicinity of Hellas. Perhaps a more realistic thermal forcing

in the subtropics would improve the circulation simulated by the linear model.

At upper levels, the MGCM shows a wave pattern dominated by zonal wavenum-

her 1, with a trough centered near -60°E and a ridge near 125°E, and the trough-ridge

dipole is shifted poleward (to 50-60°S) relative to the low-level pattern. Comparisons

with the linear pattern shown in Fig. 4.52d, indicate that the amplitudes of the re-

sponses are similar. However, the linear ridge is 20-30° further east, and the zonal

scale of the linear trough exceeds the MGCM feature by roughly 30° of longitude.
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These two aspects produce a substantially different circulation in the linear model in

high latitudes near 30°E: strong northeasterly flow, compared to strong northwesterly

flow in the MGCM.

4.7 Implications of the DTM Topography for the Stationary Wave
Patterns

As was mentioned in Section 4.1, a more complete dataset of Mars' topography

has become available. Even though the DTM dataset takes into account a variety of

measurements from both Mariner 9 and Viking missions, and currently provides the

'best' coverage, it is not without error and uncertainty. In this section, we examine

possible changes that could arise in the winter stationary planetary-wave patterns
from a 'better knowledge' of the topography. Because of the uncertainties of the
simplified heating parameterization used in previous sections, we limit the analysis to

just topographic forcing. We also consider just a nominal winter non-dusty basic state

(L04) for both northern and southern hemispheres. The same dissipation, forcing level

and model domain and grid resolution adapted in Sections 4.5 and 4.6 are used here.

As indicated in Fig. 4.6, the largest differences between the DTM and Consor-

tium topographies are located in the tropics, northern extratropics and high southern

latitudes. After performing a Fourier analysis on the DTM topography, significant

changes (compared to the Consortium dataset) in the zonally asymmetric amplitudes

are found, at planetary and large scales (e.g., s = 1-5). In northern middle lati-
tudes, the asymmetric amplitudes are increased by 0.5-1.0 km for wavenumbers 1,
2 and 4. In the (southern) subtropics the amplitudes for wavenumbers 2 and 3 are
decreased by 0.4-0.6 km. And, in the southern hemisphere, the largest changes in
middle latitudes are at wavenumber 1 (increased by 0.8 km), and in polar latitudes,

are at wavenumbers 1-3 (increased by 0.4-0.8 km). Because of such large changes

in middle latitudes for the lowest zonal wavenumbers (those that are capable of sub-

stantial meridional propagation), one might anticipate significant alterations to the

stationary-wave patterns.

Shown in Fig. 4.55 for the northern hemisphere are fields of the wave geopoten-
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tial produced with the DTM topography. In afl panels, it can be seen that the largest

response is forced in the western hemisphere and that zonal wavenumber 1 dominates

the wave pattern above 10 km. With the DTM topography, the response from Tharsis

is considerably enhanced. In the Consortium experiment (cf. Fig. 4.21), the largest re-

sponse occurred in the eastern hemisphere associated with Arabia Terra. The trough

and ridge centers in the western hemisphere compare well with the positions produced

using the Consortium data. In the eastern hemisphere at low levels (before wavenum-

ber 1 saturates the wave pattern), the weak ridge associated with the upsiope region

of Arabia Terra is 20_300 further east, however. And, the trough formed in the lee of

Elysium with the Consortium data is completely absent (in the DTM topography, this

region in the eastern hemisphere is 2-3 km lower when composited from wavenumbers

1-5).

Inspection of the meridional structures for wavenumbers 1 and 2, shows that the

amplitudes are indeed large, approaching 1600 and 700 m, respectively; the merid-

ional phase variation aloft is similar to that seen with the Consortium data. At low

levels, the responses are also shifted with respect to the underlying topographic source

(wavenumber 1 is shifted 20-40° west of the forcing; wavenumber 2 is nearly in phase).

Other notable features are an enhancement of the wavenumber-1 EP flux and wave

driving (6-8 times stronger in high latitudes at high levels than in Fig. 4.18).

The analogous experiment for the southern hemisphere is shown in Fig. 4.56.

With the DTM topography, the dominant horizontal wave pattern is still wavenumber

1 at all levels. The amplitudes of the stationary features in middle latitudes are
again much larger (2-3 times stronger than those produced with the Consortium
topography). In the eastern hemisphere, the ridge formed on the upsiope region
east of Hellas is at the same location, 150°E. However, the zonally-broad trough
between -120 to 90°E now has a center in the lee of Tharsis at -60°E. This is much

further west than in the Consortium topography experiment, where only one feature

(centered at 60°E) was simulated. Only when strong subtropical thermal forcing was

included, did the trough center develop in the western hemisphere. The magnitude

of the troughs and ridges in Fig. 4.56 are very large, in excess of 3000 m at the 30-
km level (primarly due to very strong wavenumber-1 propagation, which achieves a
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peak amplitude 4500 m at 60-70 km). In the actual atmosphere, some sort of
dissipation mechanism would undoubtedly develop (e.g., planetary wave breaking),

thereby restricting the amplitude growth. This aspect is discussed further in the next

section, where a planetary wave breaking criterion is considered.

4.8 Discussion

Some of the linear results that have been presented in Sections 4.5 and 4.6 agree

with basic theory of forced, large-scale quasi-stationary waves. In addition, these
results are similar to what has been determined from other models. Both similarities

and differences are further explored in this section.

Since some simulated wavenumber-1 amplitudes were very large (e.g., in the

dusty northern winter and nominal southern winter basic states) we also examine a
possible dynamical constraint that may limit the actual amplitude of forced planetary

waves. In addition, we examine more carefully the forced linear wavetrain propaga-

tion and investigate its sensitivity to dissipation and basic state structure. Finally,

limitations of this study are outlined.

Comparisons with Previous Modeling Studies and Observations

As discussed in Chapter 2, in the study by Gadian (1978) forced stationary
wavenumber-2 responses were determined for an assumed Mars-like mean zonal wind

profile. For several model configurations, Gadian found that wavenumber 2 could
attain amplitudes of 30-130 m below 30 km (larger for a surface topography forcing

of 3 km), and that the vertical structure was essentially barotropic (less than a 20°
westward tilt, typically). In the linear study performed here, in all the winter non-
dusty experiments, wavenumber 2 is also strongly barotropic, although the amplitudes

are larger by a factor of 3-4. In the dusty experiments, wavenumber 2 is more vertically

trapped, with the peak amplitude confined below 20 km.

Webster (1977), using a two-level, steady, linear model with a winter mean

flow, investigated the low- and middle-latitude responses to orographic and thermal

forcings. Because of the vertical truncation, only limited detail of the amplitude
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structure could be determined. The total wave fields (superposed from the lowest six

Fourier harmonics) for northern winter did indicate a predominantly wavenumber-2

pattern between 40-53°N at the lower model level (roughly 4 km). At the higher
level (roughly 16 km), the wave pattern was dominated by zonal wavenumber 1. It

should be noted that the winter mean zonal flow used by Webster (1977) had a similar

strength (at the corresponding heights of the two levels) as that depicted in flow L04.

However, the stronger flow aloft was shifted 100 equatorward from the low-level flow,

which differs from the poleward-tilted flow seen in the observations, simulated by the

MGCM, and applied here. In addition, the assumed static stability was weaker (by

60%) than the average static stability associated with flow L04. As Webster focused

on the low-latitude circulations, no stationary fields were presented poleward of 53°N.

The forced-wave pattern in the western hemisphere (resulting primarily from Tharsis)

was rather barotropic and the eastern-hemisphere pattern (associated with Arabia
Terra) was very weak as a result of weaker topographic and thermal forcing in that
hemisphere (based on a preliminary version of the topography from Mariner 9). The

upper-level trough in the lee of Tharsis evidenced significant southwest-northeast tilt.

For southern winter, the largest response was also in the western hemisphere; however,

a significant low geopotential center was anchored to Hellas at the lower level.

From his results, Webster concluded that thermal forcing of the mid-latitude

stationary patterns dominated over mechanical forcing from topography (the latter

being weak in middle latitudes), and was primarily responsible for the near-barotropic

structure. We have found that topography alone can produce an equivalent barotropic

total wave structure, even though wavenumber 1 exhibits substantial vertical propa-

gation while wavenumber 2 is more strongly barotropic. That the lower wavenumber

is more capable of propagating and the higher wavenumbers are more trapped agrees

with theory (e.g., Held, 1983). However, both vertical and meridional wave propaga-

tion depend sensitively on the structure of the zonal mean basic state, and the source

and distribution of forcing. For example, inclusion of thermal forcing did make the

wavenumber-1 structure more barotropic, and the total wave pattern was significantly

altered in the subtropics and middle latitudes.

A dominantly barotropic structure of mid-latitude stationary waves was pre-
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dicted by early versions of the MGCM that included preliminary Mars topography
and had limited vertical resolution (Pollack et aL, 1981). More recently, with a greatly

improved version of the MGCM (e.g., Pollack et al., 1990), nearly barotropic station-

ary eddies are produced in the winter extratropics (Barnes et al., 1992). It should be

mentioned that when a linear wave calculation is made with the vertical extent of the

model here similar to the MGCM (zT = 50 km), the horizontal stationary-wave pat-

terns are very similar below 30-35 km to those produced with the higher model top.

However, the structures show significant differences at higher levels. For example,

below 30 km the wavenumber-1 geopotential is similar in magnitude but because of

the imposed upper boundary condition (i.e., 4' = 0), the amplitude peaks near 35 km

and rapidly decreases with height toward the upper boundary. Correspondingly, the

temperature wave amplitude (proportional to ) is similar below 20 km, but much

larger further aloft.

The linear extratropical temperature amplitudes (from the northern winter non-

dusty experiments) are of the same order of magnitude as seen by the Mariner 9 IRIS.

However, they have a double-peaked structure in altitude. If the resolution and vertical

extent of the data obtained by the Mariner 9 IRIS were greaterthe data extend only

up to the 0.1 mb level or roughly z = 40 km (e.g., Conrath, 1981)it is possible
that a qualitatively similar temperature pattern might be found. (A hint of a pair of

maxima can be seen in Fig. 2.2a where the 1-K isotherm reappears in the upper part

of the figure.)

Results from the MGCM might also show such a structure if the top of the model

were higher. With the MGCM's model top near 45 km and the simulated stationary

rms geopotential variance maximizing at this level, the accompanying stationary rms

temperature variance shows only a single maximum (also nearly 20 km below the
jet-core level).

On the Large Wave Amplitudes: Restrictions Imposed by Planetary Wave Breaking

In some of the steady linear experiments, the wave amplitudes were very large,

e.g., in excess of 2000-3000 m for wavenumber 1. Whether such large amplitudes

could actually be realized in the Mars atmosphere is uncertain. There are particular
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dynamical constraints that would limit the growth to large amplitude. One limiting
factor is that planetary waves may 'break', somewhat analogously to internal gravity

waves (e.g., McIntyre and Palmer, 1984). A measure for possible planetary wave

breaking in the terrestrial atmosphere has recently been suggested by Garcia (1991).

In this parameterization, it is assumed that at planetary-wave saturation (i.e., when

the wave growth equilibrates), there is a balance between the flux of wave activity

and dissipation induced by the (nonlinear) breaking process, and that the latter can

be represented as a damping of the wave activity. The criterion used to determine
if steady, forced planetary waves may break is whether the meridional gradient of

total (zonal mean and wave) quasi-geostrophic potential vorticity becomes negative,

q = 4, + q, 0. Following Garcia (1991), one can use the criterion

r(cp,z) 1 (4.47)
qço

to identify regions where wave breaking might occur.

For some of the linear wavenumber-1 results, we have evaluated the above cri-

terion. In Fig. 4.57, the regions where the condition is satisfied are depicted by the

grey shaded areas. In all panels, a resemblance can be seen to patterns of for

both the non-dusty and dusty basic states described earlier. There is a preference
for wave breaking to take place on the equatorward flank of the zonal jets, which in

the dusty case is shifted further poleward and occurs at lower levels than in the non-

dusty case. Also in the dusty case, a wave-breaking region occurs in high latitudes
above 50 km, where the amplitude in that experiment was large (exceeding 1000 m

above 40 km). The region of wave breaking between 65-75°N at relatively low-levels

in the non-dusty case is associated with negative , on the poleward side of the jet

and is rather dubious; it is highly sensitive to the Rayleigh friction below 30 km.

With stronger damping (as in profile (i) of Fig. 3.la), this feature is mostly absent.

The regions on the equatorward flanks of the jets are robust, however. For the very

large amplitude that was produced using the northern-hemisphere DTM topography,

the criterion for wave breaking is satisfied throughout a broad region above 20 km

(and even within the positive waveguide). As noted by Garcia (1991), although the
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dissipation rate associated with wave breaking is generally insensitive to the strength

of the wave forcing, wave breaking regions broaden and can occur in lower altitudes

with increased wave forcing. As discussed earlier, the wavenumber-1 forcing from the

DTM topography is substantially stronger in middle latitudes.

The above criterion is one possible choice for determining whether planetary

waves may break. Perhaps a more general one would be in terms of the Rossby-Ertel

potential vorticity, P p1w . VO, where w is the absolute vorticity (e.g., McIntyre
and Palmer, 1984; Andrews, 1985). As long as the essential dynamics can be captured

within the approximations of quasi-geostrophy, actual breaking regions will be sensi-

tive to the particular structure of a given basic state. Provided that the synthetic

basic states considered here for Mars possess realistic fields of , then the results here

indicate that planetary-wave breaking should occur in the Mars middle atmosphere.

This wave breaking should be more extensive during highly dusty conditions and/or

for anomalously strong low-level wave forcing.

On the Nature of the Forced Wavetrain Propagation

Using theory and various 'tools' that have been developed to study the nature

of forced, stationary-wave propagation in the Earth's atmosphere, we can investigate

possible characteristics of such waves in Mars' atmosphere. Given a reasonable picture

of potential sources for Mars' stationary-wave activity (e.g., the large-scale topography

provided in the Mars Consortium and DTM datasets), it is then possible to compare

and contrast the nature of these waves with what we know about their characteristics

in the Earth's atmosphere. For the terrestrial atmosphere, horizontal propagation of
stationary waves has been investigated in spherical barotropic atmospheres by Grose

and Hoskins (1979) and in barodinic atmospheres by Hoskins and Karoly (1981).
The relative importance of topographic and thermal forcing of stationary waves for

the Earth's atmosphere has been examined using 'flat' topography or 'partially-flat'

topography (i.e., restricted to one hemisphere) in GCM's as in Nigam et al. (1986;

1988). And, both horizontal and vertical propagation of forced stationary planetary

waves may be examined using a 3-D extension of the Eliassen-Palm flux developed by

Plumb (1985). The utility of this diagnostic is that the geographical source of Rossby
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wave activity can be isolated.
In both Figs. 4.21 and 4.26 a mostly zonally oriented wavetrain in the extrat-

ropics appears. Because of the weak amplitude in the subtropics, horizontal sections

of wave geopotential give a misleading sense of the actual wavetrain propagation
(Held, 1983). For barotropic conditions, it is better to view, for example, the velocity

streamfunction or the relative vorticity (e.g., Grose and Hoskins, 1979). For baro-

clinic, quasi-geostrophic conditions, a better indicator of the wavetrain propagation

would be the quasi-geostrophic potential vorticity q':

= V2&' + Po1(poe(')z (4.48)

where &' = 4'/f is a geostrophic streamfunction; e = f2/N2; and, V2 is the horizontal

Laplacian. We have examined q' in some of the linear wave calculations and an exam-

ple is shown in Fig. 4.58 from the isolated Tharsis experiment. The potential vorticity

exhibits a double structure in latitude, with positive vorticity in the lee of the forcing

source which is flanked by negative vorticity poleward and equatorward (resembling
an atmospheric 'blocking' pattern). Evidence of a strong southwest-northeast tilt in

q' appears in all panels, signifying a flux of wave activity toward the equator (i.e.,

F(') < 0 or a poleward momentum flux from the forced wave). In Fig. 4.58 several

wavetrains can be identified, the dominant zonal wavenumber being 1 in middle and

high latitudes and 2-3 in low latitudes. Actually, the high-latitude train of waves

arises from a splitting of the mid-latitude train on the poleward side of the jet near
70°N (this aspect could be better viewed with a polar stereographic projection in-
stead of a longitude-latitude Cartesian plot). The wavetrains that are generated with

the isolated Tharsis indicate similar features (e.g., both low and high latitude wave-

trains; wavetrain splitting; southwest-northeast tilting; etc.) to those arising in model

simulations for the Earth using simple barotropic and cimatological barodinic flows,

and subtropical circular mountains or simple heating distributions (e.g., Crose and

Hoskins, 1979; Hoskins and Karoly, 1981; Held, 1983). However for the Mars case,

the train of waves is much more zonally oriented and a 'global' response is produced

from the isolated topography (i.e., a source in one hemisphere).
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The actual flux (in both horizontal and vertical directions) of wave activity
excited from an isolated source may be rather complex. Using a diagnostic developed

by Plumb (1985), it is possible to view the 'local' wave activity flux arising from

the isolated Tharsis. The Plumb flux, P = (PP'), p(v) p(z)), is a 3-D extension

(valid under quasi-geostrophic assumptions) of the Eliassen-Palm flux and has been

successfully applied in both modeling (e.g., Marks, 1988; O'Neill and Pope, 1988) and

observational (e.g., Plumb, 1985; Karoly et al., 1989) studies of terrestrial (quasi)-

stationary planetary waves. In very low latitudes where quasi-geostrophic assumptions

breakdown, its utility is suspect, however.

Shown in Fig. 4.59, for the isolated Tharsis experiment, are sections of P corn-

puted using Eq. (7.1) in Plumb (1985). (As with cross sections of the EP flux (e.g.,

Butchart et al., 1982), coordinate distortion between horizontal and vertical axes has

been taken into account by rescaling longitudinal and meridional components with
constants dependent on the grid spacing.) It can be seen in Figs. 4.59a-b that the

vertical component, p(z), is dominantly upward, away from the wave source, and that

in low levels (e.g., below 10 km), a split in the horizontal flux appears in the west-

ern hemisphere on the upslope of the topography near 40°N. Wave activity is drawn

into high latitudes and strongly equatorward (toward the critical surface near 15°N).

East of the forcing in the extratropics, the flux is mostly zonal (consistent with the

wavetrain propagation described above). The region of upward flux near -90°E cor-

responds to the region of strongest descent in the lee of the topography (w' -5 cm
s-i), and still provides for a positive source of wave activity, i.e., a divergent flux.

The total response is the superposition of wavetra.ins excited from both upslope and

downslope regions. Near 30°E, the flux is poleward out of the subtropics, sugges-

tive of some reflection off the critical surface, and it merges with the mostly zonal

flux in the extratropics. Above 10 km, the poleward subtropical flux is very weak

and most of the horizontal flux is zonal and equatorward. In middle latitudes (Fig.

4.59b), it can be seen that the flux arising from the mountain is generally upward and

zonal. A meridional section of the wave activity flux just downstream of the source at

-100°E (Fig. 4.59c) shows a pattern very similar to the EP flux shown in Fig. 4.25c:

an upward, turning equatorward flux out of middle latitudes above 10 krn, and in
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the subtropics below this level, very strong equatorward (i.e., poleward momentum)
flux. In the zonal average, as discussed by Plumb (1985), P essentially reduces to the

quasi-geostrophic form of the EP flux.

For comparison with the isolated Tharsis experiment, a view of P for the non-

dusty Consortium topography experiment is shown in Fig. 4.60. It can be seen that

the geographical origins of upward wave activity flux are: Tharsis in the west; Arabia

Terra near 0°E (the dominant source); and, Elysium in the east. At low levels in
the extratropics, the wave activity flux evidences several regions of splitting. In high

latitudes in both hemispheres, there is poleward and predominantly downward flux,

strongest where the slope of the zonally symmetric topography is positive (a downward

EP flux is also indicated in Fig. 4.18a at 75°N). In the subtropics over Tharsis, there

is poleward flux, again suggestive of reflection from the subtropics. And, in middle

latitudes in the eastern hemisphere, strong zonal and equatorward flux occurs with

convergence at the critical surface.

The local wave activity flux can be quite different with increased dissipation and

a stronger, dusty-like zonal-mean basic state. Shown in Fig. 4.61 are views of P for

the dusty experiment. It can be seen that there are now two definite source regions in

middle latitudes (Fig. 4.61ab). Although Arabia Terra is still dominant, the source

of wave activity from Tharsis is now important, too. Also, in the extratropics, the

flux is zonal and then mostly equatorward toward the low-latitude critical surface.

In this experiment with stronger dissipation, most of the low-level wave activity is
absorbed in low latitudes; there is basically none reflected back into middle latitudes

as indicated in the previous non-dusty experiments.

From inspections of the Plumb flux P, we have found that the actual local (3-
D) flux of wave activity can be rather complicated with respect to the (topographic)

source regions. And, with stronger dissipation and different basic states, the local
flux can be altered significantly (e.g., in the western hemisphere in the non-dusty

and dusty experiments). The Plumb flux can be utilized to identify the geographical

source of wave activity; more significantly, cross sections of P seem to pinpoint the

region where, for a particular background flow, the source's effect are largest. In the

cross sections presented above (for topography), the strongest (upward) flux originates
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preferably from middle latitudes.
An important question that studies with a linear planetary wave model can shed

light on is to what extent is the extratropical stationary-wave pattern for Mars at-
tributed to surface forcings (zonal asymmetries) in the tropical/subtropical regions?

In the terrestrial case, the wintertime mid-latitude stationary-wave pattern in the

northern troposphere is closely tied to forcing from the major surface topography in

the extratropics (i.e., the Tibetan Plateau and the Rocky Mountains centered near
90°E and 250°E, respectively) and strong diabatic heating 0(5 K day-1) in the high-

latitude ( 60°N) western Pacific and Atlantic Oceans (e.g, Hoskins and Karoly,

1981; Held, 1983; Plumb, 1985; Valdes and Hoskins, 1989). By Fourier decomposing

Mars' topography as in Section 4.1, we have demonstrated that most of the zonally

asymmetric structure is confined to low latitudes. The few sensitivity experiments

described in Section 4.5 have indicated that the stationary waves in Mars' northern

extratropics are closely tied to mid-latitude topographic forcing, even though the forc-

ing amplitudes are rather weak there (i.e. 30% or less of the low-latitude amplitudes).

And, although the extratropical response to the simple thermal sources used here is

weaker (e.g., 50% of the largest peak-to-peak total wave response), low-latitude

thermal sources can significantly alter the extratropical patterns by constructively
and destructively combining with the topographic response. Both forcings need to be

considered when modeling the extratropical stationary waves for Mars.

Limitations of Present Study

The present study of the nature of forced stationary waves in Mars' winter

atmosphere has a number of limitations. Some of the limitations arise naturally
because of inadequate observations; the predictions of this linear analysis can not be

verified at present (although comparisons have been made with the MGCM, assuming

that it provides at present the 'best climatology' of stationary planetary waves). Other

limitations are related to the model that has been applied.

Besides inherent restrictions which are imposed with a steady, linear model,

other significant assumptions include: the formulation of the kinematic lower bound-

ary condition at a fixed pressure level (and the additional assumption that flow goes
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predominantly over, as opposed to around, orography); the restriction to a single
hemisphere; the neglect of the mean-meridional circulation; and, the synthetic struc-

tures of the relatively non-dusty and highly dusty winter zonal-mean flows. All of the

above could have an important influence on the extratropical stationary waves that

have been simulated.
In addition, only limited knowledge of the nature of planetary-wave forcings for

Mars presently exists. For example, there are sizeable uncertainties in the orography

and the spatial structure of low and mid-latitude thermal forcings. During highly
dusty episodes that are quasi-steady (e.g., the decay phase of global dust storms)
the effects of additional diabatic heating (solar absorption by dust) and could be

significant for the forcing of quasi-stationary disturbances.

In regards to the orography, we have attempted to determine the robustness of

the linear wave structures using both the Mars Consortium and the DTM topographic

datasets. Also, the type of wave response resulting from an isolated Tharsis ridge has

been investigated. It has been determined that interference between wavetrains gen-

erated by the large eastern and western-hemisphere topography occurs on Mars. The

actual amount of interference will be sensitive to the damping rate of the disturbances

as well as the structure of the zonal-mean basic state. Sensitivity experiments with

the isolated Tharsis have indicated that the global response can be impeded if quite

strong dissipation is used (e.g., with damping time constants shorter than 0(1 day)).

However without very substantial dissipation, the winterlike mean flows on Mars can

promote global responses from isolated topographic sources. For the Earth's atmo-

sphere, because of the vast geographical separation between the Rocky Mountains and

the Himalayan Plateau (and the limited meridional scale of the latter), wave inter-

ference and its effect on extratropical stationary waves is probably weak (e.g., Held,

1983; Nigam et al., 1988; Valdes and Hoskins, 1989). At the other extreme, Mars can

provide a unique test-case of our understanding of forced, planetary wave propaga-

tion, when interference between eastern and western hemisphere generated wavetrains

is much more prominent.
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Figure 4.4: The zonal-mean topography, Ho(ço) (km), for Mars (solid) and the Earth
(dashed).
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Figure 4.8: A schematic diagram of a temperature anomaly due to an elevated region
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Q-G POT VORT GRADIENT, QMN7/OMEGA (N-D)

90

80

Jo

60

50

1-= 40

C..1 30=

ID

0

0
,0,,

30 40 50 60 70 60 80

Q-G POT VORT GRADIENT, QMNy/OMEGA (N.D)

90

80

10

E 60

-

50

6-= 400
W 30=

20

0 10 20 30 40 50 60 70 80 90

LATITUDE (deg)

(C)

119

Q-G POT VORT GRADIENT, QMNY/OMEGA (N-D)

90

00

70

60

40

30

20

10

10
20,

30 40 50 60 70 80 90

LATTIJDE (deg)
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Figure 4.29: As in Fig. 4.15 but including the strong heating: (a) s = 1; (b) a = 2;
(c) s = 3.
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Figure 4.36: As in Fig. 4.15 but using the dusty flow with northern topographic
forcing: (a) s = 1; (b) s = 2; (c) s = 3.
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Figure 4.31: As in Fig. 4.16 but using the dusty flow with northern topographic
forcing: (a) s = 1; (b) s = 2; (c) s = 3.
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Figure 4.43: Comparison of meridional wave structures between the MGCM and the
linear model. (a) Northern winter, stationary geopotential amplitude (m) simulated
by the MGCM (L, 2700, Tdt = 0.3). Kindly provided by J. R. Barnes. (b)
non-dusty linear rms geopotential (m).
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Figure 4.44: Longitude-latitude section of the stationary wave geopotential from a
northern winter, relatively non-dusty simulation (L3 270°, rd5L = 0.3) with the
MGCM: (a) 3 mb (!..s 8 km); (b) 0.3 mb (". 30 km). Kindly provided by J. R. Barnes.
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Figure 4.45: As in Fig. 4.44 but from a high dust-loading simulation (L, 2700,
rdt = 2.5) with the MGCM at 0.3 mb

('s.'
30 km). Kindly provided by J. R. Barnes.
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Figure 4.46: As in Fig. 4.15 but associated with southern hemisphere topographic 
forcing: (a) s = 1; (b) s = 2; (c) 3 = 3. 
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Figure 4.49: As in Fig. 4.23 but associated with southern hemisphere topographic
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Figure 4.50: As in Fig. 4.22 but associated with southern hemisphere topographic
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Figure 4.53: As in Fig. 4.43 but for southern winter. (a) Stationary geopotential
amplitude (m) simulated by the MGCM (L3 1000, Td,t = 0.3). Kindly provided by
J. R. Barnes. (b) linear rms geopotential for topographic forcing (m); (c) linear rms
temperature for topographic forcing (K).
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Figure 4.54: As in Fig. 4.44 but from a southern winter, relatively non-dusty simula- 
tion (L3 100°, = 0.3) with the MGCM: (a) 3 mb (-' 8 km); (b) 0.3 mb (' 30 

km). Kindly provided by J. R. Barnes. 
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Figure 4.57: Area-s where the planetary wave-breaking criterion, r = q/ 1, is
satisfied for wavenumber 1 (N-D) from (a) the non-dusty experiment with northern
hemisphere topographic forcing; (b) the dusty experiment with northern-hemisphere
topographic forcing; and (c) as in (a) but for the southern-hemisphere DTM topogra-
phy.





PLUMB FLUX, P at z = 6 km (m2s2)..)

00-

::

-180-150-120 -90 -60 -30 0 30 60 90 120 ISO 180

LONGITUDE (dog)

PLUMB FLUX, P at -100 deg E (m2s2)

50- '' I III
40

30

I-

w

10

0 20 30 40 SO 60 70 80 90

LATITUDE (deg)

30

a
10

167

PLUMB FLUX, P at 45 deg N (m2s°) ')
I I ; I I I I

''t?tttP
'.r tt?tPPP ,

, t , ' '

to rr 777' rPP P P P P'.-
o 0 01' 7tt?i'- .. p p p P.,'-.
o 1' TitIt??-. -.7777? P P P

o r - 7 7 p

O 1Z p7p p..,,
I P P P P 7 P

I rIt//7" 1'1

180-150-120 -90 -60 -30 0 30 60 90 120 ISO 180

LONGITUDE (deg)

I-

w=

Figure 4.59: Non-dusty Plumb flux P (m2 s2) associated with the isolated Tharsis
model: (a) vectors are the (A, p) components at 6 km. Contours are the (z) com-
ponent, with negative (downward) shaded; (b) vectors are the (A, z) components at
45°N; (c) vectors are the (ç, z) components at 100°E.



Fw1!!:IcI
' 60

45

I.

30

Is

50

40

30

I
C,

w

to

-180-150-120 -90 -60 -30 0 30 60 90 120 150 180

LONGITUDE (dog)

PL(JMR FLUX P at 0 den E (m2s2) ('\

tO 20 30 40 50 60 70 80 90

LATITUDE (dog)

168

PLUMB FLUX, P at 45 deg N (m2s2) Th)

30

U
10

0

P?..' b

, -

.. .. -.

p .. 1, S.

'. 7//,.7/%77 i.

-150-120 -90 60 30 0 30 60 90 120 150 160

LONGITUDE (dog)

E

x
w

Figure 4.60: As in Fig. 4.59, but associated with the Consortium northern hemisphere
topography: (a) vectors are the ) components at 6 km. Contours are the (z)
component, with negative (downward) shaded; (b) vectors are the ¼, z) components
at 45°N; (c) vectors are the (, z) components at 0°E.



PLUMB FLUX, P at z = 10 km (m2s2)'.

9o. '!Y.''.'
-:

' 60 -4-

Ui
c

30

I

I

30

Ui

to

180150-120 .90 -60 -30 0 30 60 90 120 ISO 180

LONGITUDE (deg)

PLUMB FLUX, P at 0 deg E (m2s)(C)

0 20 30 40 50 60 70 60 90

LATITUDE (deg)

-a

to

169

PLUMB FLUX, P at 45 deg N (m2S2))

F

,t,,?s,
i '''S 79 9 7.-' r'c, F
i 7 rt'. -

7 7.

180-150-120 -90 -60 -30 0 30 80 93 120 ¶50 180

LONGITIJDE (deg)

E

Ui

Figure 4.61: Dusty Plumb flux P (m2 s2) associated with the Consortium northern
hemisphere topography: (a) vectors are the (A, ) components at 10 km. Contours
are the (z) component, with negative (downward) shaded; (b) vectors are the (A, z)
components at 45°N; (c) vectors are the (so, z) components at 0°E.



170

CHAPTER 5

Long-Period Near-Resonant Modes in Mars Wintertime Flows

The possibility forand identification ofnearly resonant planetary-scale modes

in the Mars winter atmosphere is investigated in this chapter. The fact that the 'highly

dusty' mean zonal flows used in Chapter 4 showed tremendous wave amplitudes and

associated rectified wave effects (e.g., the Eliassen-Paim flux, F; and the wave driving

on the zonal-mean zonal momentum, DF) compared to the relatvely 'non-dusty' flows,

suggests that under certain conditions (e.g., during periods of enhanced atmospheric

dustiness) the Mars winter atmosphere might approach resonance for stationary waves.

By resonance, it is meant that a possible atmospheric 'free' mode may be efficiently

excited and manifest itself in (with the presence of dissipation) a large wave response.

The linear primitive equations model used in Chapter 4 can be easily configured to

enable a 'search' for the steady-state wave structure of planetary-scale modes at a
particular wavenumber and nonzero frequency.

5.1 Motivation

There are indications that large-scale, anomalous wave activity may occur on

Mars. It was mentioned in Chapter 2 that during the decay of the 1971 global dust

storm, the Mariner 9 IRIS data indicate the presence of a significant temperature
disturbance during late northern winter in Mars' lower middle atmosphere (Conrath,

1981). And as will be discussed in detail in Chapter 6, the Viking Orbiter infrared



171

thermal mapper (IRTM) data at 15 tm show the presence of quasi-periodic distur-
bances in the north polar region (especially on the evening-side) during the 1977b

global dust storm (e.g., Martin and Kieffer, 1979; Jakosky and Martin, 1987). Unfor-

tunately, the nature of the Viking spacecraft orbits prevents a definite identification

of the type of wave activity.
Anomalous large-scale wave activity has been found to occur in several dynami-

cal models of the Mars atmosphere. Interactive-dust experiments with the MGCM by

Murphy (1991), where dust is both radiatively and dynamically active (i.e., capable of

being transported), demonstrate rapid and robust changes in the mean circulation fol-

lowing the injection of dust and also drastic changes in the quasi-stationary wave field.

In one interactive experiment, a mostly wavenumber-2 pattern below 30 km suddenly

evolved (within 3-5 days) into a strong wavenumber-1 pattern at lower and upper lev-

els. Stationary geopotential amplitudes at this time exceeded 1-2 km above the 3-mb

level (r.. 8 km). After 10-20 days, the anomalous wavenumber-1 pattern decayed and

a mostly wavenumber-2 field returned, even though the zonal-mean circulation con-

tinued to intensify. Murphy found that the simulated nearly stationary wavenumber-1

disturbance, viewed from a 'fictitious spacecraft' with an orbit identical to the Viking

Orbiter, exhibited oscillations with a 'period' matching those seen in the high-latitude

IRTM observations. Inspection of the refractive index for wavenumbers 1 and 2 asso-

ciated with the mean fields during the experiment indicated that vertical wave prop-

agation was possible. However, examination of the wavenumber-1 and -2 amplitudes

and phases in the meridional direction showed little evidence of upward propagation.

It was commented by Murphy (1991) that the anomalous large-amplitude wave activ-

ity might be associated with some type of in situ dynamical instability. Alternatively,

the nearly stationary wave activity might be associated with a resonance, whereby a

possible large-scale 'free' mode of the dusty zonally symmetric state was efficiently

excited.

The question that we want to begin to address in this chapter is: can the
zonal-mean circulation (i.e., balanced wind and temperature fields) conceivably evolve

during highly dusty episodes so as to permit an easy excitement of low-frequency

planetary-scale waves? As was discussed in Chapter 4, stationary waves should be
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common in the winter atmosphere of Mars in the presence of 'continuous' forcing

(e.g., that arising from near-surface flow impinging on zonally asymmetric topography

and/or fixed thermal contrasts in low and middle latitudes). Whether large-amplitude

nearly stationary modes are favored is the primary issue considered here. The ques-

tion of how the zonal-mean state may evolve into a nearly-resonant state can not be

addressed with a linear model.

In Section 5.2, some background on atmospheric free modes and the mechanism

of resonance are presented. In Section 5.3, methods used here to search for possi-
ble low-frequency resonances are described and several wave-amplitude measures are

constructed. In Section 5.4, results of a search for wavenumber-1 and -2 modes in
relatively non-dusty and dusty basic states are presented. And, in Section 5.5, the

results are summarized and discussed.

5.2 Background

Planetary-scale 'free' modes will exist in an isothermal, inviscid and motionless

atmosphere without any forcing mechanism. These modes are global in extent and

exhibit either a latitudinally symmetric or antisymmetric structure with respect to

the equator (e.g., Volland, 1988). Their character in a nonisothermal atmosphere
and/or in the presence of winds can be substantially different (e.g., Salby, 1981). For

such modes to exist in realistic flow configurations and in the presence of dissipation,

some sort of 'forcing' is necessary to initially excite them, and possibly to sustain

them. An infinite wave-amplitude response results from forcing a free mode in an

inviscid atmosphere. However, the inclusion of dissipation (e.g., in terms of a vertically

dependent Newtonian cooling or Rayleigh friction or both) produces a finite response.

In an isothermal, motionless and inviscid atmosphere, dependent variables in the

linearized primitive equations are separable with respect to the vertical and horizontal

(i.e., meridional) directions. Upon separation, the linearized equations yield Laplace's

tidal and the vertical structure equations (e.g., Andrews et al., 1987; Volland, 1988),

which are the prototypical equations governing a range of dynamical phenomena: e.g.,

atmospheric thermal tides; Rossby waves; equatorial waves; and inertia-gravity waves.
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A single parameter known as Lamb'sparameter (i.e., a rotational Froude number),
= 4112a2/gh, couples the equations. Here, h is the so-called 'equivalent depth'.

Under the above assumptions and for a given wavenumber and frequency, solutions

to Laplace's tidal equation are expressed in terms of a series expansion of special

functions which satsify the eigenvalue problem

+ = o (5.1)

where £ is a second-order differential operator of sine-latitude with parameters (s, a)

(ci. Eq. (4.2.10) in Andrews et al., 1987); and the eigenfunctions O" are termed

Hough functions and are composed of associated Legendre polynomials (see e.g.,
(3)Holton, 1975). In terms of the meridional index n, the Hough functions {O }

form a complete, normed, basis set (Guenther and Lee, 1988) with the associated
eigenvalues {6k"} (Salby, 1984). A very useful diagram is a plot of the eigenvalues

as a function of frequency a (e.g., Longuet-Higgins, 1968; Volland, 1988). The

dispersion curves for a particular zonal wavenumber s and meridional index n, repre-

sent the eigenfrequencies of Laplace's tidal equation and separate into two classes of

waves: type I waves (or gravity modes) with E" > 0 for all a; and type II waves (or

Rossby modes) with e" > 0 for a < 0 and e' <0 for a> 0. The type II waves
disappear for lal > 2Q (Volland, 1988).

As determined from the vertical structure equation subject to appropriate bound-

ary conditions (e.g., evanescent wave energy as z * oo), free (or normal) modes cor-

respond to a single value of the Lamb parameter &j = 4h,/hj, where h3 = Z2a2/g

and h1 = H/(1 ic). These modes have an 'external' or 'edge-wave' structure where

wave disturbance quantities such as momentum, temperature and geopotential exhibit

amplitudes that increase in magnitude in the vertical at the rate

(u', v', w",
)

e'". (5.2)

That is, there is no phase variation in the vertical. In addition, the wave energy
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Po(vt2 + + N2) e(21c_1)zIhi (53)

and since 2K 1 <0, the energy associated with these modes decays with height from

its maximum value near the surface. Modes with vertical dependence given by Eqs.

(5.2) and (5.3) are examples of the so-called Lamb modes (e.g., Salby, 1984; Andrews

et al., 1987; Volland, 1988).

Another feature of the Lamb modes is that the geometric vertical velocity (ti)

vanishes at the surface and throughout the domain. With dissipation or spatially-
varying background winds and temperatures or both, such a truly vertically trapped

structure is modified. Some modes may possess meridional and vertical phase variation

that permit them to 'leak' into regions away from the surface (Salby, 1981). A review

by Salby (1984) discusses observational and further theoretical aspects of planetary-

scale free modes.

Ignoring the effects of mean background winds, Zurek (1988) in the context
of classical atmospheric tidal theory, solved the vertical structure equation for var-

ious basic state temperature profiles, dissipation (i.e., radiative damping rates) and

thermotidal forcings, representative of relatively dust-free and highly dusty condi-

tions on Mars. The largest surface-pressure response was determined as each of the

above parameters were varied over a reasonable range of conditions. As the damping

increased, Zurek found that the maximum response broadened and shifted toward

smaller equivalent depths. Since h could be related to frequency (e.g., from a plot of
o) as a function of frequency a), the period of the modes increased with increased

dissipation. It was noted by Zurek (1988) that because the basic temperature pro-
file can vary significantly on Mars, the maximum surface response and corresponding

equivalent depth (and wave period) will be highly variable, particularly for the short-

period gravity modes. For two choices of Lamb's parameter, the periods of several

of the lowest-order free planetary modes were tabulated: for eastward and westward

propagating gravity waves; and westward propagating ltossby waves. For the range

of Mars equivalent depths considered, however, no information was presented on the

horizontal structures of the planetary modes.
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In Section 5.4, some comparisons are made between such theoretical free-mode

characteristics and results determined with the linear primitive equations model.

5.3 Methods and Resonance Measures

If the frequency of a 'known forcing' can be varied in a controlled way and a
planetary wave of a given zonal harmonic at the same frequency is excited, it is possible

to find the most excited (i.e., nearly resonant) modes of a model atmosphere using a

suitable wave resonance measure. Conceptually, in an isothermal, nondissipative and

motionless atmosphere, resonance of a wave at a particular frequency corresponds to

the intersection of the free Lamb parameter with the dispersion curves of Laplace's

tidal equation. In a more general atmosphere, resonance of a wave can arise from
constructive interference (i.e., positive reinforcement) of that wave by reflection off of

a boundary or surface. For example, when a specified forcing at a given frequency is

at a 'node' with the reflected wave, wave enhancement may take place depending on

the background flow configuration. In two dimensions, resonance can occur when an

incident wave is positively reinforced via reflection off of suitable surfaces that form

a hemispheric cavity: e.g., a low-latitude critical layer or a region of sign reversal

of the meridional gradient of mean zonal (quasi-geostrophic) potential vorticity (e.g.,

McIntyre, 1982).

Suggestions for suitable wave measures, the type of wave forcing, the form of

dissipation, and, the choice of model configuration and resolution, are briefly described

in this section.
Recalling that deviations from the zonal mean (i.e., the 'wave' quantities) are

expanded into Fourier modes, e.g., for geopotential '

= et/2rRe {7( z)ei(3_2hb0ni)} (5.4)

a search for quasi-resonance is accomplished by varying the (real) nondimensional fre-

quency a within some finite range, while solving the wave structure equation for 4

for a given zonal wavenumber s (Eq. (3.19)), subject to appropriate boundary condi-

tions. The sub- and super-script notation on the wave amplitude explicitly marks its
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connection with the parameters (s, a). Using this representation for the wave quan-
tities, one obtains the linear and steady-state wave structure. The restriction to real

frequencies means that only stable modes are considered; unstable modes correspond-

ing to complex frequencies are not permitted in this analysis. In this chapter we
concentrate on low-frequency wavenumber-1 and -2 modes. In the expression above,

a < 0 (>0) corresponds to westward (eastward) phase propagation with respect to a

fixed position, and a given mode has a period of (2a)' solar days. In most of the
calculations presented below, the dimensional frequency ii (day-1) given by

zi=-(2a) (5.5)

is varied between II 0.2 day in steps of v = 0.005 day-1 (i.e., the periods for

the modes considered are longer than 5 days).

In order to determine the strength of possible quasi-resonances, several wave-

amplitude measures have been constructed and include the following:

Meas 1: max l'l, kI ir/2, 10 z 90 km

Meas 2: max 9, k'I ir/2, ZB z 60km

Meas 3: max 'f, koI ir/2, z = 40 km

Meas 4: max, koI ir/2, where

- 1 ZT
(5.6)

and where zB and zT are the model lower and upper boundary, respectively

Meas 5:
pr/2

G = 21rJ J a2cose(o,z)ddz (5.7)
ZB

where ë is the total zonal-mean wave energy density

1 - -E -po(u'2 + V'2 + N2). (5.8)

'Or 0 <ç r/2, if the domain is hemispheric.
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The first two measures examine the maximum amplitude associated with a given
wavenumber and frequency within a region of interest, either 10 z 90 km or

ZB z 60 km. It was found in the highly dusty stationary experiments discussed

in Chapter 4 that not only were very large wavenumber-1 amplitudes obtained, but

the maxima occurred much higher aloft (by 30 km typically). The third measure

gives the maximum wave amplitude at a single vertical level. The fourth measure
'weights' (by atmospheric density) those wave amplitudes that are largest in the low-

est levels (e.g., below 2-3 H). And, the last is an integral measure of the total wave

energy within the model domain. Similar wave measures to those above have been

constructed for use in terrestrial studies of nearly resonant modes (e.g., Schoeberl and

Geller, 1977; Schoeberl and Clark, 1980; Salby, 1981; Smith and Avery, 1987).

Instead of using height-dependent dissipation as described in Section 3.4, here

we apply equal and constant Newtonian cooling and Rayleigh friction coefficients

in order to more clearly test the sensitivity of the wave response to changes in the
dissipation strength. In quasi-geostrophic theory, this type of dissipation corresponds

to potential-vorticity damping. In most of the experiments presented in Section 5.4,

dissipation strengths corresponding to = 80, 20, 5, and 1 day are used.

Except at the lower boundary, the same boundary conditions that were described

in Section 3.2 are imposed: namely, that the wave geopotential vanishes at the poles

(or pole and equator if the domain is hemispheric) and the model top. In order to
excite any free modes associated with the basic states, a nonzero 'forcing' is imposed

at the model's lower boundary ZB. We specify a nonzero vertical velocity (w') of the

form
= (5.9)

with a constant amplitude, FV = 1 cm s. No latitudinal structure is injected into
the problem through the lower-boundary forcing. As in Chapter 4, the wave structure

equation is solved using centered finite differences on either a global or hemispheric

grid with iça = 50 and Lz = 2 km, typically. Most of the calculations are made with

the model bottom and top at ZB = 4 km and ZT = 120 km, respectively. However, in

order to investigate possible wave reflection from the upper boundary, some of the
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calculations have a lower model top at zT = 90 km.

5.4 Results

Several numerical experiments have been performed with the linear primitive

equations model in a search for long-period, quasi-resonant modes of the Mars winter

atmosphere. To begin, we describe results from a test calculation in which the model

is used with a simple basic state. This is then followed by wavenumber-1 and -2 results

for representative relatively non-dusty and dusty basic states.

5.4.1 Isothermal, Motionless Basic State

As a consistency check with what is known from theory (e.g., Salby, 1984) and

with what has been determined previously for free modes for Mars (e.g., Zurek, 1988),

a calculation is first performed using the above mentioned methods and measures for

the simplest basic state: a motionless, isothermal basic state. For this calculation, we

use a global configuration (i.e., cal ir/2 and ça = 4°); set = 0 and t = T0 = 170

K; prescribe very weak, constant dissipation cx = czj = 1000 day; and, take the

zonal wavenumber s = 2. Frequency is scanned between -0.2 ii -0.1 day-' in
steps of zzi = 0.002 day. Results for Mars by Zurek (1988) indicate that there
are two wavenumber-2 pure Rossby free modes in this frequency range: the first
antisymmetric mode with a period near 5.5 days, and the second symmetric mode

with a period near 8.0 days.

In the presence of dissipation, no 'pure' global normal modes will exist. As can

be seen in Fig. 5.la, the linear model identifies several 'characteristic modes' in this
frequency range, with qualitatively similar response curves for Meas 2 and the two

integrated measures. Not all of the sharply peaked features actually correspond to

true free modes, as some are instead artifacts of the discretization and the bounded

vertical domain (discussed further below). The features near ii = -0.180 and -0.125
day' are robust (determined by varying the model resolution, e.g., ça = 3-5°)

whereas the amplitude of the other sharp features change, and they occur near the

same frequencies tabulated by Zurek (1988) for two choices of Lamb's parameter.
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In Fig. 5.lb the amplitude and phase structure of the mode at i/ = -0.178 day-'
is shown. Due to the nonzero damping in the model, the amplitude increases with

height slightly less rapidly than the inviscid, free mode rate (r- e'/'). The location
of the amplitude maxima at = ±50°N agrees with the latitudinal structure of the

(2c)first wavenumber-2 antisymmetric eigenfunction O...4 (notation following Volland,

1988) for Lamb's parameters in the range e = 5-10 (Longuet-Higgins, 1968). There is

essentially no vertical phase variation poleward of the tropics. The phase reverses as

the equator is approached (e.g., between çp = 10-15°) as the eigenfunction has a zero

in this region. Actually, for this particular frequency, the inertial latitude (which is

associated with a singularity in Laplace's tidal equation) is at po = ±5° and essentially

separates the external and internal wave regions.

The total wave energy density associated with this mode is shown in Fig. 5.lc.

It can be seen that ë is maximum at low levels and because of dissipation falls off

slightly faster than the inviscid rate (.- e(2l_1)/hI).

As discussed by Lindzen et al. (1968) for the unforced problem, a model atmo-

sphere that is bounded at some finite height and divided into discrete levels intro-
duces a discrete set of free equivalent depths (each associated with a different vertical

structure). Associated with these are spurious internal (free) modes; a single exter-

nal (free) mode is embedded in the set. A sensitivity experiment was performed for

the isothermal and motionless basic state using a '3-level' configuration (e.g., setting

(ZB, zT) = (10,40 km) and Lz 10 km) so that the number of spurious free modes

was reduced. It was found that the external (free) mode (located at ii = -0.175
day-') indeed was the dominant feature, and the response curves lacked any sharp
features between -0.20 ii -0.13 day. With coarse meridional resolution (e.g.,

5°), 1-2 spurious modes within this frequency interval became evident.

For the simplest basic state, it has been demonstrated that the linear model can

isolate characteristic free planetary modes. However, because of discretization and

boundedness in the vertical (i.e., a 'lid' at z'r), the characteristic modes can be offset

from the true frequency and spurious modes may be present. To determine if a given

feature is spurious or not, examination of its meridional structure (e.g., amplitude

and phase variation, or energy density) can reveal whether the characteristic mode
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emulates qualities predicted by theory. However, with dissipation and nonuniform
basic states, the situation is more complex and identification can be more difficult.

For example, the characteristic response may be attenuated, translated or broadened

over frequency (Salby, 1981). These aspects should be kept in mind when interpreting

results in the following subsections.

5.4.2 Wavenumber-1 Modes

As presented in Section 4.4, for wavenumber 1 there were considerable differences

in the magnitude and structure of the linear stationary wave amplitudes, for non-
dusty and dusty basic states. The sensitivity of the wavenumber-1 response at low

frequenciesnot far from stationaryis examined here.
As choices for nominal basic states representing relatively non-dusty and dusty

atmospheric conditions, we apply two of the flows that were discussed in Section 4.2.

For dust-free conditions we use flow L04 and for dusty conditions we use flow H07. For

reference the flows are shown again in Fig. 5.2 which depicts their structures below

50 km (cf. the Mariner 9 deduced mean flow structure shown in Fig. 2.2).

As noted previously, there is a pronounced poleward and upward tilt of the

balanced and [' fields. The latter shows a strong gradient at low and middle levels in

middle latitudes, and the warmest temperatures occur aloft in the extratropics. With

high atmospheric dust loadingas suggested by 2-D and MGCM simulations (e.g.,

Haberle et al., 1982; Haberle et al., 1992)these features become more pronounced,
particularly the mid-/upper-level thermal maximum which is 10-30 K warmer. In

addition, there is a slight poleward shift (5-10°) of the tighter thermal gradient which

results in a more intense and slightly poleward-shifted westerly (zonal) jet.

Also shown in Fig. 5.2 for reference are fields of the modified quasi-geostrophic

refractive index Q3 (e.g., Palmer, 1981b; 1982) for wavenumber 1. Qualitatively, the

index patterns are rather similar for the two flows. However, on the equatorward side

of the jet, the dusty flow (Fig. 5.2d) has a negative region which extends lower by

10 km compared to the non-dusty flow (Fig. 5.2c), and this region is shifted further

poleward by nearly 10°. The high-latitude negative region is also shifted by roughly
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100 for the dusty flow. It should be noted that for both synthetic flows, the zero-wind

line in low latitudes occurs further south (between 15-20°) than in most of the winter

zonal-mean zonal wind fields produced by the MGCM (Haberle et al., 1992).

In this and the next section, it is assumed that the linear primitive equations
model in a hemispheric configuration can be utilized to identify near resonances in

Mars' winter atmosphere. Preferably, the model should have a global configuration

(i.e., one with the zonally symmetric circulation specified in both hemispheres) to
capture the symmetric/antisymmetric structure of any (true) free modes. In addition,

use of the artificial boundary condition, 4' = 0 at the model 'top' and the equator,

could be suspect. The latter condition means that only the antisymmetric modes

will be properly simulated. Yet, because the winterlike zonal-mean zonal flows have

latitudinally broad and vertically deep waveguides (i.e., regions of , > 0), a critical

line poleward of the equator, and because significant damping exists on Mars, the

wave structures in middle latitudes should be simulated realistically.

Non-Dusty Basic State

For two of the measures in Section 5.3, results of searching for low-frequency,

near-resonant responses for the non-dusty basic state are shown in Fig. 5.3. With

the choices of dissipation, Meas 1-4 generaily isolate the same features. The rather

'sharp' responses found for westward and eastward phase propagation are suppressed

with increasing dissipation (the solid curves in Fig. 5.3 are the weakest damped cases

and the dotted curves correspond to damping time constants a factor of 16 shorter).

One expects that with stronger dissipation the responses should broaden and become

less intense. When damping time constants are 0(1 day) (dashed-dotted lines), the
sharp features are completely removed and a trend of a gradual increased response
with increasing frequency appears. The latter behavior is at odds with simple quasi-

geostrophic, /3-plane forced wave models with constant basic states and dissipation

(e.g., Andrews et al., 1987). There it can be shown, for example, that provided

Iö/kI cl, the wave amplitude decays exponentially with z as e_'"' where

2ëk('ü c)2m
H5 =

öj3
(5.10)
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and k, c, m, t5, and /3 are the zonal wavenumber and phase speed, vertical wavenumber,

damping rate, and Rossby parameter, respectively; and ë = f2/N2 = const. Thus the

effect of dissipation should be greater for 'slow' intrinsic frequencies (that relative to

the background motion); damping should be weaker for 'rapid' relative (i.e., Doppler

shifted) phase speeds. However, calculations done for the Earth's atmosphere by

Schoeberl and Clark (1980) have indicated the same trend as in Fig. 5.3 although
for the eastward propagating modes, the response curves 'leveled off' with frequency.

Salby (1981) points out that such a trend is associated with an increased sensitivity

to forcing of the higher degree modes (i.e., for a given s, increasing n - s).

It will be seen that for the dusty basic state, several of the same characteristic

modes can be identified, although for the stronger flow the frequencies are Doppler

shifted.

The maximum wavenumber-1 amplitudes for the non-dusty basic state occur

at monotonically increasing higher altitudes (z = 50-70 km) for frequencies ii
-0.10 day-'. Also, the maxima occur near the center of the waveguide between

= 55-65°N. For the faster westward propagating modes (v < -0.10 day), the
locations of the maxima are more variable particularly for weaker damping. Some

of the characteristic modes peak in the subtropics and at much lower levels (e.g.,

z 25-40 km).

Dusty Basic State

As mentioned previously, for wavenumber 1 there are considerable differences

in the magnitude and structure of the linear wave amplitudes, depending on whether

the basic flow used in the model correponds to a relatively non-dusty or a dusty state.

A typical result of searching for near-resonant, low-frequency responses using the
dusty basic state is shown in Fig. 5.4. The same trend of an increased response with

increasing frequency can be seen, although for the integrated measure there is more

leveling off of the response for eastward propagation. Comparisons of the response

curves given by Meas 2 with those in Fig. 5.3 indicate that for the dusty basic state

and for dissipation = 1-5 days, the responses are roughly an order of magnitude

larger. Meas 4 (the integrated measure), gives responses that are more comparable
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because of a density weighting at lower levels. Actually, responses determined by Meas

1 (not shown) differ by 102, since the maximum amplitudes for the dusty basic

state occur roughly 30 km higher than those for the non-dusty basic state. In part,

the enhanced response for the dusty basic state can be associated with less effective

damping for a stronger flow (cf. Eq. (5.10) and Holton, 1975). But as discussed in

Chapter 4, the waveguide formed by the dusty basic state has an important effect:

larger /u> 0 in high latitudes and at middle and upper levels results in enhanced

upward and poleward wave activity flux.

With a poleward shifted and more intense basic flow representing dusty condi-

tions, the effect of Doppler shifting of the responses is apparent. For Meas 2 and the

other amplitude measures, there are positive frequency shifts (+0.010-0.020 day-1)

of the quasi-resonant signatures associated with the dusty flow with respect to similar

features associated with the non-dusty flow. Provided that the vertical and meridional

structures of the two flows in the vicinity of strongest wave propagation are similar,

the positive frequency shift for the stronger flow is what one should see. Through

the jet core the synthetic dusty flow is roughly 20-30 m s stronger; however, there

are significant differences in curvature and vertical shear. Therefore, the amount of
Doppler shifting is difficult to anticipate beforehand. Even for relatively simple back-

ground wind nonuniformities (e.g., uniform rotation plus angular velocity steps in the

meridional or vertical), the characteristic response is not only Doppler shifted; it can

also be depressed and/or broadened (Salby, 1981). The near-stationary 'resonance'

of the non-dusty case shifts slightly toward a lower frequency (v0 = -0.005 day-1)
and becomes stronger by factors of 10-40 (determined by Meas 1-3) for the dusty
flow with damping time constants of 1-5 days. Further, this feature remains sharply

peaked for > 2.0 days.

In Chapter 4, the maximum amplitude for a stationary wavenumber-1 distur-

bance occurred higher with the dusty basic state than with the non-dusty basic state.

The nonstationary maxima also occur systematically higher. For v -0.07 day,
the maxima occur at very high levels (z "-' 90 km). They also occur more poleward,

within the dusty waveguide between 70-75°N. However, the faster westward propa-

gating modes (v < -0.07 day-1) peak lower, between 50-65 km. To some extent,
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the positive waveguide is weakened (strengthened) for the higher frequency westward

(eastward) propagating modes.

It is of interest to examine the wave structure associated with one of the char-

acteristic modes in Fig. 5.4. The mode at ii = -0.078 day is also apparent in the

non-dusty response, although at a somewhat shifted frequency z' = -0.09 day-1 (ci.

Fig. 5.3). This is a westward propagating mode with a period of 11-13 days and
may correspond to the second symmetric, wavenumber-1 pure Rossby mode. In the

terrestrial atmosphere, the period of this mode would lie in the range of 11-20 days

(Salby, 1981). A frequently observed disturbance appearing in global analyses and

general circulation simulations is the (wavenumber 1) so-called '16-day wave', which

is thought to be a global (free) normal mode. This mode varies substantially with
season in the stratosphere (enhanced during winter) and is very barotropic in the
troposphere; in long-term integrations with general circulation models, this feature is

prevalent with or without topographic forcing (Salby, 1984).

The wave amplitude, phase and mean energy density associated with the feature

at ii -0.078 day-1 are shown in Fig. 5.5. It can be seen that this mode has a wave

amplitude that increases with height near 65°N at nearly the inviscid rate (cf. Eq.
(5.2)); however, poleward (equatorward) of this latitude the amplitude increases more

(less) rapidly. The differences in growth are due to refractive effects of the dusty basic

state (e.g., an enhancement in high latitudes). Most of the energy density (Fig. 5.5c)

is confined in high latitudes at low and middle levels (e.g., below 3-4 H). The wave is

essentially barotropic between 65-80°N, exhibiting little phase variation with height.

Further aloft and in middle latitudes the phase tilts westward, and just poleward
of 30°N, the pattern indicates the presence of a node. The latter location is much
further poleward than the low-latitude easterlies for this flow. In fact, the Hough
function for the second symmetric, westward propagating wavenumber-1 mode ')

(Longuet-Higgins, 1968), peaks between 65-70° and has a zero between 30-40° for

e = 5-10. These characteristics, together with an enhanced wavenumber-1 waveguide

for the dusty basic state, suggest that an 11-13 day wavenumber-1 free mode could

be favored during winter on Mars.

The feature at v 0.0 day-1 has a similar structure in the subtropics and
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middle latitudes but shows tremendous amplitudes (' 3 km by the 20-30 km-level)

and more phase variation in both the meridional and vertical. This feature appears

to be more of a 'leaky' mode (e.g., Salby, 1981).

The robustness of the resonance features to changes in the model formulation

has been investigated. Experiments have been performed using a lower model top

(zT = 90 km) with the dusty basic state and similar responses were found, indicating

that upper boundary reflection is not contaminating the wave solution in the region

of interest (e.g., below 50-60 km). In addition, changes in the level of the lower
boundary and the inclusion of latitudinal structure in the forcing has no effect on the

large response near the stationary frequency. However, bringing the top down to 50-60

km effectively removes the high-latitude/upper-level waveguide so that, even though

the largest responses occur near the stationary frequency, the magnitudes are more
comparable to the non-dusty case. Finally, it is possible that a different meridional

grid spacing could change the location in frequency of the resonant responses (e.g.,

Smith and Avery, 1987).

5.4.3 Wavenumber-2 Modes

Two experiments have been made using the same basic model parameters (dissi-

pation rates and lower boundary wave forcing) but for zonal wavenumber 2: one with

the relatively non-dusty basic state and the other with the highly dusty basic state.

The measured responses as a function of frequency are presented briefly below.

Non-Dusty Basic State

In Fig. 5.6 are the low-frequency wavenumber-2 responses for the relatively non-

dusty basic state calculation. Maximum amplitudes are uniformly much less than
those found for wavenumber 1; in some cases the responses differ by an order of mag-

nitude. This aspect is in rough agreement with the Charney-Drazin (CD) criterion:

for a given basic flow, higher wavenumbers have a lower limiting velocity and are

more easily vertically trapped (Charney and Drazin, 1961). It can also be seen that

the responses are narrower and more 'spiked' for wavenumber 2 than those computed

for wavenumber 1 (Figs. 5.3). A similar trend of an increased response with increas-
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ing frequency can be seen for wavenumber 2, although it is not as apparent for the
higher frequency westward propagating modes. The feature near ii = -0.16 day-1

(more apparent in Meas 4) may reflect the first antisymmetric pure Rossby mode for

wavenumber 2 (the same feature isolated above for the isothermal, motionless basic

state), Doppler shifted to lower frequency. The maximum amplitude of this feature oc-

curs between 50-60°N, and the phase exhibits a mostly barotropic structure in middle

latitudes below 25-35 km.

Dusty Basic State

For the frequency band considered, it can be seen from Fig. 5.7 that the dusty

flow is less conducive to wavenumber-2 propagation (compare with Fig. 5.4 and
Fig. 5.6). For the faster westward modes, differences between the dusty and non-

dusty maximum wavenumber-2 amplitudes are not as apparent. But for frequencies

ii> -0.05 day -1, the non-dusty response are factors of 3-10 greater than the dusty

responses. Also noticeable is that a given wavenumber-2 feature is more strongly

Doppler shifted (+0.030-0.040 day-1) for the more intense dusty flow.

A close inspection of the wave structure associated with the very large feature

at Ii = -0.15 day for the dusty flow shows that it peaks in low latitudes below

20 km. For the non-dusty case, roughly all responses in the vicinity of this frequency

peaked in middle and high latitudes (within the positive waveguide). Most likely, this

dusty response is spurious and 'swamps' the signature associated with any real modes

near this frequency.

5.5 Discussion

Using a hemispheric linear primitive equations model that solves for the steady-

state wave field for a prescribed forcing, it has been found that basic states repre-

sentative of highly dusty wintertime conditions on Mars are more conducive to large-

amplitude, low-frequency wavenumber-1 disturbances than basic states representative

of relatively non-dusty conditions. For a range of dissipation, dusty wavenumber-1

responses are larger than non-dusty responses by an order of magnitude or more. In
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contrast, dusty wavenumber-2 responses are weaker by factors of 3-10 than non-dusty

responses. By monitoring the maximum response using several wave-amplitude mea-

sures while varying the frequency of the forcing, it has been found that for dusty basic

states a broad enhanced response occurs close to the stationary frequency (v = -0.005

day-1). Response curves for both the non-dusty and dusty basic states indicate a
broadening/flattening and an overall decrease in magnitude with an increase in the

dissipation. In addition, evidence of a gradual increased response with increasing fre-

quency has been isolated for both wavenumbers and for both non-dusty and dusty

basic states.

That the dusty zonally symmetric basic states showed very large wavenumber-

1 amplitudes even for strong damping can be related to the enhanced waveguide
formed by the more intense dusty flow: stronger (more negative) meridional curvatures

and (more positive) vertical shears within the jet enhance the wave-activity flux into

high latitudes and middle and upper levels. In addition, the wave 'barrier' on the
equatorward side of the dusty jet (i.e., where , <0) descends nearly 10-15 km and

is shifted 100 further poleward, and thus effectively can 'focus' wave activity into

the narrower cavity.

It is worthwhile to compare some of the general aspects of the results obtained

in this chapter with results from similar investigations done for the terrestrial atmo-

sphere. Schoeberl and Clark (1980) used a quasi-geostrophic model together with

either dimatological or synthetic basic state flows in an investigation of possible long-

period free modes for the terrestrial solstitial atmosphere. Dissipation was also pre-

scribed in the form of equal and constant Rayleigh friction and Newtonian cooling co-

efficients. Among the westward propagating wavenumber-1 modes, robust responses

were isolated having periods of 5-6 days and 14-18 days. For zonal wavenumbers

1-3, Schoeberl and Clark found rather 'flat' resonances when damping time constants

less than 30 days were used. The dissipation that has been applied in the model
here for Mars is much stronger (damping time constants as short as 1-5 days), and

quasi-resonant responses have been found for zonal wavenumbers 1 and 2.

Using a quasi-geostrophic model similar to one used by Matsuno (1970), Smith

and Avery (1987) conducted a search for possible near resonances for wavenumber 2.



The winter basic states were taken from daily NMC analyses in the troposphere and

LIMS (Limb Infrared Monitor of the Stratosphere) data in the middle atmosphere

for a three-week period during February 1979. Rather large, low-frequency (0.0

v 0.1 day-1) resonances were obtained on some dayseven in the presence of

significant dissipation (damping time constants were height dependent and were 1-8

times shorter than used by Schoeberl and Clark). That Schoeberl and Clark obtained

weaker responses (for weaker dissipation) than Smith and Avery is most likely due

to structural differences in the basic states used in the two models. Some of Smith

and Avery's basic states were 'pre-conditioned' (i.e., with negative refractive index

< 0 in middle latitudes) so that enhanced wave activity flux occurred into high

latitudes. In addition, Smith and Avery (1987) found that the large winter hemisphere

resonances were insensitive to the southern boundary used in their model (e.g., a global

or hemispheric configuration).

The analysis presented in this chapter has fundamentally considered only steady-

state responses over a finite low-frequency range. That is, the dependence of the

steady-state response to plausible changes in winterlike basic states on Mars has been

explored. In the next chapter, the time dependent growth of forced, stationary plan-

etary waves (zonal wavenumbers 1 and 2) is examined. For the time dependent case,

particularly when a forced wave interacts with the mean flow, the basic flow can be

moved off (or toward) a resonant configuration and the preferred frequency for largest

response shifted (Smith and Avery, 1987; Smith, 1989). In resonant 'self tuning', a

near-resonant growing wave interacts with the mean flow and changes in the basic

state alter the condition for resonance. The wave frequency adjusts in such a way as

to remain near the resonant frequency while the wave continues to grow.
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shown for the non-dusty basic state (c) and the dusty basic state(d).
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Figure 5.3: Wavenumber-1 geopotential responses (km) as a function of frequency ii
associated with the relatively non-dusty basic state: (a) Meas 2; (b) Meas 4.
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Figure 5.5: Characteristic structures for the wavenumber-1 feature at v = 0.078
day1 for the dusty basic state (aj1 = 2 days): (a) (solid) wave geopotential amplitude
I'I/g (m) and (dashed) phase (°E); (b) (solid) wave temperature amplitude IT'I (K)
and (dashed) phase (°E); (c) total zonal-mean energy density e (m2 s2).
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CHAPTER 6

The Mars Polar Warming Phenomenon:
A Forced Wave Mechanism?

In this chapter, we investigate the viability of a forced planetary-wave mecha-

nism that may act in the Mars polar warming phenomenon. Results from Chapter 4 on

linear modeling of forced planetary waves during Mars winterlike conditions indicate

that topographically and thermally forced planetary waves obtain sizeable amplitudes

for the lowest zonaJ wavenumbers. And, the accompanying wave heat and momen-

tum fluxes can vary strongly in the meridional and vertical. Patterns of DF andDH

suggest, for example, that substantial wave driving of the zonal-mean flow can be an-

ticipated provided restrictions of linearity are lifted (cf. the TEM formulation of the

zonal-mean equations, Eqs. (4.18)(4.22)). In particular, considerable high-latitude

modifications to the highly dusty mean zonal flows may be expected at middle and
upper vertical levels (e.g., above 30 km). Here we relax some of the restrictions of

linearity by using a different dynamical model for Mars. The model, based on an
approximate form of the primitive equations in spherical geometry, is quasi-linear and

allows for interactions between a single zonal harmonic and the zonal-mean flow.

We begin with a short review of the observational aspects of a polar warming

that occurred during the 1977 winter-solstice global dust storm. This is followed by an

account of past dynamical modeling efforts that have investigated plausible physical

mechanisms for the phenomenon. The selection of basic parameters to be used in the

wave, mean-flow model (e.g., choices for the mean zonal flow, the type of dissipation,
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and the source of wave forcing) are described next. Results from several numerical
experiments are then presented and their relevance to the observations and to key

questions posed in earlier studies is discussed. Finally, the limitations of this study

and suggestions for possible future work are mentioned.

6.1 Observations of the Mars Polar Warming

During periods of enhanced dust loading in Mars' atmosphere resulting from

global-scale dust storms, the planet's thermal structure undergoes dramatic changes.

Observations made by orbiting spacecraft have indicated that both winter and summer

hemispheres experience increased temperatures, decreased lapse rates and increased

static stabilities during highly dusty episodes (e.g., Conrath et al., 1973; Martin and

Kieffer, 1979; Jakosky and Martin, 1987). Vertical temperature profiles retrieved

by the Mariner 9 IRIS have indicated very warm high-latitude temperatures. As
shown in Fig. 2.1, temperatures in Mars' middle atmosphere near 65°N ranged be-

tween 180-190 K through several scale heights, well above the surface brightness tem-

perature. Over higher northern latitudes, detailed thermal measurements were not

available from the Mariner 9 IRIS. Whether the polar region experienced significant

warming during the 1971 dust storm is thus uncertain.

In 1977, the Viking orbiters also observed higher atmospheric temperatures in

both hemispheres of Mars during two global dust storms. The best documented case

is the intense warming event that took place in high northern latitudes, shortly after
the onset of the second (1977b) dust storm, which occurred between L3 274°-

330° (Pollack et al., 1979). Measurements made by the IRTM 15 tm channel, which

measures temperatures near the 0.6-mb level (roughly the 25-km level), indicated rapid

temperature increases from near the CO2 condensation point (s 130 K) to well above

220 K at the peak of the dust storm (Martin and Kieffer, 1979). Fig. 6.1 (reproduced

from Martin and Kieffer, 1979) shows the behavior of the 15-pm temperatures as a

function of latitude prior to, during, and in the decay phase of the 1977b global dust

storm. At a given latitude, the vertical extent of the hatching on the curves represents

temperature differences on opposite sides of the planet (morning and evening sides).
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In less than a three-week period, temperatures over the pole increased by as much as

40-50 K, and between 70-80°N increases as large as 65 K were observed (Martin and

Kieffer, 1979; Jakosky and Martin, 1987). The maximum 15-urn temperature during

the warming event (230 K) was observed near the edge of the polar night, between

60-70°N.

The spatial and temporal variations in the high-latitude 15-im temperatures

during the warming are more clearly shown in Fig. 6.2. This figure (reproduced

from Jakosky and Martin, 1987) has been constructed using the complete data set

for the period L3 = 260-305°. The prestorm period (La < 274°) has temperatures
decreasing symmetrically toward the pole, with the strongest meridional temperature

gradient located near the latitude of the polar night. The first sign of the warming,

at about L3 = 273°, occurred on the day side of the planet and corresponded to an

average net heating rate between 60-80°N of nearly 1.0 K hr1 (Jakosky and Martin,

1987). The first maximum in the polar temperature occurred at about L, = 280°,

roughly 11 sols after the beginning of the warming (1 sol = a solar day for Mars,

88775 s). At L3 = 287° the polar temperature reached 195 K, its highest value. By
= 3000 (roughly 41 sols after the warming commenced), temperatures near the

pole returned to their prestorm values. However, at middle and high latitudes at this

time, temperatures remained 30-50 K above their prestorm values.

As indicated in both Fig. 6.1 and Fig. 6.2, the warming event exhibited strong

latitudinal asymmetry as well as some longitudinal variation. In the latter figure,
it can be seen that the region of strongest meridional temperature gradient shifted
poleward and increased in magnitude. After the warming, the maximum temperature

gradient weakened and returned to somewhat lower latitudes. This temporal behavior

at the 25-km level indirectly demonstrates that during the period of the warming, the

zonal-mean flow underwent tremendous changes in high northern latitudes.

In contrast, only a weak warming in the northern hemisphere took place during

the first global dust storm (1977a) at L, 205°. Differences between average 15-urn

temperatures for the predust-storm period and those during the dust storm, indicate

a 10-20 K warming in middle latitudes between 40-55°N and a 5-10 K cooling in

high latitudes between 60-80°N (Jakosky and Martin, 1987). The 1977a dust storm,
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however, had less spatial extent and a distinctly lower dust loading than the 1977b

storm (e.g., Zurek, 1982).

The Viking IRTM data suggest the presence of large-amplitude eddies preced-

ing and during the second global dust storm. As noted by Jakosky and Martin
(1987), the quasi-periodic temperature fluctuations on the evening side (e.g., between

L3 = 275-295° in Fig. 6.2) hint at the presence of circumpolar wave phenomena. How-

ever, because the longitudinal coverage was limited (due to two longitudes sampled

per day by the nonsynchronous Viking orbits), it is impossible to distinguish between

zonal-mean and wave components. After averaging the data, no consistent picture of

a circumpolar wave structure emerges (Martin and Kieffer, 1979; Jakosky and Martin,

1987).

Anomalous large-scale wave activity has occurred in recent interactive-dust ex-

periments with the MGCM (Murphy, 1991). In these simulations in which dust is

both radiatively and dynamically active (i.e., capable of being transported), rapid
and robust changes in the mean circulation and dominant quasi-stationary patterns

of eddy geopotential occur. Murphy (1991) found that the development of a nearly

stationary wavenumber- 1 disturbance if viewed from a 'fictitious spacecraft' with an

orbit identical to the Viking Orbiter, exhibited oscillations with a 'period' matching

those seen in the high-latitude observations.

A Terrestrial Analogy: The Sudden Stratospheric Warming

The magnitude and time scale as well as the longitudinal and latitudinal asym

metries of the polar warming on Mars resemble in some ways a phenomenon on Earth:

the sudden stratospheric warming (SSW). Martin and Kieffer (1979) first noted the

similarity of Mars' polar warming with the stratospheric warming, although the latter

occur in a dust-free atmosphere. For later reference, we give a brief description of the

morphology of a SSW.

In the Earth's winter middle atmosphere (i.e., stratosphere and mesosphere,
typically between 20-80 km), the normal meridional temperature gradient supports

a westerly flow, with a mesospheric jet core in middle latitudes between 0.1-1.0 mb

(z = 50-70 km), which descends into high latitudes forming the 'polar night jet' at
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1.0-10.0 mb (z = 35-50 km). At the tropopause level (' 100 mb or z 20 km), a
subtropical jet exists. The wintertime structure of the northern hemisphere is more

complicated than the structure during southern winter. For example, in southern
winter a more zonally symmetric and more intense polar vortex exists. Also when

viewed in the meridional plane, the southern winter zonal-mean zonal flow shows less

distinction between low and high latitudes, as the mesospheric and polar night jets

merge smoothly together (e.g., Marks, 1989).

In most winters, an intense and rapid warming of the polar stratosphere takes
placetypically, over a period of several days to a week. To maintain gradient balance

with the modified thermal field, deceleration of the westerly zonal-mean flow ensues.

Such an event is termed a SSW. The dramatic changes that occur during a SSW have

considerable three-dimensional structure and the scale of an event is hemispheric (e.g.,

Andrews et al., 1987). Major warmings, rather arbitrarily defined by convention of
the World Meteorological Organization, are events where the zonal-mean latitudinal

temperature gradient and westerly zonal flow poleward of 60°N and at (or below)

10 mb (' 30 km) both reverse (e.g., WMO, 1986). They occur on average every two

years and often signal the seasonal reversal of the circulation in the polar vortex.
Temperature rises during major SSWs can be as large as 40-60 K near the pole (e.g.,

Andrews et al., 1987). Minor warmings, which commonly occur in both winter hemi-

spheres, are less intense and are events where the mean temperature gradient reverses

but the circulation does not. Observational aspects of SSWs are discussed further in

Schoeberl (1978). Reviews by Holton (1980) and McIntyre (1982) focus primarily on

the dynamical description and theoretical considerations of SSWs, respectively.

Most theories have emphasized the importance of forced planetary-scale waves

generated in the Earth's troposphere as being closely connected to the dynamics of

SSWs, particularly in their temporal evolution and spatial structure (e.g, McIntyre,

1982). Our understanding of SSWs has improved with continuous global observa-

tions provided by sateffites and by applying mechanistic models that can separate the

importance of different physical processes (e.g., Matsuno, 1971; Holton, 1976; Hsu,

1981; Butchart et al., 1982). However, a complete three-dimensional picture of the

observational details associated with SSWs is lacking; moreover, our understanding
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of the necessary conditions for their development is still inadequate.

As pointed out by Haberle et al. (1982), there are significant differences between

the Mars polar warming and the terrestrial SSW. During the warming event on Mars,

temperatures at the 25-km level in high northern latitudes always decreased toward the

pole, although the temperature difference between middle latitudes and the pole was

markedly reduced. In SSWs (both major and minor), the high-latitude zonal-mean

meridional temperature gradient reverses. A terrestrial stratospheric polar warming

is often accompanied by equatorial/subtropical cooling (between 5-10 K), in addition

to a polar mesospheric cooling (e.g., Andrews et al., 1987). In contrast, in both
hemispheres on Mars, average 15-tim temperatures during the dust storm were higher

than values during the predust-storm period, although low-latitude increases were the

weakest: between 5-10 K within the subtropics (Haberle et al., 1982). Whether any

high-latitude, upper-level cooling (e.g., between 40-80 km) accompanied the warming

near 25 km is not known from the Viking I1tTM data.

6.2 Previous Modeling Studies

In this section, we describe results from studies that have focused on several

dynamical mechanisms that could play a role in the Mars polar warming. Among can-

didate physical processes that have been investigated are: the modifications to Mars'

zonaily symmetric (Hadley) circulation from enhanced diabatic heating accompanying

increased atmospheric dust (Haberle et al., 1982); the propagation of forced (e.g., by
topography) planetary-scale waves and their interaction with the zonal-mean state

(Barnes and Hoffingsworth, 1987); the response of the zonally symmetric circulation

to thermotidal forcing (Zurek and Haberle, 1988); and, the vertical propagation of in-

ternal gravity waves into Mars' middle atmosphere and induced zonal-mean changes

associated with wave breaking (Barnes, 1990).

As the bulk of the high-latitude warming associated with the 1977b global dust

storm occurred poleward of the polar night edge, the increased temperatures must be

the result of dynamical processes. In the dark high northern latitudes, increased solar

absorption by suspended dust can not account for the atmospheric warming.
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The response of Mars' zonally symmetric circulation to changes in diabatic heat-

ing associated with increased dust loadings has been considered by Haberle et al.

(1982). Using a global zonally symmetric model which included radiative heating by

dust, Haberle et al. found that with increased dustiness the winter (single-celled) cross-

equatorial Hadley circulation became more vigorous, expanding vertically and mend-

ionally. Fig. 6.3 (reproduced from their paper) shows results from several simulations

with various dust loadings (e.g., corresponding to visible optical depths Tdust 0, 1, 5).

Computed model 15-urn temperatures are compared with (averaged) IItTM tempera-

tures prior to and during the second global dust storm. Equatorward of 50-60°N, the

model reproduced with reasonable fidelity the nearly equatoriaily symmetric zona!-

mean temperature. The biggest discrepancies between observations and the model

results were the location of the northern-hemisphere temperature maximum (nearly

10-15° further south) and the high-latitude temperatures (nearly 40-60 K too cold).

Experiments with nonuniformly distributed dust (e.g., with a high dust opacity in
high northern latitudes) gave similar results. As pointed out in Haberle et al. (1982),

a fundamental dynamical constraint limits the poleward extent of the tropical Hadley

cell: angular momentum conservation for a nearly inviscid flow.

In a different study, Magalhäes (1987) considered a highly viscous, thermally

forced, zonally symmetric model. The forcing was prescribed using radiative relax-

ation to an equilibrium temperature field determined independently using a 2-layer

radiative-convective model. Although it was possible to reproduce polar temperatures

as observed by the Viking IRTM using large values of the eddy diffusivity (only vertical

diffusion of momentum was permitted in his model), equatorial temperatures were too

warm (by 10-20 K) and the temperature maximum near 60°N was completely absent.

Poleward of " 30°N the simulated temperatures decreased monotonically toward the

pole. As discussed in Magalhaes (1987), the high-latitude thermal differences could

be due to the lack of any vertical variation of the diffusive mixing. Such a variation

might permit the zonally symmetric (Hadley) circulation to be in a 'viscid' regime in

upper levels (capable of producing warm north polar temperatures) and an 'inviscid'

regime in lower levels (capable of producing the temperature maximum near 60°N as

in e.g., Haberle et al. (1982)).



203

The possibility that large-scale zonally asymmetric circulations might play a cru-

cial role in the Mars polar warming was examined by Barnes and Hoffingsworth (1987).

The propagation of forced planetary-scale eddies and their interaction with zonal-mean

basic states (corresponding to relatively non-dusty and highly dusty conditions) were

considered. Two forms of wave forcings were studied: one corresponding to a near

surface flow interacting with asymmetric topography; and the other corresponding

to thermal forcings associated with asymmetric distributions of dust. Using a quasi-

geostrophic /3-plane channel model (centered at 60°N), Barnes and Hollingsworth were

able to reproduce some of the basic characteristics of the warming event associated

with the 1977b dust storm. For a sufficiently strong vertical-velocity forcing (e.g.,

2 cm s1, representing a near surface flow ü0 40 m s1 impinging on 1 km-scale

topography), high-latitude warmings of 40 K at the 20-25 km level were obtained

within 10-12 days. Fig. 6.4 (reproduced from that study) depicts the behavior of a

wavenumber-1 experiment in a time-height section of the warming at the north wall

of the /3-plane channel (82.5°N). The simulated warming extended to considerable

heights (c" 80 km), and occurred within a day or so of intense Eliassen-Palm flux con-

vergence ( 100 m day1) and rapid deceleration and reversal of the zonal-mean

zonal flow. The reversal of the zonal-mean flow also led to the decay of the warming

beyond 12 sols, as the altered flow suppressed the vertical propagation of the forced

wave.

The sensitivity of a forced-wave mechanism to several basic parameters (e.g.,

zonal wavenumber, zonal-mean wind and temperature profiles, dissipation strength,

forcing turn-on time, etc.) was investigated by Barnes and Hollingsworth. It was found

that zonal wavenumber 2 was incapable of producing any substantial warming and

this wavenumber was severely vertically trapped. And the magnitude and time scale

of a simulated warming were quite sensitive to the dissipation (parameterized in terms

of thermal damping by Newtonian cooling). Large damping, corresponding to 'dusty'

rate coefficients, effectively inhibited a warming by dissipating the forced wave and by

producing stronger relaxation of the zonal-mean state toward its initial equilibrium

state. It was also found that the location (in the vertical) of the maximum simulated

warming was closely tied to the level of maximum vertical shear of the zonal-mean
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zonal wind. Stronger shears and shears occurring further a loft, reduced the warming

in upper levels and inceased the time for the maximum warming to take place.

Although the modeling study of Barnes and Hoffingsworth (1987) was successful

in simulating several features of the observed polar warming, the model used was
rather restrictive. In particular, the meridional structures of the zonal-mean flow

and forced planetary wave were idealized (i.e., truncated to just one Fourier mode

in latitude) and were fixed in time. In such a model, with an assumed single-mode

latitudinal structure, the Eliassen-Palm flux has only a vertical component associated

with meridional heat flux, since the meridional component associated with meridional

momentum flux vanishes identically. Further, the confinement of the wave, mean-

flow interaction between artificial 'channel walls' has been shown to exaggerate wave

reflections and could thus spuriously enhance a simulated warming (e.g., McIntyre,

1982; Held, 1983).

A fundamental objective of this chapter is to lift some of the restrictions imposed

in the modeling study of Barnes and Hoffingsworth (1987). In particular, the spherical

wave, mean-flow model relaxes some of the assumptions of quasi-geostrophy, permits

meridional wave propagation, and allows the latitudinal structures of the wave and
mean zonal flow to change with time.

Another mechanism for modifying Mars' solsticial zonally symmetric circulation

during global scale dust storms was investigated by Zurek and Haberle (1988). Using

two coupled dynamical models for the dusty atmosphere, they studied the steady-
state response of the symmetric circulation to the combined effects of diabatic heating

and thermotidal forcingthat is, the wave driving due to convergences of heat and
momentum fluxes associated with thermal tides. This study differed from that of
Barnes and Hollingsworth (1987) in two respects: first, possible interactions of a
different class of planetary waves with the zonal-mean circulation were investigated;

second, the interactions were 'one-way' in that changes in the zonally symmetric

circulation were not 'fed back' into the tidal calculation. The latter should be a good

approximation except during the early stages of dust storm development, before a

more or less uniform dust opacity has been realized (Zurek, 1986).

For a large dust opacity, Zurek and Haberle (1988) provided a first-order analysis
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of the effects of tidal fluxes on the zonally symmetric circulation. They found that
thermally forced atmospheric tides could modify the symmetric circulation; however,

the largest changes occurred within the subtropics at middle and upper vertical levels

(between 30-50 km). Including tidal flux convergences of heat and momentum, the

cross-equatorial Hadley circulation at solstice became more complex (particularly in

the summer hemisphere), and the cross-equatorial meridional flow weakened above

30 km. In terms of net wave driving of the zonal-mean zonal flow associated with the

tidal fluxes, the strongest winter hemisphere flow deceleration O(-10 m day-1)

occurred in middle latitudes in upper levels. This wave driving produced an expansion

of the Hadley circulation into the winter hemisphere, but not nearly enough to produce

a polar warming as observed during the 1977b global dust storm.
Possible effects of breaking internal gravity waves on the winter circulation of

Mars were examined by Barnes (1990). Using a quasi-geostrophic /3-plane dynamical

model that employed a gravity-wave parameterization, simulations were performed

for a range of parameters (e.g., forcing amplitude and horizontal scale of the wave,
breaking efficiency, radiative damping, equilibrium mean flow, etc.) to test the hy-

pothesis that breaking gravity waves in Mars' middle atmosphere (between 10-100

km) could act to 'close off' the winter westerly jet. Such a mechanism might account

for observed warm temperatures (far above radiative equilibrium) in the 50-80 km

altitude region (Deming et al., 1986), as well as the polar warming at low levels (r.s 25

km) observed during the 1977b global dust storm.

It was found that, for plausible low-level wave amplitudes resulting from flow

over regional-scale topography (e.g., 100- 1000 km), breaking gravity waves could act to

close off the winter jet between 40-80 km. As a result of the breaking process, a wave-

induced meridional circulation would produce very warm winter polar temperatures

in this altitude range, 20-60 K above radiative equilibrium. However, for reasonable

forcing values, little low-level warming (e.g., between 20-30 km) resulted from the

breaking process. If longer horizontal scales and very large low-level amplitudes were

applied, a warming of 40 K could be achieved between 20-30 km, accompanied by

a reversed mean meridional temperature gradient above this altitude.

The above studies have focused on components of the atmospheric circulation
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and have considered whether such elements could separately or in combination play

a role in the Mars polar warming. Based on these investigations, it has been demon-

strated that some components are in fact incapable of (or limited in) producing a
warming with the same magnitude and time scale, at the same location, etc. as ob-
served by the IRTM. Other circulation components, under certain assumptions, may

provide a viable mechanism. This chapter reexamines the forced, planetary-wave

mechanism in greater detail.

6.3 Wave, Mean-Flow Modeling: Input Parameters

The selection of essential input parameters for use in the wave, mean-flow model

is described in this section. Choices for these parameters have been guided by the
results in Chapter 4 on linear modeling of forced stationary waves during winter, by

northern winter MGCM simulations (relatively non-dusty and highly dusty cases

including recent interactive-dust experiments), as well as by observations, wherever

possible.

As pointed out in Section 3.3, the wave, mean-flow model allows for the interac-

tion of a single zonal harmonic with the zonal-mean flow (i.e., the model is quasi-linear

and neglects wave-wave interactions). The range of wavenumbers considered here

has been dictated by results from the linear study: there is significant propagation

(both vertically and meridionally) for wavenumbers 1 and 2 and little propagation for

wavenumbers 3 and larger. Simulations with the MGCM for northern winter also ev-

idence large wavenumber-1 and -2 amplitudes in middle latitudes at lower and upper

vertical levels. The thermal disturbance present in the Mariner 9 IRIS data dur-
ing late northern winter might be associated with a large-scale quasi-stationary wave

(Conrath, 1981). Further, the Mars Consortium and DTM topographies indicate that

the zonally asymmetric amplitudes at planetary wavenumbers are significant (e.g.,

between 1-2 km) in subtropical and middle latitudes of the northern hemisphere.

Several of the zonal-mean, gradient balanced basic states, used in the linear

calculations have been adapted for the wave, mean-flow model. To represent relatively

non-dusty conditions, mean zonal flow L04 (as shown in Table 4.2 and Fig. 4.10) is



207

used; for highly dusty conditions, zonal flows 1102 and H07 (as shown in Table 4.3

and Fig. 4.12) are used. It should be noted that in the extratropics and in the lowest

layers (e.g., below 5 km), the synthetic relatively non-dusty and dusty flows are

quite similar. There is not much difference in the speed of the mean zonal wind at

the 'forcing' level (4 km). However, major differences in the horizontal and vertical

shears, horizontal and vertical curvatures, etc., are found at higher levels, as discussed

in Section 4.2.

Only one kind of wave forcing is considered in this study: a prescribed distri-

bution of wave geopotential (amplitude and phase) associated with a particular zonal

harmonic at the lower boundary of the wave, mean-flow model. The latitudinal distri-

butions are of two forms: an analytic distribution and a distribution determined from

a linear wave calculation at low levels. An analytic form is applied, as it can easily

isolate the forced-wave response from a subtropical or from a middle-latitude source.

The analytic forms correspond to geopotential 'bumps' which are slowly turned on at

the forcing level: '(), , ZB, t) = Re{gHB(o, t)ei8} where

HB(W,t) ho{
0,

sin" Iirz.l [i_e_t/r] , 'po w wo+c (6.1)
I Px J

0,

with n = 1 for s = 1; n = 2 for s> 1; and the slow 'turn-on' time for the forcing
r = 3 days. Similar wave forcings have been applied in mechanistic models of the
SSW (e.g., Holton, 1976; Hsu, 1981; and Butchart et al., 1982). For a high-latitude

synthetic forcing, (Wo, ) are set to (30°, 60°), producing a maximum wave forcing at

60°N. For a low-latitude forcing (o, ça,) correspond to (15°, 300) giving a maximum

wave forcing at 30°N and zero wave forcing poleward of 45°N. The above form also

permits an assessment of the wave and mean responses to the forcing amplitude h0.

Several values of h0 are considered for wavenumbers 1-3.

The above form of wave forcing can be related to a geometric vertical velocity, as

described in the following. Using the relationship between log-pressure and geometric

vertical velocity, Eq. (3.21), and linearizing about a purely zonal zonal-mean flow, we
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+ + +
g acosço a

+ 1. (6.2)
gL acosço J

Based on estimates from the linear wave calculations, contributions from the third and

fourth terms are small compared to the second term and have been neglected. Sub-

stituting Eq. (6.1) into the above, an upper limit on the magnitude of the geometric

vertical velocity at the forcing level is:

isu I Is IIt7IHBt+ HBI<IHBjI+I HBI. (6.3)acosp I Iacos I

For large time (e.g., t 3-5r), the transient contribution is very small so that

an upper estimate of ti is

ltiI a h0sin [-°1. (6.4)
cos I. Px I

The strongest mean zonal flow at the forcing level (for both the relatively non-dusty

and dusty basic states) occurs in middle latitudes and is between 20-30 m s1. The

h0 values that are used in the analytic wave forcings correspond to vertical velocities

of 1 cm s for wavenumbers 1 and 2, typically. In the /3-plane study of Barnes and

Hollingsworth (1987), vertical velocities of 2 cm s (wavenumber 1) and 3 cm s1

(wavenumber 2) were applied. Here, in spherical geometry and for large time, the
magnitude of the forcings are bounded by velocities that are smaller.

Dissipation in the form of height-dependent Newtonian cooling and Rayleigh

friction is used in the wave, mean-flow experiments. Again, momentum drag acts only

on the wave velocities u' and v', and the zonal-mean flow is relaxed toward equilibrium

through Newtonian cooling. Several of the damping profiles depicted in Fig. 3.1 have

been used. Representing enhanced thermal damping above upper (z> 70 km), middle

(z > 40 km) and lower (z > 20 km) vertical levels, profiles (h), (j) and (i) shown in

Fig. 3.la, respectively, are adapted for the Newtonian cooling. As a choice for the
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Rayleigh friction, a profile with a = 0(10 days), z < 70 km and a = 0(-1 day),
90 < z < 120 km, provides a weak damping except in the upper levels (i.e. the 'sponge

layer'). This profile is denoted by (h") in Appendix C. Sensitivity experiments with

stronger dissipation in the upper layers (i1 = 0( day)) have produced similar
results.

Calculations presented in the next section all use a scale height H 9 km,

corresponding to a constant basic state temperature T0 = 170 K. With a constant
basic state temperature, the buoyancy frequency is also constant and is given by

N2 = gic/H = g2/cTo. Thus, in all experiments we set N = 0.011 s_i as a nominal
value for both relatively non-dusty and highly dusty mean flows. The effects of using

a larger buoyancy frequency more consistent with the stronger static stabilities which

accompany increased atmospheric dustiness (e.g., Barnes, 1984; Zurek, 1988), as well

as a vertically dependent buoyancy frequency, are investigated in several sensitivity

experiments.

6.4 Results of the Numerical Experiments

Several numerical experiments performed with the spherical wave, mean-flow

model are presented in this section, for cases corresponding to relatively non-dusty

and highly dusty atmospheric conditions, and for zonal wavenumbers 1-3. Allowing for

meridional and vertical propagation of a forced planetary wave, while the latitudinal

structures of both the zonal-mean flow and the wave can vary, the wave, mean-flow

model enables a more realistic test of a forced-wave mechanism for a Mars polar
warming. It will be seen that with spherical geometry the forced-wave, mean-flow

interactions are in some ways similar and in other ways different than found in the

/3-plane study of Barnes and Hoffingsworth (1987).

We begin with results from wavenumber-1 experiments with a relatively non-

dusty basic state, and several choices of the forcing amplitude h0 and dissipation

strength.
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6.4.1 Wavenumber 1: Relatively Non-Dusty Conditions

With a linear model it was found in Chapter 4 that the largest forced (steady-

state) stationary amplitudes were associated with wavenumber 1. With the steady-

state assumption and some restrictions of linearity lifted, we can examine the time-

dependent, nonlinear evolution of wavenumber 1. Key questions are whether growth

to large amplitude occurs and whether significant modifications to the zonal-mean

state are induced.

As a benchmark case for studying the effects spherical geometry can have on

the interaction of wavenumber 1 with a nominal winterlike zonal-mean basic state for

Mars, an experiment is performed using flow L04 (cf. Fig. 4.10). In this experiment

the high-latitude synthetic forcing is applied with a forcing amplitude of h0 = 500 m.

Newtonian cooling is specified by profile (h) in Fig. 3.1 and the Rayleigh friction is

set to profile (h") described above that provides an upper-level sponge layer.

Fig. 6.5 shows time-height sections of several fields from this experiment for

the first 25 days. It can be seen that after 25 days of integration, the zonal-mean
zonal wind i at 60°N (Fig. 6.5a) has decreased by 20 m s at the jet-core level.

After 15 days, the mean zonal wind shows a mostly steady character. By day 6 at

this same latitude, the wave geopotential I'I/g (Fig. 6.5b) reaches a maximum of
1700 m between 60-70 km. The amplitude decays with time at this level, although

by day 25 a second maximum of 800 m begins to appear. The time progression of

the wave phase at 60°N (Fig. 6.5d) shows significant variation with height throughout

the experiment. For the first 6 days, the phase below 60 km indicates a nearly constant

westward tilt with height, where the wave maximum shifts west by 30° longitude

for each 10-15 km. By day 10, a very rapid phase tilt is present, associated with the

'double-peaked' amplitude structure apparent in Fig. 6.5b. A low-level maximum

of ' 600 m occurs near 10 km and an upper-level maximum of e 1500 m is found

around 60 km. The rapid phase decrease with height that occurs near 25 km by day 12

coincides with a relative minimum in wave amplitude (' 200 m) at this level.

The temporal behavior of the wave amplitude and phase indicates that the

nature of the wave propagtion is changing with time, which is further evidenced by
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inspection of the evolution of the Eliassen-Paim (EP) flux. In this chapter, the quasi-

geostrophic form of this diagnostic quantity is used. In spherical geometry the flux

becomes F9 (0,4, Fr), with components given by

and

E -poacosçai? (6.5)

poafcos-. (6.6)

The divergence is again given by Eq. (4.14). Formally, the wave velocities in the

above expressions are geostrophically related to a wave geopotential 4' through the

expression

(i4,v) = (6.7)

Here, we make an approximation to F9 by using the wave velocities as determined

by the wave, mean-flow model which is based on the approximate primitive equations

(cf. Section 3.3). The wave driving DF is still defined by Eq. (4.15), although as in F9

above, ageostrophic terms proportional to latitudinal and vertical shears of the mean

zonal flow, and the vertical wave momentum flux, are neglected. Further, the same

method of compressing and rescaling the flux for graphical depiction (as described in

Section 4.4) is used.

The onset of the sudden changes in amplitude and phase near 25 km is accom-

panied by a region of weak EP flux divergence at this level, with stronger convergence

occurring below and aloft. This can be seen in a time-height section of the wave driv-

ing at 52.5°N (Fig. 6.5c). More significantly, the wave amplitude maximum at day 6

is associated with a region of mean zonal flow deceleration (DF - -10 m s day-')
near 65 km at this latitude. At high polar latitudes the wave driving is even more
negative, inducing even larger deceleration. At day 12 a second 'pulse' of negative

wave driving of the same magnitude occurs.

The zonal-mean temperature change LET(ca, z, i) T(çQ, z, t) TE(cO, z) at high

latitudes is shown in time-height sections in Fig. 6.6. A weak upper-level warming

of 6 K occurs at 87.5°N by day 15 (Fig. 6.6a), which is accompanied by a weaker



212

warming of 3 K below 10 km. At this latitude, the region between 10-60 km expe-
riences a cooling between -2 to -4 K by day 20. However further south at 72.5°N,

a small warming of 5 K does occur in middle levels (Fig. 6.6b) at day 15. This
warming follows within a couple of days the second pulse of strong (negative) wave

driving seen further a loft in Fig. 6.5c. The above results show that in spherical ge-

ometry substantial zonal-mean temperature change may occur away from the pole.

In a fl-plane channel model with an assumed modal latitude structure cx sin ly (where

1 = ir/L and L is the meridional width of the channel), the largest mean temperature

change is restricted to take place at the northern wall.

Meridional structures of various fields from the non-dusty basic state experiment

are shown in the next three figures for selected days. It can be seen in Fig. 6.7a that at

day 6 the wave geopotential is rather broad meridionaily and shows a maximum of

1700 m at 60°N and 65 km. The wave phase (not shown) indicates a westward tilt with

increasing height and decreasing latitude (indicating poleward heat and momentum

fluxes associated with the wave), and its variation is strongest below the amplitude

maximum (i.e., below 60 km).

The EP flux and the wave driving DF at this time are shown in Fig. 6.7b. The
largest flux emanates from the forcing level and is strongest just south of where the

wave forcing peaks. The flux is directed vertically in high middle latitudes below 20-

30 km and mostly equatorward in the subtropics at this same level. There are three

regions of relatively strong EP flux convergence: near the forcing level (DF -6 m
s day1); on the equatorward side of the jet at high levels (DF -6 m s day1);
and, in polar latitudes at high levels (DF -10 m s1 day1). Located just poleward
and above the jet core is a region of flux divergence (DF 8 m s day1). The flux
divergence is associated primarily with changes in the meridional component F(")

in this region, and is consistent with the wave's phase variation between 70-80°N.

The phase decreases both equatorward and poleward of this latitude band, producing

poleward momentum flux to the south and equatorward flux to the north. Hence,

the meridional contribution to DF, namely (a cos ca)1(F() cos is positive and
dominates over the vertical contribution.

By day 12 significant changes in both the wave and mean flow have occurred.
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The wave amplitude has a more complicated vertical structure, possessing two maxima

in middle latitudes as can be seen in Fig. 6.8b: an upper-level maximum (r.' 1400 m)

near 60 km and a low-level maximum ( 600 m) near 10 km. The relative minimum

('.' 200 m) between 20-30 km is also apparent. It is at this level that the rapid phase

tilt with height occurs as is indicated in Fig. 6.8a, and which resembles a node in
the wave's structure. Above 30-40 km in high latitudes there is much weaker phase

variation compared to 6 days earlier.

Fig. 6.8c shows the EP flux and DF at day 12. Again, the strongest flux emanates

near the source of the forced wave, although its magnitude is roughly half of what it

was 6 days earlier. The regions of flux convergence are roughly at the same location

as on day 6 and are of the same magnitude. Consistent with the phase variation
at this time, the positive wave driving between 70-80°N has weakened, since there

is much less meridional phase variation between 30-80 km at this time. (Inspection

of the normalized F field indicates that above 35 km the flux is directed mostly
upward in the high extratropics.) It can be seen that in the subtropics the flux is
more complicated than on day 6. Effects of the low-latitude critical layer (located

between 20-40 km) on the wave propagation are evident in Fig. 6.8c: F is directed
downward and poleward, and DF is positive (r.s 2 m s day-'), suggesting that wave

reflection could be taking place.

Changes in the zonal-mean fields at day 12 are shown in Fig. 6.9. It can be seen

that the zonal-mean zonal flow has broadened in lower and upper levels and there is a

slight equatorward shift and descent of the jet core (cf. Fig. 4.lOa). The low-latitude

easterlies in middle and upper levels extend further poleward by 5-10°. Accompanying

the mean zonal flow changes are requisite changes in the balanced thermal field. Shown

in Fig. 6.9b is the meridional structure of the zonal-mean temperature change LE
at day 12. As in the time-height section, a weak warming of 4 K is evident near

70°N and 40 km. The strongest warming (' 5 K) is located in high levels near the

pole. Between 80-90°N and 10-40 km a weak cooling of -ito -3 K has taken place.

The cooling is consistent with the acceleration of the mean zonal flow in this region

(at this time, has increased by 10-20 m s1). This cooling of a few K does not
appear to be wave induced, as inspection of the wave driving during the simulation
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indicates that DF is negative in polar latitudes for nearly all heights (e.g., -10 to -30
m s day-1 between 10-40 km). Rather, the cooling appears to be an artifact of the

Shapiro (1970) fourth-order meridional filter which is applied several times per time

step.

To assess the dissipative and smoothing effects of the fourth-order latitudinal

filter, a sensitivity experiment was performed. In this simulation the forcing amplitude

was set to zero and the same parameters as in the benchmark non-dusty experiment

were used. The model was integrated for 30 days to investigate the 'balance' between

relaxation toward radiative equilibrium and damping (i.e., smoothing) associated with

the filter. Since the Shapiro filter is essentially a linear operator, an estimate of the

'net' wave-driven changes in the zonal-mean circulation can be made by 'subtracting

out' the zonal-mean fields produced in the unforced experiment from the zonal-mean

fields in the benchmark experiment. (Actually, the wave-driven changes should be

larger since the latitudinal filter damps the wave field.) Fig. 6.10 shows the net wave-

driven zonal-mean temperature change at day 12. It can be seen that the polar
warming in very high levels (r 5 K) is a result of rectified wave fluxes of heat and
momentum, consistent with negative DF in this region (cf. Fig. 6.8c). However at 70°N

in middle levels, the wave driving actually produces a weaker warming (v 2 K). As
anticipated, the residual ET in polar latitudes between 10-40 km shows that the -1

to -3 K cooling is indeed an artifact of the latitudinal filtering. The narrow warming

band in high latitudes shown in Fig. 6.9b is not confined between 60-85°N but extends

poleward of the extratropics. In low-latitudes, the weak zonal-mean cooling (' -1
K) appears, however, to be wave induced.

Such filtering properties need to be kept in mind in discussion of the forced
wave results presented in this chapter. In summary, since the filter acts to smooth out

strong interior meridional gradients toward the lateral boundaries (Shapiro, 1970), its

net effects in the non-dusty benchmark experiment are to exaggerate the middle-level

warming (by 1-3 K) near 70°N, and to spuriously 'cool' (by -ito -3 K) the polar
region between 10-40 km.
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Sensitivity to Dissipation and Forcing A rnplitude h0

To isolate the effects of dissipation on the forced wave, mean-flow interaction,

another experiment was performed with the non-dusty basic state using a different

choice for the Rayleigh friction. In this experiment a stronger friction was applied by

setting the coefficient profile to (h) in Fig. 3.1 (i.e., equal height-dependent thermal

and mechanical dissipation was used). All other parameters were the same.

Fig. 6.11 shows time-height sections of a few wave fields from this experiment.

The wave amplitude at 60°N (Fig. 6.11b) is roughly half that shown for the benchmark

non-dusty case and the maximum amplitude occurs roughly 15 km further down in

height, near 50 km (compare with Fig. 6.5). Its meridional position is also further
equatorward by 100. It is evident that the wave amplitude's position is sensitive to

the momentum drag. This result differs from those found in the steady-state linear

calculations of Chapter 4: for a broad range of dissipation profiles (cf. Fig 3.1), the

position of the amplitude maximum for wavenumber 1 was quite insensitive to the

choice of Rayleigh friction. The wave phase decreases less rapidly with height (Fig.

6.11c) with stronger damping, compared to the benchmark experiment, especially

after 6 days. And the accompanying wave driving at 52.5°N (Fig. 6.11a) is nearly

halved (DF 4 m s day') and no second 'pulse' of significant flux convergence

occurs after day 6 as there was in the benchmark case. The above wave fields show

that with stronger dissipation, the forced wave has mostly equilibrated in 15 days.

The wave amplitude at day 12 is shown in Fig. 6.12a. Changes in the meridional

and vertical position of the wave with increased momentum drag are evident in this

figure. Patterns of the EP flux shown in Fig. 6.12b are similar to the less dissipative

benchmark case, although the flux convergences are generally weaker in middle levels

at day 12 (DF 2 m s day1). Associated with a larger flux (almost 2x as large)

near the forcing level, the strongest convergence occurs between 50-60°N and below

5-10 km. The increased flux with increased dissipation (below 20 km, a nearly equal

and constant Newtonian cooling and Rayleigh friction is applied) agrees with what

one expects from quasi-geostrophic theory for forced waves with constant dissipation

(e.g., Andrews et aL, 1987). In this framework, the vertical component of the EP flux
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is proportional to the wave amplitude squared and decays exponentially with an e-
folding depth inversely proportional to the dissipation rate. The flux convergence has

a similar height dependence but is proportional to both the wave amplitude squared

and the dissipation rate. Thus with stronger dissipation, the flux and convergence will

be larger at lower levels, and the flux should decay more rapidly with height. This

appears to be the case in the more dissipative wave, mean-flow experiment. In the

less dissipative experiment, more wave activity can penetrate into higher levels (e.g.,

65 km), producing a larger amplitude aloft.

An experiment was also performed in which the forcing amplitude was increased

to 750 m. It was thought that with a more robust low-level wave forcing, more
significant wave, mean-flow interactions would occur. In this experiment the forcing

turn-on time was kept at 3 days and the same dissipation as in the benchmark non.

dusty experiment was used. Although the forced wave grew to a larger amplitude

( 2200 m), after day 10 the wave began to decay and after 20 days of simulation

it showed a fairly steady amplitude. Although the maximum wave driving between

50-60°N and near 60 km at day 10 was stronger (DF ". -16 m s day-'), changes in
the zonal-mean basic state were only slightly different from the benchmark case. The

largest warming again occurred in very high latitudes between 60-80 km (tET 10

K); however, further south near 70°N, temperatures at the 30-km level increased no

more than 6 K.

The potential for strong wave, mean-flow interactions does not just depend on

the strength of the wave forcing but depends also on the structure of the mean flow

itself (e.g., whether the initial refractive index is conducive to wave propagation),

and further, whether the wave activity (EP) flux can be deposited in high latitudes.

In the terrestrial SSW, subtle yet significant changes in the mean-flow structure can

determine whether a major warming occurs in a given winter or not (McIntyre, 1982).

Such changes may be induced by anomalous wave activity flux from the troposphere

into the lower and middle stratosphere which acts to 'precondition' the mean flow,

whereby it becomes more conducive to high-latitude wave propagation (e.g., Palmer,

1981a; Butchart et al., 1982). If sufficient flux convergence takes place, the mean flow

may decelerate rapidly in high latitudes and a warming may ensue.
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In the relatively non-dusty Mars experiments presented here, the mean-flow
structure remains basically intact, even after a 30 day simulation with a strong high-

latitude wave forcing. In particular, the waveguide through the jet (i.e., the region of

positive ,) remains centered at its original position near 50-60°N. This can be seen,

for example, in Fig. 6.13 which shows the mean quasi-geostrophic potential vorticity

gradient at day 8 for the benchmark experiment (cf. the initial field in Fig. 4.11a).

The region of positive has slightly weakened and broadened, and the reversed-

gradient region on the jet's equatorward flank has not only weakened, but has moved

equatorward and descended. Similarly, the refractive index at this time (not shown)

shows a broadened positive waveguide which extends upward out of the extratrop-

ics through the jet core. Even though the negative , region in high latitudes has

weakened and shifted poleward, the high-latitude wave barrier where , <0 remains
almost fixed in its initial position near 70°N, mostly as a result of the 'defocusing'

term _2/ cos2 Thus, since the mean-flow changes that do occur in the
non-dusty experiments during the initial 10-15 days of simulation do not promote

enhanced high-latitude fluxes of wave activity, further wave effects on the mean flow

are limited.

6.4.2 Wavenumber 1: Dusty Conditions

For several of the highly dusty flows shown in Fig. 4.12, it was shown in Chapter

4 that exceedingly large stationary responses occurred at wavenumber 1. In Chap-
ter 5 (low-frequency, nonstationary modes), the possibility of near-resonances associ-

ated with the dusty flows was examined, for a range of dissipation. For some wave-

amplitude measures, a broad enhanced response centered not far from the stationary

frequency was found. However, the investigations carried out in Chapters 4 and 5

were based on the assumption of steady-state conditions. With the wave, mean-flow

model, the time evolution of a wavenumber-1 disturbance can be examined as it prop-

agates on a representative dusty zonal-mean basic state. Whether an initially small

disturbance excited at the forcing level can grow to large amplitude and then trigger

dramatic changes in the zonal-mean configuration (e.g., a significant polar warming)
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is investigated. The sensitivity of the nominal dusty results to dissipation choice (e.g.,

moderate to strong rate coefficients between 10-50 km) and wave forcing type (e.g.,

low or high latitude, and forcing amplitude) is also examined.

For a nominal dusty basic state we use flow 1102. This flow possesses low-

latitude easterlies of -20 m s and a jet max of 140 m s1 in high latitudes

(cf. Fig. 4.12b). A high-latitude synthetic forcing with h0 = 900 m is adapted for
the benchmark dusty experiment. For Newtonian cooling, profile (j) in Fig. 3.1 is
used. The same Rayleigh friction profile as in the non-dusty benchmark experiment

is applied to give a sponge layer at upper levels (i.e., proffle (h") described earlier).

The above forcing amplitude perhaps seems large. However, stationary eddy

geopotential amplitudes as simulated in interactive dust experiments with the MGCM

(e.g., Murphy, 1991), can increase from 300-700 m between 6.5 and 3 mb within the

first 5 days of simulation. Fig. 6.14 (data kindly provided by J. Murphy), shows an
example of the meridional variation of stationary wave amplitudes for wavenumbers

1-3 from a zonaily-symmetric dust source experiment. At this particular time (sol

5), wavenumber 1 is quite symmetric about 60°N in the northern hemisphere. The

variation with latitude is well approximated by the synthetic high-latitude (sinusoidal)

forcing used here. Although the MGCM wavenumber-1 amplitudes are weaker than

the maximum produced by the synthetic forcing (by 200 m), in some experiments

the low-level wavenumber-1 amplitudes exceed 700 m (J. Murphy, personal communi-

cation). It is thus felt that h0 = 900 mis within the range of anomalous wavenumber-1

amplitudes that may occur during the initial stages of a highly dusty episode.

Some of the results from the benchmark dusty experiment are now discussed.

Shown in Fig. 6.15 are time-height sections of several fields from the dusty experi-

ment. The zonal-mean zonal wind at 70°N (Fig. 6.15a) undergoes dramatic changes

with time, compared to the mean flow in the benchmark non-dusty experiment. In

particular, rapid deceleration of the mean zonal flow occurs beginning between days

6-8. By day 15 the upper-level flow has became easterly above 60-70 km, and the

westerly jet has weakened to 60-70 m s1 and descended to near 30 km. After day

15, the mean zonal flow increases with time at all levels; however, around day 25, the

flow once again starts to decelerate. These zonal-flow changes occur in concert with
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The wave geopotential amplitude (Fig. 6.15b) and phase (Fig. 6.15d) show signif-

icant growth and changes in structure during the initial 15 days of model simulation.

Within the first 5 days there is an explosive growth of the forced wave, where the

amplitude peaks (# 4500 m at 60 km) between days 3-4 and then rapidly decays

over the next 1-2 days (particularly above 30 km). The rapid growth is insensitive to

the forcing turn-on time: an experiment using r = 12 days produced a weaker wave

amplitude at day 3, but similar explosive growth. A second maximum of comparable

magnitude occurs at day 8. Then during the next 20 days the wave gradually decays.

Around day 20 a third growth period begins, with a third maximum well formed
by day 27. The accompanying phase changes during this time are just as dramatic.
Early on (e.g., by day 2), the forced wave has established a definite westward tilt with

height. But during the explosive growth period, the wave's phase (at this latitude)
indicates little variation in the vertical below 90 km, as is visible in Fig. 6.15d (the

300°E contour is sharply peaked). This type of phase behavior is reminiscent of the

near-resonant signatures found in Chapter 5, where many of the low-frequency modes

showed little phase variation in the vertical. If an 'external' mode were indeed excited

in the model at this time, such phase variation should be expected. After day 6, the

wave shows stronger westward tilt with height than during the first few days, and

by day 14 this westward tilt becomes quite pronounced between 10-25 km. A more

detailed analysis of the wave propagation (and phase changes) during the experiment

is given below.

In association with the above changes in the mean zonal flow and the growth

and decay of the forced wave, the mean zonal temperatures in polar latitudes are
significantly altered. A time-height section of the zonal-mean temperature change

LET at 87.5°N (Fig. 6.15c) shows that a substantial polar warming of 40 K takes

place between 30-35 km by day 14. The rapid warming coincides with the sudden

deceleration and lowering of the jet core (by 80 m s1 and 20-30 km, respectively).

Thereafter, until about day 20, the pole cools at a rate of 4 K day1. By day 23 a

second warming begins to occur somewhat higher ('s'
40 km), reaching over 30 K by

day 30. Along with the polar warming in middle levels, high altitudes (above 80 km)
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experience a 5 to 10 K cooling. The cooling in mid-levels that takes place during the

first two days is an artifact of the 4th-order meridional filter (as discussed above); the

effects of the filter are completely overshadowed by the wave-induced changes in the

zonal-mean state after day 4.

A time-height section of the wave driving of the mean zonal flow is shown in

Fig. 6.16. At at 67.5°N, the strongest EP flux convergence (DF -80 m i day-1)

occurs between 50-60 km at day 12 and coincides with the second decay phase of
the wave (i.e., during a period of heightened wave transience). It also precedes by
roughly a day the largest deceleration of the mean zonal flow and the increases in
polar temperatures depicted in Fig. 6.15. Accompanying the explosive growth of the

wave between days 3-4, strong flux convergence (DF -45 m s day-') takes
place in high levels, immediately followed by flux divergence of the same magnitude.

Throughout the experiment at this latitude, the region between 10-30 km is subjected

to weak flux divergence. Toward the end of the simulation, the wave driving again
acts to decelerate the mean flow (Dp .-.s -45 m s day-'), ushering in the second
warming near day 30.

More of the details of this benchmark dusty experiment are discussed in the
following, where attention is focused on three separate periods during the simulation:

the initial period (days 1-5); the middle period (days 6-20); and, the late period (days

21-30).

Initial Period

The rapid wave growth that occurs during the initial period resembles a near-

resonant response. The initial period corresponds to when the lower-boundary forcing

is between 30-70% of its maximum value (h0). Meridional cross sections of the wave

amplitude and phase for days 1-5 are shown in Figs. 6.17 and Figs. 6.18, respectively.

The rapid growth of the forced wave can be clearly seen: the maximum amplitude

is 700 m by day 1; 2400 m by day 2; and 4400 m by day 4. Examination of

the growth of the wave at a fixed point (50°N, 30 km) indicates that through day 4,

the amplitude increases nearly linear with time. In the extratropics, the wave phase

shows westward tilt with increasing height and decreasing latitude on days 1 and 2,
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but by day 3 the strongest phase variation in the extratropics is confined below 30 km.

On day 4 the phase is considerably different. Between 60-80°N, the phase is nearly

constant with height above 10 km, suggestive of an external mode. Then, by day 5, the

phase resumes a definite westward tilt with increasing (decreasing) height (latitude).

In fact after this time, the constant phase lines gradually 'pack' themselves into lower

levels, producing an increased 'phase gradient', and the wave propagationviz. Fis

enhanced.

Changes in the wave propagation during the initial period are evident in the flux

of wave activity and its convergence. Shown in Fig. 6.19 are meridional cross sections

of the EP flux and the wave driving DF during the first 5 days of the simulation. (In

these cross sections, the EP flux is depicted without the density factor po =
in order to gain a better sense of the propagation of wave activity at upper levels.)

It can be seen that rapid changes take place in these fields. During days 1-2, there
is an increasing upward and equatorward flux from the forcing level, resulting in a
'dipole' structure in the wave driving in the high extratropics in middle and upper

levels. By day 3, the wave driving is strongly negative (DF -60 m s day1

between 50-75°N at high levels), and the high-latitude zone of positive wave driving

(between 70-80°N) is 'squashed' between a strong convergence zone in polar latitudes

and the one to the south. During the first 3 days, there is evidence of wave reflection

from the region of reversed mean potential vorticity gradient (, <0) located on the

jet's equatorward flank between 40-50°N at upper levels (the initial field is shown
in Fig. 4.13c). This wave reflection enhances the high-level flux convergence in high

latitudes apparent on day 3. However, by day 4, the flux changes abruptly, coincident

with the lack of vertical phase variation in high latitudes at this time. On day 4, as
indicated in Fig. 6.20d, the reversed potential vorticity gradient in middle latitudes
has been largely eroded away, enabling the 'trapped' wave activity poleward of 50°N

to penetrate essentially uninhibited toward lower latitudes (i.e., this propagation is

associated with strong poleward momentum fluxes).

Between days 3-4, the wave propagation changes from being mostly vertical to

mostly horizontal. The high-level source of wave activity corresponding to the region

of positive DF between 70-80°N in Fig. 6.19d does not appear to be due to an in
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situ instability (e.g., barotropic), since, as shown in Fig. 6.20d, it occurs in a region

of positive . By day 5, the flux from middle latitudes is directed uniformly up and

equatorward into high levels, and a region of negative wave driving in middle levels

begins to form (DF .-' -10 m s day-' between 30-50°N and 50-60 km). This region

of flux convergence strengthens and shifts poleward after day 5, and becomes crucial

during the middle period.
Although a relation between the EP flux F and the quasi-geostrophic refrac-

tive index strictly holds only for slowly varying (i.e., WKBJ), steady, linear and

conservative quasi-geostrophic waves (Palmer, 1981b; 1982), the distribution of Q,,

nevertheless can be used qualitatively to describe the temporal and spatial distribu-

tions of F. Throughout the initial period, the extratropical refractive index pattern
(Fig. 6.21) remains intact, with a positive waveguide (associated with , > 0) in

high latitudes and a deep negative region in mid-latitudes--even though the region

of < 0 on the jet's equatorward flank is gradually weakened and is mostly gone by

day 4. The equatorward 'wave barrier' in Q remains because of the buoyancy contri-

bution, and to a lesser degree, the contribution associated with the zonal wavenumber

(cf. Eq. (3.62)). A weak patch of negative , returns on the jet's equatorward side

after day 5 and remains throughout the simulation, thus enhancing the wave barrier.

Thus, by the end of the initial period, the mean flow has been significantly altered

perhaps away from a nearly resonant state, as indicated by the more or less regular

phase behavior after this timeaffecting the wave propagation (and the driving of
the mean flow) during the following middle period.

An interpretation of the changes in wave activity flux during the initial period

can be made using the Eliassen-Paim theorem. Assuming that the nonlinear and
dissipative terms are weak, the flux convergence is then associated entirely with wave

transience. As discussed in Section 4.3 for quasi-geostrophic waves, the wave activity

density can be expressed by
1 q'2A = p0a-
2 qç,

(6.8)

where q' is the wave quasi-geostrophic potential vorticity; , has been defined before;

and, qF2 is the wave potential enstrophy. Thus, from Eq. (4.44), the sign of the
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flux convergence is determined by the signs of and During days 1-5, is

always positive between 55-75°N, and on days 1-3 the wave amplitude is increasing

(i.e., () > 0); to balance, DF must be negative. Conversely, on day 4 the wave

amplitude is decreasing with time; to compensate for this wave transience, DF must

be positive (see Fig. 6.19d). On day 5 the neglected terms (i.e., dissipation) must be

important, since () r as the wave amplitude is neither increasing nor decreasing,

and the net effects are to produce a region of DF <0 in middle latitudes and DF > 0

in high latitudes.
In observational analyses (e.g., Palmer, 1981a,b) and modeling studies (e.g.,

Dunkerton et al., 1981; Butchart et al., 1982) of the terrestrial SSW, even during
very unsteady and large-amplitude conditions, regions of strong EP flux convergence

(i.e., DF < 0) tend to correlate well with negative tendencies of the mean zonal

flow < 0). In the dusty experiment, significant and rapid wave-driven mean flow

changes occur during the initial period. As shown in Fig. 6.22 the zonal-mean flow at

day 3 has been strongly decelerated between 60-80°N at high levels (cf. the initial flow

depicted in Fig. 4.12b). The location of the strongest deceleration coincides closely

to where the wave driving has been strongly negative through this time (Fig. 6.19c).

In order to maintain a (gradient) balanced state, however, the wave-driven changes in

the mean zonal flow are being offset by the residual mean meridional circulation (e.g.,

the Coriolis torque fr), so that the actual Üg will be weaker than that indicated by

DF alone. A description of the mean changes in terms of the residual mean meridional

circulation follows below.

Shown in Fig. 6.23 is the zonal-mean temperature change LET on days 3 and 4.

It can be seen that on day 3 (Fig. 6.23a) the polar temperatures have already warmed

over 12 K between 35-60 km. By the next day (Fig. 6.23b) the maximum warming is

centered near 30 km. The polar warming shows little change on day 5.

Middle Period

As seen in the time-height sections for this experiment (Fig. 6.15), major changes

occur in both the wave and the zonal-mean flow during the middle period (days 6-

20). Heightened wave transience marks the middle period, as within 10 days the wave
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amplitude decreases by 60% from its peak value
(r.'

4900 m on day 8). Associated

with the wave transience is a substantial buildup (i.e., convergence) of (EP) wave

activity flux in high latitudes at middle and upper levels. Strong (negative) wave

driving ensues, which leads to a rapid deceleration of the zonal-mean zonal wind.
Accompanying a high-level (e.g., z> 60 km) circulation reversal by day 14, a strong

high-latitude warming occurs, with the largest temperature increase 45 K) found

at the pole near 35 km. Further away from the pole at lower levels (e.g., between
70-80°N and 15-30 km) temperature rises exceed 25 K at this time. By the end of
the middle period, the mean flow undergoes a mild restoration toward its initial state,

resulting in a cooling of 20 K in the polar temperatures.

By the end of the initial period, the mean zonal flow is strongly weakened, with

a jet of only 90 m s1. Also, the critical surface (where ii = 0) that was originally

confined between 10-15°N has shifted poleward by 50 at low levels and by 100 at

middle and upper levels. More significant changes in the mean zonal flow occur during

the middle period as can be seen in Fig. 6.24. In this time sequence, the westerly jet

is not only further weakened, but the core shifts equatorward by 5-10° and descends

by 40 km from its original position (cf. Fig. 4.12b). From a close inspection of the

jet's changing position with timeparticularly in high latitudes poleward of 60° Nit
can be inferred that the level at which the meridional temperature gradient reverses

(i.e., = 0) increases with height toward the pole, and descends with time. On
day 8, for example, temperatures increase toward the pole above 25 km at 60°N and

above 40 km at 80°N. But on day 14, temperatures increase toward the pole above 20

km and above 30 km at 60°N and 80°N, respectively. Thus on day 14 (Fig. 6.24d),
the zonal-mean temperatures at the 25-km level still decrease toward the pole for

latitudes poleward of 67°N. In middle and high latitudes at this time, an easterly

jet (u 50 m s) replaces the former westerly jet at upper levels. The northward
encroachment of the tropical easterlies (i.e., the critical surface) into the subtropics

at low levels and into middle latitudes between 30-60 km takes place quite rapidly,

within 3-4 days (Fig. 6.24ab). By day 9 (Fig. 6.24c), the critical surface spans the

hemisphere, capping the high-latitude westerly vortex at very high levels. As will be

seen below, the initial waveguide (i.e., the region of Q3 > 0) is considerably altered at
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this time. By day 20, the initial circulation is being restored (Fig. 6.24e). The westerly

jet has strengthened and is no longer capped by easterlies aloft, and an equatorward

retreat of the middle-level easterlies takes place.

The zonal-mean temperature changes 1ET that accompany the above mean

zonal flow changes are shown in Fig. 6.25. The largest warming takes place on day

14 (Fig. 6.25c) at the pole (i.e., 87.5°N), '- 45 K near the 35-km level. At the 25-km

level, the largest warming is also found at the pole and is 40 K. This position in

latitude differs from what the observations indicate for the polar warming during the

1977b global dust storm. Although the highest temperatures at the 25-km level were

observed near the edge of polar night (i.e., between 60-70°N), the largest (averaged)

temperature increases occurred between 70-80°N (Jakosky and Martin, 1987). In

addition, temperatures in low latitudes and low levels and in high latitudes at very

high levels have cooled by 5 to 10 K. The cooling is a consequence of gradient (thermal)

wind balance (i.e., a constraint on the response of the mean zonal temperature field

to changes in the mean zonal flow) and is discussed below. As the mean zonal flow is

restored, the polar temperatures are cooled; by day 20 (Fig. 6.25d) high latitudes are

still 20 K warmer than radiative equilibrium.

As in the benchmark non-dusty experiment, the effects of the latitudinal filter

(Shapiro, 1970) were assessed by performing a sensitivity experiment with h0 = 0. As

anticipated, the wave-driven zonal mean changes completely overshadow those of the

meridional filter as indicated in Fig. 6.26, which shows the net zonal-mean temperature

change on day 14. If anything, use of the filter actually underestimates the warming

in high latitudes by a few K.
A view of the wave propagation during the middle period is presented in Fig.

6.27, which shows the EP flux and wave driving for selected days. Between days 5

and 6 the wave activity flux emanates from the forcing level and is directed up and

equatorward through a deep region in middle and high latitudes (Fig. 6.27a). In the

subtropics and at low levels (e.g., below 30 km), the flux is mostly equatorward at

this time. By day 9, the wave propagation is 'split' into two different regions (Fig.

6.27b): one, still mostly upward and equatorward in the high extratropics; and the

other, mostly equatorward and downward in the subtropics below 25 km. The



latter is a response to the encroachment of the low-latitude critical surface into higher
latitudes. To the extent that the dynamical nature of a nonlinear critical layer can be

represented using a highly truncated (in longitude) model, the critical layer is partially

reflecting (e.g., Dunkerton et al., 1981; Haynes and McIntyre, 1987) wave activity flux

back into higher latitudes. Evidence (at least qualitatively) for a reflecting obstacle

in the subtropics can be found in cross sections of the refractive index shown in Fig.

6.28. On day 6 a broad waveguide (the region of Q3 > 0) is centered between 50-

60°N (Fig. 6.28a), and at 30°N, the refractive index is negative at 20 km (associated

with a weak region of 4, <0). The wave activity (i.e., EP flux) penetrates basically

unaltered into low latitudes. But on day 9, the negative region near 20 km is narrower

(vertically) and protrudes 100 further poleward (Fig. 6.28b), whereby the wave flux

is deflected both downward and equatorward, and more upward and equatorward

(Fig. 6.27b). This splitting is further enhanced between days 9 and 12, and produces

more vertically directed flux into the high extratropics at upper levels. The mean
flow changes reinforce the flux convergence as the positive waveguide collapses in

the vertical, which further enhances a containment of wave activity into a shallower

cavity. By day 12 the wave driving is quite strong in high latitudes (Fig. 6.27c) where

DF -80 m s day-' between 50-60 km. Although the mean zonal flow has already

strongly decelerated by this time, the weakest flow (and strongest warming) occurs 2

days later. During the later restoring phase, the wave driving in high latitudes and

upper levels is considerably weaker (Fig. 6.27d).

Late Period

The late period is marked by growth of the forced wave (with a peak amplitude

occurring on day 27), together with a gradual acceleration of the mean zonal flow
that is followed by a weak deceleration. Between days 20 and 30, the westerly jet

is fairly steady ('-' 80 m s1). Toward the end of this period a second warming

develops (r 30 K), although it is weaker than the first. Fig. 6.29 shows meridional

cross sections of mean and wave fields on day 25. In high latitudes, the forced wave

evidences strong westward phase tilt with height (Fig. 6.29b), particularly below 30-40

km. Accompanying the rapid phase tilt is a vertically directed wave activity flux (Fig.
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buildup of DF < 0 in this region is similar to that responsible for the first warming

and it precedes the second warming by a few days. The maximum high-latitude mean

temperature change occurs somewhat further aloft (Fig. 6.29c), between 35-40 km.

Dynamical Interpretation: A TEM Description

An illuminating description of the changes in the zonal-mean circulation and the

warming in high latitudes is provided by introducing the so-called residual mean merid-

ional circulation v (0, r, t*) and using the transformed Eulerian-mean (TEM)

formulation of the zonal-mean equations (e.g., Andrews and McIntyre, 1976; Edmon

et al., 1980; Dunkerton et al., 1981; McIntyre, 1982). One advantage of the TEM

formulation is that the close compensation between the mean meridional circulation

and the eddies is reduced by using a judicious transformation that directly couples
horizontal eddy heat fluxes with the mean momentum balance. Another is that the

net wave-forcing terms that appear in the transformed system depend on physical
properties of the waves: transience, nonconservativeness, or nonlinearity (Andrews,

1985). And, in the TEM framework the dynamical warming arises as a 'consequence'

of subsidence associated with the residual circulation.

Besides the diabatically driven circulation associated with a nonzero i.J/H, the

residual mean meridional circulation arises in order to prevent a wave-driven mean

zonal flow (e.g., via large DF) from becoming out of gradient (thermal) wind balance.

Regions of localized DF 0 are felt 'globally' through a redistribution of wave (EP)

activity flux by the residual circulation (Dunkerton et al., 1981; Andrews et al., 1987).

and

As in Section 4.3, the residual mean meridional circulation may be defined as

1 ;7\ =_.i_;; (6.9)
P0

tv*w+ 1 / 7T\ =+!(*c05). (6.10)
a cos

(cos w-t 1 Po a cos
Ic',

(Here, the signs with respect to f are reversed from Eqs. (4.26) and (4.27) so that

in a right-handed coordinate system v = I x Vf, where i is a unit vector in the



longitudinal (A) direction.) Substituting Eqs. (6.9) and (6.10) into the approximate
primitive equations for the zonal-mean circulation Eqs. (3.29)(3.33) gives the approx-

imate transformed Eulerian-mean (TEM) equations

iu tan +f)_ = DFT (6.11)a
2tan = G (6.12)f+ +a a

= (6.13)
(y*cosco)

+ !(pO*)z = 0 (6.14)acoscp P0

'1zt + N2t3* = 0. (6.15)

In the above, DFT is the total wave driving given by

DFT = DF9 + DFa (6.16)

where DF9 is the geostrophic wave driving defined by Eq. (4.15) and the expressions

for Fg; and, DFa is an ageostrophic contribution consistent with the approximate

mean zonal equations,

DFa
tanp 1 / 7T\

a P0
(Po7ct). (6.17)

G represents those terms that lead to a departure from gradient-wind balance between

ü and and is small (here, G = Y
Like the quasi-geostrophic TEM equations, the approximate TEM equations

have the property that wave-induced modifications to the mean zonal circulation are

a direct result of a nonzero wave driving (DFT) of the mean zonal flow (cf. Eq. (6.11)).

And, provided that the mean diabatic heating is weak, changes in the zonal-mean

thermal structure x i) are a result of adiabatic heating associated with vertical

motion ir.

The approximate mean zonal equations are sufficiently ageostrophic to permit

a non-negligible ageostrophic heat flux to occur (i.e., F 0). The relative impor-

tance of this heat flux can be estimated by forming the ratio of the ageostrophic to
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geostrophic heat flux terms that contribute to the total wave driving DFT, namely,

(z)I -Faz I utangc'
faFgzI

(2.1 x 103m's)__
cos

(6.18)

where the numerical value above is for Mars. In high latitudes (e.g., cc 70°N), the

two terms are comparable. Thus, for a consistent determination of (0,r, t*) in the
wave, mean-flow model, ageostrophic effects should be included.

Using the definition of the residual mean mass stream functionf given in Eqs.

(6.9) and (6.10), the approximate primitive equations for the mean zonal circulation

can be reduced to an effiptic equation for f,
A'po ( + B' [(f coscc)] + E' = poR. (6.19)

"P0Jz I cosco

The coefficients depend oniy on the zonal-mean flow and are given by

A' = (i + 2utancc) (tan + (6.20)

N2B' = (6.21)
a2

E' = (3f + 4ta1tW) tan ,ü2 (6.22)

and R. depends only on the known forcings and wave driving DFT

2tan
poRk. = P0 (i + 2t tan ) (DFT + X)Z + P0 40Z(DFT + X) +a

K poG. (6.23)

In the model, = = 0, and it is assumed that G is nearly zero.

The boundary conditions that are imposed on Eq. (6.19) are the following. At

the lateral boundaries cc = 0, irP2, we impose = const = 0. At the upper boundary

z = zT, we set,
v'4'= po-# = 0. (6.24)

ZZT
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At the lower boundary z = ZB and for small ff, we impose

= PorI (6.25)
I ZZ

With these boundary conditions Eq. (6.19) is solved numerically using the method of

Lindzen and Kuo (1969). Once f has been determined, 7* and tr are obtained using

Eqs. (6.9) and (6.10), respectively.

An example of the residual mean meridional circulation in the dusty benchmark

experiment is shown in Fig. 6.30 for day 11 of the simulation. Contours of the residual

mass stream function (Fig. 6.30c) are normalized by a constant density factor p. It
can be seen that at this particular time, the clockwise circulation cell is very deep,

extending from near the forcing level up to 70-80 km. Above this level, a reversed

and much weaker circulation cell is found. The high-latitude warming (on day 11,

I.ET 40 K at 32 km) is a result of strong downward motion tr -10 cm
and compressional heating (Fig. 6.30a). The high-latitude, upper-level cooling seen in

meridional cross sections of ZEI (e.g., Fig. 6.25) is a result of the reversed circulation

and adiabatic cooling associated with tr > 0. Acting to offset the wave driving on the

mean zonal flow, the residual meridional wind 5 m s1 exerts a Coriolis torque
fj* -60 m s day' (Fig. 6.30b). The total wave driving shows a similar pattern

in the extratropics as that indicated by the geostrophic form (Fig. 6.30d), but in
high latitudes the region of flux convergence is 30% stronger and the weak divergence

region below 30-40 km is mostly removed. Large differences in the high-latitude wave

driving, depending on the method of computation, have been documented by Marks

(1989) in an observational study of planetary-wave activity in the Earth's middle

atmosphere.

Sensitivity to Basic State Structure

During the initial period of the dusty benchmark experiment, significant changes

occur in both the forced wave and the mean zonal flow. The rectified wave effects on

the mean zonal flow appear to erode the deep region of reversed potential vorticity

gradient on the jet's equatorward flank, thereby opening up the region in middle
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latitudes and middle and high levels to increased wave-activity flux. It is of interest
to try to isolate how important the initial reversed potential vorticity gradient is to

the evolution of the benchmark experiment during the middle period.

To delimit the effects of the mid-latitude 'wave barrier', a basic state that does

not possess a large region of , <0 on its equatorward side is of interest. Such a state

exists on day 4 in the benchmark experiment and is shown in Fig. 6.31. Although the

zonal flow is somewhat weak (r 95 m sl), the flow nonetheless exhibits a definite
high-latitude waveguide in (i.e., where , > 0) that does not neighbor a region of

reversed potential vorticity gradient to its south (Fig. 6.31b).

An experiment was performed using the same choices of parameters as in the

dusty benchmark experiment (dissipation, wave forcing amplitude, turn on time, etc.)

but using the mean flow shown in Fig. 6.31 as the initial (and radiative equilibrium)

state. Fig. 6.32 shows time-height sections of several fields from this experiment.

At 70°N, the zonal-mean zonal wind decelerates rapidly after day 5 (Fig. 6.32a) and

easterlies descend below 80 km by day 10. During the first 6 days the wave amplitude

grows more or less steadily (without the decay phase in the benchmark experiment)

and reaches a maximum of 3000 m (Fig. 6.32b) a few days prior to the weakest
mean zonal wind. Coincident with the large wave amplitude near day 9, a significant

region of EP flux convergence (Fig. 6.32d) occurs in high latitudes between 50-70 km

(DF -50 m day-'), nearly 1/3 less than that in the benchmark experiment.
Accompanying the wave growth and mean flow changes is a somewhat weaker high-

latitude warming (Fig. 6.32c), where IET = 20-25 K at 35 km by day 12.

The flux of wave activity on day 10 can be seen in Fig. 6.33a. The EP flux
emanates from the forcing level and is directed mostly vertically through a very deep

region. Between 50-70°N and at 50-60 km, the flux convergence produces a strongly

negative wave driving on the mean flow. The flux and wave-driving patterns are very

similar to those at similar times in the benchmark experiment. Thus, it appears that

the effects of the mid-latitude 'wave barrier' early in the benchmark experiment are

minimal. The strong wave and mean-flow transience evident during the initial period

of that experiment are essentially reflections of the 'destruction' of the region of , < 0

on the jet's equatorward flank.
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An experiment was also performed using a basic state temperature T0 more
representative of highly dusty periods on Mars, which are characterized by higher

static stabilities at low and middle levels (e.g., Conrath et al., 1973; Lindal et al., 1979;

Conrath, 1981). All other parameters were kept the same as in the dusty benchmark

experiment. The L3 3200 temperature profile shown in Fig. 2.1, obtained during

the decay phase of the 1971 global dust storm, was used as a choice for a dusty To(z).

This profile can be approximated by

To(z) = T01 + T02 [i + tanh (z _z)} (6.26)

where T01 = 150 K; T02 = 20 K; z = 15 km; and, z0 = 8 km. With a height-
dependent basic state temperature, the static stability is also height dependent and is

given by N2(z) = RH-1 (Toe + icTo/H). For this dusty profile the squared buoyancy

frequencies between 5-35 km were up to 50% larger than the constant frequency using

T0 = 170 K, and increased (decreased) monotonically with height below (above) 15

km.

A comparison of wave and mean fields from this experiment with those from the

dusty benchmark experiment showed both similarities and differences. For example,

the growth of the forced wave during the first 10 days was nearly the same and the

amplitude showed a comparable peak value (r.. 4500 m). Although a slightly weaker

buildup of (negative) wave driving resulted in middle and high latitudes between
50-60 km, changes in the mean zonal circulation were much larger. In particular,
by day 12 easterlies descended to nearly 50 km in high latitudes and the maximum

polar warming between 25-35 km was 55 K. Although the residual circulation was

significantly weaker (max f was ' 60% that of the benchmark case), a stronger static

stability produced an even stronger compressional heating from a weaker residual

vertical velocity tr. Alternatively, isentropes did not have to be lowered as far to

produce a larger warming.

Sensitivity to Wave Forcing

As reviewed in Section 6.1, the high-latitude warming during the 1977b global
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dust storm took place in surges, and after the peak warming occurred at the pole
temperatures returned to their prestorm values within 40-45 days. In the dusty
benchmark experiment, the wave forcing is kept on, after reaching a maximum by

4r. This continuous forcing results in the development of a second warming

around day 30 of the simulation. It is worthwhile to investigate the response of the

mean flow using a more transient wave forcing.

To this end, an experiment was performed using the same parameters as in the

dusty benchmark experiment, except that the time dependence of the wave forcing

was specified as f(t) = a0 sin(irt/4r), where a0 = 0.95 and as before, r = 3 days.

Prior to day 6, the forcing thus increased gradually at nearly the same rate as in the

benchmark experiment. But after day 6, the forcing decayed and it went to zero after

12 days.

Fig. 6.34 shows time-height sections from this experiment. It can be seen that

during days 1-5, the zonal-mean zonal wind (Fig. 6.34a) undergoes a similar decel-

eration compared to the benchmark experiment, but by day 10 there are differences.

Easterlies appear only briefly and are much weaker 20 m s1 above 80 km). After
day 10, the mean zonal flow gradually increases and by day 25 the jet has nearly
restored itself. By day 8, the wave geopotential (Fig. 6.34b) reaches a comparable

peak amplitude ( 4700 m) and then begins a slow decay. A third maximum also

occurs, but earlier (around day 20 compared to day 27) and it is 1000 m weaker.

After day 30, the wave amplitude has been strongly damped and is only 500 m

at upper levels (e.g., between 50-70 km). In high latitudes, a strong (negative) wave

driving accompanys the wave reaching a peak amplitude near day 8 (Fig. 6.34c), and

is comparable to, (DF ' -65 m s day') and occurs nearly 10 km higher, than that
in the benchmark experiment. The wave driving decays just as rapidly as it develops

and is mostly negligible (DF > -15 m s day-') after day 12. In the benchmark
experiment, while the wave decayed after day 8, strong wave driving persisted for

8 days further, associated with the perpetual forcing in that experiment (cf. Fig.

6.16). As a result, the mean zonal flow steadily decelerated between days 8-15 and

the associated warming in high latitudes (SET 30 K) lasted for 10 days.

In the current experiment, a strong warming (35 K) occurs in high latitudes by
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day 9 (Fig. 6.35a), although without the continuous wave forcing, the polar tempera-

tures gradually return to radiative equilibrium. Initially, the cooling is slowest between

10-20 km but after day 25 it is more or less uniform with height. By day 30, polar
temperatures between 25-50 km are less than 5 K above their initial values. At lower

latitudes (e.g., between 65-75°N), temperatures cool more rapidly (Fig. 6.35b). The

behavior of the mean zonal temperature at the 26-km level as a function of latitude

and time for this transient wave forcing (Fig. 6.35c) can be contrasted with the IRTM

observations (Fig. 6.2). (In Fig. 6.35c, t = 0 would correspond to the onset of the polar

warming and global dust storm at L 274°.) The maximum simulated polar warm-

ing is comparable and occurs on the same time scale
('s.'

10 days) as indicated by the

first surge in high polar temperatures at L8 = 280°. But since the wave forcing decays

and vanishes with time, a second surge near day 20 (i.e., L8 = 287°) is not found. The

cooling rate of the simulated warming is nearly the same: by 30 days (i.e., L3 = 295°)

the polar temperature is below 150 K. Recently, Murphy (1991) suggested that the

'surges' apparent in the observations on the evening side might be due to aliasing
between the spacecraft's nonsynchronous orbital motion (r.s 30°E retrogression per

orbit) and a nearly stationary wavenumber-1 disturbance. The forced wavenumber-1

disturbance simulated here during the warming is not stationary. Inspection of the

temporal behavior of the wave's phase in high latitudes (between 50-80°) indicates a

slow westward traveling disturbance (10-20° longitude per day above 10 km). Slow

westward propagation is also found in the dusty benchmark experiment. Thus, even

though significant wave temperature amplitudes occur (at the 26-km level, IT' ex-

ceeds 20 K on day 10), when coupled with a slow westward phase progression, if the

warming simulations were 'viewed' from a nonsynchronous orbit corresponding to the

Viking orbiter, it is unlikely that such quasi-periodic surges would be discernible.

To summarize then, between 65-80°N, the above simulation underestimates the

observed warming by 20-35 K. Some of this difference may be associated with the

restricted mean-flow response to a wavenumber- 1 forcing (discussed below in Section

6.4.3). But undoubtedly, this difference is related to a dynamical limitation of the

wave, mean-flow model: only interactions between the mean flow and the zonaily

asymmetric circulation are simulated. With enhanced radiative forcing accompany-
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ing increased dust opacity, the zonally symmetric circulation intensifies. There is a
deepening and an expansion of the Hadley cell into high latitudes (e.g., Haberle et

al., 1982). Thus, the response in high northern latitudes (e.g., between 60-80°N)
should be a 'superposition' of the two circulations. The wave, mean-flow model only

considers one 'component' of the circulation interaction.

In the fl-plane study of Barnes and Hoffingsworth (1987), in order to simulate

the cooling phase at the pole, it was neccessary to include an increased dissipation

(i.e., radiative damping) with a transient wave forcing. Without it, temperatures
remained 20-25 K above radiative equilibrium, even 50 days following the forcing's

termination. In spherical geometry, the forced wave can propagate meridionally and is

more efficiently damped via momentum drag and thermal damping (with weaker rate

coefficients), whereas in the fl-plane study the forced wave reached a steady amplitude

( 3500 m).

In the wave, mean-flow experiments presented so far, only a high-latitude wave

forcing (that peaks at 60°N) has been applied. It is worthwhile to determine whether

a wave forcing that is more confined to low latitudes could trigger substantial wave,

mean-flow interaction in middle and high latitudes. As discussed in Section 4.1, enor-

mous topography located in the subtropics should be a strong source of stationary

forcing. Further, as discussed by Zurek (1982), regional-scale dust storms preferen-

tially develop in the southern subtropics and can rapidly grow to global scale (e.g.,

within 10-20 days), spreading dust meridionally into middle and high northern lat-
itudes (e.g., Haberle et al., 1982; Murphy, 1991). The augmented subtropical circu-

lation during the developmental stages of a large-scale dust storm would be strongly

zonaily asymmetric and involve a 'spectrum' of planetary wave components, such as

thermal tides (e.g., Zurek, 1986; Zurek and Haberle, 1988) and both nearly stationary

and traveling disturbances (e.g., Barnes 1984; Pollack et al., 1990; Barnes et al., 1992).

Thus, an anomalous low-latitude stationary-wave forcing is at least plausible.

To investigate whether a low-latitude wave forcing could induce strong zonal-

mean changes in high latitudes, an experiment was performed with (coo, ço,) in the

synthetic wave forcing (Eq. (6.1)) set to (15°, 30°) which produced a maximum forcing

at 30°N and zero forcing equatorward and poleward of 15 and 45°N, respectively.
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A forcing amplitude of h0 500 m was used. Although this wave forcing exceeds
the stationary wavenumber-1 amplitudes between 15-30°N shown in Fig. 6.14a, the

amplitudes do match between 35-40°N. All other parameters (dissipation, forcing

turn-on time, etc.) were kept the same as in the benchmark dusty experiment.
Time-height sections from this experiment are shown in Fig. 6.36. It can be seen

that the mean zonal flow gradually decelerates during the first 10 days (Fig. 6.36a);

then, near day 15, a very rapid deceleration ensues. A critical surface descends almost

instantaneously and is below 50 km by day 17. (Actually, because the mean zonal
circulation changes so rapidly, the calculation of mean fields in the model becomes

somewhat noisy in high levels (above 80 km) after day 20.) It can be seen that the

rapid deceleration corresponds to significant wave transience at this time (Fig. 6.36b).

Prior to day 10 in this low-latitude forcing experiment, the wave grows gradually

to 2500 m (with no explosive growth occurring prior to day 5). Associated with

the very sudden circulation reversal, an intense high-latitude warming takes place
(Fig. 6.36c). By day 15, temperatures at the 25-km level are already 40 K higher
than radiative equilibrium; by day 17, temperature changes have exceeded 55 K.

Temperatures gradually cool between days 20-30 (by 15 K at the 25-km level).

Associated with the tremendous wave transience between days 15-18, an intense pulse

of wave driving occurs (Fig. 6.36d): DF < 100 m s day1 on day 16, as the critical

surface in high latitudes descends and the rapid warming in polar regions occurs.
During the next 5 days the large wave driving decays and becomes mostly steady
during the last 10 days of the simulation.

A sense of the very rapid mean circulation changes that take place around day

15 in this experiment can be gained from Figs. 6.37 and 6.38. By day 14, the zonal-

mean flow has strongly decelerated (Figs. 6.37a), although poleward of 30-40°N a

westerly jet of 80 m s still exists. Weak easterlies extend equatorward of 30-

40°N at all levels. The forced wave shows a large amplitude in high latitudes (Figs.

6.37b) with extremely rapid vertical phase variation in the subtropics below 25 km.

This phase variation is associated with a strong poleward and upward EP flux out

of the subtropics from the forcing level (Figs. 6.37d), with the strongest convergence

in middle and high latitudes below 30 km. The wave activity flux is associated with
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substantial equatorward momentum flux and differs from the dusty benchmark case in

that significant (negative) wave driving takes place at lower levels on the equatorward

side of the jet. Within 1-2 days, this strong wave driving rapidly 'pulls' the critical
surface into higher latitudes resulting in a complete circulation reversal above 40 km

by day 16. A polar warming of 30 K has already occurred at the 25-km level by day

14 (Figs. 6.37c) and the maximum warming descends into lower levels with decreasing

latitude.

Between days 17-18 the high latitude westerly jet has been mostly eliminated.

What jet remains has shifted 5_100 equatorward and is confined below 40 km (Fig.

6.38a). In high latitudes temperatures have increased over r 50 K (Fig. 6.38c), with

the strongest increase located at the pole and between 20-25 km. At this time the
maximum wave driving occurs in a deep region near 70°N, in the vicinity of the capping

critical surface near 40-50 km. As discussed by Dunkerton et al. (1981) such deep

regions of DF <0 are associated with tremendous wave transience, which is the case

as indicated in Fig. 6.36b. Inspection of the EP flux in this region shows no evidence

of any wave reflection from the top of the westerly jet: F is completely upward in high

latitudes.

Sensitivity to Dissipation

A few experiments were performed with increased dissipation but keeping most

other parameteres as in the dusty benchmark experiment. In one experiment the
Newtonian cooling was set to the low-dust profile in Fig. 3.1 below 50 km and constant

above. The Rayleigh friction was kept the same. (This choice of aN provides much

stronger damping below 25 km compared to profile (j).) For the first 10 days, time-

height sections were very similar. However, after the wave amplitude peaked, both
the mean and wave fields showed little variation and were essentially steady after

day 20. The high latitude warming occurred 1-2 days later than in the benchmark

experiment, was weaker (33 K), and was located slightly higher. Even after 50 days,

no second warming event took place.

In another experiment, ap.j was set to profile (i) in Fig. 3.1. (This choice of New-

tonian cooling provides much stronger damping below 50 km than in the benchmark
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experiment.) In addition, the forcing amplitude h0 was increased by 150 m. The ini-

tial 5 days were very similar to the benchmark case. However, significant differences

began to ensue after this time. Upon reaching a similar maximum by day 9, the wave

and the mean fields began a monotonic decay that lasted for the rest of the time
integration. On day 12 the maximum warming was 10 K weaker compared to the

benchmark case, mostly because of less transience of the wave during the first 10 days.

By day 18 the mean jet had decelerated to 65 m s, whereas in the benchmark
experiment, recovery of the mean flow was taking place. Also, the wave amplitude

exceeded that of the benchmark experiment due to less transience and partially as
a result of an increased ho; this resulted in a stronger negative wave driving in high

latitudes near 45 km (DF 80 m s1 day-'), that continued to decelerate the mean
flow. In polar latitudes, the level of maximum warming descended with time so that

by day 25, iEi' approached 50 K near 25 km.

To rigorously determine the dominance of wave transience or dissipation during

these experiments requires the same kind of analysis of the Eliassen-Palm theorem

that was done in Chapter 4 for wavenumber 2. Following the Eulerian approach

of Andrews (1987), one would develop the corresponding form of his Eqs. (3.12) and

(3.13) for the approximate primitive equations upon which the wave, mean-flow model

is based. This would permit an assessment of the balance in Eq. (4.44) at each spatial

and time point.

6.4.3 Wavenumber 2: Relatively Non-Dusty Conditions

Using the relatively non-dusty basic state, the time-dependent propagation of

wavenumber 2 is examined in this section. It will be seen that in spherical geometry,

the behavior of wavenumber 2 is quite different than that found in the j3-plane study of

Barnes and Holllngsworth (1987). In addition, wavenumber 2 evolves rather differently

than wavenumber 1, as discussed in the previous sections.

As in the relatively non-dusty wavenumber-1 experiment, the same flow (L04

in Fig. 4.10) is used for wavenumber 2. Guided by results from interactive dust

simulations with the MGCM (e.g., Murphy, 1991), a mid-latitude wave forcing is
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applied. In particular, (ç'o, a,,) in Eq. (6.1) are set to (300, 45°), giving a maximum
forcing at 52.5°N, and the forcing amplitude is h0 = 600 m. The forcing turn-on time

is the same as before, r = 3 days. Compared to Fig. 6.14 which shows the low-level

stationary wavenumber-2 amplitudes (at sol 5) from an interactive-dust simulation

with the MGCM, the latitudinal variation of the synthetic forcing is similar. However,

the amplitude is larger. Given the uncertainty in actual low-level (e.g., 4-6 km)
stationary amplitudes during a period of heightened wave transience, the somewhat

large forcing amplitude applied here is not unreasonable. Further, the magnitude of

this wavenumber-2 forcing can be related to a vertical velocity amplitude (as described

by Eq. (6.4)) and corresponds to Ith 1.4 cm s1. This upper-bound estimate is
less than half that used in the /3-plane study of Barnes and Hoffingsworth (1987).
For dissipation, profile (h) in Fig. 3.1 is again used as Newtonian cooling, and to
provide an upper-level sponge layer, profile (h") (described in Section 6.4.1) is used

for Rayleigh friction.

Time-height sections of several fields from the wavenumber-2 experiment are

shown in Fig. 6.39 for 25 days of simulation. It can be seen that at 60°N, the mean

zonal flow (Fig. 6.39a) undergoes little change during the first 15 days, then suddenly

decelerates during days 15-20. By day 22 easterlies have descended below 60 km.

After day 22 (and just as rapidily), the mean flow begins to restore itself. Associated

with the sudden mean-flow changes, modifications (that are neccessary to maintain

gradient-wind balance) to the mean thermal structure take place. Beginning around

day 10, a considerable high-latitude warming ensues which can be seen in the zonal-

mean temperature change LET at 72.5°N (Fig. 6.39c). Initially centered between
20-30 km, the peak warming descends gradually to 10-15 km where it is 40 K
at day 21 (by this time, temperatures at the 25-km level have warmed by 30 K).

Accompanying the lower-level warming, an upper-level cooling of 5 K occurs. The

cooling is driven by a residual mean meridional circulation in the opposite sense to

that responsible for the large warming below (i.e., poleward and upward, compared

to poleward and downward). The two-celled circulation structure is often separated

by a region of maximum wave driving IDF (e.g., Dunkerton et al., 1981), and this is

the case here, as discussed below.
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It was found in Section 6.4.1 that wavenumber 1 (even if strongly forced) could

produce only a samil warming with the nominal non-dusty basic state and the same

dissipation. Most of the high-latitude warming that was produced (5-10 K) occurred

at very high levels. Essentially, only weak high-latitude EP flux convergence occurred

with wavenumber 1, particularly at middle and high levels. This result seemed to agree

qualitatively with the evolution of the refractive index pattern during the simulation.

In contrast, wavenumber 2 is cabable of producing a significant high-latitude warming.

In the fl-plane study of Barnes and Hoffingsworth (1987) a (stronger) wavenumber-2

forcing could drive only weak changes in the mean flow (e.g., DF -10 m 51 day1)
after a 20-30 day simulation, which resulted in a warming of only 2 K near the 20-

km level. Wavenumber 2 was severely vertically trapped in that model; the maximum

wave amplitude was confined to the model's lower boundary and the wave showed

little vertical phase variation. The allowance for spherical geometry is crucial to the

different behavior of wavenumber 2 found here. In spherical geometry, wavenumber 2

is capable of both vertical and meridional propagation, and the rectified wave effects

are sufficient to alter the mean-flow structure, particularly below 30-40 km.

During the first 15 days, the temporal behavior of the wave amplitude is quite

similar to that found in the fl-plane study: at 60°N, '/g 500-1500 m between

25-50 km (Fig. 6.39b). But between days 20-25, a pronounced maximum is found

at 15 km. During the experiment the wave momentum and heat fluxes become

considerable, particularly at low and middle levels. This can be seen in the wave
driving at 52.5°N (Fig. 6.39d). Prior to day 10, a weak oscillatory behavior in both

the wave amplitude and the wave driving is evident at middle and upper levels, the

sign of which appears to be coupled directly to the sign of the wave transience (i.e.,

amplitude growth) since at this latitude > 0. But between days 15-20 the mean
zonal flow is strongly decelerated by the wave (DF -20 to -60 m s day1) and
the largest (negative) wave driving precedes the largest mean-flow changes by 1-2

days. After day 20 the wave begins to decay, and the sign of the wave driving reverses

(DF 10-20 m s day1), which acts to speed up the zonal-mean zonal wind. The

acceleration is clearly evident in Fig. 6.39a.

Shown in Fig. 6.40 are meridional cross sections of several wave fields at day
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15. Clear vertical and meridional propagation is evidenced by inspection of the wave

geopotential amplitude (Fig. 6.40a) and phase (Fig. 6.40b). It can be seen that the
maximum amplitude occurs near 20 km and already exceeds 1500 m at this time.
In middle and high latitudes below 40 km, the wave's phase varies strongly with
latitude and height. The meridional variations of amplitude and phase correspond
to a substantial upward and equatorward flux of wave activity from the forcing level

(Fig. 6.40d). In particular, at this time the wave acts to decelerate the mean flow in a

broad region in middle latitudes below 40 km (near 30 km, DF -30 m s day-').
Although the initial wavenumber-2 waveguide (cf. Q in Fig. 4.16b) has been

significantly altered by day 15, a definite waveguide continues to exist (Fig. 6.40c),

extending upward from low levels in the extratropics to near 50-60 km. The wave
activity flux is well 'contained' in the center of this region and produces strong EP

flux convergence. The rather 'noisy' character of the refractive index between 20-40°N

marks the poleward boundary of the critical surface ( 0) that has moved north by
25-30°. During the experiment, the axis of the positive duct in the refractive index

gradually moves poleward (by 5-10° every 3 days) and collapses in the vertical as

the critical surface encroaches into higher latitudes. This results in a buildup of the
EP flux and a poleward drift and descent of the region of strong flux convergence.

This behavior of the EP flux and DF is illustrated in Fig. 6.41. By day 18, the

region of strong extratropical wave flux near 45°N and 20 km splits into a mostly
upward flux and an equatorward flux (in some ways similar to the dusty wavenumber-

1 experiment), a result of partial wave reflection at the critical surface in this region

(Fig. 6.41c). The splitting is much more apparent on day 21 (Fig. 6.41d), where
the flux is directed mostly upward in high latitudes and appears to penetrate into
higher altitudes. This behavior is mainly due to a region of reversed , that extends
through all heights and encroaches poleward (Fig. 6.42cd), strongly inhibiting a normal

equatorward flux. In addition, an intensification of positive , between 65-80°N on

day 21 draws the flux further aloft. As a result of the flux deflection, two regions of

strong wave driving are formed by day 21: an upper region between 40-50 km and a

lower region at and below 25 km, both producing DF -30 to -50 m s day1 in

high latitudes.
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Meridional cross sections of the zonal-mean zonal flow on days 18 (just prior to
the peak warming) and 21 are shown in Fig. 6.42ab. The mean flow has been substan-

tially modified. Although a deep westerly flow still exists, the jet has shifted poleward

by 10-15° and weakened by 50 m s1. An easterly flow extends well into middle

latitudes, with the critical surface located between 40-60°N at all heights. In high

latitudes and below 40 km, a westerly shear prevails, indicating that zonal-mean

temperatures still decrease toward the pole. This differs from the dusty wavenumber-1

experiment; by day 12, there the meridional temperature gradient had already reversed

above 30 km in high latitudes. In fact, in the wavenumber 2 experiment, high-level

(e.g., z> 70 km) easterlies never form in high latitudes.

The temporal and spatial behavior of the simulated wavenumber-2 warming is

depicted in Fig. 6.43. A key difference between the wavenumber-1 and wavenumber-2

warmings is apparent from this figure: for wavenumber 2, the peak warming occurs

away from the pole between 60-70°N, and initially is positioned near 20 km. By
day 18 (Fig. 6.43b), temperatures at 75°N and 25 km have warmed by 25 K, with
weaker warming occuring both equatorward and poleward. At the time of maximum

warming (Fig. 6.43c), temperatures increase an additional 5 K at this position. During

the warming's intensification, the region of peak (dynamical) heating slowly descends

and moves equatorward. (This descending aspect is also indicated in the maximum

wave amplitude, and to a lesser degree, in the wave driving.) At the time of the peak

warming, large wave driving is found at the forcing level (DF 70 m s day1),
but the largest driving occurs aloft near 45 km (cf. Fig. 6.41d).

A view of the residual mean meridional circulation on day 18 is shown in Fig.

6.44. The poleward and downward residual circulation is much shallower than in the

wavenumber-1 experiment (Fig. 6.44c). The warming on day 18 is a result of adiabatic

warming associated with downward motion (ti* 5 cm s1) poleward of 50°N and

between 10-20 km (Fig. 6.44a). Poleward flow opposes the negative wave driving

(DFT 65 m s day1) in middle latitudes (Fig. 6.44d), with a westward Coriolis

torque of ff r.s 40 m s day1 (Fig. 6.44b).
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6.4.4 Wavenumber 2: Dusty Conditions

It was found in Chapters 4 and 5 that for highly dusty zonal-mean basic states

wavenumber 2 was more vertically trapped than for non-dusty states. Peak linear,

steady-state amplitudes occurred 20-30 km lower and were 20-40% weaker (near
the stationary frequency), typically. Thus, it might be expected that for the same
wavenumber-2 forcing and a dusty basic state, the wave, mean-flow interactions would

be substantially weaker than those described in the previous section.

Fig. 6.45 shows time-height sections from an experiment using the wavenumber-

2 forcing as in the non-dusty experiment. The same dissipation is used. It can be
seen that the mean zonal flow undergoes much less deceleration (Fig. 6.45a). For
example, no critical surface descends below 90 km in this wavenumber-2 experiment.

The forced wave reaches a peak amplitude around day 20 and near 20 km (Fig. 6.45b),

but the magnitude is roughly 30% less ( 1300 m) than in the non-dusty experiment.

As a consequence of weaker wave transience in this experiment (providing a weaker

wave driving DF), the mean circulation is not 'overturned' as much. The maximum

high-latitude warming (Fig. 6.45c) is thus much reduced (-.. 20 K at 72.5°N and 15

km).

6.5 Discussion

In this chapter we have considered whether forced planetary waves may provide

a viable mechanism for the Mars polar warming phenomenon. The essential features

of the simulated wavenumber-1 and wavenumber-2 polar warmings using the spherical

wave, mean-flow model are listed in Tables 6.1 and 6.2. Results from sensitivity exper-

iments related to changes in dissipation and stratification (i.e., increased or vertically

dependent N2) are not included in the tables. For representative zonal-mean basic
states (for relatively non-dusty and highly dusty conditions) and plausible wave forc-

ings, such a mechanism can operate to produce a warming of similar magnitude and

time scale to that observed. Somewhat weaker wave forcings are required in the spher-

ical wave, mean-flow model than in /3-plane geometry. In spherical geometry, it has

been possible to examine the dependence of the latitudinal and vertical structure of
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Basic State
Type

Wave Forcing
[max bc., h0, type]

max ET
(K)

Location
[cp,z]

Time Scale
(days)

non-dusty high-ba, 500 m, s 5 88°N, 70 km 15
non-dusty high-p, 750 m, s 10 88°N, 70 km 12

dusty high-p, 900 m, s 40 88°N, 32 km 14
dusty high-p, 850 m, t 35 88°N, 34 km 9
dusty low-, 500 m, s 58 88°N, 24 km 18

Table 6.1: Summary of high-latitude warming results for wavenumber-1 forcings
(s = steady, t = transient).

Basic State Wave Forcing max LET Location Time Scale
Type [max bc., h0, type] (K) [cc, z] (days)

non-dusty mid-cc, 600 m, s 40 72°N, 15 km 21
dusty high-p, 900 m, s 35 70°N, 15 km 20
dusty low-cc, 600 m, s 20 70°N, 15 km 21
dusty high-ca, 500 m, s 9 76°N, 20 km > 35

Table 6.2: Summary of high-latitude warming results for wavenumber-2 forcings
(s = steady, t = transient).

a simulated warming on different wave-forcing characteristics (e.g., time dependence,

forcing amplitude, meridional distribution, etc.). In addition, it has been found that

wavenumber 2 may be a candidate for producing such a warming event on Mars.

Results: Comparisons with Previous Modeling and Observations

The wavenumber-1 results from the spherical wave, mean-flow model generally

agree with results for wavenumber 1 from a /3-plane model (Barnes and Hoffingsworth,

1987). In particular, the magnitude, time scale and sensitivity to increases in dissi-
pation are similar. For wavenumber 1, the strongest warming occurs at the pole and

(for the dusty basic states) appears to descend in height with increased wave forcing.

In the /3-plane model, the maximum warmings took place near the level of maximum

vertical shear (where f2 = 0) regardless of the forcing strength. Little polar warm-

ing takes place when a relatively non-dusty basic state is used, even if the forcing

strength is increased. It appears that a more poleward waveguide (where , > 0)

is required in order to trigger substantial wave, mean-flow interactions in spherical

geometry. Such basic states appear to be favored under highly dusty conditions (e.g.,
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Haberle et aL, 1982; Murphy, 1991; Haberle et al., 1992). For a dusty basic state,
a low-latitude waveumber-1 forcing produces the strongest simulated warming. This

differs somewhat from results in Chapter 4. For linear, steady-state, stationary waves

and for relatively non-dusty conditions, significant mid-latitude (e.g., for ço > 35°N)

forcing was required to produce large extratropical wave fields. It is possible that
for the dusty basic state, a large-amplitude steady-state stationary response could

be attained by applying only subtropical forcing. Results of Chapter 5 indicate that

an enhanced wavenumber-1 response occurs for the dusty basic state with a range of

dissipation, and for meridionally 'fiat' or confined extratropical wave forcings.

The warmings simulated by the spherical wave, mean-flow model are associated

with a reversed zonal-mean meridional temperature gradient in high latitudes (this

was also found in the /3-plane study). However, the region of reversed gradient de-

scends with time and slopes equatorward. Throughout the 1977b dusty episode and

polar warming, the IRTM 15-tim temperatures near 25 km continuously exhibited a

positive thermal gradient from high polar latitudes toward middle latitudes (Jakosky

and Martin, 1987). At the time of peak simulated warming for the dusty basic state,

t decreased poleward of 60°N, at and below 26 km; equatorward of 60°N, the gradient

was weaker and reversed. As mentioned previously, an enhancement and poleward ex-

tension of the mean meridional circulation occurs with increased dust loading (Haberle

et al., 1982). Thus, if the dynamics of the zonally symmetric circulation were com-

pletely included in the wave, mean-flow model (in particular J 0 associated with
radiative heating by dust), the reversed mean thermal gradient in middle latitudes in

the warming simulation might be partially eliminated by sinking motion (compres-

sional heating) associated with the descending branch of the cross-equatorial Hadley

cell.

Dissipation strongly affects the behavior of a simulated wavenumber-1 warming.

For example, a more steady (less oscillatory) response in both the mean and wave

fields is found when stronger Newtonian cooling is applied. The peak warming in

high-latitudes also occurs further aloft (by 5-10 km). When combined with stronger

wave forcing, enhanced radiative damping produces a warming peaking in middle

levels which monotonically descends to lower altitudes with time.
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Barnes and Hoffingsworth (1987) argued against the possibility of significant
wavenumber-2 propagation by applying the Charney-Drazin (CD) criterion for verti-

cal wave propagation (Charney and Drazin, 1961) in a /3-plane channel model. The

CD criterion describes only qualitatively the 'window' of wave propagation and is

strictly applicable only for the case of quasi-geostrophic disturbances on a /3-plane

and for simplified mean flows (restricted forms of shear and/or curvature permitted).

In spherical geometry and for realistic mean flows, the refractive index (, (e.g., Mat-

suno, 1970; Palmer, 1981b) is a better indicator of potential wave propagation. The

refractive index pattern associated with wavenumber 2 for the relatively non-dusty

flow (cf. Fig. 4.16b) does show a narrow positive waveguide extending out of the ex-

tratropics into high vertical levels, and this seems to be important to how wavenumber

2 propagates in spherical geometry. As the mean flow changes, so does the waveguide

for wavenumber 2, but there is always a region in middle latitudes below 40 km

permitting wave propagation.
There are noteworthy differences in the meridional structures of the wavenumber-

1 and -2 simulated warmings. For the dusty basic state, the maximum warming asso-

ciated with wavenumber 1 occurs in polar latitudes at 30-35 km. For the low-latitude

forcing experiment, the maximum warming occurs at slightly lower altitudes. For the

non-dusty basic state and for wavenumber 2, the simulated warming begins away from

the pole between 60-75°N, intensifies and encroaches into polar latitudes as the center

of peak temperature rise slightly descends. At maximum warming, the center lies at

substantially lower levels and away from the pole, as compared to the wavenumber-1

experiments (cf. Table 6.2 and Figs. 6.39 and 6.43). At the time of strongest warm-

ing, although the highest temperatures occur rather low (near the 10-km level), LET

reaches 30 K near '75°N between 20-25 km. The substantial wavenumber-2 warming

between 60-75°N agrees with the IRTM observations which show that the strongest

warming occurred away from the pole. However, the IRTM observations do not indi-

cate at what level the maximum warming occurred. Some of the warming at middle

and high latitudes (e.g., between 5O-65°N) can be produced by an enhanced Hadley

circulation. Whereas wavenumber 1 produces a polar warming which approaches the

magnitude of that observed, wavenumber 2 yields large warming well away from the
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pole. If a planetary wave mechanism were to operate in the polar warming phe-

nomenon, it is certainly possible that both wavenumbers could be important.

Limitations ofZonal Truncation: Single Wave Interactions

Investigations which have included interactions between several zonal harmonics,

as well as with the mean flow (e.g., Lordi et al., 1980; Hsu, 1981), indicate that

these can be significant in numerical simulations of terrestrial sudden warmings. In
particular, the simulated warmings often occur more rapidly and are more intense

with multiple harmonics. With allowance for just wavenumber-1 and -2 interactions,

Hsu (1981) found that, in contrast to the quasi-linear case, the maximum warming

(rate) was first located in middle latitudes and then migrated toward the pole. Lordi

et al. (1980) found that with a zonaJ truncation of four modes (i.e., s = 1-4), the
amplitudes of wavenumbers 1 and 2 often are out of phase, and just prior to the peak

warming the wavenumber-2 amplitude became largest, while wavenumber 1 decayed.

In interactive-dust experiments with the MGCM (e.g., Murphy, 1991), wavenumber

1 and 2 appear to be intimately linked (at least during the initial 5-15 sols), so that

wave-wave interactions may be quite important. Further, although the time scale
and meridional structure of the simulated wavenumber-1 and -2 warmings differ, the

magnitudes are comparable; both components could have an active role in the Mars

event.

On Tracer Transport during a Simulated Mars Polar Warming

It is recognized from terrestrial studies on the seasonal behavior of atmospheric

tracers (e.g., stratospheric ozone), that planetary waves play a crucial role in the
net transport of trace constituents into high latitudes (e.g., the partial recovery of
the southern-hemisphere ozone 'hole' following southern spring equinox). Planetary

waves should play a key role in the transport of tracers (e.g., atmospheric dust and

water vapor) into the polar regions on Mars as well. Possible transport in spherical

geometry could be assessed with the wave, mean-flow model, in particular, that due

to a forced planetary-wave mechanism during a Mars polar warming. However, to do
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so would require the development of a transport model to be coupled with the wave,

mean-flow model (e.g., Holton, 1981; WMO, 1986).

In general, a complete description of the transport circulation entails Lagrangian

considerations (WMO, 1986). Under certain conditions (e.g., for a linear, steady,

conservative wave), the residual mean meridional circulation v (0, r, r) is a
good estimate of the effective transport circulation. During large amplitude, highly
transient, or nonconservative conditions this is not the case. As discussed in Holton

(1981), for example, during heightened wave transience, advection by the residual

mean circulation requires a correction to account for parcel displacements that are

neither perpendicular nor parallel to mean isentropes. However, when the forced wave

is quasi-linear and steady, the residual circulation may give a realistic assessment of

the potential for transport of tracers. It is apparent from Fig. 6.30c that a poleward

transport is suggested provided that conditions permitting an estimate of the transport

circulation from v holds.



230

220

210

Li.!

2O0

190

LU
I 1.80

LU J70I
0
cn
0160I
<150

130

I I I ii

Li' "iii
II

H
H
A

NORTH POLAR
ATMOSPHERIC
TEMPERATURES hi

L=264°-295°
A: MAY 21, 1977
C: JUNE17
B: JUNE 6

H0 JUNE24
E: JULY 5

EDGE OF' POLAR NIGHT

E\WI

45 50 55 60 65 70 75 80 85
NORTH LATITUDE

249

Figure 6.1: Temperatures in Mars' north polar region as measured by the 15-/Am
channel of the Viking IRTM for the period surrounding the 1977b global dust storm
(from Martin and Kieffer, 1979).
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Figure 6.2: The 15-pm temperature as a function of latitude and time (L3) as mea-
sured by the Viking IRTM during the 1977b global dust storm. Day (top) and night
(bottom) observations made at the same latitude (but on different sides of the planet)
are shown separately. The northern extent of sunlight is shown by the dashed line
(from Jakosky and Martin, 1987).
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Figure 6.3: Latitudinal variation of average 15-jim temperatures observed by the
Viking IRTM (solid curves) before and during the 1977b dust storm, compared with
15-jim temperatures produced from simulations with a zonally symmetric model
(dashed curves). In the simulations, three uniform dust loadings were used corre-
sponding to optical depths Tdust = 0, 1 and 5 (from 1-laberle et al., 1982).
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Figure 6.4: Time-height section of a simulated zonal-mean warming (K) at 82.5°N
using a /3-plane channel model with a wavenumber-1 forcing (from Barnes arid
Hollingsworth, 1987).
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Figure 6.5: Time-height sections from a spherical wave, mean-flow experiment using
relatively non-dusty flow L04 with wavenumber-1 forcing (h0 = 500 m): at 60°N (a)
zonal-mean zonal wind (m s1); (b) geopotential wave amplitude I'I/g (m); (c) at
52.5°N, wave driving DF (m s day1); and, (d) at 60°N, geopotential wave phase
(°E).
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Figure 6.6: As in Fig. 6.5 but for the zonal-mean temperature change LET (K) at (a)
87.5°N and (b) 72.5°N.
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Figure 6.7: Day 6 fields from the relatively non-dusty flow experiment with
wavenumber-1 forcing: (a) geopotential wave amplitude I'lIg (m) and (b) the EP
flux and wave driving DF (m day'). Unless noted otherwise, the EP flux is
normalized by (a constant density) and here the maximum flux corresponds to
3.93 x iO' m4 _2
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Figure 6.8: As in Fig. 6.7 but for day 12: (a) geopotential wave phase (°E); (b)
geopotential wave amplitude I'I/g (m); and, (c) EP flux and wave driving DF (m
s1 day). max IFI = 1.74 x 1012 m4 s2.
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Figure 6.9: As in Fig. 6.7 but for day 12: (a) zonal-mean zonal wind i (m s1) and
(b) zonal-mean temperature change ZET (K).
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Figure 6.10: The 'net' wave-driven AEI (K) at day 12, produced by subtracting %E1'
determined in the h0 = 0 experiment from the field shown in Fig. 6.9b.
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Figure 6.12: As in Fig. 6.7 but for day 12 using R = (h) shown in Fig. 3.1: (a)
geopotential wave amplitude 'j/g (m) and (b) EP flux and wave driving DF (m s
day1). max Fl = 3.14 x 1012 m4 s2.
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Figure 6.13: As in Fig. 6.7 but for day 8 mean zonal quasi-geostrophic potential
vorticity gradient /l (N-D).
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Figure 6.14: The latitudinal variation of stationary wave geopotential amplitudes (m)
at sol 5 from an interactive dust MGCM simulation (zonally-symmetric source): (a)
wavenumber 1; (b) wavenumber 2; and, (c) wavenumber 3 (data kindly provided by
J. Murphy).
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Figure 6.16: As in Fig. 6.15 but for the wave driving DF (m s day1) at 67.5°N.
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Figure 6.17: Wave geopotential amplitude 'I/g (m) from the dusty flow experiment
with wavenumber-1 forcing: (a) day 1; (b) day 2; (c) day 3; (d) day 4; and (e) day 5.
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Figure 6.18: As in Fig. 6.17 but for wave geopotential phase (°E): (a) day 1; (b) day
2; (c) day 3; (d) day 4; and (e) day 5.
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Figure 6.20: As in Fig. 6.17 but for mean zonal potential vorticity gradient
(N-D): (a) day 1; (b) day 2; (c) day 3; (d) day 4; and (e) day 5.
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Figure 6.21: As in Fig. 6.17 but for wavenumber-1 refractive index c (N-D): (a) day
1; (b) day 2; (c) day 3; (d) day 4; and (e) day 5.
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Figure 6.23: As in Fig. 6.17 but for zonal-mean temperature change ET (K): (a)
day 3 and (b) day 4.
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Figure 6.24: As in Fig. 6.17 but for zonal-mean zonal wind ü (m s1): (a) day 6; (b)
day 8; (c) day 9; (d) day 14; and (e) day 20.
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Figure 6.25: As in Fig. 6.17 but for zonal-mean temperature change LET (K): (a)
day 6; (b) day 9; (c) day 14; and (d) day 20.
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determined in the h0 = 0 experiment from the field shown in Fig. 6.26c.
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Figure 6.28: As in Fig. 6.17 but for wavenumber-1 refractive index c (N-D): (a) day
6; (b) day 9; (c) day 12; and (d) day 18.
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Figure 6.30: As in Fig. 6.17 but for day 11 residual mean (a) vertical velocity oi
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Figure 6.31: As in Fig. 6.17 but for day 4: (a) zonal-mean zonal wind ü (m s1)
and (b) mean zonal potential vorticity gradient (solid) q/l (N-D); wavenumber-1
refractive index (dashed) (N-D).
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Figure 6.32: As in Fig. 6.15 but using the day 4 zonal-mean basic state as initial
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Figure 6.33: As in Fig. 6.17 but using the day 4 zonal-mean basic state as initial
(radiative equilibrium) condition: (a) day 10 EP flux (without density factor P0) and
wave driving DF (m s day1), max Fl = 1.31 x io' m4 s2; (b) day 12 zonal-mean
temperature change LET (K).
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Figure 6.34: As in Fig. 6.15 but using f(t) = aosin(irt/4r) as the time dependence
of HB(p,t): at 70°N (a) zonal-mean zonal wind 2 (m s1); (b) geopotential wave
amplitude 'I/g (m); (c) the wave driving DF (m s day1) at 67.5°N.
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Figure 6.36: As in Fig. 6.15 but using a low-latitude wavenumber-1 forcing (h0 = 500
m): at 70°N (a) zonal-mean zonal wind ü (m s1); (b) geopotential wave amplitude
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wave driving DF (m s1 day1) at 67.5°N.
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Figure 6.39: Time-height sections from a spherical wave, mean-flow experiment using
relatively non-dusty flow L04 with wavenumber-2 forcing (h0 = 600 m): at 60°N (a)
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at 72.5°N, the zonal-mean temperature change LET (K); and, (d) at 52.5°N, wave
driving DF (m s day1).
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CHAPTER 7

Summary of Conclusions

The most noteworthy results from both the linear and quasi-linear investigations

of forced planetary waves in Mars' winter atmosphere are collected in this chapter.

Areas of possible future research are also mentioned.

Linear Modeling

An analysis of forced steady-state stationary waves in Mars' winter atmosphere

was the focus of Chapter 4. To begin, plausible planetary-wave forcings were con-

sidered and harmonic analyses were performed on the two best available Mars topo-

graphic data sets. Simple low-latitude heating distributions were formulated following

Webster (1977). Synthetic winter zonal-mean basic states were constructed based on

spacecraft observations (Mariner 9 IRIS) and recent simulations with the MGCM.

Realizing the present uncertainty in the nature of stationary forcings for Mars

(e.g., inaccuracies in topography and surface thermal inertia and albedo patterns), a

conservative approach was applied in the linear analysis. Attention was focused on the

basic nature of the responses from a synthetic Tharsis (Gaussian effipse), as well as

the Mars Consortium and DTM topography. Possible augmentation of the responses

from a predominant low-latitude thermal forcing was also considered.

Results indicated that lower zonal wavenumbers were favored (e.g., s = 1-2) and

higher wavenumbers were severely vertically trapped. Wave activity flux was prefer-

entially directed into a mid-latitude waveguide (i.e., regions of Q., > 0) formed within
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the mean basic states. For nominal northern non-dusty conditions, mid-latitude to-
pographic forcings were crucial and the meridional position of the steady-state wave

maxima were generally insensitive to momentum drag. An analysis of the stationary

wavetrain propagation forced from an isolated Tharsis ridge supported the hypoth-

esis that considerable interference was occurring between eastern and western hemi-

sphere responses: e.g., responses from Arabia Terra and Elysium in the east strongly

influenced the western-hemisphere response. Responses to thermal forcings in the

subtropics could both destructively interfere with and positively reinforce the extra-

tropical topographic responses. Thermal forcing produced a stronger asymmetry of

the stationary-wave patterns in the eastern and western hemispheres.

For nominal dusty basic states, wavenumber-1 responses were very enhanced

and higher zonal wavenumbers were more vertically trapped. In addition, within the

waveguide region at low levels, wavenumber 1 exhibited large phase shifts (r.s 1800)

from the topography. As in the non-dusty case, wavenumber 2 remained very much

in phase (5-10° to the west).

Topographic and thermally forced stationary waves for Mars' southern hemi-

sphere were also investigated. Due to the very large wavenumber-1 topographic
amplitudes in middle latitudes, the stationary-wave pattern was dominated by this

wavenumber. At low and middle levels (e.g., between 10-30 km) the wave pattern

in the western hemisphere was significantly altered when subtropical heating was in-

cluded: a lee trough east of Tharsis became apparent, with a northwest-southeast tilt

associated with a stronger wavenumber-2 poleward momentum flux.

Linear stationary-wave patterns were compared with winter simulations with the

NASA/Ames MGCM. Both linear and MGCM stationary waves evidenced structures

that were very deep. The extratropical non-dusty northern and southern wave pat-
terns were qualitatively similar to those in the MGCM. However, often the positions

of troughs and ridges differed by 10-40° in longitude. For basic states representa-

tive of dusty conditions, wavenumber 1 dominated but was weaker (100-500 m) than

indicated by the MGCM; the linear wave pattern also indicated a trough and ridge

reversed from those of the MGCM.

Because of the enhanced linear wavenumber-1 response associated with the dusty
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basic states, an analysis was performed to investigate whether steady, low-frequency,
wavenumber-1 responses were favored under dusty conditions. Applying several wave-

amplitude measures, the linear primitive equations model was used to 'scan' for the

largest wave responses over a finite frequency interval. In order to test the model's

robustness, the method was applied first to an isothermal, motionless basic state, and

results compared with theoretically predicted global free (normal) modes.

For a range of dissipation, a monotonically increasing wave response as a func-

tion of frequency was found. Large damping flattened and broadened the narrower
features found with weak dissipation. For the dusty basic state, it was found that
the wavenumber-1 responses nearly uniformly exceeded those for the non-dusty basic

state by an order of magnitude or more, and they occurred at much higher levels

(' 30 km). Near the stationary frequency, a broad enhanced response was evident for

the dusty basic state. A westward propagating 11-13 day 'characteristic mode' was
examined and it exhibited qualitatively similar structures to the second symmetric

wavenumber-1 pure Rossby mode.

For wavenumber 2, a similar trend of an increased response with frequency was

apparent. As a result of vertical trapping in a stronger flow, the non-dusty responses

generally exceeded the dusty responses by factors of 3-10.

Possible Future Work Related to Quasi-Stationary Forced Waves

Because of the very sensitive dependence of forced planetary-wave propagation

on the structure of the zonal-mean basic state, it might be worthwhile to perform
stationary calculations using mean fields from the MGCM. For example, one would use

the same zonally symmetric basic state and this would provide a global configuration

permitting a better representation in low-latitudes. To better model thermal forcings,

one could adapt fields of diabatic heating directly from the MGCM (these fields would

be strongly influenced by the distribution of topography). Perhaps experiments using

MGCM basic states and forcing fields would yield better agreement in the position of

the extratropical troughs and ridges, particularly with the dusty basic states. Model

validation experiments such as these could put modeling of stationary waves in Mars'

atmosphere on a better footing before the arrival of new spacecraft data (e.g., Mars
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Observer).
Recently, Valdes and Hoskins (1989) have made progress in determining the lin-

ear response to orographic and thermal forcings in a consistent manner (i.e., using

terrain-hugging coordinates), and have attempted to isolate the importance of tran-

sient eddy flux convergences in forcing winter tropospheric stationary waves. The
importance of nonlinear interactions associated with topographic forcing (in particu-

lar, permitting the flow to go over and/or around orography based on its scale) has

been examined by Valdes and Hoskins (1991). At this time, the above two studies

are representative of the 'state-of-the-art'. While similar approaches will inevitably

be useful for Mars, it is reasonable and practical at this time to begin with somewhat

simpler methods. In addition, as our current knowledge of the actual thermal struc-

ture of Mars' atmosphere is limited, a more sophisticated approach is unwarranted at

present.

Wave, Mean-Flow Modeling

In Chapter 6 the focus was to apply a quasi-linear model in spherical coordinates

to investigate whether a forced planetary-wave mechanism could explain the Mars

polar warming phenomenon. For both wavenumbers 1 and 2, two main numerical

experiments were performed: one using a relatively non-dusty basic state, and another

a highly dusty basic state. Variations on the experiments were performed to ascertain

the sensitivity to dissipation and to the forcing amplitude and distribution.

It was found that for the non-dusty basic state wave, mean-flow interactions
associated with wavenumber 1 were generally weak. High-latitude temperatures were

only mildly increased ( 5 K) and most of the changes occurred at high levels (above

50 km). The warmings were slightly weakened with an increase in dissipation (thermal

damping). Even for stronger forcing, weak interactions occurred. It was found that

the waveguide for the non-dusty basic state remained essentially intact and little wave

activity penetrated into high latitudes.

For the dusty basic state, significant wave, mean-flow interaction resulted in

high-latitude warmings of 40-50 K after 10-20 days depending on the type of wave

forcing (low or middle latitude) and the amount of thermal damping. The largest
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warmings occurred between 25-35 km and were strongest at the pole. Contributions to

the high-latitude warming by the Hadley circulation (enhanced during dusty periods)

are not simulated in the wave, mean-flow model. Observations from the Viking IRTM

at 15-jim (centered near the 25-km level) indicate substantial temperature increases

at latitudes away from the pole (60-75°N) and a meridional temperature gradient that

was not reversed in high latitudes. In the spherical wavenumber-1 simulation with

the dusty basic state, the region of reversed thermal gradient descended and sloped

equatorward with time. The decay phase of the warming was rather realistically
simulated in an experiment in which the forcing decayed after 6 days and was zero

by day 12. Although they occurred slower (by 3-5 days), stronger warmings were

produced with a subtropical forcing.

For wavenumber 2, weak warmings occurred with the dusty basic state. How-

ever, with the non-dusty basic state, significant wave, mean-flow interaction produced

warmings (20-30 K) that were centered away from the pole (65-75°N). The peak
warmings occurred rather low (10-20 km); however, mean temperatures were signif-

icantly warmed at higher levels (e.g., 30 K at 25 km). The allowance for spherical

wave propagation is crucial to a wavenumber-2 warming. Previously, based on a
quasi-geostrophic, /3-plane model it had been determined that forced wavenumber 2

was strongly vertically trapped.

As discussed in Chapter 6, several dynamical mechanisms have been considered

as plausible explanations for the Mars polar warming problem. Undoubtedly, an

enhanced zonally-symmetric circulation during dusty episodes is crucial in providing

warming in middle and high latitudes. However, the warming in high polar latitudes

can not be attributed to subsidence (and heating) in the poleward branch of the Hadley

circulation. A forced, planetary-wave mechanism can produce warmings of the same

order of magnitude and time scale as seen by the Viking I1tTM. And the location

of the strongest warming can be shifted away from the pole, depending on whether

the wave forcing is due to zonal wavenumbers 1 or 2. At present, a planetary-wave

mechanism offers the most viable construction of the warming seen in the observations.
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Possible Future Work Related to the Mars Polar Warming

It is possible that wave-wave interactions could be important if a planetary-wave

mechanism is responsible for polar warmings on Mars. For the terrestrial SSW, wave-

wave interactions can cause a more rapid and intense warming to occur. Also, the

location of maximum warming can drift from high latitudes toward the pole. Given

the 'coupling' between wavenumbers 1 and 2 in interactive dust simulations with the

MGCM (Murphy, 1991), it could be important to add another zonal harmonic to the

wave, mean-flow model (e.g., as in Hsu, 1981).
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Appendix A

The Linear Wave Structure Equation
and Kinematic Lower Boundary Condition

In this Appendix the wave structure equation for the linear primitive equations

model is derived. Also, the kinematic lower boundary condition is developed.

A.1 Wave Structure Equation

Following Holton (1971) and Lin (1982), the dependent variables in Eqs. (3.11)

(3.15) are expressed in non-dimensional form (denoted by a *) by making use of the

following scaling:

z = z*H

= *2a/cosç,

=

T = T*(211a)2/R

t = t/2l

= u*21a/ cos

= v*21a/cos

= w*211H

=

T' = T*(21?a)2/R

J' = J*(2f)3a2/,c
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Longitude and time dependence are expressed in terms of Fourier harmonics, i.e.,

u(cQ,Z*)\

1

I v v(co,z*)
I I

= Re w(co,z*)

J

(A.1)

I
q5(çc,z*)

J(cc,z*)

Upon substitution of the scaled variables into Eqs. (3.11)(3.15), application of

Eq. (A.1), and making use of the following coefficients which are defined in terms of

the zonal-mean basic state

UI 2* sin
WD = 0

cos2
+ Sill cc

cos' cc

Z N2H2
WT = 2

a S0 (21a)2cos

a ' - sinço 7 = cos2ça'cos cc

the following set of equations are obtained:

ZWDU + av + isq5 (A.2)

zwDv + /.3u = cos (A.3)
SU Vç0 W

cos2 cc
+ cos cc

a = o (A.4)

10 1+ - 'v + S0w = (A.5)

With some manipulation of the above, equations for u, v and w in terms of only q
can be obtained. After substituting these equations into mass continuity (Eq. (A.4)),

and defining additional coefficients which also depend only on the basic state,

= S0 +

t= 7aJDcosW

P = OWJ C05 W

=

= - sO



310

a single equation for the linear wave structure in terms of results:

Aq5 + + Ccb.e + Dq5 + Ects + Fq G. (A.6)

The complex coefficents A, B, C, ..., F are given by

cos

B = coco+S

c=-,
SD 1

(/3C + p,) (th cos ço + WD.\E) +
)cos,

c0s2w

E = +
SWDWTA

COS O \5 )* cos2 5 +

F
1

()
SWJ(

cosç +2+25
z,

The rhs term G depends only on the prescribed heating J

.18)I("D ($)w__\jG = J +i - cos2 + cos 25)Cos ça

A.2 Lower Boundary Condition

The kinematic lower boundary condition applied in the linear primitive equa-

tions model properly relates the geometric and log-p vertical velocities, t1' and w,

respectively, and includes a term proportional to a nonzero zonally asymmetric to-

pography.

From Eqs. (A.2)(A.3), an equation for v can be obtained in terms of only w,

and q which upon substitution into the thermodynamic energy equation, Eq. (A.5),
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gives the modified thermodynamic energy equation

713= (J+i,iT&* iq). (A.7)

After writing Eq. (3.23) in non-dimensional form and using Eq. (A.1), an expression

relating w and ti" is

gwe \
W

71

-, _j9*

2(2a)2 - cos2 - g)

z [(rx cos )çS, + ITcbZ* + $( so)q5 + i,\$J] (A.8)cos

where j9* = i(sA - 0t*) + z*/2.

Combining Eqs. (A.7)(A.8) for w, and writing Eq. (3.22) in non-dimensional

form and using Eq. (A.1), the following lower boundary condition is obtained

aç& + bqis + cçb = d. (A.9)

The complex coefficients are given by

a =
cos

Sy
b = T+AI3WT

cos w

c = _+s(
sr a)+ \6sã)cos2' / cosço

and the rhs term d is

d = (i +cos j (211a)2 cos2 a

ü denotes the mean zonal wind at the forcing level z = zB; hB and hB are the non-

dimensional zonally asymmetric and symmetric topography, respectively; and, y is

given by
__- gH -
I! (21Za)21"
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Appendix B

Numerical Solution of the Linear Wave Structure Equation

In this Appendix, the numerical solution of the linear wave structure equation

is described. Eq. (A.6) is a second-order partial differential equation for

Aq5, + Bq5 + C + Dq + Eq5 + Fçb = G (B.1)

where A, B, C, ..., F and are complex functions of ço and z and the coefficients

are given in Appendix A. The boundary conditions are:

(B.2)

4=0, Z=ZT (B.3)

a4+bcb+ccb=d, Z=ZB. (B.4)

Derivatives in Eq. (B.1) are approximated by centered finite differences using

the grid layout indicated in Fig. B.1. The finite difference structure equation becomes

Ak (i_1k_2i.k+i+11 + B,,k +
)

Ck (.k+1_2ik+.i.k_1\ + Dk (_1,k_J+I.k\ + Ek + (B.5)
) '

t, ) 2z /

Fj,kçb,k = G,k

'Here the non-dimensional vertical coordinate is denoted without a
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for j = 1,. . . and k = kB, . , kT. After regrouping the terms in Eq. (B.6) one ha

where

Q_1,kj-1,k-1 + Q,kcb,k_1 + Q+1,k,+1,k-1+

Sj_l,kj_1,k + Sjkj,k + Sj+lkj+1,k+

Rj_l,kj_1,k+1 + R,kq,k1 + R+l,kq+1,k+1

G3,k

B,,
j-1,k 'j,k 4iz,

S5_1,k=4+k Sk=F,k 4 S+1,k=4_
B,k B,k

j-1,k 4z1p j,k j+1,k

Equivalently, one may write the above finite difference equation in block matrix

form to give one large linear system:

Qkctk_1 + SkcLk + Rkcik+1 = Gk (B.6)

where Qk, Sk and Rk are tridiagonal matrices and k is the wave structure vector at

a particular level k. Since = 0 at the lateral boundaries, we need to determine the

structure within the interior (see Fig. B.1). Thus the matrices are of size (iM - 2) x

(iM - 2) and the vector is (jM 2) x 1, e.g.,

"3Lj.1,k
Skcbj, =

0

c3 c'3
'.I,k -'j+1,k

iM2 C2M2-'j-1,k -'j,k
C'2M 1

2,k

3,k

SJM2 ,1..
i+1,k 'P2M-2,k

C2M1 /..kj+I,k W2M-1,k

(B.7)

and likewise for Qk and Rk. Gk is the rhs vector of the structure equation.

In a similar manner Eq. (B.4), the lower boundary condition, can be written



using centered finite differences as

14>j-i,k ,+1,k) + b j,k-1 \
ajj

2iz j + Cj,k4'j,k = d,,k.

Applying this at level k = kB and collecting terms gives

where
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qkBq5kB-1 + SkBkB + r4+i = gkB (B.8)

= q+1,k = g,,k = d
j j j= = Cj,kB 82+1,kB =

__j n ,.,i'j-i,k 'j+i,kB - 'j,kB

To solve Eq. (B.6) we use an algorithm developed by Lindzen and Kuo (1969),

sometimes referred to as the 'double sweep' method. We assume the recurrence rela-

tion

= kk+1 + 13k

k-i = ak...aqk+/3k_l. (B.9)

Using Eq. (B.9) into Eq. (B.6), recurrence expressions for k and /3k can be determined

(the upward sweep):

= (Sk+Qkak_1)Rk
uk = (Sk + Qkcc k1 ) ((k QkI3k-1)

for k = kB + 1,. . . , kT. Applying the finite difference wave structure equation Eq.

(B.6) at the lower boundary k = k and combining with Eq. (B.8), the term in q5kB.1

can be eliminated. From the resulting equation and recognizing the form in terms of

Eq. (B.9), provides expressions for akB and /3

= (QSkB qrk)
13kB = (QSk - qsk) 1(QkGkB q,,1gkB).



315

The last step is the downward sweep, where the upper boundary condition is
coupled into the algorithm. From Eq. (B.3), kT = 0; so with the k and /3k de-

termined at all levels, one steps down with the algorithm çb = akcbk+1 + 13k for

k = kT - 1, kT - 2,. . ., kB. This determines 4,k within the computational domain.

I I I

I

I
I

I
I

I I

'1

I

- -.--.-----.-_..--__I_
I

i

-

1ALQ
I

-
-

I I .4

J\ 2.. l3M
-<

Figure B.1: Latitude-height grid structure for the numerical solution of the linear
wave structure equation, Eq. (B.1).
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Appendix C

Analytic Forms of the Synthetic Basic States,
Newtonian Cooling and Rayleigh Friction

In this Appendix the analytic expressions for the relatively non-dusty and highly

dusty basic states are given. Also, the forms of the height dependent dissipation

and a are provided.

C.1 Zonal-Mean Basic States

where

The synthetic zonal-mean zonal flows are given by the following z) = F(tiA)

F = Uabs + (ubs + 2UabstiA((P, z) + Ao(ça))1/2 + Ubar02(S0), (C.1)

= acos', UA((P,z) = n1(p,z)+ iij(p,z), and

Ao(ço) = 2Uab8Ubarol + UL01

ubo1((P) = urn cosçasech [_(co - cal)]

tLbaro2((P) = u02 cos çasech [ca (P2)]

= Aizexp -- I sinr (irsina)
[

1 21

2 \zl) J

x = xo+x0z

'u2(, z) = J A2zexp (-.- [1 cos (( + (P02))], 0 cc (P12Z2/

10, (P12<(Plr/2
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Flow u01 B1 So1 u02 B2 W2

L04 20 50 45 -30 30 5
L06 0 0 0 0 0 0
L07 20 50 45 -30 30 -5
1101 0 0 0 0 0 0
1102 20 50 45 -32 30 -5
1107 20 50 45 -32 30 -5
H10 20 50 45 -32 30 -5

Table C.1: Coefficients for the barotropic components of the flow ubo1(co) and
lLbaro2((P).

Flow A1 z1 r z0 z A2 z2 c°o2 12
L04 5.85 50 3/2 2.0 1/15 2.1 15 10 50
L06 4.50 50 3/2 2.0 1/15 2.1 15 10 50
L07 5.85 37 3/2 2.0 1/15 2.1 15 10 50
HOl 6.00 70 1 3.0 1/4 1.7 22 0 60
1102 7.00 65 1 3.3 1/5 1.8 18 0 60
1107 7.75 70 1 3.0 1/5 1.8 18 0 60
1110 8.95 65 1 3.3 1/5 1.8 18 0 60

Table C.2: Coefficients for the barodinic component of the flow A(W, z).

Tables C.1 and C.2 list the values of the coefficients for the barotropic and barodinic

parts of the flows.

C.2 Dissipation

The analytic forms of the dissipation profiles indicated in Fig. 3.1 are described

as follows. For the Newtonian cooling coefficient aR(z), the profiles are taken from

Barnes (1984) based on radiative calculations following Dickinson (1973). The 'low-

dust' and 'dusty' profiles are given by:

. low-dust

0.6 - 0.15z, z < 2km

N(Z) = 0.3, 2 z 20km (day-1)
0.3 + 0.05(z - 20), z> 20km



. dusty
11.0 0.25z, z 2km

aN(z) =
0.5 + 0.07(z - 2), z> 2km (day-1)
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For the Rayleigh friction profiles, two different analytic forms for aN(z) are used:

. Type I

. Type II

1(z_zx)1aR(z)=aaoexP[
0

aR(z) = aØ + a [i + tanh (z _z'
ZO

Table C.3 lists the values of the coefficients for each of the drag profiles.

Profile Type aRO (day) cR1 (day) z (km) z0 (km)
(a) I 1.50 120 15
(h) II 0.11 0.90 65 35
(h") II 0.11 0.90 90 15
(i) II 0.00 1.00 25 20
(j) II 0.00 1.00 38 20
(k) II 0.00 1.00 16 20

Table C.3: Coefficients for the Rayleigh friction profiles




