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Seismic properties (P, S velocities and Poisson's ratio) of

young (0.75 m.y.) and mature (110 m.y.) oceanic crust are obtained

by studying explosive refraction data collected in the Pacific Ocean

using ocean bottom and downhole seismometers. A comparison of the

results for the two regions indicates that the upper crustal veloci-

ties increase with age due to the cementation of cracks and frac-

tures, the upper mantle velocities increase with age due to cooling,

and the crust (mainly the lower crust) thickens with age. The Pois-

son's ratios obtained in this study are too small to be consistent

with the presence of any serpentinization of the lower crust or

upper mantle which therefore precludes upper mantle serpentinization

as the cause for the thickening of the crust with age. When corn-

paring seismic structures of young and mature oceanic crust with

ophiolite models, we find close similarities between the Sainail

ophiolite and young oceanic crust, and between the Bay of Islands

ophiolite and old oceanic crust. The 110 m.y. old crust of the

northwest Pacific Basin is characterized by high velocity gradients

in the upper crust, low velocity gradients in the lower crust, a

Redacted for Privacy



smooth 1 km-thick crust-mantle transition zone and the presence of a

minimum 14% anisotropy in the upper mantle coinpressional wave

velocities. Velocities are highest in an east-west direction. The

0.75 m.y. old crust at the intersection of the East Pacific Rise and

the Orozco fracture zone is characterized by a steady increase in

velocity with depth. A delay time analysis shows a trend to large

Layer 3 delay times in the Orozco fracture zone indicating a thicker

Layer 2 and/or low Layer 2 velocities.

An investigation of different model paraneterizations for the

tau-zeta travel time inversion using a synthetic data set indicates

that the best velocity gradient solutions, based on the least devia-

tion of the solution from the true model, are obtained from models

in which the velocities of the layer bounds take on the values of

the observed velocities of the refracted waves. A trade-off curve

obtained from varying the number of layers in the model shows that a

model with as many layers as observed data points represents a sat-

isfactory compromise between model resolution and solution variance.
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A COMPARISON OF SEISMIC PROPERTIES OF
YOUNG AND MATURE OCEANIC CRUST

INTRODUCTION

This dissertation is divided into four parts. The first three

chapters were written as stand-alone manuscripts for submission

separately to professional journals. However, in keeping with the

proforma requirements of the University, the sections were retyped

into a common format, in this case in the format of the Journal of

Geophysical Research, and have an integrated bibliography.

In this study we chose to invert the travel time data into

velocity-depth functions using the tau-zeta method, a state of the

art inversion technique. The mathematics and error statistics of

the tau-zeta inversion have been well studied, but the model

parameterization has been relatively poorly defined. The solution

is highly dependent on the choice of the model parameters. Chapter

I investigates different model parameterizations and the corre-

sponding solutions with respect to a synthetic travel time data set.

Chapter II and Chapter III use the tau-zeta inversion and synthetic

seismogram modeling to obtain seismic velocities of the oceanic

crust and upper mantle. Chapter II concentrates on young crust

(0.75 m.y.) at the intersection of the East Pacific Rise and the

Orozco transform fault (Project ROSE), and Chapter III examines old

crust (110 m.y.) of the northwest Pacific basin (DARPA Experiment).

The seismic velocities of young and mature oceanic crust obtained in

Chapters II and III are compared in Chapter IV.



2

This work is an attempt to bring an additional piece to the

puzzle of the seismic and petrologic structure and age variations of

the oceanic crust. It has given a few answers but raised some

questions too, and the puzzle remains far from being complete.
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CHAPTER I

LINEAR INVERSION OF BODY WAVE DATA:
MODEL PARAMETERIZATION OF THE TAU-ZETA INVERSION

The tau-zeta travel time inversion method of Dorman and

Jacobson (1981) for seismic refraction data has been successfully

used to obtain velocity-depth profiles for sediments (Jacobson et

al., 1981; Jacobson et al., 198I) and the oceanic crust (Stephen and

Harding, 1983; Stephen et al., 1983). For this inversion technique,

travel time-range data T(X) are reparameterized into the form

T(p) T pX and (p) = T + pX, where p is the slowness, or inverse

velocity. The linear relationship of T and to a velocity gradient

model results when one assumes a stack of laterally homogeneous

layers, each containing a constant velocity gradient (Dorman and

Jacobson, 1981). Linear inverse theory (Wiggins, 1972) can be used

to obtain the velocity gradient solution and the covariance of the

gradient model. The velocity-depth function can then be obtained

from an integration of the velocity gradient solution. Linear

Inverse theory also permits one to trade off model resolution with

error estimates of the velocity gradient model. Once this inversion

scheme Is selected, we can adjust the parameterization of the

velocity gradient model to maximize the quality of the solution.

The quality of the solution is therefore a function of the manner of

choosing the layer bounds f or the gradient model. Dorman and

Jacobson (1981) found that the model with the smallest variance had

the velocities of the layer bounds take on the corresponding values

of the observed apparent velocities (inverse slownesses) of the
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refracted waves (Figure 1). We will call such a model a

"constrained" model. Dorman and Jacobson (1981) also tried a fine

layered solution, where the velocity gradient model has many more

layers than the number of observed travel time data. They were

unsuccessful in their attempt to obtain a solution, attributing

their lack of success to a poor treatment of the model parameter

covariance matrix.

Other model parameterizations are possible but have not been

fully investigated. Values of velocities f or the layer bounds can

be arbitrarily selected. For example, values equally spaced in

velocity between the minimum and maximum observed velocities (Figure

1). The parameterization of such a model, which we will call

"arbitrary", would be more independent of the data than the

constrained model. For either model, the number of layers chosen is

dependent upon one's desire for more resolution of the model or f or

smaller solution variance.

We present here the results of an investigation into all

possible combinations of models and their parameterizations using a

synthetic travel time data set. Our intent was to find the best

parameterized model. With any inverse problem, determination of a

best model is impossible without some a priori or subjective

criteria. Since we have used a velocity model to construct our

synthetic data, we can use the criterion of the least deviation of

the velocity gradient solution from the starting model to determine

the best model parameterization. Furthermore, we can alter the

number of layers in the model to satisfy the degree of resolution we



Figure 1. Model layer bound parameterizations for the tau-zeta

travel time inversion. (a) Constrained models in which

the layers consist of constant velocity gradients and are

defined by the velocities V0, V1, V2, ..., VN equal to

the inverses of the observed slownesses p0, p1, p2, ...,

N (b) Arbitrary models in which the layers consist of

constant velocity gradients and are defined by the

velocities V0, V, V, .., VN arbitrarily selected

and independent from the inverses of the observed

slownesses (but with V0 1/p0 and V = The

linear inversion procedure solves for the depths to these

velocities from the travel time and range data.
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seek. We will demonstrate a quantitative description of this

trade-off between resolution and variance.

STARTING MODEL AND DATA REPARAMETERIZATION

The model for which the tau-zeta method will be tested is

chosen to be one with a constant inverse velocity gradient (value of

1.25 s), shown in Figure 2. This starting, or true, model was used

to generate ten noise-free T-X data points equally spaced in

distance (Figure 2). The data set is thus similar to what is

usually obtained in a conventional marine seismic refraction profile

with a constant ship speed and equal time intervals between shots.

We have also generated three other data sets containing data points

equally spaced in time, slowness, and velocity, but the solutions

obtained were not significantly different from solutions derived

from travel time data equally spaced in distance. For this reason,

only the case where the data are equally spaced in distance will be

presented here.

An estimate of the slowness appropriate to each datum point is

necessary so that the reparameterization of the data from X(T) to

T(p) and (p) can be accomplished. Dorman and Jacobson (1981) used

low-order polynomials of X(T), whose derivative at the datum yields

the apparent velocity (inverse slowness) for that point. In this

study, we fitted different types of polynomials to the data, trying

to minimize the RMS error between the polynomial and the data, and

we investigated the effects of these polynomials upon the velocity

gradient solution and its variance. Time or distance (as
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Figure 2. (a) Starting, or true, model (constant inverse velocity

gradient of 1.25 s). (b) Corresponding travel time and

range data generated by a forward method, together with

the polynomial fit to the data.
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independent variable) and the order of the polynomial were the

parameters we varied in the polynomial regression. The order of the

polynomial was increased until the RMS error between the data and

the polynomial did not decrease significantly. We also examined

whether forcing the polynomial through the origin (justified by

having both the source and receiver located at the same depth)

significantly improved the quality of the solution. The best

solution (in terms of the least deviation of the velocity gradient

solution from the true model) was obtained with a polynomial of the

fourth order in time forced through the origin (Figure 2). Better

velocity solutions could be obtained if the initial velocity at the

origin could be constrained by being treated as an additional datum,

but in this case, a priori knowledge of the initial velocity is

required.

Once the values of slowness are determined for each travel time

datum, the data can be reparazneterized into t(p) and (p). The data

covariance matrix was derived from the covariance of the polynomial

regression coefficients, according to Jacobson et al. (19814). The

RMS errors in t and ç were respectively 0.91 x s and

0.26 x io2 s. These errors are due entirely to the misfit of the

polynomial regression, since the travel time data were calculated

without noise.

CONSTRAINED MODELS

The constrained models have some of their layers chosen with

velocity bounds equal to the inverse observed horizontal slownesses
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of the data (Figure 1). The layer bounds are placed where the

observed rays turn horizontally, and the model parameters are

therefore dependent upon the data. We then varied the number of

layers and investigated the following constrained models, each

having ten travel time data points:

- Over-determined model: 5 layers, with the layer bound

slownesses equal to every other observed slowness.

- Even-determined model: 10 layers, with the layer bound

slownesses equal to the observed slownesses.

- Under-determined models, with 20, 30, O, 50, 100 layers.

The layer bound slownesses were the ten observed slownesses and the

slownessea obtained by dividing by two, three, four, five and ten

between the observed slownesses.

The inverse velocity gradient solutions, dz/dV(p), with their

96% confidence limits for the 5-, 10-, 20- and 50-layered models are

shown in Figure 3a. The over-determined and even-determined

solutions differ little from the true or starting model. As the

number of layers increase, the under-determined solutions depart

more and more from the true model. Accordingly, the model error

bounds grow with the increasing number of layers. The first or

uppermost layer (largest slowness) is characterized by a large

departure from the true model and has large error bounds (Figure

3a). This situation is possibly caused by imperfections near the

origin in the polynomial fitting technique and creates a problem

that we have not solved yet but needs to be addressed.

The model resolutions for each layer of the constrained

solutions with 5, 10, 20 and 50 layers are plotted in Figure 3b.
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Figure 3. (a) Constrained inverse velocity gradient solutions with

their 96% confidence limits, for 5-, 10-, 20- and 50-

layered constrained models. (b) Corresponding

constrained model resolutions.
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The resolution of each layer is derived from the resolution matrix,

VV of the generalized linear inverse (Wiggins, 1972). The layers

for the 5-, 10- and 20-layered solutions are completely indepen-

dently determined, as seen by the sharp narrow peaks in the model

resolution matrix. Models with more than 20 layers have layers that

are not independently resolved (Figure 3b). A surprising result is

that the 20-layered solution has velocity gradients that are

independently determined. This observation can be explained by the

manner in which the data are reparameterized in the tau-zeta

inversion. Most travel time inversion methods (e.g. Bessonova et

al., 197'I) transform the observed X and T data into t and p data,

retaining only one observable quantity (t) as a dependent variable.

The slowness (p) appropriate for each r is estimated from the X(T)

data and becomes the independent variable. In the tau-zeta

inversion, the observed X and T data are transformed into r, ç, and

p data where t and are orthogonal, dependent variables of

slowness. The values of the slownesses (p) are derived from the

original observed X(T) data by a process of smoothing the travel

time data, and are treated as the independent parameter. Thus, f or

each X(T) observation, two data, t(p) and (p), are obtained.

However, these data are partially controlled by the type of

smoothing employed and are therefore not completely determined by

the X(T) observations. In principle, only one half of these

(t(p), (p)) data are needed to obtain a velocity-depth function

that can reproduce the X(T) data. Selecting the best 50% of the

data (in terms of finding a solution with smallest possible

variance) is difficult. The tau-zeta inversion technique therefore
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utilizes all (i, r) data and can tolerate a solution which has an

artificially fine resolution. The zeta datum provides most of the

constraint upon the layer which contains the horizontally turning

ray, whereas the tau datum provides nearly equal constraint on the

other layers (Dorman and Jacobson, 1981).

A repetitive pattern exists in the constrained velocity

gradient under-determined solutions (e.g. the 50-layered solution).

There are ten rays corresponding to the ten observed data points and

the ten layers in which these rays turn have maximum resolution.

Maximum resolution is characterized by sharp peaks in the resolution

matrix and very small variance of the solution in these layers. The

resolution maxima are a consequence of choosing the layer bound

slownesses equal to the observed slownesses of the rays. The

information about the inverse velocity gradient at a particular

slowness (or depth) is carried mostly by the ray that bottoms at

that depth, as that ray spends a great amount of time in that layer

(Dorman and Jacobson, 1981). A layer whose lower bound slowness is

an observed slowness contains the maximum information about the

bottoming ray travelling with that observed slowness. In between

these ten layer bounds are layers where no ray bottoms, and the

information about the inverse velocity gradient is then an "average"

of the nearby well constrained layers. The layers where no ray

bottoms are characterized by wider and flatter peaks in the model

resolution matrix and larger variances in the solution (Figure 3).
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ARBITRARY MODELS

Arbitrary models have slownesses of the layer bounds which are

chosen to be equally spaced between the maximum (inverse of initial

velocity) and minimum observed slownesses (Figure 1). In these

cases, the model parameterization is independent of the data

distribution. As the number of layers increase, the highly

under-determined arbitrary solution should asymptotically

approximate the highly under-determined constrained solution.

The dz/dV(p) solutions with arbitrary layer bounds and

associated error bounds are shown in Figure a. An over-determined

solution consisting of 5 layers is a reasonable approximation to the

true solution. As the number of layers increase, the solutions

depart more from the true solution, while the corresponding error

bounds grow. The 10-layered and 20-layered solutions sometimes

contain two or more consecutive layers with large variances and

large departures from the true model, caused by the independent

distribution of layer bounds with respect to the observed data

distribution. These solutions are in contrast to the constrained

solutions where consecutive layers alternate with large and small

variances, resulting in a more even distribution of information to

the solution.

The resolution (VVt) of each layer for the arbitrary models are

displayed in Figure b. The results indicate maximum resolution for

some layers for the over-determined and even-determined solutions

and very poor resolutions for most layers of the under-determined

solutions (e.g. Figure 14b, 20-layered solution, between slownesses



17

Figure 1L (a) Arbitrary inverse velocity gradient solutions with

their 96% confidence limits, for 5-, 10-, 20- and 50-

layered arbitrary models. (b) Corresponding arbitrary

model resolutions.
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of 0.22 to 0.28 s/km). When the layer bound slownesses are chosen

independently of the observed slownesses, parts of the model are

very poorly resolved because no observed rays turn horizontally near

the bottom of these layers.

QUANTITATIVE MEASUREMENT FOR BEST MODELS

In an effort to quantify the goodness of fit and the

differences between the two methods of model paraxneterization, we

have quantitatively examined the departure from the true model curve

and the model resolution versus solution variance trade-off curve.

The trade-off curve is an empirical determination of the compromise

of model resolution and solution errors, analogous to the Backus and

Gilbert (1970) trade-off curves. We can select the best way of

parameterizing the model layer bounds (constrained versus arbitrary)

using the criterion of the least deviation of the solution from the

starting velocity model. Once the paraineterization of the layer

bounds is chosen, the trade-off curve allows us to investigate the

effects of varying the number of layers for the model upon model

resolution and solution variance.

We will define the criterion, called "departure from true

model," to determine the best type of model layer bounds

parameterization, as:

N rdZ dz
I

I1
[ 1solution 1truej
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where N is the number of layers. The definition of model resolution

we will use is:

NN
x I

)2
R2 (Pj_Pi)]

j ij
Li-i

where P1 is the average slowness in layer i; p, is the slowness at

the lower boundary of layer j, and Ru is the component of the

resolution matrix, VV', of the solution, derived from the

generalized linear inverse. We have also defined the variance of

the inverse velocity gradient solution as:

N rN
I (PciPj)2C0v(mj (Pj_Pj_i)]

Li=i

where Cov(m)i is the covariance matrix of the model parameters, as

determined by the linear inversion process. This value of the model

variance is related to the variance of the velocity-depth solution.

A comparison between constrained and arbitrary models can be

made from an examination of the departure from the true model and

the model resolution (Figure 5). In all the cases we have examined,

the constrained models give a better approximation of the true

velocity structure than models with arbitrary parameterization.

This result is valid whether the number of layers or model

resolution is held constant or not, strongly indicating that the
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Figure 5. Departure from the true model as a function of model

resolution for 5-, 10-, 20-, 30-, 4O-, 50- and 100-

layered, constrained and arbitrary models. This figure

demonstrates that solutions obtained from constrained

models are closer to the true model than solutions from

arbitrary models.
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arbitrary selection of layer bounds is a poor choice of model

parameterization.

Given that constrained modeling yields a better solution, we

have quantitatively investigated the trade-off between model

resolution and solution variance (Figure 6). The figure shows the

intuitively expected trade-off between resolution and variance for

the even- and over-determined models, whereas under-determined

models show little change of solution variance as the number of

layers increase. A highly resolved solution,therefore, can be

obtained with finite error bounds, contrary to what is generally

thought regarding linear Inverse solutions. The even-determined

(10-layered case in this study) solution, preferred by Jacobson et

al. (1981), represents a reasonable compromise between solution

variance and model resolution.

CONCLUSIONS

We have investigated various combinations of models and their

paraxneterization, as used in the tau-zeta travel time inversion

technique of Dorman and Jacobson (1981) for seismic refraction data,

by inverting a synthetic travel time data set.

The best velocity gradient solutions, based on the least

deviation of the solution from the starting model, were obtained

from "constrained" models in which the velocities of the layer

bounds take on the values of the observed inverse slownesses of the

refracted waves. This result implies that, in the tau-zeta
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Figure 6. Solution variance and model resolution trade-off curve

f or constrained models. Note the existence of a plateau

of variance as a function of resolution for highly

underdetermined constrained models.
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inversion, any arbitrary selection of layer bound velocities is a

poor choice of model parameterization.

A trade-off curve between model resolution and solution

variance was constructed by varying the number of layers of the

constrained models. The trade-off curve indicates that an

even-determined model (i.e., as many model layers as observed data

points) represents a satisfactory compromise between model

resolution and solution variance. The under-determined models

(i.e., many more model layers than observed data points) show little

change of solution variance as the number of layers increases.

A highly under-determined constrained model, therefore, yields the

best paraxneterization if one favors model resolution over solution

variance.

We recognize that typical velocity structures of the crust and

mantle do not always have velocity-depth functions as simple as the

constant velocity gradient model we used in this study. We feel

confident, however, that the results presented here are applicable

to travel time inversion from seismic refraction profiles conducted

over more complicated velocity structures.
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CHAPTER II

CRUSTAL STRUCTURE NEAR THE OROZCO TRANSFORM FAULT FROM AN
OCEAN BOTTOM SEISMOMETER SURVEY PROJECT ROSE

In early 1979, the Rivera Ocean Seismic Experiment (ROSE) was

conducted to investigate the structure of the East Pacific Rise

(EPR) and Its Intersection with the Orozco fracture zone. Ewing and

Meyer (1982) gave a review of the objectives, development and

preliminary conclusions of the ROSE experiment.

Recently published ROSE refraction data results (Ewing and

Purdy, 1982; Gettrust et al., 1982; Kempner and Gettrust, 1982b;

Lewis and Garmany, 1982; Purdy, 1982b) were mostly from the southern

part (phase I) of the ROSE project along the EPR at 12°N. The only

refraction data results on the crustal structure of the northern

part (phase II) of the ROSE project at the intersection of the EPR

with the Orozco fracture zone were reported by Tréhu (1982) and

Ouchi et al. (1982).

Very little is known about fracture zone crustal structures.

Most of the information comes from studies In the Atlantic Ocean

(Fox et al., 1976; Detrick and Purdy, 1980; Ludwig and Rabinowitz,

1980; Detrick et al,, 1982; Sinha and Louden, 1983). A few crustal

structural results regarding the Orozco fracture zone of the Pacific

Ocean have been reported by Trhu (1982), OuchI etal. (1982) and

Tréhu and Solomon (1983).

In this chapter, we report results on the crustal structure

near the EPR axis and in the Orozco fracture zone obtained from

analyzing data collected during the explosive part of phase II of
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the ROSE Project, using the Oregon State University ocean bottom

seismometer (OBS) stations. Specific goals in this analysis are to

determine the velocity structure of very young crust near the axial

zone of the EPR from compressional and shear waves, compute

Poisson's ratios, and compare P velocities, S velocities or

Poisson's ratios with known ophiolite complexes to infer the

composition of the crust. Another objective was to obtain

information about the crust in the fracture zone itself.

THE DATA

Among all the data available from the ROSE seismic data

exchange facility (Latraille et al., 1982) we restricted our

analysis in this study to four refraction profiles containing shear

wave information which were run parallel to the EPR and partially in

the Orozco fracture zone (Figure 7). By choosing profiles parallel

to the isochron the effects of anisotropy are reduced and the

lateral variations along the profiles are minimized (Raitt et al.,

1971). Two of the seismic refraction lines (608N and 611N) cross

part of the Orozco fracture zone to the north. The crustal age

(estimated from magnetic anomalies) sampled by our refraction

profiles is approximately 0.75 m.y. The area has little sediment

cover.

The receivers used were two standard Oregon State University

analog-recording OBS (instrument numbers 608 and 611). The shooting

line was offset about 5 km to the east of the OBS and extended to

the north and south of the OBS. The refraction lines are
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Figure 7. General location of phase II (explosive) of Project ROSE,

together with the locations of shot lines and receivers

used in this study. The arrows indicate the end points

of the refraction profiles. Bathymetry after Mammerickx

(1980). EPR--East Pacific Rise.
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consequently designated 608N, 608S, 611N and 611S. Shot sizes were

2.7 kg (tetratol) with a typical shot spacing of about 1 km.

The OSU OBS is deployed as a free-fall package with timed

releases and can record continuously for 17 days (Johnson et al.,

1977). Signals from a 3 Hz vertical, a single 3 Hz horizontal

geophone, a hydrophone, and a crystal controlled clock are directly

recorded on Il-channel magnetic tape. On playback, the data from the

analog tape are amplified, filtered and digitized with a 12 bit A/D

converter at a rate of 100 samples/s. The multiplexed 14-channel

data are then demultiplexed, resampled, corrected f or clock drift,

and merged with the navigation and shot information. The data are

finally reformatted on 9-track magnetic tape to match the 'ROSE'

format for marine seismic data (Latrail].e et al., 1982).

Shot-receiver ranges were calculated from picks of the water

wave travel times. Generally, the arrival of the direct water wave

and two waves multiply reflected from the bottom and surface could

be seen on the records. These travel times were then converted to

horizontal distances by tracing acoustic rays through a vertically

inhomogeneous ocean using known water column velocity and receiver

depth. At long ranges it was only possible to use the travel times

from the reflected water waves. The distances calculated by ray

tracing were checked for consistency against the ranges obtained

from the navigation positions of the shots and receivers. Errors in

the ranges determined by ray tracing are less than 300 meters.

Record sections were then constructed for each receiver using

the vertical and hydrophone data. No horizontal geophone data were

available because of an instrument malfunction. The vertical
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geophone records contained reverberations which were probably due to

converted shear waves trapped in the thin sediment layer (Lewis and

MeLain, 1977), but may also Involve OBS bottom coupling resonances

(Lewis and TuthIll, 1981; Suttonetal., 1981a). The hydrophone

records generally show better signal to noise ratio than the

vertical geophone and less reverberation. Hence, In our analysis we

have relied largely on the hydrophone data, using the vertical

geophone records only to help identify the shear wave arrivals.

Because the experiment involved seafloor receivers, surface

shots, and rough topography under some of the lines, we decided to

use the 'water path' correction method of Purdy (1982a) to remove

the effect of topography. The 'water path' correction removes the

water column portion of the ray path and projects the data to the

seafloor while requiring no assumptions about the seafloor and

underlying structure under investigation. We represented the

bathymetry beneath the shooting line with a series of straight

segments instead of higher order polynomials as did Purdy (1982a).

Note that the appropriate depth for the correction is the depth at

the ray entry point in the seafloor which may be several hundred

meters away from the point below the shot. Because of the large

topographic variations in our study area (up to six hundred meters

vertical change over a distance of 1 km) the depth at the ray entry

point may be significantly different (up to a few hundred meters)

from the depth below the shot and this results in travel time

changes of the order of 0.1 to 0.2 s. The only errors involved in

the 'water path' correction are due to errors in the extrapolation

of the bathymetry and in the determination of the slowness of the
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ray. The effectiveness with which this approach reduces the scatter

in T-X relations may be seen in Figure 8.

The record sections 608N, 608S, 611N and 611S are shown in

Figures 9, 10, 11 and 12. The topography beneath the shots is shown

below the record sections and the travel time through the water

column has been removed from the seismograms as indicated above.

The seismograms of each record section are scaled so that the peak

value in each seismogram is plotted at a constant deflection. The

refracted phases (P) display clear, impulsive first arrivals out to

ranges of about 50 km, but for ranges less than 5 km there are few

data, and the shallow crustal structure will therefore be poorly

resolved. A large amplitude second arrival is apparent on all

record sections between i and 6 s reduced travel time and is

identified as a water column multiple of the crustal head wave (PP).

At shorter ranges than about 15 km the PP arivals are not seen

because of interference from the direct water wave. Significant

converted shear wave energy (5) is apparent between 17 to 314 km

ranges on lines 608N, 608S and 611N. These shear waves cannot be

followed beyond 314 km range due to interference from later arriving

P phases such as PP. The absence of refracted upper crustal shear

waves is very common, and other authors (Spudich, 1979; Detrick and

Purdy, 1980; White and Stephen, 1980) have noticed that such

arrivals are generally small in amplitude and difficult to identify.

They have attributed this observation to two causes: first and most

important, the coda from earlier seismic arrivals interferes with

the shear arrival. Second, lateral variations in the seismic

velocity structure and the topography cause large amplitude
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Figure 8. Uncorrected and corrected travel time data for Line 608N.

The smoothing effect of the 'water path' correction

(Purdy, 1982a) is illustrated.
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Figure 9. Line 608N record section and bathymetry. Above each

seismogram is listed the shot number and the charge

weight in pounds. The seismograms have been corrected to

the seafloor, using the 'water path' correction (Purdy,

1982a). The data are unfiltered and the amplitude of

each trace has been autoscaled as described in the text.

Reduction velocity is 7.0 km/s. P--Primary or

compressional wave; S--Secondary or shear wave; PP--First

water column multiple of the P-wave.
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Figure 10. Line 608S (see Figure 9 for explanation).
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Figure 11. Line 611N (see Figure 9 for explanation).
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Figure 12. Line 611S (see Figure 9 for explanation). No shear wave

arrivals are seen in this record section.
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variations which destroy the S-wave coherency. No clear second

arrivals other than PP and S could be identified and distinguished

from noise in the seismograms. This lack of clear triplication

branches tends to favor continuous velocity-depth models over more

conventional homogeneous layer models to represent the crust in this

area.

TRAVEL TIME INTERPRETATION

We initially analyze first arrival travel times. The travel

times were picked from large scale, unfiltered, topography corrected

record section plots with an accuracy of 0.025 s, and constitute our

input data (time versus distance: T(X)). The physical model used

throughout this study consists of a stack of laterally homogenous

layers each having positive vertical velocity gradients. The

physics of seismic propagation require for such models that curves

connect points of first arrival travel times and shot-receiver

ranges, and the apparent velocity must increase as range increases.

We reparameterize the data from T(X) to X(p) and T(p) by fitting the

travel time-distance curves with polynomials. The slope of the

polynomial at each data point gives the apparent slowness associated

with the data point, p dT/dX. This numerical technique is

computationally easy and fast, but its principal limitation is the

unnecessary smoothing of the data and of the final model. An

alternative approach is to fit a cubic spline to the data, but

because of the scatter in the data, it was difficult to meet the

model constraint of increasing velocity with range. Smooth



45

polynomials were fit to the corrected data points minimizing the RMS

deviation of the data from the curve, but also constraining the

slowness to decrease (increasing velocity) with increasing range.

Four complete sets of T-X data points corrected for water depth

changes, together with their polynomial fits are shown in Figure 13.

Examination of these travel time-distance curves reveals apparent

differences in curvature and scatter of the data. Profiles 608N and

611N have respective RMS residuals of 0.015 and 0.036 km for the

P-wave information and both are fit by a high curvature polynomial

suggesting a velocity gradient. On the contrary, profiles 608S and

611s display an almost constant P-wave apparent velocity at all

ranges; their RMS residuals are 0.063 and 0.005 km respectively.

Some of the differences in the RMS errors among the lines probably

reflect variations in topographic roughness on the scale of several

hundred meters. The S-wave travel time-range curves also show

differences among the lines with polynomials of increasing curvature

from Line 611N to Lines 608N and 608S, and respective RMS residuals

of 0.026, 0.O6L and 0.067 km. Line 611S to the south was the

shortest line (approximately 12 km) and showed no evidence of S-wave

energy.

Prominent S-wave arrivals are apparent on three record sections

in the presence of little sediment cover in the study area (of the

order of a few meters). The travel times of these shear arrivals

are appropriate f or S waves converted from P at either the

seafloor-basement interface (in the absence of sediment) or the

sediment-basement interface. From consideration of previous studies

on shear waves (Heimberger and Morris, 1970; Spudich, 1979; White
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Figure 13. Travel time-range data (discrete point symbols) for each

individual line. (a) Line 608N; (b) Line 608S; (c) Line

611N; Cd) Line 611S. All data have been water path

corrected. Low order polynomials (solid lines) have

been fit to these data constrained to decrease slowness

with range and with RMS deviations as reported in the

text.
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and Stephen, 1980) efficient P to S conversion at either the

water-basement or sediment-basement interface suggests sharp

velocity interfaces with uppermost crustal shear velocities much

higher than the water or sediment compressional velocities.

The travel time curves shown in Figure 13 are not well

constrained and there are pronounced differences among the profiles.

The main cause for this diversity in the travel time curves is

inherent in the setting of the experiment: Lines 608N and 611N cross

part of the Orozco fracture zone to the north. The bathymetric

trough and rough topography associated with the Orozco fracture zone

and affecting the end. of Lines 608N and 611N can be seen in Figures

9 and 11. Without an instrument in the fracture zone, some arrivals

come from rays which travel partly in the Orozco transform fault and

partly outside it. Probable changes in structure along Lines 608N

and 611N create travel time differences with the other lines.

With this data set we thought it more enlightening to proceed

as shown in Figure 14. We compiled all the data and obtained two

data sets: The 'normal' crust data set contains the arrivals of rays

which do not travel In the Orozco transform fault, and the 'fracture

zone' crust data set contains the arrivals of rays which travel

partly in the Orozco tran8form fault. The exact extent and

boundaries of the Orozco fracture zone are not well known, and it

was difficult to decide where to separate the data sets. The

southern extent of the Orozco fracture zone was conservatively

placed 10 km north of OBS 608 (Klitgord and Mammerickx, 1982; also

in agreement with our delay time study) but could be a few
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Figure 111. Travel time-range data for combined data sets. (a)

'normal' crust; (b) 'fracture zone' crust. All data

have been water path corrected. As described in the

text, crossover points have been located by a nonlinear

least squares technique. Contiguous low order

polynomials have been f it to these data constrained to

decrease slowness with range. (c) Compilation of travel

time-range data polynomial fits for combined data sets.

The anomalous travel time delay of the Orozco fracture

zone arrivals is illustrated.
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kilometers off. We investigate the significance of any systematic

differences between the two travel time data sets.

The travel time versus distance plots of the two new sets of

data are shown in Figure 14a and 1b and constitute our combined

input data (T(X)). We fit polynomials to the combined T(X) input

data to obtain horizontal slownesses for the tau-zeta inversion. At

this point in the analysis, we ran into a numerical technique

problem: we wanted to use a low order polynomial to force the

slowness to decrease monotonically with distance but only high order

polynomials could fit the data with an acceptable RMS error, because

of a sharp change in slope in the T(X) data at about 15 to 20 km

range (see Figure 114c). We decided to fit two polynomials to the

combined T(X) data, and to use a nonlinear least squares technique

to further refine the estimation of the sharp change in slope of the

T(X) data (we will call this point of maximum change in slope the

crossover point). In the nonlinear least squares process (Mitchell

and Hashim, 1977), contiguous straight lines are fit to the data in

a least squares manner and the location of the crossover point (i.e.

the intersection of the straight lines) is refined by iterating.

The results Indicate crossover points of 1'I.5 km (105 data points

used, RMS = 0.12 s) for the P-wave and 21.2 km (25 data points used,

RMS 0.08 s) for the S-wave of the 'normal' crust T(X) data set,

and 15.11 km (37 data points used, RMS = 0.06 s) and 17.7 km (18 data

points used, RMS = 0.011 s) for the 'fracture zone' compresslonal and

shear waves. These crossover points divide each combined T(X) data

set into two groups of points, which are fit separately by

polynomials of low order that constrain the slowness to decrease
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with increasing distance. Figures lIla, b display the travel time

data, the polynomial fits to the data and the crossover points of

the combined data sets. A comparison of the polynomial fits to the

two data sets (Figure lIlc) shows a systematic time delay of the

'fracture zone' crust polynomials, which suggests that the Orozco

fracture zone significantly affects the individual seismic

refraction profiles crossing it. The time delay between the

'fracture zone' arrivals and the 'normal' crust arrivals is

approximately 0.2 s. As we do not have an OBS in the Orozco

fracture zone, the 'fracture zone' crust arrivals travel partly in

the 'normal' crust. This prevents us from drawing any constrained

conclusions about the exact nature of the Orozco fracture zone

velocity structure from T-X analysis. We therefore emphasize only

the 'normal' crust data set.

The range-apparent slowness (X(p)) and travel time-apparent

slowness (T(p)), derived from the polynomial fits to the travel time

data, were inverted to velocity-depth functions (V(z)) by the

tau-zeta method of Dorman and Jacobson (1981). Given the parameters

r(p) = T(p) pX(p) and ç(p) = T(p) + pX(p) the method solves for

depth to specified slownesses, assuming linear gradients (in

velocity) between slowness values. Advantages f or using this

technique are linear propagation of errors in the data to errors in

the solution, as well as the ability to trade off resolution in

order to reduce error estimates in the model. These result from the

linearity between travel time data and velocity gradient model. The

specified bounding slownesses of the inversion are the horizontal
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slownesses of the data points, and the model includes as many layers

as data points.

The tau-zeta inversion requires an estimate of the seafloor

velocity. Because surface sources were used, uppermost crust

arrivals were not observed. Therefore, the initial velocities at

the seafloor were determined as described by Ewing and Purdy (1982).

Their method requires the assumptions of a laterally homogeneous

crust and a vertically linear velocity gradient from the seafloor to

the depth of penetration of the first refracted arrival. The input

data are the range and travel time of the arrival closest to the

receiver, and the slope (apparent slowness) of the travel time curve

at this range. The output data are the initial velocity at the

seafloor and the uppermost crustal linear velocity gradient. The

obtained initial velocities at the seafloor of the ROSE 'normal'

crust are 4.65 km/s for the P-wave and 2.55 km/s for the S-wave.

The compressional and shear velocity-depth curves corresponding

to the travel time-range polynomial fits of the 'normal' crust

(Figure 111a) have been calculated with a tau-zeta inversion and are

shown together with their 96% confidence limits in Figure 15. Most

of the crust is characterized by a steady increase in P and S

velocity with depth. The 'normal' crust P and S velocity-depth

functions do not exhibit sharp changes in velocity gradient like in

'typical' oceanic crust where the upper crust is characterized by

high velocity gradients and the lower crust by low velocity

gradients. The sharp changes in slope observed at the crossover

points in the combined T(X) data sets result in large changes in

slowness for two nearby (in distance) data points. These slownesses
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Figure 15. 'Normal' crust compressional and shear wave

velocity-depth functions and their 96% confidence

limits, determined from the tau-zeta inversion of the

travel time curves shown in Figure 14a.
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bound the thick layer observed at intermediate depths in the

velocity-depth profiles (Figure 15). We would have needed a

sampling interval of less than 1 km and more accurate timing to

record rays bottoming at these depths. The lower crustal

compressional velocities average around 7.14 km/s. Such a high

velocity for the bottom of the crust of the northern ROSE area has

also been reported by Trhu (1982). No 'typical' mantle velocities,

like the - 8.1 km/s mantle velocity found by Tréhu (1982) for our

study area, are observed on the 'normal' crust velocity-depth

function (Figure 15). The ROSE 'normal' crust compressional

velocity-depth models are very similar to the results of Trehu

(1982, Figures 5.22b and 5.23b) obtained from refraction profiles in

the northern ROSE area. When comparing the velocities obtained in

this study to velocities reported for the southern ROSE area, there

is a good agreement with Gettrust et al. (1982, Figure 114) and poor

correlations with the results of Lewis and Garmany (1982). The

uppermost crustal velocities we report are generally higher than the

velocities obtained for the uppermost crust of the southern ROSE

area (Ewing and Purdy, 1982; Purdy, 1982b).

The tau-zeta inversion assumes homogeneous layers and does not

account for inhomogeneities like the rough topography in our study

area and the variability in the upper crust which resulted in the

scattering of the data points when we grouped the data sets. These

errors, called 'modeling errors' by Dorman (1983), are certainly

reflected in the large error bars resulting in a poor velocity-depth

resolution. Even though the broad transition zones of the

velocity-depth functions are poorly constrained, we will show below
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with the help of synthetic seismograms that the obtained solutions

also satisfy amplitude observations.

DELAY TIME METHOD

To quantify the anomalous nature of the Orozco fracture zone

and to place some constraints on its upper crustal structure, we

applied a delay time function technique (Morris, 1972; Detrick and

Purdy, 1980) to the ROSE data. In this method the earth is modeled

as thick homogeneous layers, the boundaries of which are allowed to

undergo gentle undulations as described by low order polynomial or

Fourier functions of position. The general analytical procedure

used was that described by Morris (1972).

We fit the data to a model consisting of two homogeneous layers

(crustal Layer 2 and Layer 3) and we assigned the refracted arrival

of each shot to its specific refracting horizon. It is important to

understand that this model was not designed to supplant or even

compare to our first model consisting of positive non-zero velocity

gradients. The delay time technique was applied to quantify the

systematic differences between the 'fracture zone' and the 'normal'

crusts, by comparing travel time delays with regard to positions.

It has to be regarded as a simple approximation of our original

physical model, which might give us some additional information

about the Orozco fracture zone structure. The input data were the

travel times of Layer 3 arrivals from the two receivers combined

into a single data set. All data points from distances greater than

the crossover points were included. The output data we sought were
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Layer 3 velocity and coefficients of the function representing the

Layer 3 delay time surface. We chose to represent the delay time

surface as a linear combination of a first order polynomial and

Fourier series terms. Delay time surfaces of progressively higher

order were calculated. The standard error about the regression

(equation 8 in Morris, 1972) indicated the overall quality of the

fit and was used to judge whether higher order polynomials

significantly improved the solution.

The optimal Layer 3 delay time surface was found using a first

order polynomial and four Fourier terms and is shown in Figure 16a

along with the residuals (Figure 16b). The solution velocity is

V = 7.45 km/s for crustal Layer 3 with an RMS error of about 0.11 s.

The Layer 3 delay time surface slopes gradually upward to the north

of OBS 608, the delay times increasing from 0.5 s to approximately

0.7 s. Hence shots from the Orozco fracture zone are anomalously

delayed during their passage through orustal Layer 2. This reflects

an increase in Layer 2 thickness toward the fracture zone and/or

anomalously low Layer 2 velocities in the fracture zone. This has

been reported as a feature of the Vema (Ludwig and Rabinowitz, 1980;

Detrick et al., 1982), the Kane (Detrick and Purdy, 1980), the

Oceanographer (Fox et al., 1976; Sinha and Louden, 1983) and the

Orozco fracture zones (Trhu, 1982). These fracture zone structures

have often been distinguished from that of normal crust in two ways:

first, the crust is frequently but not always thin, with a thicker

Layer 2 and a thinner Layer 3. Secondly, Layer 2 velocities are

invariably low (from about 3.5 to 5.3 km/s) consistent with intense

breociation and hydrothermally altered and serpentinized crustal
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Figure 16. (a) Layer 3 delay time surface and (b) residuals,

calculated for 99 Layer 3 arrivals observed at OBS 608

and 611. Receiver locations are indicated by arrows.

The Orozco fracture zone is characterized by large delay

times and small residuals.
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rocks. The delay time technique shows clearly that there is a trend

to large delay times in the Orozco fracture zone. We did not

attempt to translate the delay time anomalies into velocity or

thickness anomalies because without an instrument in the fracture

zone, we have no independent resolution of the relative contribution

of velocity and thickness to the anomaly. Furthermore, the model

assumption of two homogeneous layers is a gross simplification of

the earth structure, and therefore the exact parameter values are

not significant.

AMPLITUDE AND SYNTHETIC SEISMOGRAM

The modeling of the amplitude patterns of the refracted phases

using synthetic seismogram techniques has proven to be a powerful

tool in refining the crustal structure determined by travel times

(Orcutt etal., 1976; Kennett, 1977; Lewis and Snydsman, 1979;

Spudich, 1979; Spudich and Orcutt, 1980).

We plotted record sections with the seismograms amplitudes

scaled for geometrical spreading by factors of (R/R0)175 where R is

the range. We then measured the amplitude of the first refracted

arrival for each shot and generated amplitude-range plots for each

line (Figure 17a). Amplitude changes occurring over a few kilometer

ranges are possibly due to focusing and defocusing effect of the

rough seafloor topography as well as to attenuation within the crust

(Spudich, 1979; Purdy, 1982b). Despite a few differences in the

amplitude distributions of data versus range between the individual

profiles, generic similarities between the data from all the



Figure 17. (a) Amplitude-range plots for individual profiles. The

amplitude formula is 20 log10 (A/A0) where A is the

biggest peak to peak amplitude (in cm) of the first

packet of waves and A0 is the amplitude of the first

shot of each respective refraction line. (b) 'Normal'

crust average amplitude-range plot. The vertical bars

denote the two apparent build-ups of amplitude between

1I.5 and 23.0 km range, and between 32.5 and 36.0 km

range.
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profiles can be found. We group the amplitude data together, keep

only the amplitude data of the 'normal' crust arrivals and generate

an average amplitude versus distance plot f or the 'normal' crust of

the ROSE area (Figure 17b). We observe two regions of distinct

build-ups of amplitudes. The first region has a peak amplitude

around 17 km and is thought to be generated by the upper-lower crust

transition. The highest amplitude of the second region is at 3)4 km

range and is associated with the crust-mantle transition zone.

Synthetic seismograms were calculated using the reflectivity

method developed by Fuchs and MUller (1971) and modified by

Kennett (197)4), Orcutt et al. (1976), and Spudich and Orcutt (1980).

The method calculates the complete response, including all multiple

reflections and interconversions, of a stack of plane homogeneous

and isotropic layers above a half-space. For the water layer only

primary rays are computed, therefore no water column multiples are

generated. Velocity gradients are modeled by a large number of thin

(about 50 meters thick), homogeneous layers. The synthetic record

sections were calculated for a hydrophone on the ocean bottom for

ranges from 0 to 60 km at increments of 2 km. An explosive source

in the water column, described by Helmberger (1967), was used and

the synthetics were generated for phase velocities between 4.0 and

9.5 km/s and f or frequencies of 0.5 to 20 Hz. Crustal densities

were obtained from the assumed Nate-Drake relation and the P and S

wave attenuation quality factors (Q and were 666 and 322

respectively. Each seismogram has been scaled with range according

to (R/R0)175.
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The velocity-depth models used as an input to generate

synthetic seismograms are shown in Figure 18. Model A is the

'normal' crust velocity-depth function obtained from the travel time

analysis. Model A synthetic seismograms (Figure 19a) fit the P and

S travel times and the first amplitude build-up observed around

17 km. The first arrival refracted waves die out after 30 km and

disappear completely beyond 10 km range. Model A obviously does not

generate the second amplitude increase associated with the

crust-mantle transition zone, and moreover it lacks the strong

amplitude first seismic arrivals seen to ranges of 50 km on Line

608S and 611N.

Model B (Figure 18) is the final 'normal' velocity model, built

from a trial and error method using synthetic seismogram techniques,

which satisfy P and S travel times and gross amplitude character-

istics. No attempt was made to model waveform shape. The con-

straints used to construct the crust-mantle transition of Model B

are listed below:

Models with smooth crust to mantle transition zones are

observed near the EPR axis in the ROSE area (Lewis and

Snydsman, 1979).

Strong refracted waves and the absence of strong Moho

reflections suggest a gradual transition zone from crust to

mantle with a small velocity contrast (Heimberger and Morris,

1970; Orcutt etal., 1976; Lewis and Snydsman, 1979; White,

1979).

No clear change in slope in the 'normal' crust travel time data

can be observed at approximately 314 km range corresponding to



Figure 18. Velocity-depth Model A ('normal' crust) and Model B,

used to generate synthetic seismograms. Model B is a

modified version of Model A necessary to model the

amplitude-range pattern observed in Figure 17b.
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Figure 19. Model A and B synthetic seismograms computed with the

reflectivity method (Fuchs and MUller, 1971). Model B

synthetic seismograms satisfy the observed travel times

and amplitudes of the ROSE 'normal' crust.
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the crust-mantle amplitude build-up. No velocities character-

istic of the mantle are found to 50 km ranges. These observa-

tions favor a gradual crust-mantle transition zone with a small

velocity contrast.

Low upper mantle velocities of 7.8 to 8.1 km/s are observed in

the ROSE area (Lewis and Garmany, 1982; Tréhu, 1982; Tréhu and

Solomon, 1983) and are compatible with anisotropy in the upper

mantle with lower velocities in the direction parallel to the

EPR axis (Lewis and Garmany, 1982).

Since no shear arrivals from mantle depths are observed, the

velocities of the shear crust-mantle transition are calculated

from the velocities of the compressional crust-mantle

transition by assuming a Poisson's ratio of 0.25.

Model B synthetic seismograms (Figure 19b) best fit the travel times

and amplitudes seen on the observed data. The two amplitude

build-ups observed in Figure 17b are generated in Figure 19b at

roughly 17 and 36 km ranges, and the seismograms display strong

first arrivals to distances of 50 km. There is no evidence of

triplications (especially no clear strong mantle reflections) in the

synthetic seismograms. Arrivals on each side of the first build-up

of amplitude indicate a large change in velocity (sharp change in

slope of travel time curve), and arrivals on each side of the second

build-up of amplitude can be fit by a smooth curve with no sharp

chance in slope to 50 km ranges. The preferred model also accounts

for the shear energy apparent between lit and 3k km on all record

sections. Model B seismograms display shear arrivals for ranges

greater than 3it km, that we could not detect on our seismic sections
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because of interference with water column multiples. The shear

energy build-up is centered at approximately 20 km and is at a

greater range than the compressional wave velocity increase as

observed in the real data. In Figure 20 we constructed synthetic

travel time curves for models A and B and superimposed them on the

'normal' crust data points. Note the good fit to the data, the

absence of obvious triplications and the absence of a sharp change

In slope at a distance corresponding to the second build-up of

amplitude. Model B implies that beyond the build-up of amplitude

around 36 km range the upper mantle refractions should be first

arrivals in our data. We possibly misidentified them because of

scatter in the data. Model B (Figure 18) Is the best fitting

'normal' velocity model for the northern ROSE area. The

compressional velocity structure is made up of a 2.1 km thick upper

crustal layer with a gradient of about 0.5 and a seafloor

velocity of 4.65 km/s, overlying a thick 'linear gradient' zone with

a 0.7 s velocity gradient. The lower crustal layer from L.3 to

5.6 km depths contains a low velocity gradient of approximately

0.3 with velocities increasing from 7.2 to 7.6 km/z, and is

underlain by a gentle 1 km thick crust-mantle transition zone with

an upper mantle velocity of roughly 7.9 km/s. The shear velocity

structure of model B consists of an initial seafloor velocity of

2.55 km/s and an upper crust with a thickness of 1.5 km and a

0.3 velocity gradient. Then a broad 'linear gradient' zone

(0.5
1) overlies a lower crust with a low velocity gradient of

0.15 and velocities of approximately 4.0O to 1L25 km/s. Finally
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Figure 20. Model A and B travel time-range curves superimposed on

the observed travel time data. This figure demonstrates

the good fit to the data and the absence of triplica-

tion.
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a 1.0 km thick crust-mantle transition zone with a gradient of about

0.6 s leads to shear upper mantle velocities around L6 km/s.

POISSONS'S RATIO AND COMPARISON WITH OPHIOLITE MODELS

The shear velocity information is essential to the

determination of the porosity and the mineralogy of the oceanic

crust (Christensen, 1972; Christensen and SalIsbury, 1975;

Whitmarsh, 1978; Hyndman, 1979; Spudich, 1979). Even though our S

wave velocities are not well constrained in the upper crust, it is

desirable to use all the data available to understand the crustal

composition. We use the 'normal' crustal P and S velocity-depth

functions to compute Poisson's ratios. The 'normal' crust velocity

models are shown in Figure 21a, where the dashed lines Indicate the

velocities and depths that are poorly constrained. Figure 21b

displays the corresponding Poisson's ratios plotted versus depth.

The dashed lines in the figure indIcate where we have little

confidence in Poisson's ratio. Combination of the P and S wave

refraction velocities of the 'normal' crust of the ROSE area

indicates a decreasing Poisson's ratio with Increasing depth (Figure

21b), with values ranging between 0.30 to 0.31 for the upper crust

and decreasing to 0.27 to 0.29 for the lower crust. The variations

detected in the upper crust are probably not significant but just

due to insufficient data at short distances. The ROSE Poisson's

ratios are comparable to previously reported values summarized by

Christensen and Salisbury (1975) and Hyndman (1979). These studies

show average values of 0.28 to 0.31 for the upper crust diminishing
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Figure 21. (a) ROSE 'normal' crust P and S velocities and (b)

Poisson's ratios plotted versus depth. The dashed lines

indicate where we have little confidence in the data.
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to about 0.26 to 0.28 in the lower crust. The low compressional

velocities at the seafloor (about 14.5 km/s) and the relatively high

Poisson's ratios associated with the young upper crust in the ROSE

area (0.30 to 0.31) can be explained by high porosity caused by

fracturing and weathering in the shallowmost crust (Christensen and

Salisbury, 1972, 1973; Hyndman and Drury, 1976; Whitmarsh, 1978;

Hyndman, 1979; Spudich and Orcutt, 1980; Purdy, 1982b; and others).

The Poisson's ratios in the lower crust are not abnormally high as

would be expected for partially serpentinized rocks (Christensen,

1972, 1978) and thus our data do not indicate any alteration of the

lower crust.

Numerous authors have compared the structure of the oceanic

crust obtained from seismic refraction experiments with ophiolite

complexes because they possibly are segments of oceanic crust and

upper mantle which have been tectonically emplaced on land. Pre-

liminary studies of velocities through samples recovered from ophio-

lites (e.g., Birch, 1960; Christensen, 1965,1978; Poster, 1973) have

established correlations between ophiolite rock velocities and re-

fraction velocities within the oceanic crust. Complete compres-

sional and shear wave velocity-depth functions have recently been

constructed from the Bay of Islands ophiolite of Newfoundland

(Salisbury and Christensen, 1978) and from the Samall ophiolite in

Oman (Christensen and Smewing, 1981; Manghnani et al., 1981). These

provide detailed information on the petrological nature of the

seismic layers of these ophiolite sequences. In this section, we

will compare compressional velocities, shear velocities, and

Poisson's ratios of the ROSE 'normal' crust N 0.75 m.y. of age) to
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velocity-depth functions and Poisson's ratios for the northern part

of the Samail ophiolite complex in Oman and for the Bay of Islands

ophiolite complex in Newfoundland. Figure 22 displays the velocity

and Poisson's ratio comparisons and indicates that the young oceanic

crust of the ROSE Project presents more similarities to the Samail

ophiolites than to the Bay of Islands ophiolites. This result is in

good agreement with the recent work of Kempner and Gettrust

(1982a,b). They have compared synthetic seismograms generated from

ophiolite velocity-depth functions to seismic P-wave refraction

profiles of different age oceanic crusts and have shown similarities

of young oceanic crust to the Samail ophiolites and of mature

oceanic crust to the Bay of Islands ophiolites. The shear wave

velocities and Poisson's ratios comparisons of this study confirm

their observation.

The ROSE velocity models show remarkable similarities to the

Samail ophiolite velocities. Quite like the ROSE 'normal' crust

data, the velocity-depth structure of the Samail ophiolite consists

of a high seismic velocity gradient f or the upper 3.0 km of the

crust overlying a less positive gradient in the lower crust. This

model is also consistent with seismic observations of young oceanic

crust (Orcutt et al., 1976; Kennett et al., 1977; Lewis and

Snydsman, 1977; Gettrust et al., 1982). The total crustal thickness

of the Samail ophiolite is about 7.0 km which Is In good agreement

with our estimate of the ROSE crustal thickness of approximately

6.0 km determined from amplitudes and synthetic seismograms. Other

similarities between the ROSE and Samail models include a thicker

than average upper crust (nearly 3.0 km thick), a thinner than
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Figure 22. Comparisons of VP, Vs and Poisson's ratio of the ROSE
'normal' crust with the northern part of the Sainail
ophiolite complex in Oman (Christensen and Smewing,
1981) and the Bay of Islands ophiolite complex in
Newfoundland (Salisbury and Christensen, 1978). Left,
lithology of the northern part of the Sainail ophiolite
after Christensen and Smewing (1981). Right, lithology
of the Bay of Islands ophiolite after Salisbury and
Christensen (1978). This figure demonstrates that a
seismic solution to a set of young oceanic crust P and S
wave data (Project ROSE) is consistent with measured P
and S velocity samples from the Sainall ophiolite
complex.
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normal lower crust, values of high velocity for the lower crust

(around 7.5 km/s in average) over a substantial thickness of about

1.5 km, and a Poisson's ratio decreasing with depth. The Samail

ophiolite velocities and Poisson's ratios show a well-defined

upper-lower crust transition zone. In comparison, our refraction

data indicate that in the northern ROSE area the transition zone

between the upper and lower crust is not clearly defined. The

depths at which the Samail ophiolite upper-lower crust transition

arises (between 3.0 and ILO km) correspond to the 2.0 to 'LO km

depths of our 'linear gradient' zone between the upper and lower

part of the crust. The difference in the nature of the crust-mantle

transition zone (gradual for the ROSE area, sharp boundary for the

Samail ophiolite) may be explained by different petrologic

compositions f or the lower crust. Other small variations observed

between the two models are certainly due to the heterogeneity that

can be expected in young oceanic crust. Kempner and Gettrust

(1982b) generated some synthetic refraction profiles for the Saxnail

ophiolite velocity-depth functions of Christensen and Smewing

(1981). These synthetic seismograms show two build-ups of

amplitude, near 1 and 32 km ranges, corresponding to upper-lower

crust and crust-mantle transition zones. These are similar to our

observations on the ROSE seismic record sections.

We have demonstrated that the seismic structure of young

oceanic crust derived from P and S wave data from the northern ROSE

area is consistent with measured P and S velocity samples from the

northern part of the Samail ophiolite suite. While there may be

other rock types which also fit our measurements, it seems
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reasonable to directly interpret our seismic structure in terms of

the Samail ophiolite petrologic features shown on the left side of

Figure 22.

CONCLUSIONS

A delay time analysis shows that the Orozco fracture zone

structure is anomalous with a thicker upper crustal layer and/or

lower velocities. The variability in the structure of the

individual profiles along an isochron can be explained by the

Influence of the nearby anomalous fracture zone and justifies the

grouping of the travel time data into 'normal' and 'fracture zone'

crust arrivals.

Fifty kilometers off-axis of the EPR we find that the oceanic

crust can be modeled with a velocity gradient of about 0.5 s Jfl

the top 2.1 km, a thick unconstrained 'linear gradient' zone with a

0.7 s gradient, and in the lower crust a high velocity zone 7.2 to

7.6 km/s) of low (- 0.3
1) but uniform velocity gradient from

approximately 4.3 to 5.6 km depth. Modeling of amplitudes using

synthetic seismograms requires the use of a gradual crust-mantle

transition zone to upper mantle velocities of about 7.9 km/s to

generate the build-up of amplitude near 314 km range. The gradual

nature of the crust-mantle transition zone is also supported by the

absence of strong Moho reflections around 314 km range, but remains

hypothetical.

Shear waves converted at the water-basement or sediment-

basement interfaces are observed on the record sections and allow us
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to calculate Poisson's ratios for the ROSE 'normal' crust. The

Poisson's ratios decrease from 0.30 to 0.31 in the upper crust to

lower crustal values of 0.27 to 0.29.

The ROSE 'normal' crustal structure is similar to the structure

of the northern part of the Samail ophiolite in Oman determined by

Christensen and Smewing (1981), allowing a direct interpretation of

young oceanic seismic structure in terms of the Samail ophiolite

petrology and confirming that the Samail opohiolite is a good

working model for young oceanic crust.
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CHAPTER III

CRUSTALI STRUCTURE IN THE NORTHWEST PACIFIC BASIN
FROM AN OCEAN BOTTOM AND BOREHOLE SEISMOMETERS

SURVEY DARPA EXPERIMENT

During the summer of 1982, the Glomar Challenger conducted leg

88 of the Deep Sea Drilling Project (DSDP, 1984b) at 160°W and i4°N

in the northwest Pacific basin, just south of the Hokkaido trough

(Hokkaido fracture zone). The general location of leg 88 is shown

in Figure 23.

The primary objective of leg 88 was an operational test of the

Marine Seismic System (MSS), a borehole seismotneter package

developed by the Defense Advanced Research Projects Agency (DARPA)

for nuclear test verification. The MSS was to be emplaced in a

re-entry hole at DSDP Site 581 first drilled during leg 86 of DSDP

(DSDP, 1981a). It was also planned to emplace the Ocean Sub-bottom

Seismometer (OSS) developed by Hawaii Institute of Geophysics (HIG)

in a hole nearby the MSS to monitor seismic energy generated by

explosive shots and natural sources. Unfortunately, only the HIG

instrument was successfully deployed. Deployment of the DARPA

system could not be attempted as drilling equipment failure,

downhole conditions and foul weather prevented the completion of the

re-entry hole required for the MSS emplacement. The OSS required

only a single bit hole and was deployed at Hole 581C. The

seismometer is coupled to oceanic basalt near the bottom of the

380 m deep hole.
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Figure 23. General location of the DARPA Experiment, together with

the locations of shot lines and Site 581 of the Deep Sea

Drilling Project. Bathymetry after Green (1980). The

Hokkaido trough (Hokkaido fracture zone) trends

eastwesterly to the north of the experiment site. The

blocked area around Site 581 and the refraction lines

shows the location of Figure 25.
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Auxilliary programs included the deployment by the USNS De

Steiguer of an array of Oregon State University (OSU) and HIG ocean

bottom seismometers (OBS). In addition, OBS were deployed by the

Soviet ship Dimetri Mendeleev, and the Wake Island ocean bottom

hydrophone array was activated to take advantage of the explosive

charges to be fired during the experiment. The USNS De Steiguer

shooting program consisted of a two-dimensional array of small shots

centered at Site 581, a circle array of small shots around Site 581,

and large one-ton shots at greater distances (to about 250 km ranges

to the south), all shots recorded by the OBS. The shooting program

also included a 100 km long line of small to medium size shots

recorded by the OSS. Scientific objectives of the auxilliary

programs were to measure the crustal structure in the region

surrounding the drill hole, compare noise levels and coupling

characteristics between seafloor and borehole receivers, study

characteristics of seismic phases propagating to long range in the

old Pacific Plate, and to help the Interpretation of regional

magnetic anomalies and tectonics.

In this chapter, we report seismic refraction results on the

crustal and upper mantle structure in the vicinity of Site 581. The

refraction data we have analyzed are the small shots of the

two-dimensional array and of the long line recorded by the OSU OBS

and the HIG OSS stations.



EXISTING DATA

Site 581 lies in an area of relatively smooth topography with a

regional depth of about 500 m (Figure 23). The west-northwesterly

trending Hokkaido fracture zone (Hokkaldo trough) is situated

approximately 75 km to the north of Site 581 and is characterized by

a bathymetric trough with lows greater than 6000 m (Figure 23). The

Hokkaido fracture zone is a feature of unknown origin and its

boundaries are not well-defined.

Airgun seismic reflection profiling data (Figure 2J4) obtained

during leg 86 of DSDP and passing over Site 581 shows a basement

roughness of about 0.25 s with sediments generally draping evenly

over the basement. The results from Hole 581C (DSDP, 198gb)

indicate that the sediments are 355 m thick, of which the lowermost

75 m are composed of cherty layers. The average vertical sediment

velocity measured during leg 86 (DSDP, 198a) is 1.72 km/s. The

hole at Site 581C was terminated after drilling 23 m in basalt of

unknown age. Compressional wave velocity measurements (DSDP, 19811a)

on eherts and basalt samples vary from k.0 to 5.5 km/s.

Site 581 is positioned over oceanic crust formed at the now

subducted Kula ridge during the Cretaceous quiet zone and

consequently no magnetic seafloor spreading lineations can be

recognized. However, poorly sampled magnetic lineationa to the

south of Site 581 trend in an east-west direction roughly parallel

to the Hokkaldo fracture zone (Hilde, 1976). The age of the crust

at Site 581 is thought to be slightly older than 110 m.y. based on

these magnetic anomalies. Leg 86 and 88 of DSDP (DSDP, 198k a, b)



[:]

Figure 24. Airgun reflection profile collected near Site 581 during

leg 86 of the Deep Sea Drilling Project (DSDP, 198'a).

This figure illustrates the flat topography and the

sediments draping evenly over the basement. The

sediments are about 350 m thick.
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did not collect any data which could support or disprove the

directions of the magnetic lineations to the south of Site 581 and

the inferred age. Hilde (1976) mapped sea-floor spreading magnetic

anomalies from the mid-Mesozoic quiet zone to the Cretaceous quiet

zone for the northwest Pacific basin, and proposed an hypothesis for

the regional tectonic history of the north Pacific based on the

observed magnetic lineations. However, the details of the tectonics

are largely unknown, especially near Site 581 where no magnetic

seafloor spreading lineations can be clearly recognized. Further-

more, the presence of the Hokkaido fracture zone to the north of

Site 581 must greatly complicate the regional tectonic history.

The only seismic refraction data that we could locate within

1000 km of the site is a set of sonobuoy stations conducted about

100 km away by Scripps Institution of Oceanography in 1970. These

are unpublished and we are unsure of their quality. Preliminary

solutions indicate roughly normal oceanic structure.

THE EXPERIMENT

In this section, only the receivers and shots used later in the

travel time and amplitude interpretations are described. They

represent a small part of the data collected during the DARPA

experiment. The receiver and shot locations for this study are

shown in Figure 25.

The receivers considered here were two OSU OBS, OBS 3 and

OBS 14, sitting on top of the sediments, and the HIG OSS emplaced in

Hole 581C at a depth of 5837 m and 23 in into the basaltic basement.
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Figure 25. Locations of the DARPA Experiment receivers and shots

used in this study. Big squares denote the locations of

the three receivers. The receivers are two OSU ocean

bottom seismometers, OBS 3 and OBS 1, and the HIG

borehole seismometer, OSS. The little squares denote

the shot locations which are annotated with their shot

number. The shots are TNT and Tovex explosive with

charge sizes ranging from 13.6 to 58.2 kg. Each

refraction line is annotated with its line number.
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Additional HIG OBS's recorded this phase of the experiment, but the

data are not yet available.

The OSIJ OBS (Johnson et al., 1977) contains a slow speed analog

type recording instrument that records a vertical and horizontal

geophone and a hydrophone. The analog data are recorded continu-

ously on tape for a period of up to 17 days with a bandwidth of

3-30 Hz and a dynamic range of -0 db. The instrument uses electric

motor releases with timers, and is also equipped with acoustic

transpond and release capabilities. Recent modifications have been

made to these instruments to optimize coupling characteristics based

on results of the Lopez Island intercomparison experiment (Sutton et

al., 1981b). We have lowered the center of mass by 50% and now use

a circular ring cement anchor to provide a broad base with minimum

bearing stress.

The HIG OSS transmits eight channels of digital data (three

seismic 1 vertical and 2 horizontal -, two tilt, one temperature,

hole diameter and engineering) up a cable f or recording. A complete

description of the instrument is given by Duennebier and Blackinton

(198I).

The shooting program considered here was conducted from the

research vessel USNS De Steiguer and was in two parts. The first

part consisted of 2614 shots fired to the OBS array. These shots

were fired in a cross pattern of 60 km lines (Line 1, 2, 3 and 14 in

Figure 25) with one kilometer shot spacing and TNT explosive charge

sizes from 3.6 kg to 29.1 kg. In the second part, 185 shots were

fired to the OSS (Line D in Figure 25) with Tovex explosive charge

sizes ranging from 13.6 to 58.2 kg. The shot-receiver configuration
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shown in Figure 25 provides nine refraction profiles (Line 1, 2, 3,

14 recorded by OBS 3 and 114, and Line D recorded by OSS) extending

approximately 60 to 80 km north, south, east and west of the

receivers. The three receivers are separated by as little as 5 km

from one another.

Line D shots and OSS locations were determined from the

navigation and from satellite fixes, and were checked for

consistency against the locations obtained from water wave travel

times. Lines 1, 2, 3, 14 shots and OBS locations determined from the

navigation were substantially different from locations determined

from water wave travel times. As part of the navigation seemed

Inaccurate, we decided to use the picks of the water wave travel

times to determine the positions of the OBS and the shots of Lines

1, 2, 3 and 4 These travel times were then converted to horizontal

distances by tracing acoustic rays through a vertically inhomo-

geneous ocean using known water column velocity and receiver depth.

Receivers and shots were finally located in two steps using a two-

dimensional inversion relocation program on a spherical earth with

the horizontal distances as Input. The motivation for relocating

receivers and shots with a two step process instead of a joint

Inversion is based mainly on the possibility of gross errors in

Individual water wave travel time picks and the sensitivity of the

inversion to outlying points. For the same error in the picks of

the water wave travel time of an Inlying point and an outlying point

(with respect to the Intersection of the refraction lines where

Site 581 and the receivers are located), the error In horizontal

distance will be less for the outlying point than the inlying point.
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Possible errors in the picks of the water wave travel times of

inlying points would thus greatly affect the receivers positions.

We have therefore, in a first step, relocated the OBS. We chose

four shots (one near the end of each OBS refraction line) which had

a good navigation position (proximity of a high-quality satellite

fix) and for which good water wave arrivals were recorded at both

aBS. These four shots were fixed and the two OBS were relocated.

The second step involved the relocation of all the shots, with the

CBS positions being fixed. Errors in the ranges determined by ray

tracing and in the positions determined by inversion are less than

300 meters.

The nine seismic refraction profiles recorded by the OBS and

ass are presented in the next section of this chapter.

THE DATA

All shots recorded by the OBS and OSS have been digitized and

put into standard ROSE exchange format f or marine seismic data

(LaTraille et al., 1982). The nine refraction profiles were all

plotted with a reducing velocity of 7.0 km/s in the form shown in

Figures 26 through 30. The seismogram for each individual shot has

been corrected for topography to a common datum using the delay time

of a layer over a half-space according to the equation

(h -h ) V
datum shot 1 w

T = cos(sin Vfcor Vw
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Figure 26. Line 2 record section from the vertical channel of OBS

1, together with the bathymetry underneath the line.

Above each seismogram is listed the shot number and the

charge weight in kilograms. The seismograms have been

corrected for topography and sediment thickness

variations as mentioned in the text. The data are

unfiltered and the amplitude of each trace has been

autoscaled as described in the text. Reduction velocity

is 7.0 km/s. Pc_Crustal compressional (or primary)

wave; Pn__Mantle compressional wave; S--crustal shear

(or secondary) wave. Note the flat topography

underneath the line, the presence of a well developed

crust-mantle triplication between about 20 to

approximately 50 km ranges and the large amplitudes of

the arrivals.
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Figure 27. Line 3 record section from the vertical channel of OBS

3, together with the bathymetry underneath the line (see

Figure 26 for explanation). This record section

examplifies the near absence of shear arrivals on most

of the OBS record sections. Note the weak amplitudes of

the arrivals.
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Figure 28. Line ' record section from the vertical channel of OBS

1't, together with the bathymetry underneath the line

(see Figure 26 for explanation). This figure

illustrates the topography variations present underneath

the end of Line 1 and the corresponding arrival time

variations.
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Figure 29. Line D record section from the vertical channel of the

OSS, together with the bathymetry underneath the line

(see Figure 26 for explanation). The amplitudes of the

seismograms have been normalized for charge size and

amplified with range using the factor (R/R0)175

(W/W0)°65 where 20 km, W0 13.6 kg, W is the

charge weight of a shot a distance R from the receiver.

Note the presence of clear shear arrivals to 60 km range

and the large topographic variations between 50 to 63 km

ranges. S--Mant1e shear wave.
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Figure 30. Line D record section from the horizontal channel of the

OSS (see Figures 26 and 29 for explanation). This

figure demonstrates how well the borehole seismometer

detected shear arrivals in contrast to the ocean bottom

seismcineters (see Figure 27).
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where V is the sound velocity in water and Vref is the half-space

velocity at the shot-receiver range. The motivation for correcting

shots to a datum rather than to the sea floor is that the phase

velocity of the first arriving energy from a shot to the receiver is

affected by bathymetric variations between shots. By correcting

shots to a common datum and thus removing topographic effects the

phase velocity at each individual shot can be correctly measured.

The proper phase velocity can then be incorporated into a similar

expression to the above equation for reducing travel times the rest

of the way down to the sea floor. In practice Vref is taken to be a

nominal phase velocity across the section since the actual phase

velocity from the raw data is usually not available. A small error

Is introduced by using a constant reference velocity in correcting

to the datum, however by choosing a datum close to the average shot

depth the error can be minimized. A phase velocity of 7.0 km/s as a

half-space velocity and a sonic velocity In water of 1.5 km/s were

used in the topographic correction. The record sections thus

contain a one-way travel time in the water column to the datum,

which was set to 5.k km depth. Each individual shot has also been

corrected in a similar manner as above for variations in sediment

thickness beneath the shots and receivers. The sediment velocity

was assumed to be 1.7 km/s. The sediment thicknesses used in these

calculations were picked at the estimated point of ray entry beneath

each shot and receiver from conventional sparker seismic reflection

profiles that were located along the shooting lines (Figure 31).

Unfortunately there was no reflection profile available for Line D

and we assumed a constant thickness of 300 m of sediments along the



line. As the OSS instrument was emplaced in the basement there was

no sediment correction under the receiver for the shots of Line D.

Figures 26 through 30 display examples of record sections from

the vertical channel of the two OBS and the vertical and horizontal

channels of the OSS. The vertical channels were the clearest f or

picking first arrivals. Hydrophone channels were too noisy for this

purpose, but were used to pick water waves as previously discussed.

Horizontal channels are designed f or measuring shear waves and are

not good recorders for first-arriving compressional phases. The OSS

horizontal channels contained clear shear arrivals and were used to

pick second-arriving shear phases. However, the OBS horizontal

channels could not be used because they contained strong

reverberations. The reverberations were probably due to the fact

that the OBS was emplaced on top of a thick sediment layer, but may

also involve OBS bottom coupling resonances. The topography beneath

the shots is shown below the record sections. Shot number and shot

weight in kilogram I or each individual shot are also provided.

OBS

The seismograms of the OBS record sections (Figures 26, 27, 28)

are scaled so that the peak value in each seismogram is plotted at a

constant deflection. The crustal compressional (P0) and upper

mantle compressional (Pa) refracted phases display clear, impulsive

first arrivals out to ranges of about 65 km, but for ranges less

than 5 km there are few data. Since the offset distance for

basement refractors at 5I4 km water depth is at the most 2 km and
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since there are few data for ranges less than 5 km, the shallow

crustal structure (approximatley the top kilometer) will be poorly

resolved. A well-developed crust-mantle triplication is apparent on

all the OBS record sections (Figures 26, 27, 28) with a crossover

point around 30 km range. Line 1 and Line 2 (Figure 26) which run

in the same north-south direction are characterized by strong P

energy. On the contrary, the east-west trending Line 3 (Figure 27)

and Line It (Figure 28) display weak arrivals. There is

noticeable second arrival energy arriving at 5 to 6 seconds of

reduced travel time and between ranges of 10 to 20 km on Line 2

(Figure 26). The travel times of these arrivals are appropriate for

crustal shear waves (Sc) converted from P at the sediment-basement

interface. However, it was very difficult to pick accurately and

coherently the shear arrivals seen in Figure 26. Since these shear

arrivals are seen only over a short distance in Line 2, and since

they could not be clearly detected on the other OBS refraction

lines, they have not been included in the travel time

interpretation. Line It shown in Figure 28 presented some

interpretation difficulties beyond ranges of 30 km. The time

undulations seen in consecutive P0 arrival beyond 30 km ranges were

attributed to topographic and sediment thickness variations as

illustrated by a sparker reflection record collected along Line 14

(Figure 31). Such variations create difficulties in determining

accurately the seafloor entry point of a particular ray, thus

introducing errors in the determination of the sediment thickness at

the ray entry point and consequently errors in sediment thickness

corrections. Such seafloor and basement heterogeneities also
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Figure 31. Sparker reflection profile obtained during leg 88 of the

Deep Sea Drilling Project (DSDP, 1984b) that passes over

refraction Lines 3 and described in this paper (see

Figure 25 for shot point and receiver locations). This

figure illustrates the variations in topography and

sediment thickness present underneath the end of

refraction Line 14
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violate the main assumption of lateral homogeneity used for

corrections. We therefore eliminated the travel time data of Line 14

beyond 30 km ranges from the travel time and amplitude

interpretations.

oss

The vertical component seismograms of Line D recorded by the

OSS instrument are displayed in Figure 29. The amplitudes have been

normalized for charge size and amplified with range using the factor

(R/R0)175(W0/w)°65 where R0 = 20 km, W0 = 13.6 kg, W is the charge

weight of a shot a distance R from the receiver. Clear impulsive

first arrivals (P and P) can be seen out to distances of 80 km but

there are no data from this phase of the experiment for ranges less

than 7 km. Note the marked crust-mantle triplication from 20 to

approximately 50 km ranges. Prominent crustal S-wave CS0) and upper

mantle S-wave (Sn) arrivals are apparent on the OSS record section

to 50 km ranges. The shear energy displays a crust-mantle

triplication between 25 to 145 km ranges but there is a gross

variability in converted S amplitudes. These sediment-basement

converted S arrivals were also clearly observed on the record

section of the horizontal component of the OSS.

Large topographic variations Cup to 800 meters vertical change

over a distance of 10 km) are present under Line D at ranges of 50

to 63 km (Figure 29). Consequently the corresponding seismograms

display time variations due to topographic and sediment thickness

variations. The 50-63 km range travel time data of Line D have been
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eliminated from the data set used in the travel time interpretation.

Fortunately, beyond 63 km ranges,
n
arrivals, although weak In

amplitude, can be clearly and coherently picked and the upper mantle

velocity is well-constrained.

Travel time interpretations of the eight OBS record sections

and of the OSS record sections are given in the next section of this

chapter.

TRAVEL TIME INTERPRETATION

We initially analyzed compressional and shear arrival travel

times. The travel times were picked from large scale, unfiltered,

topography and sediment corrected record section plots to an

accuracy of 0.025 5. The travel time-distance (T-X) data were

fitted with polynomials to obtain the phase velocity appropriate for

each arrival (V 1/slope of' polynomial at T-X data point

corresponding to the particular shot). The travel times were then

reduced to the top of the basement with the appropriate phase

velocities. These travel times constitute our input data T(X) and

are divided into compressional and shear wave travel times for

convenience.

Compressional Wave Structure

The compressional travel time curves f or each individual

refraction line are not well-constrained. Shot spacings of 1 km and

the timing accuracies involved in the measurements, in the picks and
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in the corrections of the travel times are inadequate to resolve

unambiguously small changes in velocity gradients. One way to

proceed with these data would be to apply one of the commonly

available inversion methods (e.g., Dorman and Jacobson, 1981) to

each individual refraction line data set and show that the poorly

constrained T-X curves result in a set of velocity-depth bounds that

are insignificantly different from one another. Since there are no

obvious systematic variations between the P travel time curves of

each individual refraction line, we thought it more enlightening to

group all the compressional travel time-distance data together

(Figure 32).

The structural geophysical model used throughout this study

consists of a stack of laterally homogeneous layers each having

positive vertical velocity gradient. The physics of seismic

propagation require for such models that curves connect points of

first arrival travel times and shot-receiver ranges, and the

apparent velocity (inverse slope of the curve) must increase as

range increases.

We reparameterize the data from T(X) to X(p) and T(p) by

fitting the travel time-distance curves with polynomials. The slope

of the polynomial at each data point gives the apparent slowness

associated with that particular data point p = dT/dX. A smooth

polynomial of the third order in time was fitted through the

compressional erustal (Pc) 25 data points (Figure 32) with a root

mean square deviation of 0.029 s. Velocity was constrained to

increase (decrease slowness) with increasing range. In order to

reduce the root mean square deviations, the upper mantle data points



115

Figure 32. Compressional travel time-range data. The travel time

data from the nine refraction lines have been grouped

together. All travel times have been corrected for

topography variations and sediment thicknesses and

reduced to the seafloor. Low order polynomials (solid

lines) have been fit to these data constrained to

decrease slowness with range and with RMS deviations as

reported in the text. P--Crustal P-wave; PnMantle

P-wave. Note the necessity of dividing the mantle

travel time data in two data sets to minimize the RMS

deviations of the polynomial fits to the mantle travel

time data.
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(Pn) had to be divided into two sets of data (Figure 32). The first

set contains the 98 compressional upper mantle data points of Line 1

and Line 2 north-south refraction lines, and was fitted by a

polynomial of the first order in time with a root mean square

deviation of 0.059 s. The second set contains the 5]. compressional

upper mantle data points of Line 3 and Line D east-west refraction

lines (Line 1 is not included since Line 14 upper mantle data points

were discarded), and was fitted by a first order polynomial in time

with a root mean square deviation of 0.022 s. We consider these

root mean square deviations to be within the bounds of uncertainty

due to topography and sediment thickness correction errors and

various timing errors (for example, inaccurate pick of the arrival

times). Thus we conclude that on the basis of compressional

travel-time data alone there exists no detectable difference in the

structure of the old oceanic crust beneath the nine refraction

profiles. Our results are in agreement with recent work of Purdy

(1983) who demonstrated from a detailed seismic refraction

experiment using explosive sources and ocean bottom hydrophones that

the 1J4O m.y. old cru8t of the western central Atlantic Ocean is

homogeneous on the seismic scale. The compressional upper mantle

travel time data, on the other hand, give different upper mantle

velocities with different profile directions. This velocity

difference can be explained by anisotropy in the upper mantle or

different upper mantle structures depending on the azimuth.

The range-apparent slowness (X(p)) and travel time apparent

slowness (T(p)) data, derived from the polynomial fits to the travel

time data (Figure 32), were inverted to velocity-depth functions
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(V(z)) by the tau-zeta method of Dorman and Jacobson (1981). Given

the parameters t(p) T(p) p X(p) and (p) T(p) + p X(p), the

method solves for depth to specified slownesses assuming linear

velocity gradients between the specified slowness values. The

specified slownesses for the inversion were chosen to be the

observed data slownesses (slowness computed from the polynomials for

each X-T datum) and the model was chosen to include as many layers

as data points. In Chapter I (also Be and Jacobson, 198k), it has

been shown that this choice of model parameters is the best model

parameterization f or the tau-zeta inversion. The initial velocity

at the top of the basement was determined as described by Ewing and

Purdy (1982) since no uppermost crustal arrivals were observed. The

compressional velocity-depth functions and their 96% confidence

limits are shown In Figure 33. We note that the seismic structure

of the 110 m.y. old crust of the northwest Pacific basin displays

the two main features commonly found In typical oceanic crust: high

velocity gradients for the upper crust and a lower crust character-

ized by low velocity gradients. The compressional velocities are

around 3.20 km/s at the top of the basement and reach values around

5.85 km/s at 1.00 km depth and 6.75 km/s at 2.30 km depth below the

basement top. This corresponds to steep upper crustal velocity

gradients of 2.6 and 0.7 respectively. The lower crustal

velocities range from 6.75 to 7.15 km/s from 2.30 to 6.15 km depths,

corresponding to a low velocity gradient of 0.1 The crust-

mantle transition is sharp (thickness of approximately 0.50 km) and

leads to upper mantle velocities of 8.00 km/s for Line 1 and Line 2,

and of 8.3 km/s for Line 3 and Line D.
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Figure 33. Crustal and upper mantle compressional velocity-depth

functions and their 96% confidence limits, determined

from the tau-zeta inversion of the travel time curves

shown in Figure 32.



a

z
Ui

Lii

V)

C
-J
Lii

I
0
LU0

:ii

1

2

3

4

5

6

7

1-2-3-4-D
I

--- I -' .......

U t"t-...

1
U...... IJ % 'p.. :

4 5 6 7 8

VELOCITY , KM/S

Figure 33

120



121

Shear Wave Structure

The same travel time interpretation techniques were applied to

the shear wave travel time data obtained from the borehole instru-

ment (aSS, Line D). However, the topographic corrections were done

with a different phase velocity (14.0 km/s) for the shear waves.

Figure 314 displays Line D shear wave travel time-range data, to-

gether with the polynomial fits to the data. The 30 crustal shear

wave (S0) data points were fit with a smooth polynomial of the third

order in time constrained to increase velocity with increasing range

with a root mean square deviation of 0.030 s. The 7 upper mantle

shear wave 'n data points were fit with a first order polynomial

in time with a root mean square deviation of 0.002 s. Because of

the gross variability in amplitude at shear crust-mantle triplica-

tion ranges (Figures 29 and 30), no precritical Sn arrivals could be

clearly seen and thus the exact extent of the shear triplication is

partially unknown.

Figure 35 shows the corresponding shear velocity-depth curves

obtained by inverting with the tau-zeta method. The top of the

basement has a shear velocity of 1.70 km/s obtained from the Ewing

and Purdy (1982) method. Shear upper crustal velocities increase to

about 3.26 km/s at a depth of 1.00 km (velocity gradient of

-1.11 1) and 3.60 km/s at a depth of approximately 1.80 km

(velocity gradient of 0.14 1) The DARPA lower crust Is

characterized by a low shear velocity gradient of about 0.1 to

depths of approximately 6.00 km. A thick (3.00 km) gentle poorly
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Figure 31L Shear travel time-range data, obtained from refraction

Line D (see Figure 32 for explanation). 50--Crustal

S-wave; Sn--Mantle S-wave.
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Figure 35. Crustal and upper mantle shear velocity-depth function

and its 96% confidence limits, determined from the

tau-zeta inversion of the travel time curves shown in

Figure 31
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constrained crustmantle transition zone leads to upper mantle shear

velocities of 14.87 km/s.

The DARPA compressional and shear velocity-depth functions

described in Figures 33 and 35 provide a useful starting point for

the amplitude modeling that will be described in the next section.

AMPLITUDE INTERPRETATION

There are a number of clear and consistent amplitude patterns

observed on the refraction profiles which are invaluable in defining

the details of the velocity depth structure shown in Figure 33.

Observed energy

We have measured the spectral energy (on the vertical channel

only) of the ground motion (velocity unit in cm/s) of the first

refracted arrival (compressional wave) for each shot. In principle,

the spectral energy should be related to the total energy (kinetic

plus potential) of the P-wave. We have used a time window of one

second of data starting at the time picked for the first arrivals

seen on the record sections. We then have computed energy-distance

relationships for shots of the same charge weight for each

refraction line. Figure 36a contains the observed energy-distance

relationships for 3.6 kg shots recorded at the OBS stations on Line

1, Line 2 and Line 3. Figure 36b shows the observed energy-distance

relationships for 7.3 kg shots on Line 1, Line 2 and Line 3. The

29.1 kg shots were not included since some of the charges blew out



127

Figure 36. Observed energy-distance plots f or (a) 3.6 kg and (b)

7.3 kg shots recorded at the OBS stations on refraction

Lines 1, 2 and 3, and for (c) 13.6 kg shots recorded at

the OSS station on refraction Line D. Spectral energy

plotted in decibels (10 log10(E), where E is the

spectral energy in (cm/s/Hz)2). In Figure 36c, Line D

variable shot sizes have been normalized to

= 13.6 kg using the factor ((w0/w)065)2 where W is

the charge weight of the shot. The dashed lines

represent the energy baselines which have been computed

as reported in the text. The vertical arrows mark the

observed minimum range extent of the crust-mantle

triplication for individual refraction line as explained

in the text.
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at the sea surface and the source signatures were quite variable.

The shots of Line 14 were also eliminated since we did not use all of

Line 14 travel time data in the travel time interpretation. Figure

36c displays the energy-distance relationship for 13.6 kg shots of

Line D recorded at the OSS station. In Line D, variable shots sizes

have been combined. The energy has been normalized for charge size

using the factor ((W0/w)065)2 where W0 = 13.6 kg and W is the

charge weight of the shot.

The dashed lines in Figure 36 represent what we call the

'energy baseline'. We have created a data set containing first

arrivals only by discarding all second arrivals (like P-wave

crust-mantle triplication and shear wave arrivals). This first

arrival travel time data set has been inverted with the tau-zeta

method. The obtained velocity-depth function has been used to

generate synthetic seismograms with the WKBJ method (Chapman, 1978).

We have then computed the spectral energy of the ground velocity f or

each P synthetic arrival in the same manner as above and obtained

energy distance relationships. The energy baseline therefore

represents the energy of first arrivals only. It means that in

Figure 36 any variation of the observed energy-distance relationship

above the dashed line indicates the presence of second arrival

energy. A time window of one second is sufficiently long to include

the second arrival energy of the crust-mantle triplication and short

enough to exclude other second arrivals like shear waves or water

column multiple of the crustal head wave. The energy-distance

functions show the points at which the energy becomes significant

and indicate a minimum range extent of the crust-mantle
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triplication. This result is very important f or two reasons: first,

it is difficult to obtain the range extent of the crust-mantle

triplication from the observation of travel time data alone.

Secondly, the range extent of the crust-mantle triplication is the

only observation that constrains the nature of the crust-mantle

transition zone.

The minimum range extents of the crust-mantle triplication for

each refraction line are marked by vertical arrows in FIgure 36.

The combined results Indicate minimum crust-mantle triplications

extending from 25.5 to 55.5 km for Lines 1 and 2 and from 21.0 to

55.5 km for Lines 3 and D. Since the precritical P arrivals start

at either 21.0 or 25.5 km range depending on the refraction line

orientation, we have again an indication of upper mantle anisotropy

or possible structure differences. Departures of the observed

energy-distance function from the baseline at small distances are

certainly due to direct water wave energy interfering with

compressional crustal arrivals.

The spectral energy of the P-wave in terms of particle velocity

registered by the Instrument, is 17.5 dB lower for the OSS than for

the OBS: a 10 dB difference between Figure 36c and Figure 36a plus a

7.5 dB difference due to the normalization for charge size (13.6 kg

shots for the OSS in Figure 36c and 3.6 kg shots for the OBS in

Figure 36a). This difference in energy can be entirely attributed

to a difference in acoustic Impedance of the mediums underlying the

receivers. The Impedance that a given medium presents to a given

motion is a measure of the amount of resistance to particle motion.

Specifically, impedance in elasticity is a ratio of stress to
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particle velocity, so that f or a given applied stress, the particle

velocity is inversely proportional to impedance. For a given

stress, the energy is therefore inversely proportional to the square

of the impedance. If we assume a plane wave (P-wave in our

particular case) in an homogeneous medium vertically incident at a

point on a free surface, the energy is inversely proportional to

p2a2 where p is the density of the medium and a the P-wave velocity

of the medium (see box 5.k in Aki and Richards, 1980). For the case

of our experiment the OBS is sitting on soft sediments (average p

1.25 g/cm3, average a 1.7 km/s; DSDP, 198kb) while the OSS is

rigidly coupled to the basaltic basement (average p 2.9 g/cm3,

average a 5.k km/s; DSDP, 198kb). With these average material

properties the energy should be 17.k dB lower at the OSS than at the

OBS.

Synthetic Seismograms

A combination of synthetic seismogram models computed with the

WKBJ method (Chapman, 1978) and reflectivity method (Fuchs and

MUller, 1971) were used to converge on the best velocity-depth

solution representing the seismic structure at the experiment

location. Since possible upper mantle anisotropy was detected by

both travel time and amplitude interpretations we obtained two final

velocity-depth models.
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Model 1-2

Model 1-2 represents the seismic structure in the north-south

direction. Model 1-2, shown in Figure 37, contains the crustal

P-wave velocity structure obtained in Figure 33 plus a gentle

crust-mantle transition zone with a compressional velocity of about

7.11 km/s at the bottom of the crust (11.40 km depth) leading to an

upper mantle velocity of 8.0 km/s at 12.85 km depth. The upper

mantle has a low velocity gradient of 0.03 Since we have no

shear wave data for the north-south direction, Model 1-2 S-wave

velocity-depth function was computed from Model 1-2 observed P-wave

with a Poisson's ratio of 0.25.

In Figure 38, we show the reflectivity method (Figure 38b) and

WKBJ method (Figure 38c) synthetic seismograms computed f or Model

1-2, compared with the observed seismograms for shots of Line 2

north of OBS 3 (Figure 38a). The choice of OBS 3 Line 2 for this

comparison was arbitrary. We first generated WKBJ synthetics

because the WKBJ method is computationally cheap and rapid and

allows individual ray contributions to be found. The reflectivity

method is very expensive computationally but calculates complete

seismograms including all multiple reflections and interconversions

It was used to verify the accuracy of the results obtained with the

WKBJ method. As can be seen in Figure 38 Model 1-2 synthetic

seismograms obtained from both methods correctly fit the P-wave

travel times and amplitudes seen on the observed data. The

synthetic seismograms do not contain any shear arrivals since we

included only coinpressional rays in the WKBJ method and since
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Figure 37. Model 1-2 compressional velocity-depth function used to

generate the synthetic seismograms shown In FIgure 38.

The sediment and water column thicknesses and velocities

are those of the datum model used for topographic and

sediment corrections. Model 1-2 represents our best

velocity solution in the direction of refraction Lines 1

and 2 (approximately north-south). Notice the presence

of a velocity gradient in the upper mantle of Model

1-2.
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Figure 38. A comparison of (a) one of the north-south observed

record sections (OBS 3 Line 2) with (b) reflectivity

(Fuchs and MUller, 1971) and (c) WKBJ (Chapman, 1978)

synthetic seismograms calculated using the P-wave

velocity-depth function shown in Figure 37. Amplitudes

of both observed and synthetic seismograms have been

normalized for charge size and amplified with range

using the factor (R/R0)175 (W/W0)065 where = 20 km,

= 3.6 kg, W is the charge weight of a shot a distance

R from the receiver. The synthetic seismograms do not

contain any shear arrivals since we included only

compressional rays in the WKBJ method and since typical

crustal shear velocities are outside the phase velocity

window (1.0 to 9.5 km/s) used in the reflectivity

method. Observe how both reflectivity and WKB.J

synthetic seismograms fit very well the observed

compressional travel times and amplitudes. PcCrustal

P-wave; P--Mant1e P-wave.
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typical crustal shear velocities (from 3 to 4 km/s) were not

included in the phase velocity window (1L0 to 9.5 km/s) used in the

reflectivity method. The velocity gradient of the upper mantle of

Model 1-2 was required by the strong energy contained in the

observed P arrivals. It is worth mentioning that we are using

laterally homogeneous synthetics In a case where the structure might

not be homogeneous (i.e. might be anisotropic). Codes are now under

development for anisotropic media, but we do not have them yet.

Model 3-k-D

Model 3-14-D represents the seismic structure in the east-west

direction. Model 3-14-D, shown in Figure 39, contains the crustal

P-wave velocity structure obtained in Figure 33 plus a gentle

crust-mantle transition zone with a compressional velocity of about

7.11 km/s at the bottom of the crust (11.LO km depth) leading to an

upper mantle P-wave velocity of 8.3 km/s. Model 3-14-D S-wave

velocity structure contains Line D crustal S-wave velocity structure

obtained in Figure 33 plus a gentle crust-mantle transition zone

with a shear wave velocity of approximately 3.92 km/s at the bottom

of the crust (11.110 km depth) leading to an upper mantle velocity of

11.87 km/s at 12.85 km depth. Model 3-11-D upper mantle is character-

ized by zero velocity gradients.

In Figure 40 we show the WKBJ method synthetic seismograms

computed for Model 3-11-D (Figure 110b) compared with the observed

seismograms for shots of Line D east of the OSS instrument (Figure

'Wa). The compressional and P) synthetic seismograms fit very
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Figure 39. Model 3-1I-D compressional and shear velocity-depth

functions used to generate the synthetic seismograms

shown in Figure 110. Model 3-14-D represents our best

velocity solution in the direction of refraction Lines

3, LI and D (approximately east-west). Notice the

absence of a velocity gradient in the upper mantle of

Model 3-14-D.
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Figure $0. A comparison of (a) one of the east-west observed record

sections (aSS Line D) with (b) WKBJ (Chapman, 1978)

synthetic seismograms calculated using the P and S

velocity-depth functions shown in Figure 39. Amplitudes

of both observed and synthetic seismograms have been

normalized for charge size and amplified with range like

indicated in Figure 38 but with W0 13.6 kg. Both P

and S rays were included in the WKBJ synthetics. The

compressional synthetic seismograms fit reasonably well

the observed P travel times and amplitudes. The shear

synthetic seismograms fit the observed S travel times,

but we have not been able to recreate in the synthetics

the gross amplitude variability contained in the

observed shear arrivals.
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well the observed travel times and amplitudes. The gentle

crust-mantle transition zone of Model 3-4-D creates a crust-mantle

triplication similar to the observed one although the post-critical

synthetic P arrivals seem to sustain too large of an amplitude at

ranges greater that 1W km. The zero P-wave velocity gradient in the

upper mantle of model 3-14-D generates weak synthetic P arrivals

like observed in Figure 1Wa. Although Model 3-14-D shear wave

synthetic arrivals (S0 and Sn in Figure 'lOb) fit the observed travel

times of Figure 1Wa very well, the amplitudes of the synthetic

seismograms fit the data more poorly. There is a gross variability

in the amplitude of the observed seismograms between 25 and l5 km

ranges (Figure !lOa) that we could not reproduce with the synthetics

(Figure 'lOb). Furthermore, the synthetics Sn arrivals (Figure 'lOb)

are much weaker in amplitude than the observed S arrivals (Figure

'Wa).

ynthetic Energy

We compute energy-distance relationships for the WKBJ synthetic

seismograms to check the minimum range extents of the WKBJ synthetic

crust-mantle triplications against the observed. The synthetic

energy-distance plots are displayed in Figure 11 together with the

observed energy-distance functions of Figure 36. The range extent

of the synthetic crust-mantle triplication are marked by vertical

arrows in Figure '1 and the results indicate minimum crust-mantle

triplications in the synthetics extending from 23.0 to 55.5 km for

Model 1-2 and from 22.5 to 58.0 km for Model 3-14-D. These synthetic
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Figure 141. Synthetic energy-distance plots (solid lines) for (a)

3.6 kg and (b) 7.3 kg shots of Model 1-2 synthetics, and

for (c) 13.6 kg shots of Model 3-14-D synthetics.

Spectral energy plotted in decibels (10 log10(E), where

E is the spectral energy in (cm/s/Hz)2). The observed

energy-distance plots (represented by stars) for (a) 3.6

kg and (b) 7.3 kg shots of refracted Line 3, and for (c)

13.6 kg shots of refraction Line D (see Figure 36) are

superimposed over the synthetic energy-distance plots

f or comparison purposes. The dashed lines represent the

energy baselines which have been obtained like reported

in the text. In Figure 141c, Model 3-14-D variable shot

sizes have been normalized like indicated in Figure 36.

The vertical arrows mark the synthetic minimum range

extent of the crust-mantle triplication for the two

models as explained in the text. Observe that the

synthetic energy-distance functions match the observed

energy levels fairly well at all distances, although the

7.3 kg shots of Model 1-2 contain more energy than the

observed shots of the same charge weight in Line 3.
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crust-mantle triplication range values are very similar to the

observed values reported earlier in the amplitude interpretation

section. Examination of Figure 111 shows that the synthetic

energy-distance functions match the observed energy levels fairly

well at all distances, although the 7.3 kg shots of Model 1-2

contain more energy than the observed shots of the same charge

weight in Line 3 (Figure 141b).

Model 1-2 (Figure 37) and Model 3-I-D (Figure 39) are the best

velocity models for the DARPA area near Site 581. The only marked

difference between the compressional velocities of the two models, a

difference in upper mantle P-wave velocity, is discussed in the next

section.

UPPER MANTLE ANISOTROPY

The DARPA compressional velocity-depth profiles of Figures 37

and 39 indicate that the uppermost mantle is either anisotropic or

structurally different depending on the orientation. Upper mantle

velocities in the north-south direction are 8.0 km/s at the top of

the upper mantle and increase slightly in the first kilometer of the

upper mantle with a velocity gradient of 0.03 The upper mantle

velocity in the east-west direction stays constant at 8.3 km/s In

the first kilometer of the upper mantle.

Anisotropy in the uppermost mantle has been observed in long-

shot experiments In the northwest Pacific basin close to Japan (for

a summary see Shimamura, 19811). Shlmamura (19811) reported upper

mantle velocities of 8.0 to 8.2 km/s just beneath the Moho dis-
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continuity with maximum P velocity in the direction perpendicular

to the magnetic lineations of the region. Our upper mantle velo-

cities are compatible to his and also to previous results (Den et

al., 1969) close to the Shatsky rise, to the south of our study

area. We therefore favor anisotropy over structure difference as

the cause for the different upper mantle velocities observed in our

study area.

Seismic anisotropy is a common phenomenon in the oceanic upper

mantle (Hess, 1964; Morris et al., 1969; Raitt et al., 1969, 1971;

Keen and Barrett, 1971; Shor et al., 1973; Snydsman et al., 1975;

Malecek and Clowes, 1978). It is generally believed that mantle

anisotropy is mainly due to a preferential alignment of olivine

crystals (Hess, 19614; Francis, 1969; Christensen, 19814) but is also

partially related to accessory minerals, the most important being

orthopyroxene (Christensen, 1984). Decreasing olivine crystal

orientation with increasing depth, or changes in the relative

abundance of two anisotropic minerals without variable tectonization

could explain the negative anisotropy gradient we observe in the

upper mantle near Site 581. That the aligrunent of olivine crystals

is stress induced is suggested by the orientation of the fast

direction of velocities more or less in the direction of

sea-floor spreading in oceanic regions, that is orthogonal to

magnetic lineations (Shor etal., 1973; Bibee and Shor, 1976).

Laboratory studies (Raleigh, 1968) and recent petrofabric analyses

(Christensen, 1984) support the hypothesis that the alignment is

stress induced.
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The east-west orientation of our fast direction of

velocities, although poorly refined azimuthally since we have

measured upper mantle velocities in four directions only, is not

perpendicular to the magnetic lineations south of Site 581 (Hilde,

1976) which apparently run in an east-west direction (roughly

parallel to the Hokkaido fracture zone). However, as reported

earlier, magnetic lineatlons south of site 581 were poorly sampled

and are thus uncertain and anomalies have not been identified at

Site 581. Moreover the Hokkaido fracture zone is an unknown feature

which complicates the understanding of the regional tectonic

history. The observed east-west direction of fast velocities

near Site 581 could therefore represent the direction of spreading

at the time the crust of site 581 was formed. An east-west

direction for fast velocities is also consistent with the

east-west trend of the Hokkaido fracture zone situated about 75 km

to the north of Site 581 (Figure 23). Upper mantle compressiona].

wave velocities have been reported to be fast for propagation

directions approximately parallel to fracture zones (Hess, 196k).

This is not surprising since fracture zones tend to be orthogonal to

ridge crests as does spreading direction.

In the amplitude interpretation, we observed that the

amplitudes were greater in the slow direction of n velocities than

in the fast direction. This is in accordance with the fact that,

for a given crustal velocity, higher mantle velocities reduce

amplitudes at a given distance if it is supposed that is

propagating as a true head wave (Garmany, 1981). When one uses

typical velocities and distances, the ratio of the amplitude of the
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fast P velocities to the amplitude of the slow P velocities should

range from 0.5 to 0.9 depending on the sharpness of the Moho

transition (Garmany, 1981). We cbmputed the approximate ratio of

the amplitude of the fast P velocities to the amplitude of the slow

velocities for the DARPA experiment and obtained a value of 0.6

well within the bracket of ratios computed by Garmany (1981).

POISSON'S RATIO

The shear velocity information is essential to the

determination of the porosity and the mineralogy of the oceanic

crust (Christensen, 1972; Christensen and Salisbury, 1975; Witmarsh,

1978; Flyndman, 1979; Spudich, 1979). It is usually advantageous not

to consider shear wave velocity as an independent parameter, since

its dependence on rock type is generally quite similar to that of

compressional wave velocity, but to emphasize the differences by

employing the compressional to shear wave velocity ratio V,/v5. A

parameter that may be derived from the ratio and that is more

fundamental in elasticity theory is Poisson's ratio (see Birch,

1961, for the relations among various parameters).

We computed Poisson's ratios using the observed shear and

compressional velocities of Model 3-1-D (see Figure 39). A

Poisson's ratio-depth plot (Figure 12) shows that, in the crust, the

Poisson's ratio decreases with increasing depth from values of 0.30

at the top of the basement to values of approximately 0.28 at the

top of the crust-mantle transition zone (5.7 km depth). The upper

mantle Poisson's ratio is around 0.214. The dashed line in Figure 142
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Figure '12. DARPA Experiment Poisson's ratios plotted versus depth

and obtained from Model 3-14-D P and S velocity-depth

functions shown in Figure 39. The dashed lines indicate

where we have little confidence in the data.
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indicates where we have little confidence in Poisson's ratio. The

values of Poisson's ratio in the top kilometer of the crust are not

well-constrained since we did not observe any data for these depths

and the velocities at the top of the basement were estimated using

the method of Ewing and Purdy (1982). The Poisson's ratios are

comparable to previously reported values of 0.26 to 0.31 for the

oceanic crust, and around 0.21! for the uppermost mantle (for

summaries of Poisson's ratio values see Christensen and Salisbury,

1975, and Hyndman, 1979).

A high Poisson's ratio of 0.30 and a low P-wave velocity of

3.2 km/s for the top of the basement near Site 581 are character-

istic of a layer called the "weathered layer". This layer, which

has an irregular thickness of generally less than fifty meters

(Christensen et al,, 1971!, 1975; Hyndman, 1974, 1979), results from

the alteration of basalt to clay due to chemical exchange with

seawater at low temperature (Christensen and Salisbury, 1972, 1973;

Hyndznan, 1979). The effect of "weathering" on near surface samples

as a function of age was shown by Christensen and Salisbury (1972)

and Hyndman (1979) to decrease compressional velocity and density

and increase Poisson's ratio. In support of this, Hart (1970, 1973)

and Hekinian (1971) have noted systematic chemical changes in

dredged basalts with age resulting in a decrease in density with

time. They have called such an effect "submarine weathering".

Poisson's ratio between 0.30 to 0.32 were measured in the uppermost

part of the 140 m.y. old Philippine Sea crust during leg 31 of the

Deep Sea Drilling Project (Christensen et al., 1975). Drilling has

shown that below the "weathered layer" most cracks and fissures are
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closed or filled with secondary minerals so that only the poorly

interconnected porosity remains. Values of Poisson's ratios should

thus decrease in the upper crust from the high Poisson's ratio of

the "weathered layer" to values in between 0.29 to 0.30 (Hyndman,

1979) at the bottom of the upper crust. Accordingly, values of

compressional velocities should rapidly increase in the upper crust.

This is in agreement with the upper crustal high velocity gradient

and the Poisson's ratio decrease determined from our data. In the

lower crust we observe a slight decrease in Poisson's ratio with

increasing depth from values of 0.29 near 2.5 km depth to 0.28 near

5.7 km depth. These values are typical of rocks of gabbrolc

composition (Hyndman, 1979). The upper mantle near Site 581 is

characterized by a value of 0.214. This value is similar to

Poisson's ratios of 0.211 measured from samples of oceanic upper

mantle rocks, like peridotite (Hyndman, 1979).

COMPARISON WITH OPHIOLITE MODELS

Numerous authors (e.g., Christensen and SalIsbury, 1975;

Spudich, 1979; Kempner and Gettrust, 1982a, b) have compared the

structure of the oceanic crust from seismic refraction experiments

with ophiolite complexes because they possibly are segments of

oceanic crust and upper mantle which have been tectonically emplaced

on land.

In this section we will compare compressional velocities, shear

velocities or Poisson's ratios of the old crust C- 110 m.y. of age)

obtained in this study to velocity-depth functions and Poisson's
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ratios for the Bay of Islands ophiolite complex in Newfoundland

(Salisbury and Christensen, 1978) and the northern part of the

Samail ophiolite complex in Oman (Christensen and Smewing, 1981).

Figure 113 displays the velocities and Poisson's ratios

comparison together with the ophiolites lithologies, and shows that

the old oceanic crust of the DARPA experiment presents more

similarities to the Bay of Islands ophiolite than to the Samail

ophiolite. This result is obtained from P-wave and S-wave

observations and confirms the observation of Kempner and Gettrust

(1982a), based on compressional velocities derived from synthetic

seismograms, that old oceanic crust is similar in seismic character

to the Bay of Island ophiolites.

Similarities between the DARPA and Bay of Islands models

(Figure 113) include high velocity gradients in the upper crust, low

velocity gradients in the lower crust with an average P-wave

velocity around 7.0 km/s, upper mantle velocities of approximately

8.3 km/s and upper mantle Poisson's ratios around 0.214. The DARPA

model crustal thickness (from the top of the basement to the top of

the upper mantle) is 7.15 km. This thickness is very comparable to

the 6.3 km thick crust of the Bay of Islands ophiolite.

There exist, however, a few differences between the DARPA and

Bay of Islands models. The Poisson's ratios of the Bay of Islands

ophiolite vary widely in the crust, while the DARPA crustal

Poisson's ratio decreases monotonically. These differences can

certainly be explained by the different sampling. The ophiolite

models are constructed from hundreds of measurements sampling all

depths while the refraction models are limited by the seismic
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Figure 13. Comparisons of Vi,, VS and Poisson's ratio of Model 3-4-D

of the old crust of the DARPA Experiment with the

northern part of the Samail,ophiolite complex in Oman

(Christensen and Smewing, 1981) and the Bay of Islands

ophiolite complex in Newfoundland (Salisbury and

Christensen, 1978). Left, lithology of the northern

part of the Samail ophiolite after Christensen and

Smewing (1981). Right, lithology of the Bay of Islands

ophiolite after Salisbury and Christensen (1978). This

figure demonstrates that a seismic solution to a set of

old oceanic crustal and upper mantle P and S wave data

(DARPA Experiment) is consistent with measured P and S

velocity samples from the Bay of Islands ophiolite

complex.
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wavelengths (of the order of 0.7 to 1.6 km). Thus, small changes in

velocity with depth are included in the ophiolite models, but cannot

be measured by our seismic refraction experiment. For example, the

low Poisson's ratios at the metadolerite-metagabbro boundary of the

Bay of Islands lithologic column (Figure 3) are due to local P-wave

velocity inversions between 2.8 and 3.3 km depths. These small

velocity inversions would be masked by the high velocity unit on top

of it or would be too thin to be detected with our data. The

difference in the nature of the crust-mantle transition zone (smooth

gradient f or the DARPA area, sharp boundary for the Bay of Islands

ophiolite) has to be explained by different petrologic compositions

for the base of the lower crust. One possible explanation is a

difference in the degree of serpentinization of the basal part of

the crust. Salisbury and Christensen (1978) reported that the

lowermost part of the Bay of Islands crust is slightly

serpentinized. The high values of Poisson's ratio (around 0.30 to

0.31) which characterize the Bay of Islands basal crust (see Figure

L3) are in agreement with partial serpentinization (Christensen,

1972, 1978). On the contrary, the low values of Poisson's ratios

for Site 581 basalt crust (see Figure k3) do not indicate any

alteration, like serpentinizatlon. Since serpentinization lowers

seismic velocities, the DARPA velocities of the crust-mantle

transition zone which increase smoothly from 7.1 to 8.3 km/s in the

absence of serpentinization, could be decreased to velocities

ranging from 7.1 to 7.5 km/s with the presence of a gradient in

serpentinization with depth. The Moho boundary (due to a petrologic



157

change from gabbroic to ultramaf Ic rocks) would become a sharp

boundary characterized by an increase in velocity from 7.5 to

8.3 km/s. The serpentinized base of the lower crust would be

characterized by velocities ranging between 7.1 to 7.5 km/s. It is

Interesting to note that the Bay of Islands ophiolite velocity model

contains a 7.14 km/s basal crust and a sharp Moho boundary leading to

upper mantle velocities of 8.3 to 8.14 km/s (see Figure '13).

Christensen and Salisbury (1979) reported evidence of seismic

anisotropy in the upper mantle of the Bay of Islands ophiolite

complex. They found that in the plane of the Mohorovicic

discontinuity, the compressional wave anisotropy is 5% of the mean

velocity of 8.16 km/s. This result is comparable to the P-wave

upper mantle anisotropy of 14% of the mean velocity of 8.15 km/s

determined from our data.

Kempner and Gettrust (1982a) generated synthetic refraction

profiles for the Bay of Islands ophiolite velocity-depth functions

of Salisbury and Christensen (1978). These synthetic seismograms

show a very pronounced crust-mantle triplication centered at about

35 km range. This is similar to our observations on the DARPA

seismic record sections (see Figures 26 through 29).

The main differences between the velocities of our data and of

the Samail ophiolite (see Figure 143) are lower P and S velocities

for the upper crust and upper mantle of the Samail ophiolite. The

fact that old oceanic crust (DARPA) is seismically different from

the Sainail ophiolite in Oman is in accordance with recent work by

Kempner and Gettrust (1982b) and Chapter I of this thesis (also Be
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and Bibee, 19814) where the velocities of the Samail ophiolite have

been found to be very similar to velocities of young oceanic crust.

We have demonstrated that the seismic structure of old oceanic

crust and upper mantle derived from P and S wave data from Site 581

in the northwest Pacific basin Is consistent with measured P and S

velocity samples from the Bay of Islands ophiolite complex. While

there may be other rock types which also fit our measurements, It

seems reasonable to directly interpret our seismic structure in

terms of the Bay of Islands ophiolite petrologic features shown on

the right side of Figure 143.

CONCLUSIONS

The results described in the previous sections of this paper

provide the following conclusions:

(1) Crustal and upper mantle compressional and shear velocity

structure: the principle P-wave components, beginning with a

3.2 km/s velocity at the top of the basement, are a 1.0 km

thickne8s with gradient 2.6 s, a 1.5 km thickness with

gradient 0.7 a 3.2 km thickness with a gradient of 0.1

and a 1.145 km thick Moho transition zone (see Figure 37). The

uppermost few kilometers of the upper mantle have zero gradient

and constant velocity of 8.3 km/s In the east-west direction,

and 0.03 velocity gradient with velocity of 8.0 km/s at the

top of the upper mantle in the north-south directIon (see

Figures 37 and 39). Classically the uppermost two linear

gradient layers listed above would be attributed to the upper
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crust yielding a total thickness of 2.5 km and the lowermost

two to the lower crust which would then be 14.65 km thick. The

total thickness of this 110 m.y. old oceanic crust is thus

7.15 km, this being overlain by an average 300 m of sediment.

In the east-west direction, the principal S-wave components,

beginning with a 1.7 km/s velocity at the top of the basement,

are a 1.0 km thickness with gradient 1.14 &, a 0.8 km

thickness with gradient 0.14 s, a 3.9 km thickness with

gradient 0.1 and a 1.145 km thick crust-mantle transition

zone leading to an upper mantle shear velocity of 14.87 km/s

(see Figure 39).

(2) HOmogeneity of crustal structure: it was shown in Figure

32 that the travel times from all shots along the nine

refraction lines as recorded by three receivers could be

combined within their errors to give a single crustal

velocity-depth function. It was also shown in Figure 36 that

the amplitude distributions as functions of range display

characteristics that are common to the nine refraction lines.

The travel time and amplitude data therefore suggest that, on

the seismic scale (about 0.7 to 1.6 km wavelength), the

110 m.y. old crust near Site 581 is laterally homogeneous.

(3) Upper mantle anisotropy: the P-wave velocity models seen

in Figures 37 and 39 indicate an upper mantle anisotropy of 14%

of the mean 8.15 km/s, with the fast P velocity (8.3 km/s) in

the east-west direction and the slow velocity (8.0 km/s) in the

north-south direction at the top of' the upper mantle. The

upper mantle anisotropy decreases with increasing depth to a
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value of 3% at a depth of 2 km below the Moho. The fast

velocity direction is roughly parallel to the Hokkaido fracture

zone, and should indicate the direction of seafloor spreading

at the time of formation of the crust near Site 581. This

information is an Important result concerning regional tectonic

history at Site 581 since the crust at Site 581 is thought to

have been formed at the now subducted Kula ridge during the

Cretaceous quiet zone and consequently no magnetic seafloor

spreading lineations can be recognized.

(1) Poisson's ratio: the velocity-depth profiles of Figure 39

constrain Poisson's ratio to decrease from 0.30 at the top of

the basement to 0.28 at the bottom of the crust. These values

are consistent with a thin "weathered layer" at the top of the

old crust, underlain by an upper crust with cemented cracks and

fissures and in which only the poorly interconnected porosity

remains. Values around 0.28 for the lower crust are similar to

values obtained from gabbros. The Poisson's ratio in the upper

mantle is 0.2I and is consistent with an ultramaf Ic

composition.

(5) Comparison with ophiolite: We have shown in Figure I3 that

the DARPA velocity structure is similar to the structure of the

Bay of Islands ophiolite determined by Salisbury and

Christensen (1978), confirming that the Bay of Islands

ophiolite is a good working model for mature oceanic crust and

allowing a direct interpretation of oceanic seismic structure

in terms of petrology.
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(6) Energy-distance relationship: We have shown (see Figure 36)

that computing the spectral energy contained in the first

second of each first refracted arrival and generating an

energy-distance plot is an efficient way to determine the

minimum range extent of the crust-mantle triplication.

(7) Ocean bottom seismometer and borehole seismometer: The

results indicate a better data quality for the borehole

seismometer, due mainly to the presence of clear strong shear

arrivals at all ranges on the OSS record section (see Figures

29 and 30). There is no difference in the quality of the

compressional data of the OBS and OSS (see Figures 26 to 29).

The 17.5 dB spectral energy difference between the OBS and OSS

(see Figure 36) can be entirely explained by the difference in

acoustic impedance of the material in which the instrument is

emplaced (soft sediment for the OBS, hard basalt for the OSS).

The shear wave detection difference between OBS and OSS can

possibly be caused by lateral inhomogeneities at the

sediment-basement interface below the OBS which would create a

poor conver8ion of S to P, and/or the presence of a thin

"weathered layer" at the top of the basement which would

greatly attenuate the shear energy. The two causes mentioned

above would decrease the shear energy recorded at the OBS which

sits on top of the sediments, but would not affect the OSS

emplaced tens of meters into the basement.
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CHAPTER IV

A COMPARISON OF SEISMIC PROPERTIES OF
YOUNG AND MATURE OCEANIC CRUST

In this chapter, we attempt to determine the magnitude of

changes of seismic properties of the oceanic crust with age, by

comparing the seismic results of the young crust (0.75 m.y.) of the

ROSE project near the East Pacific Rise (Chapter II) to the results

of the old crust (110 m.y.) of the DARPA experiment in the northwest

Pacific basin (Chapter III).

Most of the early marine seismic refraction profiles were

interpreted by fitting straight line segments to the first arrivals

and computing velocities and depths using a standard formula for

layered models. It was from these procedures that concepts of a

layered oceanic crust consisting of Layer 1 (sediment), Layer 2

(basement), Layer 3 (oceanic layer) and an upper mantle were

derived. Raitt (1963) has summarized a number of experiments in

this way, and Woollard (1975) has analyzed a large body of

refraction data in terms of the change in crustal parameters with

age and correlation with other geophysical parameters. With the

advance in seismic refraction interpretation techniques, a more

detailed picture of the crust was obtained. The analysis of

refraction data using the tau inversion method (Kennett and Orcutt,

1976), synthetic seismograms (Heimberger arid Morris, 1969; Orcutt et

al., 1975; Lewis and Snydsman, 1977; Lewis, 1978; Whitmarsh, 1978;

Stephen et al., 1980; Detrick and Purdy, 1980), and array velocities

(Lewis and Snydsman, 1977, 1979) suggests that velocity structure in
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the crust more nearly approximates a continuous function (series of

linear gradients). Most results from reflection seismology give

further support, in that intererustal reflections are seldom

observed, while reflections from the crust-mantle transition are

relatively common in variable angle reflection profiles (Ewing and

Houtz, 1969; Houtz, 1977) and in near-normal incidence multichannel

profiles (Grow and Marki, 1977; Buhi et al., 1978; Stoffa and Buhi,

1979). The compresslonal and shear velocity-depth profiles of young

and mature oceanic crust obtained from the analysis of the ROSE and

DARPA refraction data using the tau-zeta inversion method (Dorman

and Jacobson, 1981) and displayed in Figure 1I1 are in agreement with

the new picture of the velocity structure of the crust. Velocity

increases continuously with depth in young and mature crusts and the

velocity-depth profiles do not suggest any crustal layering in the

form of first-order discontinuitles. However, in order to retain

continuity with previously published work, for example Raitt (1963),

the layering structure will be retained but Layer 2 and Layer 3 will

be called upper and lower crust. Since we are now dealing with

gradients rather than discrete layers, it is therefore difficult to

define unambiguously the boundary between crust and mantle. We

define the total thickness of the crust as the thickness between the

top of the basement and the top of the upper mantle, and we place

the upper-lower crust boundary at the first clear change in velocity

gradient when starting form the top of the basement. The horizontal

bars displayed in the P-wave velocity-depth plots of Figure 1I mark

the upper-lower crust and crust-mantle boundaries. These divisions
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Figure 1 Comparisons of V, Vs and Poisson's ratio of the young

(0.75 m.y. of age) crust and upper mantle of the ROSE

Project with the mature (110 m.y. of age) crust and

upper mantle of the DARPA Experiment. The horizontal

bars on the P velocity-depth profiles mark the

upper-lower crust and crust-upper mantle boundaries.

This figure illustrates the upper crustal and upper

mantle velocity increase with age and the crustal

thickening with age.
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result in upper and lower crustal thicknesses of 2.1 km and 3.8 km

for the young crust near the East Pacific Rise, and 2.5 km and

11.65 km for the old crust in the northwest Pacific basin.

Crustal and upper mantle structure and seismic velocities vary

with increasing age. From different experiments and seismic data

compilation studies (e.g., LePichon, 1969; Goslin et al., 1972;

Christensen and Salisbury, 1975; Woollard, 1975; Bibee and Shor,

1976; Houtz and Ewing, 1976; Lewis, 1978; Lewis and Snydsman, 1979)

it has been found that at least three important changes occur in the

crust and upper mantle with age: (1) the upper crustal velocities

increase with age, (2) the crust thickens with age,.and (3) the

upper mantle velocities increase with age.

We will examine age-dependent changes in the young HOSE and old

DARPA crusts and upper mantles (Figure 1111) in light of the three

observations listed above. However, we have to keep in mind that

two data points are insufficient to draw conclusions concerning the

age dependence of crustal and upper mantle velocities. We also

recognize that velocities may be affected by factors other than age.

Spreading rate, azimuth, tectonic effects, and other lateral

heterogeneities may have an effect. Woollard (1975) and Reid and

Jackson (1981) have discussed some of these relationships, which are

beyond the scope of this study.

THE UPPER CRUSTAL VELOCITIES INCREASE WITH AGE

Since the shallowest depth sampled by both the ROSE and DARPA

data is 0.8 km (from the sediment-basement interface) we only



167

compare velocities from below that depth. The compressional and

shear velocities of the upper crust determined from our data (Figure

1414) increase with age from 5.0-5.7 km/s to 11.5-6.7 km/s for the P

velocities, and from 2.7-3.2 km/s to 3.0-3.6 km/s for the S

velocities.

To explain the upper crustal velocity increase with age, first

shown by Houtz and Ewing (1976), it has been suggested that cracks,

voids and rubble zones associated with newly formed upper crust are

filled and cemented by mineralization as the crust ages, resulting

in a gradual increase in upper crustal velocities (Christensen and

Salisbury, 1972, 1973; Houtz and Ewing, 1976; Schreiber and Fox,

1976, 1977; Lewis, 1978; Spudich and Orcutt, 1980).

The velocities and Poisson's ratios of the ROSE and DARPA upper

crusts (Figure 1114) are similar to laboratory values obtained from

fresh to altered tholeiltic basalts (Christensen and Salisbury,

1975; Christensen, 1978; Hyndinan, 1979).

THE CRUST THICKENS WITH AGE

Our results (Figure ±114) indicate a total crustal thickness of

6.1 km for the young ROSE crust and 7.15 km for the old DARPA crust.

This corresponds to a crustal thickening of 1.05 km over a time

period of about 110 m.y. Since the upper crust increases only

slightly from 2.1 km (young crust) to 2.5 km (old crust), most of

the crustal thickening is associated with the lower crust. Our

lower crustal thicknesses fall close to the average curve of the



thickness of the oceanic layer versus age f or the Pacific Ocean

(Figure 14 in Christensen and Salisbury, 1975): 3.8 km (ROSE) to

3.1 km (average) at age 0.75 m.y., and 14.65 km (DARPA) to 14.8 km

(average) at age 110 m.y. Our lower crustal thicknesses are well

within the scatter of the values reported by Christensen and

Salisbury (1975). The scatter of their values is mostly due to

compilation of seismic results encompassing varying rates of

spreading, but also probably due to differences of computational

techniques.

Thickening of the lower crust with age has been reported by

several investigators who have synthetized data from the Pacific

(e.g., Shor et al., 1971; Goslin et al., 1972; Le Pichon et al.,

1973; Christensen and Salisbury, 1975; Lewis and Snydsman, 1977,

1979). It has been suggested that convective circulation of water

in the crust penetrates to depths of about 8 km (Lister, 19714)

causing varying degrees of serpentinization of the ultramafics in

the lower crust or upper mantle (Woollard, 1975; Clague and Straley,

1977; Lewis and Snydsman, 1977; Luyendyk and Nichols, 1977; Lewis,

1978; Lewis and Snydsman, 1979; Nichols et al., 1980). The process

of deep crust and upper mantle alteration appears to continue f or

approximately 30 m.y., at which time the apparent thickening of the

oceanic crust ceases (Goslin et al., 1972; Woollard, 1975; Tréhu et

al,, 1976).

The shear velocity structures of the ROSE and DARPA crusts

(Figure 1414) exclude the likelihood of a high degree of

serpentinization in the lower crust or upper mantle. Christensen

and Salisbury (1975), and Christensen (1978) reported that Poisson's
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ratios of serpentine bearing rocks are relatively high (> 0.30).

The values of Poisson's ratios of the basal part of the lower crust

and of the upper mantle of the ROSE and DARPA experiments shown in

Figure 1414 range from 0.211 to 0.29 and do not indicate that the lower

crustal and upper mantle rocks are serpentinized.

Christensen and Salisbury (1975) gave another hypothesis for

crustal thickening with age. They attributed crustal thickening of

the lower crust to off-ridge intrusion of anomalous mantle material,

occurring for at least 140 m.y. subsequent to initial production.

Our crustal data are consistent with this hypothesis.

THE UPPER MANTLE VELOCITIES INCREASE WITH AGE

Since we have detected evidence of anisotropy in the DARPA

upper mantle (see Chapter III) it is better to compare ranges of

upper mantle velocity instead of velocity alone for the young and

mature crust. The upper mantle velocities for the DARPA experiment

ranged from 8.0 to 8.3 km/s (see Chapter III). Unfortunately the

ROSE data we examined was one-dimensional and we could not measure

anisotropy. However, Lewis and Garmany (1982) reported upper mantle

anisotropy for the ROSE area with velocities at the top of the upper

mantle varying from 7.8 km/s to 8.1 km/s. Our data therefore

indicate an increase in upper mantle velocities with age from

7.8-8.1 km/s in the young ROSE crust to 8.0-8.3 km/s in the old

DARPA crust.

The increase in upper mantle velocity with age was first

noticed by Shor etal. (1971), demonstrated by Bibee and Shor
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(1976), and more recently reported by Lewis (1978) and Atallah and

McClain (1983). Bibee and Shor (1976) have Interpreted the Increase

In upper mantle velocity with age as reflecting the cooling of the

upper mantle. Velocities ranging between 7.1 and 7.8 km/s have been

frequently observed in young crust but are almost absent in crust

more than 0 m.y. old (Christensen and Salisbury, 1975; Lewis,

1978). Such velocities have been referred to as anomalous upper

mantle by Christensen and Salisbury (1975). The anomalous upper

mantle is thought to exist beneath crust to at least 50 m.y. from

the ridge axis (Christensen and Salisbury, 1975).

The compresslonal and shear upper mantle velocities of the

DARPA and ROSE experiments shown in Figure 1I are associated with

low Poisson's ratios of about 0.211 to 0.26 and are similar to

laboratory values obtained from ultramafics like harzburgite

(Hyndman, 1979; Salisbury and Christensen, 1978; Christensen and

Smewing, 1981) and dunite (Salisbury and Christensen, 1978).

OTHER AGE VARIATIONS OF VELOCITIES

Figure 1111 shows that the upper-lower crust boundary,

characterized by a marked change in velocity gradient, is much more

developed for the old crust. In the young crust of the ROSE project

the velocities increase smoothly from the bottom of the upper crust

to the top of the lower crust with no sharp change in velocity

gradient. In the old crust of the DARPA experiment there is an

abrupt change in velocity gradient (high to low) between the upper

and lower crust. The upper-lower crust boundary has been thought to
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correspond to the basalt-gabbro transition (Fox et al., 1973) or to

a metamorphic fades change from greenschist to amphibolite

(Christensen, 1970, Christensen and Salisbury, 1975; Kempner and

Gettrust, 1982a). This petrologic or metamorphic change corresponds

to a rapid increase in P-wave velocity from 6.2 to 6.7 km/s, which

occurs within a few tens to hundreds of meters and would be

difficult to detect with the seismic wavelength involved in the

refraction technique. The velocity-depth profiles of Figure 1111

therefore do not give a detailed, but only gross idea of what the

boundary really looks like. There is however a genuine difference

between young and old crust and this study shows that the

upper-lower crust boundary seems to be age dependent.

The nature of the lower crust remains controversial.

Christensen and Salisbury (1975) showed an inverse relation of mean

P-wave lower crustal velocity with age. Both high P-wave velocity

basal layers (Sutton et al., 1971) and P-wave low-velocity zones

(Lewis and Snydsman, 1977, 1979; Meeder et al., 1977; Lewis, 1978)

have been proposed f or the lower crust. Bibee and Shor (1976)

examined a large body of refraction data in the Pacific and

concluded that the velocities of the lower crust do not vary

significantly with age. Our study (see Figure 14Z1) seems to indicate

that the lower crustal velocities of the young crust have a wider

range but the average lower crustal velocity stays the same

(approximately 6.9 to 7.0 km/s for the compressional wave, and about

11.8 to 11.9 km/s f or the shear wave) when age increases. The lower

crustal velocities and Poisson's ratios summarized in Figure 1111 are

similar to previously reported values summarized by Christensen and
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Salisbury (1975) and Hyndman (1979), and to other determinations of

Poisson's ratio in the lower crust: 0.27 on the Hawaiian Arch

(Helmberger and Morris, 1970); 0.25 to 0.28 In the Banda Sea (Purdy

and Detrick, 1978); 028 from a downhole seismic experiment

(Stephen, 1977); and 0.27 in the North Atlantic (White, 1979). Our

lower crustal velocities and Poisson's ratios (Figure II) are

typical of those found in laboratory studies under suitable

confining pressures on metadolerites and metagabbros (Christensen

and Salisbury, 1975; Christensen, 1978; Salisbury and Christensen,

1978; Hyndman, 1979). The Poisson's ratios (see Figure 4) of the

young oceanic crust are higher than the Poisson's.ratios of the old

oceanic crust, down to about 14 km depth. This is consistent with

open cracks and fractures and high grain boundary porosity in the

young upper crust near the ridge, and cemented cracks and fractures

and low porosity (only the vesicular porosity remains) in the old

upper crust far from the ridge.

CONCLUSIONS REGARDING THE PETROLOGIC STRUCTURE AND
THE ORIGIN OF THE OCEANIC CRUST

The compresslonal and shear velocities of the young ROSE crust

and the mature DARPA crust (Figure 1114), together with the

conclusions drawn In Chapters II and III from the comparison with

ophiolites, are in agreement with the following simplified

petrologic structure for the oceanic crust. The upper crust is

composed of tholeiltic basalts underlain by metabasalts and

brecciated dikes. The upper-lower crust boundary marks either the

change from basalt to gabbro or the change from greenschist to
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amphibolite facies. The lower crust is composed of metadolerite

sheeted dikes at the top, underlain by respectively plagioclase-rich

gabbros, pyroxene gabbros, and cumulate pyroxene and olivine

gabbros. The crust-mantle boundary is the transition from cumulate

to tectonite. The upper mantle is composed of tectonized

harzburgite and dunite.

The compressional and shear velocities of the young ROSE crust

and the mature DARPA crust (Figure 2414) are in agreement with the

three following age-dependent changes: the upper crustal velocities

increase with age, the crust thickens with age but not as much as

suggested, the upper mantle velocities increase with age. These

observations, together with the fact that the ROSE and DARPA data do

not indicate the presence of serpentinization in the lowermost crust

or upper mantle, are consistent with the following simplified origin

of the oceanic crust, an hypothesis given by Christensen and

Salisbury (1975). Crustal thickening of the lower crust is

attributed to off-ridge intrusion, occurring for at least 240 m.y.

subsequent to initial production. Upper basalt and dike layers are

formed largely at the median valley and are not affected by

intrusions into the lower crust. The anomalous mantle, the

storehouse for magmatic intrusives, is thought to exist beneath the

crust to at least 50 m.y. from the ridge axis, but has thinned out

considerably thereafter as the crust cools and solidified normal

mantle ultramafics forms the upper mantle.
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