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Understanding the degree to which topography of erosional landscapes in
active mountain belts encode the rates and patterns of active deformation in the upper
crust is a primary goal in the field of tectonic geomorphology. In particular, the
convolved influence of variations in rock mass quality and the erodibility of
landscapes, climate and the efficiency of transport processes, and differential rock
uplift in space and time makes extracting quantitative histories of deformation from
topography challenging. In this dissertation, I examine the association among channel
and hillslope morphology, erosion rate, and sediment delivery in two mountain ranges
developed along active fault systems. Each field site experiences relatively uniform
climate, and the channel systems in each range are developed within relatively
monolithologic substrate. These conditions help isolate the influence of tectonic
forcing on landscape topography, and I combine quantitative analysis of channel and
hillslope morphology with estimates of erosion rate to explore how each landscape
adjusts to spatial and temporal differences in erosion rates driven by differential uplift
of rock.
In the first field site, a series of first-order watersheds draining the western
flank of Bolinas Ridge in the Coast Range of central California exhibit systematic
spatial differences in topographic relief, channel steepness, and ridgecrest curvature
atop interfluves. Grain size distributions of channel bed sediment co-vary with
channel steepness; median grain size fractions are coarser and distributions exhibit
wider variance in steeper watersheds. These observations imply that transport

thresholds likely co-vary with rock uplift and erosion rate. I employ a stochastic
threshold incision stream-power model driven with runoff variability calibrated
against discharge distributions in nearby watersheds to explore the implications of
variations in grain size for channel steepness. Analysis of decadal records of daily
discharge along nearby rivers suggests that frequency-magnitude relationships are
best fit by a stretched exponential distribution. When combined with the stochastic
threshold river incision model, these discharge distributions predict a non-linear
relationship between steady-state channel steepness and erosion rate, similar to
findings in other tectonically active mountain ranges. However, the co-variance of
grain size with erosion rate leads to systematic differences in the transport threshold,
which in turn implies that the effective scaling between erosion rate and channel
steepness is close to linear. Thus, I conclude that the spatial pattern of channel
steepness along Bolinas Ridge is a reasonable approximation of the spatial pattern of
differential rock uplift.
In the second field site, I explore the response of channels to a temporal
increase in relative rock uplift rate. Along the Inyo Mountains, in eastern California,
steep watersheds are developed in the footwall of the Saline Valley fault system.
Dextral, oblique normal slip along this fault leads to uplift of the footwall, and the
presence of knickpoints at relatively uniform elevations implies that channel profiles
record temporal acceleration in transient channel incision and rock uplift driven by
fault throw. Recent studies to invert profile shape for the history of fault throw
suggest an acceleration in the past 1-3 Ma. Determinations of erosion rate above and
below knickpoints using cosmogenic 10Be in modern sediment document a non-linear
scaling relationship between channel adjustment and erosion rate. This is interpreted
to reflect the influence of a threshold for incision. Analysis of response timescale that
includes measured erosion rate suggests a relatively recent increase in fault throw
rate, in the past 0.5-1 Ma. These results suggest caution when using a linear model to
invert channel profile shape for uplift history. Overall, my integrated results highlight
the use of topographic adjustment in actively channel-incising landscapes as an
efficient reconnaissance tool to describe the dynamics of active deformation over
space and time.
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Chapter 1
Introduction

1.1 Project Motivation and Research Overview
The topographic form of erosional landscapes reflects the interactions among
tectonics, climatically-driven surface processes, and erodibility of bedrock (Howard
et al., 1994; Dietrich et al., 2003; Whittaker et al., 2008; Whipple, 2009; Armitage et
al., 2011). The manner and degree to which these factors conspire to influence
landscape topography means that extracting quantitative information about the rates
and patterns of deformation from geomorphology remains a first-order challenge. In
settings where lithologic and climatic conditions are relatively uniform and constant,
variations in the spatial and temporal patterns of differential rock uplift are encoded
in the adjustment of Earth’s surface topography such that erosion rates approach
quasi-steady balance with rock uplift (e.g., Willett and Brandon, 2002; Wobus et al.,
2006b).
Because channel networks govern the steady-state relief structure of mountain
belts (Whipple et al., 1999), modulate the response of landscapes to changes in
boundary conditions (Niemann et al., 2001; Whipple, 2001), and set the lower
boundary condition for hillslope erosion (Fernandes and Dietrich, 1997), a significant
body of work has focused on the way in which channel morphology adjusts to
differential rock uplift (see reviews by Whipple, 2004; Kirby and Whipple, 2012;
Lague, 2014). Results of numerous recent studies suggest that the longitudinal
profiles of channel networks set the adjustment of landscape relief in most actively
eroding mountain ranges (Whipple et al., 1999; Duvall et al., 2004; Kirby and
Whipple, 2012) and potentially allow inference of spatial and temporal changes in
rock uplift rate (Kirby and Whipple, 2001; Kirby et al., 2003, 2007). As rock uplift
rates and channel gradients increase, channels steepen and discharge events become
more erosive; global scaling relationships between erosion rate and channel steepness
(a measure of channel gradient normalized for contributing drainage basin area) show
positive, monotonic correlations in a variety of orogenic settings (Kirby and Whipple,
2012; Figure 1.1).
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The nature of such scaling relationships between erosion rate and channel
steepness, however, suggests that the adjustment of channel morphology is not a
simple one. It has been long recognized that incision into bedrock is modulated by the
volume and caliber of sediment transported through the network (Sklar and Dietrich,
1998; Whipple and Tucker, 2002), and correlations between bed slope and the grain
size of sediment (e.g., Hack, 1957) make evident the fact that bedrock incision
requires mobilization and transport of bed sediment. In recent years, this effect has
been incorporated into models of bedrock incision. Such models typically
parameterize bedrock incision in terms of mean discharge and channel slope (e.g.,
Howard, 1994; Whipple and Tucker, 1999), and most suggest that incision rate
depends linearly on the slope of the channel (e.g., Willett et al., 2014). Such models
do not sufficiently capture the non-linear scaling relationships between erosion rate
and channel steepness, however. Rather, a body of recent work (Snyder et al., 2003;
Tucker, 2004; Lague et al, 2005; DiBiase and Whipple, 2011; Lague, 2014) suggests
that non-linear adjustment of channel steepness to erosion rate emerges from the
interplay between 1) a frequency-magnitude distribution of runoff events and 2) a
threshold discharge at which bedrock erosion becomes effective. These studies
explain global scaling relationships as a combination of variations in rock strength,
mean climate (discharge), and climate state (variability of discharge) (Figure 1.2).
Most of these studies begin with a simplifying assumption that single
threshold, or value of critical shear stress required to initiate sediment transport, is
sufficient to describe scaling relationships between channel steepness and erosion rate
in a given field site (e.g., DiBiase and Whipple, 2011). Variations in sediment grain
size will clearly influence the value of this critical shear stress, leading to differences
in channel profile gradient that depend on sediment size distributions (e.g., DiBiase et
al., 2018; Shobe et al., 2018).
The overall research focus is to explore how landscape topography in
tectonically active mountain ranges encodes the signals of active deformation from
tectonic perturbations. Although a conventional approach to characterize active
deformation on geological structures largely depends on geomorphic markers,
numerous active orogens lack such identifiable geomorphic features due to influences
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of global climate change and/or rapidly eroding landscapes. Moreover, the utility of
geomorphic markers to quantify pre-deformational geometry and deformation rate is
largely limited to <100 ka (Kirby and Whipple, 2012). In Chapter 2, I initially
investigate the morphology of channels and hillslopes morphology from first-order
watersheds along Bolinas Ridge, California to explore signals of modern tectonic
deformation. Because the field site experiences relatively uniform climate and is
characterized by similar bedrock, systematic and coordinated increases in channel
steepness, landscape relief, and ridgetop curvature of interfluves are hypothesized to
reflect the spatial increase in rock uplift and/or erosion rate. My findings confirm
previous studies that suggest that channels (Kirby et al., 2007) and hillslopes (Hurst et
al., 2019) record spatially variable rock uplift along the ridge. Although the outbreak
of COVID-19 prevented analysis of erosion rates from inventories of cosmogenic
10

Be isotopes in modern sediment (e.g. Granger et al., 1996), such data are

forthcoming, and sample methods are included in the appendices.
The coordinated adjustment of both hillslope and channel topography along
Bolinas Ridge enables a test of the influence of variable grain size on thresholds for
sediment transport and, ultimately, on the adjustment of channel steepness to uplift
rates along Bolinas Ridge. In Chapter 3, I document systematic variations in grain
size distributions of channel bed sediment. Although sediment grain size is often
thought to vary with the rate of erosion rate in upland watersheds (Riebe et al., 2015),
quantifying variations in grain size with differences in erosion rate have proven
challenging (Sklar et al., 2017). In this chapter, I combine observations of bed
sediment size, analysis of discharge relationships from the region (e.g., Rossi et al.,
2016), and a stochastic threshold incision model (e.g. Lague et al., 2005) to explore
the consequence of co-variance of grain size, erosion rate, and channel steepness
along Bolinas Ridge for the adjustment of channels to rock uplift rate.
The use of topography of channel systems to decode the temporal dynamics
of active deformation resulting from tectonic perturbations is further explored in
Chapter 4. Here, I utilize channel profiles and hillslope morphology on the footwall
block of the Inyo Mountains fault zone, in Saline Valley, California. Previous work
has shown that channels in the footwall of this dextral-oblique normal fault exhibit
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non-steady profiles marked by prominent knickpoints midway up from the valley
floor (Kirby and Whipple, 2012). These have been interpreted as a transient response
to an increase the rate of fault throw along the range front (Kirby and Whipple, 2012),
and recent methods to invert profile shape for uplift history suggest an acceleration in
fault throw over the past 2-3 Ma (Goren et al., 2014). I use a data set of 10Be
inventories from watershed sediment to estimate erosion rates of channels in both the
“relict” landscape (Crosby and Whipple, 2006) above knickpoints and erosion rates of
the steep channels below knickpoints. These data are consistent with a non-linear
scaling between channel steepness and erosion rate, suggesting the possibility of a
general behavior similar to channels at Bolinas Ridge. I show how these erosion rates
can be used to refine our estimates of the response timescale of these channels and
thus place tighter constraints on the acceleration of fault slip along the range front
fault. Furthermore, this chapter again emphasizes the likely importance of the role of
sediment transport thresholds in controlling the nonlinear scaling relationship
between channel steepness and erosion rate from observations within the Inyo
Mountains.
Collectively, these analyses of landscape morphology in tectonically active
incising Bolinas Ridge and Saline Valley confirm that the topography of actively
eroding landscapes records information about the insight into spatial and temporal
dynamics of active deformation. Even though it is increasingly apparent in several
field observations that the mechanical properties of rock can strongly influence
landscape relief (DiBiase et al., 2018), as well as govern the interplay between
subsurface hydrology, weathering, and transformation of rock to regolith (St Clair et
al., 2015; West et al., 2019), my work suggests that it may be possible to account for
the combined effect of co-variations in erosion rate, sediment grain size distributions
(Sklar et al., 2017), and incision thresholds in modulating the adjustment of channel
longitudinal profiles uplift rate in tectonically active landscapes.
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Figure 1.1: Global compilations of published data relating normalized channel
steepness index (ksn) and basin-averaged erosion rate. The dependence of channel
steepness on erosion rate is positive and monotonic and likely reflects the relative
influences of climatic variability and rock mass quality (modified from Kirby and
Whipple, 2012).
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Figure 1.2: Variation of topographic relief with similar erosion rate. Three
watersheds that experience similar erosion rates (500 mMa-1), but topographic relief
varies as approximately fivefold increase. The variability is likely to reflect the
differences in rock materials properties, effect of climate, and basin-scale erodibility
(figured by R.A. DiBiase in Huntington and Klepeis, 2018).
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2.1 Abstract
The evolution of landscape in tectonically active mountain ranges reflects the
interaction between tectonics, climatically-modulated erosional processes, and
bedrock erodibility. The convolved effects of this interaction make it challenging to
extract information regarding the patterns and rates of deformation from the erosional
response of the landscape. Recent advances in the resolution of digital topographic
data allows more precise descriptions of landscape features that provide insight into
erosional processes. In this chapter, I perform analyses of channel networks and
hillslope morphology utilizing high-resolution LiDAR data (nominal resolution of 1
m) in small watersheds along an inferred uplift rate gradient along Bolinas Ridge,
California, where lithology and climate are relatively uniform. I quantitatively
characterize differences in topographic relief, the morphology of longitudinal profiles
of first-order channels and the curvature of interfluve ridgelines along the transect.
Systematic increases in both channel steepness and ridgetop curvature correspond
with an increase in topographic relief along the ridge from north to south. My results
confirm a previous study (Hurst et al., 2019) that suggests that hillslope and channel
adjustment are tightly coupled along the transect and erosion rates are likely variable
along the range. I use existing 10Be data from nearby watersheds to calibrate the
dependence of ridgetop curvature on erosion rates. This approach predicts that
erosion rates vary from ~100 mMa-1 at the northern end of the transect to ~400 mMa-1
in the steep watersheds in the south. These predictions of erosion rates can be tested
using catchment-averaged erosion rates from cosmogenic isotopes.

2.2 Motivation
Landscape evolution in tectonically active mountain ranges is driven by the
interactions among tectonics, climatically-driven surface processes, and erodibility of
bedrock (Whittaker et al., 2008; Whipple, 2009; Armitage et al., 2011).
Understanding of these dynamic interactions is one of the primary goals of research
in tectonic geomorphology. The interaction controls topography and dictates erosion
rate; tectonics acts to change regional surface elevations via differential uplift of rock,
while climate modulates the efficiency of erosional processes that transport sediment
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and debris down topographic gradients. The mechanical properties of bedrock play a
central role in generating local relief (e.g. Hack, 1957), as the resistance to
weathering and erosion processes dictates local slope (Schmidt and Montgomery,
1995), generating knickpoints and waterfalls in channel systems (e.g. DiBiase et al.,
2015), and likely govern the timescales of landscape response to relative base-level
fall (e.g. Forte et al., 2016). The way in which these systems conspire to generate
differences among topography makes the challenge of extracting information about
the rates and patterns of deformation from topographic observations, a first-order
question in geomorphology and tectonics (e.g. Huntington and Klepeis, 2018).
The development of digital representations of topography provides an
opportunity to investigate the influences of tectonic and climatic forcing on landscape
adjustment. Numerous studies take advantages on digital topographic data to quantify
this question based on both a theoretical framework (e.g. Howard et al.,1994;
Whipple and Tucker, 1999) and observations in natural field sites with simple and/or
known boundary conditions (e.g. Kirby and Whipple, 2001; Duvall et al., 2004). The
topographic forms of channels and hillslopes have been primarily used to investigate
the competing effects on landscapes. The response of the bedrock channel networks
largely governs the adjustment of longitudinal profiles and topographic relief to
differential rock uplift rate (Snyder et al., 2000; Wobus et al., 2006b; Kirby et al.,
2007; DiBiase et al., 2010). Channels define the local relief structure of the landscape
(e.g., Hilley et al., 2019), transmit signals of changes in tectonic and climatic
conditions throughout a landscape via the progressive upstream migration of
knickpoints (Whipple and Tucker, 1999; Wobus et al., 2006a, Kirby and Whipple,
2012), and set lower boundary conditions for hillslopes (e.g. DiBiase et al., 2012;
Hurst et al., 2012; 2013). The new base-level conditions dictate rates and amount of
hillslope sediment flux and mass movement toward channels (e.g. Fernandes and
Dietrich, 1997). As a consequence, hillslope adjustment to relative base level fall lags
behind incision along the channel networks, and the curvature along interfluves
represent the last part of landscape adjustment to a base-level lowering event (e.g.
Hurst et al., 2012, 2013).
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The coupling among erosion processes and rates on hillslopes, the resulting
amount of and grain size of sediment delivered to channels, and the response of the
channel network is recognized as a key linkage between hillslope erosion and channel
behavior. Sediment load and grain size distributions may modulates the ability of
channel to keep pace with rock uplift and dictate the transport gradients required
along the channel to do so (e.g. Sklar and Dietrich, 1998; Johnson et al., 2009;
Turowski et al., 2015). Despite the importance of this feedback, the problem of
predicting the size distribution of clasts during weathering and erosion is challenging
(Sklar et al., 2017), as these depend strongly on the mechanical properties of bedrock
(e.g. Marshall and Roering, 2014), climate (Riebe et al., 2015), and fracture density
(DiBiase et al., 2018).
The mutually systematic responses among channels, hillslopes, and sediment
to external influences from tectonic and climatic forcing can provide the information
on landscape adjustment with different response timescales. Longitudinal profiles of
channel networks adjust to rock uplift rate (e.g. Kirby et al., 2003; Duvall et al.,
2004), and ridgetop curvature likewise adjusts to rates of soil production and erosion
(e.g. Heimsath et al., 1997; Hurst et al., 2012). In topographic steady-state, both of
those metrics should reflect rates of lowering across a landscape. However, relatively
few studies have explored the coupled response of both channels and hillslopes to
external forcing from tectonics. One of the most recent attempts to do so utilized the
same field site as our study (Hurst et al., 2019), and this chapter will compare results
to this work.
In this chapter, I evaluate channel longitudinal profiles and hillslope
morphology extracted from a 1-m high resolution digital elevation model (DEM)
along an inferred gradient in rock uplift rate in order to test hypothesis that the
differences in landscape forms (e.g. channel and hillslope properties) reflect spatial
differences in erosion rate driven by differential rock uplift. The analysis focuses on
associations among erosion rate, hillslope, and channel morphology along Bolinas
Ridge, a small coastal mountain range in central California adjacent to the San
Andreas Fault. Previous analysis of a coarse-resolution (~10 m) DEM led by Kirby et
al., (2007) suggests that differential rock uplift along the ridge was encoded in
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landscape topography. More recently, Hurst et al., (2019) utilized the same
topographic data to evaluate hillslope morphology; these authors conclude that both
hillslopes and channels are responding to a spatial gradient in rock uplift rate, but that
landscape adjustment was incomplete, as hillslopes appear to yet be fully adjusted to
the local rates of lowering along channels. In this chapter, I conduct an independent
analysis of channel profiles and ridgetop curvature along Bolinas Ridge using a highresolution DEM that was generated from airborne LiDAR surveys (OpenTopography,
2012). I combine this analysis with regional data on the relationship among
topographic curvature, soil thickness and erosion rate to make a prediction for the
likely rate of erosion and uplift along the ridge.

2.3 Study Site: Bolinas Ridge, California
Bolinas Ridge is a 30-km-long northwest-southeast trending ridge that runs
parallel to the San Andreas Fault (SAF) in Marin County, California (Page et al.,
1998; Jones et al, 2004; Kirby et al., 2007). The crest of the ridgeline increases from
relatively low elevations near 200 m at the northern end of the study site to ~650 m
along the northwestern flank of Mount Tamalpais (Figure 2.1A-B). In general,
elevations in the coastal ranges east of Bolinas Ridge also rise from north to south
across Marin County, California (Johnson et al., 2009). The western flank of the ridge
is drained by approximately 40 first- and second-order comparable-sized watersheds
and exhibits systematic along-strike differences in topographic relief (Kirby et al.,
2007). The increase in elevation from northwest to southeast corresponds to a
progressive growth in both hillslope gradient and topographic relief within first- and
second-order watersheds. Hillslopes exhibit low relief, gentle gradients, and broadly
convex ridgetops in the north, whereas toward the south, hillslopes progressively
steepen and develop highly convex-upward interfluves (Figure 2.2A). In a previous
analysis, Kirby et al., (2007) demonstrated that these differences in hillslope relief
were associated with systematic increases in channel steepness of the longitudinal
profiles of the channels. For the topographic analysis in this chapter, I separate firstorder channels and interfluves of the study site into 3 sections: north, central, and
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south. Channels in each region are numbered progressively from north to south: 1-14,
15-24, 25-41, respectively.
Bolinas Ridge is underlain by relatively uniform Cretaceous sandstones and
volcaniclastic metasedimentary rocks embedded within the Franciscan terrane (Figure
2.2B). The complex as a whole is a sheared and deformed amalgamation of
accretionary prism materials (Bailey et al., 1964; Clark and Brabb, 1997; Blake et al.,
2000), and absence of well-defined stratigraphy makes it difficult to directly image
structures potentially responsible for the purported uplift rate gradient (Kirby et al.,
2007; Johnson et al., 2009). However, most of Bolinas Ridge is underlain by a lens of
volcaniclastic sediment which is of relatively uniform grain size and composition
along the field site. Thus, to first order, comparison of channel profile shape along the
ridge can be conducted in the absence of variations in lithology (Kirby et al., 2007).
Climatic conditions in the region are Mediterranean with most precipitation
delivered during major winter storms. The mean annual precipitation ranges from
~890 to 1150 mmyr-1 and the mean annual temperature is between 12 and 16 oC
recorded over the period 1981-2010 (Darly et al., 1997; PRISM climate group, 2006).
However, the variations in the mean annual precipitation and temperature along the
ridge are minimal when compared to regional gradients across the Coast Ranges. This
also suggests that variations in topography along the ridge are not likely to experience
strong differences in climatic conditions (Kirby et al., 2007).
These characteristics make Bolinas Ridge a useful field site to investigate
changes in channel and hillslope morphology in response to spatial variations in rock
uplift and/or erosion rate (Kirby et al., 2007; Hurst et al., 2019). The 1-m high
resolution topographic data are sufficient to capture relatively fine-scale morphology
of both channels and hillslopes along the transect. Here, my analysis mainly focuses
on characterization of the coupling between channel profiles and hillslope
morphology extracted from DEM. Erosion rate along the ridge will be estimated from
a scaling relationship between soil production rates and channel-hillslope forms in the
west of the San Andreas Fault and in the Franciscan mélange by Heimsath et al.,
(1997, 1999, 2005).
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2.4 Methods
Previous studies have shown a systematic variation in topography along
Bolinas Ridge that is interpreted to reflect spatial and/or temporal variations in rock
uplift rate (Kirby et al., 2007). I updated and expanded the analysis using 1-m high
resolution topographic data by replicating the channel analysis of Kirby et al., (2007),
and conducting a new analysis of ridgetop curvature and hillslope morphology.

2.4.1 Channel Profile Analysis
I examined 41 first-order watersheds draining the western flank of Bolinas
Ridge that are perpendicular to the San Andreas Fault. These watersheds are located
at similar geographic latitude and longitude, and have similar channel length (~2-3
km) and drainage area (<3 km2) that allow ready comparison of channel
characteristics across the ridge. Initially, I implemented a continuous method for
extracting stream profile parameters, while recording elevation, cumulative
downstream distance, and contributing drainage area. The built-in scripts of
hydrologic toolset in ArcGIS/INFO were efficiently used to fill pits and data holes in
the raw DEM, to create flow direction and flow accumulation arrays for delineating
drainage basin areas. This work relied on a suite of MATLAB scripts of the Stream
Profiler developed by Snyder et al., (2000) and Whipple et al., (2007) that extract and
analyze stream profile data from these defined drainage basins data (Snyder et al.,
2000; Kirby and Whipple, 2001; Kirby et al., 2003). The tool description, procedures,
and tutorials of the Stream Profiler are publicly downloaded via
http://geomorphtools.geology.isu.edu/Tools/StPro/StPro.htm. This tool allowed us to
set the moving average window of 25 pixels across the entire DEMs for filtering high
frequency of noise from the raw data, removing and smoothening resultant data, but
keeping channel profiles the same. To calculate local channel slopes to be used in
slope-area analysis, channel gradients were resembled and calculated over a fixed
vertical interval of (𝛻z) of 2 m. This vertical interval can capture the change of
average channel gradient throughout entire watersheds (Appendix A1).
The evolution of a detachment-limited channel profile represents that the
𝑑𝑧

change in channel bed elevation (𝑑𝑥) at any point along the channel profile reflects a
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competition between rock uplift (𝑈) and channel incision with relative to a fixed base
level as:
𝑑𝑧
𝑑𝑥

= 𝑈(𝑥,𝑡) − 𝐾𝐴𝑚 𝑆 𝑛

(2.1)

where 𝐾 is erodibility coefficient incorporated substrate-, climate-, and hydrologicdependent variables, 𝐴 is contributing drainage area, 𝑆 is channel slope, 𝑚 and 𝑛 are
exponent. At a topographic steady state, channel incision is equal to rock uplift rate
𝑑𝑧

and 𝑑𝑥 = 0, the steady-state channel slope is
𝑈 1

𝑆 = (𝐾 )𝑛 𝐴

−𝑚
𝑛

(2.2)

which is rewritten as
𝑆 = 𝑘𝑠 𝐴−𝜃

(2.3)
𝑈 1

where 𝑘𝑠 is referred to channel steepness index (𝑘𝑠 = (𝐾)𝑛), and

𝑚
𝑛

or 𝜃 is channel

concavity index (Hack, 1957; Flint, 1974; Wobus et al., 2006a). I regressed the fluvial
portion of the channel network, and excluded hillslope portions and depositional fan
areas at the mount of channels (Figure 2.3A-B). Regressions begin at the upstream
boundary of what is interpreted to be the hillslope-channel transition and extend
downstream to the mounts of the channels. I regressed smooth, concave-up channel
profiles, and if distinct knickpoints were present, regressions were done
independently on reaches above and below the knickpoint.
The channel steepness index (𝑘𝑠 ), obtained from the regression of channel
gradient and drainage area data, represents a metric of how steep the profile is
(Howard, 1994; Willgoose, 1994). Because small variations and/or uncertainties in
regression slope (𝜃) may lead to wide variations in the regression intercept (𝑘𝑠 ), these
make difficulty in comparisons among channels with different drainage basin size and
concavity index. In order to auto-comparison, here, I utilized two methods of gradient
normalization in this study. The first method is to calculate a reference channel
gradient (𝑆𝑟 ) at a fixed reference drainage area (𝐴𝑟 ) that is common to all channels
using equation (2.3). This method is effectively applicable to analyze regression at or
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near midpoint of data used in regression among channels of similar size (Sklar and
Dietrich, 1998). However, it has been shown that it can be difficult to choose a single
drainage area for the reference drainage area (𝐴𝑟 ) in regions where both small and
large watersheds respond to tectonic and climatic influences on landscape forms
(Kirby and Whipple, 2012).
The second method relies on the assumption that the concavity indices of
steady-state channels, experiencing uniform uplift rate, substrate erodibility, and
climate should fall into a relatively specific range (0.4 ≤ 𝜃 ≤ 0.6), an assumption that
seems to be validated in channels from natural field sites (Wobus et al., 2006b; Kirby
and Whipple, 2012). This is referred to as normalized channel steepness index (𝑘𝑠𝑛 )
with a fixed reference concavity index (𝜃𝑟𝑒𝑓 ). This method is applicable to compare
of channel profiles with varying drainage area (Wobus et al., 2006a, 2006b). The 𝜃𝑟𝑒𝑓
is calculated from the regional mean of observed 𝜃 values in undisturbed channel
segments in the study site. In this study, I chose a value for 𝜃𝑟𝑒𝑓 at 0.45 to calculate
normalized channel steepness indices in Bolinas Ridge (Appendix A1). The
difference in 𝑘𝑠𝑛 does not depend on 𝜃𝑟𝑒𝑓 , and allows effective comparison of 𝑘𝑠𝑛 for
channels width different upstream drainage areas (Howard, 1994; Willgoose, 1994;
Stock and Montgomery, 1999; Stock and Dietrich, 2003; Snyder et al., 2003; Duvall
et al., 2004; Wobus et al., 2006b; Kirby and Whipple, 2012).

2.4.2 Extraction of Topographic Curvature of Ridgetop
I extracted 40 individual interfluves located between each channel draining to
the western flank of Bolinas Ridge from the available bare earth digital elevation
data. Ridgetops are delineated from digital topographic data at the intersecting
margins of basins at all stream orders (zero-order and upward) using hillslope
delineation tools provided in ArcGIS/INFO software (e.g. Hurst et al., 2012), and
scripting with MATLAB scripts in TopoToolBox (Schwanghart and Kuhn, 2010;
Schwanghart and Scherler, 2014).
I utilized the GeoNet version 2.0 (Scripting in MATLAB) to filter out noise in
the raw data, to enhance morphological boundaries (e.g. ridgelines and channels) and
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to define the extent of the valley network from high-resolution digital elevation data
(Passalacqua et al., 2010; Sangireddy, et al., 2016). The latest GeoNet version 2.0 is
available to download via https://sites.google.com/site/geonethome/home. Most
positive and negative curvature of each interfluve were smoothed out the data prior to
hillslope-ridgetop extraction (Hurst et al., 2012, 2013). This tool also preserves
several sharp features such as ridgetop-hillslope and hillslope-valley transitions. The
locations of channel head were defined at a steepest descent trace or a slope break
between ridgetop and hillslope (descending slope to intersecting valley bottom)
(Hurst et al., 2012). Those boundaries of channel head were implemented via GeoNet
version 2.0 and TopoToolbox scripts in MATLAB and were illustrated in ArcGIS
(Figure 2.4A-B).
The values of topographic curvature of ridgetops, hillslope gradients, and
drainage areas were extracted by flow-related function scripts in TopoToolbox run in
MATLAB, including FLOWobj-derived drainage areas, gradient8, and curvature.
These values represent common topographic metrics such as elevation (𝑧), drainage
𝑑2 𝑧

𝑑𝑧

area (𝑥 2 ), gradient (𝑑𝑥), and curvature (𝑑𝑥 2). Each point in DEMs was calculated
using the interpolated elevations of the eight nearest grid neighbors. Following Perron
et al., (2009), the ridgetop curvature can be evaluated using of the product of local
slope and contributing drainage area. I evaluated the mean ridgetop curvature as the
mean value for all individual data point with low values of the product of drainage
areas and local slope (Perron et al., 2009). Curvature is expected to be proportional to
the rates of hillslope erosion near the ridgecrest (e.g. Heimsath et al., 1999; Hurst et
al., 2012) (Appendix A2).
The derivation of transport coefficient, length of hillslopes, gradients, and
erosion rate can estimate the time of hillslope response to reach a new equilibrium
(Fernandes and Dietrich, 1997; Roering et al., 2001). Following Roering et al.,
(2001), the response time of hillslope (t) can be estimated by
𝑡 = −𝜏ln (𝑃)

(2.4)

where 𝜏 is an exponential timescale to define how quickly hillslopes reach
equilibrium, 𝑃 is the threshold fraction used to define equilibrium, and 𝑃 = 0.1
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(Fernandes and Dietrich, 1997; Roering et al., 2001; Hurst et al., 2012). The
exponential timescale (𝜏) is approximated by
𝑡=

𝐿𝐻 2

𝐴

(2.5)

𝜅 (1+𝜑)𝛽

4

where 𝐿𝐻 is hillslope length, 𝜅 is landscape diffusivity, 𝐴 is a constant value of 𝜋2
(Mudd and Furbish, 2007), 𝜑 is the ratio of nonlinear to linear components of
sediment flux at arbitrary location along the hillslope (e.g. Roering et al., 2001), and
𝛽 is constant value of 1.74 ± 0.02 (Roering et al., 2001). Notably, the response time
of soil-mantled hillslopes is a function of hillslope length, and the ratio of
nonlinear/linear sediment flux as
{

𝜑=

2
𝑆𝑐
𝑆
[−𝜅+√𝜅 2 +( 𝑐 ) ]}
2𝜀𝐿𝐻
2𝜀𝐿𝐻

(2.6)

2
𝑆
𝑆
1−{ 𝑐 [−𝜅+√𝜅 2 +( 𝑐 ) ]}
2𝜀𝐿𝐻
2𝜀𝐿𝐻

𝜌

where 𝑆𝑐 is critical angle (~0.65 in this study), 𝜀 is (𝜌𝑟 )𝐸, and 𝐸 is hillslope erosion
𝑏

rate (Roering et al., 2001; Hurst et al., 2012). As an equilibrium, this equation
predicts that 𝜑 increases downslope as slope gradient increases and nonlinear
sediment flux rapidly increases than the linear component.

2.5 Results
2.5.1 Spatial Variations in Channel Profiles
The analysis of channel longitudinal profiles reveals systematic variations in
channel gradient and channel steepness indices along the western flank of Bolinas
Ridge (Figure 2.3), similar to those observed by Kirby et al., (2007). Most channels
exhibit smooth, concave-up profiles that represent channels in a steady-state
condition. However, convex knickpoints separating steep lower portions from gentle
upper portions are spatially found in the central part of the transect (Figure 2.5A and
Table 2.1). Figures 2.3A-B show examples of channel longitudinal profiles extracted
along Bolinas Ridge and are further described below.
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The normalized channel steepness indices (ksn) of channels represent a
systematic increase from northwest to southeast along the ridge (Figure 2.5B). Taking
a reference concavity of θref = 0.45, channels in the northern part of the transect
exhibit relatively low 𝑘𝑠𝑛 (~15-20 m0.9) that reflects low-gradient hillslopes and
channels. 𝑘𝑠𝑛 values start to increase at ~8 km from Point Reyes Station and reach a
maximum value of >100 m0.9 near the western flank of Mount Tamalpais (Table 2.1).
Additionally, the presence of knickpoints found along channel profiles appears to be
somewhat independent to spatial increase in 𝑘𝑠𝑛 and channel gradient, except for a
cluster of knickpoints in the central part of the transect. These channels exhibit
steeper channel reaches below knickpoints than upstream reaches (Figures 2.3B and
2.5B). The concavity indices (𝜃) found in channel longitudinal profiles display as a
wide range of scatter data (Figure 2.5C). However, the concavity indices are likely to
decrease in the steeper channels toward the south.
Knickpoints along channels draining Bolinas Ridge occur in 2 geomorphic
positions (Figure 2.5). The first group is found between 7 and 8 km south along the
transect (channels 11 to 14) and is coincident with an initial increase in 𝑘𝑠𝑛 values
from lower values to the north. In these channels, downstream reaches are 2-2.5 times
steeper than upstream reaches. A second cluster of knickpoints occurs between 15
and 20 km south along the transect, in channels numbered 24 to 32. Notably, both the
lower portions of these channels, as well as channel reaches upstream of knickpoints,
are steeper than channels to the north (Figure 2.5). Thus, it appears that not all
steepening of channels has been directly associated with knickpoints passing through
the channels (e.g. Niemann et al., 2001). More likely, the observed knickpoints
preserve only part of the history of incision and channel adjustment (e.g. DiBiase et
al., 2015).
Collectively, the analysis presented here indicates that 𝑘𝑠𝑛 values increase
approximately sevenfold along Bolinas Ridge, from the lowest 𝑘𝑠𝑛 values of ~15 - 20
m0.9 near the northern end of the transect to the highest 𝑘𝑠𝑛 value ~110 m0.9 near the
western flank of Mount Tamalpais massif (Table 2.1). To first order, this increase
appears well-fit by an exponential function (𝑟 2 = 0.85) (Figure 2.5). These results
from channel profile analysis of high-resolution LiDAR-derived topography are quite
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similar in both magnitude and spatial pattern to the previous results obtained by Kirby
et al., (2007), suggesting that both datasets adequately represent changes in channel
topography in response to spatially variable rock uplift.

2.5.2 Spatial Variations in Hillslope Morphology
Topography along Bolinas Ridge reveals differences in hillslope
characteristics that co-vary with channel steepness from north to south. In the north,
hillslopes are board, convex, and have low-relief between interfluves. Hillslope
gradients generally increase downslope from the interfluve to channel, but remain
gentle to moderate and only reach a maximum of 21o. In contrast, hillslope gradients
progressively increase toward the south, and inner gorges appear with hillslope
gradients approaching 30o nearing a threshold angle (e.g. Schmidt and Montgomery,
1995). It is noted that interfluves in the central part of the ridge exhibit highly
dissected hillslopes along the walls of these inner gorges, but ridgetops of these
interfluves remain broad with only slightly greater curvature than those in the
northern part of the transect (Figure 2.6). Although these observations were initially
made in Kirby et al., (2007), the transition is more evident in higher resolution data
such as those used by Hurst et al., (2019) and presented here (using the 1-m high
resolution DEM).
My analysis of topographic curvature of ridgetops reveals systematic
variations in ridgetop curvature along strike of Bolinas Ridge (Figure 2.7). In general,
the curvature of the ridgetop is systematically greater toward the south, consistent
with adjustment to an increase in erosion rate (e.g. Anderson et al., 2002; Hurst et al.,
2012). Ridgetop curvature is also coincident with the increase in hillslope forms,
gradients, areas, and topographic relief. As described above, interfluves that stand
above parts of the landscape with inner gorges exhibit a distinctive transition from
rounded ridgecrests to steep, threshold slopes along gorge walls (Figure 2.6A and
Figure 2.6B). Notably, the curvature of ridgecrests seems to increase from north to
south independent of the presence of inner gorges (Figure 2.7), suggesting that,
similar to knickpoints, these gorges represent an ongoing process of adjustment to an
imposed uplift-rate gradient (c.f. Hurst et al., 2019).
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In this landscape, analysis of the product of slope and contributing drainage
area suggests a threshold of slope-area product of approximately 10 m2 that provides
a reasonable measure of ridgetop curvature (Figure 2.7B). I extract all pixels that
exhibit slope-area products under 10 m2 and take the mean value as a measure of
local ridgetop curvature (Figure 2.7B). This threshold is kept constant along the
transect to compare ridgetop curvature of interfluves north to south.
The spatial variation in curvature of ridgetop in each interfluve along the ridge
is shown in Figure 2.7 C and Table 2.1. In the north, mean ridgetop curvatures range
from -0.037 m-1 to -0.055 m-1. With the exception of the northernmost few data
(Figure 2.7C), ridgetop curvature increases steadily toward the south, ranging from 0.054 m-1 to -0.067 m-1 through the central part of the transect and reaching a
maximum value of -0.116 m-1 near the southwestern side of Mount Tamalpais (Figure
2.7C). Overall, these results appear consistent with the hypothesis that hillslope
erosion rates increase along the transect (c.f. Hurst et al., 2019). Moreover, these
results also suggest that, whatever the exact spatial pattern of deformation,
differential rock uplift has been sustained for sufficient time that both channels and
hillslopes are adjusting to the conditions of relative base-level fall.

2.6 Discussion
2.6.1 Channel-Hillslope Coupling
The primary implication of the work presented in this chapter is that both
channel profiles and hillslope topography along the western flank of Bolinas Ridge
appear to be adjusting to an external forcing. Similar spatial increases in channel
steepness and ridgetop curvature confirm previous interpretations (Kirby et al., 2007;
Hurst et al., 2019) that the landscape is likely experiencing spatial variations in
erosion rate along the ridge. Moreover, the presence of knickpoints in channels from
the central part of the transect where hillslopes are progressively dissected and form
deeply-incised inner gorges, is consistent with an erosional response to base-level
fall. Thus, it appears likely that the landscape morphology is progressively adjusting
to differential uplift of rock along the ridge.
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Theoretically, channel steepness index is a proxy for rock uplift and/or erosion
rate in steady-state landscapes (Snyder et al., 2003b; Ouimet et al., 2009; Cyr et al.,
2010; DiBiase et al., 2010; Kirby and Whipple, 2001, 2012; Kirby et al., 2003, 2007).
Channel steepness values of each long profile have been normalized at 𝜃𝑟𝑒𝑓 = 0.45.
They reveal a positive scaling relationship between 𝑘𝑠𝑛 and distance toward the
south, similar to Kirby et al., (2007) and Hurst et al., (2019). As rates of rock uplift
increase, channel steepen and lead to increased erosional efficiency and more rapid
rates of incision which, in turn, drives more rapid lowering on hillslope. The
steepened channels in the south appear to be approaching threshold angles where
sediment flux increases rapidly (e.g. Roering et al., 1999, 2001). Thus, the sediment
flux and grain size of sediment delivered to channels may influence channel behavior.
This question is explored further in Chapter 3.
Channel profiles along Bolinas Ridge exhibit a large range of channel
concavity indices (𝜃) and there was no evident trend of concavity indices as a
function of differential rock uplift along the ridge. This has been previously
concluded by Kirby et al., (2007) that channel concavity is relatively independent to
variation in uplift. A recent analysis of channel concavity along the length of Bolinas
Ridge obtained by Hurst et al., (2019), however, displays a general decrease in
channel concavity from northwest to southeast, coinciding with an increase in 𝑘𝑠𝑛 and
higher inferred rock uplift toward steep watersheds. The declining trend of channel
concavity is interpreted to an effect of debris flow from the upper part of the channel
network. My analysis of concavity indices is similar to both Kirby et al., (2007) and
Hurst et al., (2019) that data are scatter in the north and central part of the transect,
but there is a decreasing trend of concavity indices in the southern part of the ridge
(Figure 2.5C). Even though we see the trend on profile concavity, the interpretation of
concavity across Bolinas Ridge is equivocal.
Hillslope morphology along Bolinas Ridge exhibit systematic broadly,
rounded and low-relief hillslopes in the northern part of the study site to progressively
steeper inner gorge walls in the southern part of the transect. Topographic crosssections (Figure 2.6) suggest that inner gorges are initially developed among channels
that knickpoints are generated. High-gradients and steep inner gorge walls with
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potentially capable of shallow landslides increase in height toward the south. The
changes correlate with an increase of mean ridgetop curvature (sharper ridges).
Above those channels that contain knickpoints, however, there is not an obvious
differences of ridgetop curvature. This might suggest that any increase in erosion rate
associated with development of the threshold hillslopes along the inner gorge has not
yet reached the ridgetops. This is consistent with the finding that landscape
adjustment to differential rock uplift is ongoing in this field site (Hurst et al., 2019).
The systematic increase in channel steepness from northwest to southeast is
related to the progressive increase in the maximum elevations along Bolinas Ridge.
The highest value of channel steepness is located near the western flank of Mount
Tamalpais massif (Figure 2.5A). This pattern has been argued to reflect deformation
above a hypothetical blind thrust beneath Mount Tamalpais (Figure 1 of Johnson et
al., 2009). Johnson et al., (2009) used an elastic deformation model to show that
shortening at relatively low rates (1-2 mmyr-1) could drive differential uplift in the
region east of the San Andreas Fault. Overall, the results of this analysis remain
consistent with an inferred spatial increase in differential rock uplift toward the south.

2.6.2 Comparison with Previous Studies
Topographic metrics along the length of Bolinas Ridge have been previously
explored via a 10-m digital elevation model (Kirby et al., 2007), and a 3-m resolution
digital terrain model (DTM) (Hurst et al., 2019). Here, I compare the similarities and
differences of topographic metrics derived from these previous topographic analyses.
The spatial increase in normalized channel steepness indices (𝑘𝑠𝑛 ) and local
topographic relief from northwest to southeast along the ridge is similar between my
analysis (Figure 2.5B and 2.7C) and analysis from Hurst et al., (2019), despite the use
of different reference concavity indices (𝜃𝑟𝑒𝑓 = 0.45 in this study and 0.31 as the
median of all values from individual catchment in Hurst et al., (2019)). This results to
variations in absolute 𝑘𝑠𝑛 and concavity index values. The increase in topographic
metrics also correlates to the increase in drainage density along the ridge (Hurst et al.,
2019). As channels steepen and drainage density increases toward the south, adjacent
hillslope gradients approach the angle of repose. This suggests the possibility that
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coarser sediment may be delivered to channels by debris flow or shallow landslides in
the rugged terrain at the southern end of the ridge.
The question of whether the concavity of steady-state channel profiles subject
to spatially uniform uplift depends on the uplift rate itself has been relatively
prominent in the exploration of the geomorphology of active landscapes. Although
some early work suggested the possibility that concavity varied with stream order
(Merritts and Vincent, 1989), most studies have found that concavity of bedrock
channels is largely independent of the rate of uplift (e.g. Snyder et al., 2000; Kirby
and Whipple, 2001, 2012). Along Bolinas Ridge, there is significant scatter in the
concavity of channels (Figure 2.5C), although channels in the central part of the
transect appear to have higher concavity than those at the north and south. The
increase in concavity index in the center of the transect coincides with the presence of
knickpoints along a number of channels, and it seems possible that incomplete
adjustment of these channels may be influencing profile concavity. As channels
steepen toward the south, however, concavity appears to decrease systematically
(Figure 2.5C), and observation also noted by Hurst et al., (2019). Two possible
explanation may lead to this effect, both of which could be related to a role for debrisflow in setting channel slopes: 1) incision in steeper channels may be modulated by
debris flows derived from adjacent hillslopes (e.g. Stock and Dietrich, 2006), 2)
colluvial channels may extend farther downslope from channel head (e.g. DiBiase et
al., 2018; Hurst et al., 2019), potentially shortening the length of the network
governed by fluvial incision. Whether these are important effects in the pattern of
channel concavity along the transect remains somewhat uncertain.
Channel incision sets lower boundary conditions for hillslopes. Because the
response of hillslope morphology lags behind incision along channel networks,
hillslopes can preserve both unadjusted forms of the previous condition and adjusted
ones near active channels. Previous work from Hurst et al., (2019) calculates the
dimensionless relief, 𝑅 ∗ (hillslope relief normalized by hillslope length and threshold
hillslope angle) and dimensionless erosion rate, 𝐸 ∗ (a ratio between erosion rate and
reference erosion rate) as a function of distance from northwest to southeast along
Bolinas Ridge (Figure 7 and 8 of Hurst et al., 2019). These authors suggest that
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southern watersheds are growing with increasing rock uplift, whereas northern
watersheds are gradually decaying from previous topographic conditions without
disturbance from recent tectonic perturbation (Hurst et al., 2019). Although this is one
plausible scenario, it may also be possible that channels and hillslopes in the north are
simply adjusted to lower rate of rock uplift. The results presented here - systematic
increases in channel steepness and ridgetop curvature of interfluves from north to
south along the ridge (Figures 2.5B and 2.7C, respectively) - could be consistent with
either interpretation, and determinations of erosion rate via independent means will be
required to discriminate between these hypotheses.

2.6.3 Predicting Erosion Rates from Topography
To begin to explore the rates of erosion along Bolinas Ridge, I combine
previous data on erosion rate and ridgetop curvature with measurements of
topography presented above. Cosmogenic 10Be concentration in quartz sampled from
the regolith/ saprolite interface has been used to quantify soil production rate atop
convex ridges in both the Franciscan mélange in the Marin Headlands and in Salinian
granitic basement on Point Reyes Peninsula (Heimsath et al., 1997, 1999, 2005). Both
sites are located within ~20 km of Bolinas Ridge and experience the same climate
regime and vegetative cover. Although these sites are underlain by different
lithologies, both studies found similar lowering rates of ~ 80-100 mMa-1 along
convex ridgecrests (Figure 2.8).
This relationship suggests that, if local soil thickness and regional landscape
diffusivity are relatively constant with space and time (Figure 2.8), the systematic
increase in negative curvature value of ridgetop along Bolinas Ridge can be used to
estimate lowering rate:
𝜌

𝐸 = 𝑤̇ = −( 𝑏)𝜅𝐶𝐻𝑇

(2.7)

𝜌𝑟

where 𝐸 is the erosion rate equivalent to the rate of soil production (𝑤̇ ) on hillslope,
ρb represents the bulk density of regolith, ρr represents the density of rock, and 𝜅 is a
term often referred to as “landscape diffusivity” and represents the ratio of the
𝐾

transport efficiency (𝐾) to bulk density (𝜅 = 𝜌 ). The erosion rate on a steadily
𝑏
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denudating hillslope is expected to be proportional to the curvature at the ridgetop
(𝐶𝐻𝑇 ) and the landscape diffusivity (𝜅) (Fernandes and Dietrich, 1997; Heimsath et
al., 1997, 1999, 2005; Roering et al., 2007; Hurst et al., 2012). Previous workers
estimate the diffusion coefficient (𝜅) for hillslope transport in Marin County is
approximately 30x10-4 ± 17x10-4 m2yr-1. The range of diffusion coefficient is derived
from the observational relationship between hillslope curvature and soil production
𝜌

rate near Mount Vision, Point Reyes Station (e.g. Heimsath et al., 1997, 2005), and 𝜌𝑏
𝑟

-3

-3

is ~0.7 (𝜌𝑏 = 1.602 kgm , 𝜌𝑟 = 2.323 kgm ). Using the determinations of ridgecrest
curvature presented here, this relationship suggests that lowering rates along
ridgecrests range from 72 ± 40 to 230 ± 140 mMa-1 (Figure 2.9 and Table 2.2).
The estimated maximum rate of erosion, however, can reach to nearly 400
mMa-1 atop the steepest hillslopes in the south because the potential of maximum
diffusion coefficient on steeper hillslopes (Roering et al., 1999; 2001). Notably, my
estimate of erosion rates along the ridge is slightly lower than estimates of 12 mMa-1
to 625 mMa-1 obtained by Hurst et al., (2019). The small variations in erosion rates
depend on slight differences in ridgetop curvature values (probably related to
differences in the DEM), the choice of a constant

𝜌𝑏
𝜌𝑟

, the variation in diffusion

coefficient, and a constant value of 𝜅 = 50x10-4 m2yr-1 used by Hurst et al., (2019).
Regardless, my analysis reinforces notions that ridgetop curvature can provide
estimates of local erosion rates on ridgecrests.
These estimated erosion rates imply that the response time of channelhillslope morphology to an increase in channel incision likely varies along Bolinas
Ridge. The response time is set by hillslope length, transport coefficient, hillslope
gradient, and erosion rates (Fernandes and Dietrich, 1997; Roering et al., 2001). My
analysis reveals that the estimated response time of hillslope to reach a new
equilibrium spatially varies from 2.3 ± 2 Ma in the gentler northern watersheds to
~0.5 ± 0.45 Ma in the steeper southern watersheds, respectively (Figure 2.10 and
Table 2.2). This appears to be consistent the apparent increase in rock uplift toward
the south where steeper watersheds have shorter response time responding to recent
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tectonic forcing than the gentler watersheds. Although a more rigorous estimate of
these timescales requires direct measurement of erosion rates, I can make qualitative
observations about the genesis of the inner gorges near the center of the Bolinas
Ridge transect. It seems likely that the incomplete adjustment recorded in these
watersheds could be related to an ongoing response to an increase in rock uplift rate
(as suggested by Kirby et al., 2007). However, the fact that such features are not
preserved in the south, to first order, consistent with a faster response time, such that
the adjustment is more complete.

2.7 Conclusion
The adjustment of topographic form to relative base-level lowering is
characterized in channel longitudinal profiles, and the curvature of ridgetops along
their adjacent interfluves. Topographic analysis illustrates a systematic increase in
channel steepness indices and ridgetop curvature of interfluves from north to south
along Bolinas Ridge. The findings are coincident with the increase in hillslope
curvature, topographic relief, and the development of steep, near-threshold hillslope
gradients toward the south. The increase in ridgetop curvature of interfluves toward
the south, when combined with regional constraints on hillslope erosion, suggests that
hillslope lowering rates are ~100 mMa-1 near the northern end of the transect to ~400
mMa-1 along the steep interfluves in the south, similar to previous inferences of Kirby
et al., (2007) and Hurst et al., (2019). My findings also suggest that the degree to
which the topographic adjustment to erosion rate may involve coupling between
sediment delivered from hillslopes to channels, as both channels and hillslopes appear
to co-vary with erosion rate. This chapter highlights the utility of topographic analysis
as a tool to understand the rates and patterns of active deformation in the upper crust.
However, this technique is needed to be qualitatively supported by additional
geochronologic data in order to better understanding of the degree of topographic
response to erosion rate.
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Figure 2.1: Tectonic and geomorphic settings of Bolinas Ridge: A. Location of Marin
County, one of the North Bay of San Francisco areas, showing topographic, geomorphic
features, and major faults in this area. The dashed-lined box is the main study site. Inset on
the upper right indicates the location of Bolinas Ridge (red star) in California; B.
Topographic map of Bolinas Ridge and vicinity. Overlain is the publicly available 1-meter
resolution topographic Lidar data that are used to calculate channel steepness and ridgetop
curvatures for this work.
Note SAF, San Andreas fault; SGF, San Gregorio fault; RCF, Roger Creek fault; PRS, Point
Reyes Station; SB, Stinson Beach; TV, Tennessee Valley.
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Figure 2.2: Tectonic and geomorphic settings of Bolinas Ridge (continued): A. Topographic
relief of the ridge increases from north to south. The relative topographic relief is defined as
the spatial differences in topographic relief relative to the local relief in the northern end of
the transect. The window size to calculate the relative relief is 1000 m; B. Bolinas Ridge is
underlain by the relatively uniform sandstones and volcaniclastic metasedimentary rocks
embedded within the Franciscan Complex (KJf).
Note SAF, San Andreas fault; SGF, San Gregorio fault; PRS, Point Reyes Station; SB,
Stinson Beach; TV, Tennessee Valley
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(A)

(B)

Figure 2.3: Representation of channel profiles from Bolinas Ridge: A. Comparison of
channel longitudinal profiles from northern (channel number 2), central (channel number 16),
and southern (channel number 35) portions of Bolinas Ridge. The figure shows that channels
are progressively steeper toward the south. Dashed lines in inset show the slope-area data for
characterizing channel steepness (ks) and concavity (𝜃). The solid lines are regression with
reference concavity (𝜃𝑟𝑒𝑓 = 0.45) used to determine the normalized channel steepness indices
(𝑘𝑠𝑛 ). Here, normalized channel steepness index is the highest in the southern channel, while
concavity is almost similar; B. Example of a longitudinal profile in a transient state channel
(channel number 12) that is characterized by a distinct convex knickpoint (marked by a
yellow dot). The knickpoint separates gentler upstream segment to steeper downstream
segment. Inset shows two different regressions of each segment above and below knickpoint
and provides differential 𝑘𝑠𝑛 .
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Figure 2.4: Morphology of interfluves along Bolinas Ridge: A. Schematic illustration of a
ridgetop (pale green), hillslope length, relief, and valley floor modified from Hurst et al.,
(2012). Mean values of curvature of ridgetop is calculated and used to determine erosion rate;
B. Sampling approach illustrated in Figure 2.4A that is applicable to hillslope in Bolinas
Ridge region (inset shows interfluves number 19-22). The figure illustrates ridgetop (pale
green), hillslope, and valley floor that are implemented via GeoNet version 2.0 and
TopoToolbox scripts in MATLAB
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(A)

Figure 2.5: Topographic characteristics of channels in Bolinas Ridge region: A. Map of
normalized channel steepness (𝑘𝑠𝑛 ) and grayscale background of the local relief. The results
show a close correspondence to the results of Kirby et al., (2007). White dots represent
knickpoints that mark the boundary between channel segments with different 𝑘𝑠𝑛 ; B.
Normalized channel steepness (𝑘𝑠𝑛 ) at 𝜃𝑟𝑒𝑓 = 0.45 increases toward the south. Red circles
represent normalized channel steepness indices on channel segments below knickpoints,
while solid black circles represent channel segments above knickpoints; C. Channel
concavity (𝜃) as a function of distance along Bolinas ridge.
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Figure 2.6: Spatial variation in channel-hillslope gradient: A. Slope map derived from 1meter high resolution DEM shows differences in gradient. Hotter color (reddish) represents
steeper hillslope, while cooler color (greenish) represents gentler hillslope. Ridgetop is
defined at drainage divides where slope <15o; B. Cross-sections have been simply made in
four sampled sites from north to south. Insets expand the cross sections in each site; C. Crosssections of valley show the spatial change in channel-hillslope gradient and relief as labeled
in figure 2.6A and 2.6B; D. Plot of mean relief as a function of distance along Bolinas Ridge
shows the progressive increase in relief toward the south. This correlates to increases in
channel steepness and curvature of ridgetop.
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Figure 2.7: Curvature of interfluve ridgelines along Bolinas Ridge: A. Map of the
distribution of ridgetop curvature (∇2z) and grayscale background of the local relief. Inset
illustrates the location of ridgetop (pale green) and hillslope (grey) defined in Figure 2.4A; B.
Example of scatter data that relates topographic curvature and the product of drainage area
and slope for the interfluve number 20. The break in slope at the slope-drainage area product
is ~10 m2. Average ridgetop curvature, which is represented in white line and blue circles,
represents data from the pale green of ridgetop; C. Plot of mean ridgetop curvature as a
function of distance along strike of Bolinas Ridge.
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Figure 2.8: Ridgetop curvature of interfluves could be a proxy for long-term soil production
and/or erosion rate if we assume that local soil depth and regional landscape diffusivity are
constant with time, followed by equation (2.7). This figure is a combination from two
independent studies in Point Reyes Station, California by Heimsath et al., (1999, 2005) that
indicate 1) an increase in average soil production rate from both 10Be and 26Al as a function of
decreasing measured soil depth and 2) a decrease in soil depth with increasing hillslope
curvature (sharper ridges).

Max 𝜅

Mean 𝜅

Min 𝜅

Figure 2.9: Plot illustrating variance estimated erosion rate as a function of distance along
strike of Bolinas Ridge. The prediction of erosion rate is calculated with a range of diffusion
coefficients derived from previous works of Heimsath et al., (1997, 2005). Blue, black, and
red dots represent erosion rates calculated from maximum, mean, and minimum values of
diffusion coefficient from equation (2.7)
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Figure 2.10: Response time of hillslopes as a function of distance along strike of Bolinas
Ridge. The response time is calculated from a series of equations (2.4)-(2.6) in which a range
of diffusion coefficients is estimated by previous work (e.g. Heimsath et al., 1997, 2005).
Blue, black, and red dots represent spatial variation of response time of hillslopes calculated
from maximum, mean, minimum values of diffusion coefficient.
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θ

ks
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(𝒎−𝟏 )

1

1.9

1.20E+04

8.92E+05
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17.9
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0.036

2

2.4

1.61E+04

1.05E+06

0.57

7.14E+01

15.2

0.041

0.036

3

2.8

3.19E+04

1.06E+06

0.78

9.14E+02

15.5

0.042

0.040

4

3.1

2.36E+04

8.74E+05

0.60

1.05E+02

15.8

0.042

0.040

5

3.3

3.64E+04

1.05E+06

0.50

3.19E+01

16.9

0.04

0.045

6

4.6

2.36E+04

1.78E+06

0.54

5.17E+01

15.4

0.042

0.052

7

5.5

3.47E+04

9.92E+06

0.74

7.09E+02

16.8

0.045

0.058

8

5.9

1.85E+04

2.01E+06

0.68

2.60E+02

14.4

0.039

0.053

9

6.1

1.90E+04

6.83E+05

0.66

2.06E+02

14.2

0.038

0.053

10

6.8

1.40E+04

7.72E+05

0.63

1.80E+02

18.0

0.048

0.051

11

7.0

1.25E+04

1.01E+06

0.60

1.04E+02

18.9

0.051

0.051

11

7.0

1.05E+06

1.12E+06

1.39

6.33E+05

45.5

0.124

0.051

12

7.2

4.70E+04

1.01E+06

0.91

4.96E+03

17.8

0.048

0.059

12

7.2

1.05E+06

1.13E+06

1.20

1.24E+06

37.0

0.100

0.059

13

7.6

3.99E+04

3.43E+05

0.98

7.92E+03

15.1

0.041

0.051

13

7.6

3.99E+05

4.45E+05

1.38

4.86E+06

36.1

0.098

0.051

14

7.9

6.20E+04

5.60E+05

0.87

3.29E+03

17.9

0.048

0.054

14

7.9

5.93E+05

9.73E+05

1.34

1.07E+09

43.6

0.118

0.054

15

9.2

3.89E+04

1.59E+06

0.41

1.80E+01

25.8

0.070

0.053

16

9.8

5.62E+04

1.94E+06

0.65

5.19E+02

38.0

0.103

0.053

17

10.7

1.39E+05

3.55E+06

0.92

1.67E+04

30.2

0.082

0.05

18

11.7

2.36E+04

3.55E+06

0.70

7.81E+02

29.9

0.081

0.063

19

11.9

1.64E+05

1.06E+06

1.70

3.04E+08

34.8

0.094

0.065

20

12.1

8.39E+04

1.14E+06

1.12

1.54E+05

30.0

0.081

0.063

21

12.7

9.28E+04

9.63E+05

1.08

8.35E+04

30.3

0.082

0.058

22

13.1

1.06E+05

1.22E+06

1.05

6.02E+04

31.1

0.084

0.064

23

13.4

4.60E+04

1.70E+06

0.79

2.28E+03

30.6

0.083

0.062

24

14.0

4.56E+04

4.74E+05

0.86

4.81E+03

31.3

0.085

0.066

24

14.0

4.85E+05

9.65E+05

1.39

4.02E+04

59.9

0.163

0.066

25

14.4

3.81E+04

2.58E+06

0.68

6.32E+02

39.2

0.106

0.075

26

15.2

3.81E+04

2.58E+06

0.68

6.32E+02

41.6

0.106

0.068

26

15.2

1.28E+06

1.37E+06

1.38

1.17E+04

71.0

0.193

0.068

27

15.9

5.13E+04

1.30E+06

0.74

2.01E+03

46.7

0.127

0.070

28

16.5

3.28E+04

1.49E+06

0.57

1.92E+02

43.7

0.119

0.067

29

16.9

2.24E+04

1.47E+06

0.46

5.97E+01

51.2

0.139

0.071

30

17.6

6.05E+04

1.21E+06

0.55

2.54E+02

65.4

0.178

0.067

31

18.4

1.80E+05

6.15E+05

0.58

2.81E+02

49.1

0.133

0.073

31

18.4

6.24E+05

8.47E+05

1.44

1.15E+05

80.3

0.218

0.073
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Amax
(𝒎−2 )

θ

1.73E+04

7.08E+05

7.45E+05

9.47E+05

4.25E+04

20.4

35

ks

ksn
(𝒎𝟎.𝟗 )

sr

𝛁𝟐𝒛
(𝒎−𝟏 )

0.36

1.39E+01

38.0

0.103

0.083

1.49

2.58E+08

94.1

0.256

0.083

1.47E+06

0.49

1.27E+02

70.8

0.193

0.080

6.44E+04

1.52E+06

0.25

4.92E+00

65.5

0.178

0.081

21.1

5.07E+04

1.56E+06

0.43

5.33E+01

72.4

0.197

0.098

36

22.3

1.17E+05

1.96E+06

0.42

6.82E+01

111.4

0.303

0.090

37

23.7

4.43E+04

4.71E+05

0.23

4.38E+00

60.5

0.165

0.092

37

23.7

4.88E+05

1.35E+06

0.88

3.74E+04

109.3

0.297

0.092

38

24.0

9.25E+04

5.80E+05

0.24

6.20E+00

94.6

0.230

0.116

39

24.4

4.52E+04

8.01E+05

0.15

1.75E+00

73.1

0.199

0.094

40

25.7

7.35E+04

1.92E+06

0.26

4.65E+00

48.5

0.140

0.078

40

25.7

2.76E+06

2.77E+06

-1.6

0.00E+00

85.6

0.233

0.078

41

26.6

7.35E+04

1.92E+06

0.26

4.65E+00

51.7

0.140

-

Channel
/
interval

Distance
(km)

32

18.8

32

18.8

33

19.7

34

Amin
(𝒎−2 )

-1.17E+5 reads as 1.17 x 105
Itatic and bold number represent channel reaches below knickpoint
Distance is measured south of Point Reyes Station in kilometer
ksn is calculated based on 𝜃𝑟𝑒𝑓 = 0.45
Table 2.1: Topographic characteristics of channel profiles, topographic curvature, along
Bolinas Ridge
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No. Distance −𝛁𝟐 𝒛 Estimated
(km)
𝑳𝑯 (m)
(𝒎−𝟏 )
1
3
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23
24
25
26
27
28
29
30
31
32
33
34
35
36
37
38
39
40

1.9
2.8
3.3
4.6
5.5
5.9
6.1
6.8
7.0
7.2
7.6
7.9
9.2
9.8
10.7
11.7
11.9
12.1
12.7
13.1
13.4
14.0
14.4
15.2
15.9
16.5
16.9
17.6
18.4
18.8
19.7
20.4
21.1
22.3
23.7
24.0
24.4
25.7

0.037
0.040
0.046
0.052
0.058
0.053
0.054
0.051
0.052
0.060
0.051
0.055
0.054
0.053
0.060
0.064
0.066
0.063
0.059
0.065
0.063
0.067
0.076
0.069
0.070
0.067
0.071
0.068
0.073
0.083
0.080
0.081
0.099
0.090
0.093
0.116
0.095
0.079

255 ± 35
295 ± 40
300 ± 53
350 ± 54
215 ± 36
245 ± 48
185 ± 32
190 ± 34
210 ± 35
140 ± 34
190 ± 42
185 ± 37
250 ± 56
300 ± 57
280 ± 47
265 ± 39
235 ± 39
240 ± 38
180 ± 36
240 ± 40
205 ± 40
170 ± 37
320 ± 54
250 ± 39
240 ± 40
260 ± 50
350 ± 50
260 ± 48
125 ± 37
400 ± 60
390 ± 57
320 ± 50
260 ± 48
280 ± 48
200 ± 41
200 ± 43
220 ± 44
310 ± 49

Estimated Erosion
Rate (mMa-1)
Max
Mean Min
118.35
72.29 30.04
129.68
79.20 32.91
146.89
89.72 37.28
167.61 102.38 42.54
187.63 114.60 47.62
171.70 104.87 43.58
172.76 105.52 43.85
165.10 100.84 41.90
167.10 102.06 42.41
191.46 116.94 48.59
164.43 100.43 41.73
176.81 108.00 44.88
173.02 105.68 43.91
171.57 104.79 43.54
192.10 117.33 48.76
204.71 125.04 51.96
212.24 129.63 53.87
204.20 124.72 51.83
188.75 115.29 47.91
208.70 127.47 52.97
202.11 123.44 51.29
214.75 131.17 54.50
243.87 148.95 61.90
221.61 135.35 56.24
226.75 138.50 57.55
216.78 132.41 55.02
229.49 140.17 58.24
218.03 133.17 55.34
236.02 144.16 59.90
267.27 163.24 67.83
258.71 158.01 65.66
260.64 159.19 66.15
317.53 193.94 80.59
289.85 177.04 73.57
298.64 182.40 75.79
373.26 227.98 94.73
305.24 186.43 77.47
254.14 155.22 64.50

Estimated Response
Time (Ma)
Max Mean Min
1.38
2.26
5.43
1.22
2.00
4.81
0.99
1.62
3.89
0.82
1.34
3.22
0.59
0.97
2.33
0.71
1.17
2.81
0.66
1.08
2.59
0.72
1.17
2.82
0.72
1.18
2.83
0.51
0.84
2.01
0.72
1.18
2.84
0.63
1.03
2.48
0.71
1.16
2.79
0.75
1.23
2.97
0.61
1.00
2.40
0.54
0.88
2.11
0.49
0.80
1.92
0.53
0.86
2.07
0.56
0.91
2.20
0.51
0.83
1.99
0.51
0.84
2.02
0.44
0.72
1.73
0.42
0.68
1.64
0.46
0.75
1.81
0.44
0.72
1.72
0.48
0.79
1.90
0.47
0.77
1.86
0.48
0.78
1.89
0.34
0.56
1.36
0.38
0.61
1.48
0.39
0.65
1.56
0.37
0.61
1.46
0.25
0.41
0.98
0.30
0.49
1.17
0.26
0.42
1.02
0.18
0.29
0.69
0.26
0.42
1.01
0.38
0.63
1.51

Table 2.2: Estimated erosion rate and response time of hillslopes based on a range of
diffusion coefficients.

43

2.8 References
Anderson, S.P., Dietrich, W.E., & Brimhall, G.H. Jr (2002). Weathering profiles,
mass-balance analysis, and rates of solute loss: linkages between weathering
and erosion in a small, steep catchment. Geol. Soc. Am. Bull., 114(9), 11431158.
Armitage, J.J., Duller, R.A., Whittaker, A.C. & Allen, P.A. (2011). Transformation of
tectonic and climatic signals from source to sedimentary archive. Nature, 4,
231-235.
Bailey E.H., Irwin W.P., & Jones D.L. (1964). Franciscan and related rocks, and their
significance in the geology of Western California. California Division of
Mines and Geology Bulletin, 183.
Blake, M.C., Graymer, R.W., & Jones, D.L. (2000). Geologic map and map database
of parts of Marin, San Francisco, Alameda, Contra Costa, and Sonoma
Counties, California.
Clark, J.C., & Brabb, E.E. (1997). Geology of Point Reyes National Seashore and
vicinity, California: A digital database, USGS, Publication No. OF 97-456,
scale 24.
Cyr, A.J., Granger, D.E., Olivetti, V., & Molin, P. (2010). Quantifying rock uplift
rates using channel steepness and cosmogenic nuclide-determined erosion
rates: examples from northern and southern Italy. Lithosphere, 2(3), 188-198.
Darly. C., Taylor. G., & Gibson, W. (1997). The prism approach to mapping
precipitation and temperature. 10th AMS Conference on Applied Climatology,
1, 1-4.
DiBiase, R. A., Heimsath, A.M. & Whipple, K.X. (2012). Hillslope response to
tectonic forcing in threshold landscapes. Earth Surf. Process. Landf.,
37(8), 855–865, doi:10.1002/esp.3205.
DiBiase, R.A., Rossi, M.W., & Neely A.B. (2018). Fracture density and grain size
controls on the relief structure of bedrock landscapes. J. Geol., 46(5), 399402.
DiBiase, R.A., Whipple, K.X., Heimsath, A.M., & Ouimet, W.B. (2010). Landscape
form and millennial erosion rates in the San Gabriel Mountains, CA. Earth
Planet. Sci. Lett., 289, 134-144, doi:10.1016/j.epsl.2009.10.036
DiBiase, R.A., Whipple, K.X., Lamb, M.P., & Heimsath, A.M. (2015). The role of
waterfalls and knickzones in controlling the style and pace of landscape
adjustment in the western San Gabriel Mountains, California. Geol. Soc. Am.
Bull., 127(3-4), 539-559, doi:10.1130/B31113.1
Duvall, A., Kirby, E., & Burbank, D. (2004). Tectonic and lithologic controls on
bedrock channel profiles in coastal California. J. Geophys. Res., 109, F03002,
doi:10.1029/2003JF000086.

44

Fernandes, N.F., & Dietrich, W.E. (1997). Hillslope evolution by diffusive processes:
the timescale for equilibrium adjustments. Water Resour. Res., 33(6), 13071318.
Flint, J.J. (1974). Stream gradient as a function of order, magnitude, and discharge.
Water Resour. Res., 10, 969–973.
Forte, A.M., Yanites, B.J., & Whipple, K.X. (2016). Complexities of landscape
evolution during incision through layered stratigraphy with contrasts in rock
strength Earth Surf. Process. Landf., 41(12), 1736–1757,
doi: https://doi.org/10.1002/esp.3947
Grove, K., Sklar, L.S., Scherer, A.M., Lee, G., & Davis, J., (2010). Accelerating and
spatially varying crustal uplift and its geomorphic expression, San Andreas
Fault zone north of San Francisco, California. Tectonophysics, 495(3-4), 256268.
Hack, J.T. (1957). Studies of longitudinal stream-profiles in Virginia and Maryland.
U.S. Geological Survey Professional Paper, 294B, 45-97.a
Heimsath, A.M., Dietrich, W.E., Nishiizumi, K., & Finkel R.C. (1997). The soil
production function and landscape equilibrium. Nature, 388(6640), 358-361,
doi:10.1038/41056.
Heimsath, A.M., Dietrich, W.E., Nishiizumi, K., & Finkel, R.C. (1999). Cosmogenic
nuclides, topography, and the spatial variation of soil depth. Geomorphology,
27, 151–172.
Heimsath, A.M., Furbish, D.J., & Dietrich, W.E. (2005). The illusion of diffusion:
Field evidence for depth‐dependent sediment transport. J. Geol., 33, 949–952.
Hilley G.E., et al. (2019). Earth’s topographic relief potentially limited by an upper
bound on channel steepness. Nature, 12, 828-832.
Howard, A.D. (1994). A detachment‐limited model of drainage basin evolution.
Water Resour. Res., 30, 2261–2285.
Howard, A.D., Dietrich, W.E., & Seidl, M.A. (1994). Modeling fluvial erosion on
regional to continental scales. J. Geophys. Res, 99(B7), 13971-13986.
Huntington, K.W., & Klepeis, K.A. (2018). Challenges and opportunities for research
in tectonics: Understanding deformation and the processes that link Earth
systems, from geologic time to human time. A community vision document
submitted to the U.S. National Science Foundation. Retrieved from
https://digital.lib.washington.edu/researchworks/handle/1773/40754
Hurst, M.D., Grieve, S.W.D., Clubb, F.J., & Mudd, S.M. (2019). Detection of
channel-hillslope coupling along a tectonic gradient. Earth Surf. Process.
Landf., 552, 30-39.
Hurst, M.D., Mudd, S.M., Attal, M., & Hilley, G. (2013). Hillslopes record the
growth and decay of landscapes. Science, 341(6148), 868-871. a

45

Hurst, M.D., Mudd, S.M., Walcott, R., Attal, M., & Yoo, K. (2012). Using hilltop
curvature to derive the spatial distribution of erosion rates. J. Geophys.
Res.,117(F2), doi:10.1029/2011jf002057
Johnson, C.B., Furlong, K.P., & Kirby, E. (2009). Integrated geomorphic and
geodynamic modelling of a potential blind thrust in the San Francisco area,
California. Tectonophysics, 471, 319-328, doi:10.1016/j.tecto.2009.03.002
Jones, C.H., LangFarmer, G., & Unruh, J. (2004). Tectonics of Pliocene removal of
lithosphere of the Sierra Nevada, California. Geol. Soc. Am. Bull., 116, 1408–
1422.
Kirby, E., Johnson, C., Furlong, K., & Heimsath, A.M. (2007). Transient channel
incision along Bolinas Ridge, California: Evidence for differential rock uplift
adjacent to the San Andreas Fault. J. Geophys. Res., 112(F3),
doi:10.1029/2006jf000559
Kirby, E., & Whipple, K.X. (2001). Quantifying differential rock‐uplift rates via
stream profile analysis. Geology, 29, 415-418.
Kirby, E., & Whipple K.X. (2012). Expression of active tectonics in erosional
landscapes. J. Struct Geol, 44, 54- 75, doi:10.1016/j.jsg.2012.07.009
Kirby, E., Whipple, K.X., Tang, W., & Chen, Z. (2003). Distribution of active rock
uplift along the eastern margin of the Tibetan Plateau: Inferences from
bedrock channel longitudinal profiles. J. Geophys. Res., 108(B4), 2217,
doi:10.1029/2001JB000861
Marshall, J.A., & Roering, J.J. (2014). Diagenetic variation in the Oregon Coast
Range: Implications for rock strength, soil production, hillslope form, and
landscape evolution. J. Geophys. Res. Earth Surf., 119, 1395-1417,
doi:10.1002/2013JF003004.
Merritts, D., & Vincent, K.R. (1989). Geomorphic response of coastal streams to low,
intermediate, and high rates of uplift, Mendocino triple junction region,
northern California. Geol. Soc. Am. Bull., 101(11), 1373-1388.
Niemann, J.D., Gasparini, N.M., Tucker, G.E., & Bras, R.L. (2001). A quantitative
evaluation of Playfair’s law and its use in testing long-term stream erosion
models. Earth Surf. Process. Landf., 26, 1317-1332.
OpenTopography. (2012). Point Reyes, CA: Landscape Response to Tectonics.
OpenTopography. https://doi.org/10.5069/G9NK3BZH
Ouimet, W.B., Whipple, K.X., & Granger, D.E. (2009). Beyond threshold hillslopes:
channel adjustment to base-level fall in tectonically active mountain ranges.
Geology, 37(7), 579-582, doi: 10.1130/G30013A.1
Page, B.M., Coleman, R.G., & Thompson, G.A. (1998). Late Cenozoic tectonics of
the central and southern Coast Ranges of California. Geol. Soc. Am. Bull.,
110, 846–876.

46

Passalacqua, P., Tarolli, P., & Foufoula-Georgiou, E. (2010). Testing space-scale
methodologies for automatic geomorphic feature extraction from lidar in a
complex mountainous landscape. Water Resour. Res., 46, W11535,
doi:10.1029/2009WR008812
Perron, J.T, Kirchner, J.W., & Dietrich, W.E. (2009). Formation of evenly spaced
ridges and valleys. Nature, 460, 502-505, doi:
https://doi.org/10.1038/nature08174
PRISM Climate Group. http://prism.oregonstate.edu (Oregon State University, 2006).
Riebe, C.S., Sklar, L.S., Lukens, C.E., & Shuster, D.L., (2015). Climate and
topography control the size of sediment produced on mountain slopes. Proc.
Natl. Acad. Sci, 122 (51), 15574-15579
Roering, J.J., Kirchner, J.W., & Dietrich, W.E. (1999). Evidence for nonlinear,
diffusive sediment transport on hillslopes and implications for landscape
morphology. Water Resour. Res., 35(3), 853-870.
Roering, J.J., Kirchner, J.W., & Dietrich, W.E. (2001). Hillslope evolution by
nonlinear, slope-dependent transport: Steady state morphology and
equilibrium adjustment timescales. J. Geophys. Res., 105 (B8), 16499-16513,
doi:10.1029/2001jb000323
Roering, J.J., Kirchner, J.W., Sklar, L.S., & Dietrich, W.E. (2001), Hillslope
evolution by nonlinear creep and landsliding: An experimental study,
Geology, 29(2), 143–146, doi:10.1130/0091‐
7613(2001)029<0143:HEBNCA>2.0.CO;2.
Roering, J.J., Perron, J. T., & Kirchner, J. W. (2007). Functional relationships
between denudation and hillslope form and relief. Earth Planet. Sci. Lett.,
264(1-2), 245–258, doi:10.1016/j.epsl.2007.09.035
Sangireddy, H., Stark, C.P., Kladzyk, A., & Passalacqua, P. (2016). GeoNet: An open
source software for the automatic and objective extraction of channel heads,
channel network, and channel morphology from high resolution topography
data. Environ. Modell. Softw., 83, 58-73.
Schmidt, K.M., & Montgomery, D.R. (1995). Limits to relief. Science, 270(5236),
614-620, doi:10.1126/science.270.5236.617
Schwanghart, W., & Kuhn, N.J. (2010). TopoToolbox: a set of Matlab functions for
topographic analysis. Environ. Modell. Softw., 25, 770-781, doi:
10.1016/j.envsoft.2009.12.002
Schwanghart, W., & Scherler, D. (2014). TopoToolbox 2 – MATLAB-based software
for topographic analysis and modeling in Earth surface sciences. Earth, Surf.
Dynam., 2, 1-7, doi: 10.5194/esurf-2-1-2014
Sklar, L.S., & Dietrich, W.E. (1998). River longitudinal profiles and bedrock incision
models: Stream power and the influence of sediment supply. American
Geophysical Union Monograph, 107, 237-260.

47

Sklar, L.S., Riebe, C.S., Marshall, J.A., Genetti, J., Leclere, S., Lukens, C.L. &
Merces V. (2017). The problem of predicting the size distribution of sediment
supplied by hillslopes to rivers. Geomorphology, 227, 31-49,
http://doi.org/10.1016/j.geomorpho.2016.05.005
Snyder, N.P., Whipple, K.X., Tucker, G.E., & Merritts D.J. (2000). Landscape
response to tectonic forcing: Digital elevation model analysis of stream
profiles in the Mendocino triple junction region, northern California. Geol.
Soc. Am. Bull., 112, 1250–1263.
Snyder, N.P., Whipple, K.X., Tucker, G.E., & Merritts, D.J. (2003b). Importance of a
stochastic distribution of floods and erosion thresholds in the bedrock river
incision problem. J. Geophys. Res., 108, B2,2117, doi:10.1029/2001JB001655
Stock, J.D., & Dietrich, W.E. (2003). Valley incision by debris flows: Evidence of a
topographic signature. Water Resour. Res., 39(4), 1089,
doi:10.1029/2001WR001057
Stock, J.D., & Montgomery, D.R. (1999). Geologic constraints on bedrock river
incision using the stream power law. J. Geophys. Res., 104, 4983-4993.
Turowski, J.M., Wyss, C., & Beer, A.R. (2015). Grain size effects on energy delivery
to the stream bed and links to bedrock erosion. Geophys. Res. Lett., 42, 17751780, doi:10.1002/2015GL063159
Whipple, K.X. (2009). The influence of climate on the tectonic evolution of mountain
belts. Nature, 2, 97-104, doi:10.1038/ngeo413
Whipple, K.X., & Tucker, G.E. (1999). Dynamics of the stream‐power river incision
model: Implications for height limits of mountain ranges, landscape response
timescales, and research needs. J. Geophys. Res., 104, 17,661-17,674.
Whipple, K.X., Wobus, C., Crosby, B., Kirby, E. & Sheehan, D. (2007). New tools
for quantitative geomorphology: extraction and interpretation of stream
profiles from digital topographic data. GSA annual meeting 2007, 1-26.
Whittaker, A.C., Attal, M., Cowie, P.A., Tucker, G.E., & Roberts, G.P. (2008).
Decoding temporal and spatial patterns of fault uplift using transient river
long profiles. Geomorphology, 100, 506-526.
Willgoose, G. (1994). A physical explanation for an observed‐slope‐elevation
relationship for catchments with declining relief. Water Resour. Res., 30, 151–
159.
Wobus, C.W., Crosby, B.T., & Whipple, K.X. (2006a). Hanging valleys in fluvial
systems: Controls on occurrence and implications for landscape evolution. J.
Geophys. Res., 111, F02017, doi:10.1029/2005JF000406
Wobus, C.W., et al. (2006b), Tectonics from topography: Procedures, promise, and
pitfalls, in Tectonics, Climate, and Landscape Evolution, edited by S.D.
Willett et al., Spec. Pap. Geol. Soc. Am., 398, 55 – 74.

48

Chapter 3

Evaluating Hillslope-Channel Coupling along Bolinas Ridge
Pichawut Manopkawee1 & Eric Kirby1
1

College of Earth, Ocean, and Atmospheric Sciences, Oregon State University, USA

49

3.1 Abstract
The size distribution of sediment supplied from hillslopes to channels is
suggested to modulate topographic adjustment of channel profiles to relative baselevel fall and erosion rate. Although numerous previous studies highlight the role of
runoff distributions and thresholds for erosion in bedrock incision models, the
potential for co-variance between hillslope erosion rate and the size distribution of
sediment delivered to channels suggests that threshold terms for channel incision may
also vary with rock uplift and/or erosion rate. In this chapter, I evaluate the role of
variable grain size distributions of sediment in setting the response of channel
steepness to erosion rate along Bolinas Ridge. Field observations of channel bed
morphology in watersheds draining the western flank of the ridge reveal a systematic
variation of grain size distributions that co-vary with channel steepness and ridgetop
curvature. Steeper watersheds transport sediment with coarser median grain sizes,
implying that thresholds for sediment transport and erosion in channels are likely to
co-vary with erosion rate along the field site. Analysis of hydroclimatic regimes from
gauged watersheds throughout the region reveals that discharge distributions are
reasonably well-described by stretched exponential distributions (e.g. Rossi et al.,
2016). These data are used to determine characteristics of both mean runoff and
runoff variability, which are, in turn, used to drive a stochastic river incision model
(e.g. Lague et al., 2005). My findings suggest two important results: 1) they confirm
previous work that the combination of a distribution of discharge events in the
presence of threshold for erosion of the channel bed leads to a nonlinear relationship
between steady-state channel steepness and erosion rate (e.g. DiBiase and Whipple,
2011), but that 2) covariation of transport threshold with erosion rate, a consequence
of variable grain size, drives the effective scaling relationship between channel
steepness and erosion rate to become more linear. Under these conditions, I find that
the spatial pattern of channel steepness along Bolinas Ridge could be a relatively
direct proxy for the spatial pattern of differential rock uplift. Moreover, my results
have important implications for understanding the global controls on the adjustment
of topography to variable rock uplift. In order to test these findings, I have collected
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samples of modern sediment to measure cosmogenic 10Be concentration as a proxy
for erosion rate.

3.2 Motivation
Bedrock channel incision is a primary control on landscape evolution in most
tectonically active mountain belts on Earth. Bedrock channels typically define the
relief structure of the landscape (e.g. Whipple et al., 1999), transmit signal of tectonic
and climatic perturbations throughout a landscape, and set the lower boundary
condition for adjacent hillslopes. Understanding the process of bedrock channel
incision is, therefore, critical for modeling landscape evolution and predicting how
landscapes respond to changing tectonic and climatic forcing. Because steepland
channels ultimately incise through bedrock, channel gradients for a given rock uplift
rate and climate regime are governed by the local erodibility of bedrock, sediment
flux and caliber, and channel geometry (Lague et al., 2014).
Recent work suggests that the linkage between channel incision, threshold for
sediment transport and erosion, and climate is a key factor that controls the response
of erosional channel networks to tectonic and climatic forcing (Lague, 2014). This
general conclusion is supported by both a theoretical framework for channel incision
(e.g. Lague et al., 2005) built on a stream-power type law (Howard et al., 1994;
Whipple and Tucker, 1999) and by observations in natural field site with simple
and/or known boundary conditions (e.g. Snyder et al., 2000; Kirby and Whipple,
2001; Duvall et al., 2004). Collectively, this body of work suggests that as rock uplift
rates increase, channels steepen and become more effective agents of transport and
erosion. In steady-state mountain belts from around the world, channels exhibit
positive, monotonic scaling relationships between erosion rate and channel steepness
(a measure of channel gradient normalized for contributing drainage basin) (e.g.
Kirby and Whipple, 2012). These global compilations suggest two important insights:
1) the dependence of channel steepness on erosion rate appears to be non-linear
(Ouimet et al., 2009; Cyr et al., 2010; DiBiase et al., 2010), and 2) there appear to be
strong differences in scaling relationships among different orogenic settings that
presumably reflect the relative influences of differences in climatic regime and rock
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mass quality among these field sites (Kirby and Whipple, 2012). Although these
observations provide compelling support for the notion that one can infer relative
differences in rock uplift from geomorphic observations, understanding the controls
on channel steepness and landscape relief in a predictive way remains difficult
(DiBiase et al., 2018).
Early models of channel response to tectonics were built on an assumption
that channel incision rate is a function of the stress exerted over bedrock by the
combination of flowing water, flow depth, and channel slope (Howard and Kerby,
1983; Howard, 1994; Whipple and Tucker, 1999). Such models, however, have
difficulty reproducing the observed non-linear scaling relationship between channel
steepness and erosion rate (Whipple and Tucker, 1999); most scaling arguments
suggest that incision by flowing water would lead to a scaling between channel slope
and erosion that is close to linear (e.g. Whipple et al., 2000). Because bare bedrock
channels in active mountain ranges are rare, most channels tend to be mantled with
sediment supplied from upland hillslopes. The degree to which the dependence of
channel steepness on erosion rate is non-linear is thought to reflect the influence of
erosion threshold in the presence of variable discharge distribution (Snyder et al.,
2003b; Tucker, 2004; Lague et al., 2005; DiBiase and Whipple, 2011, Scherler et al.,
2017).
Although a nonlinear relationship between steady-state channel steepness and
erosion rate is commonly found in most tectonically active field sites (Snyder et al.,
2003b; Kirby and Whipple, 2012), the role that sediment grain size plays in
topographic adjustment to differential rock uplift remains poorly understood. For one,
predicting the caliber of sediment delivered from hillslopes to channels across a range
of erosion rates and climate remains difficult (e.g. Sklar et al., 2017). In several
previous studies (e.g. Snyder et al., 2003; DiBiase and Whipple, 2011), correlations
among grain size of modern sediment and spatial variations in erosion and/or
exhumation rate were not evident. However, contrasts in rock strength and fracture
density do appear to lead to significant differences the relationships among channel
steepness, landscape topography and erosion rate in some landscapes (DiBiase et al.,
2018; Neely et al., 2019). Moreover, recent work also suggests that sediment delivery
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from blocky hillslopes leads to variable threshold behavior in channels (Shobe et al.,
2018). In this contribution, I seek to explore the variation in grain size distribution of
sediment among channels experiencing different erosion rates. I attempt to evaluate
how coordinated adjustment of hillslope erosion rate and sediment grain size
modulates the scaling relationship between channel steepness and erosion rate along
the inferred gradient in rock uplift at Bolinas Ridge.
In order to reach the research goals, I ask four critical research questions.
First, does the grain size of sediment in channels co-vary with channel steepness and
erosion rate? I measure grain size distributions from modern sediment on channel
beds as a function of both distance along a given channel, and along multiple
channels whose steepness varies along the ridge (Chapter 2). Second, what are mean
runoff and runoff variability for the region around Bolinas Ridge? I examine daily
discharge records from streams with long records to evaluate the frequencymagnitude relationships of runoff. I test models of these distributions to evaluate
whether a power-law (e.g. Crave and Devy, 2001; Lague et al., 2005) or exponential
(Tucker and Bras, 2000; Snyder et al., 2003; Rossi et al., 2016) provides a better fit to
observed distributions. Third, how do variations in sediment grain size modulate
channel adjustment to erosion rate? I employ a stochastic threshold river incision
model calibrated with runoff variability and uniform rock type (e.g. Lague et al.,
2005; DiBiase and Whipple, 2011) to explore the consequence of variations in grain
size for steady-state channel steepness (c.f. Shobe et al., 2018). Finally, what are the
implications of the model for the evolution of topography along an uplift-rate
gradient? I predict the effective scaling between channel steepness and erosion rate
under conditions of coordinated adjustment of hillslope erosion rate, variable
sediment size distributions, discharge variability in the present-day climate regime,
and channel steepness along Bolinas Ridge. My results allow a re-evaluation of
patterns of differential rock uplift along the ridge.

3.3 Overview of Stochastic Threshold River Incision Models
Channel steepness index has been used as a proxy for rock uplift and channel
incision (Cyr et al., 2010; Kirby et al., 2003, 2007; Kirby and Whipple, 2001, 2012).
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Under steady-state conditions, differential rock uplift rate is balanced by channel
incision. Several important factors such as channel width, runoff and runoff
variability, and sediment grain size are likely to exert a first-order control on the
shape of the relationship between channel steepness and erosion rate (Whipple and
Tucker, 2002; Gasparini et al., 2007; Valla et al., 2010; Attal et al., 2011). In this
section, I briefly review the theoretical and empirical basis for the stochastic
threshold incision model incorporated with the threshold parameters. The reader is
referred to a relatively recent review by Lague, (2014) for a more complete treatment.
Most stream-power type models imply a power law relationship between
channel steepness and erosion rate along a channel, of the form
𝑘𝑠  𝐸 ∅

(3.1)
𝑈 1

where 𝑘𝑠 is the channel steepness index (𝑘𝑠 = (𝐾)𝑛 from equation (2.3)), 𝐸 is longterm erosion rate, and ∅ is an empirical exponent that represents long-term drainage
1

basin evolution and is equal to 𝑛 of long-term upscaled erosion models (Lague et al.,
2005, DiBiase and Whipple, 2011; Lague, 2014).
Long-term incision models are classified into two endmember models: the
constant effective discharge model (Howard, 1994; Whipple and Tucker, 1999) and
the stochastic threshold model (Lague, 2014; Shobe et al., 2018). The constant
effective discharge model is applicable when effective discharge is large and
threshold term is negligible, whereas the stochastic threshold model is applicable
when interactions between discharge variability and threshold term drive channel
evolution. According to the two different models, the exponent relating channel slope
to incision rate (often referred to as 𝑛) is different between a constant effective
discharge model (𝑛𝑐 ) and a stochastic threshold model (𝑛𝑠 ). Therefore, the exponent
∅=

1
𝑛

should be appropriately applied for each model in equation (3.1).
Channel incision is a natural process that responds to rock uplift as a channel

cutting downward into its bed and deepening to reach base-level. Channel incision
initially occurs when bed shear stress exceeds the threshold shear stress /or critical
shear stress. In models that rely on an effective, constant discharge, it is assumed that
bed shear stress in the ‘geomorphically effective’ discharge is far greater than a
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threshold term, and therefore, the threshold term is neglected (Howard and Kerby,
1983; Stock and Montgomery, 1999; Snyder et al., 2000b). The simple bed shear
stress model can be formulated as (Snyder et al., 2003b):
𝐸 = 𝐾𝑅 𝐾𝐶 𝐾𝜏𝑐 𝐴𝑚 𝑆 𝑛

(3.2)

where 𝐾𝑅 is a coefficient that represent physical characteristics of rock resistance,
friction terms, and channel width. 𝐾𝐶 represents climate parameters, including the
intensity of precipitation, durations of storm and interstorm periods, and mean runoff
as described by Tucker and Bras, (2000) and Tucker, (2004), and 𝐾𝜏𝑐 is a term that
represents the effectiveness of discharge above a threshold shear stress (𝜏𝑐 ), assumed
to be 1 for 𝜏𝑐 = 0, when channel incision occurs.
However, the simple bed shear stress model leads to the, perhaps unrealistic,
prediction that bedrock channel incision only occurs during major flood events.
Gomez and Church, (1989) and Buffington and Montgomery, (1997) state that a longterm bedrock channel incision should involve a typical discharge event that at least
exceeds a minimum threshold shear stress, and transports the medium to coarse
bedload. In this chapter, I follow more recent versions of bedrock incision models
that include a threshold term for initial motion of bedload, a stochastic distribution of
flood discharge (Tucker and Bras, 2000; Tucker, 2004; Snyder et al., 2003b; Lague et
al., 2005; DiBiase and Whipple, 2011), and other parameters such as channel slope,
substrate properties, and sediment load characteristics (Tucker and Bras, 2000; Lague
et al., 2005).
The general formulations of bedrock channel incision model are the stream
power family of detachment-limited channel incision model that describes the
interaction of processes between mean bed shear stress and incision rate (Howard and
Kerby, 1983; Howard, 1994; Tucker and Slingerland, 1994; Whipple and tucker,
1999; Tucker and Bras, 2000; Whipple and Tucker, 2002; Snyder et al., 2003b). This
model postulates the local and instantaneous channel incision rate (𝐼) as a function of
a power law of mean bed excess shear stress.
𝐼 = 𝑘𝑒 (𝜏𝑏𝑎 − 𝜏𝑐𝑎 )

(3.3)
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where 𝑘𝑒 is incision efficiency coefficient dependent on substrate properties, 𝑎 is an
exponent dependent on erosion process, 𝜏𝑏 is bed shear stress, and 𝜏𝑐 is threshold
shear stress that must be overcome before erosion occurs.
Sediment flux and supply associated with stochastic distributions of runoff
and threshold terms could play a significant role in driving bedrock erosion (Howard,
1980; Sklar and Dietrich, 1998; Whipple and Tucker, 2002). 𝜏𝑐 mainly depends on
the median size of particle grains; 𝜏𝑐 requires a minimum 𝜏𝑏 to mobilize sediment
bedload. Both 𝜏𝑏 and 𝜏𝑐 are related to hydraulic geometry of alluvial channels
(Howard et al., 1994; Tucker and Bras, 2000). In steady, uniform flow in wide and
open channels, 𝜏𝑏 can be expressed as:
𝑄

𝜏𝑏 = 𝑘𝑡 (𝑤)𝛼 𝑆𝛽

(3.4)

where 𝑘𝑡 is a hydraulic friction factor including water density, gravitational terms,
and friction coefficient, 𝑄 is water discharge, 𝑤 is channel width, 𝑆 is channel bed
slope, and 𝛼 and 𝛽 are exponents depending on frictional relationship (in this
2

contribution, I use 𝛼 = 𝛽 = 3 from a Darcy-Weisbach relation) (Howard, 1994).
Equation (3.4) shows that the scaling of bed shear stress depends on variations in
flow width and discharge at a given location (Leopold and Maddock, 1953).
In a steady state landscape of uniform lithology and rock uplift rate, bankfull
channel width of bedrock channel (𝑤𝑏 ) is described by a power law relationship with
mean discharge (𝑄̅ ) (Leopold and Maddock, 1953, Montgomery and Gran, 2001;
Snyder et al., 2003a, Wohl and David, 2008).
𝑤𝑏 = 𝑘𝑤 𝑄̅ 𝜔𝑏

(3.5)

where 𝑘𝑤 is amplitude factor of relationship between channel width and mean
discharge, and 𝜔𝑏 is downstream width-discharge scaling variation. Stochastic
discharge events are parameterized into stochastic bed shear stress by using a
relationship of channel width (𝑤) as a function of discharge (𝑄):
𝑤
𝑤𝑏

𝑄

= (𝑄̅)𝜔𝑠

(3.6)

where 𝜔𝑠 is at-a-station width-discharge scaling variation (Leopold and Maddock,
1953; Tucker, 2004; Lague et al., 2005; DiBiase and Whipple, 2011). The average
value of 𝜔𝑠 is approximately 0.25 over a wide range of channel geometry in the
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southwest US and Great Plains due to systematic changes of an increase in channel
width within gentle banks, and an increase in sidewall friction with steep banks
(Leopold and Maddock, 1953; DiBiase and Whipple, 2011).
In many landscapes, mean discharge is related to the mean daily runoff across
catchment (𝑅̅ ) and drainage area (𝐴) as:
𝑄̅ = 𝑅̅ 𝐴𝑐

(3.7)

where 𝑐 is an exponent for unity in upland landscapes that is assumed to be 1
(DiBiase and Whipple, 2011). More specially, 𝑅̅ defines as the ratio of mean
discharge and drainage area. Finally, the representation of channel gradient (𝑆) can be
substituted by the channel steepness index that is consistent with topographic relief,
steady-state channels, and the stream power channel incision model (Wobus et al.,
2006b; DiBiase and Whipple, 2011) as:
𝑆 = 𝑘𝑠 𝐴

−𝑚
𝑛

(3.8)

where 𝑘𝑠 is channel steepness, 𝑚 = 𝛼𝑎(1 − 𝜔𝑏 ), and 𝑛 = 𝛽𝑎. The slope-area
relationship becomes a principal measure of the channel profiles to calibrate incision
rate and rock uplift rate (Kirby and Whipple, 2001; Lague et al., 2003; Lague and
Davy, 2003). The channel steepness is known to systematically vary with uplift rate,
lithology, and climate. It dictates the topographic relief of fluvial-dominated
mountain ranges (Wobus et al., 2006a; DiBiase et al., 2010), and describes the
linkage between climate and topographic relief.
Substituting equations (3.4) - (3.8) into channel incision model in equation
(3.3), the local and instantaneous channel incision can be written as
𝐼 = 𝐾(𝑄 ∗ )𝛾 𝑘𝑠𝑛 − 𝜑𝑐

(3.9)
𝑄

−𝛼𝑎 ̅ 𝑚
where 𝐾 = 𝑘𝑒 𝑘𝑡𝑎 𝑘𝑤
𝑅 , 𝛾 = 𝛼𝑎(1 − 𝜔𝑠 ), 𝜑𝑐 = 𝑘𝑒 𝜏𝑐𝑎 , and 𝑄 ∗ = (𝑄̅) represents

the normalized discharge (See Appendix B1 for a series of derivative equations). In
order to compare channel gradient of widely varying size, I use normalized channel
steepness indices (𝑘𝑠𝑛 = 𝑆𝐴𝜃𝑟𝑒𝑓 ) where 𝜃𝑟𝑒𝑓 = 0.45. Thus,

𝑚
𝑛

= 0.45 (Wobus et al.,

2006b). The influences of climate to govern the bedrock channel incision depend on
two parameters: mean runoff 𝑅̅ , and probability density function of discharge 𝑄 ∗
(DiBiase and Whipple, 2011). The strength of these two parameters controls the
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exponent of 𝑚 and 𝛾. In a region where spatial and temporal climatic conditions are
relatively uniform, a non-linear relationship between 𝐼 and 𝑘𝑠𝑛 is driven by the
presence of an erosion threshold (𝜑𝑐 ) (Lague et al., 2005; DiBiase and Whipple,
2011). In topographic steady state, I assume that long-term channel incision rate (𝐼) is
equal to long-term catchment erosion rate (𝐸). The long-term erosion rate combines
the product of local and instantaneous incision rate for a given discharge and the
probability of occurrence of all erosive discharge events (Tucker and Bras; 2000;
Tucker, 2004; Lague et al., 2005; DiBiase and Whipple, 2011).
𝑄∗

𝐸 = 𝐼 = ∫𝑄∗𝑚 𝐼(𝑄 ∗ , 𝑘𝑠 ) 𝑝𝑑𝑓(𝑄 ∗ )𝑑𝑄 ∗
𝑐

(3.10)

∗
where 𝑄𝑚
is the maximum normalized discharge and 𝑄𝑐∗ is the minimum (critical)
∗
normalized discharge needed to exceed the threshold shear stress. 𝑄𝑚
is not

considered in the model because the large flows normally exceed threshold terms, and
thus, cause erosion. To obtain 𝑄𝑐∗ for each value of channel steepness, I set 𝐼 in
equation (3.9) to zero and solve for 𝑄𝑐∗ . The 𝑄𝑐∗ is explicitly proportional to channel
steepness index (𝑘𝑠 ) and erosion thresholds (𝜑𝑐 ) ; high 𝜑𝑐 from steeper watersheds
requires larger flow events to be overcome before channel incision (Figure 3.1). In
this chapter, I will focus on the influence of the threshold terms in controlling longterm channel incision rates and channel morphology.

3.4 Climate and Discharge Record Analysis
3.4.1 Daily Discharge Data
First- and second-order channels along Bolinas Ridge are perennial channels
that water normally flows in portions of the bed all year round. The levels of flow
depend on the amount of precipitation that is directly from rainfall and the amount of
water fed from the shallow subsurface in the upper headwaters and on hillslopes.
During extended dry period in the Mediterranean climate, water flow can cease or be
sustained as shallow subsurface flow along the bed. Unfortunately, none of these
channels have maintained gauging stations.
To characterize regional trends in runoff and runoff variability that likely
characterize hydroclimatic conditions along Bolinas Ridge, I obtained daily discharge
data from USGS surface water data measured from daily records. Of 71 stream
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gauging stations in 3 counties nearby Bolinas Ridge along the central coast range of
California: Sonoma, Marin, and San Mateo counties (Figure 3.2). Of these, I selected
those that met a set of criteria to best long-term climatic conditions of the region: 1)
gauging stations must have streamflow records spanning at least 25 years, after
excluding data gaps and outlier values. These flow regimes are assumed to be
representative of climatic conditions throughout the latter part of the Holocene, and 2)
anthropogenic constructions such as dams, diversions, ditches, and reservoirs should
have minimal impacts to streamflow and drainage areas. I also accept streamflows
from gauging stations that were measured prior to irrigation constructions.
In order to better comparison the spatial distribution of discharge, I grouped
the discharge records based on the locations of streams gauging stations (Table 3.1):
1) Sonoma County is located to the north of Bolinas Ridge. Numerous stream
gauges have monitored on tributaries of Sonoma Creek, Russian River and Gualala
Creek. There are 43 USGS gauging stations across Sonoma county; more than 30
stream gauges have monitored streamflow for less than 25 years after excluding
missing data gap, and another 6 gauging stations have measured streamflow prior
and/or after the construction of Coyote Dam on Lake Mendocino reservoir and Warm
Springs Dam on Lake Sonoma. This leaves 5 gauging stations with data record that fit
my criteria: Sonoma Creek, Big Sulphur Creek (I and II near Cloverdale, CA),
Maacama Creek, and Dry Creek (Table 3.1).
2) Marin County is the immediate region around Bolinas Ridge. Most
channels in the county flow from small mountain ranges located in the west of the
county toward the east. More than half of the stream gauging stations have been
constructed in recent years, and so daily discharge records are short, <25 years. I
excluded other 4 gauging stations where the distributions of daily discharge and
runoff have been largely governed by reservoirs and dams, such as Nicasio Reservoir
on Lagunitas creek, and Stafford Dam on Novato Creek. In Marin County, I relied on
2 stream gauges: one has monitored daily streamflow on Corte Madera Creek, and the
other one is located on Walker Creek near Tomales Bay. This latter station has
available daily discharge records from 1959 to 1984, but was decommissioned in the
mid 1980s.
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3) San Mateo County is located to the south of Bolinas Ridge. I characterized
runoff and runoff viability of the region from USGS gauging stations of channels that
head in the coastal mountains and flow to the west into the Pacific Ocean. I do not
include stream gauging stations of channels flowing to the east of the mountains
because they are strongly influenced by ditches and irrigation systems across South
San Francisco. Here, I utilized 3 gauging stations for analysis: Pescadero Creek, San
Gregorio Creek, and Pilcacitos Creek near Half Moon Bay (Table 3.1; Figure 3.2).
At each of these 10 stations, I analyzed stream flows recorded in cubic feet
per second (cfs) in the USGS streamflow repository. To obtain runoff data, I
converted historical records to daily runoff by dividing daily discharge data with the
contributing upstream drainage area. For precipitation data, I obtained average annual
precipitation data during 1981-2010 from the PRISM climate group of Oregon State
University (Table 3.1).

3.4.2 Frequency-Magnitude Distribution of Daily Discharge
The nature of runoff distributions has been the subject of debate for the past
two decades. A number of recent workers, including Turcotte and Greene (1993),
Crave and Davy (2001), Lague et al (2005), Molnar et al. (2006), and DiBiase and
Whipple (2011) argue that the exceedance probability distribution of discharge of
many watersheds in temperate regions are well-described by an inverse gamma
distribution, a model that combines an exponential distribution for frequent, low
discharge events with a power law distribution for infrequent, high discharge events
(Figure 3.3A). The inverse gamma distribution is not universally used to predict the
frequency of rare events in several places (e.g. Eagleson, 1978). As argued in Rossie
et al., (2016), a number of observed watersheds exhibit frequency distributions that
are not heavy tailed. In these cases, data appear to be better described by a stretched
exponential distribution (Wilson and Toumi, 2005; Rossi et al., 2016) (Figure 3.3A).
In this study, I compare the applicability of both an inverse gamma distribution and a
stretched exponential distribution on runoff distributions from 10 stream gauging
stations across central coast range of California.
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In order to construct daily runoff distribution for each gauging station, I first
converted streamflow data from cubic feet per second (cfs) to cubic meters per second
𝑄

(cms), normalized each of these by the mean daily discharge (𝑄 ∗ = 𝑄̅), and then
ranked the largest to smallest normalized flows from 1 to n (total number of values).
The exceedance frequency of occurrence of runoff is calculated by the ratio of rank to
the total number plus one. Runoff distribution data are shown as the exceedance
frequency of occurrence as a function of normalized daily discharge (Figures 3.3B-F).
To derive runoff variability of each stream gauge, I tested two different
models of runoff distributions: 1) inverse gamma distribution (modified from Lague
et al., 2005; DiBiase and Whipple, 2011), and 2) stretched exponential function
distribution with the specified optimal probability thresholds at 5 events per year
(modified from Rossi et al., 2016; Shobe et al., 2018).
𝑝𝑑𝑓(𝑄 ∗ ) =
𝑝𝑑𝑓(𝑄

∗)

𝑘 𝑘+1
𝛤(𝑘+1)

= 𝑒

𝑄∗ 𝐶𝑟
)
𝑄0

−(

𝑘

exp (− 𝑄∗)𝑄 ∗−(2+𝑘)

(3.11)
(3.12)

where equation (3.11) is the exceedance probability of occurrence of discharge
obtained from the inverse gamma distribution, 𝛤 is the gamma function, and 𝑘 is a
variability parameter corresponding to the best fit power law exponent (lower values
of 𝑘 represent more variable runoff). Equation (3.12) represents the exceedance
probability obtained from the stretched exponential (Weibull) distribution. Here, 𝑐𝑟 is
the runoff variability shape parameter (lower values of 𝑐𝑟 represent more variable
runoff), and 𝑄0 is a scale parameter determined from the y-intercept in a linear least
square method (Rossi et al., 2016).
I compare the shape parameters of stretched exponential fit with power law fit
on runoff distribution data from 10 gauging stations. The shape parameter, 𝑐𝑟 , of best
fit stretched exponential distribution is the slope of the linear regression of the plots
of natural log of the pdf and natural log of normalized discharge in equations (3.12)
and (B17) in Appendix B1. Similar to the variability parameter, 𝑘, of best fit power
law, it is determined from the slope of the linear regression on the plot of log
transforming the pdf against the normalized discharge in equation (3.11) (Figure 3.3).
The corresponding values of 𝑐𝑟 and 𝑘 suggest that lower values of 𝑐𝑟 and 𝑘 yield
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more variable runoff. Much lower 𝑘 and 𝑐𝑟 indicate heavy-tailed runoff distributions
(Lague et al., 2005; DiBiase and Whipple, 2011; Rossi et al., 2016).
My analysis shows that the threshold exponential distribution does a better job
representing the frequencies of both intermediate and large rare flood events that are
inferred to represent geomorphically effective flows. The inverse gamma distribution,
in contrast, does not capture the large flood events in these records (Figures 3.3B-E).
The best fit stretched exponential distribution, thus, is much better to match the right
tail of runoff distribution than the best fit inverse gamma distribution, although
neither is a perfect fit to the data (Figures 3.3B-F).
The best fit stretched exponential distribution to fit intermediate and large
flood discharges on runoff distribution data reveals the value of runoff variability
(𝑐𝑟 ), ranging from 0.34 to 0.41 across the stations we analyzed (Table 3.1). If I
assume the best fit power law distribution on intermediate floods, I can calculate the
values of runoff variability (𝑘), ranging from 1-1.3. The values of 𝑐𝑟 and 𝑘 are
consistent that the lowest value of runoff shape parameter is from Big Sulphur Creek
II, while the highest one is from Dry Creek (Table 3.1). Due to the relative narrow
range of the shape parameter of runoff variability, I averaged values from all
discharge distribution data to obtain a mean 𝑐𝑟 = 0.38 and 𝑘 = 1.18 that appear to be a
reasonable description of runoff variability throughout the study region. I used these
values in the application of a stochastic threshold channel incision model below.

3.4.3 Frequency-Magnitude Distribution of Precipitation
Runoff rate or discharge is defined as the difference between rainfall rate and
infiltration-evaporation rate. If I assume simple Hortonian overland flow (rainfall has
exceeded infiltration and storage capacity of land surfaces) and negligible infiltration,
the discharge distribution is equivalent to an accumulation of rainfall distribution. The
distribution of discharge data can represent rainfall frequency-magnitude
characteristics of a region. Both rainfall and rainfall variability could be modeled as a
series of discrete and individual storm events. They behave as a random pulse with
independent and exponential distribution to cause channel incision rate (Tucker and
Bras, 2000; Snyder et al., 2003b; Tucker, 2004). Long-term fluvial landscape
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evolution is based on a Poisson pulse rainfall distribution that is mainly developed by
statistics of rainfall and the effects of storm variability.
Here, I applied the Poisson pulse rainfall distribution (Tucker and Bras, 2000;
Tucker, 2004) to derive climate parameters calibrated from a 50-year (1970-2020)
discharge data record from San Gregorio stream gauge station which is assumed to
represent the distribution of rainfall over Bolinas Ridge region. The 5 decadal records
of daily discharge are converted to the frequency-magnitude relationship, and they are
used to calculate for climate variability factor following the methodology of Eagleson
(1978) and Hawk (1992) (Figure 3.4). Briefly, I calculated representative Poisson
pulse model parameters of mean storm precipitation intensity, 𝑃̅, storm duration, 𝑇𝑟 ,
and interstorm interval, 𝑇𝑏 (Figure 3.4). The predicted annual precipitation (P) is
estimated by the product of the storm precipitation intensity with a fraction of time
𝑇

𝑟
taken between storm events, (𝑇 +𝑇
). The value of P is similar to an observed annual
𝑟

𝑏

precipitation obtained from 30-year normal precipitation by PRISM climate group of
Oregon State University. Finally, climate variability factor, 𝐹𝑣𝑎𝑟 , calculated as the
𝑃̅

ratio of mean precipitation intensity to mean annual precipitation ((𝑃)) is ~12.6 across
the region. The final estimated values of each parameter are shown in Table 3.2.

3.5 Characteristics of Sediment Particle Size
In the stochastic threshold incision model, the threshold shear stress (𝜑𝑐 ) is
defined as the magnitude of bed shear stress required for flows to become effective in
driving erosion of bed and banks (Lague, 2014). In any given channel, the threshold
term may be set by the properties of substrate lithology, including the intact rock
strength of bed material, the tensile strength and density of fractures (e.g. Whipple et
al., 2000), and/or the mobilization of bed sediment (e.g. Sklar and Dietrich, 1998;
2004). In case of bare bedrock, channel incision is set by plucking along joints and
fracture planes of exposed blocks, but in most active mountain ranges, thresholds to
initiate erosion of the channel bed must also mobilize sediment supplied from upland
hillslopes. Thus, a likely approximation of a threshold for erosion can be determined
from the caliber of sediment gain size on the bed (e.g. DiBiase and Whipple, 2011).
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In this section, I measured grain size distributions along channels draining Bolinas
Ridge in an effort to assess thresholds for erosion from the median grain size of
coarse bedload in channel networks.
I surveyed channels distributed over 25 kilometers length along Bolinas Ridge
to generate an extensive dataset of sediment cover, distribution of grain size on
surveyed channels, and channel width. I surveyed 8 first-order channels along Bolinas
Ridge from south of Point Reyes Station to near the western flank of Mount
Tamalpais massif (Figure 3.5). For each channel, I surveyed upstream starting at
channel reaches near the mouth of each channel (near Highway 1) toward the
headwater reaches which become choked by dense vegetation near channel heads.
The selection of channels was designed to survey across a range of channel steepness
indices and excluded those channels with prominent knickpoints Channel number 13
is an exception because a knickpoint is detected on the channel longitudinal profile.
To characterize sediment grain size distributions along the transect, I collected
a series of digital photographs of channel bed sediment on active bars along the
channel thalweg with a reference scale (e.g. pens, rulers, engineering ranging rods);
photos were taken at intervals of ~15-20 m along the channel length. I reduced bias
and uncertainties that might occur during collecting data by: 1) setting the same
height between camera and sediment on channel beds, 2) taking photographs with
similar angle between the camera and targeted sediment in order to avoid reflection
from sunlight, and 3) removing unrelated materials on channel floors such as leaves,
plants, and wood pieces that might compromise the digital measuring algorithm.
To calculate the distribution of sediment grain size along channels, I used the
BaseGrain, a MATLAB-based photogrammetric software, to automatically detect and
analyze grain size of fluvial gravel bed from top-view photographs (Graham, et al.,
2005a, 2005b; Detert and Weitbrecht, 2012, 2013). This software is available to
download via https://basement.ethz.ch/download/tools/basegrain.html. The software
functionally detects grain boundaries from photographs via an ellipse-fitting
procedure to record true a- longest and b- intermediate axes of the grain (Graham et
al., 2005a). Briefly, the software turns colored images to gray-scaled ones to enhance
the contrast between grain boundaries and interstices. I pre-process by adjusting the
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software’s threshold parameters to redefine more precise grain boundary-interstice.
Then, the software automatically detects the grain boundary based on my optimal
specific thresholds, and determines a primary set ellipse axes on individual grain from
the object detection algorithm. After automatic object detection, I post-process to
merge grains, depart grains, and remove unwanted materials such as leaves, small
plants and grass, and another fine sediment. Once the image is readjusted, the
software recalculates individual grain size and classifies as a range of fraction of
different particle sizes (e.g. D10, D50, D84, and D90). Thus, I rapidly generate grain size
distributions and calculate median grain size and population variance (Figure 3.6).
The advantages of using this software over conventional pebble counts include time
saved in field observations, selection of any portion of photos for grain size analysis,
and minimal disruption to geomorphic and habitat features within channels during
measurement.
The final results of object detection procedure show straight blue-cross marks
on individual grain. Each cross mark represents a-axis and b-axis fitted by ellipses on
sediment grain’s boundary (Figure 3.6). The black interstices, and unwanted materials
are not included in grain size calculation. The result releases a range of fraction of
different particle size (e.g. D10, D50, D84, and D90). In order to compare variations in
sediment grain size along the ridge, I assume that downstream fining and grain size
reduction in these short (<5 km), lower-order channels are minimal. This is due to the
direct sediment delivery from hillslopes to channel networks and the inputs of coarser
materials from tributaries within the watersheds. Currently, observed median grain
size slightly varies from headwater reach to the mouth of channel. Based on this, I
create grain size distribution curves for all sediment in each channel, average the
fraction of those particle size, sum up to major ranges of particle size (D10, D50, and
D90), and plot the fraction as a function of distance along strike of the ridge (Figure
3.7 and Table 3.3). The results of this analysis reveal that, although grain sizes are
relatively uniform along a given longitudinal channel, both median of the grain size
distribution (D50), and the variance in the population (as described by the difference
between D10 and D90) increase from north to south along the ridge (Figure 3.7).
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3.6 Application of Stochastic Threshold Channel Incision Model
3.6.1 Rationale
The previous sections describe the range of runoff variability characterizing
present-day climate in the vicinity of the field site as well as systematic variations in
grain size distributions in channels experiencing different erosion rates along the
ridge (Hurst et al., 2019, and Chapter 2). Although discharge records in nearby
watersheds span only a few decades, I proceed under the assumption that the firstorder characteristics of flow regimes have been similar over the timescales at which
topography adjusts to erosion rate (likely, 105 years in this landscape). I acknowledge
the limitations of this approach, but note that the coastal climates that characterize the
field site today are likely to be regulated by nearshore circulation that modulates
strong temperature changes. In the next section, I will specify other variables and
parameters that are used for the modeling. The goal of employing a stochastic
threshold incision model that incorporates runoff variability is to evaluate the degree
to which variable thresholds for channel erosion modulate the steady-state scaling
relationship between channel steepness and erosion rate.

3.6.2 Channel Width-Drainage Area Relationship
The hydraulic geometry of channels influences the energy expenditure of
flowing water against its channel bed and banks (Bagnold, 1977), and as such, is an
important component of bedrock incision models (e.g. Whipple and Tucker, 1999;
Lague, 2014). In actively incising bedrock channels, adjustment of channel width is
also a potential mechanism to allow channels to keep pace with uplift (e.g. Duvall et
al., 2004; Finnegan et al., 2005), although there is a strong feedback with sediment
flux in rapidly eroding landscapes (Turowski et al., 2006; Yanites and Tucker, 2010).
Although channel width can be measured using a laser rangefinder in the field, it can
often be difficult to determine an equivalent to the bankfull width often measured in
alluvial rivers (e.g. Leopold and Maddock, 1953). To measure channel width and
cross-sectional geometry, I used the combination of GIS slope functions and 3D
analyst in ArcGIS to help estimate the edges of channel floor and bankfull channel
margins. The 1-m high resolution digital elevation data are sufficient to roughly
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digitize those channel boundaries. I measured channel width as a function of distance
along channels from 12 out of 41 watersheds along Bolinas Ridge (Figure 3.8).
In each channel, I measured channel width at every 100 m along the channel
and calculate upstream area from each point of channel width measurement. I
measured the boundary of channel width on the abrupt slope breaks in channel cross
sections. The elevation of bankfull occurs at the gentler depositional surface adjacent
to the channels; either one side or both sides of channels (Figure 3.9). I excluded
measurements of channel width near headwaters or at locations that lack obvious
slope breaks that mark the edge of the channel in cross sections.
Because these channels do not have direct discharge records, I used the
relationship of upstream drainage area (𝐴) as a proxy for mean discharge (𝑄̅ ) in
equation (3.7) (Montgomery and Gran, 2001; Snyder et al., 2003a). Combining
equations (3.5) and (3.7), we obtain the power law relationship between bankfull
channel width (𝑤𝑏 ) and upstream drainage area as:
𝑤𝑏 = 𝑘𝑤 𝑅̅ 𝜔𝑏 𝐴𝑐𝜔𝑏

(3.13)

where 𝑅̅ are mean daily runoff converted to ms-1, and 𝑘𝑤 is channel width index. I
plotted channel width as a function of upstream drainage area. The slope of the plot
yields an estimate for the coefficient, 𝑘𝑤 , which is used as one of parameters in the
stochastic threshold incision model (equations 3.5 and 3.9).
Figure 3.10 shows measurements of channel width measurement plotted
against upstream drainage areas for each of the 12 surveyed streams. Although the
length of these channels makes it challenging to determine width-drainage area
scaling over a large range of drainage area, it appears that there are systematic
downstream variations in channel width (Figure 3.10). Although the power-law
variations ranges from ~0.25 to ~0.5 (Figure 3.10), a large number of the streams
exhibit width variations between 0.3 and 0.4, consistent with previous observations
by Montgomery and Gran, (2001) of bedrock and alluvial mountainous channel
systems in coastal Oregon and Washington.
The exponent between bankfull channel width and discharge in the stochastic
bedrock erosion model (𝜔𝑏 ) strongly depends on the choice of hydraulic resistance
relationship and the value of the reference concavity, 𝜃𝑟𝑒𝑓 (DiBiase and Whipple,
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2011). To systematically compare channel steepness index across the field data, I
fixed 𝜃𝑟𝑒𝑓 = 0.45 that equates the ratio

𝑚
𝑛

to 0.45 (equation 3.9). The combination of a
2

Darcy-Weisbach resistance relation (𝛼 = 𝛽 = 3) and the ratio of

𝑚
𝑛

to 0.45 forces the

value of 𝜔𝑏 to 0.55. Because the previous regression of 𝜔𝑏 on the scatter data is
lower (𝜔𝑏 ~ 0.30), I regressed a new best fit line through the same scattered data with
fixed values of 𝜔𝑏 = 0.55 following equation (3.13) (Figure 3.11). Over the limited
drainage area of these channels, there is little functional difference in these
regressions (Figures 3.9 and 3.10). My analysis reveals the regionally constant 𝑅̅
values of 1.52 x 10-8 ms-1 (mean daily runoff from 10 stream gauging stations) and
the constant 𝑘𝑤 values of 22 m-0.65s0.55 (Table 3.3). These values are parameters used
in the stochastic threshold incision model.

3.6.3 Erosion Thresholds
First- and second-order channels along Bolinas Ridge are mantled with a thin
layer of sediment supplied from upland hillslopes. Sediment grain sizes on channel
floors define threshold shear stresses, 𝜏𝑐 , in equation (3.3) and reflect a minimum bed
shear stress to be overcome for mobilizing alluvial bed materials, and initiating
bedrock channel incision (Snyder et al., 2003b; Lague et al., 2005; DiBiase and
Whipple, 2011). We determine 𝜏𝑐 using a Shields, (1936) criterion:
𝜏𝑐∗ =

𝜏𝑐
(𝜌𝑠 −𝜌𝑤 )𝑔𝐷50

(3.14)

where 𝜏𝑐∗ is the dimensionless threshold shear stress or the Shields number, 𝐷50 is the
median grain diameter, 𝑔 (9.81 ms-2) is gravitational acceleration, 𝜌𝑠 (~2700 kg m-3)
and 𝜌𝑤 (~1000 kg m-3) are sediment and water densities, respectively.
From previous compilation studies of flume experiments by Miller et al.,
(1977) and Yalin and Karahan, (1979), the Shields number of median gravel diameter
∗
(𝜏𝑐,50
) ranges between 0.03 and 0.073. The range of the Shields number is reported

from numerous visual observations of grain motion in any fluid motion (e.g.
Buffington and Montgomery, 1997). To calculate 𝜏𝑐 by equation (3.14), I rely on the
∗
combination of constant Shields number (𝜏𝑐,50
) that is approximately 0.045 on
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uniform-granular gravel channels (Buffington and Montgomery, 1997), and variable
median grain sizes (𝐷50 ) obtained from field observation (Section 3.4).
To obtain variable erosion thresholds (𝜑𝑐 ), I follow equation (3.9) as the
amalgamation of a constant incision efficiency coefficient (𝑘𝑒 ) from uniform bedrock
strength, and variable 𝜏𝑐,50 . I found that 𝜑𝑐 increases fivefold from north to south,
similar to a threefold increase in 𝜏𝑐,50 (Table 3.3). The spatial variations in bedload
grain size and erosion thresholds associated with erosion rate appear to be consistent
with the degree of physical and chemical weathering during sediment production and
transport into channels. Slower erosion rates allow longer residence times of sediment
in the shallow subsurface where rock is subject to attack by physical and chemical
weathering, whereas rapid erosion leads to coarser grains that have passed quickly
through the shallow subsurface of bed relative to rock surface (Sklar and Dietrich,
2006; Sklar et al., 2017). Implicit in this notional view of a connection between grain
size erosion rate and weathering is an assumption of a relatively uniform distribution
of fractures; in landscapes with widely varying mechanical properties, grain size may
be set by fracture networks and show little correlation with erosion rate (e.g. DiBiase
et al., 2018; Neely et al., 2019).

3.6.4 Stochastic Threshold River Incision Model
The other important parameters for the stochastic threshold incision model are
shown in Tables 3.2 and 3.3. These tables include parameters that are derived from
the previous sections, as well as those derived from previous studies (e.g. Lague et
al., 2005; DiBiase and Whipple, 2011).
1) Hydraulic friction factor (𝑘𝑡 ) = 1000 kgm-7/3 s-4/3 that is derived from the
2

combination of Darcy-Weisbach friction relation (𝛼 = 𝛽 = 3) and 𝑘𝑡 =
2
3

1
3

𝜌𝑤 𝑔 𝐶𝑓 , where 𝐶𝑓 = 0.01.
2) Reference concavity index (𝜃𝑟𝑒𝑓 ) = 0.45, m = 0.45, n = 1
3) Mean runoff (𝑅̅ ) = 1.52x10-8 ms-1
4) Constant mean runoff variability parameter (𝑐𝑟 ) = 0.38, (k) = 1.18
5) Constant climate variability factor (𝐹𝑣𝑎𝑟 ) = 12.6
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6) Channel width index (𝑘𝑤 ) = 22 m-0.65 s0.55
7) Erosion thresholds (𝜑𝑐 ) are variable based on variable 𝜏𝑐 and 𝐷50 .
8) Incision efficiency coefficient (𝑘𝑒 ) is a free parameter to fit the model.
The choice of 𝑘𝑒 here is high relative to that of DiBiase and Whipple,
(2011), consistent with less-resistant volcaniclastic metasedimentary rock
in an accretional prism complex. However, we note that this is not directly
tied to mechanical properties of the rock.
In order to explore the degree to which variable erosion thresholds influence
the relationship between relief (as quantified by the channel steepness index (𝑘𝑠𝑛 ))
and steady-state erosion rate (𝐸), mean runoff (𝑅̅ ) and runoff variability (𝑐𝑟 , 𝑘, 𝐹𝑣𝑎𝑟 )
are held constant, but erosion thresholds (𝜑𝑐 ) are varied based on the field
observation (Table 3.3). The only one free parameter of rock strength (𝑘𝑒 ) is tuned to
fit the range of normalized channel steepness index. I follow equations (3.9) - (3.12)
as a series of formula used in the stochastic threshold incision model (more details of
derivative equations are in Appendices B1 and B2).
Using the model allows us to estimate steady-state channel steepness as a
function of erosion rate. As has been shown previously (Lague et al., 2005; DiBiase
and Whipple, 2011; Lague, 2014), the combination of a frequency-magnitude
distribution of discharge and an erosion threshold leads to a non-linear scaling
relationship between channel steepness and erosion rate (Figure 3.12). This effect is a
consequence of the fact that, as channels steepen in response to greater uplift rate, a
larger fraction of runoff events are able to exceed the erosion threshold, and the
system is more efficient at transporting sediment and/or eroding bedrock (e.g. Snyder
et al., 2003b; Tucker, 2004; DiBiase and Whipple, 2011). However, it is important to
note that this result implies the presence of a family of curves whose position and
degree of non-linearity depends on the magnitude of the erosion threshold (c.f. Shobe
et al., 2018). This effect is shown on Figure 3.12, where those channels with coarser
sediment and a larger threshold require steeper steady-state channels at a given
erosion rate.
The observation that grain size varies systematically with both hillslope
curvature and channel steepness implies that the erosion threshold itself may be
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dependent on rock uplift and/or erosion rate. In this case, the effective scaling
between channel steepness and erosion rate becomes more linear (Figure 3.13), as the
greater erosion threshold required to move coarse sediment counteracts the increase
in efficiency that would be expected along steeper channels. To illustrate this effect, I
plot the positions of eight channels for which I am able to calculate threshold shear
stress from grain size distribution on Figure 3.13. The combination of channel
steepness and threshold transport makes a prediction of the erosion rate along each of
these channels (Figure 3.13), and for each of the different models of discharge
distribution (e.g. Stretched exponential, Inverse gamma, and Poisson pulse), the
scaling between channel steepness and inferred erosion rate is quasi-linear (Figure
3.13). Thus, it appears that the intimate association of channel steepness and sediment
grain size in this field site enables a prediction of erosion rate that can be tested
against independent measures, such as 10Be concentrations in modern sediment (e.g.
Granger et al., 1996).
Although such data are not yet available from the study area, I can make a
comparison of erosion rate predicted from the stochastic threshold incision model
with that inferred from ridgetop curvature (Chapter 2). These two independent
inferences of erosion rate compare favorably (Figure 3.14). Both suggest that erosion
likely reach 300-400 mMa-1 at the southern end of Bolinas Ridge and decay to ~50100 mMa-1 at the northern end of the study area. Notably, however, the spatial pattern
appears to be non-linear, with erosion rates that increase rapidly along the southern
half of the transect. This is consistent with the geometry and pattern of uplift rates
inferred for a blind fault by Johnson et al., (2009). A second important observation,
however, is that the rates of erosion inferred from channel steepness at the southern
end of the transect appear to exceed those inferred from ridgetop curvature (Figure
3.14). This suggests that the assumptions made in a simple relationship between
ridgetop curvature and lowering rate are invalid. Erosion rates may depend on the
diffusive, slope-dependent transport invoked by Heimsath et al., (1997, 1999, 2005).
Future tests of this discrepancy will rely on independent measures of erosion rate
from cosmogenic 10Be.
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3.7 Discussion
I employed the stochastic threshold river incision model that is tuned with
several parameters obtained from field measurements, historical records of
streamflow, and available high-resolution digital elevation models. In a setting where
lithologic and climatic conditions are relatively uniform, I attempt to test the role of
the variable threshold terms that are derived from variable sediment particle size in
modulating the topographic adjustment of a coastal mountain range to differential
rock uplift. In the following section, I discuss the key findings, and compare them to
several previous works that emphasis on the role of climate variations in driving the
shape of 𝑘𝑠𝑛 − 𝐸 relationships.
3.7.1 Probability Distribution of Climatic Conditions in Bolinas Ridge Region.
The historical discharge observations from 10 stream gauging stations are
used to characterize the hydroclimatic regime of Bolinas Ridge region during the
historic past. The distribution of intermediate and rare flood events is well-described
by a stretched exponential distribution (Figure 3.3), and the relatively narrow range of
runoff distribution suggests that runoff in this region is uniform, at least in
comparison to other similar studies that were conducted in more semi-arid climates
(e.g. DiBiase and Whipple, 2011). The frequency-magnitude relationship of daily
discharge distribution data from nearby watersheds across Bolinas Ridge is fitted by
stretched exponential distribution, yielding the mean runoff variability (𝑐𝑟 ) = 0.38 and
mean runoff (𝑅̅ ) 480 mmyr-1 (Table 3.2).
Although number of other recent studies find that runoff distributions are
characterized by a power law distribution (e.g. Turcotte and Greene, 1993; Lague et
al., 2005; DiBiase and Whipple, 2011; Lague, 2014), this model considerably
overestimates the frequency of large magnitude events and the variability in my
analysis (Figure 3.3). The runoff distribution data from regional stream gauges across
the study site do not show the heavy-tailed runoff distributions that are characteristic
of more arid climatic regimes (DiBiase and Whipple, 2011; Rossi et al., 2016). In
settings where intermediate to large flood discharge could be erosive events (e.g.
Mediterranean climate and/or mildly humid regions), runoff distributions tend to
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exhibit an exponential that is well-captured by stretched exponential distribution (e.g.
Rossi et al., 2016). Notably, these two distributions appear to be applicable to runoff
in most watersheds across the contiguous US (Molnar et al., 2006; Rossi et al., 2016).
Neither is necessarily appropriate in tropical settings where large monsoonal or
frequent typhoon storms play a significant role in generating significantly higher
runoff and runoff variability such as Nepal and Taiwan (Molnar et al., 2006; Lague,
2014; Rossi et al., 2016).
Although the scattered data of the scaling relationship between channel
steepness and erosion rate is maximized in the Poisson pulse rainfall data (Figure
3.13), the wide scatter likely reflects the differences in fitting discharge distribution
data by storm duration, interstorm interval, and mean rainfall intensity (Tucker and
Bras, 2000; Tucker, 2004). The variability of climate represents long-term climate
variation that is efficiently used to describe long-term erosion rate across Bolinas
Ridge. However, this may need to account for specific infiltration and evaporation
rates as a function of soil properties and vegetation types, effects of lag time between
peak rainfall and peak discharge, and sediment transport behavior driven by rainfall
data information.

3.7.2 Sediment Grain Size Dependence on Erosion Rate
My analysis of sediment grain size distributions in channels along Bolinas
Ridge shows that both the median grain size and the variance of grain sizes
systematically increases toward the south, corresponding to increases in both channel
steepness and ridgetop curvature of interfluves (Chapter 2). As argued previously,
these morphologic changes likely reflect adjustment of landscape topography to a
gradient in rock uplift rate (Kirby et al., 2007; Hurst et al., 2019), such that channels
and hillslopes are eroding more rapidly in the southern portion of the transect.
Although I do not yet have direct measurements of erosion rate on these ridgetops or
in channels, it seems likely that such systematic changes in grain size reflect
differences in the rate of conversion of rock to transportable materials (Sklar et al.,
2017). Given that climate and lithology are relatively uniform along Bolinas Ridge, it
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appears that erosion rate is a first-order factor in controlling sediment grain size
supplied from hillslopes to channels.
Previous work suggests that the spatial gradient in rock uplift is related to rock
uplift driven a blind thrust underneath Mount Tamalpais (Kirby et al., 2007; Johnson
et al., 2009). The degree to which this purported fault system, and the adjacent San
Andreas Fault, may have driven fracture of rock is unknown. However, feedbacks
between the growth of topography, near surface stresses and rock fracture (e.g. St.
Clair et al., 2015) may also play a role. If this is the case, I would expect greater
compressive stress in valley bottoms toward the south (Sklar et al., 2017), although it
is not necessarily obvious whether this would be an explanation for coarser bed
sediment.
The residence time of clasts exposed to weathering in the saprolite and
regolith is a possible factor for grain size reduction during hillslope transport. The
sediment in steeper watersheds in the south is limited to shorter residence time in
thinner soil and on steeper slopes. Because the residence time is inversely
proportional to erosion rate, this seems like an obvious route for further study. My
results are similar to several previous observations of fluvial sediment grain size
distribution in Feather River, the western flank of Sierra Nevada from Attal et al.,
(2015), and in Inyo Creek, the eastern flank of Sierra Nevada, California from Riebe
et al., (2015).
Variations in sediment grain size with longitudinal distance along the channel
from headwater to outlet appears minimal in this study. This likely represents
sediment that is equally sourced from hillslopes throughout the first-order watersheds
and minimal downstream fining. Moreover, the fact that these distributions do not
vary strongly with distance along a given channel suggests that I do not see a
significant gradient in bedrock material properties with distance from the San
Andreas Fault.

3.7.3 Implications for Adjustment of Channel Steepness to Erosion Rate
A number of previous studies have examined the role of runoff and runoff
variability in controlling the relation between topography and bedrock channel
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incision rate (Snyder et al., 2003b; Tucker, 2004; Lague et al., 2005; DiBiase and
Whipple, 2011; Lague et al., 2014: Scherler et al., 2017). Although these studies
employ versions of the stochastic threshold incision model, all of them assume or
argue for a single value of erosion threshold throughout their respective field sites.
Furthermore, few field studies have identified co-variation in grain size and erosion
rate that would necessitate differences in erosion thresholds in portions of a landscape
that are experiencing differential rock uplift and erosion. Shobe et al., (2018) have
previously worked on the influence of very large sediment grains (hillslope-derived
blocks from caprock) on fluvial processes and the adjustment of channel gradients.
Similar to my result, these authors find that variable threshold leads to and effectively
more linear relationship between channel profile gradient and erosion rate.
Surprisingly, the co-variance of grain size with channel steepness appears to
lead an effective scaling between erosion rate and channel steepness that is more
linear than predicted for a constant threshold (Figure 3.13). This result has potentially
general implications. Although a number of studies suggest that steady-state channel
steepness varies nonlinearly with erosion rate (e.g. Cyr et al., 2010; DiBiase et al.,
2010; Scherler et al., 2014), there are other observations that suggest more linear
relationships in some field sites (e.g. Kirby and Whipple, 2011; Kirby and Ouimet,
2011; Miller et al., 2013). This study suggests that such behavior may emerge from
the interplay among erosion rate, the rate of sediment production on hillslopes and the
grain size delivered to channels, and threshold behavior in incising bedrock channels.
My results suggest the need for additional studies to understand the controls on
sediment production and grain size in actively eroding mountain belts (e.g. Sklar et
al., 2017; Neely et al., 2019).
Along Bolinas Ridge, erosion rates predicted from the stochastic threshold
channel incision model, using the stretched exponential distribution to describe
hydroclimate regimes, are generally similar to erosion rates predicted from
topographic curvature (Chapter 2), in that erosion rates systemically increase toward
the south along the ridge (Figure 3.14). However, there are differences in the erosion
rate along the southern part of the transect, starting at watershed number 28 and
southward. As noted previously, these differneces might reflect an imperfect
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calibration of hillslope curvature and erosion rate. It is also possible that landscape
topography in the north is in a declining state, where channels and hillslopes are
adjusting to low rates of present-day uplift and erosion rates are decaying from a
previous state (e.g. Hurst et al., 2019). This explanation is possible, but note that
testing this will require additional data on erosion rates in this landscape. Topography
along the southern portion of the transect, in contrast, suggests different erosion rates
from ridgetops and channels. Although this part of the landscape is predicted to be
more completely adjusted to tectonic forcing, as suggested by Hurst et al., (2019), the
lower erosion rates estimated from ridgetop curvature might depend on the variations
in diffusion coefficient (𝜅) and the assumption of slope-dependent transport
processes. Regardless of differences in erosion rates, these predicted erosion rates
could give a picture of a pattern of differential rock uplift along the Bolinas Ridge.
The model for the adjustment of landscape morphology to differential rock uplift will
be refined by cosmogenic 10Be inventory in modern sediment.
3.7.4 Cosmogenic Radionuclide Derived Erosion Rates with Channel Incision
Model
To test the findings of this work, that channel steepness and ridgetop
curvature of interfluves reflect a spatial increase in rock uplift and/or erosion rates
toward the south (Chapter and above), I have collected a suite of sediment samples
for analysis of cosmogenic 10Be (e.g. Bierman and Steig, 1996; Granger et al., 1996).
The low-gradient channels and hillslopes in the northern end of Bolinas Ridge is
predicted at erosion rates of 80-100 m Ma-1 (0.08-0.1 mm yr-1) (Heimsath et al., 1997,
1999, 2005; Kirby et al., 2007). The steepest watersheds near the Mount Tamalpais
massif are implied the maximum erosion rate of 400-700 m Ma-1 (0.4-0.7 mm yr-1)
(Kirby et al., 2007). My analysis on ridgetop curvature of interfluve is consistent with
the previously inferred erosion rate, predicting erosion rate ranges between 100 and
~400 mMa-1. Because the estimation of erosion rate is highly uncertain and
independently unknown, however, the increase in inferred erosion rates should be
compared to catchment-averaged erosion rates quantified using cosmogenic 10Be
isotope concentrations in modern sediment.
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The estimate of erosion is largely uncertain because channel steepness likely
depends on the grain size of sediment delivered to channels (DiBiase et al., 2018).
From this chapter, we found that grain sizes spatially change toward the south, and
thus, co-vary with erosion rate to generate systematic patterns in threshold transport.
The spatial gradient of covariances predicts a linear relationship between channel
steepness and erosion rate, implying to a reasonable approximation to spatial patterns
of differential rock uplift. Cosmogenic 10Be derived erosion rates will be able to
refine the model behavior and raise the importance of threshold terms in modulating
channel morphology to uplift and/or erosion rate. The initial procedures to analyze
catchment-averaged erosion rate in modern sediment across Bolinas Ridge is
described in Appendix B3.

3.8 Conclusion
The role of sediment grain size in controlling bedrock channel incision has
provided an important implication on topographic adjustment to changes in rock
uplift and/or erosion rate. Sediment supplied from hillslopes to channels along
Bolinas Ridge exhibits the spatial differences in coarser grain size fractions in steep
watersheds toward the south. The spatial variation of grain size toward the south
along the ridge is governed by shorter residence time of sediment to weathering
reactions, and greater development of channel gradient and topographic relief. The
frequency and magnitude relationship of discharge distribution is derived from 10
stream gauging stations in nearby watersheds. The right tail of the frequency
magnitude relationship that includes intermediate to large flood events is fitted by a
stretched exponential distribution, much better than the best fit by power law
distribution. A single best fitted line suggests the uniform climate state across the
region.
When combining climate variability with the stochastic threshold channel
incision model, the combination produces a nonlinear relationship between steadystate channel steepness and erosion rate. Although the degree of nonlinearity is
predicted as a function of threshold for sediment transport and erosion rate, the
covariance of grain size and erosion rate leads to systematic gradient in transport
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threshold and implies the more linear effective scaling between channel steepness and
erosion rate. This relationship suggests a fair approximation of spatial pattern of
differential rock uplift from the spatial pattern of channel steepness along Bolinas
Ridge. This complicated behavior also suggests the way in which channel responds to
tectonic forcing is strongly modulated by the thresholds of sediment motion and
erosion. In order to refine the model for the adjustment of landscape morphology to
differential rock uplift, furthermore, we will determine cosmogenic 10Be catchment
average erosion rates along strike of Bolinas Ridge.

𝝉𝒃 < 𝝉𝒄
non-erosive floods

lower ks

higher ks

78

𝝉𝒃 > 𝝉𝒄

erosive floods

Figure 3.1: Schematic plot of predicted exceedance frequency as a function of normalized
discharge showing effects of increasing /or decreasing channel gradients onto erosive events.
A flood is erosive when it generates basal shear stress (𝜏𝑏 ) that exceeds the threshold shear
stress (𝜏𝑐 ). The threshold discharge, representing as a gray area, changes inversely with
channel gradient: steeper channels experience more frequently erosive events, while flatter
channels have fewer flood events to exceed thresholds.
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3.3B

3.3C

3.3D

San
Francisco

3.3E

Figure 3.2: Distribution of available 71 stream gauging stations in 3 counties of California:
Sonoma, Marin, and San Mateo. Only 10 stream gauges shown as blue dots are used to
quantify runoff and runoff variability across the region because these gauges record daily
discharge at least 25 years, and they have minimal anthropogenic impacts on streamflow and
drainage areas. Numbers shown next to the blue dots are runoff distribution data that are
shown in Figure 3.3. Red box represents the main study site of Bolinas Ridge.
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Figure 3.3: Plot of predicted exceedance frequency as a function of normalized
discharge for; A. stretched exponential distribution (black) and inverse gamma
distribution (gray). The distribution curves illustrate the effect of runoff variability on
discharge distribution by changing the value of the shape parameter.
Plots of exceedance frequency as a function of normalized daily discharge (𝑄 ∗ ), red
dots, from 4 stream gauges referred from Figure 3.2 using stretched exponential and
inverse gamma distribution: B. Big Sulphur Creek; C. Maacama Creek; D. Corte
Madera Creek; E. Pescadero Creek; F. Average runoff distribution is used for the
discharge analysis where 𝑘 = 1.18 and 𝑐𝑟 = 0.38, calculating from equation (3.11) and
(3.12), respectively. Inset shows the average discharge distribution (red) in
comparison to other stream gauges (blue).

(all gauges)
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Figure 3.4: Poisson pulse rainfall distribution and how to derive climate parameters: A. Schematic illustration of the Poisson rectangular pulse
rainfall model (modified from Hawk and Eagleson, 1992, Tucker and Bras, 2000, and Tucker, 2004, after Eagleson, 1987); B. A 50-year
rainfall distribution across Bolinas Ridge, California from a record in San Gregorio station showing the temporal variation in rainfall intensity,
storm duration, and interstorm intervals; C. Rainfall distribution between 1979 and 1980 showing the application of Poisson rectangular pulse
rainfall distribution onto the actual data. Note 𝑇𝑟 is storm duration; 𝑇𝑏 is interstorm interval; 𝑃 is storm precipitation intensity
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Figure 3.5: Field observations of first-order channels along Bolinas Ridge: A. Locations of 8
first-order channels from the south of Point Reyes Station to western flank of Mount
Tamalpais, California in which field surveys were conducted; B-C. Examples of channel
morphology the middle of the transect (channel number 19). Channel bed is mantled with
coarse, cobble to boulder sub-rounded clasts. Black and white arrows show inferred bankfull
elevation and active channel bed, respectively; D-E. Example from southern end of transect
(channel number 34) that shows coarse sub-angular boulders and step-pool morphology. The
photographs were taken on channels beds in summer dry seasons of September, 2018.
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Unit
D10
D16
D30
D35
D50
D65
D84
D90

Grain Size (mm) of
upper right photo
20.5
24.5
30.5
37.5
46.5
62.5
72.3
90

Grain Size (mm) of
lower right photo
29.2
40.9
56.5
65.2
73.4
86.2
101.0
113.7

Figure 3.6: Determination of sediment grain size by BaseGrain, a MATLAB-based
photogrammetric software: Upper and lower left: examples of sediment cover on channel
beds are taken from channel number 6 and channel number 28, respectively, and priorsediment grain size analysis; Upper and lower right: examples of final processing of
measuring longest and intermediate axes of each sediment grain show as blue cross marks.
The grain size measurement is compared with a measuring reference scale (a pencil and
measuring rod). Table represents the grain size analysis in specific range from upper and
lower right photos.
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Figure 3.7: Example of a field observation for sediment cover, grain size distribution, and
estimated erosion thresholds from channel number 19: A. The survey consisted of 48
observations along the channel from its mouth to headwaters. Red dots labeled 1 - 4 are
locations of examples of grain size images in Figure 3.7B; B. Examples of captured images in
the observation on the channel number 19. A pencil (~14.5 cm) in a red ellipse is a reference
scale; C. Grain size cumulative distributions from each of 48 observations. The red fitted line
is the average grain size distribution estimated from the curve, whereas the blue dots
represent D10, D50, and D90 calculated from the photogrammetric technique; D. The result of
averaged grain size distribution along strike illustrates a systematic increase in both median
grain size (D50) and variance of the distribution (D10 and D90) from north to south along
Bolinas Ridge.
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Figure 3.8: Location of channels to calculate bankfull channel width versus elevation in
every 100 m in 12 out of 41 channels from northeast of California Highway 1 to headwaters.
More details of bankfull channel width calculation are shown in Figure 3.9. Red triangles are
locations where active modern sediment samples are collected to determine cosmogenic 10Be
radionuclide-derived erosion rates.
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(B)

Figure 3.9: Bankfull channel width (𝑤𝑏 ) and bankfull elevation measurement of channel
number 19: A. The measurement of bankfull channel width on 1 m high-resolution digital
elevation data using the combination of GIS slope function and 3D analyst. Numbers in circles
are cross-section shown in Figure 3.9B; B. Examples of cross-sections show bankfull width and
elevation determine from slope breaks /or flat depositional surfaces adjacent to the channel.
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Figure 3.10: Channel width-discharge scaling in 12 surveyed channels, representing in Figure 3.8
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Figure 3.11: Bankfull channel width plotted against drainage area for 12 surveyed channels
in Figure 3.10. The best fit power law to all scattered data (gray fitted line) yield a power law
exponent of ~0.3. The red line indicates the best fit of power law exponent fixed at 0.55. This
is utilized to calculate 𝑘𝑤 for the stochastic threshold channel incision model. Over the
limited range of data in these channels, there is little difference in the two regressions.
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Figure 3.12: Plot of channel steepness index against erosion rate derived from the stochastic threshold channel incision model with each different
distribution data from equations (3.9)-(3.12): A. Stretched exponential distribution; B. Inverse gamma (power law) distribution and; C. Poisson
pulse rainfall distribution. Each nonlinear regression represents the combination of uniform rock strength, runoff variability, and variable grain
size distribution of sediment, ranging from 𝐷50 = 31.5 mm /or 𝜏𝑐 = 23.6 Pa to 𝐷50 = 94.5 mm /or 𝜏𝑐 = 70.9 Pa
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38

34
28
25

13
19
1
6

Figure 3.13: Plots of channel steepness index against erosion rate derived from the stochastic threshold channel incision model. Colored curves
represent predictions of steady-state channel steepness for a range of erosion threshold values, given climatic parameters from the field site. Black
circles represent the combination of observed channel steepness and erosion threshold inferred from grain size distributions in surveyed channels
(circled numbers from Figure 3.5A): A. Stretched exponential distribution; B. Inverse gamma (power law) distribution and; C. Poisson pulse
rainfall distribution. The co-variance of grain size and erosion threshold with channel steepness leads to an effective scaling that is more linear
than predicted for a single threshold (c.f. Shobe et al., 2018). However, the scatter is minimized in the stretched exponential distribution, A.
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Topographic curvature
Channel steepness

Figure 3.14: Predicted erosion rates along Bolinas Ridge. Black dots represent spatial
variation of inferred erosion rates estimated from topographic curvature of ridgetop in the
Chapter 2. Red dots represent spatial pattern of inferred erosion rates from the combination of
grain size and erosion thresholds with channel steepness from the stretched exponential
distribution in Figure 3.13A. The range of erosion rates predicted from topographic curvature
of ridgetop depends on the range of diffusion coefficients.
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Name
(1) Sonoma Creek
(2) Big Sulphur Creek (I)
(3) Big Sulphur Creek (II)
(4) Maacama Creek
(5) Dry Creek
(6) Corte Madera Creek
(7) Walker Creek Tomales
(8) Pescadero Creek
(9) San Gregorio Creek
(10) Pilarcitos Creek

Site
Number
11458500
11463170
11463200
11463900
11464500
11460000
11460800
11162500
11162570
11162630

Latitude

Longitude

38.323
-122.493
38.798
-122.801
38.826
-122.996
38.641
-122.763
38.750
-123.091
37.963
-122.555
38.209
-122.859
37.261
-122.328
37.325
-122.385
37.466
-122.433
Average 𝐶𝑟 and 𝑘

Table 3.1: USGS stream gauges used in the study

Area
(km2)
151.2
33.9
221.4
113.2
227.4
46.9
103.8
118.8
131.8
70.2

̅
̅ (mmyr-1)
𝑹
𝑸
3 -1
(m s )
1.98
413.01
1.23
1144.90
2.66
379.65
1.88
523.74
4.56
632.72
0.78
523.58
1.47
447.42
1.17
309.74
0.95
228.13
0.45
203.26

̅ (mm) by
𝑷
PRISM
889.0
1079.5
1016.0
889.0
1016.0
889.0
889.0
889.0
889.0
889.0

𝑪𝒓

𝒌

0.37
0.38
0.34
0.40
0.41
0.40
0.34
0.41
0.37
0.37
0.38

1.1
1.3
1.0
1.25
1.3
1.25
1.1
1.15
1.2
1.1
1.18

Record
Length
1955-2020
1980-2020
1957-2020
1961-2020
1941-1980
1951-2020
1959-1989
1951-2019
1969-2020
1966-2020
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Parameter

Value

Unit

Description

𝑘𝑒

1.3 x 10-11

m2.5s2kg-1.5 Incision efficiency coefficient

𝑅̅ / 𝑘𝑞

1.52 x 10-8

ms-1 Averaged mean annual runoff rate

𝑅̅ / 𝑘𝑞

480.61

mmyr-1 Averaged mean annual runoff rate

𝑃𝑚𝑎

35

inchyr-1 Observed mean annual precipitation (by PRISM)

𝑃𝑚𝑎

900

mmyr-1 Observed mean annual precipitation (by PRISM)

𝑘𝑤

22

𝑘𝑡

1000

𝜏𝑐

Variable

𝜑𝑐

Variable

𝑚
𝑛

m-0.65 s0.55 Channel width index
kgm-7/3s-4/3 Hydraulic friction factor
Pa Threshold shear stress
ms-1 Erosion thresholds

0.45 dimensionless Drainage area exponent
1 dimensionless Slope exponent

𝑐𝑟

0.38 dimensionless Runoff variability parameter (stretched expo dist.)

𝑘

1.18 dimensionless Runoff variability parameter (inverse gamma dist.)

𝜔𝑏

0.55 dimensionless Downstream discharge exponent

𝜔𝑠

0.25 dimensionless At-a-station (local) discharge exponent

𝑎

3/2 dimensionless Exponent of stream power law

𝛼

2/3 dimensionless Exponent in the flow resistance relationship

𝛽

2/3 dimensionless Exponent in the flow resistance relationship

𝑃̅a

14.36

𝑇𝑟 a

15.97

hr Mean storm duration

𝑇𝑏 a

184.8

hr Mean interstorm period

(𝑃)a

1.14

𝐹𝑣𝑎𝑟 a

12.6 dimensionless Climate variability factor (𝑃̅/(𝑃))

myr-1 Mean storm precipitation intensity

myr-1 Predicted annual precipitation

Table 3.2: Specific model parameters used in the stochastic threshold incision model
a

Poisson pulse rainfall parameters (Tucker and Bras, 2000; Tucker, 2004) calibrated from
rainfall data from San Gregorio stream gauge data, California
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Channel
Number

Grain Size Diameter (mm)
D10

D50

D90

Threshold Shear

Erosion

Stress from D50

Thresholds

(𝝉𝒄,𝟓𝟎 , Pa)

(𝝋𝒄 , ms-1)

1

14.1

31.5

69.7

23.6

1.15x10-7

6

14.9

34.1

76.6

25.6

1.30x10-7

13

18.6

40.5

81.7

30.4

1.68x10-7

19

21.7

43.7

87.7

32.8

1.88x10-7

25

30.5

54.9

97.6

41.2

2.64x10-7

28

31.4

61.3

113.0

46.0

3.12x10-7

34

40.4

75.3

131.1

56.5

4.25x10-7

38

51.2

94.5

158.5

70.9

5.97x10-7

Table 3.3: A fraction of major different particle sizes calculated in averaged grain size in
millimeter, thresholds shear stress (equation (3.14)), and erosion thresholds (equation (3.9))
used in the model.
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4.1 Abstract
In order to explore how erosion thresholds influence the response of channel
profiles to an increase in the relative rate of rock uplift, I evaluate topography and
erosion rates in the footwall of an active normal fault in eastern California. I analyze a
series of channel profiles that drain the eastern side of the Inyo Mountains, California.
These channels exhibit pronounced knickpoints midway along their profiles, and
previous workers interpreted these as a consequence of acceleration in slip rate along
the range-front fault (Kirby and Whipple, 2012; Goren et al., 2014). I exploit
cosmogenic 10Be nuclide-determined erosion rates in 13 watersheds to quantify
erosion rates from watersheds above and below knickpoints. Results reveal that
watersheds above knickpoints are eroding at ~40-100 mMa-1 and portions below
knickpoints are eroding at ~700-1000 mMa-1. The relation between channel steepness
and erosion rate above and below knickpoints reflect a positive, monotonic scaling
relationship implies a non-linear scaling, consistent with behavior expected for
erosion thresholds. Geometric reconstruction of the magnitude of base-level fall
associated with an acceleration in fault slip is between 400-900 m. When combined
with lowering rates from 10Be measurements, my results imply that the onset of
present-day rates of base-level fall initiated ~0.5-1 Ma. This is similar to, but younger
than, estimates achieved from inversion of profile shape (e.g. Goren et al., 2014). My
study demonstrates how quantitative geomorphic analysis, cosmogenic nuclide
studies, and stochastic threshold models may be combined to inform understanding of
the active fault systems with significant vertical motion.

4.2 Motivation
The temporal history of slip along intracontinental faults that comprise the
Eastern California Shear Zone is incompletely understood, although the shear zone
itself accommodates approximately 25% of the total Pacific-North American relative
motion (Dixon et al., 2000a; Gan et al., 2000; McClusky et al., 2001; Miller et al.,
2001; Savage et al., 1990; Bormann et al., 2016) and appears to have done so since at
least 6-8 Ma (Dokka and Travis, 1990a, 1990b). Slip rates along these systems have
been the focus of numerous studies (e.g. Reheis and Sawyer, 1997; Frankel et al.,
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2007; Lee et al., 2009; Kirby et al., 2008) aimed at understanding the mechanical
behavior of faults (e.g. Herbert et al., 2013), seismic history and associated hazards
(e.g. Bacon and Pezzopane, 2007), and regional tectonics (Frankel et al., 2010). The
average rate of fault slip over time can illuminate transient rates of elevated strain
release that may reflect such behavior as clustering of paleoseismic events and or the
growth and linkage of normal faults (Rockwell et al., 2000; Friedrich et al., 2003,
2004).
One approach to reconstructing the temporal history of slip has emerged from
the tectonic geomorphology of footwall range blocks (e.g. Densmore et al., 2004),
where slip along normal faults leads to relative base-level fall. Adjustment of
landscape topography to changes in slip rate has been argued to reflect growth and
propagation of fault tips in the Basin and Range (Densmore et al., 2007), acceleration
of normal faults during linkage in the Apennines (Whittaker et al., 2007a, 2007b), and
fault slip in Turkey (Boulton and Whittaker, 2009) and Greece (Whittaker and
Walker, 2015). In many of these studies, knickpoint migration rates associated with
the transient response of landscape is largely inferred from regional constraints on
fault motion (e.g. Roberts and Michetti, 2004; Whittaker and Boulton, 2012), but in a
few examples, cosmogenic isotopes have been used to quantify catchment-scale
erosion rates (e.g. Densmore et al., 2009).
In the Eastern California Shear Zone, this approach has been applied to the
footwall block of the Inyo Mountain/Saline Valley range front fault (Figure 4.1). The
dextral-oblique normal fault is linked at its southern end to a strike-slip fault, the
Hunter Mountain fault, and displacement as its northern end dies out into a network
of distributed normal faults in northern Saline Valley (Sternlof, 1988). Comparison of
geologic and geodetic rates of displacement across this system have been used to
argue for an acceleration in fault slip in Plio-Quaternary time (Gourmelen et al.,
2011). Preliminary work by Kirby and Whipple, (2012) showed that channels
draining across the range front fault displayed steep lower reaches separated from
lower-gradient upper reaches by a series of distinct knickpoints. They interpreted
these to have formed during a pulse of accelerated fault slip, and argued from
preliminary constraints on erosion rates that the acceleration likely occurred in the
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past 0.5-1 Ma. Subsequently, Goren et al., (2014) attempted a formal inversion of
profile shape to reconstruct the relative base level fall through time. Although similar,
both of these studies relied on limited data that directly constrain the rates of erosion
and model parameters.
Here, I investigate the footwall topography of Saline Valley to examine
geomorphic response to changes in relative base level driven by fault throw. The
purposes of this study are to refine the tectonic history of the Hunter Mountain-Inyo
Mountain fault zone by characterizing the behavior of channel response to a sustained
increase in fault slip. I expand the data set employed by Kirby and Whipple (2012) to
characterize erosion rates and response timescales of channels subject to an
acceleration in relative uplift/base level fall. Reassessment of the steepness of channel
profiles and new calculations of watershed-averaged erosion rate from 10Be inventory
in modern sediment from footwall catchments in the eastern flank of the Inyo
Mountains allows refined constraints on both the adjustment of channel steepness to
erosion rate and the landscape response time to base level fall. My results highlight
the likely role of thresholds for incision and sediment transport in controlling the
scaling relationship between topography and channel erosion rate and carry
implications for the utility of formal inversions of stream profiles which rely largely
on a linear model of stream power (e.g. Goren et al., 2014).

4.3 Study Site: Inyo Range and Saline Valley, California
Saline Valley is a 44-km-long northwest-southeast trending large graben
located within the Eastern California Shear Zone in Inyo County, California (Oswald
and Wesnousky, 2002). Saline Valley is bounded by the Saline Range to the north,
the Panamint and Last Chance Ranges to the east, the Nelson Range to the south, and
the Inyo Range to the west (Figure 4.1). The Inyo Range is developed as the footwall
block to the range front Inyo Mountain fault. The range front fault along Saline and
Panamint Valleys are oblique normal faults that are linked to the right lateral strikeslip Hunter Mountain fault (Figure 4.1A). As such, both Panamint and Saline Valleys
are considered “pull-apart” basins (Burchfiel and Stewart, 1996), such that extension
along range-front faults is kinematically tied to dextral displacement along the Hunter
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Mountain fault. However, the geometries of the range-front faults are somewhat
different. Saline Valley is bound by a relative steep (~40-60o) normal fault that
exhibits dextral-oblique slip (Lee et al., 2009), whereas Panamint Valley is bound by
a low-angle normal fault (<15o, Burchfiel et al., 1987). The difference in fault
geometry appears to control basin geometry; northern Panamint Valley is underlain
by a thin veneer of Quaternary alluvium (MIT and Biehler, 1987), whereas Saline
Valley contains 1-2 km of sediment and intercalated basalt flows (Zellmer, 1980;
1983).
Saline Valley lies in the western edge of the Basin and Range province where
elevation ranges from ~300 m at the valley toward the peaks of the Inyo Range at
~3400 m in the west (O’Malley, 1980). The total relief of the valley is ~3000 m and
the range front has an average topographic gradient of nearly 35% (Figure 4.1B). The
northern portions of the Inyo Range are underlain by relatively uniform Mesozoic
granitic and granodioritic rocks associated with the Pat Keyes pluton (Conrad and
McKee, 1985). Paleozoic sediment rocks, largely carbonates, make up greater portion
of the southern range (Figure 4.1C).
Saline Valley lies in the rain shadow of Sierra Nevada Range. The climatic
condition of the valley is similar to that of Death Valley and other high desert ranges
to the east. The amount of precipitation is sparse and seasonal that the average annual
precipitation is less than 4 inches (<102 mm) over the period 1981-2010 (PRISM
climate group, 2006). Precipitation is delivered in late summer thunderstorms and
flash floods. The arid climate across the valley leads to preservations of young
(Holocene-Late Pleistocene) geomorphic markers that have been used to reconstruct
fault slip (Lee et al., 2009). However, preservations of older geomorphic features are
rare along the western rim of the valley because high rate of debris flow deposits and
valley floor subsidence lead to burial of most older deposits (O’Malley, 1980; Lee et
al., 2009).
Precambrian to Cenozoic rocks across the mountain range are divided into a
series of tilted blocks by a system of northwest-trending normal faults (Burchfiel,
1969; O’Malley, 1980). Geologic relationships suggest that most of these pre-date the
active range fronts (Lee et al., 2009). Modern fault exhibits oblique-normal
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displacement along the range fronts of the Nelson Range and the Inyo Range, leading
to relative uplift of the footwall blocks along the western margin and subsidence of
Saline Valley.
The history of displacement along the Hunter Mountain fault suggests that slip
may not have been constraint through time. Geologic markers north and south of the
Hunter Mountain fault constrain total displacement across the fault to between 9-10
km (Burchfiel et al., 1987). The initiation of slip along the fault, and of extension
across Saline Valley, post-dates the emplacement of a 3.7 Ma basalt flow (Burchfiel
et al., 1987; Coleman and Walker, 1990), suggesting average slip rates between 2.32.7 mmyr-1. However, Lee et al., (2009) suggest, based on cooling ages along the
Inyo Mountains range front, that fault slip initiated at 2.8 Ma; this would suggest
average slip rates along the Hunter Mountain fault of 3.2-3.6 mmyr-1. Present-day
geodetic velocities across the Hunter Mountain fault appear to range between ~5-6
mmyr-1 (Gourmelen et al., 2010), implying an acceleration sometime in the past 2-3
Ma (Gormelen et al., 2011).
Extension across the northern part of Saline Valley is accommodated along a
series of northeast-striking, high-angle normal faults (Figure 4.1) that displace basalts
from the Saline Valley volcanic field (Zellmer et al., 1990). Cross-sectional
reconstructions of displacement (Sternlof, 1988) document two important
observations. First, the magnitude of total extension across the distributed fault
network appears to be 9-10 km, consistent with the amount of slip along the Hunter
Mountain fault (Sternlof, 1988). Thus, both systems appear to be kinematically
compatible. Second, Sternlof (1988) inferred that approximately half of the extension
occurred in the past 1.5 Ma, based on the association of tilted blocks with the
youngest flows and volcanic deposits in the field. This observation also suggests that
rates of displacement could approach 5 mmyr-1.

4.4 Data and Methods
Previous studies have shown an interpretation that footwall topography and
channel profiles in the Inyo Range record a temporal increase in fault slip rate along
the footwall of Saline Valley (Kirby et al., 2010; Kirby and Whipple, 2012; Goren et
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al., 2014). Here, I update the channel profile analysis using 10-m digital topographic
data by replicating the channel analysis of Kirby et al., (2010), and calculate
watershed-averaged erosion rates derived from 10Be concentrations in modern quartz
sediment across the range front. The compilation of these results will be used to
estimate the degree of base level fall, response time, and knickpoint velocity.

4.4.1 Channel Profile Analysis
I examined 10 first-order watersheds draining east of the footwall block by the
oblique normal fault segments in the Inyo Mountain. I extracted channel elevation
and upstream drainage areas from 10-meter digital topographic data. I utilized a
standard built-in script of flow-routing algorithm in ArcGIS/INFO to fill pits and data
holes in the raw digital elevation model (DEM), and to generate flow direction and
flow accumulation for delineating streams and drainage area boundaries. To update
channel network analysis, I conducted a suite of MATLAB scripts of Stream Profiler
developed by Snyder et al., (2000), and Whipple et al., (2007) to analyze each stream
profile data. Prior to run the Stream Profiler, I set the moving average window to 25
pixels (250 m) across the DEM. This method helps minimizing noise associated in the
raw data while maintaining channel longitudinal profiles. I set a constant vertical
interval (𝛻z) of 5 m from the smoothed elevation data to calculate local channel
gradients. The vertical interval is applied throughout the length of watersheds to
capture spatial changes in average channel gradients.
Channel typically exhibit an empirical scaling relationship between channel
gradients (𝑆) and upstream drainage areas (𝐴). Such the relationship will be casted in
terms of channel steepness and concavity indices (𝜃), similar to equation (2.3) (Hack,
1957; Flint, 1974):
𝑆 = 𝑘𝑠 𝐴−𝜃

(4.1)

To estimate channel steepness and concavity indices, I regressed a log-log plot
of local channel gradients against upstream drainage areas (Wobus et al., 2006a). The
regression partially captures a section of detachment-limited bedrock fluvial channel
network, but does not cover debris-flow dominated reaches near headwaters and
depositional alluviated sections in the downstream reaches (Montgomery and
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Foufoula-Georgiou, 1993; Snyder et al., 2000; Stock and Dietrich, 2003; Wobus et
al., 2006a). I fitted a single regression line on similar slope-area data distributions, but
independently regressed on the distributions that are segmented by different channel
gradients (Appendix C1).
To spatially compare the channel steepness among different channel segments
across the range, a series of normalized channel steepness index (𝑘𝑠𝑛 ) - a measure of
channel gradients normalized for downstream increase in drainage areas - are
generated with a fixed reference concavity index at 0.45 (𝜃𝑟𝑒𝑓 = 0.45). 𝑘𝑠𝑛 is reported
as
𝑘𝑠𝑛 = 𝑆𝐴𝜃𝑟𝑒𝑓

(4.2)

Although I can identify slope breaks on plots of channel longitudinal profiles
as a function of distance (Wobus et al., 2006b), such features can be characterized on
a scaling relationship between chi (χ) - a transformation of channel profiles that is an
integral of drainage area with streamwise distance - and channel elevation (Harkins et
al., 2007; Royden and Perron, 2013).
𝑥

𝐴

𝜃𝑟𝑒𝑓

0
𝜒 = ∫𝑥 (𝐴(𝑥)
)
𝑏

𝑑𝑥

(4.3)

where 𝐴0 is a reference drainage area, 𝑥𝑏 is the base level at the river mouth. The
slope of chi-elevation plot is equivalent to the channel steepness index when 𝐴0 = 1
km2 and 𝜃𝑟𝑒𝑓 = 0.45 (Royden and Perron, 2013; Zhang et al., 2017). Therefore, the
chi-elevation plot can be used to locate knickpoints and different steepness of channel
reaches. Moreover, reach-averaged gradient as a function of distance from river
mouth is created to compare the 𝑘𝑠𝑛 values from slope-area plots.
To estimate the magnitude of total channel incision and base level fall (∆𝑧)
across the range front, I reconstructed the relict channel profiles above knickpoints to
predict the former shape of the profile using the average normalized channel
steepness (𝑘𝑠𝑛 ) of upstream reaches at 𝜃𝑟𝑒𝑓 = 0.45 by equation (4.2). Under the
assumption that upstream reaches above knickpoints represent an equilibrium profile
of a set of conditions and the reaches have not significantly altered through time, I
extrapolated the profiles downstream toward the mountain range front. The difference
in elevation at fault between relict and current channel profiles is considered the
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magnitude of lowering /or base level fall (Kirby and Whipple, 2012; Miller et al.,
2013).
4.4.2 10Be Watershed-Averaged Erosion Rates
4.4.2.1 Sediment Collection and Sample Processing
Extensive field observations and sample collection were completed in 2007
and 2008 by students and postdoc in Eric Kirby’s research group at Pennsylvania
State University, including Bill Craddock, Nathan Harkins, Dave Greene, Kristin
Morell, Christin Regalla, Will Hoffman, and Will Ouimet. In total, sixteen quartzbearing alluvial sediment samples from 12 mountainous watersheds were collected:
six samples were collected from catchments upstream of knickpoints, and six samples
were collected from the range front downstream knickpoints. Three other samples
were collected from small frontal canyons (Figure 4.2) confined to the steep range
front, and one sample was collected from the range front crossing the Hunter
Mountain fault. The selection of watersheds was designed to estimate erosion rates
from watersheds both above and below knickpoints and to test the functional form of
the relationship between channel steepness (ksn) and erosion rates. The targeted
sample size collected in the field were between 250- and 840-micron size fraction at
the surface. Locations and altitude of the sample sites were recorded using GPS
coordinate systems.
To measure 10Be concentrations of the sediment, the 250-500 micron size
fractions of quartz were used to extract amount of 10Be concentration due to their
abundance and the most representative erosion rates. For quartz purification and in
situ 10Be concentration extraction methods, eleven samples were processed at
University of Vermont Cosmogenic Laboratory, whereas the other five samples were
processed at Purdue Rare Isotope Measurement Laboratory (PRIME Lab) at Purdue
University. The measurement of cosmogenic 10Be concentration in pure quartz was
processed by the accelerator mass spectrometry (AMS) at Lawrence Livermore
National Laboratory (LLNL) and at PRIME Laboratory (Table C3).

4.4.2.2 Erosion Rate Calculation
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In order to calculate the erosion rate in each watershed, I used the CRONUS
10

Be-26Al erosion rate calculator version 3 (http://hess.ess.washington.edu, Balco et

al., 2008). This online platform models surface exposure ages and/or erosion rates
from the measurement of cosmic-ray-produced terrestrial radionuclide of 10Be and
26

Al in rock or sediment samples. I calculated mean latitude, mean longitude, and

hypsometric weighted elevation /or effective elevation on a pixel-by-pixel basis from
digital elevation data. I converted each watershed’s DEM to ASCII text file, and then,
I processed the ASCII text files to get mean coordinates by using a series of
MATLAB scripts created by Thomas Neilson and Eric Portenga. The derived
calculation from these codes is fed into the CRONUS calculator in order to represent
scaling correction factors, similar to the traditional Lal, (1991) and Stone, (2000)
based schemes for scaling correction factors. Details are in Appendix C2. Following
DiBiase et al., (2018), I do not calculate topographic shielding for watershed-average
erosion rates.
Uncertainties on erosion rates are calculated from 10Be concentration and
uncertainty. The 10Be nuclide concentration measured by AMS is shown as the form
of quantity and isotope ratio between 10Be/9Be and carrier solutions used. The 1standard error analytical uncertainty is mainly derived from the Be concentration
measurement uncertainty and blank uncertainty. The internal laboratory
standardization depends on KNSTD (Nishiizumi et al., 2007).
In order to determine the elevations and atmospheric depth at the site as a
factor to control the nuclide production rate, I specified a standard pressure-elevation
relationship of “std” because the site locations are outside Antarctica and they are
susceptible to temporal changes in long-term climate and sea-level change. The
online platform provides an approximation of the standard atmosphere that is
geographically incorporated with the regional variations in height-pressure relation
(Balco et al., 2008). Because sediment samples are collected at the surface, I specified
constant thickness of soil of 0.1 cm with a constant density of quartz of 2.65 gcm-2.
The CRONUS calculator integrates these parameters to yield erosion rates, and their
internal and external uncertainties.
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Although the rate at which basin is eroding is inversely related to the
concentration of in situ cosmogenic 10Be produced in sediment, erosion rates of
samples along the range front reflect an average erosion rate from different two
sources; upstream reaches of relict topography above knickpoints and downstream
reaches of steeper topography. These erosion rates are unlikely to represent the rate at
which the whole basin is responding to current base level fall. To deconvolve erosion
rates on channel segments above and below knickpoints, I followed Granger et al.,
(1996) to calculate the average erosion rate for the subcatchment between the two
points (𝐸2−1 ):
𝐸2−1 =

𝐸2 𝐴2 −𝐸1 𝐴1
𝐴2 −𝐴1

(4.4)

where 𝐸2 and 𝐴2 are the erosion rate and area of the entire watershed for samples
collected at the range front and 𝐸1 and 𝐴1 are the erosion rate and area of the
watersheds upstream of knickpoints. In one watershed, Cougar Canyon, knickpoints
are present on two tributaries, and in this case, unmixing of the downstream erosion is
modified as
𝐸2−1 =

𝐸2 𝐴2 −(𝐸1𝑎 𝐴1𝑎 +𝐸1𝑏 𝐴1𝑏 )
𝐴2 −(𝐴1𝑎 +𝐴1𝑏 )

(4.5)

where 𝑎 and 𝑏 are subscripts denoting each upstream subbasin.
In the case where watersheds are underlain by rocks that do not contain
quartz, I made an adjustment to modeled erosion rates by removing non-quartz
bearing lithologies from the DEM data (Figure 4.3) and recalculating upstream and
downstream erosion rates in equation (4.4). Finally, for two catchments that did not
have direct measurements of erosion rate upstream of knickpoints, I used an average
value for erosion rate from the adjacent upstream reaches. More details of the
calculation erosion rates are provided in Appendix C2.
Because of different erosion rates above and below knickpoint, the upstream
erosion rates are interpreted to represent the erosion rate of the “relict” landscape
prior to a transient increase in base level fall, and downstream erosion rate is implied
as the rate at which channels on footwall topography are responding to the change in
relative base level driven by fault throw.
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4.4.3 Response Time and Knickpoint Velocity Calculation
The response time (∆𝑡) of footwall topography of Saline Valley to sustained
increase in base level fall /or surface uplift can be calculated by amount of base level
fall and/or surface uplift (∆𝑧) to the difference between the new rate of base-level
lowering and the previous erosion rate (Kirby and Whipple, 2012)
∆t =

∆z
𝑈−𝐸𝑢𝑝𝑝𝑒𝑟

=

𝑧𝑚𝑎𝑥 −𝑧0
𝑉𝑘𝑝

(4.6)

where 𝑈 is rock uplift rate and is equivalent to a new lower catchment-average
erosion rate (𝐸𝑙𝑜𝑤𝑒𝑟 ) and 𝐸𝑢𝑝𝑝𝑒𝑟 are upper catchment averaged erosion rates,
respectively. This formulation makes the assumptions that 1) channel concavity
remains constant in response to changes in erosion rate, and 2) erosion rates in the
“adjusted” portions of the channel approximate the rate of base-level fall (e.g.
Niemann et al., 2001; Whipple, 2001).
Alternatively, the response time of channel networks can be estimated from
the ratio of the difference between the highest equilibrium elevation, 𝑧𝑚𝑎𝑥 (the
position of the knickpoint) and the outlet /or current elevation of fault, 𝑧0 , to
knickpoint velocity, 𝑉𝑘𝑝 . A transient response of footwall topography to a change in a
new rate of rock uplift and/or base level fall can be determined from a kinematic
wave of upstream migration. Under two assumptions that 1) knickpoints migrate at a
constant vertical rate through time, and 2) knickpoint velocity might travel along a
new uplift/erosion rate (Niemann et al., 2001), the vertical velocity of knickpoint
(𝑉𝑘𝑝 ) relative to base level can be expressed as:
1

𝑉𝑘𝑝 =

𝑈𝑓𝑛 (𝑈𝑓 −𝑈𝑖 )
1

1

(4.7)

𝑈𝑓𝑛 −𝑈𝑖𝑛

where 𝑈𝑓 is the new uplift rate /or lower-catchment averaged erosion rate, 𝑈𝑖 is the
previous uplift rate on relict channel profile /or upper-catchment averaged erosion
rate, 𝑛 reflects the relative importance of channel gradient and erosion rate: 𝑛 = 1
implies that knickpoint velocity goes as new channel incision/ uplift rate, n > 1
implies that the role of sediment grain size drives greater knickpoint velocity than
channel incision (Appendix C3). Importantly, the functional effect of n > 1 in
equation (4.7) is that knickpoints will retreat faster than the imposed uplift rate
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(Niemann et al., 2001). This “shock-like” behavior is expected if the functional
relationship between channel gradient and erosion rate is non-linear (Perron and
Royden, 2013).

4.5 Results
4.5.1 Channel Profile within the Eastern Inyo Mountains
As noted previously (Kirby and Whipple, 2012; Goren et al., 2014), all
channel profiles that drain across the range front fault exhibit a systematic distribution
of knickpoints, each of which are concave-up, lower steepness upstream channel
reaches from steeper downstream reaches (Figure 4.4A-B). The morphology of these
channel profiles suggests a transient state channel form (Whipple and Tucker, 199).
Notably, both north and south of Inyo Range front exhibit smooth and concave-up
channel profiles with no knickpoints.
In order to characterize normalized channel steepness and concavity indices, I
regressed channel gradient versus upstream drainage area with 𝜃𝑟𝑒𝑓 = 0.45 in the
fluvial portion of the channel network (Figure 4.4C-D). I found distinct knickpoints
on 10 channels separating reaches of varying gradient. Knickpoints are detected as an
abrupt change in the slope of chi-elevation plots (Figure 4.4E-F), and as an abrupt
increase in the steepness (ksn) of channels with distance (Figure 4.4G-H). Mean
values of reach-averaged ksn are comparable to channel steepness index calculated
from the slope-area relationship (Figure 4.4).
The planform distribution of knickpoints is spatially coincident with a sharp
increase in the average gradients of hillslopes (Figure 4.5A-B) between steeper lower
watersheds and gentler watersheds upstream of knickpoints. Moreover, knickpoint
position appears to be independent lithologic variations; most knickpoints are found
in the middle of the Pat Keyes pluton (Figure 4.5C). Two notable exceptions occur in
the southern portion of the range, where knickpoints sit astride a fault separating
Mesozoic plutonic rocks from Paleozoic carbonates (Figure 4.5C). Despite this, all
knickpoints reside at elevations between ~1300-1900 m (Figure 4.6) and appear to
have retreated approximately the same vertical distance above the range front fault.
To first order, this is consistent with the prediction of a uniform vertical velocity
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(Niemann et al., 2001), albeit with some variation about the mean (e.g. DiBiase et al.,
2015).
Channel reaches above and below knickpoints appear to have relatively
similar channel steepness indices (Figure 4.7). Channel morphology data for ksn and 𝜃
are provided in Table 4.1. The average channel steepness indices of upstream reaches
above knickpoints fall within a range between ~100 and 230 m0.9 with a regional
mean of ~ 150 m0.9, while the average ksn values of channel segments downstream of
knickpoints are 2-3 times greater than the averaged values upstream, ranging from
350 - 500 m0.9 with a regional mean of ~410 m0.9 (Figure 4.7). Notably, the concavity
index (𝜃) of upstream channel segments above knickpoints, ranges from 0.2 to 0.5,
with a mean of 0.36 across upstream reaches (Figure 4.8). For comparison, the
concavity of two channels north and south of the Inyo Range front fault that do not
have knickpoints have similar concavity indices of 0.4-0.5 (Figure 4.8).
4.5.2 Cosmogenic 10Be-Derived Catchment-Averaged Erosion Rates
The average erosion rates of low-relief upper catchment above knickpoints
vary from 40 to 100 mMa-1 (Table 4.2). The relatively narrow range of upper
catchment erosion rates and their association with concave-up channel profiles that
also have a narrow range of channel steepness (Figure 4.7) is consistent with the
interpretation that the “relict” landscape preserved above knickpoints was adjusted to
slow erosion rates. I also characterize the upland watersheds for two channels in
which I do not have samples; for these I use the mean of other values of ~53 ± 30
mMa-1 (Figure 4.9).
In contrast, average cosmogenic 10Be inventories in modern sediment
downstream of knickpoints yields significantly higher basin-averaged erosion rates
ranging between ~200 and 600 mMa-1 (Figure 4.10). Similarly, high erosion rates
characterize small tributaries along the steep range front (Figure 4.11). However,
these erosion rates represent a mixture of sediment derived from the catchment above
knickpoints with sediment from the steep canyons below. I calculated erosion rates
for the portions of watersheds below knickpoints using an area weighted mixture
(Granger et al., 1996, equations 4.4 and 4.5) and find that erosion rates vary from
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~700 to 1000 mMa-1 (Figure 4.12). Notably, erosion rates in the lower reaches of
Beveridge and Hunter Canyons are significantly higher, reaching ~2000 mMa-1. As
discussed in the methods, these two basins contain a significant fraction of carbonate
rock (Figure 4.3), and I suspect that these rates may be influenced by the unknown
distribution of quartz-bearing rocks in these basins (e.g. Carretier et al., 2015). For
this reason, I exclude these basins from consideration in my analysis of channel
response time below.
My results imply that the functional relationship between channel steepness
and erosion rate in this landscape is likely non-linear (Figure 4.13). Although my data
cluster into two groups, all models to fit these data suggest that increasing channel
steepness is associated with increasing channel erosional efficiency and during the
transient response to base level fall (similar to that found by Snyder et al., 2003b).

4.5.3 Base Level Fall, Response Time, and Knickpoint Velocity
In order to reconstruct the magnitude of base level fall associated with an
increase in fault slip rate, I construct relict channel segments by projecting the
segments above knickpoints (Figure 4.14A-B) to the rangefront (e.g., Schoenbohm et
al., 2004; Harkins et al., 2007; Kirby and Whipple, 2012). My analysis reveals that
the amount of base level fall along the mountain front ranges between ~400 and 900
m with a regional mean of 640 m (Figure 4.15 and Table 4.3). The range of
downstream lowering places a minimum boundary of the magnitude of rock uplift
across the footwall block of Saline Valley.
To calculate the response time of these channel systems, I utilize the
geometric estimate of the former shape of the relict channel profiles, the amount of
relative base level fall, and erosion rates in six watersheds across the range front.
Following equation (4.7), and assuming that erosion rates from catchments below
knickpoints represent minimum bounds on the rate of base level fall (see Kirby and
Whipple, 2012), my results suggest that the accelerated base level fall likely began
~0.5 to 1 Ma. I note that calculated response times from both Beveridge and Hunter
Canyons are significantly faster (~0.3 Ma), but as noted above, these watersheds
exhibit heterogenous lithology and a potential association of knickpoints with a
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bedrock fault in the range. Thus, I consider these to be minimum estimates only
(Table 4.3).
One notable observation is that the present-day elevation of most knickpoints
implies that the vertical distance of knickpoint has migrated up above the range front,
and is greater than the amount of base level fall at the mountain front implied by the
profile reconstruction (∆𝑧 in equation 4.6) (Figure 4.16). This difference implies that
vertical rates of knickpoint migration were ~1.3-1.8 times faster than rates of base
level fall. Vertical rates of knickpoint retreat up the channel network range from
~900-1600 mMa-1 (Table 4.3). This behavior is expected in kinematic wave models
(e.g. equation 4.7), when values of 𝑛 exceed unity. In this case, predicted values of 𝑛
ranged from 2 to 4 can explain observed knickpoint elevations (Table 4.3). Note that
values of 𝑛 inferred are effective values in a stream-power model (e.g. Niemann et
al., 2001). Although they are not likely realistic values, they are consistent with
functional form of the scaling relationship between channel steepness and erosion rate
(Figure 4.13). Thus, both the macroscopic behavior of knickpoints and the adjustment
of channel steepness imply a strongly non-linear response to increasing rates of base
level fall.

4.6 Discussion
4.6.1 Implications for Erosion Thresholds during Transient Adjustment
The possible role of erosion thresholds during the adjustment of channel
profiles and the attendant migration of knickpoints carries important implications for
the landscape response to an increase in base-level fall. As discussed in the previous
chapters, a nonlinear scaling relationship between channel steepness and catchmentaverage erosion rate is expected from a stochastic threshold model for channel
incision (Lague et al., 2005; DiBiase and Whipple, 2011). In the Inyo Range,
catchments above knickpoints exhibit slow erosion rates (<100 mMa-1) and host
channels with steepness indices around ~150 m0.9, whereas catchments below
knickpoints exhibit rapid erosion rates (>700-1000 mMa-1) on steep channels (mean
ksn ~410 m0.9). The 2-fold increase in channel steepness, despite the order-of-
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magnitude difference in erosion rate, is consistent with the behavior of a threshold
incision model.
Importantly, this nonlinear relationship between channel steepness and
erosion rate appears to be associated with rapid velocities of the knickpoints up
channel network. Geometric reconstructions suggest that vertical velocity is ~1.3-1.8
times greater than erosion rates. In so far as these erosion rates are assumed to be
similar to the rates of base level fall, they would require a slope exponent of 𝑛 = 2–4
in a stream-power type model (Niemann et al., 2001). This result contrasts with the
formal inversion of channel profiles developed by Goren et al., (2014) and employed
in this field site. In that inversion, the authors use a linear stream power model (n = 1)
to reconstruct base-level fall rates.
The model finds a general increase in base-level fall through time that initiates
at ~3 Ma and accelerates to ~1 Ma (Figure 12 of Goren et al., 2014). In contrast, my
results suggest that the transient incision did not begin until 0.5-1 Ma. This difference
is a direct consequence of higher incision rate shown in the 10Be data and the
nonlinear adjustment of channel steepness to imposed rates of base level fall.
In Chapter 3, I showed that incision thresholds can be related to the caliber of
sediment delivered from hillslopes to channels. Although I do not have direct
measurements of bed sediment, the presence of relatively coarse sediment
downstream of knickpoints in this field site appears to be consistent with this effect.
In watersheds where the fraction of massive carbonate and dolomite is greater (i.e.
Beveridge and Hunter Canyons), these rocks may hold up large cliffs and provide
coarser sediment (c.f. DiBiase et al., 2018). Testing whether this influence is evident,
however, will require additional field observations.

4.6.2 Tectonic Implications
My results imply that the onset of rapid base-level fall along the Inyo
Mountain range front occurred between 0.5 and 1 Ma (Figure 4.17), significantly
younger than previous estimates (e.g. Goren et al., 2014). The range front fault along
the Inyo Mountains links the Hunter Mountain fault to distributed normal faults in
northern Saline Valley (Figure 4.1), and as such, the amount of displacement and

118

rates of slip along these structures place bounds on the history of slip along the range
front. Geologic data constrain the initiation of slip along the Hunter Mountain fault to
3.7 Ma or younger (Burchfiel et al., 1987; Hodges et al., 1989), while cooling ages
from thermochronology in the Inyo Mountains have been interpreted to reflect the
onset of extension at ~2.8 Ma (Lee et al., 2009). Because the amount of displacement
along the Hunter Mountain fault (9.3 ± 1.4 km, Burchfiel et al., 1987) is similar to the
amount of extension across northern Saline Valley (9-10 km, Sternlof, 1988), the
fault systems appear to be kinematically coordinated, such that the rates and
directions of displacement must balance. Although slip rates along the Hunter
Mountain are not well known, displacement of geomorphic features inferred to be of
Late Pleistocene-Holocene age led Oswald and Wesnousky (2002) to infer slip rates
of 3.4-4 mmyr-1, somewhat faster than the Plio-Quaternary average of 2-3 mmyr-1
(Burchfiel et al., 1987; Lee et al., 2009). Geodetic observations relying on
interferometric synthetic aperture radar (InSAR) measurements of interseismic
deformation suggest that slip rates along the Hunter Mountain fault could be as high
as 4.9 ± 0.8 mmyr-1 (Gourmelen et al., 2010, 2011). These data are consistent with an
increase in slip rates along the Hunter Mountain fault toward the present (Gourmelen
et al., 2011).
In northern Saline Valley, the history of Pliocene-Recent deformation appears
compatible with the slip along the Hunter Mountain fault. A series of high angle
normal faults extend to the northeast of Saline Valley and cross the Saline Range
(Figure 4.1). Here, they displace a series of basalt flows and volcanic deposits of
Pliocene and Quaternary age. Rotated blocks displace a Mesozoic thrust and indicate
4.5 ± 1.9 km of extension across the range (Sternlof, 1988). Importantly, relationships
with the earliest volcanic flows suggest that this extension occurred between 3-4 Ma
and ~1.4 Ma (Sternlof, 1988). Restoration of balanced cross sections suggest another
4.5 ± 0.6 km of extension occurred after emplacement of the 1.4 Ma deposits
(Sternlof, 1988). The total amount of Pliocene-Quaternary extension of 8.9 ± 2.5 km
in the Saline Range is similar to the amount of displacement measured along the
Hunter Mountain fault (Sternlof, 1988). Notably, the reconstructions also imply that
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that extension rates across the Saline Range between 1.4 Ma and present were likely
~3 to 4 mmyr-1.
My analysis of the magnitude of base level fall along the range front suggests
that ~500-1000 m of differential rock uplift occurred during the past 0.5-1 Ma. This
implies that the vertical component of displacement along the range front fault was
likely 1-2 mmyr-1 during this time. To assess whether this is compatible with slip
along the Hunter Mountain fault, I have to account for both the geometry of the range
front fault and the obliquity of slip along it. The fault along the Inyo Mountains range
front is a complicated network of NNW-striking segments that vary in attitude (Lee et
al., 2009), but in general, fault planes dip 40-60o to the NE. The overall strike of the
fault zone is ~330o (Figure 4.18). Given that the Hunter Mountain fault strikes
approximately 300o (Figure 4.18), strain compatibility implies that oblique slip along
the Inyo Mountains range front results in extension direction toward ~120o (Figure
4.18). This geometry implies that extension normal to the range front would be
expected to be approximately half of the slip along the Hunter Mountain fault. Thus,
if the Hunter Mountain fault exhibits slip rates of 4-5 mmyr-1 today (Oswald and
Wesnousky, 2002; Gourmelen et al., 2010), I would expect fault normal extension
across the Inyo Range front at rates of 2-2.5 mmyr-1 (Figure 4.18). Given a fault dip
of 45-55o, this would imply vertical displacement rates of similar magnitude.
Although vertical slip rates are not well-documented on the range front (Lee et al.,
2009), this geometric result is similar to the 1-2 mmyr-1 that I infer from the transient
response of footwall channels. Thus, cosmogenic nuclide measurements of erosion
rate, when coupled with analysis of landscape geomorphology, can provide
information that helps fill a temporal gap between short-term geodetic data and longterm geologic measurements on fault motion.

4.6.3 Limitations and Future Research Needs
Although the role of incision thresholds derived from hillslope sediment is an
important factor that controls the non-linear relationship between channel steepness
and erosion rate, I do not yet have a full explanation for the transient channel
adjustment to erosion rate across the range front of Saline Valley. First, no field
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observations of the sediment grain size distribution along active channels have been
made. Even though I have seen the distribution of large size of boulders throughout
the catchments below knickpoints, they might be a result of landslides that make the
measurement of average particle size extremely difficult. It is more challenging than
the work from Bolinas Ridge where no recent landslides have been found and those
channel forms are geomorphically well-organized. The best estimation of sediment
characteristics across the range front is the estimated difference in particle sizes
between channel segments above and below knickpoints (Figure 4.2). Such a
significant difference allows us to place bounds on larger sediment sizes in lower
reaches and higher erosion thresholds for strong nonlinearity in the 𝑘𝑠 − 𝐸
relationship.
Second, there are no direct USGS stream gauges across the range front. There
are some monitored stream gauges which are proximal to the range front: Mazourka
Canyon and Owen Creek on the western flank of the Inyo Range, Darwin Watershed
near Panamint Valley, and Big Dip Canyon in northern Death Valley. However, these
gauges provide daily discharge data spanning relatively short time space (<30 years)
that may not adequately represent climatic regimes over the timescale of erosion rate
measurements. Additionally, the number of daily-annual records is too short to
incorporate the frequency and magnitude of large events. Because the stochastic
threshold models of the Lague et al., (2005) and DiBiase and Whipple, (2011) require
data of runoff variability, incision thresholds, and rock strength, I cannot fully test the
role of runoff and runoff variability, and threshold terms in controlling channel
adjustment to rock uplift and erosion rate in this region.
Third, it is challenging to fully quantify variations in substrate properties
across the range. In the northern portions of the range, it is acceptable to assume a
monolithologic Mesozoic granitic and granodioritic rocks, whereas heterogeneity
between Mesozoic sedimentary rocks and granitic rocks have been exposed in the
southern portion of the range (Figure 4.1C). The substrate found in the south reduces
the cosmogenic 10Be concentration accumulated in pure quartz, and thus, lead to a
high uncertainty associated with rapid erosion rates in lower catchments. Likewise,
the lithologic variations could emerge as an additionally important control on the
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nonlinearity in the 𝑘𝑠 − 𝐸 relationship. Therefore, there is a need to further explore
the substrate properties across the range front in details.

4.7 Conclusion
Channels draining to the eastern flank of Inyo Mountains reveal an ongoing
adjustment of channel profiles to an increase in base level fall along the oblique
normal fault system that bounds the range front. These channel profiles exhibit slopebreak knickpoints that separate two distinct channel segments above and below
knickpoints. Channel steepness of the upstream channel segments are approximately
twice to threefold less steep than the downstream channel segments, and are similar to
channels north and south of the range front. Because knickpoints lie in a relatively
narrow range of elevations and are independent to lithology throughout the range
front, channel systems are expected to respond to a sustained increase in relative base
level fall.
The presence of transient slope-break knickpoints allows us to reconstruct the
relict channel profiles out to the mountain front and to infer the boundary condition of
prior conditions. The estimation of base level fall is between 400 and 900 m. Erosion
rates determined from cosmogenic 10Be concentration accumulated in modern
sediment reveal the slowly eroding upper watersheds of 40-100 mMa-1, and rapidly
eroding lower watersheds of 700-1000 mMa-1. Because the assumption of the presentday rate of base level fall /or incision is equivalent to lower catchment erosion rates,
the increase in fault slip has been occurred since 0.5-1 Ma. The compilation of rock
uplift and the extension rate across the Saline Range and Saline Valley is consistent
with the estimation of recent geodetic strain rates across the Hunter Mountain fault.
Thus, using cosmogenic nuclides method enables to fill a temporal gap between
short-term geodetic measurements and long-term geologic constraints on faulting
behaviors.
The deconvolution of erosion rates above and below knickpoints is a key
factor in assessing the rates and patterns of knickpoint retreat during transient
adjustment to a change in uplift rate. Although it is currently in vogue to invert
channel profiles using a stream power model that assume a linear relation between
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channel slope and erosion rate (e.g. Goren et al., 2014), my results suggest that such a
model is appropriate in regions with a nonlinear functional relationship between
channel gradient and erosion rate. In channels draining the Inyo Mountain, across
relatively uniform lithology and climatic conditions, the nonlinearity in 𝑘𝑠𝑛 − 𝐸
relationship is consistent with the expectations of a stochastic threshold incision
model (e.g. Lague et al., 2005). Overall, my analysis provides insight into how
quantitative geomorphic analysis can be combined with determinations of erosion rate
to inform the understanding of topographic adjustment to active fault systems.
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Figure 4.1: Tectonic and geomorphic setting of Saline Valley and the Inyo Mountains,
eastern California (modified from Kirby et al., 2010): A. Map of active faults along the InyoHunter Mountain-Panamint Valley fault system. The red star in the inset shows the location
of Saline Valley in California; B. Topographic relief map of the Inyo Mountains and Saline
Valley. Relief is calculated within a 1000 m radius. The overall relief between range crest and
valley floor is ~ 3000 m, while the local relief within the footwall block ranges from ~700900 m; C. Geologic map of Saline Valley. The northern portion of the Inyo Range is
underlain by a relatively uniform Mesozoic granitic intrusive sequence, whereas the southern
portion of the mountain range is composed of largely of Paleozoic sedimentary rocks (i.e.
sandstone, limestone, dolostone). The valley is filled by consolidated alluvial deposits from
Tertiary-and Quaternary basalts.
Note HMFZ: Hunter Mountain Fault Zone
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Figure 4.2: Location of sediment samples from the Inyo Range: A. Sample collections along
active channels that are collected by a team of Pennsylvanian State University graduate
students and postdocs led by E. Kirby in 2007 and 2008. The sample strategy was designed to
estimate erosion rate from catchments upstream of knickpoints (blue), from entire watersheds
(olive green), from small catchments confined to rangefront (red), and from one watershed
that drains across the Hunter Mountain fault (bright green). The samples were processed at
the University of Vermont and 10Be concentration were measured at Lawrence Livermore
National Laboratory and PRIME Lab; B., C., and D. Field photo of sample collection of psusv08-1, psu-sv08-6, and psu-sv08-7, respectively. Person for scale (red circle).
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Figure 4.3: Accounting for non-quartz bearing lithologies in the southern two catchments: A.
Both Beveridge and Hunter Canyons contain heterogeneous substrates defined by geologic
map of the Inyo Mountains, California (Conrad and Mckee, 1985), including Paleozoic
sedimentary rocks (C, Pm, Pz), Mesozoic metavolcanics and sedimentary rocks (Mev, TR);
The Paleozoic stratigraphy in this region is largely carbonates and dolomites; B. To account
for heterogeneous lithology, we assume that all quartz is derived from Mesozoic granite and
granodiorite (gr); C. Non-continuous DEMs after removing non-quartz area. The remaining
is referred as a part of watersheds that actually contain quartz and is used to calculate for
upper and lower catchment erosion rates.
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Figure 4.4: Examples of channel profile analysis from south fork of Cougar Canyon (left)
and Daisy Canyon (right): A, B. Channel longitudinal profiles as a function of distance from
river mouth. Knickpoints (yellow dots) separate gentle upper reaches (blue lines) from
steeper lower reaches (red lines); C, D. Plots of channel slope and contributing drainage area
are used to characterize normalized channel steepness and concavity indices via linear
regression (e.g., Wobus et al., 2006). Dashed lines show the slope-area data for characterizing
channel steepness (ks) and concavity (𝜃). The solid lines are regression with reference
concavity (𝜃𝑟𝑒𝑓 = 0.45) used to determine the normalized channel steepness indices (𝑘𝑠𝑛 ).; E,
F. Elevation versus chi, an integral transformation of channel profiles (Perron and Royden,
2013). See text for explanation. Knickpoints are located at the changes in the slope of chielevation plots. Reaches above and below knickpoints characterized by different channel
steepness (slope of chi-elevation) are shown by blue and red dash lines, respectively; G, H.
Averaged channel steepness values as a function of distance from river mouth. Reachaveraged ksn values derived are shown as a comparison to the slope-area plot
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Figure 4.5: Results from channel profiles analysis: A. Channel profiles are colored by
normalized channel steepness index (ksn) and channel reaches are separated by knickpoints;
B. Knickpoint distribution is spatially coincident with an abrupt change of hillslope gradient
between steeper lower channel reaches and gentler upper channel segments of the watershed;
C. Knickpoint distribution is appears to be largely independent of lithologic variations in the
plutonic rocks in the central and northern Inyo Mountains.
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knickpoint elevation
mean ~ 1600

fault elevation

Figure 4.6: Results from channel profiles analysis (continued). Knickpoints (orange dots)
reside at relatively uniform elevations throughout the range. The distribution of elevation
ranges ~1300-1900 m with a regional mean of 1600 m. The difference of elevation between
knickpoints and fault trace elevations (blue dots) will be used to calculate vertical velocity of
knickpoints (equation (4.7)).

below knickpoint

mean ~410

mean ~150

above knickpoint

Figure 4.7: Results from channel profiles analysis (continued). The distribution of
normalized channel steepness indices determined from slope-area data (e.g. Figures 4.3C-D)
for 10 watersheds that drain across the range-front fault. Red panels are downstream channel
segment of knickpoints with mean 𝑘𝑠𝑛 = 410, while blue panels are upstream channel
segments of knickpoints with mean 𝑘𝑠𝑛 = 150.
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mean ~0.36

Figure 4.8: Results from channel profiles analysis (continued). The distribution of channel
concavity of 10 upstream channel segments above knickpoints (dark blue dots), where ksn is
less than 300. Channel concavity of Paiute and Southeast Daisy Canyons (light blue dots in
the north and south, respectively) represents the concavity of channels that do not cross the
range front fault. The heavy dashed line represents the mean of all channel concavity values.
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Figure 4.9: Map of the Inyo Mountain showing variation in erosion rates: A. Overlain are
cosmogenic 10Be radionuclide sample sites with calculated upper catchment-average erosion
rates in mMa-1. Dark blues are erosion rates that are directly calculated from the amount of
cosmogenic 10Be accumulated in sediment samples, while cyan blues are erosion rates that
are averaged from adjacent upper catchments; B. The distribution of upper catchment average
erosion rates as a function of distance south of Paiute Canyon. The overall average erosion
rates of low-relief upper catchment of knickpoints across the range front vary from 40 to 100
mMa-1
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Figure 4.10: Map of the Inyo Mountain showing variation in erosion rates (continued): A.
Overlain are cosmogenic 10Be radionuclide sample sites with catchment erosion rates in m
Ma-1. Dull oranges are erosion rates derived from samples collected along the rangefront,
representing a mix of lower erosion rate in the headwaters (Figure 4.9) and higher erosion
rates below knickpoints. Yellow polygons represent erosion rates from watersheds with
mixed granitic and carbonate lithologies. The light orange polygon shows the erosion rate of
a watershed that drains across the Hunter Mountain fault; B. The distribution of mixed
catchment average erosion rates as a function of distance south of Paiute Canyon. The overall
average erosion rates of the mixed catchment erosion rates vary from 200 to 600 mMa-1
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Figure 4.11: Map of the Inyo Mountain showing variation in erosion rates (continued): A.
Overlain are cosmogenic 10Be radionuclide sample sites of small watersheds on the
rangefront in m Ma-1. Watersheds are confined to the facets along the steep range front; B.
The distribution of average erosion rate as a function of Paiute Canyon. The overall average
erosion rates of small tributaries across the range front widely vary from 100 to 400 mMa-1
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Figure 4.12: Map of the Inyo Mountain showing variation in erosion rates (continued). The
deconvolved erosion rates are based on equation (4.4): A. Overlain are cosmogenic 10Be
radionuclide sample sites with deconvolved and area-weighted catchment average erosion
rates in mMa-1. Light blues are upper catchments above knickpoints (yellow dots), while red
areas represent erosion rates in the lower catchments below knickpoints; B. The distribution
of lower catchment average erosion rates as a function of distance south of Paiute Canyon. If
I consider erosion rate from four northern channels, the overall average erosion rates of lower
catchment of knickpoints across the rangefront vary from 700 to 1000 mMa-1
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Figure 4.13: Empirical nonlinear scaling relationship between normalized channel steepness index and erosion rates from watersheds across the
range front. Blue dots are erosion rates of upper catchments derived from Figure 4.8, whereas red dots represent the lower catchment average
erosion rates derived from Figure 4.12: A. Two highest lower reach erosion rates from Beveridge and Hunter Canyons are included; B. Two
highest lower reach erosion rates from Beveridge and Hunter Canyons are excluded. The nonlinear exponent of the scaling relationship strongly
depends on these two highest erosion rates.
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(B)
C.

.

Figure 4.14: Examples of profile reconstructions of: A. south fork of Cougar Canyon; B. Pat
Keyes Canyon. The relict channel profiles from the upper reaches are extrapolated toward the
mountain front. The estimate of relative change in base level (∆𝑧) in these watersheds are
calculated at the difference between projected relict profile at the mountain front and the
current fault elevation. The base-level falls are 913 m and 828 m in south fork of Cougar and
Pat Keyes Canyons, respectively. The difference between knickpoint elevation (yellow dots),
fault elevation (z0 ) and 𝐸𝑢𝑝 and 𝐸𝑙𝑜𝑤 is used to estimate knickpoint velocity and response
time of fluvial systems.
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mean ~640 m

Figure 4.15: Amount of base-level fall from 10 channel profiles, calculating from the
differences between elevation at fault and elevation at mountain front from projected relict
channel profiles (Figure 4.14). The elevations range between ~400 and 900 m. with a regional
mean of 640 m.

Vertical distance transited
by knickpoint
Relative base level fall

Figure 4.16: Difference between knickpoint velocity and base-level fall. Vertical distance
transited by knickpoint migration is ~1.3-1.8 times faster than the rate of relative base level
fall, providing 𝑛 = 2–4 in equation (4.7). The difference is inferred to rock uplift as a function
of distance. Green dots are estimated by the difference in current elevation of knickpoint and
fault elevation, while orange dots are obtained from ∆𝑧 in Figures 4.14 and 4.15.
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Figure 4.17: Conceptual model of the onset of transient state across Saline Valley. The pale
green panel is the initiation of the Hunter Mountain fault since 2.8-4 Ma (Burchfiel et al.,
1987; Hodges et al., 1989; Lee et al., 2009). Red dots with error bars within the gray band are
the average response time of ~0.5-1 Ma of channel networks to the acceleration of the fault.
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Figure 4.18: Tectonic implication along Saline Valley fault systems: A. Map of geometry of Saline Valley showing the amount of basin extension
as a result of the slip rate in Hunter Mountain Fault Zone (HMFZ) and the Saline Range (SR). The red triangles represent the piercing points of
steep eastern wall of Hunter Mountain basalt and the Miocene-Pliocene basalt sequence. These piercing points indicates horizontal offset of the
HMFZ (modified from Burchfiel et al., 1987). The extension across SR is the net extension of normal fault offset of a Mesozoic thrust and
palinspastic reconstruction of the Saline Range (Sternlof, 1988); B. Cartoon of potential geometry of Saline Valley consistent with the movement
of Hunter Mountain fault. The fault-normal extension is about half the rate of the Hunter Mountain fault.
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Channel
No.

Watershed
Name

Lower Reaches
1
S. Willow
2
Gray Eagle
3
N. Cougar
4
S. Cougar
5
Pat Keyes
6
McElvoy
7
Beveridge
8
Hunter
9
Craig
10
Daisy
Upper Reaches
1
S. Willow
2
Gray Eagle
3
N. Cougar
4
S. Cougar
5
Pat Keyes
6
McElvoy
7
Beveridge
8
Hunter
9
Craig
10
Daisy
Frontal Canyon
1
S. Gray Eagle
2
S. Pat Keyes
3
S. McElvoy
Canyons not across Footwall
1
Paiute
2
SE. Daisy

Distance from
Paiute Canyon
(km)

Amin (m2)

Amax (m2)

θ

ksn

ks

sr

Uncertainties
(2σ)

2.00
4.95
7.70
7.70
10.38
12.55
17.23
20.25
23.47
26.00

1.76E+07
6.28E+06
5.48E+06
8.35E+06
1.09E+07
1.84E+07
2.24E+07
1.75E+07
1.63E+07
7.85E+06

3.15E+07
7.04E+06
2.65E+07
2.53E+07
1.98E+07
2.19E+07
2.70E+07
2.43E+07
2.14E+07
2.28E+07

2.8
-1.66
0.34
0.77
0.65
3
-1.7
1.17
-1.1
-0.24

326.4
502.5
354.5
381.2
358.1
494.1
404.7
411.1
368.1
470.8

2.76E+19
2.18E-12
5.58E+01
1.28E+05
4.67E-06
2.35E-14
8.75E-10
7.95E+07
1.69E-09
4.83E-03

0.22
0.34
0.24
0.26
0.24
0.34
0.28
0.28
0.25
0.32

15.86
7.57
2.88
3.56
4.21
6.75
5.04
7.69
7.18
7.20

2.00
4.95
7.70
7.70
10.38
12.55
17.23
20.25
23.47
26.00

5.44E+04
8.70E+04
1.09E+05
4.58E+04
3.83E+04
6.00E+05
3.43E+05
7.20E+05
1.09E+05
5.22E+05

1.63E+07
6.23E+06
4.59E+06
7.83E+06
9.58E+06
1.56E+07
2.01E+07
1.56E+07
1.47E+07
7.72E+06

0.3
0.43
0.18
0.32
0.29
0.35
0.26
0.48
0.23
0.46

118.3
91.6
152.4
112.4
106.7
218.6
198.2
182.7
169.1
123.9

1.35E+01
6.92E+01
3.33E+00
1.82E+01
1.48E+01
4.80E+01
1.10E+01
3.18E+02
7.04E+00
1.54E+02

0.08
0.06
0.10
0.08
0.07
0.15
0.13
0.12
0.11
0.08

2.79
0.60
3.40
2.19
2.10
2.02
2.17
1.21
3.54
0.37

5.85
11.28
13.45

3.06E+05
7.96E+04
2.34E+05

1.64E+06
9.96E+05
1.32E+06

0.14
0.21
0.17

193.9
120.0
200.1

2.96E+00
5.19E+00
5.04E+00

0.13
0.08
0.14

1.98
1.77
2.93

0.00
27.00

5.57E+05
9.40E+05

4.59E+07
1.62E+07

0.51
0.53

170.9
242.8

4.29E+02
9.05E+02

0.12
0.16

0.66
2.08

Table 4.1: Profile analysis of channels draining eastern flank of the Inyo Mountain

141

No.

Sample ID

Watershed
Name

Mean
Latitude

Channel Segments below Knickpoints
1
psu-sv08-3
N. Cougar
2
psu-sv08-6
S. Willow
3 psu-sv08-10*
Hunter
4 psu-sv08-11*
Beveridge
5
psu-sv08-13
McElvoy
6
dgsv2
S. Cougar
7
eksv7
Pat Keyes
Channel Segments above Knickpoints
1
psu-sv08-1
N. Cougar
2
psu-sv08-2
S. Cougar
3
psu-sv08-3
N. Cougar
4
psu-sv08-4
S. Willow
5
psu-sv08-5
Pat Keyes
6
dgsv5*
Hunter
Frontal Canyons
1
psu-sv08-7 S. Gray Eagle
2
psu-sv08-12
S. McElvoy
3
dgsv4
SE. daisy
4
eksv2
S. Pat Keyes

Mean
Longitude

Area
(m2)

[10Be]
(atomg-1)

Basin Average
Erosion Rate
(mMa-1)

36.602
36.643
36.675
36.697
36.600
36.629
36.620

-118.030
-118.024
-117.896
-117.918
-118.004
-118.011
-118.004

2449.5
2272.3
2223.1
2224.5
2254.1
2258.9
2248.8

8.97E+06
2.07E+07
1.12E+07
1.49E+07
2.32E+07
2.52E+07
2.10E+07

2.08E+05
1.21E+05
2.46E+04
2.39E+04
6.60E+04
3.07E+04
4.65E+04

1010.33
749.34
1618.38
2700.97
644.35
749.34
660.11

36.579
36.593
36.602
36.591
36.583
36.672

-118.048
-118.034
-118.030
-118.050
-118.037
-117.909

2822.5
2513.1
2449.5
2575.0
2702.5
2506.6

5.44E+06
8.55E+06
8.97E+06
1.85E+07
1.13E+07
7.72E+06

5.93E+05
5.22E+05
2.07E+05
3.72E+05
5.10E+05
1.73E+05

32.90
31.20
76.50
45.70
35.70
95.30

36.581
36.569
36.564
36.575

-118.008
-117.999
-117.942
-118.002

1576.5
1581.5
1747.7
1403.0

2.50E+06
1.31E+06
1.78E+07
1.79E+06

2.95E+04
2.32E+04
2.97E+04
1.30E+05

318.00
405.00
351.00
63.10

Table 4.2: Isotopic data and erosion rates along eastern Inyo Mountain
* data after non-quartz bearing lithologies removal

Effective
Elevation
(m)
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No.

1
2
3
4
5
6
7
8
9
10

Watershed
Name

S. Willow
Gray Eagle
N. Cougar
S. Cougar
Pat Keyes
McElvoy
Beveridge
Hunter
Craig
Daisy

Distance
(km)

2.00
4.95
7.70
7.70
10.38
12.55
17.23
20.25
23.47
26.00

Knickpoint
Fault
Vertical
Elevation Elevation Distance
(m)
(m)
(m)
1479.78
1578.30
1848.15
1920.82
1833.87
1335.67
1338.80
1380.08
1357.14
1913.64

701.01
720.26
609.74
609.74
530.13
541.62
470.82
484.07
491.19
610.43

908.38
880.80
1052.55
1008.02
1075.47
909.07
833.40
958.08
934.14
1014.74

Base
Level
Fall (m)

Lower
Upper
Catchment Catchment
E. (mMa-1) E. (mMa-1)

471.40
697.50
795.60
912.80
828.50
426.60
505.40
422.00
423.00
898.90

Table 4.3: Summary of tectonic implication on eastern Inyo Mountain and Saline Valley

749.34
1010.33
660.11
644.35
2700.97
1618.38
-

45.70
76.50
35.70
52.88
52.88
95.3
-

Response
Time
(Ma)
0.67
0.85
1.34
0.72
0.19
0.28
-

Knickpoint
Velocity (mMa-1)
n =2
934.62
1287.97
813.50
828.54
3077.86
2010.68
-

n=4
1399.89
1963.64
1205.82
1272.06
4229.3
3001.21
-
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Chapter 5
Conclusions
In this dissertation, I have shown that the morphology of channel longitudinal
profiles and hillslope ridgecrests in two tectonically active mountain belts can be an
efficient reconnaissance tool to interpret the spatial and temporal dynamics of active
deformation in the upper crust. In the first field site, along Bolinas Ridge, I explore
the coordinated adjustment of hillslopes and channels to a spatial gradient in
differential rock uplift, while in the second field site, in Saline Valley, I explore the
transient response of channels to a temporal increase in base level fall across a rangefront normal fault. The two studies share a common goal- to assess the way in which
thresholds for transport and erosion in channels impact the adjustment of profile form
to tectonic forcing. The studies also share a common approach, in that I combine
quantitative analysis of topography with measurements of erosion rate via
cosmogenic 10Be in modern sediment.
Chapter 2 and 3 focus on the association among channel-hillslope
morphology, sediment caliber, and stochastic variability in discharge and how these
conspire to modulate the adjustment of channel morphology along a gradient in uplift
rate. My results reveal systematic variations in both channel steepness and curvature
of ridgecrests on interfluve along Bolinas Ridge. These observations imply that both
channels and hillslopes are adjusting in a coordinated way that is consistent with
increasing erosion rates along the ridge. These results confirm previous suggestions
that the spatial variations in landscape relief likely reflect differential rock uplift
along the ridge. One of the most significant findings is a correlation among hillslope
curvature, grain size of channel sediment, and steepness of channels. In Chapter 3, I
exploit the co-variance of sediment grain size and erosion rate to evaluate how
stochastic threshold incision model (e.g. Lague et al., 2005) can be used to assess the
relationship between channel steepness and erosion rate, at steady-state (e.g. DiBiase
and Whipple, 2011). In contrast to the expected behavior for a spatially uniform
erosion threshold, the co-variation of grain size and channel erosion rate leads to an
effective scaling relationship between channel steepness and erosion rate that is more
linear. This arises largely because the higher threshold for erosion in steeper channels
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acts to reduce increases in efficiency that arise along steeper channels in a discharge
distribution (e.g. Shobe et al., 2018). This result implies that the spatial variations in
channel steepness along Bolinas Ridge represent a reasonable proxy for the spatial
pattern of differential rock uplift in this landscape. Although the COVID-19
pandemic prevented analysis of 10Be samples to test this hypothesis, future work will
explore the role of erosion thresholds as a first-order control of the channel response
to tectonic forcing.
In Chapter 4, I explore the response of channels in the footwall of the Inyo
Mountain range front fault, in Saline Valley, to a temporal increase in base level fall.
Slip along the range front fault links strike-slip along the Hunter Mountain fault to
distributed extension in northern Saline Valley and the Saline Range (Sternlof, 1988).
Analysis of channel profiles draining the footwall of this fault suggest that they have
been subjected to an increase in base level fall rate (Kirby and Whipple, 2012), and
previous workers have relied on a linear inversion of channel profiles to model the
rate of base level fall (Goren et al., 2014). New erosion rates from 10Be in modern
channel sediment suggest an effective non-linear scaling between channel steepness
and erosion rate in this landscape, consistent with the behavior of a stochastic
threshold incision model. Moreover, combining these erosion rates with a geometric
reconstruction of the magnitude of relative base level fall suggests that the
acceleration in fault slip occurred in the past ~0.5-1 Ma. Moreover, it appears that,
knickpoint migration, might have even outpaced the rate of incision along channels,
behavior consistent with an effective non-linearity in channel response (e.g. Niemann
et al, 2001; DiBiease et al., 2015). Overall, this study highlights the use of topography
in erosional landscape to reconstruct the tempo of fault slip, but suggests caution in
simple inversions of topography for uplift rate. It appears that channels subjected to
rapid base level fall experience non-linear adjustment of channel profiles to relative
rock uplift which strongly modulates response time.
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Appendix A
Supplemental materials to Accompany
Topographic Adjustment to Spatially Variable Rock Uplift,
Bolinas Ridge, California
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A1 Channel Profile Analysis (for Bolinas Ridge)
I extract channel longitudinal profiles and calculate the steepness of channel
networks from the publicly available 1-m resolution digital elevation data. Here, I
extend the channel profile extraction on the DEM data using the Stream Profiler
developed by Snyder et al., (2000) and Whipple et al., (2007). Following these below
steps, I simultaneously work in both ArcMap and MATLAB and use the analysis of
watersheds in northern Bolinas Ridge as an example. The propose of the analysis is to
be able to compare spatial variation in shapes of channel networks and local channel
steepness along Bolinas Ridge.
1. I download topographic map and GIS data from the national map-data
delivery and GIS data download sections provided in USGS website:
https://www.usgs.gov/core-science-systems/ngp/tnm-delivery/gis-datadownload. Under elevation products (3DEP), I select 1-meter DEM, make a
box/point to crop out the areas of Marin County and southern Sonoma
County, CA, and download them as GeoTIFF files. I combin the tiff files
together using Mosaic to New Raster function in ArcMap
2. In ArcMap, I basically separate watersheds along Bolinas Ridge into 3
sections; north (channels numbered 1-14), central (channels numbered 15-24),
and south (channels numbered 25-41). This category can save time and
memory while the software is processing and makes us less complicated to
data management and interpretation.
3. Prior channel profile analysis, I create two separated folders: MATLAB
directory (all codes, files, results that are processed in MATLAB) and
ArcMap directory (all files created by the profiler toolbar in ArcMap).
4. In each section, I perform a hydrologic analysis provided in hydrology
toolbox under the spatial analyst tools in ArcGIS/INFO to fill pits in DEM (by
Fill), create the flow direction array (by Flow Direction), and create the flow
accumulation array (by Flow Accumulation). Once the creations are finished,
I export an unfilled DEM and flow accumulation to ASCII files (by Raster to
ASCII) into MATLAB folder, and name them as “north_dem.txt” and
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“north_acc.txt” that stand for unfilled DEM, and flow accumulation ASCII
files of north Bolinas Ridge, respectively.
5. In MATLAB, I copy arcdemtxt2matlab.m file into MATLAB folder, and then,
use the code to covert “north_dem.txt” and “north_acc.txt” to more efficient
“north_demm.mat”, “north_accm.mat”, and “north_meta.mat” used in
MATLAB.
6. Once the Profiler.dll is installed in ArcMap, I perform the profiler tool by
setting the working folder to ArcMap directory, selecting the northern Bolinas
Ridge DEM, defining project name as “north_”, defining 𝜃𝑟𝑒𝑓 = 0.45,
selecting remove spikes and smoothing profile, and specifying 25 m and 2 m
for smoothing window and contour interval, respectively. I leave the auto
k_sn window, search distance, and minimum accumulation as the default.
7. I start extracting channel profiles by using a cross hair to locate channel heads
of the stream on DEM, and name it as T1 that stands for channel/tributary
number 1. I repeat this process to collect a cluster of channel profiles. The
location of channel heads is saved in “location_ij.txt” in ArcMap directory.
8. In MATLAB, I use profile51.m file to create channel profile, drainage areadistance plot, slope-area plot, chi-elevation plot, slope-distance plot, and
averaged ks-distance plot. For channel profile analysis in the Chapter 2, I
focus on the fit and the exhibition of the data in channel profiles and slopearea plot.
9. I regress the scatter data from either channel profile or slope-area plot. I
regress a single line on smooth channel profiles and uniform distribution of
scatter data. However, I regress channel reaches independently if there is a
presence of slope-break knickpoint along channel profile and slope-area plot
(examples of channel profiles and regression are shown in Figure A1-A6).
Normalized channel steepness and concavity indices are calculated based on
𝜃𝑟𝑒𝑓 = 0.45, and then, are shown beside the regression.
10. I save fitted channel profiles, fitted slope-area plot, and regression lines as a
reference data. I also import stream shapefiles and knickpoint shapefiles
created during channel profile analysis back into ArcMap. Eventually, the
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channel steepness and concavity indices are plotted as a function of distance
south of Point Reyes Station (Figure 2.5A-C).

A2 Extraction of Topographic Curvature of Ridgetop
The available 1-m high resolution digital elevation data are main sources to
extract shape of individual interfluves adjacent to first-order channels along Bolinas
Ridge, and calculate ridgetop curvature of interfluves. Here, I start by defining the
boundary between ridgetop and channel-hillslope systems, extracting values of
curvature, slope, drainage area from DEM, and determining the averaged curvature of
interfluve ridgelines.
1. I preliminarily delineate the boundary between hilltops and hillslopes of
interfluves from topographic data by using delineation /or spatial analyst tools
in ArcGIS/INFO software. I stretch values of topographic slope along the
color ramp. Thus, I can segregate hillslope morphology between planar
hillslope where slope is >15o and ridgecrest where slope is <15o at drainage
divides.
2. This step is an optional. In order to enhance geomorphic boundaries and
define the extent of valley network, I extract each interfluve into TIFF file and
run the GeoNet tool version 2.0 (in MATLAB). I change some default
parameters in the executable file to match our data, but keep the same default
curvature threshold to identify the probability of locations of channel heads.
3. Although channel head defined from GeoNet is almost similar to one defined
from topographic slope-break, high-frequency noise derived from raw data is
filtered, but sharp features of ridgetop-hillslope-valley transitions are
preserved. I refer these enhanced transitions as a reference to define the
hillslope slope-area product.
4. I convert raster data of individual interfluve to TIFF files, and run the
calculation of drainage area, gradient8, and curvature of hillslope morphology
from a series of MATLAB-based flow-related function scripts.
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5. I plot the Laplacian curvature as a function of slope-area product.
Theoretically, the patterns of ridgetop curvature are at low values slope-area
product (Perron et al., 2009). I adjust the threshold of slope-area product to
match the transitional boundary between ridgetop and hillslope defined in step
1-2.
6. Because a break in slope of most interfluves along the ridge occurs at a slopearea product ~10 m2, I assume that ridgetop is identified where slope-area
product is less than 10 m2. I apply the constant threshold to determine mean of
ridgetop curvature throughout the ridge.
7. I calculate mean of curvature of individual ridgetop and plot against distance
south from Point Reyes Station (Figure A7-A9).
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(A)

(B)

Figure A1: Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 1; B. Channel/tributary number 6. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). For slope-area plot, pink
crosses are raw data. Blue and cyan line represent the regressed and reference concavity, respectively.
Small red squares are log-bin averages of the S-A data.
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(A)

(B)

Figure A2. Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 9; B. Channel/tributary number 13. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). The plus sign indicates
knickpoint. For slope-area plot, pink crosses are raw data. Blue and cyan line represent the regressed
and reference concavity, respectively. Small red squares are log-bin averages of the S-A data.
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(A)

(B)

Figure A3: Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 15; B. Channel/tributary number 19. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). For slope-area plot, pink
crosses are raw data. Blue and cyan line represent the regressed and reference concavity, respectively.
Small red squares are log-bin averages of the S-A data.
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(A)

(B)

Figure A4: Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 22; B. Channel/tributary number 25. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). For slope-area plot, pink
crosses are raw data. Blue and cyan line represent the regressed and reference concavity, respectively.
Small red squares are log-bin averages of the S-A data.
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(A)

(B)

Figure A5. Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 28; B. Channel/tributary number 34. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). For slope-area plot, pink
crosses are raw data. Blue and cyan line represent the regressed and reference concavity, respectively.
Small red squares are log-bin averages of the S-A data.
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(A)

(B)

Figure A6: Chanel longitudinal profiles (upper) and slope-area plot (lower) of: A. Channel/tributary
number 36; B. Channel/tributary number 41. For channel profiles, pink lines are smoothed elevation
extracted from DEM. Dark blue lines represent profiles predicted by regressed channel concavity index
(𝜃), whereas cyan lines are profiled predicted by reference concavity (𝜃𝑟𝑒𝑓 ). For slope-area plot, pink
crosses are raw data. Blue and cyan line represent the regressed and reference concavity, respectively.
Small red squares are log-bin averages of the S-A data.
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Figure A7: Upper. Representative of ridgetop (pale green) of individual interfluve in the
northern portion of the ridge where slope is <15o. The sharp features of ridgetop-hillslopevalley transitions are shown at change in boundaries. Numbers in circles indicate the ridge
shown in lower figures; Lower. Plot of the Laplacian of elevation against slope-drainage area
product of each interfluves number 1, 6, 9, 13, respectively. The blue dash line represents a
constant break in slope of ~10 m2 used to segregate ridgetop and hillslope. Filled blue circles
are the average of ridgetop curvature.

178

Figure A8: Upper. Representative of ridgetop (pale green) of individual interfluve in the
central portion of the ridge where slope is <15o. The sharp features of ridgetop-hillslopevalley transitions are shown at change in boundaries. Numbers in circles indicate the ridge
shown in lower figures; Lower. Plot of the Laplacian of elevation against slope-drainage area
product of each interfluves number 15, 18, 22, 25, respectively. The blue dash line represents
a constant break in slope of ~10 m2 used to segregate ridgetop and hillslope. Filled blue
circles are the average of ridgetop curvature.
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Figure A9: Upper. Representative of ridgetop (pale green) of individual interfluve in the
southern portion of the ridge where slope is <15o. The sharp features of ridgetop-hillslopevalley transitions are shown at change in boundaries. Numbers in circles indicate the ridge
shown in lower figures; Lower. Plot of the Laplacian of elevation against slope-drainage area
product of each interfluves number 29, 34, 36, 39, respectively. The blue dash line represents
a constant break in slope of ~10 m2 used to segregate ridgetop and hillslope. Filled blue
circles are the average of ridgetop curvature.
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Appendix B
Supplemental Materials to Accompany

Evaluating Hillslope-Channel Coupling along Bolinas Ridge
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B1 Derivation of Stochastic Threshold Incision Model
(1) The simple bed shear stress model
𝑘𝑠  𝐸 ∅

(B1)

1

1

∅ ~ 𝑛 for the constant effective discharge model, ∅ ~ 𝑛 for the stochastic threshold model
𝑐

𝑠

𝐸 = 𝐾𝑅 𝐾𝐶 𝐾𝜏𝑐 𝐴𝑚 𝑆 𝑛

(B2)

𝐸 = 𝐾𝐴𝑚 𝑆 𝑛 ,
2

3

where 𝐾 = 𝐾𝑅 𝐾𝐶 𝐾𝜏𝑐 , 𝑚 = 𝛼𝑎(1 − 𝜔𝑏 ), 𝑛 = 𝛽𝑎, 𝛼 = 𝛽 = 3 , 𝑎 = 2
(2) The local and instantaneous channel incision models
𝐼 = 𝑘𝑒 (𝜏𝑏𝑎 − 𝜏𝑐𝑎 )

(B3)

Bed shear stresses
𝑄

𝜏𝑏 = 𝑘𝑡 (𝑤)𝛼 𝑆𝛽

(B4)

Bankfull width-discharge relation
𝑤𝑏 = 𝑘𝑤 𝑄̅ 𝜔𝑏

(B5)

At-a-station width-discharge relation
𝑤
𝑤𝑏

𝑄

= (𝑄̅)𝜔𝑠

(B6)

Substitute (B5) into (B6), channel width-discharge function:
𝑄
𝑤 = 𝑘𝑤 𝑄̅ 𝜔𝑏 (𝑄̅)𝜔𝑠

(B7)

Substitute (B7) into (B4), bed shear stresses:
𝜏𝑏 = 𝑘𝑡 (

𝑄
𝑄
𝑘𝑤 𝑄̅ 𝜔𝑏 ( ̅ )𝜔𝑠
𝑄

) 𝛼 𝑆𝛽

−𝛼 𝛼−𝛼𝜔𝑠 ̅ −𝛼𝜔𝑏 +𝛼𝜔𝑠 𝛽
𝜏𝑏 = 𝑘𝑡 𝑘𝑤
𝑄
𝑄
𝑆
−𝛼 𝛼(1−𝜔𝑠 ) ̅ 𝛼(𝜔𝑠 −𝜔𝑏 ) 𝛽
𝜏𝑏 = 𝑘𝑡 𝑘𝑤
𝑄
𝑄
𝑆
𝑄̅ 𝛼(1−𝜔𝑏 )

−𝛼 𝛼(1−𝜔𝑠 )
𝜏𝑏 = 𝑘𝑡 𝑘𝑤
𝑄
𝑆𝛽
𝑄̅ 𝛼(1−𝜔𝑠 )
𝑄

−𝛼
𝜏𝑏 = 𝑘𝑡 𝑘𝑤
(𝑄̅)𝛼(1−𝜔𝑠 ) 𝑄̅ 𝛼(1−𝜔𝑏) 𝑆𝛽
−𝛼
𝜏𝑏 = 𝑘𝑡 𝑘𝑤
(𝑄 ∗ )𝛼(1−𝜔𝑠) 𝑄̅ 𝛼(1−𝜔𝑏) 𝑆𝛽
𝑄

where 𝑄 ∗ = 𝑄̅

(B8)
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Bankfull discharge - runoff relation
𝑄̅ = 𝑅̅ 𝐴

(B9)

Substitute (B9) into (B5), channel width-upstream drainage area:
𝑤𝑏 = 𝑘𝑤 𝑅̅ 𝜔𝑏 𝐴𝜔𝑏

(B10)

An empirical relationship between slope and drainage area:
𝑆 = 𝑘𝑠 𝐴

−𝑚
𝑛

(B11)

Finally, substitute (B8), (B9), (B10), (B11) into (B3):
−𝛼 (𝑄 ∗ )𝛼(1−𝜔𝑠 ) ̅ 𝛼(1−𝜔𝑏 )
𝐼 = 𝑘𝑒 [(𝑘𝑡 𝑘𝑤
𝑅𝐴
(𝑘𝑠 𝐴

−𝑚
𝑛

𝑎

)𝛽 ) − 𝜏𝑐𝑎 ]

−𝛼𝑎 (𝑄 ∗ )𝛼𝑎(1−𝜔𝑠 ) ̅ 𝛼𝑎(1−𝜔𝑏 )
𝐼 = 𝑘𝑒 [(𝑘𝑡𝛼 𝑘𝑤
𝑅𝐴
(𝑘𝑠 𝐴

−𝑚
𝑛 )𝑎𝛽 )

− 𝜏𝑐𝑎 ]

−𝛼𝑎 (𝑄 ∗ )𝛼𝑎(1−𝜔𝑠 ) ̅ 𝛼𝑎(1−𝜔𝑏 ) 𝛼𝑎(1−𝜔𝑏 ) 𝑎𝛽
𝐼 = 𝑘𝑒 [(𝑘𝑡𝛼 𝑘𝑤
𝑅
𝐴
𝑘𝑠 (𝐴

−𝛼𝑎(1−𝜔𝑏 )
𝛼𝛽
)𝑎𝛽 )

− 𝜏𝑐𝑎 ]

−𝛼𝑎 (𝑄 ∗ )𝛼𝑎(1−𝜔𝑠 ) ̅ 𝛼𝑎(1−𝜔𝑏 ) 𝑎𝛽
𝐼 = 𝑘𝑒 [(𝑘𝑡𝛼 𝑘𝑤
𝑅
𝑘𝑠 ) − 𝜏𝑐𝑎 ]
−𝛼𝑎 (𝑄 ∗ )𝛼𝑎(1−𝜔𝑠 ) ̅ 𝛼𝑎(1−𝜔𝑏 ) 𝑎𝛽
𝐼 = 𝑘𝑒 𝑘𝑡𝛼 𝑘𝑤
𝑅
𝑘𝑠 − 𝑘𝑒 𝜏𝑐𝑎 ]

𝐼 = 𝐾(𝑄 ∗ )𝛾 𝑘𝑠𝑛 − 𝜑𝑐

(B12)
𝑄

−𝛼𝑎 ̅ 𝑚
where 𝐾 = 𝑘𝑒 𝑘𝑡𝑎 𝑘𝑤
𝑅 , 𝛾 = 𝛼𝑎(1 − 𝜔𝑠 ), 𝜑𝑐 = 𝑘𝑒 𝜏𝑐𝑎 , 𝑄 ∗ = 𝑄̅

(3) Estimating Erosion threshold
𝜏𝑐∗ =

𝜏𝑐
(𝜌𝑠 −𝜌𝑤 )𝑔𝐷50

(B13)

(4) Long-term Channel Incision Rate
𝑄∗

𝐸 = 𝐼 = ∫𝑄∗𝑚 𝐼(𝑄 ∗ , 𝑘𝑠 , 𝜑𝑐 ) 𝑝𝑑𝑓(𝑄 ∗ )𝑑𝑄 ∗
𝑐

(B14)

(5) Probability of Occurrence of Normalized Discharge
𝑝𝑑𝑓(𝑄 ∗ ) =

𝑘 𝑘+1
𝛤(𝑘+1)

𝑝𝑑𝑓(𝑄 ∗ ) = 𝑒
ln (𝑝𝑑𝑓(𝑄

∗ ))

𝑘

exp (− 𝑄∗)𝑄 ∗−(2+𝑘)

𝑄∗ 𝐶𝑟
)
𝑄0

−(

(B16) *stretched exponential dist.

= ln(𝑒

−(

𝑄∗
)
𝑄0

𝑄 ∗ 𝐶𝑟

ln(𝑝𝑑𝑓(𝑄 ∗ )) = − (𝑄 )
0

− ln(𝑝𝑑𝑓(𝑄

∗ ))

(B15) *inverse gamma distribution

𝑄 ∗ 𝐶𝑟
= ( )
𝑄0

𝐶𝑟

)
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ln (− ln 𝑝𝑑𝑓(𝑄 ∗ )) = 𝑐𝑟 ln(𝑄 ∗ ) − 𝑐𝑟 ln(𝑋0 ) (B17) * solution of stretched exp. dist.
(6) The Stochastic Threshold Incision Models
When low-flow events are negligible (exponential tail of low discharge is ignored),
𝑝𝑑𝑓(𝑄 ∗ ) =

𝑘 𝑘+1
𝛤(𝑘+1)

𝑄 ∗−(2+𝑘)

(B18)

Substituted (B18), into (B14), modified from Lague et al., (2005) and DiBiase and
Whipple, (2011)
𝐸≈𝐾

𝛤(𝑘+1−𝛾) 𝐾𝑅̅ 𝑚 𝑘𝑠𝑛
[
𝑄 ∗ −(𝑘+1−𝛾)
𝛤(𝑘+1) (𝑘+1−𝛾) 𝑐

𝜑

𝑐
− k+1
𝑄𝑐∗ −(𝑘+1) ]

(B19)

∗
For 𝛾 < 𝑘 + 1 and infinite 𝑄𝑚
. When 𝐼, 𝐸 = 0, and Q∗ = 𝑄𝑐∗ from (B12)
𝜑
𝑘𝑠𝑛 = ( 𝐾𝑐)𝑅̅ −𝑚 𝑄𝑐∗ −𝛾

(B20)

Substituted (B20) into (B19), modified from Lague et al., (2005)
1

𝑚

𝑘𝑠 = 𝐾 −𝑛 𝑅̅ − 𝑛 (

(𝑘+1)(𝑘+1−𝛾)𝛤(𝑘+1)
𝑘 𝑘+1 𝛾

𝛾

𝑘+1−𝛾

𝛾

)𝑛(𝑘+1) 𝜑𝑐 𝑛(𝑘+1) 𝐸 𝑛(𝑘+1)

(B21)

assumed 𝑡𝑟 (𝑄𝑐∗ ) ~ 10 - 100 days (the return time (a reciprocal of pdf) is significantly
greater than 1 day), and 𝛾 < 𝑘 + 1. I use the integration of (B14), (B16), (B18), and
(B21) to generate the 𝑘𝑠 − 𝐸 relationship with variable 𝜑𝑐 .
B2 Application of Erosion Threshold on the Relief-Erosion Rate Relationship
My research has tested the degree of erosion thresholds estimated from
sediment grain size on active channel floors to influence the relationship between
relief (as quantified by the channel steepness index, 𝑘𝑠 ) and steady state erosion rate.
Here, I rely on equations (B14), (B16), (B18), and (B21), other specific model
parameters in Table 3.2 and variable thresholds in Table 3.3. I set mean runoff (𝑅̅ )
and runoff variability (k) constant, but adjust the free parameter of rock strength (𝑘𝑒 )
to fit the range of normalized channel steepness indices in the stochastic threshold
incision model. Figure 3.12 exhibits that the degree of nonlinearity on the scaling
relationship between channel steepness and erosion is strongly driven by variable
erosion thresholds.
Because I surveyed and collected grain size distributions along channels
where are previously estimated channel steepness from Chapter 2, the co-variance of
grain size (or threshold terms) with channel steepness can be plotted on a nonlinear
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line at the intersection between channel steepness and threshold term. The
combination of channel steepness and threshold transport makes a prediction of the
erosion rate along each of these channels (on horizontal axis)

B3 Preliminary Sediment Analysis for Catchment-Averaged Erosion Rate
B3.1 Sample Collection
In December 2018, we (Peng Su, Bin Zhang, and me) collected 12 quartzbearing modern sediment samples from downstream reaches of first-order watersheds
draining west of Bolinas Ridge (Figures 3.5 and 3.6). The selection of watersheds for
collecting sediment samples was designed to capture the maximum variance in
channel steepness and ridgetop curvature, to minimize the potential influence of
recent landslides and/or sediment stored in fluvial terraces on 10Be concentrations
(Yanites et al., 2009), and to avoid anthropogenic impact on hillslopes. As each
watershed is underlain by a relatively uniform lithology, we assumed a uniform
distribution of quartz-bearing sediment throughout the watershed. In particular for
steeper watersheds in the south, we sampled sediment near the outlet of the
watersheds in order to capture large enough areas that sediment samples are likely to
contain grains from several different landslides and are able to represent long-term
basin erosion rate (Neimi et al., 2005; Yanites et al., 2009).
The first-order channels along Bolinas Ridge mostly exhibit coarse sediment
grain size delivered from adjacent interfluves to channels. For each surveyed channel,
we collected 2-3 kilograms of sand-sized samples at 0-5 cm below surface from
multiple little bars and packed them with 2-3 layers of zip-loc bags (Figure B1). We
did a quartz check with a hand lens to see how actual sediment looks and estimated
how much quartz contains in sediment samples. We used GPS coordinate systems to
record location and altitude of the sample sites in order to calculate latitude/altitudecorrected and topographic shielding corrected factors. (Table B1).
Quartz-bearing sediment samples collected at each sample site are assumed to
represent the distribution of quartz from the entire watershed, and they are not
dominated by a single landslide. Quartz in the sample is evenly distributed from all
lithologies throughout the catchment. These watersheds are assumed a topographic
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steady state where they are disrupted by surface lowering, not glaciated lowering. The
transportation of quartz sediment is nearly constant over the period of time taken
from unweathered bedrock through hillslope weathering zone to the channel.
Moreover, I assumed average cosmogenic 10Be is absent before sediment grains
approach the surface (e.g. Brown et al., 1995; Bierman and Steig, 1996; Niemi et al.,
2005; von Blanckenburg, 2005; Stock et al., 2009; Yanites et al., 2009; Cyr et al.,
2010). This means that the average concentration is the same at soil depth between 05 cm as we collected in the field.

B3.2 Sample Preparation
Once we collected sediment samples from field, we brought them back to the
mineral separation laboratory (Wilkinson 021) at Oregon State University to clean the
quartz from bulk sediment. First, I cleaned, and dried the samples in the oven at a
fixed temperature 45 oC overnight. After the samples were completely dried, I
crushed them using a small jaw crusher and plate grinder in the saw room (Wilkinson
033) (Figure B2). I initially crushed them using a jaw crusher to reduce large pieces
of samples into smaller gravel or sand sizes, and then, I transferred them into the discpulverizer. I adjusted the gap of two-disc grinders from 2.5 mm to 1 mm. Once each
sample passed through the 1 mm gap of disc-grinder, I sieved them with a sieve stack
using the following three classification sizes; >710 μm, 250-710 μm, and <250 μm (a
pan for fine sediment). Normally, I either sieved them by hand or by a mechanical
shaker for 5-10 minutes (Figure B2). I separated different size fraction into new
labeled plastic zip-loc bags. However, if lots of grain size >710 micron still existed, I
re-grinded them through the disc-pulverizer with <1 mm adjusted gap of discgrinders, and then, re-sieved through the stack. The target size fraction used for the
physical and chemical preparation is 0.25-0.71 mm, but I kept the other two fractions
in Wilkinson room 206 in case of I further need more quartz. After using equipment
in each sample, I thoroughly cleaned all machines with a wire brush, compressed air,
and acetone solution to avoid sample contamination.
Magnetic separation is the next step to remove any metals or grains that
contain magnetic fractions from non-magnetic fractions. Initially, the sieved samples

186

of 0.25-0.71 mm are filtered out by strong magnetic minerals (i.e. magnetite) using a
large hand magnet, and using the Frantz magnetic separator (Figure B3) to separate
weakly magnetic minerals (i.e. hematite and other iron oxide minerals). I adjusted the
chute by the 15-20 forward slope, 10-15 side tilt and ran an electromagnetic current
between 1.6 and 1.7 amperes. This range of electromagnetic field can segregate nonmagnetic fraction with a low susceptibility (e.g. Stendal and Theobald, 1994).
Moreover, I also adjusted speed of a funnel stack and the chute to get reasonable
flow. The fraction size samples were poured through the funnel stack, passed through
the large electromagnet. In the middle of the chute, non-magnetic fractions in which
they entirely compose of quartz and feldspar were separated and came out of the left
chute, while the magnetic grain came out of the right chute These separations were
caught by two separating pans at the end of the chute. Finally, I saved the nonmagnetic and magnetic fractions into different labeled zip-loc bags. I only brought
non-magnetic grains to further extract pure quartz in the sample, but I also kept
magnetic grain fractions if I needed more quartz. I checked and estimated the amount
of quartz and other non-magnetic grains found under a stereomicroscope (Figure B3).

B3.3 Sample Cleaning and Quartz Extraction
Both samples of non-magnetic and magnetic size fraction of 0.25-0.71 mm as
well as samples of extra size fraction of 0.15-0.25 mm were shipped to Terrestrial
Cosmogenic Isotope Laboratory at Dalhousie University. We followed a standard
procedure for cosmogenic radionuclide extraction created and run by Prof. John
Gosse, and Guang Yang, a cosmogenic nuclide extraction facility manger.
Due to sediment samples derived from Franciscan Complex in which rock
type is an assemblage made up of marine and metasedimentary lithic-rich greywackes
with lesser amount of mafic volcanic rocks, thin-bedded chert and rare limestone, we
had to make a cautious determination to focus on either cosmogenic 10Be
concentrations in quartz or cosmogenic 36Cl concentrations in feldspar. The
determination depends on the amount of quartz and/or feldspar stored in the sediment
samples.
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We started an initial leaching on the samples by weighing ~60-80 g of
sediment into a 1 L Teflon beaker (up to 3-4 beakers per sample). We added the
solution of 1:2 = 1% concentrated HF: ultrapure water (Milli-Q H2O) (i.e. 20 mL HF
and 40 mL H2O) into the samples’ beakers, stirred constantly for 10 minutes, and
rinsed with pure water. Note that we always add acid into water, and we must wear
two pairs of vinyl gloves, safety googles, face shield, lab coat, and apron when
working with HF. We repeated adding the same ratio between water 1% HF and pure
water into the beakers, kept stirring for another 10-15 minutes, decanted acid into
waste bucket with added NaOH, and dried them on 80 oC laboratory hot plate
overnight (Figure B4).
Basically, samples were leached and discolored to be greyish or whitish
grains. We estimated the percentage of the amount of quartz and feldspar, and other
minerals left in the samples under a stereomicroscope. To classify minerals under the
stereoscope, quartz is a transparent crystal with conchoidal /or irregular fractures,
while feldspar is dull white with a sign of rectangular cleavage. Chert, which is a
fined-grained sedimentary rock comprised of quartz crystal, shows a blackish color
with conchoidal fracture. Because we found a little sheet of micas (muscovite and
biotite) after initial leaching, we skipped a frothing step that aims to separate feldspar
and micas from quartz. Furthermore, the initial leaching could also remove meteoric
10

Be and other weak accessory minerals from the samples. Because 60-70% of quartz

was remained after initial leaching, we decided to focus on cosmogenic 10Be stored in
quartz-bearing sediment.
To extract only pure quartz and rid of non-quartz, we set up 2nd leaching
procedure by adding a strong solution between acid and water (1:1 = HF:H2O) into
the beakers that samples have left from the initial leaching. We kept stirring the
beakers for 1 hours on 80 oC laboratory hot plate, and then decanted into waste
bucket. After that, we left them dried on the hot plate for 2-3 hours. We brought 30 g
each of the samples passing through air abrasion procedure for ½ hour in order to
soften remaining non-quartz particles and turn them into clay powder (Figure B5). To
finalize each leaching, we had to determine the percentage of quartz and non-quartz
particles under the stereomicroscope.
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The combination of strong acid-water solution and air abrasion technique
could yield the percentage of quartz and/or chert up to almost 80-85%. However, the
percentage of non-quartz particles was still high (up to 15-20%). Therefore, we
followed the same directions as above for the 3rd leaching by keeping the same ratio
of acid to water, reducing time for the solution to digest particles, and increasing heat
on hotplate. We repeated until the amount of quartz particles left in the sample
approximately 90-95% (Figure B6). Eventually, the target weight of sample is >30100 g of pure quartz. Before we proceeded chemical extraction of 10Be from quartz,
we tested the purification of quartz by estimating the Aluminum (Al) contents in the
samples.

B3.4 Quartz Purity Testing with Inductively Coupled Plasma (ICP)
This procedure is to check other element contents (e.g. Be, Al, Fe, Ti, Ca, K,
Na, Mg) remaining in the samples after they were separately leached by HF
treatment. The expectation is to have those element’s concentrations, especially Al
concentration, to less than 200 ppm. If the test shows high level of the Al contents,
this represents that samples still have high amount of feldspar, muscovite, and other
insoluble minerals. Thus, we must treat those samples by HF as necessary.
To prepare solution for ICP test, we added an aliquot of sample at ~0.5 g into
a Savillex jar, added 8 mL of 1% concentrated HF, closed lid, and heated the jar at
100 oC for 1-2 hours or until quartz dissolved. After samples turn to clear solutions,
we increased temperature to 125 oC to evaporate HF, and kept a residual at the bottom
of the jar as a flaky crust. Once samples were totally dry, we transferred the sample
from the jar into a labelled 15 mL tube and added ~12 mL of 2% concentrated HNO3
(Figure B7). After preparation, the solutions in the tubes were ready for ICP
measurement.
The latest result from Al test by ICP measurement in January 2, 2020
indicates that 8 out of 12 samples contain Al concentration greater than 200 ppm
(Table B1). These 8 samples are needed to treat by HF and/or HNO3 to make them
pure, and re-test quartz purification.
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Figure B1: Sample collection site at downstream channel reaches. Most channel floors are
mantled with coarse sand- to cobble-size sediment. We collected sand-sized samples by
taking sediment from 0-5 cm below the surface and from multiple little channel bars. The
sample will be a representative of the entire watershed. Sample site’s location and altitude are
recorded for calculating scaling and topographic shielding corrected factors: A. Channel
number 1; B. Channel number 15; C. Channel number 22; D. Channel number 34. We have
got an assistance to collect sediment samples from Bin Zhang (a man in red jacket) and Peng
Su, short-term Chinese scholars.
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(E)

< 250 μm

250 - 710 μm

> 710 μm

Figure B2: Quartz separation and preparation in mineral separation laboratory: A. We
labelled sediment samples with the sampling locations and packed in zip-loc bags; B. We
dried samples in the oven at 45 oC overnight; C. Dry gravel size is small enough to be
grinded by a small mechanical jaw crusher. We adjusted the gap between plates to about 22.5 mm. This process makes finer sand-sized grains. Samples remaining in the plate are
transferred to the disc-pulverizer; D. We adjusted the gap of the disc-pulverizer to 1 mm. This
step produces sand-sized grain <1 mm; E. We sieved all sediment through 3 mesh sieve sizes;
250 μm, 710 μm, and pan (<250 μm). We used a sieve stack and run on a mechanical shaker
for 5-10 minutes. If a lot of >710 μm remaining, we rerun this part of sediment through the
plate grinder with 1 mm plate distance, and re-sieve.
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Figure B3: Quartz separation and preparation in mineral separation laboratory (continued):
A. An example of sediment sample size 250-710 micron from channel number 1, after
sieving; B. Frantz magnetic separator. Sediment is fed from the funnel to the chute.
Electromagnetic field of 1.4-1.6 amperes can separate grains with a low magnetic
susceptibility (i.e. quartz and feldspar) from magnetic substances. Each type of minerals is
transferred in two different channel tracks, propelling downward by means of chute’s
vibration; C. Bag of non-magnetic grains after passing through the Frantz magnetic
separation is measured its weight; D. Characteristics of sediment after passing through the
Frantz magnetic separation under a stereomicroscope. Quartz is transparent and light color,
while rock fragment is opaque and darker.
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(D)

Figure B4: Steps of leaching of ~ 60 g of sediment samples with a lower concentration of 4850% (w/w) HF: Milli-Q H2O = 1:2. We kept stirring for 30 - 60 minutes, rinse with Milli-Q
water, and dried it on the hot plate: A. Sediment sample before adding the mix of
concentrated HF and water; B. Reaction between non-quartz grains and HF acid produces a
dirty clay solution that is a product of an alteration and dissolution of carbonate rocks and
feldspar; C. Result after ½ -1 hour stirring and drying. There are a plenty of black particles
that is needed to rerun Frantz magnetic separation and/or further leaching processes; D. Final
result after the second- and third-time etching. Some masses of quartz are gone with HF
reaction. Thus, we did check the percentage of quartz remaining in the samples and estimated
the concentration of HF and how long to rerun the process.
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(A)

(B)

Figure B5: Process of air abrasion on samples after leaching processes: A. A 125 μm filter is
attached with air abrasion; B. A compressed air at 40 psi is pumped into the chamber. The air
can break a weakly bond on leached samples, and blow dust smaller than 125 μm (0.125 mm)
out of the chamber.
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Figure B6: Estimation of the amount of quartz remaining after initial-, second- and/or thirdtime of HF treatment: A, B (zoom-in) Photos of sediment sample number 15 taken under a
stereomicroscope after treating the sample with an initial leaching of 1:2 = concentrated HF:
H2O. We estimated ~50 % of quartz shown in the sample. There are a plenty of lithic
fragment, feldspar, and carbonate rocks remaining in the sample; C, D (zoom-in). Photos of
sediment sample number 15 taken under a stereomicroscope after treating the sample with the
third-time leaching of 1:1 = concentrated HF: H2O. We estimated ~ 90-95% of quartz shown
in the sample. The percentage of lithic fragment, feldspar and carbonate rocks is less than
10%
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(A)

(B)

Figure B7: Quartz purity testing preparation. After 90-95% of quartz was estimated in the
samples, we transferred the samples to the step of Al content measurement: A. Samples were
brought back into the zip-loc bags, labelled with date, sample code number, and the weight of
the sample; B. Guang Yang, a laboratory technician in the cosmogenic lab at Dalhousie
University, Canada, was preparing the samples for ICP measurement by adding an aliquot of
samples that were already solved by HF. The samples were transferred into tubes and were
added 12 mL of 2% concentration HNO3. These tubes were capped, labelled and were ready
to perform ICP measurement.
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Sample

Mean

Mean

Effective

Effective

Sample left weighta

Al test by ICPb

ID

latitude

longitude

elevation (m)

elevation (ft)

(g)

(ppm)

1

BR1

37.880

-122.818

90.2

295.93

117.59

118

2

BR6

37.880

-122.809

102.5

336.29

109.01

163

3

BR9

37.870

-122.808

110.3

361.88

87.29

132

4

BR12

37.870

-122.801

163.0

534.78

73.79

244

5

BR15

37.871

-122.795

192.9

632.87

37.16

224

6

BR19

37.868

-122.786

239.1

784.45

95.93

155

7

BR22

37.866

-122.780

264.9

869.09

133.77

278

8

BR25

37.864

-122.775

249.1

817.26

58.16

397

9

BR28

37.863

-122.768

249.4

818.24

77.14

487

10

BR34

37.862

-122.750

278.3

913.06

54.96

770

11

BR36

37.860

-122.742

353.4

1159.45

49.83

809

12

BR41

37.858

-122.727

293.4

962.60

48.54

435

No.

Table B1: Preliminary data for Bolinas Ridge sediments
a

sample weight left after third-time HF treatment and before Al content test by ICP
the concentration of Al in the samples tested by ICP measurement. This is a latest result from 1/2/2020

b
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Appendix C

Supplemental Materials to Accompany

Landscape Response to Temporal Variations in Fault Slip along
the Footwall Block of Saline Valley, Eastern California
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C1 Channel Profile Analysis (for Footwall Block of Saline Valley)
Similar to Bolinas Ridge, I used the Stream Profiler to extract channel
longitudinal profiles, and calculated channel steepness and concavity indices from 10m resolution digital elevation model available to download:
https://www.usgs.gov/core-science-systems/ngp/tnm-delivery/gis-data-download.
Despite the similarity to channel profile analysis along Bolinas Ridge (Appendix A1),
I highlight some specific procedures and parameters that are specially used to create
channel profiles along footwall topography of Saline Valley (Figure C1-C12).
1. I mainly focus on 10 channels draining east of Inyo Mountain where
knickpoints are found in channel profiles, slope-area plot, and chi-elevation
plot.
2. The reference concavity index, 𝜃𝑟𝑒𝑓 , is 0.45, resulting the units of 𝑘𝑠 is m0.9
3. Because channels in the footwall blocks of Saline Valley are longer than those
in Bolinas ridge, I extend the smoothing window and contour interval to 250
m and 5 m, respectively. I also leave the auto k_sn window, search distance,
and minimum accumulation as the default.
4. The procedure to create channel profiles on footwall block of Saline Valley
using Stream Profiler is the same with that along Bolinas Ridge.
5. I regress the scatter data from either channel profile or slope-area plot. The
slope-break knickpoints appear in all 10 channels. Thus, I regress channel
reaches above and below knickpoint independently.
6. Knickpoints can be characterized as changes in slope on the scaling of a
parameter chi (χ), an integral of basin area with streamwise distance, and
channel elevation.
7. Knickpoints can also be located at the relatively sharp boundary of the plot of
reach-averaged 𝑘𝑠 values against distance from river mouth.
8. I average 𝑘𝑠 values on channel reaches above and below knickpoints. The
values exhibit subtle difference in channel steepness index with slope-area
plot.
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C2 Basin-Averaged Erosion Rate
Sixteen sediment samples were collected in 2007 and 2008. Detailed location,
elevation, and samplers of 11 samples labeled as psu-sv08-xx are described in Table
C1. According to the cosmogenic lab procedure at University of Vermont, sediment
sample collected in watersheds where the increasing fractions of carbonate-rich
component was proceeded the magnetic mineral separation by Frantz magnetic
separator. The samples were initially treated 1 time by 1% concentrated HCl and 3
times by 1% HF/HNO3. For those samples that contain high amount of carbonate-rich
component, they were additionally treated by frothing to remove most of lighter
materials (i.e. feldspar) from the samples before isolating 10Be from quartz (Table
C2).
The accelerator mass spectrometer (AMS) in LLNL typically provides 2
isotope ratios: a 10Be/9Be uncorrected background and a 10Be/9Be blank-corrected
background (Table C3 shows only the blank-corrected background). In order to
determine the number of atoms of 10Be within a blank-corrected ratio, we calculate
the number of atoms of 10Be within a 10Be/9Be blank-corrected background derived
from the AMS measurement. Because LLNL adds ~250 µg but PRIME lab adds >250
µg of 9Be as carrier that helps estimate the number of atoms of 9Be in the carrier, we
thus multiply the ratio with 9Be in the carrier. To know the quantity of the
concentration of 10Be in atomsg−1 in the mass of the quartz sample (g), we divide the
result with the mass of quartz sample (g) and molar mass of Be (9.012 gmol-1), and
multiply with Avogadro’s number (6.022 × 1023 atomsmol−1). Moreover, the isotope
ratio uncertainty is measured and supplied by the AMS measurement. We use a
standard error-propagation method to compute the uncertainty in the 10Be
concentration in quartz sample (Balco, 2006) (Table C3).
To recalculate erosion rate, I re-gather all field information (e.g. sample name,
mean latitude, mean longitude, hypsometric weighted elevation (effective elevation),
soil thickness and density), DEM-derived information, and cosmogenicconcentration of 10Be, 26Al and the uncertainty. The mean latitude, mean longitude,
and effective elevation are estimated using the MATLAB-run scripts created and
provided by Thomas Neison and Eric Portenga. Topographic shielding correction
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factors, likewise, are assumed to be 1 (no shielding) (DiBiase et al., 2018). I collect
them into an excel spreadsheet (Table C4) and paste them directly into the CRONUS
10

Be-26Al erosion rate calculator version 3 (Balco et al., 2008). The result from the

CRONUS calculator generates erosion rates and internal-external uncertainties from
“St” scaling scheme of Lal (1991)/stone (200) (Table C5). CRONUS-derived erosion
rates typically depend on the amount of cosmogenic production rate, and inversely
relate to the cosmogenic 10Be concentration accumulated in the quartz sediment. Due
to the presence of knickpoint distribution at uniform elevation throughout the range
front, I deconvolve erosion rate above and below a knickpoint.
For the upstream 10Be concentration (above the knickpoint), the DEMs are
clipped to the area upstream of this location (not the whole watershed). For the
downstream 10Be concentration (below the knickpoint), the DEMs are clipped to the
entire area upstream of this location /or the whole watershed. Then, I follow equation
(4.4) (Granger et al., 1996) to calculate the average erosion rate for the sub-catchment
between two points. The calculation is generally applicable to South willow, and Pat
Keyes Canyons because sediment sample is collected in upper reaches of these
watersheds.
For north and south forks of Cougar canyons, I add erosion rates and upstream
drainage areas derived from psu-sv08-1 and psu-sv08-2 together as a representation
of upstream erosion rates. Then, I follow equation (4.5) to deconvolve erosion rate
below a knickpoint.
In Beveridge and Hunter Canyons, complicatedly, where watersheds have
some lithologies that do not contain quartz. I test two experiments that 1) distribution
of quartz is uniformly distributed in all lithologies, and 2) distribution of quartz is
only distributed in Mesozoic granite/ granodiorite (gr). I clip non-quartz bearing
lithologies in the DEM from a geologic map shapefile. This results in a noncontinuous DEM (Figure 4.3). Then, I recalculate effective elevation, mean latitude
and longitude, upstream drainage area. Then, I recalculate erosion rates from
CRONUS version 3. Once this has been released, I followe equation (4.4) to
deconvolve downstream erosion rates.
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In McElvoy and Beveridge Canyons, however, which no sediment samples
were collected in channel reaches above knickpoints, I average upstream erosion rates
from adjacent upstream reaches. Finally, I use equation (4.4) to calculate erosion rates
below knickpoint. The final erosion rates are shown in Table C5. For erosion rates
below knickpoint, I assume that these erosion rates represent the modern channel
incision rates, responding to change in relative base level driven by fault throw.

C3 Transient Channel Response
Channels draining east of Inyo Mountain exhibit the steeper channel segments
below knickpoints. The channel adjustment is inferred to respond to an increase in
base level fall /or rock uplift driven by fault throw. The gentler upper channel
segments from relict topography have been perturbed by the upstream migration of
knickpoint. Here, I use the current positions of knickpoint along channel profile to 1)
estimate a minimum amount of incision and/or rock uplift, 2) estimate response time
of channel networks to the acceleration of fault, and 3) calculate knickpoint velocity.
To estimate a minimum amount of incision, I reconstruct the relict channel
profile by calculating the slope of former shape of channel profile via an integration
of equation (4.1). The former modeled slope is reconstructed using the scaling of 𝑘𝑠𝑛
of upstream reaches, 𝜃𝑟𝑒𝑓 = 0.45, and upstream drainage area. I calculate the slope on
each upstream drainage area with constant values of 𝑘𝑠𝑛 and 𝜃𝑟𝑒𝑓 , and multiply the
modeled slope to changes in horizontal distance. The cumulative decrease in
elevation changes represent the elevation of former shape of the channel profile. The
amount of channel incision is a difference between modeled elevation at mountain
front and current elevation of fault (Table C6).
To calculate response time of channel systems to modern incision and/or rock
uplift rate, I gather information about 1) amount of surface uplift from the difference
between projection of former steady-state profile and current profile, and 2) erosion
rate above and below knickpoints from Appendix C2. Then, I follow equation (4.6) to
calculate the response time (Table C7).
To calculation knickpoint velocity, I calculate the difference between vertical
distance transited by knickpoint (difference between current position of knickpoint
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and fault elevation) and relative base-level fall /or channel incision (e.g. Figure 4.16).
I found that the knickpoint migration rate is 1.3-1.8 times faster than the rate of
relative base-level fall. The increasing rate is multiplied with the channel incision rate
in order to derive knickpoint migration rate (Table C8). Moreover, I follow equation
(4.7) to estimate the exponent (𝑛). If 𝑛 = 1, knickpoint velocity goes as new channel
incision/ uplift rate. If 𝑛 > 1, the role of sediment grain size drives greater knickpoint
velocity than channel incision.
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(A)

(B)

(C)

(D)

Figure C1: Channel profile analysis of Paiute Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line);
B. Slope-drainage area plot with the same blue and cyan color for regressed and reference
concavities, respectively. Normalized channel steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ;
C. Chi-elevation plot shows knickpoint position as abrupt changes in the slope of chielevation plot. Dark blue lines represent profiles similar to A. and B; D. Automated
calculation of channel steepness index over moving window width of 250 m.
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(A)

(B)

(C)

(D)

Figure C2: Channel profile analysis of South Willow Canyon: A. Channel longitudinal
profile is predicted by regressed channel (dark blue line) and reference concavities
(𝜃𝑟𝑒𝑓 )(cyan line). Yellow dot is the position of knickpoint; B. Slope-drainage area plot with
the same blue and cyan color for regressed and reference concavities, respectively.
Normalized channel steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot
shows knickpoint position as abrupt changes in the slope of chi-elevation plot. Dark blue
lines represent profiles similar to A. and B; D. Automated calculation of channel steepness
index over moving window width of 250 m. Gray stripe represents the position of knickpoint.
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(B)

(C)

(D)

Figure C3: Channel profile analysis of Gray Eagle Canyon: A. Channel longitudinal profile
is predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.
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1

Figure C4: Channel profile analysis of North Cougar Canyon: A. Channel longitudinal
profile is predicted by regressed channel (dark blue line) and reference concavities
(𝜃𝑟𝑒𝑓 )(cyan line). Yellow dot is the position of knickpoint; B. Slope-drainage area plot with
the same blue and cyan color for regressed and reference concavities, respectively.
Normalized channel steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot
shows knickpoint position as abrupt changes in the slope of chi-elevation plot. Dark blue
lines represent profiles similar to A. and B; D. Automated calculation of channel steepness
index over moving window width of 250 m. Gray stripe represents the position of knickpoint.
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Figure C5: Channel profile analysis of South Cougar Canyon: A. Channel longitudinal
profile is predicted by regressed channel (dark blue line) and reference concavities
(𝜃𝑟𝑒𝑓 )(cyan line). Yellow dot is the position of knickpoint; B. Slope-drainage area plot with
the same blue and cyan color for regressed and reference concavities, respectively.
Normalized channel steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot
shows knickpoint position as abrupt changes in the slope of chi-elevation plot. Dark blue
lines represent profiles similar to A. and B; D. Automated calculation of channel steepness
index over moving window width of 250 m. Gray stripe represents the position of knickpoint.
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Figure C6: Channel profile analysis of Pat Keyes Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.
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Figure C7: Channel profile analysis of McElvoy Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.
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Figure C8: Channel profile analysis of Beveridge Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.
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(A)

(B)

(C)

(D)

Figure C9: Channel profile analysis of Hunter Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.
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(A)

(B)

(C)

(D)

Figure C10: Channel profile analysis of Craig Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.

213

(A)

(B)

(C)

(D)

Figure C11: Channel profile analysis of Daisy Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line).
Yellow dot is the position of knickpoint; B. Slope-drainage area plot with the same blue and
cyan color for regressed and reference concavities, respectively. Normalized channel
steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ; C. Chi-elevation plot shows knickpoint
position as abrupt changes in the slope of chi-elevation plot. Dark blue lines represent profiles
similar to A. and B; D. Automated calculation of channel steepness index over moving
window width of 250 m. Gray stripe represents the position of knickpoint.

214

(A)

(B)

(C)

(D)

Figure C12: Channel profile analysis of SE Daisy Canyon: A. Channel longitudinal profile is
predicted by regressed channel (dark blue line) and reference concavities (𝜃𝑟𝑒𝑓 )(cyan line);
B. Slope-drainage area plot with the same blue and cyan color for regressed and reference
concavities, respectively. Normalized channel steepness (𝑘𝑠𝑛 ) is a steepness fitted with 𝜃𝑟𝑒𝑓 ;
C. Chi-elevation plot shows knickpoint position as abrupt changes in the slope of chielevation plot. Dark blue lines represent profiles similar to A. and B; D. Automated
calculation of channel steepness index over moving window width of 250 m.
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Sample ID
psu-sv08-1
psu-sv08-2
psu-sv08-3
psu-sv08-4
psu-sv08-5
psu-sv08-6
psu-sv08-7
psu-sv08-10
psu-sv08-11
psu-sv08-12
psu-sv08-13

Date
Sampled
5/9/2008
5/9/2008
5/9/2008
5/10/2008
5/11/2008
5/12/2008
5/12/2008
5/12/2008
5/12/2008
5/12/2008
5/12/2008

Watershed Sampled

Sampler

Upper Cougar, N. Fork
Cougar, S. Fork, above knick
Cougar, N. Fork, above knick
Upper S. Fork of Willow
Pat Keyes, above knick
S. Fork of Willow, lower
Range front trib., S. of Willow
Hunter Canyon, lower
Beveridge Canyon, lower
Range front trib., S. of McElvoy
McElvoy Canyon, lower

Regalla, Hoffman
Ouimet
Harkins
Hoffman, Craddock
Ouimet, Morell, Harkins
Regalla, Hoffman, Craddock
Regalla, Hoffman, Craddock
Ouimet, Morell, Harkins, Kirby
Ouimet, Harkins
Harkins, Kirby
Ouimet, Morell

Table C1: Field observations and sample collection across the eastern Inyo Mountain.

GPS
Latitude
longitude
36.79805 -117.98913
36.78622
-117.9608
36.7941
-117.95338
36.82842 -117.99903
36.75677 -117.96791
36.84739 -117.94141
36.81761 -117.92108
36.6996
-117.85336
36.7222
-117.87036
36.75444 -117.88946
36.7583
-117.90118

Elevation
(m)
2382
1946
1543
2045
2074
924
749
604
636
566
688
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Sample ID

Watershed name

Initial
mass*
(g)

Mass postprocessing of 3x
HF/HNO3 (g)

Post-frothing
(g)

Quartz mass
Batch
to process 10Be number
isolation (g)

psu-sv08-1
psu-sv08-2
psu-sv08-3
psu-sv08-4
psu-sv08-5

U. north fork Cougar
U. south fork Cougar
L. north fork Cougar
U. south fork Willow
U. Pat Keyes

81.2
124.2
120.2
81.1
125.1

29.2
44.4
44.7
31.2
49.1

--------48.3

21.917
22.143
21.9875
21.928
21.747

441
441
440
440
441

psu-sv08-6

L. south fork Willow

142

36.9

36.3

22.012

440

psu-sv08-7

South of Gray Eagle

250.7

25.7

24.4

12.033

441

psu-sv08-10

L. Hunter

136.2

12.5

11.4

6.838

441

psu-sv08-11

L. Beveridge

166.4

38.6

38

21.881

441

psu-sv08-12

South of McElvoy

127.4

31.8

---

21.828

441

psu-sv08-13
dgsv2
dgsv4
dgsv5
eksv2
eksv7

L. McElvoy
L. Cougar
Southeast Daisy
U. Hunter
South of Pat Keyes
L. Pat Keyes

208.2
-----------

44.3
-----------

-------------

9.009
33.2
41.8
64.2
32
44.6

441
-----------

Notes

No magnetic separation
No magnetic separation
No magnetic separation
No magnetic separation
All sample size fractions were
used.
Poor quartz, carbonate-rich
sample, fine grained granite
Poor quartz, carbonate-rich
sample. All sample sizes 250710 micron were used
Carbonate rich sample. Sample
sizes 500-840 micron were
used.
Carbonate-rich sample. It turns
black on the first HF etching
Carbonate-rich sample
-----------

Table C2: Physical preparation of sediment samples of psu-sv08-1 – psu-sv08-13 done by University of Vermont processing cosmogenic lab.
However, there are no field observation and PRIME cosmogenic lab information of samples dgsv2 - eksv7.
* post-HCl and/or pre-HF/HNO3
--- no data available
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Sample ID

440BLK
441sv08-01
441sv08-02
440sv08-03
440sv08-04
441sv08-05
440sv08-06
441sv08-07
441sv08-10
441sv08-11
441sv08-12
441sv08-13
dgsv2
dgsv4
dgsv5
eksv2
eksv7

LLNL # &
PRIME #

BE29358
BE29359
BE29375
BE29377
BE29360
BE29378
BE29361
BE29362
BE29364
BE29365
BE29366
200701600
200701601
200701602
200701603
200701604

𝟏𝟎𝑩𝒆
𝟗𝑩𝒆

ratio (correction for

cosmogenic backgrounds)
Ratio
Error
% Error
4.28E-16 2.17E-16
50.70
7.69E-13 1.44E-14
1.87
6.92E-13 1.13E-14
1.63
2.73E-13 6.21E-15
2.28
4.84E-13 1.10E-14
2.26
6.63E-13 1.08E-14
1.63
1.58E-13 3.61E-15
2.28
2.13E-14 8.36E-16
3.92
1.00E-14 5.23E-16
5.21
3.13E-14 8.64E-16
2.76
3.02E-14 8.14E-16
2.70
3.53E-14 1.02E-15
2.89
2.74E-14 3.85E-15
14
6.15E-14 7.17E-15
12
5.49E-13 4.86E-14
9
2.05E-13 3.96E-14
19
1.21E-13 1.19E-14
10

Be
standardization
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110
07KNSTD3110

10

Be
carrier
(µg)

Be
(atomsg-1)

21.917
22.143
21.988
21.928
21.748
22.012
12.033
6.838
21.881
21.828
9.009
33.2
41.8
64.2
32
44.6

251.2
252.7
250.0
250.7
251.7
250.4
251.1
248.8
250.7
250.2
251.2
252.1
555.61
302.4
302.31
303.03
256.19

7.19E+03*
5.93E+05
5.22E+05
2.08E+05
3.72E+05
5.10E+05
1.21E+05
2.95E+04
2.46E+04
2.39E+04
2.32E+04
6.60E+04
3.07E+04
2.97E+04
1.73E+05
1.30E+05
4.65E+04

Table C3: Result of cosmogenic 10Be concentration and uncertainty measured by the AMS.
Note that LLNL# is for sv08-01- sv08-13. PRIME# is for dgsv2 - eksv2
10
Be in blank = 7.19E+3 atoms and molecular weight of Be = 9.012 gmol-1

9

Quartz
mass
(g)

Error

1.11E+04
8.50E+03
4.73E+03
8.41E+03
8.33E+03
2.75E+03
1.15E+03
1.28E+03
6.60E+02
6.26E+02
1.90E+03
4.31E+03
3.46E+03
1.53E+04
2.51E+04
4.57E+03

%
Error

1.9
1.6
2.3
2.3
1.6
2.3
3.9
5.2
2.8
2.7
2.9
0.1
0.1
0.1
0.2
0.1

sv08-1
36.579
-118.048
2822.5
sv08-2
36.593
-118.034
2513.1
sv08-3
36.602
-118.030
2449.5
sv08-4
36.591
-118.050
2575.0
sv08-5
36.583
-118.037
2702.5
sv08-6
36.643
-118.024
2272.3
sv08-7
36.581
-118.008
1576.5
sv08-10
36.675
-117.896
2212.8
sv08-11
36.594
-117.989
2282.5
sv08-12
36.569
-117.999
1581.5
sv08-13
36.600
-118.004
2254.1
dgsv2
36.629
-118.011
2258.9
dgsv4
36.564
-117.942
1747.7
dgsv5
36.575
-117.993
2453.6
eksv2
36.575
-118.002
1403.0
eksv7
36.620
-118.005
2248.8
Non-quartz bearing lithologies are removed
sv08-10
36.675
-117.896
2223.1
sv08-11
36.697
-117.918
2224.5
dgsv5
36.672
-117.909
2506.6

std
std
std
std
std
std
std
std
std
std
std
std
std
std
std
std
std
std
std

Al
standardization

+/(atomsg-1)

[26Al]
(atomsg-1)

Be
standardization

+/(atomsg-1)

[10Be]
(atomsg-1)

Shielding correction
factor

Density (gcm-2)

Thickness (cm)

Elevation /
pressure flag

Effective
elevation (m)

Mean longitude

Mean latitude

Sample name
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0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1

2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65
2.65

1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1

5.93E+05
5.22E+05
2.08E+05
3.72E+05
5.10E+05
1.21E+05
2.95E+04
2.46E+04
2.39E+04
2.32E+04
6.60E+04
3.07E+04
2.97E+04
1.73E+05
1.30E+05
4.65E+04

1.11E+04
8.50E+03
4.73E+03
8.41E+03
8.33E+03
2.75E+03
1.15E+03
1.28E+03
6.60E+02
6.26E+02
1.90E+03
4.31E+03
3.46E+03
1.53E+04
2.51E+04
4.57E+03

KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD

0
0
0
0
0
0
0
0
0
0
0
0
0
0
0
0

0
0
0
0
0
0
0
0
0
0
0
0
0
0
0
0

KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD
KNSTD

0.1
0.1
0.1

2.65
2.65
2.65

1
1
1

2.46E+04
2.39E+04
1.73E+05

1.28E+03
6.60E+02
1.53E+04

KNSTD
KNSTD
KNSTD

0
0
0

0
0
0

KNSTD
KNSTD
KNSTD

Table C4: Formatting instructions of 14 elements used in the default CRONUS 10Be-26Al erosion rate calculator version 3

219

Sample ID

Erosion
Mixed
Internal
rate
Erosion rate
uncertainty
(gcm-2yr-1)
(mMa-1)
(mMa-1)
sv08-1
0.00873
32.9
621
sv08-2
0.00826
31.2
0.513
sv08-3
0.0203
76.5
1.75
sv08-4
0.0121
45.7
1.04
sv08-5
0.00946
35.7
0.588
sv08-6
0.0315
119
2.72
sv08-7
0.0842
318
12.4
sv08-10
0.15
567
29.6
sv08-11
0.161
608
16.8
sv08-12
0.107
405
10.9
sv08-13
0.0572
216
6.24
dgsv2
0.124
468
65.7
dgsv4
0.0929
351
40.9
dgsv5
0.0244
92.2
8.19
eksv2
0.0167
63.1
12.2
eksv7
0.0811
306
30.1
Non-quartz bearing lithologies are removed
sv10-nols
0.151
571
29.7
sv11-nols
0.156
588
16.3
dgsv5-nols
0.0253
95.3
8.47

External
uncertainty
(mMa-1)
2.7
2.54
6.31
3.78
2.91
9.81
28.0
53.7
50.9
33.8
18.2
75.4
49.4
11.0
13.2
38.6

Upstream
drainage area
(m2)
5.44E+06
8.55E+06
8.97E+06
1.85E+07
1.13E+07
2.07E+07
2.50E+06
2.31E+07
2.86E+07
1.31E+06
2.32E+07
2.52E+07
1.78E+07
1.79E+07
1.79E+06
2.10E+07

Deconvolved
erosion rate
(mMa-1)
32.90
31.20
76.50
45.70
35.70
749.34
318
2182.32*
2346.10*
405
644.35
1010.33
351
92.2
63.10
660.11

Uncertainties
(𝟐𝛔)

54.0
49.3
11.3

1.12E+07
1.49E+07
7.72E+06

1618.38**
2700.97**
95.30

395.57
600.50
22.60

5.40
5.08
6.31
7.56
5.82
253.35
56.00
273.81
254.06
67.60
113.29
344.82
98.80
11.00
26.40
152.2

Table C5: Results from CRONUS 10Be-26Al erosion rate calculator on watersheds from where samples are collected. Calculated erosion rates are
based on a scaling scheme of Lal, (1991) and Stone, (2000). Note that nols = no limestones
* deconvolved erosion rate under an assumption that uniform distribution of quartz from all lithologies.
** deconvolved erosion rate under an assumption that Mesozoic granite and granodiorite are main sources of quartz.
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Table C6: Example of how to calculate the magnitude of base level fall form south fork of
Willow Canyon. The reconstruction of relict channel profile starts at knickpoint elevation by
using equation (4.1) with 𝑘𝑠𝑛 of upper reach, and 𝜃𝑟𝑒𝑓 = 0.45. I extend reconstructing the
profile to the mountain front /or the same elevation between modern and modeled elevation.
The magnitude of relative change in base level can imply to the amount of channel incision
and /or rock uplift of footwall topography to response the modern fault acceleration. Inset
shows the comparison between relict and modern channel profile and the magnitude of base
level fall.
a

modern elevation, upstream drainage area, and distance from mouth derived from Stream profiler
modeled slope: 𝑆 = 𝑘𝑠𝑛 𝐴−𝜃𝑟𝑒𝑓
c
𝑑𝑠 = 𝑆 × 𝑑𝑥
d
cumulative decreases in higher elevation - 𝑑𝑠
e
base level fall: 𝑑𝑧 = modeled elevation at fault -fault elevation, 𝑧0 . Here, 𝑑𝑧 ~ 471 = 1172-701 m
b
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No.

Watershed
name

BL, ∆𝐳
(m)

1
2
3
4
5
6

S. Willow
N. Cougar
Pat Keyes
McElvoy
Beveridge
Hunter

471.40
795.60
828.50
426.60
505.4
422.00

Range
of BL
(m)
3.69
1.94
0.89
2.24
2.64
1.66

Lower E.
(mMa-1)
749.34
1010.33
660.11
644.35
2700.97
1681.38

Error
(𝟐𝛔)
253.35
344.82
152.20
133.29
600.58
395.54

Upper E.
(mMa-1)
46.00
76.50
35.70
52.88
52.88
95.30

Error
(𝟐𝛔)
4.56
6.31
5.82
28.56
28.56
22.60

Table C7: Response time and their ranges of channel networks to modern fault acceleration
a

response time: ∆t =

∆z
𝑈−𝐸𝑢𝑝𝑝𝑒𝑟

b

maximum response time: max ∆t = ((𝑈−𝟐𝛔

BL−range

𝑼 )−(𝐸𝑢𝑝𝑝𝑒𝑟 +𝟐𝛔𝑬𝒖𝒑𝒑𝒆𝒓 ))

c

BL+range
)−(𝐸
𝑼
𝑢𝑝𝑝𝑒𝑟 −𝟐𝛔𝑬𝒖𝒑𝒑𝒆𝒓 ))

minimum response time: min ∆t = ((𝑈+𝟐𝛔

maximum range of response time: max. range = max. ∆t – ∆t
minimum range of response time: min. range = ∆t – min. ∆t

d
e

Response
time ∆𝐭 a
(Ma)
0.67
0.85
1.33
0.72
0.19
0.27

Max
∆𝒕 b
1.05
1.36
1.77
0.94
0.25
0.36

Min
∆𝒕 c
0.49
0.62
1.06
0.58
0.16
0.21

Max
range d
0.38
0.51
0.45
0.22
0.06
0.09

Min
range e
0.18
0.23
0.27
0.14
0.04
0.05
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No.

1
2
3
4
5
6

Watershed
name

S. Willow
N. Cougar
Pat Keyes
McElvoy
Beveridge
Hunter

Vertical
distance a
(m)

Base Level
Fall,
∆𝐳 (m)

Vertical
distance
/∆𝐳

908.38
1052.55
1085.37
909.07
833.40
958.08

471.40
795.60
828.50
426.60
505.40
422.00

1.92
1.32
1.31
2.13
1.64
2.27

Lower E.
(mMa-1)

749.34
1010.33
660.11
644.35
2700.97
1681.38

Min. range of Max. range of
knickpoint
knickpoint
velocity (*1.3) velocity (*1.8)
b
c
(mMa-1)
(mMa-1)
974.14
1348.81
1313.43
1818.59
858.14
1188.20
837.66
1159.83
3511.26
4861.75
2185.79
3026.48

Knickpoint Velocity d
(mMa-1)
n =2

n =3

n =4

935.00
1288.34
813.62
828.94
3078.89
2081.67

1161.55
1618.58
1004.14
1046.05
3625.14
2575.34

1400.41
1964.16
1205.98
1272.61
4230.59
3097.38

Table C8: Velocity of knickpoint migration on channels in footwall block of Saline Valley
a

vertical distance calculated at difference between current knickpoint elevation and fault elevation
knickpoint velocity is ~1.3 times faster than base level fall /or channel incision.
c
knickpoint velocity is ~1.8 times faster than base level fall /or channel incision.
d
knickpoint velocity is overall ~1.3-1.8 times greater than the degree of channel incision. The range of knickpoint velocity estimate values of n
following equation (4.7).
b

