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Microstructure measurements in the equatorial Pacific at 140°W in late

1984 show a pronounced diurnal variation in both high-frequency internal

wave energy and kinetic energy dissipation rate. Observations indicated
that after sunset, internal waves propagate downward and increase turbulence levels in the pycnocline. A wave dissipation model based on the ob-

served turbulent kinetic energy dissipation rate predicts that most of the
downward wave momentum flux penetrates through the undercurrent core.
It is hypothesized that when the wind stress is strong, the equatorial Pacific
ocean responds by generating a westward-travelling internal wave field which

transports much of the surface wind stress below the actively mixing surface
layer.

Several models now exist for predicting the dissipation rate of turbulent
kinetic energy,

E,

in the oceanic thermocline as a function of the large-scale

properties of the internal gravity wave field. These models are based on the
transfer of energy towards smaller vertical scales by wave-wave interactions,

and their predictions are typically evaluated for a canonical internal wave

field as described by Garrett and Munk. Here we use simultaneous measure-

ments of the internal wave field and from a drifting ice camp in the eastern
Arctic Ocean to evaluate the efficacy of existing models in a region with an

anomalous wave field and energetic mixing. We find that, by explicitly re-

taining the vertical wavenumber bandwidth parameter, i3, models can still
provide reasonable estimates of the dissipation rate.
Statistics of turbulent patches are used to describe the nature of mixing

in the pycnocline near abrupt bottom topography. It is found that the turbulent kinetic energy dissipation rate,

Er,

averaged over a region of height r

has a lognormal distribution consistent with Kolmogorov's third hypothesis:

= A + ln(L /r) where

is the variance of

fies L >> r >> i, L,, is the size of the mixing patch,
scale, A depends on the large-scale flow field, and

lfl(Er),

r satis-

is the Kolmogorov

is a "universal" con-

stant (0.28 0.42). The majority of the observed turbulent patches may be
explained with the conventional ideas of shear-driven turbulence. However,
some events with large overturning structures are substantially different from

the predictions of shear-driven turbulence, suggesting that there is at least

one source of turbulent kinetic energy other than shear production. Based
on inertial-subrange energy arguments, it is proposed that the overturning
seen in these events is a release of potential energy to kinetic energy, such as

might be expected from advective instability in a finite-amplitude internal
wave field.
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STUDIES OF MIXING AND INTERNAL WAVES

IN THE UPPER OCEAN
I. GENERAL INTRODUCTION
Small-scale turbulent stirring in the ocean interior plays an important
role in large-scale dynamics by transporting energy and momentum between
surface and deeper waters. For large-scale modelling purposes, the transport

of momentum by turbulent motions is generally parameterized using the
concept of eddy diffusivity. Mixing in the upper ocean, however, generally
takes place in three distinct regimes, namely the mixed layer, the transition

layer, and the strongly stratified layer (i.e., the pycnocline). The physical
processes associated with each layer are quite different. Turbulent motions in
the mixed layer are usually driven by both surface winds and convective pro-

cesses. The weakly stratified transition layer is the least understood region

in the water column. Surface wind stresses can communicate with deeper

layers via the transition layer, where both turbulence and internal gravity
waves are important. In the thermocline, the turbulent energy comes from

instabilities associated with the internal gravity wave field. The internal
wave climate strongly depends on the nature and strength of atmospheric,
tidal, and topographical forcing conditions. Internal waves can travel from
their generation regions, transport momentum and energy to different parts
of the water column without exchanging mass, and deposit wave energy and
momentum to the mean flow via wave instabilities. The conventional wisdom

is that, away from wave sources, the large-scale wave energy is transported
towards small scales through wave-wave interactions, and is finally dissipated

at turbulent scales.

2

The thesis consists of three distint projects. The common theme is turbulent mixing and internal wave processes in the upper ocean. The primary
objectives are:

(a) to study internal wave processes in the upper ocean thermocline during
night-time convection;

(b) to test how well the existing internai wave theories can predict the microscale dissipation rates; and

(c) to identify possible mixing mechanisms associated with overturning
patches in the oceanic thermocline.

Chapter II, titled "Internal Waves and Mixing in the Upper Equatorial
Pacific Ocean" was published in the Journal of Geophysical Research (Wi-

jesekera and Dillon, 1991). The co-author, Dr. Tom Dillon, provided the
software tools used in the data analysis, and also helped in interpreting the
analysis. This chapter uses Tropic Heat I data, collected by Dr. J. Mourn in

1984, to demonstrate the importance of the high-frequency internal gravity
waves in Equatorial dynamics.

Chapter III, titled "Application of Internal Wave Dissipation Models to
a Region of Strong Mixing" has been accepted for publication in the Journal

of Physical Oceanography (Wijesekera et al., 1992). Dr. Dillon suggested

the problem and helped in interpreting the analysis. Two co-authors, Dr
Laurie Padman and Dr. Murray Levine, kindly helped to analyze the field

data, and to evolve this text in the present form. Dr. Paulson and Dr.
Pinkel generously provided additional data. In this chapter we explore the
validity of using internal wave dissipation models to predict the turbulent
kinetic dissipation rate in a region where the wave field deviates significantly

3

from the typical open ocean wave field. The ultimate goal of this study is to
predict the vertical diffusivity using internal wave statistics.

Chapter IV, titled "Some Dynamical and Statistical Properties of Tur-

bulence in the Oceanic Pycnocline" has been submitted for publication in

the Journal of Geophysical Research. The co-authors, Dr. Dillon and Dr.
Padman, assisted through discussions of the relevant physics. The statistics of overturning patches are used to describe the physics of mixing in the
oceanic pycnocline.

4

IL INTERNAL WAVES AND MIXING IN THE EQUATORIAL
PACIFIC OCEAN

Abstract
Microstructure measurements in the equatorial Pacific at 140°W in late

1984 show a pronounced diurnal variation in both high-frequency internal
wave energy and kinetic energy dissipation rate. Observations indicated that

after sunset, internal waves (presumably generated by convective overturns

in the mixed layer) propagate downward and increase turbulence levels in
the pycnocline. It is proposed that large mixed layer eddies in the South

Equatorial Current interact with the large shear caused by the Equatorial
Undercurrent to generate a westward going anisotropic wave field. The mo-

mentum transport in the radiated wave field results in a drag force on the
equatorial mean flow field. The observed mean wind stress at 140°W during

Tropic Heat I (which is twice as large as the annual mean wind) is closer to

the estimated radiation stress(-.'
layer (

i0

m2 _2) at the base of the mixed

30 m) than the estimated turbulent stress (

- 105m2 s2). A

wave dissipation model based on the observed turbulent kinetic energy dis-

sipation rate is introduced in order to estimate the wave momentum flux
divergence in the stratified region above the undercurrent core. The model
predicts that most of the downward wave momentum flux penetrates through

the undercurrent core. It is hypothesized that when the wind stress is strong,
the equatorial Pacific ocean responds by generating a westward-travelling in-

ternal wave field which transports much of the surface wind stress below the
actively mixing surface layer.

5

11.1. Introduction
The westward-flowing South Equatorial Current (SEC,
flows over the eastward Equatorial Undercurrent (EUC,

ating a strong vertical zonal shear

(-s 10-2

0.5 ms1)

1.5 m s'), cre-

s') in the upper 100 m in the

equatorial Pacific ocean. The vertical current shear is sufficiently strong to

maintain a Richardson number (Ri) of less than 1 above the undercurrent
core (Gregg et al., 1985; Chereskin et al., 1986; Mourn et al., 1989). This

creates an unique environment for studying turbulent mixing in a highly
stratified fluid. McCreary's (1981) modelling studies demonstrated that the

EUC is driven by the zonal pressure gradient set up by the westward wind

stress. Results from observations (McPhaden and Taft, 1988) and a diagnostic model (Bryden and Brady, 1985) indicated that the wind stress was
approximately balanced by the vertically integrated zonal pressure gradient

force on annual time scales. Dillon et al. (1989) studied the zonal momen-

tum balance in the equatorial Pacific using Tropic Heat I data collected in

November 1984 (Mourn and Caldwell, 1985). They showed that the mo-

mentum budget above 30 m depth on the equator at 140°W could not be
balanced using the typical estimates of large scale forces and the conventional

estimates of turbulent stress. These large scale forces (zonal pressure gradient, upwelling of eastward momentum, convergence of westward momentum,

and meridional transport) were obtained from the diagnostic modelling stud-

ies of Bryden and Brady (1985). The conventional estimate of turbulence
stress was obtained from the Tropic Heat I (Mourn and Caidwell, 1985) microscale shear observations by assuming a production-dissipation balance in

the turbulent kinetic energy (TKE) budget. When the estimated turbulent
stress below 30 m was extrapolated exponentially to the surface, it matched

the measured wind stress (0.1 N m2; Mourn and CaIdwell, 1985), which was

a factor of two larger than the annual mean values (Weare and Strub, 1981).

Dillon et al. (1989) suggested that internal waves might play an important
role in near-surface equatorial dynamics, either by transporting momentum,
or by radiating energy.

There is both theoretical and observational evidence suggesting that in-

ternal waves might play a crucial role in equatorial dynamics. Boundary
layer perturbations can generate internal waves which may transfer energy
and momentum into the fluid interior, bypassing the usual turbulent-diffusion

mechanism. For example, Booker and Bretherton (1967), Bretherton (1966,
1969a), and Muller (1976) demonstrated the possibility of vertical transport

of zonal momentum by internal gravity waves. Mourn et al. (1989) demon-

strated that nighttime active turbulence below the equatorial mixed layer
was highly intermittent, dominated by energetic bursts that persisted 2

3

hours. They suspected that the bursts were related to downward-propagating

internal waves generated at the mixed layer base.

A patch of breaking internal waves in the pycnocline at 1.4°N, 140°W

was observed by C. Paulson (personal communication, 1985) with a hori-

zontal length scale of 500 m and a vertical displacement of 15 m. These
gravitationally unstable internal waves were observed in the highly stratified (buoyancy frequency of 5 to 8 cycles per hour [cph]), strong zonal shear
region.

In the present paper we shall demonstrate the importance of the highfrequency internal gravity wave field in equatorial dynamics by using Tropic

Heat I microstructure observations. In Section 2 some observational results
are described. In Section 3, a simple wave model is introduced, along with a
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possible wave generation mechanism. Model results are then compared with

large-scale momentum budgets in order to explore the importance of high-

frequency waves in the zonal equatorial momentum balance. A summary
and discussion is given in Section 4.

11.2. Observations
Microstructure profiles (collected and made available by J. Mourn and

D. Caidwell) were made from the R/V WECOMA at 1400 W while the
ship held station (Mourn and Caidwell, 1985). The instrument used was the

Rapid Sampling Vertical Profiler (RSVP; Caidwell et al., 1985). Measured

variables were depth, temperature (T), salinity (S), potential density (°)
and TKE dissipation rate

(E).

Chereskin et al. (1986) reported that the

dominant time scales in the Tropic Heat I microstructure observations were
the semidiurnal tide and a 4-day pulse-like advective event. We use a seven
day subset of the observations, consisting of 1103 profiles beginning on JD1

330 (i.e., Nov. 25) and ending at JD 336.7. This subset excludes the 4-day

advective event. Chereskin et al. (1986) also reported that the turbulent
kinetic energy (TKE) dissipation rate, c, showed a diurnal cycle, while shear

and buoyancy frequency were dominated by diurnal variability above 40 m
and semidiurnal below 40 m.

11.2.1. Turbulent mixing
Turbulent mixing in the stratified ocean is often attributed to intermit-

tent shear instabilities caused by internal waves. The intensity of mixing
1

We will use Julian Day (JD) for time. The integer part of the JD is the

day of the year since January 1, 1984, with January 1 as day 1. The time of
day (UTC) is given as a the decimal fraction of the day.

may be estimated either from direct measurements of

or indirectly from

the scales of gravitational instabilities in a vertical density profile. Thorpe
(1977)

suggested an objective method of estimating the vertical length scale

for turbulent overturns, and suggested that the scale might be related to the
Ozmidov scale, L0 = (e/N3)1/2, where N is the buoyancy frequency. Dillon
(1982)

demonstrated a strong correlation between the Thorpe scale LT (the

rms vertical particle displacement from a re-ordered stable density profile)
and the Ozmjdov scale. These correlations indicated that L0
suit which was also found by Crawford

O.8LT, a re-

Since L0 depends on e, which

(1986).

in turn is controlled by microscale velocity fluctuations, the Thorpe scale is a

"large-scale" representation of microscale information. An associated quantity, available potential energy of fluctuations (APEF), is a measure of the
maximum potential energy that can be released by a turbulent overturn (Dii-

ion and Park,

1987).

This can be found by re-ordering a density profile, and

is estimated as

APEF

N2L,;

> d'()g

(hi)

(m2s2)

and
2]

LT

;

(lb)

(m)

[

where d', p', po, and g are the Thorpe displacement, the density fluctuation
between stable (re-ordered) and unstable (observed) density profiles, mean

density (

1000 kg m3), and the acceleration of gravity (

9.8

m s2)

respectively, and M is the number of points being used in the appropriate
averaging process (see Dillon and Park,

1987

for more details). Like LT, the

APEF is also a "large-scale" variable that indirectly depends on e.

Salinity and density were calculated from 0.2 m averages of temperature

and salinity. The density profiles were then Thorpe-ordered. Large Thorpe

displacements were seen only when the TKE dissipation rate was large, a

qualitative indication that salinity spiking was not an important source of
error in the density calculation.
The APEF and LT were computed from Thorpe displacements on 20
equally spaced isopycnal surfaces, ranging from at = 23.57 (

40 m depth) to

at = 24.02 ( 75mdepth). The 23.57 isopycnal surface was chosen because
it is the shallowest surface which never enters the well mixed surface layer.
An averaging interval of 2 m, centered on the isopycnal surface, was used for

calculating APEF and L from the Thorpe displacements. Microstructure

casts were made at 7 to 10 minute irregular intervals. We find the APEF
as a function of time by integrating it over regular 0.1 day (i.e., 2.4 hours)
intervals. The number of density profiles used in each 0.1 day time bin may
vary from 15 to 20.

A concise representation of mixing in the upper ocean for the seven
day period under study was formed by averaging the APEF between the
23.57 and 24.02 isopycnal surfaces. A diurnal signal is apparent (Fig. 1.1),
similar to the diurnal variability in TKE dissipation rates seen by Moum and

Caidwell (1985). The largest mixing events occurred on JD 330. Because
these events were significantly larger than on succeeding days, we performed

our analysis separately for the entire seven day period (JD 330 to 336.7;
Period A, including the largest events), and for the last six days (JD 331
to 336.7; Period B, excluding the largest events). This separation was used
to discriminate variables which might be dominated by a single day's events
from variables more characteristic of the remainder of the period.
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Figures. II.2a and II.2b show two large, dramatic intermittent overturns;

The Thorpe scale for these patches is of order 20 m and their available
potential energy of fluctuations is 15x i0

m2

s2. An early morning ot

profile (Fig. II.2a) shows turbulent overturning events varying in size from
less than a meter to a few meters can be found as deep as 80 m. Similar results

were reported in the dissipation rates by Mourn et al. (1989). We suspect,
like Mourn et al. (1989), that these large mixing events are associated with
unstable high-frequency internal waves.

The distributions of the Thorpe scale and the APEF indicate that tur-

bulent potential energy in the upper 100 meters occasionally had vertical
scales of greater than 10 m (Figs. II.3a,b). The largest-scale turbulent over-

turning events, in which APEF is greater than iO

rn2 s2

and the Thorpe

scales are greater than 10 m (Figs. IL2a,b), are highly intermittent, but
account for approximately 26% of the total APEF.

When the APEF is averaged over Period A and Period B, it is found
to decreases exponentially with depth (Fig. 11.4) and has an c-folding length
scale of 16 18 m, as does dissipation rate as reported by Dillon et al. (1989).

This is in marked contrast to the internal wave energy (see below), which
does not fall off so rapidly with depth.

The diurnal behavior of APEF as a function of depth was investigated by ensemble-averaging in similar 0.1-day time bins over all days (Figs.

II.5a,b). The APEF is larger throughout the nighttime, and peaks just after

sunrise. Throughout the night, mixing is seen to penetrate more progressively deeper. This result is most apparent during Period A, which includes
the most energetic events, but is also seen in Period B, where early morning
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mixing is seen as deep as 80 m. Shortly after sunrise, mixing appears to be
abruptly extinguished.
The mixed layer depth oscillates with a diurnal period (Fig. 11.1, where

mixed layer depth is defined by a a change of 0.02 from the value at the
surface). This shallow mixed layer is typically produced by nighttime mix-

ing processes. Energetic mixing events seen at deeper depths (Fig. II.2a
and Figs. II.5a,b), where buoyancy frequency is as large as 6 cph, cannot
be explained by simple convective mixing. One of the remaining puzzles
is by what mechanisms energetic mixing layers interact with the underline
pycnocline.

11.2.2. High-frequency internal waves
The diurnal variability of high-frequency internal waves was examined

by subtracting the 0.1 day running mean from profiles of Thorpe-ordered
isopycnal displacements, and then computing the isopycnal displacement
variance (IDV) from the de-meaxied time series. The IDV was then en-

semble averaged into 0.1 day (2.4 hour) time bins, with the variance from
each day averaged into similar bins by time of day. The IDV is similar for

Periods A and B: both series reveal a diurnal signal from the uppermost
isopycnal to beneath the undercurrent core (Figs. II.6a,b). Like the APEF,

the IDV increases significantly just after sunset; unlike the APEF, how-

ever, the IDV increases abruptly at all depths, not just near the surface,
indicating that the initial high-frequency wave field has a large vertical wave

length. The IDV decreases abruptly shortly after sunrise, in concert with
the APEF (Figs. 11.5,6). The nighttime IDV is more vertically correlated
than during the daytime, and 2

6 hours past sunset, high correlations are

found as deep as 130 m (Fig. 11.7).

12

Lagged correlations between the IDV and APEF were computed to
explore wave-turbulence interactions. No significant correlations were found
at zero lag (a significance level was determined by correlating randomly cho-

sen samples from the IDV and APEF populations). Lagged correlations
of IDV and

APEF (where IDV leads APEF) were computed for several

different lags (e.g., one hour, 0.1 day, 0.2 day, etc.). Significant correlations

were found only at 0.1 day lag (Fig. 11.8). The 0.1 day lag-correlation indicates a profound spatial correlation between internal wave displacement
variance and turbulence, especially for a few hours after the sunset (Fig.
11.8; here, the time axis refers to the IDV time base). This indicates that

the nighttime mixing in the stratified region above the undercurrent core
could be a result of instability of the high-frequency internal waves, i.e., the
high-frequency wave field is initiated first, and a few hours later, turbulent
mixing becomes intense (as in any correlation test, however, it must be born

in mind that only a temporal relationship has been tested, and a cause-effect

relationship is only a plausible hypothesis). An interpretation consistent
with these tests is that after sunset, internal waves are generated just below
the mixed layer, perhaps due to turbulent convective overturns; the waves
propagate downward, become unstable, and generate turbulent eddies in the
pycnocline.

11.3. Momentum Transport by Internal Waves
11.3.1. Internal wave generation
We have noted that internal waves could be generated due to pertur-

bations at the base of the mixed layer (e.g., mixed layer eddies intruding

into the pycnocline), and that these perturbations are largest during the
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nighttime. There are two ways in which the eddies of a cooled boundary
layer can excite internal gravity waves in the underlying stable layer. The
first mechanism is "thermal forcing", in which thermals deform the interface

region, resulting in ripples which produce a field of vertically propagating
gravity waves. Pure thermal forcing results in a horizontally isotropic wave

field. These waves have been observed in laboratory experiments (Benilov
et al., 1983; Deardorif et al., 1969; Linden, 1975) and simulated numerically

(Carruthers and Moeng, 1987; Deardorif, 1974) with large eddy simulation
models. Townsend (1966, 1968) considered thermal forcing effects and stud-

ied internal gravity waves above the atmospheric boundary layer. He also
discussed the propagation characteristics of waves, e.g., wave reflection, ab-

sorption, and the generation of clear air turbulence. This method strongly
depends on the spatial and temporal characteristics of the interface movements. For example, waves generated by shallow mixed layer eddies are lim-

ited to short horizontal wave lengths (since horizontal wave length

mixed

layer depth).

The second mechanism, the "obstacle effect", requires horizontal fluid

motion relative to the eddies, i.e., a mean shear. With this mechanism,
boundary layer eddies are able to grow large enough to impinge upon the

stable layer. In the presence of shear, the eddies represent a form drag to
the underlying flow, analogous to small hills in the atmospheric boundary
layer. These "hills" then excite gravity waves (c.f. generation of mountain
lee waves). These types of convective waves have been observed in the atmo-

sphere (Kuettner et al., 1987) and simulated numerically (Mason and Sykes,
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1982; Clark et al., 1986; Huff and Clark, 1989) with non-hydrostatic, anelas-

tic models. Both numerical simulations and observations show that horizontal length scales of these waves are several times larger than the height of the
convective boundary layer. Numerical simulations also show that the gravity

waves initially forced by the boundary layer eddies lead to feedback effects
that act to organize the boundary layer eddies (i.e., "waves modify their own

source", Clark et al., 1986).

At the equator, it is possible that waves can be excited by both mechanisms. However, in a strongly sheared flow, such as exists along the Pacific

Equator, internal wave generation by shear forcing is more efficient than

thermal forcing (Clark et al., 1986; Huff and Clark, 1989). Through this
mechanism, oceanic mixed layer eddies at the equator can generate a westward and downward travelling internal gravity wave field in the presence of

strong shear (Fig. 11.9). An important feature of waves created by the "obstacle effect" is that the wave field is anisotropic: as a first approximation,
the phase velocity of the westward propagating waves have the same average
advection velocity of the mixed layer eddies. Waves created by the "obstacle

effect" at the mixed layer base perforce propagate toward the west, carrying with them the momentum initially injected into the mixing layer by the
surface wind stress.
Diurnal variability of high wavenumber internal waves was also observed

near the equator (3°N

3°S) during the Tropic Heat I experiment from a

towed thermistor string (C. Paulson, personal communication). The horizontal wavelength (.A) of the waves was between 100 and 1000 m. The

approximate frequency range (though the uncertainties are large) for wave
lengths of 100

1000 m in our case would be 7.2

0.72 cph (=-) where
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phase velocity, c, is approximated as the average mixed layer velocity rel-

ative to the base of the mixed layer (

- 0.2 m s1). Can these wave

packets penetrate below the undercurrent core as is observed? The criteria
for the existence of a downward-travelling internal wave packet at a specified

depth interval is that the vertical wavenumber of the wave packet should be
a continuous, real valued function between the source and the position of the

observation. The vertical wavenumber, in, of a downward-travelling wave
(m > 0) along a ray path is governed by
N2

m [(U_c)2

_k2}

(2)

where U, N, c, and k are the mean zonal velocity, buoyancy frequency, phase

velocity, and horizontal wavenumber respectively (Lighthill, 1978, chapter 4).

The requirement for a vertical wavenumber along a ray path to be real is

A>

(3)

where A is the horizontal wave length of a downward-travelling wave. Rel-

ative to the mixed layer base (

30 m), all the velocities below the mixed

layer are eastward (Fig. 11.10), and therefore (U
westward propagating waves (c

c) is always positive for

< 0). This is only a crude approxi-

mation to the equatorial high-frequency wave field, because the validity of
the WKB approximation may be questionable (vertical length scales of these

waves could be as large as the vertical length scales of the stratification and
the mean flow; see Lighthill, 1978, or Gill, 1982, chapter 6). Nevertheless, it

is interesting to see how well the linear theory will predict wave kinematics.

U c 1.0 1.5 m s, and
12 - 14 cph, which implies A > 300 - 500 m for c = 0.2 m sL.

At the undercurrent core ('... 120 m; Fig. 11.10),

N
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Hence, it is possible for waves with horizontal lengths greater than 500 m to

penetrate well below the undercurrent core.

Since westward propagating waves transport westward momentum
(Bretherton, 1966), these waves could help to balance the equatorial zonal

momentum by transporting momentum downward.

Transport of west-

ward momentum from the surface via critical layer absorption (Booker and
Bretherton, 1967) is not possible at the equator because relative to the mixed
layer, all velocities below are eastward (Fig. 11.10).

11.3.2. Wave radiation stress at the base of the mixed layer
Microstructure observations indicate westward- propagating internal
waves, presumably generated after sunset by the obstacle effect (Fig. 11.9),
radiated downward and increased turbulence levels in the pycnocline. From

these observations, the daytime observations can be treated as a "back-

ground" wave field, and the nighttime wave field can be considered as a
superimposed, locally generated, high-frequency wave field. "Background"
state displacement and velocity autospectra (Chereskin et al., 1986) demon-

strate that with inertial frequency scaling removed from the Garrett-Munk

model parameters (GM; Garrett and Munk, 1972), equatorial energy levels were comparable to mid-latitude values. When an internal wave field is
driven by turbulent overturns, the rate of increase in internal wave energy is
controlled by pressure-velocity correlations (Lighthill, 1978, chapter 4) as
i3E

--=V.(pu)

(4)

where E is the internal wave energy density, and p' and iZ' are pressure and
velocity fluctuations. The mechanism described by (4) is a removal of energy

from turbulent motions by internal gravity waves. Similar analyses have been
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used to describe momentum transport by gravity waves in the atmosphere;
excellent discussions of momentum transport by internal gravity waves are
given in Bretherton (1969a) and Gill (1982, chapter 6 and 8).
Consider 2-dimensional (x, z) sinusoidal disturbances at the base of the

mixed layer, with the x axis chosen positive in the eastward direction, per-

pendicular to the crests of the disturbances. The z axis is chosen positive
upward (Fig. 11.9). By hypothesis, velocity is nearly uniform in the surface
well-mixed layer, and convective cells in the mixed layer advect with the av-

erage mixed layer velocity. Hence, the phase velocity of disturbances in an
earth-fixed coordinate system is taken as the average velocity of the mixed
layer. A vertical displacement, i(x, z, t; w, k) for a given wave component is
specified as
z, t; k, w)

11: L: I:

(w, k; z)(k' - k) (m' - m) 8(w'

w)

.exp[i(k'x + m'z w't)J dk'drn'dw'
(5)

= 7(W, Ic; z)

where t is time, Ic is horizontal wavenumber, in is vertical wavenumber and

S is the Dirac delta function. The wave momentum flux of a single wave
component at the base of the mixed layer (zm) is (see Lighthill, 1978, chapter

4 or Gill, 1982, chapter 6)
<UW >w,k

=

in(Zm)

2k

2-2

(6)

i (w, Ic; Zm)

where the average implied by the angle brackets is over one wave length,
2(w, k; zm)

is a spectral estimate of vertical displacement,

-

1]h/2

m(zm)

> 0 is the vertical wavenumber, evaluated at the base

of the mixed layer, and Nm is the bouyancy frequency at the base of the

mixed layer. Integrating (6) over the nighttime energetic wave band, we can

obtain an expression for the total wave momentum flux as
((Nlfl\2

<uw > I f
where

I

1)2

w22(w,k;zm)dkdw

(7)

and K are bandwidths of frequency and horizontal wavenumber

respectively (note, the drag force per unit area [i.e., wave radiation stress] is

Td = Pa <uw >, where Pa is the mean density; Gill, 1982). Waves generated at the base of the mixed layer due to the "obstacle effect" propagate
westward at the mean mixed layer velocity (where c = constant < 0). Hence,
the frequency and wavenumber are uniquely related, and the wavenumber de-

pendance in (7) can be eliminated. The resulting expression for momentum
flux as a function of frequency is

<uw>=J

Nm 1

((1'm)2

- 1)2w22(w)dw

(8)

where w1 is the bandwidth of the waves being analyzed (here, we use the cut-

off frequency of the high-pass filtered IDV, 0.1 days). Assuming that the
internal wave displacement spectrum at the base of the mixed layer, 2 (w),
depends on frequency as w2,

<p2>

Nm

/ 2(w)J')l dw

J.J1

where <
Q

NrnQ

(9)

> is the band-passed internal wave displacement variance and

is a constant. The upper bound of Q can be obtained from the nighttime

displacement variance at the base of the mixed layer. At the base of the
mixed layer (

30 m), Nm

4 -

5 cph, w1 = 0.41 cph and < 2 > = 17

± 4 m2, so that the maximum possible wave momentum flux (from (8)) is
(1.2 ± 0.3) x iO

m2 s2.
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This estimate is based on the assumption that the high-frequency dis-

placement spectrum depends on frequency as w2. However, the highfrequency displacement spectrum calculated in mid-latitude sites shows a
shoulder near the buoyancy frequency (Roth et aL, 1981). If such a shoulder

is present, the momentum flux would be even larger. As a sensitivity study,
the momentum flux was calculated by assuming the high-frequency internal

wave displacements have a white spectrum, rather than a w2 dependance.
The resulting momentum flux for the above parameters is (5.8 ± 1.3) x

iO

m2 s2.

These rough estimates demonstrate that the internal wave radiation
stress could be as large as the observed average wind stress during Tropic

Heat I, which is about iO

m2 s2. It is therefore likely that stress ini-

tially imparted to the ocean by the wind could be transported out of the
surface mixing layer and into the deep ocean, via internal wave radiative
processes, bypassing the usual turbulent-diffusion mechanism. When mixed
layer energy is drained by internal waves, it must also limit the deepening of

the mixed layer by turbulent shear stress processes, which in turn affects the

mixed layer temperature, and subsequently feeds back into the atmospheric

forcing. The estimated wave stress based on the "obstacle effect" model is

also larger than the turbulent stress in the large-scale momentum budget

at the base of the mixed layer (see Table 1 of Dillon et aL, 1989, where
- 1O

m2

s2).

11.3.3. Wave momentum flux divergence
Wave momentum can be transferred to the mean flow via wave breaking

events. Linear theory suggests that wave breaking is initiated by KelvinHelmholtz (K-H) instabilities, in which wave-like disturbances grow on a
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stably stratified shear layer, feeding off the kinetic energy of the shear
flow.

This instability can occur when the gradient Richardson number,

Ri

_/[]2,

in the shear layer becomes less than 0.25 (Miles, 1961;

Howard,1961). The observed mean Ri above 100 m (averaged over 12 verti-

cal m) in the equatorial Pacific during the Tropic Heat experiment is 0.25 1.0 (Mourn et al., 1989; hourly averages of N and acoustic Doppler current

profiler vertical shear were used to compute the mean

Ri).

In such an envi-

ronment, the K-H instability criterion could be easily met due to non-linear
wave interactions, i.e., the cascade of energy from large scale waves (scales of

waves generated at the base of the mixed layer) into higher wave numbers.

This results purely from the probability of superposition of many independent components to the mean shear and density gradients (i.e., the random

phase approximation). This statistical approach to Ri fluctuations was first
introduced by Bretherton (1969b), and later developed by Munk (1981) and
Desaubies and Smith (1982).

McComas and Muller (1981), and Henyey et. al (1986) studied internal
wave dissipation rates by using the weak resonant wave-wave interaction, and

the ray tracing methods respectively. Recently, Gregg( 1989) parameterized

the internal wave dissipation rate in the mid-latitude thermocline, and the
functional form of Gregg's formula agrees with estimates by McComas and
Muller (1981) and Henyey et. al (1986) of the rate of energy transfer within

the internal wave spectrum. A wave-action theory, as derived by Bretherton (1966), has been modified by Grimshaw (1974) in order to allow weak
dissipation. In a slowly varying dissipative medium (e.g., Grirnshaw, 1974),

the spectral wave energy density

E(k, w,

x, z, t) is a function of position and
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time, and is governed by

- +VC9A--6w

(10)

wo

where w0 = w Uk, A

,

and L7 are the intrinsic frequency, wave action

density and group velocity respectively, and e

represents rate of change

in wave energy due to instabilities and other unknown processes. Assuming
that medium properties are functions of depth only, the steady state solution
of (10) reduces to
O(AW9)

_e
wo

(11)

where Wg is the vertical group velocity. Multiplying (11) by horizontal
wavenumber k, integrating over the nighttime energetic wave band, and reversing the order of integration and differentiation, we can obtain an expression for vertical divergence of wave momentum flux as

ffAkWgdkw_ffdkdw.
IIKWO

(12)

Because waves generated at the base of the mixed layer due to the "obstacle

effect" propagate westward at the mean mixed layer velocity (c < 0), (12)
reduces to
3< tLW>
ôz
where

<uw

(z) = f JK e (z;

,

t7c

(13)

k) dk dw is the total dissipation rate, and

> = f JK A k W9 dk dw is the available wave momentum flux.

The total wave energy dissipation rate ((z)) is a "production range"
variable describing the rate of change in wave energy via wave instabilities,

while the measured dissipation rate (z) is a "dissipation range" variable
(Tennekes and Lumley, 1972) that represents the TKE dissipation rate. At

steady state, it can be assumed that viscous scale fluctuations may depend

22

strongly on production range scales if there is a large separation of production

and dissipation scales, so that an approximate equilibrium between largescale and small-scale quantities may result, i.e.,

(z)

(14)

Then, the estimated wave momentum flux divergence (Fig. 11.11) is of order
10-6

to 10-8 m s2, and decreases exponentially with depth in the same

way as the turbulent stress divergence reported by Dillon et al. (1989) in the

upper 100 m. The integrated wave momentum flux divergence between the

mixed layer and the undercurrent core is
-3Dm

<

dz .'' 105m2 s2

(15)

f-lOOm

Thus, most of the in-coming momentum flux (p'-' iO

m2 s2) is transported

through the undercurrent core.

11.4. Summary and Discussion
The Tropic Heat I microstructure observations show a pronounced diur-

nal variability in both high-frequency internal waves (i.e., high-passed IDV)

and turbulence (i.e., APEF). The diurnal variability of the IDV was found

as deep as the undercurrent core

120 m), whereas turbulence scale dis-

sipation, which decreases exponentially with depth, has an e-folding length
scale of order 16 - 18 m.

A significant increase in high-frequency internal wave energy occurred

during the night, concurrent with an increase in turbulent mixing in the
pycnocline. This qualitative evidence shows the possibility of driving the internal wave field by mixed layer eddies. Vertical correlation of IDV indicates

that the vertical length scales of this wave field are greater than 100 m. We
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suspect that the observed energetic turbulent events in the highly stratified
region above the undercurrent core are associated with these high-frequency
waves.

It appears that 4 - 6 hours after sunset, turbulent overturns are

correlated with after-sunset, high-frequency internal waves, and that these

turbulent overturns could be a result of wave instabilities. The conclusion
we draw is that after sunset, high-frequency internal waves were generated

just below the mixed layer due to turbulent convective overturns. These
waves propagated downward, became unstable, and generated turbulent ed-

dies above the undercurrent core at locations where the Richardson number
was driven to sub-critical values by superposition of wave and mean current

velocities. We suspect that the measured turbulent dissipation becomes very
small at the undercurrent core simply because the mean shear there is small.

We suspect that a diurnal signal in turbulent dissipation could be detected
well below the undercurrent core, because there the mean shear rises; the
measurements available to us, however, do not extend deeply enough to test
this supposition.
There are two ways in which the eddies of a cooled boundary layer can

result in the excitation of internal gravity waves in the underlying stable
layer, "thermal forcing", or the "obstacle effect", i.e., shear forcing. We
suspect that waves can be generated at the base of the mixed layer from the
latter mechanism, in which mixed layer eddies are able to grow large enough

to impinge upon the stable layer, and, in the presence of shear, present
a form drag to the mean flow by exciting an internal gravity wave field.
Through this mechanism, oceanic equatorial mixed layer eddies can generate

an anisotropic, westward-going internal gravity wave field. The momentum

transport in the radiated wave field results in a drag force on the equatorial
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mean flow field. Transport of momentum and its divergence were estimated

from an idealized "obstacle effect model" based on the properties of WKB
linear waves.

The observed wind stress (.-.' i

m2 s2) is close to the estimated

wave stress at the mixed layer base, and is an order of magnitude larger than

the turbulent stress

iO

m2 s2, Dillon et aL, 1989; note, however,

that the turbulent stress is an average over the entire measurement period,
and if averaged over only nighttime periods, would be approximately twice

as large, yet still much smaller than the wave stress). We suspect that the
wave radiation stress is more important than the conventional estimate of

turbulent stress in vertically transporting horizontal momentum. A wave
dissipation model, based on observed TKE dissipation rates, was used to
estimate wave momentum flux divergences above the undercurrent core. The
estimated wave stress divergence decreases exponentially with depth, as does

turbulent stress divergence (Dillon et al., 1989), and most of the wave stress

at the base of the mixed layer penetrates below the undercurrent core. It
appears the equatorial ocean could respond to strong, transient surface winds
by generating a westward going internal wave field, and hence transport wind

momentum and energy from the base of the mixed layer to deeper waters.

Before completing this analysis, it was our opinion that internal wave
stresses must somehow deposit momentum in the 30 m 120 m depth range
in order to balance the zonal pressure gradient force above the undercurrent

core. We were unable to find a mechanism whereby this could reasonably

occur, leaving a significant gap in our attempt to quantify the equatorial
momentum budget. However, Brady and Bryden (1990, personal communi-

cation) recently have found that large-scale horizontal velocity correlations
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play a significant role in balancing the zonal pressure gradient above the

un-

dercurrent core on annual time scales, as long as the assumed wind stress is
the, annual mean stress. Our view of the equatorial momentum budget now
is that large scale horizontal forces qualitatively close the momentum budget

on an annual time scale. The analysis presented here demonstrates that the
equatorial response to transient wind stress events may be far different from
the long-term response.

The properties of the equatorial system that enable radiation of momentum from the mixed layer by internal waves are: a shallow mixed layer
forced by convective cooling and strong winds; a consistent large shear at the

mixed layer base; and a strongly stratified pycnocline just below the mixed
layer base. We expect that other systems having these properties would also

be able to radiate momentum from the mixed layer base, and that in such
systems, transport of momentum strictly through turbulent shear stresses is
an oversimplification.
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III. THE APPLICATION OF INTERNAL WAVE DISSIPATION
MODELS TO A REGION OF STRONG MIXING

Abstract
Several models now exist for predicting the dissipation rate of turbulent
kinetic energy,

E,

in the oceanic thermocline as a function of the large-scale

properties of the internal gravity wave field. These models are based on the
transfer of energy towards smaller vertical scales by wave-wave interactions,

and their predictions are typically evaluated for a canonical internal wave
field as described by Garrett and Munk. Much of the total oceanic dissipation

may occur, however, in regions where the wave field deviates in some way

from the canonical form. In this paper we use simultaneous measurements

of the internal wave field and e from a drifting ice camp in the eastern
Arctic Ocean to evaluate the efficacy of existing models in a region with
an anomalous wave field and energetic mixing. We find that, by explicitly

retaining the vertical wavenumber bandwidth parameter, /3,, models can

still provide reasonable estimates of the dissipation rate. The amount of
data required to estimate /3 is, however, substantially greater than for cases
where the canonical vertical wavenumber spectrum can be assumed.
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111.1. Introduction
Microstructure measurements over the last decade indicate that mixing

in the stratified ocean is closely related to the energy density (and spectral
shape) of the internal gravity wave field. A large number of experiments in
the ocean, atmosphere, and laboratory have identified Kelvin-Helmholtz instability (where the Richardson number becomes less than 0.25; Miles, 1961)

and convective instability (where parcel velocities exceed the phase speed of
the wave motion; Orlanski and Bryan, 1969), as likely mechanisms by which
internal wave energy is dissipated. Oceanic mixing typically occurs, however,

on time and space scales that are difficult to resolve well. The dye streak
photography of Woods (1968) is one of the few studies where the inception of

oceanic mixing has been observed. Nevertheless, because of the importance
of small-scale turbulence to the evolution of the larger-scale oceanic hydrog-

raphy and circulation, attempts have been made to quantitatively relate
mixing rates to more easily observable variables. The common assumption

to the most popular of these models is that nonlinear wave-wave interactions transfer energy and momentum from larger scales to smaller scales,
and hence towards turbulence via irreversible wave instability mechanisms.

These interactions can be classified as either resonant or non-resonant. A
wave dissipation model described by McComas and Muller (1981; hereafter

MM) computes the wave energy flux towards higher vertical wavenumbers
using resonant interaction theory, whereas a model described by Henyey et
al. (1986; hereafter HWF) computes the energy flux using an eikonal ap-

proach to study nonlinear, scale-separated interactions. Both studies predict

dissipation rates based on the "universal" internal wave spectrum described
by Garrett and Munk (1975; hereafter GM). Other theories based on strong

interactions with buoyant turbulence, and direct numerical modelling techniques are not yet at a stage to be directly applicable to the oceanic internal
wave field (Muller et aL, 1986). Another approach discussed by Munk (1981)

and Desaubies and Smith (1982) suggests that dissipation rates might be
modelled using the statistics of internal-wave Richardson number in a defined internal wave field.

Gregg (1989; hereafter G89) demonstrated that, at least in the midlatitude, deep ocean pycnocline, mean dissipation rates correlate quite well

with internal wave shear at vertical scales greater than 10 m. G89 commented that the observed relationship between dissipation rate and wave

shear agreed with the derivations of MM and HWF, and suggested that
a first-order understanding of the dynamical link between waves and turbulence had therefore been achieved. These claims have already inspired signif-

icant controversy (see, for example, Gargett (1990)). Nevertheless, if Gregg's

premise is even approximately true, the significant oceanographic problem
of estimating vertical viscosities and diffusivities for large scale modelling

applications shifts from adequately sampling the processes responsible for
mixing, to defining the global internal wave climate.

An intermediate but fundamental goal must also be to determine the
range of validity of existing models. For example, it has been suggested

that most oceanic mixing takes place near basin boundaries or over rough
topography, with subsequent isopycnal advection accounting for most of the
apparent diapycnal diffusion in the interior (Munk, 1966). Observations suggest that the wave field near the boundary is frequently significantly different

from GM. Models must therefore be sufficiently flexible to account for this

deviation. A probable outcome is that a more complex description of the
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wave field would be required in such regions to attain a model accuracy
comparable to that which is presently suggested for GM wave fields (about
a factor of two; G89).
A valuable data set for exploring the relationship between internal waves

and dissipation was obtained during the Coordinated Eastern Arctic Exper-

iment (CEAREX). Padman and Dillon (1991) found that mixing was very

energetic in this region, and they noted that both diurnal tidal motion and
high frequency wave packets were present when the mixing rate was great-

est. The diurnal tide is described in more detail by Padman, et al. (1991b),
and the wave packets are discussed by Czipott, et al. (1991). The non-linear

wave packets appear to be related to the cross-slope diurnal tidal currents,
however the generation mechanism is not yet completely understood. Each
of these processes is inconsistent with the hypotheses of the GM model. The

CEAREX measurements are therefore well suited to testing the viability of
models in non-GM environments, while also allowing us to explore possible
modifications of empirical models to extend their application to such anoma-

lous but potentially important mixing regions.

In this paper we review the dissipation models and scaling arguments
(Section 2), describe the CEAREX observations (Section 3), then compare

the model predictions and data (Section 4). In Section 5 we consider some

of the practical difficulties in estimating the parameters for each of these
models. The implications of this analysis are discussed in Section 6.

111.2. Wave Dissipation Models
In this Section we follow the approach used by G89 to describe the exist-

ing wave dissipation models that appear at present to offer the most hope for
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practical estimation of dissipation rates from relatively simple measurement
programs.

111.2.1. The model of McComas and Muller (1981):
Based on the assumption of weak resonant interactions among internal
waves, MM proposed a model for the dynamic balance of the oceanic inter-

nal wave field. MM assumed that wave energy is generated at low vertical

wavenumbers and dissipated at high vertical wavenumbers. MM demonstrated the existence of an inertial range between the energy-containing scale

and the wave dissipation scale. In this range, a constant flux of energy (independent of vertical wavenumber,

) is transferred from generation to dis-

sipation scales by weak resonant interactions. At frequencies close to the

inertial frequency, f, the flux is provided by the parametric subharmonic
instability (PSI) mechanism, in which a low wavenumber wave with frequency 2f < w
(f S w

2f)

4f

decays into two waves of half the original frequency

with higher vertical wavenumbers. At high frequencies the

flux is provided by the induced diffusion (ID) mechanism, i.e., scattering of a
high-frequency, high-wavenumber wave by a low-frequency, low-wavenumber

wave into another high-frequency, high-wavenumber wave. The energy fluxes

under PSI and ID mechanisms are given by
Qp51

Er

(la)

and

= Err,

(ib)

where E is the canonical, dimensional energy density of the GM wave field,

and

and

TID

are the characteristic time scales of PSI and ID mecha-

nisms respectively. For a GM internal wave spectrum, these time scales are

41

given approximately by

32v'i_2;_1N2E_1
*

(2a)

211N2E'

(2b)

27ir

and

=
where

and N are the vertical wavenumber bandwidth and the buoyancy

frequency respectively. In order to achieve the steady state solution, the

total internal wave energy flux through the spectrum should balance the
small scale dissipation rate. Following G89, and assuming that the total
flux is given approximately by the sum of fluxes for the two mechanisms, we

obtain

MM =

+ Q,,,

- _27

2tN2E2

32v'rO

) P*J

Equation (3) can be re-written, using the following parameterizations from
the GM model (Munk, 1981):

= jb'NN'

(4)

and

E=

b2NNOEGM

(5)

where N0 is the reference buoyancy frequency (3 cph), b is the scale depth

of the thermocline (1300 m), E is the dimensional energy density in an Nscaled, canonical GM wave field with dimensionless energy, EGM, and j,, is

the vertical mode scale number. Then
6MM

/ 27ir
32v'i0

+

i) bNofj*E

(6a)

or
EMM

27ir

32viO

+ 1) 7r2b2N2fjE,

(6b)

A summary of the GM mid-latitude parameters is given in Table Al (see
MM and Muller et al. (1986) for further details). Predictions of dissipation
rate in a wave field with measured energy density,
replacing E by

Emeas

Emeas,

will be made by

in (6a).

111.2.2. The model of Henyey, Wright, and F1att (1986):
HWF formulated an analytical model for wave dissipation using an
eikonal approach, in which it was assumed that nonlinear energy transfer
is dominated by scale-separated interactions, and that the large-scale back-

ground flow is unaffected by these interactions. In this model, wave action
flux carries waves towards higher frequency and higher vertical wavenum-

ber and, finally, towards microscales via critical-layer processes. This is a
completely different dynamical process than induced-diffusion in the reso-

nant interaction model (MM). In order to obtain quantitative estimates of

the dissipation rate in an internal wave field, HWF assumed a GM shear
spectrum that was white below a standard cutoff vertical wavenumber, /3c
(

(2ir/lO) m'). The spectrum was proportional to /3

from

to ,8,,

where j3, was regarded as the largest possible vertical wavenumber before

wave breaking. Finally, it was assumed that a critical Richardson number,
defined as
Ri

(7)

(3i*bEGM/3cY'

was constant at /3 = /3. For this specific wave field, the dissipation rate
predicted by the model of HWF is then
eHWF =

(3irRi/4f) [47r1jbNEf]2

18

[J

2
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r1+ln(-)i
[

2

j

11r

[i+rJ

cosh1

N

(8a)

where r is the ratio between upscale (decreasing 9) and downscale (increasing

/9) energy fluxes at /3g. Using values of /3//3

2,

Ri1 = 0.5, and r

0.4

(see HWF for further details), (8a) reduces to

b2N2fcosh1 [] jE

eHWF

(8b)

Using (5), (8b) can be expressed in terms of the dimensional energy, E:
6HwF

b2N2fcosh1 [] jE2

(8c)

HWF commented that some of the assumptions on which their analytical
model was based were either clearly inaccurate or not justifiable. Nevertheless, they found good agreement between this model and predictions from a
more complete eikonal Monte-Carlo simulation on the same test wave field,

and therefore proposed that (8) was a reasonable dissipation estimate for a
GM wave field. As for the MM model, predictions of e in a wave field with
measured energy density,

Emeas,

will be made by replacing E by

Emeas

in

(8c).

111.2.3. Scaling of turbulent dissipation by Gregg (1989):
G89 introduced a scaling formula for estimating e in the mid-latitude
thermocline using measurements of the vertical shear of horizontal velocity.

His analysis was based on five experiments involving concurrent measurements of e and finite-differenced shear, Sf d

=

zU/LzJ, where

is the hor-

izontal velocity vector measured with expendable current profilers (XCPs).

G89 concluded that c depended on N, the local buoyancy frequency, and
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(S), the fourth moment of shear at all vertical wavenumbers less than
(2ir/10) m1,
(N2) (Sf0)
G89 = 7 x 10_'

N20

[m2 s3]

C4

(9)

'GM

Angle brackets denote some averaging process (e.g., time average or ensemble

is the fourth moment of shear from all

average of profiles). In (9),

wavenumbers less than (2ir/lO) m1, evaluated for a GM wave field with the

canonical energy density (Table Al) and the local buoyancy frequency. The
value of SM is obtained from the GM spectrum with the use of a continuous

spectral representation of the vertical variability of horizontal currents: as
Gargett (1990) noted, if the modal description of Munk (1981) is used,

SM

is reduced by a factor of (ir/2)2. G89 estimated (St0) from measurements of

Sf d with z=10 m by assuming that the total shear spectrum was flat to
= (2ir/10) m1, then proportional to
at higher wavenumbers (Gargett
et al., 1981). With this assumption,
(10)

= R2(S#d)

The coefficient, R2, corrects for shear that is not resolved by the finitedifferencing of velocity over a fixed vertical interval. For zz=10 m and
using the above model shear spectrum, R=2.11 (Gregg and Sanford, 1988).

G89 further assumed that
lot

S2GM

where E1

(11)

EGM'

is the dimensionless energy density, given in terms of the mea-

sured energy density, Emeas, by
Emeas

b2NNoE1

.

(12)
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For GM wave fields in which the two orthogonal components of shear are
each normally distributed with zero mean and the same variance, (SM)

2(SM)2. That is, (9) and (11) imply that G89's dependence on the fourth
moment of shear is equivalent to the E2 dependence of the MM and HWF
models.

The constant, 7 x 10-10 m2
of

in (9) was obtained from a comparison

and (S) in the PATCHEX experiment. G89 commented that e

26HWF and

6G89

6MM /3 for the diffusively-stable mid-latitude data which

he considered, provided the GM canonical values of j (= 3) and b (1300) m
were used. As Gargett (1990) noted, however, Gregg's conversion of the MM

and HWF models (Eqs. 6 and 8 respectively) to models written as functions
of shear was incorrect because those models were based on the description of

the vertical structure of the wave fields in terms of discrete modes. When the

HWF and MM models are multiplied by (ir/2)2

G89's spectral description of the shear,

6G89

2.5 to be compatible with
6JIWF'

and

6G89

EMM/7.

The f-dependence of 6HWF in (8b) was also investigated by Gregg, however
his test of f-scaling was inconclusive.

111.2.4. Scaling of turbulent dissipation by Gargett and
Holloway (1984), and Gargett (1990):
Considering the steady-state kinetic energy equation without the classicai separation of the velocity field into "turbulent" and "mean" (including

internal waves) components, Gargett and Holloway (1984; hereafter Gil)
suggested that
6GH

-tLW----

= C{u2w2 ()2J

where C is a nondimensional triple correlation coefficient,

(13)
u2

and

w2

are,

respectively, the mean square horizontal and vertical velocities associated
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with the internal wave field, and ()2 is the internal wave shear variance up

to that vertical wave number at which Ri reaches Ri (Eq. 7). For example,
for a GM wave field, at ,8 = i3, Ri1 is approximately unity. Assuming that

C does not vary with

N, Gil

predicted, using WKB scaling appropriate for

single Fourier components in which

u2

N, w2

N-1, and ()2

N2,

(14a)

6GH X N1°

while for a Garrett-Munk (Munk, 1981) internal wave spectrum in which

uN,wNO,and()2N2,
(14b)

o N15

The prediction in (14b) was also based on the assumption that

E1

= EGM

is constant. Relaxing this assumption, Gargett (1990; hereafter GA) argued

that
GA

(15)

X E1N15

111.2.5. Mixing models based on Richardson number statistics
Other models exist which predict internal wave dissipation rate from the
probability of wave breaking (Munk, 1981; Desaubies and Smith, 1982 (here-

inafter DS)). When applied to the present data set, Munk's prediction was
almost one order of magnitude greater than Emeas at most depths. Since G89
found a similar result for the open ocean cases that he studies, Munk's model

is not considered further. DS demonstrated that, while the mean Richardson
number may be well above critical (i.e.,

(Ri) >>

0.25), the variability in the

internal wave field can occasionally drive the local Richardson number,

Ri,

to below the critical value. The probability that Ri is less than 0.25 was
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derived within a framework of the GM model as a function only of the rrns

strain,
(16)

Arms = ((&ti/8z)2)1/2

where i is the vertical displacement of an isopycnal from its mean depth.

DS showed, using the Desaubies and Gregg (1981) analytic approximation

to GM, that

Arms

was given by

'rms

The total shear variance,
ance,

(p.2

52,

-

S2N_2

(17)

is just twice the single component shear vari-

in DS). Following the philosophy of G89, in which the dissipation

rate was expressed in terms of variables on scales greater than 10 m, we
evaluated the rms strain over a 10 in vertical differencing scale,

A10

This

value was obtained by first tracing isopycnal pairs with mean vertical separations of 10 m through the RSVP time series. For each profile and isopycnal

pair we evaluated the local strain as
A10

where , and

i1

11i+1

(18)

10

are the vertical displacements, from their mean depths,of

two isopycnals with a mean separation of 10 m. The mis 10 m strain is
then simply the square-root of the variance of A10, evaluated over the time

and density (or depth) ranges of interest. For comparison with the other
internal wave dissipation models, we filtered

A10

to exclude sub-inertial (such

as diurnal) variability prior to evaluating Ai,rms.

111.3. Observations
During CEAREX in March-April 1989, microscale dissipation rate, horizontal velocities, and isopycnal displacements were measured beneath a drift-

ing ice camp near the Yermak Plateau in the eastern Arctic Ocean. Oceanographic variability along the camp's drift track, and the instrumentation used
to measure the velocity microstructure and vertical hydrographic profiles was

discussed in detail in Padman and Dillon (1991) and is summarized below.

111.3.1. Microscale dissipation rates
The microstructure observations were obtained with the Rapid Sampling Vertical Profiler (RSVP; Caidwell et a1., 1985). Approximately 1500
profiles were obtained over a typical depth range of 0 to 340 m, with about

2-3 profiles per hour. Energetic mixing events in the pycnocline, with max-

imum turbulent kinetic energy (TKE) dissipation rates () of about

10-6

m2s3, were observed near the Plateau (Fig. 3c and Plate id in Padman

and Dillon, 1991). The measured, depth-averaged dissipation rate in the
pycnocline,

(meas),

varied substantially during the twenty-five days (90 <

< 114.3) of microstructure measurements (Fig. III.la). The time dependence of pycnocline dissipation rate was calculated by averaging

6meas

between isopycnals having mean depths of 90 and 300 m. The smallest values
of (emeas) were found as the ice camp was drifting in the deep, and relatively

featureless, Nansen Basin at the start of the experiment, while the largest
values were found over the upper slope adjacent to the Yermak Plateau.

t We have used decimal year-day for time, t, in this paper. The integer
part of the time is the day of the year since January 1, 1989, with January
1 as day 1. The time of day (UTC) is given as a fraction of the day.
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Padman and Dillon also observed a significant increase in the amplitudes of

high-frequency isopycnal displacements during 107 < t < 110, when turbulence was most energetic and dissipation rates were largest. They proposed

that the most energetic mixing events were associated with the presence of

these internal wave packets (see also Czipott, et al., 1991). In the present
study, we divide the period from t = 87.0 to t = 114.3 into four different
intervals, considering the intensity of

(meas),

the position of the ice camp

relative to bottom topography (Fig. III.lb) and the strength of the diurnal
tidal currents (Padinan, et al., 1991b). During the first period (87 <t < 93;
Pd. 1), while the ice camp was drifting in deep water, the turbulent mixing

was significantly weaker than during the other periods. During the third
period (103 <t < 110; Pd. 3) when the ice camp was over the upper slope of
the Yermak Plateau, the dissipation rate was significantly larger than in the

second (96.8 <t < 103; Pd. 2) and fourth (110 <1 < 114.3; Pd. 4) periods.

We started the second period at t = 96.8 because velocity shear estimates
were only available from this time.

111.3.2. The internal wave field
Horizontal velocity was measured with moored S-4 current meters at
depths of 100, 150, 200, and 250 m throughout the experiment. A 7element

horizontal array was also deployed at 100 m to measure the horizontal coherence of internal waves and to determine the horizontal phase propagation

velocity of specific wave packets (see Czipott, et al., 1991). Measurements
of currents at higher vertical resolution than was possible with the moorings
were obtained from 307 kHz and 161 kllz acoustic doppler current profilers
(ADCPs). The 307 kllz unit was manufactured by RD Instruments, while the

161 kllz unit was produced by the Scripps Institution of Oceanography and

utilized repeat-sequence coding for improved precision (Pinkel and Smith,
1992). The combination of finite acoustic pulse length and return gate width

in the ADCPs resulted in a trapezoidal filter being applied to the vertical
profile of horizontal velocity. A totally independent estimate was obtained
approximately every 16 m for the 307 kHz ADCP and 24 m for the 161 kHz

ADCP (see Appendix for details). Since the filters are tapered, however,
estimates were nearly independent every 12 m for the 307 kllz ADCP and

18 m for the 161 kHz ADCP. The two ADCPs were deployed at t
(161 kllz) and t

94.0

96.8 (307 kHz). No ADCP data is available during Pd. 1.

A. Energy density and shear variance
The dominant signal in isopycnal displacement over the plateau slope

(Pds. 2, 3, and 4) is diurnal and is associated with the large-amplitude,
cross-slope barotropic tidal currents (Padman and Dillon, 1991; Padman,

et aL, 1991b). Sherman and Pinkel (1991) found that vertical advection
of internal waves can strongly influence the shear spectrum observed at a
fixed (Eulerian) sensor. These influences are likely to be even more signif-

icant where the vertical gradient of mean buoyancy frequency, O(N)/Oz, is

large. Sherman and Pinkel proposed that more useful information regard-

ing the time and space scales of wave shear and strain could be obtained
by tracking these parameters on isopycnals. The method is denoted "semiLangrangian", since we simply track isopycnals vertically, rather than track-

ing particles in three dimensions. We have attempted where possible in
the present analysis to estimate dissipation rates and wave field parameters
in approximately isopycnal-following (semi-Lagrangian) coordinates. This

is achieved by tracking specific isopycnals through the RSVP hydrographic

data time series and monitoring dissipation rate, horizontal velocity, and
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vertical shear along these isopycnals. The method is imperfectly applied be-

cause (a) the RSVP sampling rate does not fully resolve the internal wave
frequency spectrum, and (b) the RSVP data is collected from a site displaced

several hundreds of meters horizontally from the ADCPs. Nevertheless, in
regions where most of the isopycnal displacement is due to tides with long
vertical and horizontal scales relative to the free internal waves, we expect
that semi-Lagrangian statistics will provide a more useful description of the
internal wave field.

The semi-Lagrangian approach could not be applied to data from Pd. 1
since the hydrographic sampling rate was irregular and the only current mea-

surements were from the vertical mooring with 50 m resolution. During this

period, however, wave energy density in both the diurnal and free internal
wave frequency bands was low. The validity of using Eulerian internal wave
band velocity variance from Pd. 1 in comparisons with semi-Lagrangian vari-

ance is tested in Table 111.1 for Pds. 2, 3 and 4. We consider only the upper

pycnocline, where the change in N due to vertical advection is small. The
Euleriari estimates were averaged between 100 and 180 m depth, and the
semi-Lagrangian estimates were averaged over isopycnals with mean depths
between 100 and 180 m. The difference in velocity variance between the two

methods was less than 20% for all three periods. Since the vertical advection

during Pd. 1 was small at all depths, we expect that the Eulerian velocity variance in this period is a reasonable estimate of the semi-Lagrangian

value. A vertical averaging interval of 30 m, centered around the depth of
each current meter, was used to calculate the time-averaged dissipation rate
and the buoyancy frequency from RSVP profiles in this period. For the latter
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periods when the ADCP data was available, dissipation rate, buoyancy frequency, energy density and shear variance were all calculated along fourteen

isopycnals spaced approximately evenly in depth between densities of
27.5 (

90 m) and 27.91

C

300 m). The mean vertical spacing comparable

to the decorrelation scale of the ADCP trapezoidal filters (see Appendix).
Dissipation rate and buoyancy frequency were averaged vertically over ±5 m

about the local isopycnal position, then time-averaged for each period.

For determining energy density and shear variance, we first filtered the
time series to exclude frequencies that are not described by the model physics.

The excluded components (predominantly sub-inertial) may, however, con-

tribute to the dissipation rate, either directly or through non-linear interactions with the free internal gravity wave field. Fig. 111.2 shows the total

velocity spectra for the least energetic (Pd. 1) and most energetic (Pd. 3)

periods. The GM canonical spectrum based on the local values of
N is provided as a reference. For w>>
described by the

f,

f

and

the wave field is reasonably well

w2 slope of the GM frequency spectrum, with the en-

ergy density in Pd. 1 being about one-haif of the GM level, and about 3

times greater than GM in Pd. 3. Nevertheless, most of the total internal
wave energy is provided by near-inertial waves, which in the present case

for Pd. 3 are less amplified than the high frequency continuum. Note that
the semi-diurnal tides are indistinguishable from near-inertial, free internal
waves, however the dominant tidal line, M2, is sub-inertial

('-'M2

0.97f)

in the absence of significant background relative vorticity. Some fraction of
these forced semi-diurnal tidal motions are included in our estimates of ve-

locity (and shear) variance, but their role in the wave energy flux towards
dissipation scales is uncertain.

53

A different view of the frequency partition of velocity and shear is provided by area-preserving spectra (Fig. 111.3). Velocity variance is dominated

by the diurnal tidal motion. Padman, et al. (1991b) showed that the diurnal

tide was almost entirely barotropic, and is therefore not expected to contribute to internal wave dissipation via instability processes, which rely on
the presence of vertical shear. The shear spectrum peaks near f as expected,
but there is significant energy both throughout the internal wave continuum
and at sub-inertial frequencies.

With these spectra in mind, the internal wave energy density,

Emeas,

was estimated as
1

Emeas

2

[(i12)N2 + (U2) +

(19a)

(V2)]

where
Wnyq

(19b)

(w)dw

(112)

and
(19c)

(U2, V2) =

In (19), the power spectral density of RSVP isopycnal displacements is
while

,(w) and

q(w),

(w) are the power spectral densities of orthogonal, hor-

izontal velocity components, f

1.45 x iO

s, and Wnyq is the Nyquist

frequency (about 1 cycle per hour for RSVP data). The vertical velocity
variance is negligible compared with the horizontal components, and has
therefore been ignored in (19a). The local dimensionless energy, E1, was
estimated from

Emeas

using (12). For estimating 6MM and

eHWF, F2GM

in

equations (6) and (8) was replaced with E1.
Estimates of 510 are needed for the G89 model. Several difficulties arise
in determining the most appropriate technique for estimating shear from the
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ADCPs in a form that is compatible with the analysis of XCP data by G89.

First, the G89 XCP profiles include shear at all frequencies, not just in the
free internal gravity wave band, f < w < N (Fig. III.3b). Nevertheless,
the theoretical models (MM and HWF) assume that all the shear variance is

described by a GM spectrum in which no sub-inertial shear is present. The
coefficient, R (see Eq. 10), applied by G89 to correct 10-rn finite-differenced

shear variance to total shear variance is also based on the GM spectrum:
if a significant fraction of the total shear is due to sub-inertial, or non-GM,
shear, then it Is incorrect to scale total measured shear variance by this value

of R. It has also been suggested to us by M. Gregg (personal communication, 1991) that, given the difficulty of using ADCP shear measurements in

his model based on XCP shears, we should use Eulerian rather than semiLagrangian statistics in this comparison. Given the large diurnal displacements and large mean vertical gradients of

N, Emeas

and 6meas below 180 m

(see Section 3.3, below), however, we believe it is most appropriate to use
semi-Lagrangian statistics wherever possible. As was demonstrated in Table
111.1, Eulerian and semi-Lagrangian internal wave band velocity variances are

approximately the same in the region of nearly uniform

N (100-180

m; Ta-

ble 111.1). Table 111.2 presents a similar comparison for the semi-Lagrangian

and Eulerian second and fourth moments of shear, for both total shear and
shear at frequencies between f and N only. The filtered

(1 <

<N) fourth

moment of shear is typically about 50% of the total fourth moment in both

reference frames. With the G89 model and using a constant value of

R,

independent of w, this implies that the predicted dissipation rate based on
total shear would be twice as large as for internal wave band shear only. If

it is desired to retain the sub-inertial shear for comparison with the XCP
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data analyzed by G89, a more conservative approach would be to assume
that the sub-inertial shear is fully resolved, i.e., it is dominated by very low
wavenumbers, unlike the white shear spectrum to 9c as assumed for internal
gravity waves.

With these difficulties in mind, we evaluated the variance of velocity
shear by integrating the spectral estimates of measured ADCP velocity shear
(4

(w), 4

(w)) between f and N, where the time series of shear was ob-

tained from 8 m and 12 m finite-difference estimates for the 307 kHz ADCP

and the 161 kHz ADCP respectively. Then the total variance of internal
wave shear at wavenumbers less than (2ir/l0)

m1 was approximated by

N
10

where iIi, (w) and

R JfI () +

(w))

,

(20)

(w) are the frequency spectral densities of the mea-

sured, finite-difference shears, Lu/Lz and zv/Lz. In G89, R was used to

correct for the attentuation of total shear variance due to applying a 10 m
finite-difference filter to the XCP velocity profiles (R=2.

11

for the GM spec-

trum used by G89). In the present study, R is calculated to correct both
for the finite-differencing (z = 8 m and

12

m for the 307 kllz and 161 kHz

ADCP respectively), and for the ADCP trapezoidal filter applied to the ve-

locity estimates prior to finite-differencing (see Appendix). For the ADCP

and with the same assumed vertical wavenumber spectrum used by G89
(Section 2.3), R=2.54 for the 307 kllz unit and 3.18 for the 161 kHz unit.

The G89 model is actually based on measurements of Sd, however in

the present experiment both components of shear are sufficiently close to
being normally distributed that the approximation,
(S#d) = 2(Sd)2

(21)
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is valid to within 10% (Table 111.2).

B. Internal wave coherence
The HWF and MM models both require that the shape of the vertical

wavenumber spectrum be parameterized by i9, or j, using Eq. 4. These
variables describe the spatial coherence of the wave field: increasing values

of each implies that the spatial correlation scales in the wave field become
smaller. Either horizontal or vertical coherences can be used for the free

internal wave band since the two are related via the internal wave dispersion
relationship. For a model spectrum, such as GM, measured coherence can be

used to estimate j (see, for example, Levine (1990)). A detailed review of
the coherence structure during CEAREX is beyond the scope of the present
paper, however we present herein a brief analysis as background to generating

predictions from the MM and HWF models.

Two independent techniques were applied to the CEAREX data. The
first involved comparing the horizontal coherences of horizontal velocity from

the 7-element current meter array at 100 m depth, which is usually in the
upper pycnocline but is occasionally in the lower surface mixed layer. Hori-

zontal coherence is used to estimate the wavenumber bandwidth, f3, of the
internal wave field (Levine, 1990). Then, assuming a GM parameterization,

can be determined as a function of /3w. In the present data, j was a
function of both the period of data being analyzed and wave frequency. The
optimum j values are given in Table 111.3: the range represents the variation

with frequency for each period. The most coherent waves (smallest j) were
found over the upper slope of the plateau when the total energy density was

greatest (Pd. 3). Within this period,
unlike the other periods.

was also independent of frequency,
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An independent check on the temporal variability of j was obtained
from the vertical coherence of isopycnal displacements. Fig. 111.4 shows the

measured correlations (for all variability in the frequency band f <

< N)

for Pds. 2, 3, and 4, as functions of mean vertical separation of isopycnals.
Provided the cutoff wavenumber, /3, of the GM wave field is much greater

that ,8, Desaubjes and Smith (1982) showed that the correlation function,
p, is given by

p(6) =

(22)

e"35

where 6 is the mean isopycnal separation. Estimates of j from (22) and (4)
range from j,,

4 during Pd. 3 to j,,,

10 and j

8 for Pd. 2 and Pd. 4

respectively. While these values are different from the estimates obtained
from horizontal coherence, they indicate the same time dependence, with

highest coherence (lowest j) during the most energetic period. As with
horizontal currents, the coherence of isopycnal depth is also a function of
frequency (Fig. 111.5). For example, the coherence of the 0.1-0.3 cycles per

hour band during Pd. 3, is extremely high, and would be represented by

2 3.
111.3.3. Data summary
The CEAREX observations used in this paper are summarized in scatter
plots (Fig. 111.6) of the significant microstructure and internal wave variables

described in the previous two sections. Each point in Fig. 111.6 represents
period-averaged, semi-Lagrangian statistics along isopycnals spaced approx-

imately 15 m apart (the approximate independence scale for ADCP velocity
measurements). The exceptions are the points for Pd. 1 in Fig. III.6b, where

the wave energy was obtained from S-4 current meter moorings and

e

was

averaged over a 30 m vertical interval centered on the depths of these meters
(150, 200 and 250 m).

The observed, normalized internal wave energy,

E1

/EGM, and esti-

mated shear variance, S?O/SM, are both 0(1). These data generally support

the dependence of shear variance on energy density used by G89 (Eq. 11),
although several points in Pd. 4 deviate significantly from this relationship.

These points are from the deeper isopycnals in Pd. 4, and will be discussed

in more detail below. Fig. III.6b compares dimensional measured energy
density, Emeas, with meas The ratio of these two quantities represents a

time scale for internal wave field decay. This time scale in the present experiment is between 2 and 12 days, which is an order of magnitude smaller

than for the mid-latitude thermocline (' 30 -130 days; Gregg and Sanford,
1988). Since shear variance is correlated with energy density (Fig. III.6a)
and 6meas is a function of Emeas (Fig. III.6b), it is not surprising that Emeas

and shear variance are correlated (Fig. III.6c). We note, however, that the
two variables are not tightly coupled, preventing an accurate determination
of the optimum coefficient, n, for a model based on e x S. Fig. III.6d com-

pares N2 as a function of the estimated variance of 10 m shear, S. Lines of
constant slope indicate different 10 m variance Richardson numbers which,

in this data set, are generally between 0.5 and 2. This value is consistent
with both the GM canonical value (Munk, 1981) and the value assumed by
HWF.

The depth-dependence of the parameters required by the various models is shown in Fig. 111.7. The average values are based on semi-Lagrangian

estimates for Pds. 2, 3, and 4, plotted at the mean depth of each reference
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isopycnal. Each parameter is approximately constant in the upper pycnodine, where N is fairly uniform, then decays with depth as N decreases. We
shall discuss these profiles in more detail in the following Section.

111.4. Comparision Between Observations and Models
Predicted and observed values of &, computed as functions of depth for
all four periods, are shown in Fig. 111.8. The nondimensionalized, measured
wave energy density, E1

(Eq. 12), and a period-dependent j, were used

to compute MM (Eq. 6) and HWF (Eq. 8) dissipation rates. A value of

j = 4 was used for Pd. 1 and Pd. 3, and j, = 6 for Pd. 2 and Pd. 4.
Each value of j,, is a compromise between estimates based on the horizontal

coherence of velocity and the vertical coherence of isopycnal displacements
(Table 111.3). The dissipation rate predicted by G89 was obtained from the

estimated fourth moment of shear at wavenumbers less than (2ir/10)
((Sf0)).

m1

For Pds. 2, 3, and 4, (S) was obtained from measured S1 : for

Pd. 1, shear was estimated from

Emeag

and the canonical GM values for j,,

b, and /9.
The time-averaged MM prediction, 6MM is higher than Emeas by a factor

of 2-5 during Pd. 2 and Pd. 4 (Figs. III.8b and III.8d), and is lower by a
factor of 2-10 during Pd. 1 (Fig. IIL8a) (although note that &meas is close to
the noise floor of 109m2s3 during this period). During the most energetic

period, eMM is very close to the observed values (Fig. II1.8c). In the last

three periods, the depth dependence of EMM is consistent with the measured
profiles. As G89 noted, the MM and HWF models have essentially the same

parameter dependencies and differ only by the constant and the cosh' (N/f)

term in the HWF model. The latter term is approximately constant within
realistic ranges for N and

f,

hence we find the same relationship that G89

found, i.e.
EHWF

MM

7611wF

Compared with the measured dissipation rates,

is low by a factor of about 10 for Pd. 1 and by a factor of 2-8 for

the other periods. The Richardson number estimated from observations,
(=N2/(S0), Fig. III.6d), is comparable to the value used in the HWF

Ri10

simplified analytical model, where Ri=2.0 for a wavenumber shear spectrum

integrated to 3,,. The validity of the other assumptions (such as /3,//3 = 2

and r=0.4) used in the HWF model cannot, however, be determined from

this data.
The G89 model based on internal wave band (f <w <N) shear underestimates the CEAREX thermocline observations by approximately a factor

of 10 for Pd. 2 and Pd. 3. During Pd. 4, the G89 prediction is lower than
6meas

by a factor of 10-30 in the upper 175 m while it is within a factor

of 2 below 175 m depth. During Pd. 4, unlike other periods, the predicted
vertical structure of e

is not comparable to the structure of

meas,

even

though EMM and eHWF follow the measured profile. The deep estimates in

Pd. 4 are the points in Fig. III.6a that have substantially more measured
shear variance than is expected from the measured energy density.

The GH and GA scaling arguments are tested in Fig. 111.9 for all four

periods. In each panel, the profile mean of each scaled property is unity.
There is some suggestion in Pd. 1 that the N1° scaling (Gil) is better than

the N'5 scaling, however we caution that the dissipation rates in this period

are near the noise floor. In the other periods there is no obvious preferred
scaling, even when the dependence of E1

is included (GA). This ambiguity

N within each profile, and
Emea8 and N (see Fig. 111.7).

is due to the small relative changes of Emeas and

to the significant cross-correlation between
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Tests of the

N2 dependence of the HWF and MM models against the

GA dependence on E1N15 (Fig. 111.10) are similarly inconclusive.

Finally, for completeness we consider the empirical strain-based model

discussed by Padman, et al. (1991a). This model is a hybrid of the (Sf0)
dependence of G89 and the strain dependence of Desaubies and Smith (1982;

(DS)). Using (17), we assume that the strain variance is proportional to
the shear variance, i.e.,

S2 cx

ma Note, however, that the constant of

proportionality depends on the shape of the wave field frequency spectrum,
since

r83

(= S2/\ms) is frequency-dependent. For example, if most of the

energy is near f, where shear is large but strain is small, r88 is small. On the

other hand, if higher frequencies are relatively large,

r83

will also be large.

Fig. 111.2 shows that the near-inertial spectral peak is less amplified over
the upper plateau slope (Pd. 3) than is the high frequency spectral density,
therefore we expect to see a larger value of r33 than would be found in a GM
wave field. The value of

r33

is also sensitive to the assumption of frequency-

wavenumber separability, but this is beyond the scope of the present study.

Desaubies and Gregg (1981) show that

rms

is a measure of the ef-

fect of vertical advection of waves by themselves, i.e.,

)tms

describes the

non-linearity of the wave field. They note that at sufficiently small vertical

averaging scales, the distribution of strain is skewed, with the modal value

being less than the mean. The effect becomes increasingly pronounced as
the vertical differencing scale is decreased. One result is that there is not a

simple relationship between the fourth and second moments of strain

(c.f.

Eq. 21). Nevertheless, for the purposes of developing a first-order empirical

model, we assume that Eq. 9 can be re-written as:

=7x

10_b

2

(N2)

N20

1A210/

\

1)2
I.

12'

1OGMJ

[m2s31

(23)

where

is the strain evaluated by flnite-differencing between isopycnals

with a mean separation of 10 m (Eq. 18), and )tOGM is the variance of 10 m,
flnite-differenced strain in a GM wave field with the canonical energy density.

Both the measured and the canonical scaling strain variance are calculated in
the same way, therefore no scaling coefficient needs to be applied to the data

to evaluate (23). DS showed that, for a continuum spectral representation of
the vertical wavenumber spructure of isopycnai displacements,
0.27.

Po,GM]h12

DS used the analytical approximation proposed by Desaubies and

Gregg (1981) rather than the Gargett, et al. (1981) spectrum, however this
changes the results only slightly. We therefore use the same constant, 7 x
10-10

in (23) as G89 determined empirically for his shear-based model.

The 10 m rms internal wave strain,

(\2)1/2),
'jO,rms (

was evaluated

for each of the last three periods. For each period, three density ranges were

considered, based on the profile of N in Fig. 111.7: the upper thermocline,
constant-N region, 100 to 170 m (U); a transition region, 170 to 220 m (T);
and the lower pycnocline, 220 to 270 m (L). Only the variation of strain in the

internal wave frequency band, f <w <N, was considered for compatibility

with our analyses of other models. For the nine resulting variance estimates,
Aio,rms

varied between 0.32 and 0.53, significantly higher than in the canon-

icai GM ocean. Predicted dissipation rates based on (23) are compared with
(&meas) for the same time and density ranges in Table 111.4. For comparison,

the HWF, MM and G89 predictions are shown for the same averaging time

and density ranges. The mean predictive ability of the strain-based model
is very good, suggesting either that strain is itself dynamically relevant, or

that

is a good indicator of the total shear variance.
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111.5. Difficulties in Estimating Model Parameters
The G89 model requires that we obtain reliable estimates of both (e)
and (Sf0). Gibson (1991; and related papers) has discussed the need for

adequate statistics to provide a stable estimate of (e), given the inherent
intermittency of oceanic dissipation rates. In the present data set, however,

we found that the expected value of (e) based on lognormal statistics for
was very close to the arithmetic mean for each period and depth range. The

details of the distribution of dissipation rates will be discussed in a future
manuscript.
Potentially greater errors arise from our method of obtaining (Sf0) from

ADCP profiles. The ADCPs provide much better temporal resolution of the
velocity shear than the XCP profiles used by G89, however the vertical res-

olution of the velocity profiles are significantly worse, resulting in a larger

correction coefficient R (Eq. 10). For the HWF and MM models, the calculation of (E) is relatively straightforward, however the determination of
j

(or i3) is not. As we have seen above,

j

is

a function of both wave fre-

quency and time in the CEAREX region. Furthermore, estimates of j from
the horizontal coherence of horizontal velocity and the vertical coherence of
isopycnal displacement agree only qualitatively (Table 111.3). We therefore

address the difficulties in estimating both (Sf0) and j below.

111.5.1. Evaluating (S) for the G89 model
As we found during our analysis of ADCP data, without prior knowledge

of the wave spectrum it is impossible to determine the fourth moment of total
(dynamically relevant) shear from profiles of filtered, finite-differenced shear.

The problems arise in both frequency and vertical wavenumber space. As
Fig. III.3b indicates, a significant fraction of the total shear in the CEAREX

region is sub-inertial, including the M2 semi-diurnal tide

(wM2

0.97f).

There are two obvious difficulties introduced by this sub-inertial shear. From

the data analyst's perspective, the problem is that the transition from the

fourth moment of finite-differenced shear, (Sd), to (S) requires that the
fully-resolved vertical wavenumber spectrum is known a priori. While this
may be true for f <c < N if there is indeed some universality of the oceanic
internal gravity wave field as supposed by G89, it is not obvious how to scale

the finite-differenced sub-inertial shear. Even within the free internal wave

band, the fourth moment of total shear is only well-represented by

(Sf0)

if the shear spectrum rolls off rapidly near a wavenumber of (2ir/10) m1,
independent of the wave field energy density (Gargett, 1990). For example,
Duda and Cox (1989) present evidence for an energy-dependent value of /3g.

Indeed, as Gargett (1990) noted, the cutoff wavenumber (/3) and dissipation

scale wavenumber (3: HWF) must vary with

E1

if HWF's hypothesis of

a constant critical Richardson number (Eq. 7) is valid.
In the present study, we have used only the shear between f and N, and a
scaling coefficient, 11, consistent with the Gargett et al. (1981) model vertical

wavenumber spectrum as the best estimate of

(S.IJ). The incorporation of

the sub-inertial shear scaled by the same value of R leads to dissipation rate
predictions that are about twice as large as for internal wave band shear only

(Table 111.2). We note that the frequency content of the shear from G89's
XCP sets is at best very poorly known, so that G89's use of total shear and

the value of R appropriate to his measurement technique requires that the

shear in his data sets is predominantly due to free internal gravity waves
described by the GM spectrum.
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A second difficulty is that the mechanisms by which energy is transported through the wave spectrum will be different if significant sub-inertial

or non-GM shear is present. This problem is also relevant to the HWF and
MM models, each of which has assumed a GM spectrum and specific resonant or non-resonant interaction mechanisms between different wavenumber-

frequency pairs. It is not obvious, without further modelling of the observed

wave spectrum, how this anomalous shear would affect the relationship between

(e)

and (S)

111.5.2. Estimating j,

for the HWF

and

MM models

The GM model wave field has a vertical wavenumber dependence whose

spectral shape is independent of frequency, and is dependent only on the
vertical wavenumber bandwidth parameter,

i3. The vertical mode scale number,

j, is

and the cutoff wavenumber,

simply related to /9, (Eq. 4)

via constants describing the large-scale background density stratification.
Both the HWF and MM modelled dissipation rates are proportional to j.
There is evidence, particularly from the Beaufort Sea (Levine, 1990, D'Asaro

and Morehead, 1991), that

j,,

may vary by at least an order of magnitude,

therefore j,, must be estimated reasonably well for us to apply these models

to measurements of internal wave energy density and N.
As we described in Section 3.2,

j,,,

can be estimated from measurements

of spatial coherences in the wave field. In the present study we have used
the horizontal coherence of horizontal currents and the vertical correlation of

isopycnal separation to provide independent estimates of j. The coherence

was found to be a function of both time and frequency (e.g., Fig.

111.5),

however the HWF and MM models need a single value of j since they are
based on GM, in which the spectrum is separable in wavenumberfrequency

space. A simple correlation analysis, such as we used to obtain j from
isopycnal displacements (Fig. 111.4), provides a single value of j for each

region analyzed, but may be misleading. Spatial correlations are dominated

by the coherence of the most energetic frequency bands, but these are not
necessarily the waves that are most directly responsible for the intermittent,

energetic mixing events. For example, there is a peak in coherence in the
most energetic period (Pd. 3) at frequencies of 0.1-0.3 cycles per hour (cph).

Padman, et al. (1991a) have proposed that a 6-hour tide (w

0.16 cph)

is present during this period as a harmonic of the cross-slope flow of the
topographically-trapped diurnal tide (Padman, et aL, 1991b). The 6-hour,
bandpassed transect of isopycnal displacements suggests that, during this
period, 6-hour waves are propagating upwards into the pycnocline from the

weakly stratified deep ocean. The high coherence (and therefore low j) in

this frequency band may therefore reflect the recent, or local, generation
of these waves. Period 3 is also the period in which large-amplitude, high
frequency wave packets were found (Padman and Dillon, 1991; Czipott, et
al., 1991). These wave trains are of short duration and exist at frequencies
higher than the Nyquist frequency for the isopycnal displacement data. As a
result, they contribute a negligible signal to the correlations (Fig. 111.4) and

are not resolved in the plots of frequenct-dependent coherence (Fig. 111.5).
Nevertheless, we suspect that there is an important dynamical link between
these waves and the energetic mixing patches that we find during Pd. 3. One

possibility, yet to be explored, is that the additional shear associated with
low coherence in these wave trains adds to the predominantly near-inertial
shear (Fig. 1II.3b) to create the necessary conditions for the development of

instabilities. If this is true, the appropriate j for modelling purposes may
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need to be weighted towards the vertical structure of these wave packets even

though, when averaged over the entire period, the wave packets contribute
little to the total energy, shear variance, and spatial correlations.
It is not known whether any of these, or similar, anomalous properties
of the wave field were present in the regions analyzed by G89, although the

PATCHEX wave field is statistically similar to GM when viewed in semiLagrangian coordinates (Sherman and Pinkel, 1991). It is, however, likely

that the deviation of the CEAREX wave field from the GM model is more
pronounced than in the mid-latitude, open ocean data sets because in the
present case we appear to be very close to a topographic source of internal
waves.

111.6. Discussion
Gargett (1990; GA) has already commented on some of the perceived

weaknesses of G89's analysis. In particular, GA notes that (a) the HWF
model is very sensitive to the assumption of the scale at which the transition
from waves to irreversible turbulence occurs, and (b) the relationship (Eq. 11)

used by G89 to relate his shear-based model to HWF is incorrect if 13 varies

with energy density. Gargett's third conclusion, that the ranges of

E1

and N in G89's data are too small to distinguish between plausible scaling
arguments, has been shown (Fig. 111.9 and Fig. 111.10) to be also true in

the present data set. The failure of the G89 model in the CEAREX study
region is not surprising, however, given the anomalous features of the wave
field (Section 3.2). Nevertheless, the present data set remains consistent

with G89's observation that the measured dissipation rates lie between the

HWF and MM predictions, provided the local value of f is used and the
variable wave field coherence is retained through the models' dependences

on j. Furthermore, when strain rather than shear is used in a scaling model
(Eq. 23), the predicted and measured dissipation rates are very close to each

other (Table 111.4). We therefore suggest that, in spite of Gargett's (1990)
concerns about G89's analysis, it remains a useful exercise to refine empirical

models of internal wave dissipation rates while improved dynamical models
are being developed.

The internal wave parameters required by the models that we have dis-

cussed are, in theory, obtainable from mooring data. If the goal is to obtain
long-term averages of climate-relevant diapycnal fluxes, even fairly inaccurate model predictions may be preferable to extrapolating the measured mean

dissipation rates from short-duration microstructure programs.

The uncertainties in the HWF and MM predictions due to the variabil-

ity in j,. estimates prevent an unambiguous test between the mechanisms
for wave-wave interactions proposed by each model. For Pd. 3, however, the

estimated j from horizontal coherences is independent of wave frequency,

and is comparable with j,, obtained from isopycnal correlations. For this
period, the MM model prediction is very close to

meas

(Fig. 111.8). Is this a

fortuitous agreement, or is it reasonable to expect that the modelled mechanisms will be valid in this region, which is presumably near an internal wave
source? If this is a plausible scenario, then high-frequency, low-wavenumber
waves would transfer their energy towards low-frequency, high-wavenumber

waves through the parametric subharmonic instability (PSI) and induced

diffusion (ID) mechanisms. We have previously postulated (Padman, et
al., 1991a), that significant sources of internal waves in the pycnocline are

bottom-generated 6-hour tides and high-frequency wave packets. The PSI

and ID mechanisms might therefore smoothe the spectrum around these
source frequencies, and transfer energy towards the inertial frequency.

In contrast, G89 found that the open ocean observations were much
closer to the predictions of the HWF model, in which the energy flux is
consistently towards higher frequencies and wavenumbers. It is therefore
plausible that the energy flux through a "steady-state" wave field occurs via

scale-separated interactions with the principal wave energy source near the
inertial frequency, while the PSI and ID mechanisms are more effective near
high-frequency wave sources. While this is obviously speculative, it suggests

that the dissipation rate might lie anywhere between the HWF and MM
predictions depending on the proximity to wave sources, and the relative
importance of near-inertial and high-frequency wave generation.

Somewhat surprisingly, the most effective model tested by us was the
ad hoc strain-based model (Eq. 23), which was a hybrid of the DS analysis

of Richardson number statistics and G89's scaling arguments (Eq. 9). The
relationship (Eq. 17) used to relate strain variance to shear variance is only
valid for a GM spectrum: as we have shown, the CEAREX spectrum deviates

significantly from GM. For example, while most shear occurs at frequencies

near f, the strain spectrum in the GM model peaks at higher frequencies,

and in the CEAREX data is distributed over a broad range of frequencies

(Fig. III.7e of Padman, et al., 1991a). Since the wave strain is a measure
of the variation of the buoyancy gradient, an increasing ratio of strain to
shear variance implies that changes in N become more important to determining the Richardson number. Perhaps close to wave sources, the strain of
high frequency waves plays a larger role in creating critical (low) Richardson
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number events than it does in the open ocean, where near-inertial shear is
usually implicated.

Assuming that the cutoff wavenumber,
(2ir/10)

m1

is close to the value of

assumed by DS and G89, the true rms strain (Eq. 16) irn-

plied by these 10 m finite-differenced measurements is between 0.6 and 1,
compared with

Arms

0.5 quoted by DS for a canonical GM wave field. The

probability that Ri is less than 0.25 varies from 13% for ArmsO.60 to 40%
for Arms=l.O (Eq. 7 in DS). Richardson number statistics are therefore very

sensitive to Arms. The numerical simulations of mixing rates by DS reflect

this high sensitivity of Ri statistics to

Arms.

In DS, (e)

A's, where

compared with n = 4 in our hybrid model. The limited range of A10

rrn8

9,

and

the uncertainty in /3 prevents us from discriminating between these models.
If, however, as Duda and Cox (1989) suggest,

increases with increasing

Emeas, then the true rms strain (Arms) will not change as rapidly as A10 rma
The probablility of shear instability (expressed as Pr(Ri <0.25)) will there-

fore be smaller than expected
of the exponent,

n,

as A10

r,n8

increases, suggesting a lower value

than the DS simulations indicate.

111.7. Summary
In this chapter we have explored the viability of using internal wave
dissipation models to predict the turbulent kinetic energy dissipation rate in
a region where the wave field deviates significantly from the GM assumptions

on which the models are based. The principal conclusions are as follows.

(1) Although the measured wave energy and estimated shear variance are
comparable to mid-latitude ocean Garrett-Munk values, &meas is an or-

der of magnitude higher than in the open ocean. This implies that the
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G89 model, which is based only on the measured fourth moment of shear

and mean buoyancy frequency underpredicts the dissipation rate by a
factor of about 10.

(2) The measured dissipation rate in the present study usually lies between

the predictions of HWF and MM, when the value of j used in these
models is allowed to vary according to measured spatial coherences in the

wave field. Since this is consistent with G89's mid-ocean observations,

it suggests that an approximate, empirical model of dissipation based
on relatively simple measurements of the wave field is still viable even

in regions with non-GM wave properties. The data requirement for
measuring j,, is, however, much greater than was proposed by G89 for
estimating (Sf0).

(3) A modified G89 model based on internal wave strain rather than shear
gives the correct magnitude for mean dissipation rates. This may reflect
the increased importance in this region of wave strain compared to shear

in creating wave instabilities. It may, however, simply indicate that the
strain, which is obtained from high-resolution hydrographic profiles, is

better resolved than the shear estimated from ADCP velocity profiles
and an assumed vertical wavenumber spectrum.

(4) Without some a priori understanding of the total wave spectrum, there
are significant difficulties in obtaining the fourth moment of 10 m shear,
(Sf0), required for the G89 model. Frequency-dependence of the vertical

wavenumber spectrum, including j, precludes the scaling of the fourth
moment of measured, finite-differenced shear to (Sf0) by the coefficient,
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B, based on the measurement technique and the GM spectrum. Furthermore, if the cutoff wavenumber (j3) is not constant, then it is not
clear that

(Sf0)

is actually the dynamically relevant quantity to use.

(5) The small relative ranges of N and

Emeas,

and the correlation between

these variables, prevents us from discriminating between the parameter

dependence of the HWF and MM models and the GH and GA scaling
arguments.

Further study of the dissipation mechanisms for internal waves is required before models of dissipation rate based on low-order internal wave
statistics can be applied successfully in all oceanic regimes. The strong dependence of

on

rims

strain in the DS stochastic model, and on

rms

shear

in the MM and HWF models, indicate that extensive measurements of the
internal wave field wave energy and coherence structure are required in or-

der for these models to be applied successfully to wave fields that deviate
significantly from GM. The GH and GA scaling arguments predict simple
scaling dependencies of on

N and wave energy density, but do not predict

the absolute magnitude of dissipation rates. It is probable that in regions
close to internal wave sources such as the Yermak Plateau, wave anisotropy

and higher-order internal wave statistics need to be considered for effective
modelling of the dissipation rate, eddy viscosity, diffusivity, and associated

diapycnal fluxes. Nevertheless, such local mixing "hot spots" might dom-

inate the

average

diapycnal exchange processes in the world's oceans and

therefore require further theoretical and observational study.
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Table 111.1. Velocity variance (f < < N) for semi-Langrangian and Eulerian co-ordinate
systems. Eulerian estimates average between 100 and 180 m. The semi-Langrangian estimate
is averaged over isopycnals with mean depths between 100 and 180 m.

Period

Semi- Langrangian
(104m2s2)

Eulerian
(104m2s2)

(u2)L + (v2)L

2
3
4

22.8
38.3
18.4

15.0
27.5
10.0

37.8
65.8
28.4

(u2)E + (V2)E

15.0
32.0
17.0

15.5
39.0
12.0

30.5
71.0
29.0

Table 111.2. Comparison between semi-Langrangian and Eulerian estimates of (S?) and
2

(Sf0), where

LV2

(S0) = (R{() + (i-) ]) and

(S)

/U2
&2
([R{()
+ ()

It (= 2.54) is the amplification coefficient for the 307 kHz ADCP (see Appendix) and angle brackets denote
the time average. Four minute averaged 307 kHz ADCP data is used. Eulerian estimates are averages over the
depth range 100-180 m. Semi-Lagrangian estimates are averages over isopycnals with mean depths between
100 and 180 m. Note that
2(S?o)2.
(Sf0)

Period

Semi- Langrangian
x
106.s2
(SO)L
(SO)L x l010.s4

(SO)E x 106.s_2

(S0)E x

f-N band

Total

f-N band

Total

f-N band

Total

f-N band

Total

2

27.1

35.0

14.5

25.1

30.6

34.7

19.2

24.8

3

47.1

72.9

46.1

102.5

43.9

63.0

41.5

80.8

4

17.7

36.1

6.4

22.8

19.8

28.3

9.4

17.3

Eulerian

Table 111.3. Variances of horizontal velocity (f <w < N) for clockwise ((U)) and counterclockwise ((U))
spectra from moored S-4 current meters; total velocity variance ((U) + (U2)); mean buoyancy frequencysquared (N2); isopycnal displacement variance (2); ratio of potential to horizontal kinetic energy
(PE/KE
N2ii2/((U) + (U))); and j. estimated from the horizontal coherence of horizontal velocity, and the vertical
correlation of isopycnal displacements.

Depth
(m)

(U)

(UCW)

(10- m2s2)

(10

m2s2)

(U) +

(1O- m2s2)

N2
(104s2)

16.8
9.9
6.1

0.46
0.18
0.08

(U2)

2

PE/KE

Period 1: 87 <2 <93
150

14.3

200
250

8.4
4.6

Period 2: 96.7 <
150

200
250

2

< 103
8.5
6.9
13.3

33.5
39.9
33.6

0.46
0.18
0.08

31
38
99

250

63.4
48.2
47.2

23.4
13.2
12.0

86.8
61.4
59.2

0.46
0.18
0.08

98
84
173

50.0
53.1

0.46
0.18
0.08

39
47
39

200
250

30.7
38.5

19.3
14.6

10

3

4

3-12

8

0.52
0.25
0.24

Period4: 110<2<114.3
150

6

0.43
0.17
0.24

Period 3: 103 <2 < 110
150
200

(vert.)

6

3

2.5
1.5
1.5

25.0
22.9
20.3

j

j

(horiz.)

(m2)

0.17
0.06
00

Table 111.4. Model predictions for the 4 periods. The three depth ranges
refer to isopycnals with mean depths as follows: (U) the upper thermocline
(100 < < 170); (T) the transition region, (170 < < 220); and (L) the
lower thermocline (220 < < 270) in (see Fig. 7). The 10 in rms strain,
is evaluated after band-passing the measured 10 m strain (Eq. 18)
)tiorms

between f and N. The predictions of each model have been scaled by (6meas).

The scaled MM and HWF models in Pd. 1 may be underestimates because
(6meas) is near the noise floor of about 109m2s3 in this period. Mean
values are arithmetic means of the 9 bin averages for the last three time
periods.

Period

1

Depth
range

N/NO

A10 rms

U

1.3

-

T

0.92
0.56

L
2

U

T
3

L
U

T
L
4

U

T
L

1.3
0.92
0.56
1.3
0.92
0.56
1.3

0.92
0.56

Mean
GM

1

MM

HWF

o.ssf

o.o7f

0.33k

G89

A

-

-

-

0.09t

004t
0.olt

0.37
0.40
0.48
0.43
0.51
0.53
0.36
0.39
0.32

2.0
5.0
3.0
1.5
0.94
1.5
2.0
3.0
1.8

0.25
0.73
0.40
0.22
0.13
0.22
0.17
0.43
0.26

0.14
0.30
0.25
0.12
0.10
0.10
0.06
0.50
0.50

0.21
0.73
2.1
0.90
1.13
2.11
0.77
1.03
1.05

0.42

2.3

0.31

0.23

1.01

0.27

t Values may be underestimated due to the low signal-to-noise ratio for
(Emeas) in Pd. 1.
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IV. SOME DYNAMICAL AND STATISTICAL PROPERTIES

OF TURBULENCE IN THE OCEANIC PYCNOCLINE

Abstract
Statistics of turbulent patches are used to describe the nature of mixing

in the pycnocline near abrupt bottom topography. It is found that the turbulent kinetic energy dissipation rate, 6r averaged over a region of height r
has a lognormal distribution consistent with Kolmogorov's third hypothesis:
ln(er)

fies L

= A + u ln(L /r) where
>>

r >>

,

L,,.

is the variance of ln(Er), r satis-

is the size of the mixing patch, i is the Kolmogorov

scale, A depends on the large-scale flow field, and .i is a "universal" constant (0.28 0.42). The variance of lfl(Er) depends on the Reynolds number,
Re,

and characteristic length scales associated with turbulent patches. The

majority of the observed turbulent patches near abrupt topography may be
explained with the conventional ideas of shear-driven turbulence. However,
some events with large overturning structures are substantially different from

the predictions of shear-driven turbulence, suggesting that there is at least
one other source of turbulent kinetic energy besides shear production. Based

on inertial-subrange energy arguments, it is proposed that the overturning
seen in these events is a release of potential energy to kinetic energy, such as

might be expected from advective instability in a finite-amplitude internal
wave field.

IV.1. Introduction
Mixing mechanisms in geophysical fluids not only depend on the back-

ground stratification but also on the external forcing conditions. Away from
boundaries, the main source of oceanic turbulent energy comes from internal

wave motions via irreversible wave instabilities. These instabilities are initiated either by the Kelvin-Helmholtz (K-H) instability (where the Richardson

number becomes less than 0.25, Miles, 1961) or by the advective instability
(where fluid parcel velocities exceed the phase speed of the wave motion; Orlanski and Bryan, 1969). The time evolution of a K-H billow is poorly known.

Laboratory experiments suggest that a possible mechanism for breakdown
of a K-H billow is gravitational collapse within the billow (e.g., Rohr et al.,

1988). During this process nearly one quarter of the turbulent kinetic energy (TKE) is converted to gravitational potential energy (Thorpe, 1973).
Thorpe (1987) reported that a K-H billow persists for several buoyancy pe-

riods (

10/N s, where the buoyancy frequency, N,

is in s), before it

develops secondary instabilities. Gregg (1987) suggested that the overturn-

ing length scale (Thorpe scale,

LT;

Thorpe, 1977) is much larger than the

buoyancy length scale (Ozmidov scale, L0; Ozmidov, 1965) during the initial

stage of a K-H billow. Gregg's arguments were based on the flow visualiza-

tion studies of Thorpe (1973) and Koop and Browand (1979). Excellent
discussions of stratified mixing in laboratory and oceanic experiments are
given respectively by Fernando (1991) and Gregg (1987).

Observations suggest that stratified mixing in the ocean interior is usually

found with an approximate equality of the Ozmidov and Thorpe scales

(Dillon, 1982; Crawford, 1986; Peters et al., 1988; Imberger and Ivey, 1991).

It is also found that if buoyancy flux is neglected in the temperature variance

budget, the observed temperature variance would decay within one tenth of a
buoyancy period (Dillon, 1982; Peters et al., 1988). i.e., the observed temper-

ature variance decays rapidly unless there exists external sources of energy.
Recent comparisons of internal wave dissipation models with observed TKE

dissipation rates

(E)

support the concept of statistically steady-state energy

transfer processes in the oceanic thermocline (Gregg, 1989; Wijesekera et
al., 1992). These models are based on the transfer of energy towards smaller
scales by wave-wave interactions (McComas and Muller, 1981; Henyey et al.,
1986).

The time scale of development of internal wave instabilities in the
oceanic thermocline is not well understood. The determination of these time
scales from fine-scale and microstructure data is one of the major challenges
in modern turbulence studies. Oceanographers generally measure microscale

fluctuations as either horizontal or vertical transects, with each turbulent
patch being treated as a single realization of a random process. This is sim-

ply because of the inherent sampling and flow visualization problems. Unfortunately, it is almost impossible to find the time evolution of a turbulent
patch directly from the existing measurements. Although we do not have the

time history of an individual patch, however, we clearly sample patches at
different stages in their development. Distributions of some patch statistics
(e.g., LT /L0) may give some information about a patch's time evolution.

Turbulence measurements like e and the rate of dissipation of temperature
variance (XT) have, however, significant spatial and temporal variability even

within a single turbulent patch, and these variabilities may complicate the
interpretation of patch statistics.

It has been suggested that e,

XT,

and other first order scalar properties

in homogeneous turbulence belong to a family of lognormal distributions
(Gurvich and Yaglom, 1967). Measurements of e in oceanic mixed layers
support this hypothesis (Shay and Gregg, 1986; Crawford and Dewey, 1990).

Baker and Gibson (1987) reported that

and XT were also lognormally dis-

tributed in the thermocline data that they analyzed. The observed variances

of the natural logarithms,

n(e)

and

c4fl(X

)

ranged from 3 to 7. These

variances can be interpreted as the intermittency factors of e and

XT re-

spectively (Baker and Gibson; 1987), since they determine the probability of

occurrence of the large, rare events that tend to dominate the mean values.
In general, however, the lognomial distribution is not a good description of

e and

XT

variability in the thermocline. Lyubimtsev (1976), Lueck (1988),

Yamazaki et al. (1990), Peters and Gregg (1988), and Mourn et al. (1989)
have all found substantial deviations between their data and the lognormal

distribution. A recent study by Yamazaki and Lueck (1990; hereafter YL)
demonstrated why oceanic dissipation rates in the thermocline should not
be expected to be lognormal. They showed, however, that thermocline dissipation rates do follow lognormal distributions when dissipation estimates
lie within the constraints of the Gurvich and Yaglom (1967) theory.
In the present paper we will discuss some statistics of scalar and velocity

gradient variability in patches in order to address the issues discussed above.

The discussion will consist of two major parts. We will first investigate the
lognormal distribution of c within a large number of mixing patches observed

near the Yermak Plateau during the Coordinated Eastern Arctic Experiment
(CEAREX). We will then use patch statistics such as distributions of LT

/L0

and mixing efficiencies to describe the nature of turbulent mixing in the

91

pycnocline. The paper is organized as follows. In Section 2, lognormal

distributions of e are discussed along with a brief review of lognormal theory.

We briefly review the existing eddy diffusion models, describe the turbulent

length scale arguments, and compare the eddy diffusion models (Section 3).
A summary is given in Section 4.

IV.2. Lognormal Distribution of e
IV.2.1. Brief review:
The idea that

t) has a lognormal probability distribution was first

proposed by Kolmogorov (1962) and Obukhov (1962). These papers discuss

some of the arguments on which this hypothesis was based. Later, Gurvich
and Yaglom (1967; hereafter GY) derived a lognormal theory for e based on
the work of Kolmogorov (1962) and Obukhov (1962). GY proposed that the

TKE dissipation rate averaged over a length scale, r, follows a lognormal
distribution with variance
L

tnt,.

= A(x,t) + 1n()

(1)

where A depends on the macroscale properties of the flow,

is a "universal"

constant, and L is an external length scale of turbulence, for example, the
size of the largest eddies. The domain or volume average of e(, t) is

6r =

1

Vr

I

/ 6(i,t)dx

(2)

JV,.

where Vr is an averaging volume characterized by a length scale r. The
length scale r satisfies

i

<< r

L,

where ij is the internal length scale

of turbulence or Kolmogorov scale, i =

(zi3/&)h/4,

and vi is the kinematic

viscosity. Equation (1) is generally referred to as Kolmogorov's third hy-

pothesis. The constant, z, is determined empirically, and is approximately
0.4 (Gibson et al., 1970).
A complete derivation of the lognormal distribution of e is given by GY.

Their original derivations are exclusively for statistically homogeneous turbulence; excellent discussions of the lognormal distribution of E are given by
Yamazaki (1990), YL, and Monin and Yaglom (1975; chapter 8). YL demon-

strated that the GY theory of lognormality of e can be applied successfully
to turbulence in the oceanic thermocline if the following three conditions are
met:
(i) Er

is statistically homogeneous in the domain,

(ii) the averaging scale is small compared to the length scale

L,

and

(iii) the averaging scale is large compared to the Kolmogorov scale, i.

Turbulence in the oceanic thermocline generally takes place in localized
patches. By assuming e is statistically homogeneous within a patch, the
conditions (ii) and (iii) are easily met by selecting patch size, L, as the
external length scale,

L.

IV.2 .2. Comparison with data:
To examine the lognormality of TKE dissipation rates, we used microstructure data collected during CEAREX with the Rapid-Sampling Ver-

tical Profiler (RSVP; Caidwell et al., 1985). The measured variables were

depth, temperature (T), salinity (5), potential density (a9), and TKE dissipation rate

(E).

The raw sampling rate was 256 Hz for all parameters. At

the mean instrument fall rate of 0.7 m s1, the approximate spatial sampling
rate was 370 cpm, although the resolution of each sensor is much coarser than

this. Most of the energetic mixing in the pycnocline was observed over the
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slope of the Yermak Plateau (Padman and Dillon, 1991; Wijesekera et al.,
1992). Detailed discussions of large-scale hydrography, finescale variability,

and the instrumentation have been given in Padman and Dillon (1991), and
Wijesekera et al. (1992).

A method described by Dillon (1982) was used to identify overturning
structures in the pycnocline. Here, a complete overturn (i.e., a mixing patch)

is defined as the region where no heavier or lighter fluid particles in the
original profile relative to the Thorpe-ordered density are found outside the
patch, and no heavier or lighter fluid particles relative to the ordered density
outside the patch are found inside (see Dillon, 1982 for details).

Salinity spiking is a major problem in determining patch sizes from
Thorpe-ordered density profiles because, in the Arctic Ocean, salinity (S)

controls the density () field.

The following procedure was therefore

adopted to create spike-free density profiles. First, for a given profile, a

five meter-averaged density () was obtained as a function of five meteraveraged temperature (p). A single valued function, W (T) for a given profile

was obtained from a cubic least-squares polynomial fit. The observed tem-

perature, T, was then used as a tracer to recalculate o from

(p).

We

limited our analysis to the upper thermocline ('-' 50 - 250 m) where T and
S were very strongly correlated and were both monotonic in the mean. The
vertical resolution of thermistors used in CEAREX was approximately 0.1 m.

These spike-free density profiles were used to identify the turbulent patches.

A large number of turbulent mixing patches ranging from 0.4 to 40
meters height were found in the CEAREX thermocline. Nearly 400 patches

with Lp greater than 5 m were found during the most energetic mixing
periods. For example, Fig. IV.1 shows four large overturns. Thorpe and
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Ozmidov scales are noticeably different (Table IV.1; see Section 3 for details).

The lognormal statistics of Er were estimated for these patches based on the
instantaneous shear estimates that were obtained by following YL. The time

series of shear was obtained by low-pass filtering with a nine-pole elliptic
recursive filter set to reject signals above 40 Hz

57 cpm) and by high-

(

passing with a two-pole Butterworth filter set to reject signals below 1 Hz (

1.4 cpm). The instantaneous filtered shear variance,

,

was estimated by

squaring every data point in the time series of band-passed shear components

(se, sr); i.e.,

s

=

s + s, then the instantaneous filtered dissipation rate,

&j(, 1) was estimated using isotropic relations (see YL for further details).
A "conventional" spectral estimate of the dissipation rate, e, was found
by Fourier transforming 512-point data blocks of shear data, corresponding

to approximately 1.4 vertical meters. The spectra were integrated with an
adaptive algorithm in the range 1 Hz to 40 Hz, and

E5

was determined using

isotropic relations (Padman and Dillon, 1991). Patch-averaged dissipations

(e8) and (ef), found by averaging

E3

and e1 over complete patches, agree

well with each other (Fig. IV.2).

The variability of lfl(Er) was studied as a function of both L and r,
where L is the patch size and r is the averaging length scale satisfying the
condition i << r << L. First, we computed the lognormal distribution of
Er

by keeping a fixed averaging length scale for all the patches with L

5

m. The number of filtered data points used in the fixed averaging was eight;

thus the vertical averaging length,

r = 0, is about 0.024 m. This spatial

averaging scale, 0, varies from 3i to l6ij, where ij is the patch-averaged
Kolmogorov scale. Note that YL demonstrated that the shortest averaging

length scale to produce a lognorinal pdf is 3i. The normalized variable,

z=

Pln(e0)
0 ln(e0)

was computed by assuming the observed cumulative probability density of

ln(e) is normally distributed, where Pln(e) and Ojn(C ) respectively are the
mean and the standard deviation of ln(er). Shown in Fig. IV.3a is the normalized variable, z, estimated from representative large patches (e.g., Table

IV.1), plotted as a function of lfl[Er/(Eg)], where (es) is the patch averaged
derived spectrally. Most of the patches follow the lognormal distribution

(Fig. IV.3a), especially in the region bounded by 4

lfl[Er/(Es)]

2,

where more than 95% of the data points are included as shown in the cumulative pdf's (Fig. IV.3b). Similar lognormal distributions of e,. have been

reported by YL from both horizontal and vertical profiles taken in the ther-

mocline. The width of the lognormal distribution was estimated from both
graphical (e.g., Baker and Gibson, 1987), and direct (i.e., arithmetic) methods. Since both estimates are comparable, the direct estimate of the variance

of ln(er) is presented here. The patch averaged dissipation rate, (Ei), is sim-

ilar to the maximum likelihood estimate,

Ernie,

(Baker and Gibson, 1987)

obtained from lognormal statistics (Fig. IV.4). This suggests that our sam-

pling rate was sufficient to make accurate estimates of

(ejr) and(E8), even

though E(, t) had a skewed, lognormal, distribution.

The variance of ln(er) was also obtained as a function of length scale
ratios and Reynolds number by bin-averaging the directly estimated van-

ance of ln(er) into appropriate averaging bins. The intermittency factor,
calculated for a fixed averaging scale, e, varied with L/e, LT/i
and L0 /r (Fig. IV.5a), and with Re (Fig. IV.5b). Here, the patch-averaged

Thorpe scale L

is given by LT

placement (Dillon, 1982).
N = [_g/pOp/OzJh/2]

(d12)h/2, where d' is the Thorpe disis the Ozmidov scale, where

L0 = {(63)/N31"2

is the buoyancy frequency from the Thorpe-ordered

density (p) profile (see Section 3). The patch-averaged Reynolds number is

defined as Re =

(e3)/ziN2,

where ii is the kinematic viscosity. The Kol-

=

mogorov scale, i, is given by

The intermittency of

(z13/(E,))h/4.

turbulence increases with Reynolds number as predicted by Monin and Yaglom (1975; Chapter 8). The observed relationships can be approximated as
follows (Fig. IV.5a, b):
a2

= A + jln()

(3a)

a2

A + pin(-)

(3b)

1n(c)

11

a2
In(eO)

a2
ln(eE

= A + ln(.2)

(3c)

I?

= A +pin(Re)

(3d)

where e is fixed, A is assumed to be a function of the large-scale flow field,

and the "universal" constant i is about 1/3 (see Table IV.2). A and i, given
in Table IV.2, were estimated from Chi-square

(x2)

goodness-of-fits. These

statistical fits were made before averaging data into bins.

So far we have studied the lognormality of

ing length scale at a fixed value, r = e

(

Er

by keeping the averag-

0.024 m). The lognormality

for individual events was also examined by varying

r

(Fig. IV.6). Within

a patch, the dissipation rate had a lognormal distribution consistent with
Kolmogorov's third hypothesis,
a2

ln(tr)

=

B+

Lp
1n(),
r

(4)
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where r was varied from

rmjn,

an eight point average, to

rmax,

Lp/20, and

B is assumed to depend on the large scale motions as does A in (3). The
"universal" constant, i, estimated graphically from the slopes of the lines
shown in Fig. IV.6, is about 0.42. One would like to know the proportionality

constant (either A or B in (3) and (4)) in order to predict the variability
of e. It is assumed that these constants depend on the large scale flow field
(Kolmogorov, 1962). However, it is not clear how O() is related to the large

scale flow field. It would therefore be useful to study these relationships by
comparing the internal wave properties such as shear, strain and background

Ri, and also the ratio LT/LO, with Oh). If the distribution of LT/LO tells
us someting about the time scale of a turbulent patch (see Section 3), then a
relationship between

LT /L0

and

may provide the intermittency of e

as a function of time. However, the scatter plot shown in Fig. IV.7 indicates

no apparent relationship.

In summary, it is found that the volume-averaged dissipation rate,

er,

is lognormally distributed within mixing patches in the oceanic thermocline,

where the domain size is characterized by the patch size,

tency factor,

L,,.

The intermit-

increases with patch size, Thorpe scale, Ozmidov scale,

and Reynolds number, and also decreases with increasing averaging length
scale, r.

IV.3. Energetics of Mixing
The relevant turbulent length scales

(LT

and L0) and mixing efficien-

cies associated with various eddy diffusion models, such as Osborn and Cox

(1972), Osborn (1980), and Dillon and Park (1987), are used to describe the

nature of mixing near the Yerinak Plateau. These steady state models are

based on either potential energy or kinetic energy budgets in which turbulent
fluxes are indirectly estimated from microscale dissipation rates.

IV.3.1. Length scales
Significant dissipation rates in the thermocline are associated with den-

sity overturns. The ratio,

Rmir,

between the total height of overturns and

the depth of the sampled water column indicates what fraction of the water
column is actively mixing or gravitationally unstable. The time averaged
Rmiz is defined as

Rmjx =

where

Lpj /

H1

(5)

is the sum of all overturn patch thicknesses in the depth interval

of thickness H' in the

ith

drop, and N is the number of drops used in time

averaging. The six-hour averaged Rmjx varies from 2% to 40% (Fig. IV.8).
We used 20 days of observations consisting of 1330 profiles beginning at Day

94 and ending at Day 114, in which nearly 11,000 patches were observed
between

50

m and 250 m. The number of drops in each 6-hour time bin

varied from 20 to 30. The largest value of Rmiz was found near the Yermak

Plateau, coincident with the largest observed e (Fig. 1 in Wijesekera et al.,
1992).

The patch-averaged Thorpe scale (LT) was computed from Thorpe dis-

placements and the Ozmidov scale (L0) was obtained from the patch averaged dissipation rate. The buoyancy frequency used in determining L0 from

for each patch was the vertical patch-average from the Thorpe-ordered

profile. The temporal variability of

((LT)),

((L0)) and

((LT /L,))

were

investigated by averaging these variables over 3-hour time intervals during

the period 103.0 <t < 110.0 when most large mixing events were observed

(Fig. IV.9). The symbol, ((X)), denotes a temporal and vertical average

of variable X, which has been previously evaluated for each defined mixing

patch. The number of patches used in each 3-hour time bin varies from
20 to 240, with an average of about 100 (Fig. IV.9a). Both ((LT)) and
((L0)) have similar magnitudes and are highly correlated with each other
(Fig. IV.9b). There is, however, a period near t = 108.7 when

stantially greater than

((LT))

((L0))

is sub-

this is concurrent with a period where the

patch-averaged buoyancy frequency, N (Fig. IV.9d), was much smaller than

the average value of about 2 cph. We do not have a satisfactory explanation

for this anomaly in N, although it may be related to the presence at this
time of large-amplitude, non-linear wave packets as reported by Czipott et
al., (1991).

The 3-hour averaged length scales vary with an approximate diurnal
cycle, as was also seen in the number of patches (Fig. IV.9a), the fraction of

the water column that is mixing

(Rmiz; Fig. IV.8), and the dissipation rates

(Fig. IV.9d). In Fig. IV.9d, the depth-averaged dissipation rate, [eJ, averaged between 100 and 300 m depth, had a clearer diurnal variability than

the patch-averaged value, ((c)). We interpret these observations to mean

that diurnal variations in [] were due primarily to changes in the occurrence frequency of mixing patches, rather than to changes in the strength of
individual mixing events.

Diurnal variability in these mixing parameters is not surprising, given
the observed presence of energetic diurnal tidal currents in this region (Pad-

man and Dillon, 1991; Padman et al., 1992). Padman and Dillon (1991)
noted that high dissipation rates, and the amplitude of high frequency isopy-

cnal displacements, occurred with an approximately diurnal cycle. Further
evidence of the role of tides in forcing the energetic overturns was presented
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in Padman et al., (1991), who showed that shear, strain, and dissipation
rate spectra were dominated by variability near the diurnal frequency or its
harmonics (semi- and quarter-diurnal). The observed quasi-diurnal variabil-

ity in ((LT)) and ((L0)) (Fig. IV.9b) supports this view that the energetic
overturns are related to the tidal forcing.
Diurnal variability is less obvious, however, in the ratios ((ET /L0)) and

((LT)) /((L0)) (Fig. IV.9c). The variation in each of these parameters is also

less than a factor of two about their mean values. This result demonstrates

that, on average, the ratio ((LT /L0)) remains approximately constant in
the oceanic thermocline as previously reported (Dillon, 1982; Crawford, 1986;

Peters et al., 1988; Ivey and Imberger, 1991), even though the intensity of
the forcing varies significantly (in this case on a quasi-diurnal cycle).

As we have just shown, when averaged over time and vertically,
LT /L0 does not have a significant temporal variability on the time scales
of the assumed forcing. It is nevertheless interesting to investigate the distribution of values of LT /L0 calculated for each patch in the entire 20-day

record. This distribution was investigated for (a) the entire time record,
(b) the most energetic regions with Rmiz

20%, and (c) the regions with

Rmix < 20%. The distribution of LT /L0 is best represented by a lognormal

form for all cases (Figs. IV.lOa,b). The next question is whether the observed distribution is statistically significant. As we discussed above, several

studies indicate that, in general, LT and L0 are within a factor of 2 of each

other (Dillon, 1982; Crawford, 1986; Peters et al., 1988). We see similar

results in the present study (Figs. IV.9b and IV.11). There are significant
differences, however, particularly at large LT (Fig. IV.11, Fig. IV.lb,c,and
d; Table IV.1).
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The distribution of LT

/L0

may be driven by random variability in

LT,

L0, or both. Random variability in LT was investigated by choosing a large
overturning patch from the observations, randomly shuffling the density field,

and calculating a Thorpe scale for the random field. This bootstap procedure

(e.g., Efron and Gong, 1983) was repeated 10,000 times, and a distribution

of Thorpe scales was obtained. The distribution is narrowly peaked (Fig.
IV. 12a), with the peak LT lying at about 0.4L, where

L,.

is the size of the

patch. It is concluded from this test that random variability in

LT,

relative

to L, is no more than 10%, and is an insignificant contributor to the LT

distribution. The observed

LT /L0

/L0

variability must therefore be a product

of variability in L0 relative to L.
The effect upon the LT

/L0

distribution of varying was investigated by

assigning LT and N as constants (= 1), and choosing a lognormal distribution

of & with unity mean and variance O() = 3 (consistent with our data). Th

result therefore simply reflects the distribution of ln(6)'/2. This distribution

had lower and upper limits (based on a 95% confidence level) of 0.74 and
1.20 respectively (Fig. IV.12b), and is significantly more peaked than the
experimentally observed distribution of LT

/L0

(Fig. IV. 10).

We conclude from these statistical tests that the tails of the observed
distribution of LT

/L0

values of

are not simply the result of random chance, but instead

LT /L0

are statistically significant, i.e., very high or very low

reveal some information about underlying physical processes.
Some investigators (e.g., Gibson, 1980) believe that the value of LT

reflects the age since formation of overturning patches, with small

/L0

LT /L0

indicating recent formation of shear instabilities (i.e., "active" turbulence),

and large values of

LT /L0

reflecting a large elapsed time since an initial

102

shear instability (i.e., "fossil" turbulence). We do not think that large values of LT /L0 imply that a patch is necessarily "old": we will show below

(Section 3.4) that, during the initial stages of advective overturning in a
finite-amplitude internal wave field , L. /L0 can also be large.

We compare our analysis with some laboratory studies to understand
the nature and strength of external forcing in the oceanic thermocline. However, the following discussion should be treated with caution because of the

large difference in Reynolds number, Re, in geophysical (Re
and laboratory (Re
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10)

102) environments. Laboratory studies based on grid-

generated turbulence with mean shear demonstrate that, away from the grid,

LT /L0 approaches an asymptotic value that is determined by the Richardson number, Ri, of the flow field (Figs. 14 and 15 in Rohr et aL, 1988). These

laboratory studies further demonstrate that when Ri reaches a critical value
of 0.25, LT /L0 approaches the asymptote 1.2, similar to the oceanic obser-

vations. Based on Rohr et al.'s results, the first order approximation for
L /L0 as a function of Ri, for the parameter space defined by Ri

0.25

and LT/LO < 1.2 is

LCO+CiRj

(6)

where C0 and C1 are arbitrary constants. Furthermore, Dillon (1982) proposed that LT /L0 could be expressed as the following function of Ri and
the flux Richardson number, R1:

L0

CiRi314(1R1)'2

(7)

where C1 is an 0(1) constant. Equation (7) was derived from the steady-state

turbulent kinetic energy (TKE) budget by neglecting flux divergence terms

(see Dillon (1982) for details). By using (6) and the observed distribution

of

LT /L0

in the present data set (Fig. IV.lOa), we can estimate properties

of the distribution of local Ri for

LT/Lo < 1.2

(the cases for which (6) is

valid). Since the majority of points in the histogram of LT

factor of 2 of unity, we expect that

Ri

/L0

are within a

remained fairly constant (from (6))

and R1 also was approximately constant (from (7)). This would suggest that

most mixing took place in a steady state.
Nevertheless, there are a significant number of measured patches that do

not lie near the assumed steady-state level of LT
of extreme values of LT

/L0

/L0

= 0(1). The presence

in the observed distribution (Fig. IV.lOa) may in

some way reflect a distribution of ages of mixing patches. If this is true, then

we may be able to crudely estimate a time scale for evolution of a patch.

Assuming all the events with LT/Lo < 0.5 are mechanically generated

as in the laboratory studies, and also assuming that the least number of
'young' patches can be found when the water column is least active, then
the probability of finding a younger stage of a turbulent event could be
approximately 5% (Fig. IV.lOb); i.e.,
f0.5

pdf*(LT/LQ)d(LT/LQ)

where pdf* (LT

/L0)

(8)

0.05

is the probability density function of LT

/L0

for Rmiz <

20% (Fig. IV.lOb). In the initial stages of grid-generated turbulence in lab-

oratory studies, patches have a ratio LT/LO
ir/2N

1, and after approximately

periods, both LT and L0 become comparable (Itsweire et al., 1986).

If the observed oceanic patches are evolving as in the shear-free laboratory
experiments, then the life span (r) of an isolated mixing event could be about
ir/2N/5% = 107r/N

(e.g., for N = 2 cph, T = 150 minutes).
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In summary, it is observed that the

has an approximately log-

LT /L0

normal distribution. Although the majority of events have LT and L0 ap-

proximately equal, there are events with

LT/Lo

< 1 and

LT/Lo >> 1.

These events may be either rare, or they may evolve rapidly towards a com-

L0. In the next Section, we will discuss

mon equilibrium state where L

possible dynamical processes related to these patches by comparing the existing diffusion models and also by calculating the patches' inertial sub-range
energy levels.

IV.3.2. Turbulence-scale energy budgets
The volume average turbulent kinetic energy (TKE) equation for a strat-

ifled shear flow (Tennekes and Lumley, 1972; Osborn, 1980 or any standard

text) is
a

uu

,

=

g
(w'p')
+

0U2

(uuj)W_

+

a

[z1(ujaij)
'3xj

1,
- (up')

p up)

1(1 3
p

(9a)

U(uu)]

with
Oij =

Ou'

Ou'.

+

=

(9b)

where LT and u are the mean and fluctuating velocities, w' is explicitly the

vertical velocity fluctuation, p and p' are the mean and fluctuating densi-

ties, g is the acceleration of gravity, p' is the pressure fluctuation, and ii
is the kinematic viscosity. From scale analysis the triple order correlation
terms can easily be dropped from (9a). Generally the volume-averaged di-

vergence terms are neglected, but the accuracy of this assumption is not
well understood. It is not possible to estimate pressure-velocity correlations
directly from existing observations. There is evidence of internal wave radiation beneath mixing layers, suggesting that the pressure-velocity correlations
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are important at the interface between mixed and stratified layers (Kantha,
1979;

Wijesekera and Dillon,

1991).

However, (w'p') is probably not impor-

tant for an isolated turbulent patch in the oceanic thermocline (see Section
3.5). After neglecting divergence terms, the evolution of TKE averaged over

a turbulent patch becomes
OEK

= p

B

(10)

where EK = (uu/2) is the patch averaged TKE, the turbulent production

due to mean shear is

P = _(uzuj)ë,

(11)

B = 2(w'p')

(12)

I

I

and the buoyancy flux is
p

The volume-averaged scalar variance equation (Tennekes and Lumley,

1972;

here we use density) is:

0

(p

12

II 0P
) = -2(pu)---

Op'Op'
2D(---)
(13)

+
where

D is

+ 2D

oxi

0(P,2)
}

the molecular diffusivity of density, and () denotes volume or

patch averaging. Assuming the fluctuating density gradient field is locally

isotropic in the dissipation wavenumber range, the rate of destruction of
density gradient variance, Xp, is given by
opt opt
Xp = 2D(---) = 6D(()2)

By neglecting divergence terms in (13) as in

(9),

(14)

the evolution of potential

energy, Ep (= (g/2p)(p'2)/Op/Oz) for a given patch is

= B

DCN2

(15)
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where C is the three-dimensional Cox number, given by
((ôp'/ez)2)

C

3

(ôp/Oz)2
(g/pN)2xp/2

(16)

DN2
XPE

DN2

IV.3.3. Eddy diffusion models
The eddy diffusivity argument assumes that the turbulent fluxes are
proportional to their mean gradients such that the vertical diffusivities for
mass

(K,,)

and momentum (Km) are written as:
(p'w')

K,,

Op/ôz

(u'w')

Km

aU/az

(17)

(18)

A. Model described by Osborn and Cox (1972):
Osborn and Cox (1972) proposed that K,, could be obtained from the
steady state potential energy budget in (15), in which buoyancy flux balances

the rate of destruction of potential energy. Then Kp becomes
K0

=

B

= DC

(19)

Osborn and Cox's (1972) original derivation was based on the temperature

variance equation. It is, however, valid for other scalar properties such as
density and salinity.
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B. Model described by Osborn (1980):
An expression for the vertical difl'usivity, K,,, is obtained from (10) by
assuming a steady-state TKE balance:
B1

K,,

=

(1B1) N2

(20)

where R1 (= B/F; provided R1 < 1) is defined as the flux Richardson

number, and r is referred to as the mixing efficiency. Based on laboratory
and atmospheric boundary layer studies, Osborn (1980) suggested that B1

0.15, and then argued that

iç5

0.2k

(21)

If estimates of iC, from Xp (19) and e (20) are identical, then r becomes

DCN2

(22)

Concurrent measurements of e and XT have found that
0.05

r

0.47

(Oakey, 1982)

and
0.12

r

0.48

(Mourn et al., 1989)

In double-diffusive and salt-fingering environments, however, r varies from
0.05 to 10 (Oakey, 1988).

C. Model described by Dillon and Park (1987):
Dillon and Park (1987) proposed an empirical technique for estimating
buoyancy flux in terms of the available potential energy of fluctuations (the

APEF) and buoyancy frequency (N). The APEF is a measure of the maximum potential energy that can be released by a turbulent overturn, and is
defined for a density overturn as:

APEF =

M

1

(23)
n= 1

where

z

IS

the depth, fip =

p(zn)

po(zn)

is the Thorpe fluctuation, p(zn)

is the observed (un-ordered) density profile,

po(Zn)

is the Thorpe-ordered

profile, and M is the number of data points used in the appropriate averaging
process (see Dillon and Park, 1987 for details). By assuming potential energy

is dissipated with a time scale 1/N, the steady-state potential energy budget
can be reduced to

(APEF)N

B

(24)

and the vertical diffusivity K,, becomes
KDP

APEF
N

(25)

Dillon and Park (1987) also noted that the nondimensional number, Cpe (=

APEF/ND) is comparable to the one-dimensional Cox number, C.

IV.3.4. Comparison with data: eddy diffusivities
Estimates of Xp or

are needed to obtain K,, using the Osborn and Cox

(1972) method. Thermistors used during CEAREX do not have a sufficiently

small spatial response to evaluate the total variance of the temperature gra-

dient. Therefore, Xp was estimated indirectly from the inertial subrange of
the observed density spectrum (Monin and Yaglom, 1975); i.e.,
1
Xfl

k2

[ kS,,(k)dk

13(k2 - k1) Jk1

(26)
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where S(k) is the density spectrum of a turbulent patch, fi (= 0.5; Monin
and Yaglom, 1975; Williams and Paulson, 1977) is the universal constant
for one-dimensional scalar spectra, k is the radian wavenumber in m1, and
k1 and k2 are, respectively, the lower and upper wavenumber limits of the

integration. We select inertial subrange wavenumbers 27r/LT and 2ir/0.4
as k1 and k2 respectively. Since the resolution of the thermistors used is

approximately 0.1 m, we limited our analysis to about 780 patches where
Lp

3 m. Most of these patches were found in the most energetic period

while the camp was over the upper slope of the Yermak Plateau (Days 107
110; Fig. IV.8).

The normalized diffusivities, K00 /DT, Kos/DT, and KDP /DT were
estimated respectively from the Osborn arid Cox (1972) [Eq. 19], Osborn

(1980) [Eq. 21], and Dillon and Park (1987) [Eq. 25] methods applied to
individual patches where the scaling parameter, DT (=: 1.716 x i0

rn2s1)

is the thermal diffusivity. The modelled diffusivities were compared after

averaging these individual estimates into K0 /DT bins. Note that K0 /DT

is not a direct measure of the Cox number because the assumption of an
inertial subrange is incorporated into its definition. The averaged K05 /DT

and KDP/DT, plotted against Koc/DT are shown Fig. IV.13. Osborn and
Cox (1972), Osborn (1980), and Dillon and Park (1987) estimates are all

comparable for iO < It'

/DT < iO. In this range the mixing efficiency,

F (Eq. 22) is about 0.3, as reported by Oakey (1982) and Mourn et al.
(1989). Fig. IV.13 further demonstrates that both K0 /DT and KDP /DT

are larger than K05 /DT, especially at large K0 /D. i.e., the estimated
available potential energy based on the arguments of shear-driven turbulence
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(Osborn, 1980) is lower than the observed potential energy, especially at large
KOC/DT.

Figure IV.14 shows the distributions of ln(Xp) and ln((6)3) for large
patches (L1,.

3 rn), after normalizing the individual estimates by their

population means. The mixing efficiency, r, in the present data set also
has a distribution which looks approximately lognormal (Fig. IV.14). This

is to be expected if ln( X) and ln((e)8) are both normal (Papoulis, 1965;
p 222). The actual correlation for these two variables in the present data set
is approximately 0.8: with this high correlation, the variance of ln(r) should

be less than for either ln(

) or ln((E)8) (Fig. IV.14).

Osborn argued that, for shear driven turbulence, r

0.2. Peters and

Gregg (1988), Mourn et al. (1989), and Oakey (1982) have all found mean

values of approximately this magnitude in different environments. Peters
and Gregg (1988) also noted that the distribution of I' in the central equatorial Pacific Ocean was approximately lognormal, with observed values of

T between 0.01 and 2. In the present study, while most values of r are
between 0.1 and 2, there are a significant number of very large (> 2) and

very small (< 0.1) values. These observations suggest that the turbulent
mixing in the CEAREX thermocline may be associated with a variety of
instability processes, such as Kelvin-Helmholtz and advective instabilities,
and double diffusion. Oakey (1988) found that mixing efficiency varied from

0.05 to 10 in double-diffusive environments, where the causal relationship
between buoyancy flux and dissipation rate is fundamentally different from
shear-driven turbulence. While the thermocline over the Yermak Plateau is

unstable to the diffusive-convective instability (Padman and Dillon, 1991),
there is no evidence of the thermohaline sheet/layer structure that would be
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expected if diffusive convection was an important source of buoyancy flux

and dissipation. While we cannot discount the possibility that the intrinsic
diffusive-convective instability of the water column is in part responsible for

the anomalous values of I', we believe that some other processes must be
invoked to explain them.

The turbulent kinetic energy in the inertial subrange is approximately
P00
3

I

aek1dk

KE15 = /

(27)

J ç1

where a (=3/2) is the universal constant in the three-dimensional velocity spectrum (Monin and Yaglom,

1975),

and l is the production scale of

isotropic turbulence. Assuming I is proportional to L0 (or perhaps Li),
(27)

reduces to
KE15 =

(28)

where 'y (= 11/L0) is a positive constant. Similarly, we can obtain an expres-

sion for potential energy from universal temperature spectra by assuming
most of the scalar variance is at low wavenumbers:
00

FE15

f

9e

PR

kdk
(29)

=
where XPE (16) is the rate of destruction of potential energy, PE15. Equa-

tion (29) is only valid if

k

>> 11,

where

k

is the transition wavenumber

in the universal scalar spectrum (Dillon and Caidwell, 1980). The scalar
spectrum, in general, divides into two segments: an inertial subrange with

spectral slope of 5/3; and a convective subrange with spectral slope of 1.
The scalar variance dominates in the inertial subrange whereas the gradient of scalar variance dominates in the convective subrange. In the present
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study, the observed density spectra had a k5/3 range from the production
scale (e.g., LT or L0) to the minimum resolvable scale (0.2 vertical meters),

suggesting that k >> l'. We believe, therefore, that (29) provides a reasonable estimate of potential energy for the present observations, since most

of the density variance is generally associated with production-scale turbulent eddies. The bin-averaged APEF and FE13 are comparable for most of
the averaging intervals (Fig. IV.15), although the majority of mixing events

have larger FE15 than APEF. PE15 was estimated from (29) in which
the smallest inertial subrarige wavenumber, 11, was taken as the buoyancy
wavenumber,

(N3/(e)3)1/2

= L1.

We rewrite K,, in (19) using (16), (28) and (29) as

K=
(30)

PE15
/3KE15

The ratio of potential energy to kinetic energy in a turbulent event is obtained

from equating (20) and (30), and noting that ci//3 = 3:
FE15

KE15

(31)

3

The interpretation consistent with (31) and the distribution of r (Fig. IV.14)

is that the majority of events have more inertial sub-range kinetic energy
than potential energy. The median value of the PE15

around 0.1 (

/KE1S

distribution is

= 0.3) which is comparable with the prediction of Osborn

(1980) for shear-driven mixing. Similar energy

partitioning

was reported

from laboratory studies of K-H instability by Koop and Browand (1979)
and Thorpe (1973): note that their energy partitioning includes total energy
levels rather than being restricted to the inertial sub-range.
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However, (31) and Fig.

IV.14 further demonstrate that turbulent

patches with larger 1' (> 3) have more inertial sub-range potential energy
than kinetic energy, suggesting that the overturning seen in these patches
is a release of potential energy to kinetic energy. In this situation, a gener-

ated negative buoyancy flux (B <0 in (10) and (15)) drives the turbulence
field. The potential energy level that drives the turbulence might have come
from convective instability of finite amplitude internal waves. For example,

packets of large amplitude internal waves were reported from temperature
records (Czipott, 1991) while the ice-camp [i.e., the experimental site; see
Padman and Dillon (1991) for details] was drifting over the upper slope of the

Yermak Plateau where most of the large turbulent overturns were observed
(Fig. IV.la-d; Table IV.1).

IV .3.5. Divergence of pressure-velocity correlations:
All the existing diffusion models are based on the assumption of steady-

state, with negligible divergence terms in their energy budgets. These as-

sumptions may be erroneous. For example, it is possible that energy can
be radiated away from a mixing region as internal waves, as was postulated
for energy loss from the mixing layer in the central equatorial Pacific Ocean

(Wijesekera and Dillon, 1991; Mourn et al., 1992) and also in laboratory
experiments (Linden, 1975; Kantha, 1979). It is also possible that horizon-

tal spreading of a turbulent patch can occur due to persistent mixing which
creates a horizontal pressure gradient, where fluid is finally ejected from the

mixed region by forming an intrusion (Maxworthy and Monismith, 1988;
Fernando, 1991). In order to understand the role of internal wave processes
in an isolated patch, the vertical divergence of wave energy flux is estimated
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using properties of WKB linear waves. We will discuss two possible mech-

anisms of radiating turbulent energy via an internal wave field. The first
method computes pressure-velocity correlations (p'w') near an interface between a turbulent patch and a stable stratified layer in the presence of strong

mean shear, and the second method computes p'w' correlations in the absence of mean shear by following the theory described by Carruthers and
Hunt (1986).

A. Method 1
It is assumed that wave energy is radiated from top and bottom horizon-

tal layers due to travelling pressure perturbations as shown in Fig. IV.16a.
For simplicity, the patch is assumed to be marginally stable to shear instabilities; i.e., Ri

0.25, whereas fluid outside the patch has Ri > 0.25. The

vertical size of a mixing patch, L, is generally proportional to the characteristic turbulent length scales such as L0. It is therefore assumed that

the perturbations at the patch boundary are highly correlated with the vari-

ability of L0, which is mainly controlled by e. By knowing the width of
the distribution of e (i.e., cr,fl()), we can roughly estimate an average height

of perturbations at the patch boundary. Consider a two-dimensional (x, z)
sinusoidal disturbance, i(x, z, t) at the patch boundaries as shown in Fig.
IV.16a, where z is specified as

i(x, z, t)

= i exp[i(kx + mz - wt)]

(32a)

with
10 = (L0

(32b)

In (32), t is time, k is horizontal wavenumber, m is the vertical wavenumber,

and (is the deviation of L0 as a result of the intermittency of 6. Assuming
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generated waves travel at the mean velocity of the interface, a phase speed
(c) of a travelling disturbance can be approximated to c = IU, where iU

is obtained by keeping Ri = 0.25 (see Fig. IV.16a). Then c becomes

c=NL
where L

(34)

is the patch size (Fig. IV.16a). The wave energy flux radiated

from both top and bottom layers of the patch is (see Gill, 1982, chapter 6):

p'w' =

ii
2[.c7JN2 ('')2F(1\2 _1]2j

N

.

Then the vertical divergence of the energy flux is

a,,

jiw'

PW

Since the upper bound of (*)2[()2

is 1/2,

1]

(36)

the divergence of energy

flux satisfies
1

The upper bound of

(p'w') was estimated from the observed patch's

variability of L0, based on a lognormal distribution of
±0.25 for

(37)

=

3

.

We found that

(Fig. IV. 12b), so that the maximum vertical

divergence of pressure-velocity correlations based on this hypothesis of tray-

elling pressure disturbances is less than 5% of the observed dissipation rate.

B. Method 2
A mixing patch can radiate its energy due to generation of internal waves

via an interfacial layer as described by Carruthers and Hunt

(1986).

It is as-

sumed that in the absence of mean shear, the interfacial waves are generated

as a result of eddy impingement on the interface, where small scale eddies
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are advected by large scale, energy-containing eddies (Fig. W.16b). Wave

motions, therefore, have a scale which is generally smaller than the scale of

large eddies. Depending on the background stratification, these interfacial

waves can either be trapped inside the interfaciai layer, or can propagate
away from the interfacial layer. It has been observed in laboratory exper-

iments, however, that these wave modes are trapped inside the interfacial
layer and finally dissipate by breaking (De Silva and Fernando, 1992). The
frequency of wave motions can be approximated by

w=U0k

(38)

el/2
where the velocity scale of largest eddies is U0 = (N)
. Combining (32b),

(35), (36) and (38), we obtain an upper bound for the energy flux divergence
as

C2LN2 (1)
L

Since L

2.5LT

(Fig. IV.12a) and L0

'N

(39)

L. (Fig. IV.11), (39) reduces

to
(40)

The resultant energy flux divergence (40) is even smaller than (37). We there-

fore speculate that internal wave radiation (i.e., vertical energy flux) from
an isolated patch does not play an important role in determining eddy diffusivities. However, note that horizontal pressure-velocity correlations may
be important if a patch spreads horizontally.

IV.4. Summary
In this paper we studied the statistics of mixing patches in the oceanic

pycnocline. A mass diffusivity, K, and the associated mixing efficiencies
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have been estimated from various published methods that are based on dif-

ferent physical arguments. The observed patch statistics were used to describe the nature of mixing over the Yermak Plateau in the eastern Arctic
Ocean. The principal conclusions are as follows:

1. The volume averaged dissipation rate,

Er,

within a turbulent patch has

a lognormal distribution consistent with Kolmogorov's third hypothesis:
ln(r)

1uln(L/r), where the "universal" constant, p was found to be

in the range (0.28, 0.42). The intermittency factor,
LT /i, L0 /i,

and

Re.

O?fl(e)

varies with

For a given turbulent patch the intermittency

factor decreases with increasing averaging length scale, r.
2. From examining nearly 11,000 mixing events with vertical sizes varying

from 0.4 m to 40 m, it was found that LT/LO also had a lognormal
distribution in which most of the eddies were in LT

patches with LT >> L0 or LT

L0 balance. The

were either rare, or may rapidly

evolve towards to a common equilibrium state where LT

L0.

3. The majority of mixing patches can be explained using conventional
ideas of shear-driven turbulence (e.g., Osborn, 1980). However, the
events with larger overturning structures are substantially different from

the predictions of shear-driven turbulence, suggesting there is some
source of energy other than shear production. Based on inertial subrange energy arguments, it is suggested that the overturning seen in
these events is a release of potential to kinetic energy, such as might be

expected from advective instability in a finite-amplitude internal wave
field.

4. The vertical divergence of the pressure-velocity correlation is estimated

for an isolated turbulent patch. It is assumed that the mixing patch
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radiates energy as a result of travelling pressure perturbations on its
boundaries. The estimated divergence of vertical energy-flux is much
smaller than the patch-averaged e.
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Figure IV.1. Typical intermittently occurring large overturning events observed over the slope of the Yermak Plateau during Days 107 to 110, 1989.

Vertical structure of the density (as; solid line), associated Thorpe-ordered

density profile (dashed line), and observed e (shaded area) are shown. (a)
Profile #1074 made at 107.3563 UTC; (b) Profile #1078 made at 107.4182
UTC; (c) Profile #1191 made at 108.9913 UTC; (d) Profile #1202 made at
109.1809 UTC.
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Rmiz = (ET-p/Eh1)6hr

(Eq. 5), as a
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Table IV.1. Patch statistics calculated for the events shown in Figures IV.1,

IV.3, and IV.6, where L,, is the patch size, LT is the Thorpe scale, L0 is
the Ozmidov scale, N is the patch-averaged buoyancy frequency estimated
from the Thorpe-ordered profile,

(es)

is the patch-averaged TKE dissipation

rate from the conventional spectral method, and the APEF is the available
potential energy fluctuation based on Eq. (23).

APEF

L

LT

L0

N

(m)

(m)

(m)

(cph)

1070

38.4

7.9

4.2

1.15

14.5

2.6

1074

32.0

9.5

9.2

0.97

41.5

7.9

1078

12.3

6.0

0.8

1.77

1.9

13.8

1104

22.3

11.1

9.0

0.75

17.9

3.7

1120

20.2

2.2

2.7

0.67

1.2

0.15

1147

24.2

8.8

3.9

2.18

84.0

35.8

1148

27.9

7.2

2.7

1.79

22.0

21.8

1149

24.4

7.7

5.6

1.07

20.4

2.5

1191

33.7

8.1

3.1

1.5

17.1

24.6

1202

33.5

13.0

2.3

1.3

7.0

25.5

Drop

(68)

(m2s3

x 108)

(m2s2

x i0)
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Table IV.2. Estimates of the "universal" constant,

jt,

in Kolmogorov's third

hypothesis: C(e) = A + eln(X) for various X, where X can be L
LT /i, L0

or

Re (

(e8)/vN2). The estimated means and their uncer-

tainties were based on Chi-square

(x2)

goodness-of-fits, in which straight

lines were fitted by minimizing x2

X

A

L /r

0.252 ± 0.324

0.349 ± 0.054

LT/

0.491 ± 0.200

0.354 ±

L0/

0.244±0.170

0.318±0.026

0.243 ±

0.317 ±

Re

/r,

0.171

0.030

0.025
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V. GENERAL CONCLUSIONS
In Chapter II we have explored the role of internal wave processes in
the central equatorial dynamics. The principal conclusions are as follows.

The Tropic Heat I microstructure observations show a pronounced diurnal variability in both high-frequency internal waves (i.e., high-passed
IDV) and turbulence (i.e., APEF). The diurnal variability of the IDV

was found as deep as the undercurrent core

(..s

120 m), whereas turbu-

lence scale dissipation, which decreases exponentially with depth, has
an e-folding length scale of order 16 18 m.

A significant increase in high-frequency internal wave energy occurred

during the night, concurrent with an increase in turbulent mixing in
the pycnocline. This qualitative evidence shows the possibility of driv-

ing the internal wave field by mixed layer eddies. Vertical correlation

of IDV indicates that the vertical length scales of this wave field are

greater than 100 m. It appears that 4

6 hours after sunset, turbu-

lent overturns are correlated with after-sunset, high-frequency internal
waves, and that these turbulent overturns could be a result of wave instabilities. The conclusion we draw is that after sunset, high-frequency
internal waves were generated just below the mixed layer due to turbu-

lent convective overturns. These waves propagated downward, became
unstable, and generated turbulent eddies above the undercurrent core at
locations where the Richardson number was driven to sub-critical values

by superposition of wave and mean current velocities.

There are two ways in which the eddies of a cooled boundary layer can
result in the excitation of internal gravity waves in the underlying stable

layer, "thermal forcing", or the "obstacle effect", i.e., shear forcing. We

138

suspect that waves can be generated at the base of the mixed layer from
the latter mechanism, in which mixed layer eddies are able to grow large

enough to impinge upon the stable layer, and, in the presence of shear,
present a form drag to the mean flow by exciting an internal gravity wave

field. Through this mechanism, oceanic equatorial mixed layer eddies
can generate an anisotropic, westward-going internal gravity wave field.

The momentum transport in the radiated wave field results in a drag
force on the equatorial mean flow field. Transport of momentum and
its divergence were estimated from an idealized "obstacle effect model"

based on the properties of WKB linear waves.

The observed wind stress ('-' iO

m2 _2) is close to the estimated

wave stress at the mixed layer base, and is an order of magnitude larger
than the turbulent stress ('-.' - iO

m2

2, Dillon et al., 1989). We sus-

pect that the wave radiation stress is more important than the conven-

tional estimate of turbulent stress in vertically transporting horizontal
momentum. A wave dissipation model, based on observed TKE dissipation rates, was used to estimate wave momentum flux divergences above

the undercurrent core. The estimated wave stress divergence decreases
exponentially with depth, as does turbulent stress divergence (Dillon et

al., 1989), and most of the wave stress at the base of the mixed layer
penetrates below the undercurrent core. It appears the equatorial ocean
could respond to strong, transient surface winds by generating a west-

ward going internal wave field, and hence transport wind momentum
and energy from the base of the mixed layer to deeper waters.

The properties of the equatorial system that enable radiation of momentum from the mixed layer by internal waves are: a shallow mixed
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layer forced by convective cooling and strong winds; a consistent large

shear at the mixed layer base; and a strongly stratified pycnocline just
below the mixed layer base. We expect that other systems having these
properties would also be able to radiate momentum from the mixed layer

base, and that in such systems, transport of momentum strictly through
turbulent shear stresses is an oversimplification.

In Chapter III we have explored the viability of using internal wave
dissipation models to predict the turbulent kinetic energy dissipation rate in
a region where the wave field deviates significantly from the GM assumptions

on which the models are based. The principal conclusions are as follows.

Although the measured wave energy and estimated shear variance are
comparable to mid-latitude ocean Garrett-Murik values, 6meas is an or-

der of magnitude higher than in the open ocean. This implies that the
G89 model, which is based only on the measured fourth moment of shear

and mean buoyancy frequency underpredicts the dissipation rate by a
factor of about 10.
The measured dissipation rate in the present study usually lies between

the predictions of HWF and MM, when the value of j used in these
models is allowed to vary according to measured spatial coherences in the

wave field. Since this is consistent with G89's mid-ocean observations,

it suggests that an approximate, empirical model of dissipation based
on relatively simple measurements of the wave field is still viable even

in regions with non-GM wave properties. The data requirement for
measuring j,,, is, however, much greater than was proposed by G89 for
estimating (Sf0).
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A modified G89 model based on internal wave strain rather than shear
gives the correct magnitude for mean dissipation rates. This may reflect
the increased importance in this region of wave strain compared to shear

in creating wave instabilities. It may, however, simply indicate that the
strain, which is obtained from high-resolution hydrographic profiles, is

better resolved than the shear estimated from ADCP velocity profiles
and an assumed vertical wavenumber spectrum.

Without some a priori understanding of the total wave spectrum, there
are significant difficulties in obtaining the fourth moment of 10 m shear,

(S), required for the G89 model. Frequency-dependence of the vertical

wavenumber spectrum, including j, precludes the scaling of the fourth
moment of measured, finite-differenced shear to (S) by the coefficient,

R, based on the measurement technique and the GM spectrum. Fur-

thermore, if the cutoff wavenumber (/) is not constant, then it is not
clear that

(Sf0)

is actually the dynamically relevant quantity to use.

The small relative ranges of N and Emeas, and the correlation between
these variables, prevents us from discriminating between the parameter

dependence of the HWF and MM models and the GH and GA scaling
arguments.

Further study of the dissipation mechanisms for internal waves is required before models of dissipation rate based on low-order internal wave

statistics can be applied successfully in all oceanic regimes. The strong

dependence of e on rms strain in the DS stochastic model, and on rms

shear in the MM and HWF models, indicate that extensive measurements of the internal wave field wave energy and coherence structure
are required in order for these models to be applied successfully to wave
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fields that deviate significantly from GM. The Gil and GA scaling arguments predict simple scaling dependencies of e on N and wave energy

density, but do not predict the absolute magnitude of dissipation rates.
It is probable that in regions close to internal wave sources such as the
Yermak Plateau, wave anisotropy and higher-order internal wave statistics need to be considered for effective modelling of the dissipation rate,
eddy viscosity, diffusivity, and associated diapycnal fluxes. Nevertheless,

such local mixing "hot spots" might dominate the

average

diapycnal ex-

change processes in the world's oceans and therefore require further
theoretical and observational study.
In Chapter IV we studied the statistics of mixing patches in the oceanic

pycnocline. A mass diffusivity, K,,, and the associated mixing efficiencies
have been estimated from various published methods that are based on dif-

ferent physical arguments. The observed patch statistics were used to describe the nature of mixing over the Yermak Plateau in the eastern Arctic
Ocean. The principal conclusions are as follows:

The volume averaged dissipation rate,

6r

within a turbulent patch has

a lognormal distribution consistent with Kolmogorov's third hypothesis:

u1n(L/r), where the "universal" constant, i was found to be

in the range (0.28, 0.42). The intermittency factor,
LT /i, L0 /i,

and

Re.

O?fl(e)

varies with

For a given turbulent patch the intermittency

factor decreases with increasing averaging length scale, r.
From examining nearly 11,000 mixing events with vertical sizes varying

from 0.4 m to 40 m, it was found that LT/LQ also had a lognormal
distribution in which most of the eddies were in LT

L, balance. The
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patches with LT >> L0 or LT << L, either occur rarely, or may rapidly
evolve towards to a common equilibrium state where LT

L0.

The majority of mixing patches can be explained using conventional
ideas of shear-driven turbulence (e.g., Osborn, 1980). However, the
events with larger overturning structures are substantially different from

the predictions of shear driven turbulence, suggesting there is some
source of energy other than shear production. Based on inertial subrange energy arguments, it is suggested that the overturning seen in
these events is a release of potential to kinetic energy, such as might be

expected from advective instability in a finite-amplitude internal wave
field.

The vertical divergence of the pressure-velocity correlation is estimated

for an isolated turbulent patch. It is assumed that the mixing patch
radiates energy as a result of travelling pressure perturbations on its
boundaries. The estimated divergence of vertical energy-flux is much
smaller than the patch-averaged

.
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APPENDIX

ADCP Estimation of Shear Variance at Scales

Greater than 10 m,
Estimates of vertical shear of horizontal velocity were obtained with an
Acoustic Doppler Current Profiler (ADCP). The ADCP consists of four
beams that point 60° downward from the horizontal (Fig. Al). The 307 kHz

ADCP transmits a 20.4 ms pulse of acoustic energy while the pulse length
for the 161 kHz unit is 30 ms. The Doppler-shifted frequency between traits-

mitted and reflected pulses determines the velocity of the water relative to
the ADCP. For the 307 kHz unit, the 6.2 ms range-gate for the returned sig-

nal produces a vertical profile of velocity at 4 m intervals to approximately
260 m. Reliable velocity estimates were consistently obtained above 225 m.

Good velocity estimates with the 161 kllz unit were obtained above 300 m.

The ADCP velocity estimates are effectively filtered by a trapezoidal filter

because of the finite length of the pulse and the range gating (Fig. Al). A
trapezoidal filter was derived as a function vertical wavenumber (/3; m1; in

order to estimate the total velocity and shear variances). The magnitude of
the resulting ADCP trapezoidal filter is:
FT(/3)

2(/3d)2

{(i

(sin/3d + sin2/3d

cos/3d - cos2/3d +
sin3/3d)2]h/2

cos3/3d)2

+
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where d is the bin size which is 4 m for the 307 kHz ADCP and 6 m for the
161 kHz ADCP.

The velocity shear-squared over successive 10 m finite-difference intervals

()2 +()2. The first-difference filter F(/3)(=

is defined by S0
(sin/3

z)2/(iz)2) falls below the transfer function of the differentiating

filter F (/3)

/32

(Gregg and Sanford, 1988). Therefore, the attenuation

of S, relative to the GM shear spectrum (GM)' accounting for the both
finite-differencing and trapezoidal filtering is
JO

GM

(/3) (sin/3 1z)2/(/3z)2) F d/3
f/Ic

where
1GM

GM

4'(/3)d/3

is the GM shear spectrum:

= C(/3//3) for /3 >

= C3° for /3

GM

/3; and

and C is a constant (Gargett et al., 1981;

Gregg, 1989). The integration was continued to

/3

> /3, in order to include

the contribution of high-wavenumber to S. The attenuation coefficients for

= S m and iz = 12 m with

/3

= 4ir m1 are 2.54 and 3.18 respectively.

The same coefficient for the finite-difference attenuation only, with Az = 10

m and fl = 4ir

m1

is 2.11 (Gregg and Sanford, 1988).
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Figure Al. A schematic representation of horizontal velocity measurements

using the acoustic doppler current profiler (ADCP) during CEAREX. The
ADCP velocity estimates are filtered by a trapezoidal filter, shown here for
the 307 kllz ADCP.
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Table Al. Parameters used in the Garrett and Munk (1975) internal wave
model.

Symbol

Equivalent

7.3x iO

f
N0
b

2Qsin(latitude)

5.2x lO
1300 m

EGM

s

Angular velocity of the Earth
Coriolis parameter
Reference buoyancy frequency

Scale depth of thermocline

m1

High vertical wavenumber cutoff

3

Vertical mode scale number

0.6

j,

s

Description

6.3 x

iO

Dimensionless energy level

