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Abstract. Analysis of observations and sensitivity experi-
ments with a new three-dimensional global model of stable
carbon isotope cycling elucidate processes that control the
distribution ofδ13C of dissolved inorganic carbon (DIC) in
the contemporary and preindustrial ocean. Biological frac-
tionation and the sinking of isotopically lightδ13C organic
matter from the surface into the interior ocean leads to low
δ13CDIC values at depths and in high latitude surface waters
and high values in the upper ocean at low latitudes with max-
ima in the subtropics. Air–sea gas exchange has two effects.
First, it acts to reduce the spatial gradients created by biol-
ogy. Second, the associated temperature-dependent fraction-
ation tends to increase (decrease)δ13CDIC values of colder
(warmer) water, which generates gradients that oppose those
arising from biology. Our model results suggest that both ef-
fects are similarly important in influencing surface and in-
terior δ13CDIC distributions. However, since air–sea gas ex-
change is slow in the modern ocean, the biological effect
dominates spatialδ13CDIC gradients both in the interior and
at the surface, in contrast to conclusions from some previ-
ous studies. Calcium carbonate cycling, pH dependency of
fractionation during air–sea gas exchange, and kinetic frac-
tionation have minor effects onδ13CDIC. Accumulation of
isotopically light carbon from anthropogenic fossil fuel burn-
ing has decreased the spatial variability of surface and deep
δ13CDIC since the industrial revolution in our model simu-
lations. Analysis of a new synthesis ofδ13CDIC measure-
ments from years 1990 to 2005 is used to quantify preformed
and remineralized contributions as well as the effects of biol-

ogy and air–sea gas exchange. The model reproduces major
features of the observed large-scale distribution ofδ13CDIC
as well as the individual contributions and effects. Residual
misfits are documented and analyzed. Simulated surface and
subsurfaceδ13CDIC are influenced by details of the ecosys-
tem model formulation. For example, inclusion of a simple
parameterization of iron limitation of phytoplankton growth
rates and temperature-dependent zooplankton grazing rates
improves the agreement withδ13CDIC observations and satel-
lite estimates of phytoplankton growth rates and biomass,
suggesting thatδ13C can also be a useful test of ecosystem
models.

1 Introduction

The ratioR = 13C/12C of the stable carbon isotopes13C and
12C in preserved carbonate shells of benthic and planktonic
foraminifera is among the most frequently measured quanti-
ties from deep-sea sediment core samples. Hence a wealth of
data exists on past changes in13C/12C distributions in the
ocean (Curry and Oppo, 2005; Sarnthein et al., 2001), typi-
cally expressed as the normalized isotopic ratioδ13C:

δ13C= (R/Rstd−1) (1)

and reported in units of parts per thousand (permil, ‰),
whereRstd is an arbitrary standard ratio, by convention that
of the Pee Dee Belemnite, PDB.
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Land plants preferentially incorporate12C relative to13C
into their biomass and typically haveδ13C of about−28 ‰
for the C3 photosynthetic pathway and−14 ‰ for the C4
pathway (O’Leary, 1988), substantially depleted in13C rel-
ative to the ambient atmosphere (which is−6 to −7 ‰).
Ocean phytoplankton fractionate similarly resulting in typi-
calδ13C of about−21 ‰ in bulk marine organic matter com-
pared to a mean surface oceanδ13CDIC near 2 ‰. In con-
trast, calcium carbonate (CaCO3 of corals, benthic shells, or
tests of calcareous plankton, i.e. inorganic carbon) hasδ13C
relatively close to that of ambient seawater (Turner, 1982)
although reconstructions of past oceanicδ13CDIC from cal-
careous organisms may be biased by secondary effects such
as metabolic rate (Ortiz et al., 1996) and ambient carbonate
ion concentration (Spero et al., 1997).

Changes in the global ocean mean ofδ13CDIC on geologic
timescales (≥ 104 yr) reflect the balance of erosion and burial
of carbonate and organic carbon (Shackleton, 1987; Tschumi
et al., 2011; Menviel et al., 2012), while on timescales of
up to 103–104 yr they are generally interpreted as changes
in the size and composition of the terrestrial (vegetation and
soil) active organic carbon pool (Shackleton, 1977). A re-
duction of terrestrial organic carbon pool, for example, will
lead to a release of CO2 with low δ13C into the atmosphere,
which will be absorbed by the ocean on the timescale of
decades to centuries. Ultimately the isotopic composition of
the atmosphere is controlled by the near-surface seawater iso-
topic composition, because the ocean contains> 90 % of the
actively exchangeable carbon in the ocean-land-atmosphere
system (Houghton, 2007). An improved quantification of
the processes that control the distribution of carbon isotopes
within the ocean as well as ocean-sediment interactions will
therefore enable better understanding of long-term sources
and sinks of CO2 (Schmitt et al., 2012).

In paleoceanographic records, the vertical gradients in
δ13CDIC between the warm surface ocean (planktonic
foraminifera) and average deep ocean (benthic foraminifera)
are generally assumed to reflect the integrated efficiency of
the ocean’s biological soft-tissue pump (Shackleton et al.,
1992; Broecker, 1982; Berger and Vincent, 1986). Varia-
tions in spatial gradients of deep-oceanδ13CDIC are fre-
quently attributed to circulation changes (e.g., Curry and
Oppo, 2005) although it has long been known that changes
in the preformed properties of paleo-deep water masses are
possible (Mix and Fairbanks, 1985; Broecker and Maier-
Reimer, 1992; Lynch-Stieglitz and Fairbanks, 1994). Deep-
water δ13CDIC in the contemporary ocean is roughly anti-
correlated with nutrient concentrations such as phosphate or
nitrate (Broecker and Maier-Reimer, 1992), and with appar-
ent oxygen utilization (AOU; Kroopnick, 1985). These prop-
erties, in turn, reflect differences in preformed properties
associated with water mass formation, the accumulation of
remineralized organic matter during the time elapsed since
isolation from the sea surface, and subsurface mixing be-
tween different water masses (Broecker and Maier-Reimer,

1992). Nutrient concentrations in North Atlantic Deep Water
(NADW), for example, are low (with highδ13CDIC) because
NADW has recently been sinking from the surface (where
nutrients are depleted by phytoplankton), whereas they are
high (andδ13CDIC is low) in Pacific Deep Water, which is old
and has accumulated a large amount of remineralized organic
matter.δ13CDIC and nutrient cycles are linked through phy-
toplankton growth at the sea surface, which leads to the up-
take of inorganic nutrients and isotopically light carbon. This
leaves the remaining surface seawater enriched inδ13CDIC
and depleted in nutrients. Upon remineralization at depths,
carbon of lowδ13C is released proportional to the release of
nutrients, decreasingδ13CDIC and enriching nutrient concen-
trations there.

Some of the large changes inδ13C observed for the
past, such as during the Last Glacial Maximum (LGM) At-
lantic Ocean (Curry and Oppo, 2005; Sarnthein et al., 2001),
strongly suggest changed circulation patterns. A recent in-
verse modeling study showed that, under certain assump-
tions, the LGMδ13C distribution in the deep Atlantic is in-
consistent with the modern flow field (Marchal and Curry,
2008). However,δ13C is in no simple way related to the cir-
culation rate (Legrand and Wunsch, 1995); effects of air–sea
gas exchange (Broecker and Maier-Reimer, 1992), variations
in the isotopic discrimination during photosynthesis (Goer-
icke and Fry, 1994), and minor buffering by dissolution of
calcium carbonate complicate the interpretation ofδ13C as
a direct nutrient or ventilation proxy. Interpretation of paleo-
data on oceanicδ13C is sufficiently complex that a model
is needed to deconvolve these various contributions to the
record in physically consistent ways.

Here we include13C cycling directly as prognostic vari-
ables in a model of the ocean-atmosphere system, includ-
ing quantitative descriptions of the fractionation processes.
A combination of data and models can then be used to infer
the interplay of ocean circulation and isotopic biogeochem-
istry and to quantify past changes in global ocean carbon cy-
cling. As a first step, such a model needs to be carefully com-
pared to the large amount of existing data from the contem-
porary ocean, which is an important purpose of this paper.
Previous modeling studies have compared different aspects
of the simulated13C cycle with modern observations (Tagli-
abue and Bopp, 2008; Hofmann et al., 2000; Marchal et al.,
1998) but a comprehensive comparison with inorganic and
organic carbon isotope measurements has not yet been under-
taken. A large number of new measurements that have dra-
matically increased the data coverage for the modern ocean
are now available. Here we present a global compilation of
these new measurements ofδ13CDIC, analyzed from 1990 to
2005.

We consider three controls onδ13C distribution in the
modern (preindustrial) ocean: (1) biological effects, (2)
air–sea gas exchange and (3) the degree of isotopic dise-
quilibrium between the surface ocean and the atmosphere,
which is longer (∼ 10 yr) than the air–sea equilibration
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time-scale for CO2 (∼ 1 yr) (Broecker and Peng, 1982). Pre-
vious work has examined some of the important aspects of
these processes. Broecker and Maier-Reimer (1992) note that
the temperature-dependent equilibrium fractionation during
air–sea gas exchange, which leads to lowerδ13CDIC values
at higher temperatures, opposes the effect of biological frac-
tionation. However, the temperature effect is moderated by
slow air–sea gas exchange. They conclude that for the mod-
ern surface ocean the temperature effect largely compensates
the biological effect, whereas for the deep ocean the bio-
logical effect dominates. These conclusions were confirmed
by Lynch-Stieglitz et al. (1995), who analyzed observations
and simulations with a model without biology, and Gruber
et al. (1999) who analyzed surface observations. Murnane
and Sarmiento (2000; MS00 in the following) used a series of
model simulations with and without biology and with regular
and infinitely fast gas exchange. They concluded that air–sea
gas exchange is more important than biology for surface
δ13CDIC. No previous study has, to our knowledge, quanti-
fied the effects of non fractionating air–sea exchange acting
on biologically created gradients or the effect of CaCO3 cy-
cling. Here we present model experiments designed to quan-
tify these effects. A new analysis of observations and model
results re-examines the relative importance of biology and
gas exchange effects on theδ13CDIC distribution in the prein-
dustrial and contemporary ocean, given modern physical cir-
culation patterns.

2 Model description

The physical and marine ecosystem models used here are de-
scribed and validated in detail elsewhere (Schmittner et al.,
2008, 2009a). The three-dimensional ocean general circu-
lation model component of the UVic Earth System Model
(Weaver et al., 2001), here we use version 2.8, solves the
primitive equations at a relatively coarse spatial resolution
(1.8×3.6◦, 19 vertical levels) and is coupled to a one-layer
energy-moisture balance atmospheric model and a dynamic
thermodynamic sea ice model. In deviating from Schmittner
et al. (2009a), here we do not use enhanced dia-pycnal mix-
ing in the Southern Ocean, which led to too highδ13CDIC in
the deep ocean. Rather we use a slightly higher background
diapycnal diffusivity ofKbg=0.2×10−4m2s−1 (Schmittner
et al., 2009 usedKbg=0.15×10−4m2s−1). The biogeo-
chemical model includes interactive nitrogen, phosphorous,
oxygen and carbon cycles, but it does not include either
silicate or iron (although we include a sensitivity test that
addresses potential issues of iron fertilization). Ecosystem
model parameters are as in Schmittner et al. (2008) amended
by Schmittner et al. (2009b) except forRCaCO3/POC= 0.025,
aPO = 0.5, aPD = 0.08, g = 0.6, ε = 2,kc = 0.047,wD = 7,
DCaCO3 = 4500, andµP0 = 0.01 (modelFeL, for units and
descriptions see original papers). Modelstd uses the same
parameters asFeL except forg = 1.575, andε = 15.

In addition to equations for total carbon
(C= 12C+ 13C∼= 12C), which we assume to approxi-
mate 12C since 13C comprises only about 1.1 % of total
C and 14C is present only in trace quantities, the isotope
13C has been implemented in all five prognostic carbon
variables of the ocean component of the model, that is, in
two phytoplankton classes (nitrogen fixers and a general
phytoplankton class), zooplankton, detritus and DIC. Frac-
tionation is considered during air–sea gas exchange and
during photosynthetic carbon uptake by phytoplankton. In
the modelRstd= 1 (Eq. 1) is used in order to minimize
numerical errors. Particulate organic matter/carbon (POM/C,
detritus) sinks in the model with a depth dependent sink-
ing speed and is remineralized with a linear (first order)
constant rate, which leads to an approximately exponential
remineralization with an e-folding depth of a few hundred
meters. Inorganic carbon (CaCO3), on the other hand, is
not simulated as a prognostic variable. CaCO3 production
is calculated as a constant fraction of production of POC
and instantaneously dissolved in the deep ocean with an
e-folding depth of 4.5 km.

2.1 Air–sea gas exchange

The flux of total CO2=
12CO2+

13CO2 in molm−2s−1

across the air–sea interface follows the Ocean Carbon Model
Intercomparison Project guidelines (Orr et al., 2000)

FC=−k(Csurf−Csat), (2)

whereCsurf is the surface aqueous CO2 concentration,Csat
is the saturation concentration corresponding to atmospheric
pCO2, both in molm−3, and the piston velocity in ms−1

k = k0(1− aice)u
2(Sc/660)−0.5 (3)

depends on fractional sea ice cover within a grid boxaice,
wind speedu in ms−1, and the sea–surface temperature (SST
in ◦C) dependent Schmidt number for CO2, Sc= 2073.1−
125.62·SST+3.6276·SST2

−0.043219·SST3. Here we use
tunable parameterk0= 0.253 in the default model, which is
close to recently updated estimates (0.27) based on radiocar-
bon (Sweeney et al., 2007; Graven et al., 2012) and 25 %
smaller than the value of 0.337 used in previous studies with
this model (Schmittner et al., 2008). A 25 % reduced air–
sea gas exchange leads to about a 0.1 ‰ lower global mean
δ13CDIC and 14 ‰ reduction in global mean114C in our
model. Note that the114C simulation is consistent with ob-
servations and similar, perhaps even slightly improved, com-
pared to that of Schmittner et al. (2008), who used the pre-
vious UVic model version 2.7, for which various parameters
(e.g. in the atmospheric component) were different.

The air–sea flux of13CO2 (F13C) is calculated according
to Zhang et al. (1995):

F13C=−kαkαaq←g

(
RDIC

αDIC←g

Csurf−RACsat

)
. (4)

www.biogeosciences.net/10/5793/2013/ Biogeosciences, 10, 5793–5816, 2013
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The first term in the brackets on the right-hand side
represents outgassing of oceanic13C to the atmosphere
(αaq←g/αDIC←g = αaq←DIC) and is a loss of13CDIC from
the surface model grid box, and the second term represents
invasion of atmospheric13C into the ocean and is a source
of 13CDIC for the surface model grid box.αk = 0.99915 is
a constant kinetic fractionation factor. Here we neglect the
minor temperature dependency of the isotopic fractionation
factor from gaseous to aqueous CO2 (5×10−6 ◦C) found
by Zhang et al. (1995) and approximate it as a constant
αaq←g = 0.998764 corresponding to a mean temperature of
15◦C.

αDIC←g = 1.01051−1.05×10−4T (5)

is the temperature (in ◦C)-dependent equilibrium
fractionation factor from gaseous CO2 to DIC.
RDIC=

13CDIC/(12CDIC+
13CDIC) is the heavy to total

isotope ratio of DIC,RA =
13CCO2/(

12CCO2+
13CCO2) is

the heavy to total isotope ratio of atmospheric CO2.
Here we use Zhang et al.’s (1995) direct measurements of

αDIC←g in sea water (their Fig. 6), rather than their fractiona-
tion factors for the individual carbonate species measured in
freshwater sodium bicarbonate solutions. Zhang et al. (1995)
show that their individual fractionation factors cannot be
used to calculateαDIC←g, which they attribute to the pres-
ence of other carbonate complexes in sea water. They also
found a secondary dependency ofαDIC←g on pH, which they
expressed as a function of the carbonate ion fractionfCO3. In
the modern surface oceanfCO3 varies from about 5 % at high
latitudes to about 20 % at low latitudes. This would cause
αDIC←g to be about 0.05 ‰ higher in the tropics than at the
poles. This is much smaller than the 3 ‰ effect of tempera-
ture alone. A sensitivity experiment including the pH effect
showed a small (0.05 ‰) increase in simulatedδ13CDIC in
tropical surface waters after 1000 years of simulation. For
all experiments presented in the reminder of this paper this
effect has been neglected. For paleo-applications in which
dramatic changes infCO3 can be expected it will be easy to
include this effect.

2.2 Photosynthesis

Isotopic fractionation during photosynthesis is

αPOC←DIC = αaq←DICαPOC←aq=
αaq←g

αDIC←g

αPOC←aq, (6)

where the equilibrium fractionation factor from aqueous CO2
to particulate organic carbon (POC) depends on the par-
tial pressure of CO2 in surface water; according to Popp
et al. (1989):

αPOC←aq=−0.017log(Csurf)+1.0034. (7)

Initial results with the more process-based (but more com-
plex formulation, based on diffusive CO2 uptake by phyto-
plankton from Rau et al. (1996)), which considers phyto-
plankton growth rates and other variables, did not yield better

results. This may be due to difficulties of the current model
version in simulating the correct phytoplankton growth rates,
as a comparison with satellite estimates (Westberry et al.,
2008) suggests (Fig. 1). A controversial issue remains as to
what degree phytoplankton actively acquire CO2 or bicar-
bonate, which could affect carbon isotope fractionation dif-
ferently from a passive, diffusive uptake model (Keller and
Morel, 1999).

The effects of biological fractionation of stable carbon iso-
topes in organic matter are reported as the isotopic enrich-
ment factor

ε = α−1. (8)

Large variations of isotopic enrichment factors have been re-
ported for different phytoplankton species. Diazotrophs (ni-
trogen fixing microorganisms) in particular appear to show
low fractionation factors (Carpenter et al., 1997). Test sim-
ulations with a fractionation factor of 12 ‰ for diazotrophs
showed small effects (< 0.1 ‰) on the globalδ13CDIC distri-
butions, primarily because of the small direct contribution of
diazotrophic organisms to global biomass and primary pro-
duction. Hence this effect was not included in the default
model version.

Fractionation during production of calcium carbonate is
small (Turner, 1982) and not considered here (i.e.,δ13CCaCO3

is assumed equal to theδ13CDIC of the surface water
mass where it formed). However, the CaCO3 pump impacts
δ13CDIC by the transport of carbon from the surface to the
deep ocean, because calcite dissolves deeper than organic
matter, although, as we evaluate below, this effect is small.

3 Sensitivity experiments

We have performed twelve sensitivity experiments (Table 1)
designed to quantify the effects of individual processes on
the simulatedδ13CDIC distribution (#1–#11) and to illus-
trate the effect of structural changes in details of the ecosys-
tem model formulation (#12;FeL). In addition to the stan-
dard full model (std, which corresponds to the “OBM” of
MS00) simulations without biological fractionation (no-bio,
αPOC←DIC = 1; which corresponds to the “Solubility Model”
of MS00), with only kinetic fractionation (ki-only), with-
out gas exchange (no-gasx), and without fractionation dur-
ing air–sea gas exchange (const-gasx) are used to quantify
the effects of those processes.

Models fast-gasx-only, bio-fast, and fast-gasx explore
the role of much faster gas exchange (twenty times the
standard rate for both13C and total C) alone, with bio-
logical fractionation, and with both biological and kinetic
fractionation, respectively. (Our experimentsfast-gasx-only
and fast-gasxare analogous to the “Potential Solubility
Model” and “Potential OBM” of MS00, respectively.) The
fast gas exchange experiments approach the limit of in-
finitely fast gas exchange, which was determined analytically

Biogeosciences, 10, 5793–5816, 2013 www.biogeosciences.net/10/5793/2013/
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Fig. 1. Annual mean surface (0–50 m) phytoplankton carbon biomass (left) and growth rates (right) from satellite estimates (top, Westberry
et al., 2008) and two models. Model FeL uses temperature-dependent zooplankton growth rates (Q10= 1.9, g(T =0◦C)= 0.6 d−1) and
a simple parameterization of iron limitation of phytoplankton growth rates similar to that used by Somes et al. (2010), which modulates
maximum phytoplankton growth rates by aeolian iron flux (Mahowald et al., 2005). Whereas Somes et al. (2010) used iron limitation only
for diazotrophs, here we also apply it to other phytoplankton. Whereas non-diazotroph phytoplankton’s growth rates are linearly reduced
by up to 60 % for iron fluxes less than 1 gm−2yr−1, diazotroph’s growth rates are reduced by up to 80 %, accounting for their higher iron
requirements. Modelstd uses no temperature dependence of zooplankton growth rates and no parameterization of iron limitation. Bottom
panels show zonally averaged values (thick lines), including the annual minimum and maximum (thin lines) to indicate the amplitude of the
seasonal cycle. Annual averages have been calculated using monthly model output only at those grid points where observations are available
for that month. At high latitudes the satellite data are biased toward summer. Maximum zooplankton growth rates of modelFeLare consistent
with results from incubation experiments (Hansen and Jensen, 2000).

asδ13CDIC,inf-gasx-only=3.9‰−0.1‰(◦C)−1
·SST, where

0.1 ‰(◦C)−1 is the slope of the temperature dependence of
Eq. (5) and the constant 3.9 ‰ adjusts the global mean sur-
face δ13CDIC to be equal to that of modelfast-gasx-only.
Model no-gasxhas gas exchange of carbon between ocean
and atmosphere set to zero. Experiments 9–11 assume dif-
ferent values for a spatially constant biological fractionation
factor.

Experiment 12,FeL, uses a simple parameterization of
iron limitation of phytoplankton and temperature-dependent
grazing rates of zooplankton on phytoplankton similar to
the independent approach by Keller et al. (2012), who show
that these changes improve the seasonality of phytoplankton
blooms. Here we use a map of dust fluxes (Mahowald et al.,
2005) to scale maximum phytoplankton growth rates and do
not limit the increase of zooplankton grazing with tempera-

ture above 20◦C whereas Keller et al. (2012) used dissolved
iron concentrations in sea water simulated by a model with an
interactive iron cycle. We acknowledge that dust may not be
the only important source of available iron as a micronutri-
ent (Elrod et al., 2004; Boyd and Ellwood, 2010). Neverthe-
less, in Fig. 1 we show that this relatively simple addition to
the model improves the simulation of phytoplankton growth
rates and carbon biomass as judged from a comparison with
satellite estimates of these quantities (Westberry et al., 2008).

All model simulations were initiated from a 6800 yr-long
spin up simulation of modelstd, which itself was initiated
with δ13CDIC= 0 everywhere, and subsequently integrated
for 4000 yr or more (7000 and 8000 yr forfast-gasx-only
and ki-only) with a prescribed preindustrial value for atmo-
spheric CO2 of δ13CCO2,atm=−6.5 ‰ (Francey et al., 1999)

www.biogeosciences.net/10/5793/2013/ Biogeosciences, 10, 5793–5816, 2013
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Table 1.Sensitivity experiments. Note that 4a is not a numerical experiment but the results were calculated using simulated temperature as
described in the text.

Experiment Biol. fract. Equil. fract. Kin. fract. Gas exchange
αPOC←DIC αaq←g , αDIC←g αk k0
Eq. (6) Eq. (4)

1. std var-std var-std std (0.99915) std (0.253)
2. no-bio 1 var-std std std
3. ki-only 1 1 std std
4. fast-gasx-only 1 var-std 1 fast (20× std= 5.06)
(4a.inf-gasx-only 1 var-std 1 infinite)
5. no-gasx var-std NA NA 0
6. const-gasx var-std 1 1 std
7. bio-fast var-std var-std 1 fast
8. fast-gasx var-std var-std std fast
9. low-bio 0.980 var-std std std
10.med-bio 0.975 var-std std std
11.high-bio 0.970 var-std std std
12.FeL as std but with iron limitation of phytoplankton growth (see text)

until equilibrium was approximated. The last 100 yr of these
preindustrial control simulations are presented in Sect. 5.1.

The anthropogenic release of lowδ13C fossil carbon into
the atmosphere since the industrial revolution has led to
a transient decrease of atmosphericδ13CCO2 by about 1.5 ‰
between preindustrial background and the year 2000 (“δ13C
Suess Effect”, Fig. 2); the effect on the surface ocean has
been smaller, and spatially variable due to mixing with sub-
surface water masses, but still significant. For our simula-
tions of the historical anthropogenic period we use the ob-
served atmospheric CO2 and δ13CCO2,atm from year 1800
to year 2000 derived from measurements of atmospheric air
samples, as well as air samples extracted from Antarctic firn
and ice (Allison and Francey, 1999; Francey et al., 1999), as
a surface boundary condition (Fig. 2) in addition to climate
forcing estimates (Crowley, 2000).

4 Analysis of preformed and remineralizedδ13C, effects
of biology and air–sea gas exchange

Following previous studies (Kroopnick, 1985; Gruber et al.,
1999; Broecker, 1974) it is useful to separate total DIC

DIC∼=12 CDIC=12Cpre+
12Corg+

12CCaCO3 (9)

and13C

13CDIC =
13Cpre+

13Corg+
13CCaCO3 (10)

into preformed components (12Cpre, 13Cpre) that arise from
advection of surface waters with specific12CDIC and13CDIC
values into the interior ocean and remineralized components
12Crem=

12Corg+
12CCaCO3 and13Crem=

13Corg+
13CCaCO3

that arise from the addition of isotopically light carbon from
remineralization of organic matter (δ13Corg∼=−21 ‰) and

isotopically heavy carbon from the dissolution of calcium
carbonate (δ13CCaCO3

∼= 2 ‰) during the transit time of that
water mass. The remineralized organic portions can be ap-
proximated as

12Corg= rC:OAOU (11)
13Corg= Rorg

12Corg, (12)

where AOU=Osat
2 −O2, Osat

2 is the temperature and salinity-
dependent saturation concentration for dissolved oxygen,
rC:O= 0.66 is the stoichiometric ratio of carbon to oxygen
for the production/remineralization of organic matter (An-
derson and Sarmiento, 1994), andRorg is the ratio of isotopi-
cally heavy over total organic carbon. The inorganic portions
are

12CCaCO3 = pALK dis/2 (13)
13CCaCO3 = RCaCO3

12CCaCO3, (14)

wherepALK dis=pALK −pALK pre is the dissolved por-
tion of the potential alkalinitypALK = (ALK +NO3) ·35/S,
i.e. the difference from its preformed valuepALK pre, and
RCaCO3 is the ratio of isotopically heavy over total CaCO3.

Equations (9) and (10) can be combined to yield

δ13CDIC =
1

12CDIC(
δ13Cpre

12Cpre+ δ13Corg
12Corg+ δ13CCaCO3

12CCaCO3

)
, (15)

which expresses the totalδ13CDIC of a water parcel by the
mass-fraction (e.g.12Cpre/12CDIC) weighted contributions
from preformed and remineralized components (Kroopnick,
1985). All terms in Eq. (15) can be estimated exceptδ13Cpre,
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Fig. 2. Main panel (top and right axes): evolution ofδ13CCO2,atm
of atmospheric CO2 from 1800 to 2010 used for the model forc-
ing (red solid line) and original data from the Law Dome ice core
(x-symbols) and air samples from Mauna Loa, Hawaii measured
at Scripps Institution of Oceanography (Keeling et al., 2001) (plus
symbols). 0.15 ‰ have been subtracted from the ice core mea-
surements. This correction is applied in order to match with the
Mauna Loa data and justified in part due to the observed gradi-
ent (∼ 0.7 ‰) between the high latitude Southern Hemisphere data
and those from the tropics shown in the inset panel and partly due
to biases in the ice core measurements as determined by compari-
son to the firn and air sample measurements. The purple and light
blue lines show alternative forcing functions derived by adjusting
the ice core data by1δ13C=−0.04 ‰ and using the relation of
δ13C=−1.4 ‰−PA ·0.0182 ‰ppm−1 with atmospheric CO2 (PA )
proposed by (Lynch-Stieglitz et al., 1995).
Inset panel (bottom and left axis):δ13C of atmospheric CO2 in
air from Mauna Loa measured at National Oceanographic and
Atmospheric Administration (NOAA) (White and Vaughn, 2011)
(red dashed line), and air samples at Cape Grim, Tasmania from
Francey et al. (1999) (black dotted line) and from Allison and
Francey (1999) (black solid line) and from (White and Vaughn,
2011). All lines show annual mean data calculated by averaging the
raw data on a regular yearly grid.

which we calculate as a residual

δ13Cpre=
1

12Cpre(
δ13CDIC

12CDIC− δ13Corg
12Corg− δ13CCaCO3

12CCaCO3

)
. (16)

Similarly 12Cpre is calculated as the residual from Eq. (9).
Note that we useδ13Corg=−21 ‰ andδ13CCaCO3 = 2 ‰
for all experiments except forconst-gasx, for which we
use δ13Corg,const-gasx=mean(δ13Cdetr (z= 0 : 100 m))=
−29.6 ‰ andδ13CCaCO3,const-gasx=mean(δ13CDIC,const-gasx
(z= 0 : 100 m))=−6.5 ‰, and forno-bio and fast-gasx-
only δ13Corg,no-bio= δ13Corg,fast-gasx-only=mean(δ13CDIC
(z= 0 : 100 m))= 2 ‰.

Gruber et al. (1999) proposed the following separation into
biological and air–sea gas exchange components

DIC= C∗+Cbio (17)
13CDIC =

13C∗+ 13Cbio, (18)

where Cbio=Csoft+Chard, Csoft= rC:P1PO4 with
rC:P= 112, Chard=1pALK /2, 13Csoft=RorgCsoft,
and 13Chard=RCaCO3Chard, 1PO4=PO4−PO0

4, and
1pALK = pALK −pALK 0. PO0

4 andpALK 0 are constant
reference values. Here we use the global mean surface
values. Analogous to Eq. (15) we get

δ13CDIC =
1

12CDIC(
δ13C∗C∗+ δ13CorgCsoft+ δ13CCaCO3Chard

)
. (19)

Analogous to the calculation ofδ13Cpre (Eq. 16)δ13C∗ can
be evaluated as the residual. Note that the delta values them-
selves are not additive. Nevertheless, Gruber et al. (1999) de-
fine the effect of biology as the difference

1δ13Cbio≡ δ13CDIC− δ13C∗. (20)

We will assess this approximation of biological ef-
fects by comparing to our simulation without gas ex-
change (no-gasx), which is only influenced by biology
(δ13Cbio= δ13CDIC,no-gasx).

δ13Cpre and12Cpre are related toδ13C∗ andC∗ by the fol-
lowing equations:

12Cpre=C∗+ rC:P1PO4,pre+1pALK pre/2 (21)

δ13Cpre=
1

12Cpre

(
δ13C∗C∗+ δ13CorgrC:P1PO4,pre

+δ13CCaCO31pALK pre/2
)
, (22)

where 1PO4,pre= PO4,pre−PO0
4,pre is the differ-

ence of the preformed phosphate concentration
PO4,pre= PO4− rP:OAOU from some reference value
PO0

4,pre andrP:O= rC:O/rC:P. Here we use the global mean

surface phosphate as PO0
4,pre. Equations (21) and (22) illus-

trate that the definitions ofδ13C∗ and C∗ remove not only
the remineralized biological carbon but also the components
associated with preformed phosphate and alkalinity.

The effect of air–sea fluxes on surfaceδ13C tendencies can
be approximated by the difference between the fluxes of13C
(divided by the standard isotopic ratio) and total C:

1F13C= F13C/Rstd−FC, (23)

such that positive values of the difference in isotope flux
1F13C would tend to increase surface oceanδ13C. Assuming
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no fractionation during air–sea gas exchange (i.e. all fraction-
ation factors in Eq. (4) are equal to one) and using Eqs. (2)
and (4)1F13C becomes

1F13C,const-gasx=−k(δ13CDICCsurf−δ13CACsat). (24)

Equation (24) illustrates that air–sea fluxes will affect sur-
faceδ13C even in the case of no fractionation during air–sea
gas exchange ifδ13CDICCsurf 6= δ13CACsat. Thus, differences
between the surface ocean and atmosphere in either,δ13C,
pCO2, or both, can cause a difference isotope flux. Since bi-
ology affects both, it will also influence1F13C.

We will see below that kinetic fractionation has a negligi-
ble influence on theδ13C distribution in the ocean. Similarly
the sinking of calcium carbonate has only a minor impact.
Therefore these two processes will be neglected in the re-
mainder of the analysis presented in this subsection. In or-
der to separate the effect of biology on air–sea fluxes from
those generated by the temperature-dependent fractionation
we write

13C∗ = 13C∗bio+
13C
∗

T , (25)

where the temperature-dependent part can be further sepa-
rated into an equilibrium and a disequilibrium part:

13C
∗

T =
13C
∗

T ,eq+
13C
∗

T ,dis. (26)

The equilibrium part13C
∗

T ,eq will be the same for all experi-
ments and only depend on temperature, whereas the disequi-
librium part13C

∗

T ,dis will depend on the air–sea gas exchange
rate such that it is large for slow and small for fast rates. For

infinitely fast gas exchange13C
∗

T ,dis
k0→∞
−→ 0.

Considering the different effects incorporated in the indi-
vidual model experiments we write

13CDIC,std =
13Cbio+

13C∗bio,std+
13C
∗

T ,eq+
13C
∗

T ,dis,std
13CDIC,no-bio =

13C
∗

T ,eq+
13C
∗

T ,dis,std
13CDIC,fast-gasx-only =

13C
∗

T ,eq+
13C
∗

T ,dis,fast
13CDIC,inf-gasx-only =

13C
∗

T ,eq
13CDIC,no-gasx =

13Cbio
13CDIC,cons-gasx =

13Cbio+
13C∗bio,std

13CDIC,fast−gasx=
13CDIC,bio-fast =

13Cbio+
13C∗bio,fast+

13C
∗

T ,eq+
13C
∗

T ,dis,fast

(27)

This set of Eq. (27) provides a strategy to calculate the indi-
vidual terms on the right-hand side using the sensitivity ex-
periments:

δ13C
∗

T ,dis,fast' δ13CDIC,fast-gasx-only− δ13CDIC,inf-gasx-only (28)

δ13C
∗

T ,dis,std' δ13CDIC,no-bio− δ13CDIC,inf-gasx-only (29)

δ13C∗bio,fast' δ13CDIC,bio-fast− δ13CDIC,fast-gasx-only

−1δ13Cbio (30)

δ13C∗bio,std' δ13CDIC,const-gasx− δ13CDIC,no-gasx. (31)

Equations (28)–(31) are approximations, assuming that delta
values are conserved in addition/subtraction, which, as we
have discussed above, is not generally the case. Exact expres-
sions analogous to Eqs. (15), (16), and (19) are not possible
since the total carbon expressions corresponding to the indi-
vidual 13C∗ components are unknown. We will evaluate the
errors caused with this assumption for some cases below.

5 Results

Analysis of various sensitivity tests in the preindustrial
model is aimed at separating the influence of different pro-
cesses (Sect.5.1). This is followed by a detailed comparison
of the late 20th century transient simulation of the standard
model and model FeL with observations (Sect. 5.2).

5.1 Preindustrial simulations

5.1.1 Sea surface

Model std shows surface values ofδ13CDIC (with
δ13CCO2,atm fixed at−6.5 ‰) ranging from less than 1 ‰
around Antarctica up to more than 2.6 ‰ in the tropics
with largest meridional gradients (1.5 ‰) across the South-
ern Ocean (Figs. 3 and 4). This pattern is influenced by
both biology and air–sea gas exchange. Biological effects
(δ13Cbio) are well represented by1δ13Cbio estimates, which
are consistent for bothstd and fast-gasxmodels with mi-
nor differences between the two around Antarctica (Fig. 4,
top right panel). They lead to lower values in the Southern
Ocean (−2 ‰), in the subarctic northwest Pacific (−1.5 ‰),
in the Arctic and northern North Atlantic (∼−0.5 ‰), and
in the tropical regions of upwelling in the eastern parts of
the ocean basins (∼ 0.2 ‰) and higher values in the subtrop-
ics (∼ 0.6 ‰). The areas with relatively lowδ13C are gen-
erally associated with regions of incomplete nutrient utiliza-
tion. ModelFeL shows somewhat smoother gradients in the
tropical Pacific compared withstd (Fig. 3).

Equilibrium fractionation alone in the case of infinitely
fast air–sea gas exchange (inf-gasx-only) generates merid-
ional gradients opposing those of biology, due to the
temperature-dependent fractionation (Eq. 5), which depletes
δ13CDIC by about 1 ‰ for every 10◦C of warming (Broecker
and Maier-Reimer, 1992) and leads to almost 3 ‰ differences
between the equator and high latitudes. Modelfast-gasx-
only approximates that limit, but predicts somewhat smaller
meridional gradients due to finite gas exchange, leading to
minima of 1.4 ‰ at low latitudes and maxima of 3.7 ‰ at
high latitudes (Fig. 4, top left panel). However, because of
the slow air–sea equilibration time (∼ 10 yr) of surface wa-
ters with respect toδ13CDIC – the surface ocean is nowhere
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Fig. 3. Preindustrial surfaceδ13CDIC (top; color) and air–sea flux difference1F13C (contour lines; positive downward negative values
dashed),1δ13Cbio (center), andδ13C∗ (bottom) as a function of longitude and latitude for the standard model (std; left) and modelFeL
(right). In these experimentsδ13C of atmospheric CO2 is fixed at−6.5 ‰.

in equilibrium with the atmosphere (Lynch-Stieglitz et al.,
1995) – the temperature-dependent air–sea gas exchange ef-
fect in modelstd (δ13C

∗

T ,std) is much reduced (no-bio ver-
sus fast-gasx-only) and has less impact on surface ocean
δ13CDIC than biology. The reduced temperature-dependent
air–sea gas exchange effect in modelstd is also apparent
in the larger disequilibrium gradientsδ13C

∗

T ,dis,std compared

with δ13C
∗

T ,dis,fast (Fig. 4, bottom right). The effect of air–sea
gas exchange acting on biological gradients in the standard
modelδ13C∗bio,std increasesδ13CDIC in the Southern Ocean
but has little effects elsewhere (Fig. 4, top right). This effect
is more efficient if gas exchange is faster and almost erases

the biological gradients in modelfast-gasx. Meridional gra-
dients of∼ 1.5 ‰ created by this effect are amplified by the
thermodynamic gradients of∼ 2.5 ‰ to result in> 4 ‰ gra-
dients created by air–sea gas exchange in modelfast-gasx
(δ13C∗fast, Fig. 4, bottom right). The effect of air–sea gas
exchange on surface oceanδ13CDIC in the standard model
(δ13C∗std) is much reduced, resulting in meridional gradients
of ∼ 1.5 ‰.

Slow air–sea gas exchange in the standard model leads
to biological effects dominating the preindustrial surface
oceanδ13CDIC distribution. This conclusion is supported
by (a) a high positive correlation coefficient (r = 0.75) of
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Fig. 4. Left panels: zonally averaged preindustrial surfaceδ13CDIC (top) and 1F13C (bottom) as a function of latitude for model
std (thick black) and some of the sensitivity experiments listed in Table 1. Experimentsconst-gasxand ki-only use the right axis,
all other experiments the left axis. The sparsely dotted line indicates the value of atmosphericδ13CA =−6.5 ‰ (right axis). The
curve for experimentbio-fast is identical to that offast-gasx. The red curve labeledinf-gasx-onlyrepresents the equilibrium fraction-
ation for infinitely fast gas exchange and has been calculated as described in the text. The thin black line has been calculated as
δ13CDIC,no-bio+ δ13CDIC,const-gasx+6.5 ‰ and its difference withstd indicates errors in the factorial analysis due to non-linearities.

Right panels: effects of biological fractionation and air–sea gas exchange on surfaceδ13CDIC calculated using Eqs. (27)–(31). Top:
1δ13Cbio (blue) from the standard model (Eq. 20, solid) and from model bio-fast (dashed), estimates of1δ13Cbio+ δ13C∗bio,std from

δ13CDIC,const-gasx(purple) and from the differenceδ13CDIC,std− δ13CDIC,no-bio (green),1δ13Cbio+ δ13C∗bio,fast estimated from the dif-

ferenceδ13CDIC,bio-fast− δ13CDIC,fast-gasx-only(light blue), δ13C∗bio,std estimated fromδ13Cconst-gasx− δ13Cno-gasx (black; mean sub-

tracted),δ13C∗bio,fastcalculated fromδ13CDIC,bio-fast−δ13CDIC,fast-gasx-only−1δ13Cbio (red). Bottom:δ13C∗std (blue solid, Eq. 19),δ13C∗fast

(blue dashed),δ13C
∗

T ,eq= δ13CDIC,inf-gasx-only(red; mean subtracted),δ13C
∗

T ,eq+ δ13C
∗

T ,dis,stdestimated fromδ13CDIC,no-bio (green) and

δ13CDIC,std− δ13CDIC,const-gasx(black; mean subtracted),δ13C
∗

T ,dis,fast estimated fromδ13CDIC,fast-gasx-only− δ13C
∗

T ,eq (light blue), and

δ13C
∗

T ,dis,std estimated fromδ13CDIC,no-bio− δ13C
∗

T ,eq (purple). Vertical axes for the upper panels have the same lengths.

the spatial (horizontal) variability of surfaceδ13CDIC,std
with 1δ13Cbio, whereas the correlation betweenδ13CDIC,std
and δ13C∗std is much smaller and negative (r =−0.35);
and (b) smaller spatial (horizontal) variability ofδ13C∗std
(σ =0.61 ‰) versus that of1δ13Cbio (σ = 0.84 ‰). Never-
theless, air–sea gas exchange cannot be neglected; it strongly
reduces the biologically created gradients (1δ13Cbio vs.
δ13CDIC,std).

In the standard model, air–sea fluxes (1F13C, Fig. 3 top
left and Fig. 4 bottom left) tend to increaseδ13CDIC at high
latitudes and in the tropics, whereas they tend to decrease
δ13CDIC in the subtropics and at mid-latitudes. Experiments
const-gasxandno-bioboth have attenuated fluxes compared
with std, indicating that both biology and fractionation dur-
ing air–sea gas exchange are similarly important in setting
air–sea fluxes instd. Fast gas exchange modifies the pattern

such that air–sea fluxes north and south of the equator are
now acting to strongly decrease surfaceδ13CDIC, whereas
mid-latitude fluxes tend to increaseδ13CDIC. The isotopic
effects of air–sea fluxes are greatest in the case with biol-
ogy and fast gas exchange (fast-gasx) because of the larger
gradients imposed by biology that are counteracted by gas
exchange.

Kinetic fractionation has only a minor effect on sur-
faceδ13CDIC patterns (ki-only). At fast gas exchange (fast-
gasxminusbio-fast) kinetic fractionation leads to less than
0.05 ‰ higher values of surface–oceanδ13CDIC in the east-
ern equatorial Pacific and Atlantic and variations of less than
±0.01 ‰ elsewhere (not shown).

We conclude that the preindustrial surfaceδ13CDIC
patterns are dominated by biology but that they are
also markedly influenced by air–sea gas exchange, which
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Fig. 5.Horizontally averaged vertical distribution of variables from preindustrial simulations. Top left:δ13CDIC (solid) andδ13Cpre (dashed)
for model std and some of the sensitivity experiments listed in Table 1. Experimentsconst-gasxand ki-only use the top axis, all other
experiments the bottom axis. The curve for experimentbio-equil is identical tofast-gasx. The contributions from preformed plus organic
(δ13Cpre

12Cpre+ δ13Corg
12Corg)/(

12Cpre+
12Corg) for std is shown as the dotted thick black line. The difference between that line and

δ13CDIC,std (solid) represents the effect of CaCO3 dissolution. Labeling is the same as in the top left panel of Fig.4. Bottom left: DIC
(black),12Cpre (red),12Cpre+

12Corg (green), C∗ (blue) from modelsstd(solid) andfast-gasx(dashed), and Cbio from modelno-gasx(light
and dark blue dashed). Right panels: effects of biological fractionation and air–sea gas exchange on horizontally averagedδ13CDIC expressed
as anomalies from surface values. Labeling is the same as in the right-hand panels of Fig.4.

decreases the spatial gradients put into place by biology.
This is in contrast to the conclusions of Broecker and Maier-
Reimer (1992) that the “temperature influence largely com-
pensates” the biological influence, and the conclusion by
Gruber et al. (1999) that “biological effects onδ13C nearly
offset thermodynamic effects”, which were based on the
analysis of anthropogenically contaminated observations.

Our conclusion also differs from that of MS00 who
suggest that the primary factor controlling surface ocean
δ13CDIC distributions is the wind speed-dependent gas trans-
fer velocity and that biology is a secondary factor, although
their statement refers perhaps more to the potential effect of
fast air–sea gas exchange, which can be larger than the bio-
logical influence.

As we will show below, the intrusion of isotopically light
anthropogenicδ13CDIC reduces spatial gradients in the sur-
face ocean. Thus transient penetration of anthropogenic car-
bon into near-surface ocean may have lead to the false im-
pression of a compensation between temperature and biolog-
ical effects, whereas in the preindustrial surface ocean the

biological influence may have dominated spatial variability
in δ13CDIC as our model experiments suggest.

5.1.2 Ocean interior

In the plots of vertical distributions ofδ13CDIC (Fig. 5), val-
ues from the various model sensitivity tests converge ap-
proximately at the sea surface. This is an effect of running
the model with a fixed atmosphericδ13C. In the real world,
keep in mind that the carbon isotope budget of the combined
atmosphere-ocean system is largely controlled by the domi-
nant dissolved inorganic carbon reservoir in the deep sea. If
the global rather than atmospheric budget of13C had been
fixed, the deep ocean values would approximately converge,
and the major divergence between model runs would be in
the near-surface ocean and atmosphere.

Model std shows nearly constant values of globally hor-
izontally averagedδ13CDIC = 0.5 ‰ below 1 km, whereas
above that depthδ13CDIC rises rapidly to 2.2 ‰ at the surface
(0–100 m) leading to a surface-to-deep gradient of−1.7 ‰
(Fig. 5, top left). About−0.8 ‰ of that gradient in model
std is caused by the advection of lowδ13Cpre from high
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latitudes, particularly from the Southern Ocean, whereas
about−0.9 ‰ is due to the remineralization of isotopically
light organic matter (δ13Corg). These contributions corre-
spond to the roughly equal contributions of preformed and
remineralized carbon to the surface-to-deep DIC gradient
(Fig. 5, bottom left). The calcium carbonate cycle has only
a minor effect and increases deep oceanδ13CDIC by 0.03 ‰
(difference between thick dotted and solid black lines in top
left panel of Fig. 5). This effect is small because (a) the
smaller relative contribution (∼ 15 %) of the carbonate pump
on surface-to-deep ocean DIC gradients (difference between
green and black solid lines in bottom left panel of Fig. 5) and
(b) the small difference inδ13C between calcium carbonate
and deep ocean DIC (only∼ 1.5 ‰ in contrast to∼ 20 ‰ for
organic carbon).

Biological fractionation alone leads to large surface-to-
deep gradients of−2.3 ‰ (no-gasx, δ13Cbio, Fig. 5, top),
which is slightly underestimated by1δ13Cbio (−2.1 ‰).
(Nevertheless,1δ13Cbio is a good approximation for the
three-dimensional distribution ofδ13Cbio as indicated by
their high correlation coefficientr > 0.99.) The potential
thermal effect of equilibrium fractionation alone in the case
of infinitely fast gas exchange (inf-gasx-only; Fig. 5 top left),
on the other hand, would lead to 1.6 ‰ higherδ13CDIC values
in the deep ocean than at the surface. (Modelfast-gasx-only
approaches that limit, but due to the still finite gas exchange,
it predicts a somewhat smaller surface-to-deepδ13CDIC gra-
dient of 1.2 ‰.) Slow air–sea gas exchange, however, lim-
its the thermodynamic effect such that the vertical gradient
is reduced to almost 0 ‰ in experimentno-bio, consistent
with the results of MS00 (their “Solubility Model”). Note
that changes in air–sea gas exchange do not modulate sig-
nificantly the impact of remineralized carbon on deep ocean
δ13CDIC, which is∼ 1 ‰ in all cases with biological fraction-
ation (differences between dashed and corresponding solid
lines in top left panel of Fig. 5).

Model const-gasxas well as the differencestd−no-bio
(green line in top right panel of Fig. 5) display consistently
slightly smaller vertical gradients thanδ13Cbio and1δ13Cbio,
indicating the small but significant (0.1–0.5 ‰) moderating
effect of non-fractionating gas exchange on biologically cre-
ated vertical gradients (δ13C∗bio,std). This non-fractionating
gas exchange effect is stronger (∼ 0.7 ‰) in the case of fast
gas exchange (δ13C∗bio,fast) and conspires with the reduced

disequilibrium thermodynamic effectδ13C
∗

T ,dis,fast (bottom
right panel of Fig. 5) to generate small vertical gradients in
modelfast-gasx(top left panel, Fig. 5).

In modelstd, however, the disequilibrium thermodynamic
effect cancels almost entirely the equilibrium thermody-
namic effect (black and green lines in bottom right panel
of Fig. 5). Together with the small effect ofδ13C∗bio,std this
causes the overall effect of air–sea gas exchange to increase
deep ocean values by∼ 0.3 ‰ with respect to the surface
(δ13C∗std). Fast gas exchange, in contrast, increases deep

ocean values by more than 2 ‰ with respect to the surface
(δ13C∗fast).

The effects of kinetic fractionation (ki-only) on deep ocean
δ13CDIC are negligibly small. In modelfast-gasx-only, al-
though biological fractionation is zero, the sinking of organic
matter and calcium carbonate delivers the surfaceδ13CDIC
signature to the deep ocean, reducing vertical gradients by
0.1 ‰ (dashed vs. solid blue lines in top left panel of Fig. 5).
This effect is weaker in modelno-biosince vertical gradients
in δ13CDIC are weaker.

In model std zonally averaged preindustrialδ13CDIC in
the deep ocean varies from 1.6 ‰ in the North Atlantic to
−0.2 ‰ in the North Pacific (Fig. 6). The spatial variabil-
ity in the deep ocean is dominated by 2.0 ‰ variations of
1δ13Cbio, decreasing from−0.7 ‰ in the North Atlantic to
−2.7 ‰ in the North Pacific, whereasδ13C∗ variations are
smaller (0.5 ‰) and increase from 2.2 ‰ in the North At-
lantic to 2.7 ‰ in the Southern Ocean. A pronounced max-
imum of δ13C∗ is simulated in Antarctic Intermediate Wa-
ter (AAIW) in the Atlantic with values ranging from 3 ‰
at high latitudes to∼ 2.4 ‰ in the tropics, consistent with
estimates based on observations (Charles et al., 1993). Rem-
ineralized isotope signature (1δ13Crem= δ13CDIC−δ13Cpre)
variations are similar to those of1δ13Cbio except in the
Atlantic, where they are smaller, whereas absolute values
of 1δ13Crem are higher than1δ13Cbio. Most of the differ-
ences between1δ13Cbio and1δ13Crem (and betweenδ13C∗

andδ13Cpre) can be explained by preformed nutrients, which
are higher in Southern Ocean deep and intermediate water
masses and lower in North Atlantic Deep Water (NADW)
and exhibit larger variability in the deep Atlantic compared
to the Indo-Pacific (Ito and Follows, 2005; Schmittner and
Galbraith, 2008).δ13Cprevariations are much smaller and de-
crease by∼ 0.4 ‰ from the North Atlantic towards the North
Pacific. In the thermocline the variability ofδ13Cpre is larger
(1 ‰), reflecting more the surface variations (Fig. 3).

Individual contributions toδ13C∗ are shown in Fig. 7. By
definition δ13C

∗

T ,eq depends only on temperature and varies
from ∼ 1 ‰ in the tropical surface ocean to∼ 3.8 ‰ in the
abyss and high latitude surface waters. Due to large dise-
quilibrium effects caused by the slow air–sea gas exchange
these variations are only weakly expressed inδ13C

∗

T ,std,
which shows minima of∼ 1.6 ‰ in subtropical surface wa-
ters and maxima of∼ 2.7 ‰ in surface waters of the South-
ern Ocean and northwest Pacific (not shown) and small vari-
ations (∼ 0.2 ‰) in the deep ocean. The non-fractionating
effect of air–sea gas exchange acting on the biological gra-
dients (δ13C∗bio,std) leads to minima in the subtropical sur-
face and maxima in AAIW and Antarctic Bottom Water.
Thus the maximum inδ13C∗ in AAIW is caused in approxi-
mately equal parts byδ13C

∗

T ,std andδ13C∗bio,std. It is interest-
ing to note that for fast gas exchange the AAIW maximum
in δ13C

∗

T ,fast is less pronounced thanδ13C
∗

T ,std, whereas it is
more pronounced inδ13C∗bio,fast.
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Fig. 6. Zonally averaged preindustrialδ13CDIC (top),1δ13Cbio (second from top),1δ13Crem (center),δ13Cpre (second from bottom), and
δ13C∗ (bottom) in modelstd in the Atlantic (left), Indian (center) and Pacific (right) oceans.

We conclude from these preindustrial simulations that the
vertical distribution ofδ13CDIC in the ocean and the spatial
gradients between deep water masses are dominated by the
effects of biological fractionation, in agreement with pre-
vious studies (Broecker and Maier-Reimer, 1992; Lynch-
Stieglitz et al., 1995; MS00). Air–sea gas exchange reduces
the δ13CDIC gradients generated by biology by 10–20 % in
the pre-anthropogenic simulation. Under different climate
regimes this fraction as well as the efficiency of gas exchange
as a means of changing the preformed properties of water
masses entering the ocean interior could be different.

5.2 Present day (1990–2005) observations and
simulations

The modeled large-scale circulation and distribution of bio-
geochemical tracers is generally in good agreement with ob-
servations, although systematic biases remain. In the North
Pacific, stratification is too weak, leading to anomalously
high subsurface oxygen and low DIC and nutrient concentra-
tions there. In the deep Indian Ocean, oxygen and radiocar-
bon are too high while DIC and nutrient concentrations are
too low (Schmittner et al., 2008). The model does not include
interactive iron and silicon cycles, which leads to biases in
simulating phytoplankton growth rates. These known biases
also affect the simulatedδ13CDIC distribution, which we need
to consider when comparing model results to observations.
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Fig. 7. As Fig.6 but showing individual components ofδ13C∗. From topδ13C
∗

T ,eq; δ13C
∗

T ,std; δ13C
∗

T ,fast; δ13C∗bio,std (global surface mean

subtracted);δ13C∗bio,fast. Note that the color scale for the top three rows is different from the bottom two.

In this section annual mean values will be used for all data
unless specified otherwise.

5.2.1 Particulate organic matter

Figure 8 compares model results to the compilation of mea-
surements ofδ13C in particulate organic matter (POM) in the
near-surface ocean by Goericke and Fry (1994). Particulate
organic carbon is about 2 ‰ lower in the 1990s compared
with the preindustrial simulation due to both the decrease
of surface-oceanδ13CDIC and an increase in thepCO2-
dependent fractionation (Eq. 7). ModelsFeL and std sim-
ulate very similar zonally averagedδ13CPOC distributions.
Both reproduce the observed general meridional gradient of
δ13CPOC with less negative values of about−20 ‰ at low
latitudes and more negative values (−25 to−30 ‰) at high
latitudes, similar to earlier studies (Hofmann et al., 2000;
MS00). Correlation coefficients between model results and

observations ofr = 0.74 (FeL), r = 0.71 (std) and normal-
ized (by the standard deviation of the observations, which is
σobs= 2.8 ‰) root mean squared errors are NRMSE= 0.92
(FeL) and NRMSE= 0.98 (std) suggest modelFeL is in
slightly better agreement with the observations than model
std.

However, closer inspection reveals that modelFeL under-
estimatesδ13CPOC in the eastern tropical Pacific (a bias that
is exacerbated in modelstd; not shown), in the subarctic
North Pacific and in the high-latitude North Atlantic. It is
unable to reproduce the pronounced interhemispheric differ-
ence at mid- to high latitudes apparent in the observations;
qualitatively similar biases occurred in the more complex
model of Tagliabue and Bopp (2008).

Large gaps in the data coverage hamper a more compre-
hensive model validation at this time. An updated compi-
lation of surfaceδ13CPOC measurements and new measure-
ments, particularly in the Pacific, are urgently required to
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Fig. 8.δ13C of particulate organic carbon (POC) from observations (Goericke and Fry, 1994) averaged on a 5◦ grid (top left) and modelFeL
(top right; 1990s averaged over the top 100 m) presented as longitude-latitude maps. Bottom left: difference modelFeL minus observations.
Bottom right: zonal averages as a function of latitude. Symbols show individual observations (black) andFeL model results (red) at the
locations of the observations. Lines show zonal averages using grid points where observations are available only. Red dashed line represents
results from the preindustrialFeL model simulation. Modelstd is shown in green; other models arelow-bio (purple),med-bio(blue) and
high-bio(light blue).

improve the validation of biological fractionation in global
models. Surface sediment data may provide an alternative to
sea surfaceδ13CPOC measurements, a possibility that should
be explored in the future.

Future improvements of the model will need to include
a more realistic treatment of biological fractionation such as
outlined in the approaches of Rau et al. (1996) and Keller
and Morel (1999). This will likely require more ecosystem
and nutrient information to constrain the relative growth rates
and isotopic fractionation of different classes of plankton.

5.2.2 Surface dissolved inorganic carbon

The global mean surfaceδ13CDIC value from the 1990–2005
observations of 1.5 ‰ is slightly overestimated by the mod-
elsFeL (1.6 ‰) andstd (1.7 ‰). As noted earlier by Gruber
et al. (1999), observations show thatδ13CDIC is relatively
constant over most of the surface ocean (Fig.9); zonally
averaged values range between 1 and 2 ‰, although the to-
tal range of measuredδ13CDIC values stretches between 0.5
and 2.4 ‰. Larger simulated latitudinal gradients in surface-
oceanδ13CDIC for preindustrial time (1–2.5 ‰ for zonally
averaged values; Fig. 4) suggest that the measured gradi-
ents are reduced as a result of the accumulation of anthro-
pogenic carbon into the tropical and subtropical oceans. An-

thropogenic carbon reduces the area-weighted spatial (hori-
zontal) standard deviation of surfaceδ13CDIC from 0.37 ‰ at
year 1800 to 0.27 ‰ at year 2000 in modelFeL. The reduc-
tion in spatial variability is almost identical (0.36 ‰ in 1800
to 0.27 ‰ in 2000) in modelstd.

High surfaceδ13CDIC values are observed in the western
equatorial Pacific, in the central Pacific south of the equa-
tor, in the southeast Pacific, in the tropical Atlantic and near
the subantarctic front in the Southern Ocean. Low values are
found in the Indian Ocean, the northeast Pacific, the cen-
tral and eastern equatorial Pacific, the northwestern subtrop-
ical Pacific, the subtropical North Atlantic as well as at high
latitudes. ModelFeL captures many of the observed spatial
patterns of surface oceanδ13CDIC with a correlation coef-
ficient of r = 0.53 and NRMSE= 0.99. Zonally averaged
δ13CDIC values in modelFeL are generally consistent with
observations except around 20◦ N and in the Arctic, where
the model is biased high. However, modelstd (r = 0.49;
NRMSE= 1.19) overestimatesδ13CDIC in the tropics (by
up to 0.4 ‰ and for the zonal average by 0.2–0.3 ‰) ex-
cept for the eastern equatorial Pacific whereδ13CDIC is un-
derestimated (not shown, but see Fig. 3 for the differences
with modelFeL in preindustrial patterns). Including iron lim-
itation reduces phytoplankton growth rates, carbon biomass,
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Fig. 9.Comparison of surfaceδ13CDIC distribution from observations of the 1990s (Gruber and Keeling, 2001; top left) and the model (1980–
1999 average, top right). Bottom left: difference model minus observations. Bottom right: zonally averaged values as a function of latitude.
Only those model grid boxes are considered in the averaging where corresponding observations exist. Square symbols show observations,
the lines show modelsstd(dashed green) andFeL (solid red, purple and light blue lines). The different solid lines explore the uncertainty due
to the atmosphericδ13C evolution and correspond to the same lines in Fig.2

.

and hence primary productivity in the eastern equatorial Pa-
cific (Fig. 1) and eliminates the bias inδ13CDIC. This illus-
trates the importance of details of ecosystem model dynamics
on theδ13C distribution and suggests thatδ13C observations
can help evaluate ocean ecosystem models.

Remaining biases in modelFeL include overestimated
surface-oceanδ13CDIC values in parts of the tropical Atlantic
and Indian Ocean, along 20◦ N in the North Pacific, in the
northern North Pacific and northern North Atlantic, and in
the mid-latitude South Atlantic as well as underestimation
of surface-oceanδ13CDIC in the Southern Ocean and eastern
tropical Pacific.

The model suggests that preindustrialδ13CDIC values at
the sea surface were, on a global average, 2.3 ‰, or 0.67 ‰
higher than in the 1990s, in agreement with the previous
estimates by Broecker and Maier-Reimer (1992, 0.7 ‰ for
the 1970s) and Sonnerup et al. (2007, 0.76±0.12 ‰). Ortiz
et al. (2000) calculated a shift of 0.62±0.17 ‰ in the North-
east Pacific (using data from 1991), consistent with the model
1980–2000 mean between 138◦W to 120◦W and 28◦N to
45◦ N of 0.75 ‰. Surface-oceanδ13CDIC decreases faster in
the subtropics than at other latitudes consistent with previ-
ous analysis of observations (Quay et al., 2003). Between
the 1980s and the 1990s its decrease ranges from minima

of ∼ 0.04 ‰ at high latitudes to 0.2 ‰ in the subtropics,
and∼ 0.14 ‰ in the tropics, consistent with previous stud-
ies (e.g. Gruber et al., 1999).

5.2.3 Ocean interior dissolved inorganic carbon

Global mean surface-to-deep gradients of 1.0 ‰ in the ob-
servations are well captured in both models (top left Fig.10).
This is a considerable reduction compared to the modeled
preindustrial gradients of 1.7 ‰ (Fig.8; Sect. 5.1.2), indi-
cating that the invasion of isotopically light anthropogenic
carbon decreased the verticalδ13CDIC gradient. Both mod-
els are biased high (globally by 0.09 ‰) particularly at mid-
depths. A high bias is not uncommon. All models tested by
Sonnerup and Quay (2012) and Tagliabue and Bopp (2008)
were biased high (by 0.13–0.51 ‰ and more than 0.45 ‰ be-
low 1 km depth, respectively; the numbers from Tagliabue
and Bopp (2008) cannot be precisely compared with ours
because they did not present volume weighted averages and
used a much sparser dataset).

Model biases in deep oceanδ13CDIC are mirrored by sim-
ilar biases of opposite sign in DIC (bottom left panel in
Fig.10), indicating that improving the DIC simulation would
also lead to a better isotope distribution. ModelFeLhas lower
δ13CDIC and higher DIC values in the deep ocean and at the
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Fig. 10. As Fig. 5 but for the 1990s including observations (black) and modelsFeL (red) andstd (green). Top left:δ13CDIC. Top right:
1δ13Cbio (solid) and1δ13Crem (dashed). Bottom right:δ13C∗ (solid) andδ13Cpre (dashed). Bottom left: DIC (solid), Cpre (dashed), and
C∗.

surface compared withstd and agrees better with observa-
tions there. Much of the overestimation ofδ13CDIC and un-
derestimation of DIC in the model’s deep ocean is due to too
low preformed carbon and too highδ13Cpre there.

The average depth distributions of1δ13Cbio, 1δ13Crem,
δ13Cpre, and δ13C∗ simulated by the models agree well
with the observations (Fig.10), confirming the conclusions
drawn from the preindustrial model results above. Compari-
son with Fig.5 shows that anthropogenic carbon has strongly
decreased the vertical gradients inδ13Cpre whereas it has
increasedδ13C∗ gradients. While vertical gradients in the
preindustrial simulation are about twice as large forδ13Cpre
(0.6 ‰) than forδ13C∗ (0.3 ‰), contemporary gradients are
much larger forδ13C∗ (1 ‰) than forδ13Cpre (∼0 ‰).

Spatial gradients in deep waterδ13CDIC of about 1.6 ‰
are apparent between different ocean basins in both ob-
servations and in the model (Figs.11, 12). Highest val-
ues of around 1 ‰ are found in the North Atlantic,
whereas lowest values of less than−0.6 ‰ are found in
the North Pacific at about 1 km depth, consistent with
an earlier data compilation (Kroopnick, 1985). ModelFeL
(r =0.88, NRMSE= 0.50; σobs= 0.48 ‰) captures the ob-
served three-dimensional distribution slightly better than
modelstd (r = 0.85, NRMSE=0.58).

Most of the observed variability ofδ13CDIC in the deep
ocean is due to1δ13Cbio (Figs.10, 11), which ranges from
values close to−1 ‰ in the North Atlantic to−2.8 ‰ in

the North Pacific. Much of this variability is due to the ef-
fect of remineralized matter1δ13Crem, which ranges from
−0.3 ‰ in the North Atlantic to−1.7 ‰ in the North Pacific.
Observedδ13Cpre shows little variability in the deep ocean
but maxima in the thermocline in all ocean basins, partic-
ularly at low latitudes. Model results reproduce this pattern
(Fig. 12) and indicate that large vertical gradients in prein-
dustrialδ13Cpre in the upper thermocline have been reduced
due to the invasion of anthropogenic carbon (Figs.10, 12vs.
Figs.6 and14). Higher preformed values of upper ocean and
intermediate waters are consistent with the simulated prein-
dustrial surfaceδ13CDIC distribution (Fig.3), which shows
lower values at high latitude regions of deep water formation
and higher values in lower latitude regions of intermediate
and mode water formation. For preindustrial times the model
simulates a monotonic decrease ofδ13Cpre from the surface
down (Fig.6). Thus, the intermediate depth maximum simu-
lated for the contemporary ocean is caused by the downward
penetration of light carbon from above superimposed on this
background gradient, suggesting that this is also the reason
for the observed pattern.

The spatial gradients in observedδ13C∗ are larger than
those forδ13Cpre and show minima in the subtropical surface
ocean of∼ 1 ‰ and maxima of up to 3 ‰ for AAIW. Pro-
nounced differences are apparent between water masses of
southern origin, which are high inδ13C∗ and NADW, which
has lower values. ModelsFeL andstd reproduce the general
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Fig. 11.As Fig.6 but for the observations representing the 1990s.

patterns found in the observations, but they underestimate the
AAIW maximum (Fig.13). Preindustrial model results show
much reduced vertical gradients ofδ13C∗ in the thermocline
(Fig. 6), indicating that the large gradients in the contempo-
rary observations are partly caused by anthropogenic carbon.

The latitudinal distribution of the simulated anthro-
pogenicδ13CDIC shift in the North Pacific is consistent with
the data-based multi-parameter mixing model of Sonnerup
et al. (2007), who found surface values ranging from 0.8 ‰
in the subtropics to 0.2–0.4 ‰ poleward of 40◦ N and vertical
integrated values to be−200 ‰ m at high latitudes and−400
to−500 ‰ m at low latitudes. Along 165◦ E model FeL pre-
dicts for the 1990s−280 ‰ m around 45◦ N and−430 ‰ m
at 30◦ N.

6 Summary, discussion, and conclusions

Comparison of a new three-dimensional model of13C cy-
cling in the ocean with a new global database ofδ13CDIC ob-
servations shows broad agreement in important large-scale
features such as the vertical and inter-basin gradients. Our
results support earlier findings, suggesting that effects of bi-
ological fractionation dominate the interiorδ13CDIC distri-
bution in the modern and pre-anthropogenic ocean, whereas
the effect of air–sea gas exchange is to reduce the biolog-
ically imposedδ13CDIC gradients (MS00; Lynch-Stieglitz
et al., 1995; Broecker and Maier-Reimer, 1992; Kroopnick,
1985). It is important to note that biologically created gra-
dients are mediated by circulation and are therefore non-
local. Considering the effects of gas exchange and biology
on local δ13CDIC tendencies for surface waters, one may
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Fig. 12.As Fig.6 but for the 1990s of modelFeL.

conclude that they work together in some regions, such as
the subpolar oceans where both tend to increaseδ13CDIC, but
oppose each other in other regions, such as the subtropics
where biology tends to increaseδ13CDIC but gas exchange
tends to decrease it (Fig.3). However, whereas photosyn-
thesis tends to increaseδ13CDIC in high latitude surface wa-
ters, the overall effect of biology is to decreaseδ13CDIC there
due to upwelling of isotopically light, remineralized carbon
from the deep ocean (1δ13Cbio, Fig. 3). In contrast to pre-
vious studies that have attributed the effect of air–sea gas
exchange only or mainly to the temperature-dependent frac-
tionation (Charles et al., 1993; Broecker and Maier-Reimer,
1992; Lynch-Stieglitz et al., 1995; MS00), we have shown
that temperature-independent air–sea fluxes acting only on
biologically created gradients are equally important.

In contrast to previous conclusions (Gruber et al., 1999;
Broecker and Maier-Reimer, 1992; Lynch-Stieglitz et al.,
1995) that biological and air–sea gas exchange influences
nearly cancel for surfaceδ13CDIC distributions, we find
that the air–sea gas exchange, although acting to reduce
the biological effect, is not able to cancel it for preindus-
trial times. This conclusion depends on the accuracy of the
k0 estimate (Eq.3). Sensitivity tests with a slightly differ-
ent model version than the one presented here show im-
provements of theδ13CDIC and114CDIC simulations by us-
ing k0= 0.253 (NRMSEs of 0.53 and 0.26) compared with
k0= 0.337 (NRMSEs of 0.56 and 0.29) supporting Sweeney
et al. (2007) and Graven et al. (2012). Although we cannot
exclude somewhat higher values ofk0 than used here, we be-
lieve that our results will be robust for modestly faster rates
of air–sea gas exchange.
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Fig. 13.As Fig.6 but for difference modelFeL minus observations.

Our model results suggest that the uptake of anthropogenic
carbon has reduced the spatial gradients inδ13CDIC that
were present in the preindustrial surface (and deep) ocean.
The anthropogenic overprint is largest in the subtropics
(Fig. 14), where it reduces the preindustrialδ13CDIC max-
imum (Figs.3, 8). This may explain the different conclu-
sions on the relative strength of biological vs. gas exchange
effects onδ13CDIC reached previously based on analyzed ob-
servations affected by anthropogenic carbon (Gruber et al.,
1999; Broecker and Maier-Reimer, 1992). Although the gas
exchange effects are relatively minor in today’s (modern and
pre-anthropogenic) oceans, our model sensitivity tests sug-
gest that changes in gas exchange rates could potentially be
an important mechanism for changing the isotopic budget of
the ocean interior in a different climate.

The effect of air–sea gas exchange onδ13CDIC depends on
the residence time of waters at the surface, which depends
on the circulation. Likewise, the effect of biology on deep
oceanδ13CDIC depends on the circulation and mixing of dif-
ferent water masses. In this paper we did not directly address
the sensitivity ofδ13CDIC on circulation and mixing in the
model. This will be left for future study. The fact that the
model reproduces the observed distribution ofδ13CDIC and
the individual effects and components reasonably well sug-
gests that it has the balance of circulation, gas-exchange, and
biology about right, but it cannot be ruled out that compen-
sating errors lead to the right result for the wrong reason or
that other parameter combinations lead to a similarly good
simulation. Thus, our results could be model dependent.

The model data comparison revealed a number of im-
portant model deficiencies, such asδ13CDIC values being
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Fig. 14.Anthropogenicδ13C (top) and carbon (bottom). Isoline difference is 0.1 ‰.

too high in the deep ocean, particularly the North Atlantic,
Indian and North Pacific. Decomposition into the different
components and effects may help in improving the model in
the future, e.g. by improving AOU and/or preformed nutri-
ent distributions. The model may be a useful tool for pale-
oclimate and other applications. The model (called Model
of Ocean Biogeochemistry and Isotopes; MOBI version
0.2=model FeL) code is freely available as a supplement
to this paper and athttp://people.oregonstate.edu/∼schmita2/
data/schmittner13bg/.

Appendix A

Observations

The primary data source for theδ13CDIC measurements
is the Web Accessible Visualization and Extraction Sys-
tem (WAVES) at the Carbon Dioxide Information Analysis
Center (CDIAC) (http://cdiac3.ornl.gov/waves/discrete/). On
27 August 2010 we extracted data from two databases within
CDIAC: First, from the Global Data Analysis Project GLO-
DAP (Key et al., 2004) and second, from the Carbon Diox-
ide in the Atlantic Ocean (CARINA) data synthesis project
mainly from WOCE and CLIVAR expeditions (Key et al.,
2010).

Theδ13CDIC data on file at CDIAC have not been quality
controlled. In the GLODAP database, some cruises (for ex-
ample, 316N1455 and INDIGO 123) had obvious bad data,
and these were excluded from our compilation. From the re-
maining 31 GLODAP expeditions, we removed bottle num-

bers> 70 from seven cruises in order to exclude large vol-
ume (LV) samples, many of which had large negative biases.
From the CARINA database, cruise 64TR19900417 was ex-
cluded due to obviously bad data, leaving 18 cruises. The
remaining combined GLODAP and CARINA database con-
tains 17 989δ13CDIC data for the time period from 1990–
2005 from all oceans and all depths. These data were sup-
plemented by 632 measurements from 1990 to 1998 made
at Charles (Dave) Keeling’s laboratory at Scripps Institution
of Oceanography, described by Gruber et al. (1999), and by
one transect (50 data points) from the northeast Pacific mea-
sured in Alan Mix’s laboratory at Oregon State University,
published along with nutrient data by Ortiz et al. (2000).
The Keeling dataset is also available at CDIAC (http://cdiac.
ornl.gov/ftp/oceans/keeling.data/), although here we used
one single data file provided by N. Gruber. We do not use
measurements prior to 1990 (such as all GEOSECS and
TTO data). Due to unresolved intercalibration issues be-
tween laboratories the accuracy is currently estimated to be
0.1–0.2 ‰ (A. McNichol, personal communication, 2012).
The combined data set contains a total of 18 670δ13CDIC
measurements. It is freely available in the supplement to
this paper, at CDIAChttp://cdiac3.ornl.gov, at the National
Oceanographic Data Centerhttp://www.nodc.noaa.gov/, as
well as herehttp://people.oregonstate.edu/∼schmita2/data/
schmittner13bg.

Supplementary material related to this article is
available online at:http://www.biogeosciences.net/10/
5793/2013/bg-10-5793-2013-supplement.zip.
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