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Freshwater provided from river discharge influences the dynamics and circulation of
most continental shelves around the world. It has profound effects on the transport and
fate of materials and substances originated from rivers and estuaries, as well as on the ocean
biogeochemistry and marine ecosystems. The effect of buoyancy forcing and its modification
by windstress off the Oregon coast are studied here, with an emphasis on the downwelling
season (fall/winter). Six years of data are used in this study, from 2006 to 2012, obtained
by a network of coastal oceanographic observations.
During the downwelling season, buoyancy-forcing resulting from significant freshwater input from multiple river sources along the coast, together with the predominantly
downwelling-favorable windstress and the large-scale Davidson Current, drives what we
have named the Oregon Coastal Current (OCC). Based on a 2-layer model, the dominant
forcing mechanism of the OCC is buoyancy, followed by the Davidson Current, and then
the wind stress, accounting for 61% (±22.6%), 26% (±18.6%) and 13% (±11.7%) of the
along-shore transports, respectively. The OCC is a surface-trapped coastal current, with
transports comparable to the summertime upwelling jet off the Oregon coast.
Offshore of the OCC, the seasonal evolution of the salinity field is controlled by different
mechanisms at two distinct times: prior and after the remotely forced spring transition
(RFST). After the RFST, along-shelf advection of the Columbia River Plume by remotely
forced southward currents dominate the salinity variability. Prior to the RFST, this variability is dominated by cross-shelf freshwater fluxes from the OCC, influencing an offshore
distance of approximately 33 km from the OCC’s edge. The rate-of-change of salinity over

this region can be explained in terms of eddy and wind-driven Ekman cross-shelf freshwater
fluxes, however it was not possible to distinguish their relative contributions. Based on the
estimated freshwater loss from the OCC, a leaking pipe model was developed, and it was
estimated that the along-shelf freshwater fluxes through a cross-shelf section off Newport
can be explained by the summed discharges from 3-4 rivers upstream, reaching as far as the
Siuslaw of Umpqua rivers.
Salinity off Oregon is also variable at interannual time scales. Low salinities during
the upwelling season (spring/summer), produced by increased river discharges from the
Columbia River are correlated to El Niño/La Niña. The lowest salinity recorded off Newport, was registered during an extreme La Niña event of 2011. For the first time the
Columbia River Plume was tracked from mid-shelf all the way into the Yaquina Bay estuary.
Finally, the effect of wind-forcing and flow-topography interaction are investigated, in
a continental shelf in the absence of freshwater input, off the Brazilian coast. Our results
demonstrate that on larger scales, the sea surface temperature variability along the coast
is mainly controlled by wind-driven upwelling, while upwelling due to flow-topography interaction is responsible for the smaller scale sea surface temperature variability.
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Finally, I wish to thank Cássia. She always stood beside me during both easy and hard
moments, always with great patience, optimism, support, companionship, friendship and
love. I just cannot thank you enough...
This work was primarily supported by a Brazil-U.S. CAPES/Fulbright scholarship.
Additional support was provided by the U.S. National Science Foundation grants OCE
- 0851486 and OCE - 0961999, and the Richard D. Mathews Memorial Scholarship.

CONTRIBUTION OF AUTHORS
Dr. John A. Barth was involved in the analysis and writing of chapter 2-5. Dr. R. Kipp
Shearman was involved in the analysis and writing of chapter 2-4. Dr. Anatoli Erofeev, was
involved in the analysis of chapter 2 and 4. Craig Risien and Dr. Stephen Pierce participated
in the analysis and writing of chapter 4. Edward Dever, Michael Kosro, Murray Levine and
Michael Vardaro contributed with data from chapter 4.

TABLE OF CONTENTS
Page
1. Introduction

1

2. Buoyancy-driven coastal currents off Oregon during fall and winter

5

2.1 Abstract . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

5

2.2 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
2.2.1 Regional Setting . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
2.2.2 Coastal Current Dynamics . . . . . . . . . . . . . . . . . . . . . . .

5
6
8

2.3 Data and Methodology . . . . . . . . . . . . . . . . .
2.3.1 Observations . . . . . . . . . . . . . . . . .
2.3.2 Estimating Freshwater Content and Frontal
2.3.3 Frontal Characteristics and Wind Stress . .
2.3.4 Velocity Calculations . . . . . . . . . . . .
2.3.5 Transport Calculations . . . . . . . . . . .
2.4 Results
2.4.1
2.4.2
2.4.3
2.4.4

. . . . . . . . .
. . . . . . . . .
Characteristics
. . . . . . . . .
. . . . . . . . .
. . . . . . . . .

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
Seasonal Variability in Freshwater off Oregon . . . . . .
Front Characteristics . . . . . . . . . . . . . . . . . . .
Front Response to Wind Forcing . . . . . . . . . . . . .
Along-Shelf Velocities, Total and Freshwater Transport

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

10
10
12
14
15
16

.
.
.
.
.

.
.
.
.
.

.
.
.
.
.

.
.
.
.
.

.
.
.
.
.

.
.
.
.
.

.
.
.
.
.

17
17
18
19
22

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

24
24
25
28

2.6 Conclusion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

29

2.7 Acknowledgments

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

30

2.8 Appendix . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
2.8.1 Transport Derivation . . . . . . . . . . . . . . . . . . . . . . . . . .
2.8.2 Margules front model . . . . . . . . . . . . . . . . . . . . . . . . . .

30
30
31

2.5 Discussion . . . . . . . . . . . . . . . . . . . . .
2.5.1 Seasonal Regimes of Freshwater . . .
2.5.2 Coastal Current Dynamics . . . . . .
2.5.3 Effects on the Ocean Biogeochemistry

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

3. Freshening of the continental shelf offshore of the Oregon Coastal Current

50

3.1 Abstract . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

50

3.2 Introduction

50

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

3.3 Data and Methods . . . . . . . . . . . . . . . . . . . . . . . . . . . .
3.3.1 Glider surveys . . . . . . . . . . . . . . . . . . . . . . . . .
3.3.2 Winds, sea level, currents, precipitation and river discharge
3.3.3 Defining the Oregon Coastal Current . . . . . . . . . . . .
3.3.4 Freshwater Estimate . . . . . . . . . . . . . . . . . . . . . .
3.3.5 Velocities and Transports . . . . . . . . . . . . . . . . . . .

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

.
.
.
.
.
.

52
52
53
54
55
55

TABLE OF CONTENTS (Continued)
Page
3.4 Results
3.4.1
3.4.2
3.4.3
3.4.4
3.4.5

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
Surface salinity evolution during Fall-Winter from 2006 to 2012 .
Observations during Fall-Winter of 2006-2007 . . . . . . . . . . .
Remote Forcing of the CRP . . . . . . . . . . . . . . . . . . . . .
Shelf Freshening . . . . . . . . . . . . . . . . . . . . . . . . . . .
Leaking Pipe Model . . . . . . . . . . . . . . . . . . . . . . . . .

.
.
.
.
.
.

.
.
.
.
.
.

57
57
58
62
63
65

3.5 Discussion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
3.5.1 Mechanisms Responsible for the Shelf Freshening . . . . . . . . . . .

69
69

3.6 Summary and Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

74

3.7 Acknowledgments

75

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

4. Anomalous near-surface low-salinity pulses off the central Oregon coast

90

4.1 Abstract . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

90

4.2 Introduction

90

4.3 Results
4.3.1
4.3.2
4.3.3

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

. . . . . . . . . . . . . . . . . . . . . . .
Extreme Columbia River Discharge . .
Thermohaline Structure and Freshwater
Frontal cross-shelf propagation . . . . .

. . . . .
. . . . .
Content
. . . . .

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

.
.
.
.

91
91
92
93

4.4 Discussion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

95

4.5 Methods . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

97

4.6 Acknowledgments

98

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

5. A comparison of mechanisms generating vertical transport in the Brazilian coastal
upwelling regions

105

5.1 Abstract . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

105

5.2 Introduction

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

105

5.3 Two-layer upwelling model . . . . . . . . . . . . . . . . . . . . . . . . . . . .

108

5.4 Data and Methods . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

113

5.5 Results . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
5.5.1 Cabo Frio Region . . . . . . . . . . . . . . . . . . . . . . . . . . . .
5.5.2 Cabo de Santa Marta region . . . . . . . . . . . . . . . . . . . . . .

116
116
119

5.6 Discussion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

122

5.7 Summary and Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

126

5.8 Acknowledgments

127

. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

TABLE OF CONTENTS (Continued)
Page
6. Conclusions

136

6.1 Summary of Results . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

136

6.2 Future Work . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

138

Bibliography

139

LIST OF FIGURES
Figure
2.1

2.2

2.3

2.4

Page
Snapshot taken from MODIS/Terra during 27-January-2012, for the 555 nm
remote sensing reflectance (Rrs ), an effective tracer of turbidity in the water column (Thomas & Weatherbee, 2006). Warm colors are indicators of
river plumes and the coastal current along the northwest coast of the U.S.A.
The Newport Hydrographic line (NH-Line), surface buoy NH10 (square) and
meteorological station NWPO3 (triangle) are shown in the map, as well as
an arrow indicating the Davidson Current. The names of the major rivers
along the Oregon and northern California coast are shown. The edge of the
continental shelf is indicated by the 200-m isobath, in gray. . . . . . . . . .

34

Cross-section scheme of a buoyant plume, far from the bulge where the river
enters the ocean (based on Lentz and Largier, 2006). Total width of the
plume is Wp = Ws + Wb , where Ws is the offshore part of the plume that is
not in direct contact with the bottom, with cross-sectional area As , and Wb is
the nearshore portion of the plume, which is in contact with the bottom, with
cross-sectional area Ab . ρo is the ocean density, ρp is the plume density, hp is
the maximum thickness of the plume (where the front intersects the bottom),
which separates the parts with and without contact with the bottom, and
h(x) is the shape of the front. . . . . . . . . . . . . . . . . . . . . . . . . . .

35

Scheme showing one example of fitting equation (3.20) to a buoyant front,
measured between 10-14 of January, 2011. On the top, the cross-shelf surface
density (ρ) and density gradients (∂ρ/∂x), and dot shows where the front is
∂ρ
)max , where γ = 10. On the bottom,
located at the surface, according to γ1 ( ∂x
colored contours of density, salinity and temperature. Overlaying the density
field, dots show the discrete positions of the front and the fit to the front
(solid line). The main parameters used from the fit are also indicated: Wp ,
hp , H, R, ρo and ρp . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

36

Typical examples of freshwater content in meters calculated from equation
(2.2) using s0 = 32.5 (top), and salinity fields (bottom) observed off NH-line
during upwelling (left) and downwelling (right) seasons. Glider tracks and
depth averaged velocities are shown in bottom panel. . . . . . . . . . . . . .

37

LIST OF FIGURES (Continued)
Figure
2.5

2.6

2.7

2.8

Page
Time and space variations of freshwater content (in meters) along the NHLine using s0 = 32.5. On the right side the discharge from the Columbia River
and the sum of discharges from gauged rivers south of the NH-line (Southern
Coastal Rivers): Yaquina, Alsea, Siuslaw, Umpqua, Coquille, Rogue, Chetco
in southern and central OR, and Smith and Klamath in northern CA, as well
as north of the NH-line (Northern Coastal Rivers): Siletz, Nestucca, Tillamook and Nehalem. The geographical locations of the rivers along the coast are
indicated in Fig. 2.1. On the left side the daily averaged (non-filtered) northward wind stress. The gray stripes indicate upwelling season according to
Pierce et al. (2006), available at http://damp.coas.oregonstate.edu/windstress.
River discharge data obtained from U.S. Geological Survey (USGS) and from
Oregon Water Resources Department (OWRD). The position of the coast and
the 200 m isobaths are indicated by triangles. On right and left panels: star
indicates the time for the satellite image shown in Fig. 2.1, dots indicate the
time of the transects shown in Fig. 2.3 and 2.4, and the square indicates the
time of the transects shown in Fig. 2.9 and 2.14. . . . . . . . . . . . . . . .

38

Average density field overlayed with fitted fronts. In this calculation, only
fronts that were located 20 km north and south from the NH-line were chosen
(79%). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

39

Probability Density Functions of main plume parameters from observations:
Wp , Ws , Wb , hp , ρo , ρp , ∆ρ, H and R. Error bars are standard deviations for
each class, obtained from the sensitivity analysis of each fit parameter (Wp ,
H and R). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

40

Map showing surface and bottom front positions with raw wind velocities
vectors (left) and filtered velocity vectors (right). Triangles show where fronts
intersect the surface, while circles show where fronts intersect the bottom.
White circles represent that glider data did not cover the area where the
front intersected the bottom, so the position was extrapolated based on the
fit of equation (3.20). On left, only a few glider tracks are plotted in blue, for
clarity. The NH-line is indicated by a straight line at 44◦ 39’N, and isobaths
of 50, 100, 200, and 1000 meters are plotted. Gray thick line indicates the
200 meter isobath. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

41

LIST OF FIGURES (Continued)
Figure
2.9

Page
(top) Filtered wind stress (bars) and non-filtered daily averaged wind stress
(black solid line), (left) density fields (kg m−3 ) and (right) geostrophic velocities (m s−1 ) showing a sequence of coastal currents under different wind
stress conditions: (a) strong downwelling, (b) weak upwelling, and (c) moderate downwelling favorable. The geostrophic velocities were calculated based
on the dynamic method using temperature and salinity fields from the glider
data, zero-referenced at the plume front. Dots represent discrete positions
of the isopycnals overlayed with the fitted fronts (only half of the dots were
plotted, for clarity). The parameters Wp , hp , H and R are shown for each
event. Shaded in gray are the periods the glider took to complete each transect, and upside down triangles are the times that the fronts were measured.
Note that the right column has zoomed into the coastal current to enhance
the details of the geostrophic velocity field. . . . . . . . . . . . . . . . . . .

42

2.10 Filtered wind-stress versus absolute values of: Wp , hp , Ws , Wb , ratio Ws /Wb
(ratio of 1 is indicated by a solid line), front slope or hp /Ws , and the root
mean squared error (RMSE) between isopycnal positions and the fitted function. Gray dashed lines show what Wp , Wb and hp would be if the front
was completely vertical, for an average plume area. Open circles indicate
that RMSE was higher than the average RMSE plus one standard deviation.
Error bars are standard deviations obtained from the sensitivity analysis of
each fit parameter (Wp , H and R). . . . . . . . . . . . . . . . . . . . . . .

43

2.11 Comparison of filtered wind-stress versus different scalings for the Rossby
radius of deformation (in km): R−(g 0 H)1/2 /f (left), Ws −(g 0 hp )1/2 /f (right).
Open circles indicate that RMSE was higher than the average RMSE plus
one standard deviation. Error bars are standard deviations obtained from
the sensitivity analysis of each fit parameter (Wp , H and R). . . . . . . . .

44

2.12 (top) Probability density functions of average velocities within the coastal
current (left), total transport (center) and freshwater transport (right). (bottom) Ratios of buoyancy-, wind- and Davidson-driven transports to the total
transport (left) and to the freshwater transport (right). Error bars are standard deviations for each class, obtained from the sensitivity analysis of each
fit parameter (Wp , H and R). . . . . . . . . . . . . . . . . . . . . . . . . .

45

LIST OF FIGURES (Continued)
Figure

Page

2.13 Comparisons between the buoyancy driven transports calculated using the
exponential fit (eq. 2.12) versus calculated from the dynamic method, using
temperature and salinity fields from glider data and referenced to the front
positions. Filled circles indicate transects in which the glider data covered
the fronts all the way to the foot of the fronts, hp , 11 out of a total of 67.
Black solid line indicates the 1:1 ratio, gray solid line was obtained from linear
regression, and gray dashed line indicates a ratio of 1:3, which is the ratio of
transports between a linearly stratified versus a two-layered Margules front.
Error bars are standard deviations obtained from the sensitivity analysis of
each fit parameter (Wp , H and R). . . . . . . . . . . . . . . . . . . . . . .

46

2.14 Observations of (top) cross-shelf density, (middle) colored dissolved organic
matter (CDOM), and (bottom) optical backscatter fields, obtained from
glider survey between 6 and 9 of April, 2007. Discrete position of the front is
plotted with dots (only half of the dots were plotted, for clarity) and fitted
front in solid black line. . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

47

2.15 (top) Margules averaged velocities within the coastal currents (left), and ratios between average buoyancy-driven velocities (center) and areas As (right)
between the Margules front versus the exponential model. (bottom) Ratios between total transport (left) and freshwater transport (right) between
the Margules front versus the exponential model. Error bars are standard
deviations for each class, obtained from the sensitivity analysis of each fit
parameter (Wp , H and R). . . . . . . . . . . . . . . . . . . . . . . . . . . .

48

3.16 Map of the northwest coast of the U.S., showing Oregon, southern Washington and northern California. The Newport Hydrographic line (NH-Line),
surface buoy NH10 (square) and meteorological station NWPO3 (triangle)
are shown in the map, as well as the names of the major rivers along the
coast. The isobaths of 100, 200, 1000, 2000, 3000 and 4000 meter are shown.
The edge of the continental shelf is indicated by the 200-m isobath, in thick
gray. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

77

3.17 Scheme showing one example of fitting eq. 3.20 to the OCC, measured between 10-14 of January, 2011. Top: cross-shelf surface density (ρ) and density
gradients (∂ρ/∂x), and dot shows where the front is located at the surface,
∂ρ
)max , where γ = 10. Bottom: colored contours of density
according to γ1 ( ∂x
field, dots show the discrete positions of the OCC front and the fit to the
front (solid line). The main parameters used from the fit are also indicated:
Wp , hp , H, R, ρo and ρp . The cross-shelf coordinate system is referenced to
Wp . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

78

LIST OF FIGURES (Continued)
Figure

Page

3.18 Time series of (top) salinity (at x = −Wp , z = 0, see Fig 3.17); (middle)
north-south low-passed wind stress (40 hours cut-off); (bottom) summed discharges from gauged rivers south of the NH-line (Southern Coastal Rivers):
Yaquina, Alsea, Siuslaw, Umpqua, Coquille, Rogue, Chetco in southern and
central OR, and Smith and Klamath in northern CA. The geographical locations of the rivers along the coast are indicated in Fig. 3.16. The shaded gray
areas indicate upwelling season according to Pierce et al. (2006), available at
http://damp.coas.oregonstate.edu/windstress. . . . . . . . . . . . . . . . . .

79

3.19 Top two panels: time series from fall/winter of 2006-2007 of low-passed wind
stress (40 hours cut-off) and the sum of discharges from gauged rivers south of
the NH-line, as in Fig. 3.18. Freshwater transports calculated by the dynamic
method using the glider data, plus the wind and Davidson current (as in
Mazzini et al. (2014)) are indicated by black circles, overlaying the discharge
time series. Upside down triangles indicate times of transects collected by the
gliders. The times from the satellite remote sensing images in Fig. 3.21 (3.22)
are indicated by yellow diamonds (stars). The shaded gray areas indicate
upwelling season according to Pierce et al. (2006). Bottom three rows: crossshelf salinity transects collected using gliders along the NH-line, showing the
seasonal evolution of the salinity field. The 32.5 isohaline, which is the tracer
for freshwater boundary, is contoured in white, and the isopycnal that traces
the coastal current (determined following Mazzini et al. (2014)) is contoured
in gray. The time of the transects are indicated in the top panels by a plus
sign. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

80

3.20 Cross-sectional area of freshwater offshore of the coastal current (black filled
circles in units of m2 ), and cumulative wind stress (black dashed line in units
of N m−2 days). Only transects which encompassed the closed contour of
the 32.5 isohaline were used in this analysis. The times from the satellite
remote sensing images in Fig. 3.21 (3.22) are indicated by yellow diamonds
(stars). The shaded gray areas indicate upwelling season according to Pierce
et al. (2006). Dashed gray line indicates the transition in sea level, as in 3.23.
Black solid line is a linear fit to the observations after the transition in sea
level. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

81

LIST OF FIGURES (Continued)
Figure

Page

3.21 Satellite remote sensing image, combined from MODIS/Aqua and MODIS/Terra,
for the 12 and 14 of January 2007, for the 555-nm remote sensing reflectance,
an effective tracer of turbidity in the water column (Thomas & Weatherbee,
2006) (times are indicated by yellow diamonds In Fig. 3.19). Warm colors are
indicators of river plumes and the coastal current along the northwest coast
of the U.S.A. The names of the major rivers along the Oregon and northern
California coast are shown. The edge of the continental shelf is indicated by
the 200-m isobath, in gray. Those images capture the evolution of mesoscale
instabilities, with wavelengths between 60-100 km. . . . . . . . . . . . . . .
82
3.22 Satellite remote sensing image, as in Fig. 3.21, for the 2 and 5 of April 2007
(times are indicated by yellow stars in Fig. 3.19). In addition, vectors show
surface currents derived from land-based HF-radar, obtained from the Ocean
Currents Mapping Lab from Oregon State University. Those images capture
a persistent southward advection of the Columbia River Plume, before the
occurence of the spring transition, and show that the plume is mainly kept
attached to the coast. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

83

3.23 Time series of: (a) Low-passed north-south wind stress and cumulative wind
stress (starting at 1 of January of each year); (b) Low-passed sea level
anomaly and cumulative sea level anomaly (starting at 1 of January of each
year); (c) Daily averaged north-south surface velocity from land-based HFradar (averages from a circle of 20 km around NH-10); (d) Low-passed, depthaveraged north-south currents at NH-10. The shaded gray areas indicate upwelling season according to Pierce et al. (2006). Open circles on cumulative
sea level time series (panel b), and dashed lines on all panels, indicate the
transition in sea level, defined by the maximum value of cumulative sea level
reached in each year. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

84

3.24 North-south wind stress (top) and surface velocities (middle) from HF-radar,
and (bottom) salinity (at x = −Wp , z = 0, see Fig. 3.17), as a function of
time. Time is relative to the sea level transition show in Fig. 3.23. Linear
fits are presented for data before the sea level transition (blue) and after (red). 85

LIST OF FIGURES (Continued)
Figure

Page

3.25 Time rate-of-change of salinity at the surface (dashed line) and averaged
over the ocean upper layer (solid lines), as a function of distance from the
OCC front. The upper layer is defined here as the region above the pycnocline, traced by the potential density of 1025.6 kg m−3 . Results are shown
separately for before the RFST (top, blue), and after the RFST (bottom,
red). Confidence levels of 90% are indicated by shaded regions. Plotted also
are the time rate-of-changes of salinity from the effect of precipitation minus
evaporation (gray), Ekman (green) and eddy (magenta) cross-shelf freshwater
fluxes. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

86

3.26 Schematic diagram of the leaking pipe model, given by eq. 3.26. It shows
the OCC propagating northward along the coast with velocity v, freshwater
transport Qf resh at the NH-line, with continuous freshwater input from multiple n rivers along the coast with discharges Qn , located at distances ∆yn
from the NH-line, and the freshwater loss or leakage Lk . . . . . . . . . . .

87

3.27 Probability Density Functions (PDFs) of the results from the pipe model
(eq. 3.26) without leakage (left) and with leakage (right): number of rivers,
number of days, and the missmatch between the river discharges and the
freshwater transports observed at the NH-line quantified by the root mean
squared error (RMSE). The river numbers refer to the the gauged coastal
rivers south of the NH-linhe: 1-Yaquina, 2-Alsea, 3-Siuslaw, 4-Umpqua, 5Coquille, 6-Rogue, 7-Chetco, 8-Smith and 9-Klamath. Distance of each river
from the NH-line is shown in the top. . . . . . . . . . . . . . . . . . . . . .

88

4.28 (a) Average precipitation across the Pacific Northwest for May 2011. Map
obtained from the Northwest River Forecast Center - NOAA. (b) Mountain
snowpack across the western United States on 1 May 2011. Map obtained
from the Natural Resources Conservation Service, National Water and Climate Center - USDA (c) Columbia River discharge climatology (black) with
standard deviations, estimated with 20 years of data, from 1993-2012, and
average daily values for 2011 (blue). . . . . . . . . . . . . . . . . . . . . . .

99

4.29 Monthly salinity minima lagged by 3 months, between 1959-2012 off the
NH-line, plotted versus the Multivariate El Niño/Southern Oscillation Index
(MEI) (Wolter & Timlin, 1993, 1998). A regression line is plotted, with slope
of 0.2 (±0.1). The lowest salinity measured at the NH-line, during 2011, is
marked with an “x”. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

100

LIST OF FIGURES (Continued)
Figure

Page

4.30 (a)Freshwater content in meters, as a function of cross-shelf distance, at
the Newport Hydrographic line. In black, mean and standard deviations
for upwelling seasons defined according to Pierce et al. (2006) calculated
from underwater glider data between 2006-2012. In red, freshwater from
a single glider transect, measured between 17-23 of Apr-2011, and in blue,
measured between 10-14 of Jun-2011. (b) Depth averaged velocities from
glider transects off the NH-Line, and the location of the moorings: NH-10,
ISMT2 and LOBO. (c,d) cross-shelf transects of temperature, salinity and
density from glider transects, measured between 17-23 of Apr-2011 (c) and
10-14 of Jun-2011 (d). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

101

4.31 Time series of: wind stress from NOAA buoy station 46094 at NH-10, located
approximately 2 km south of the NH-line (top); temperature (middle) and
salinity (bottom) measured at near surface (∼2m) at NH-10, ISMT2 and
LOBO, and at depth (23.5 m) at ISMT2. . . . . . . . . . . . . . . . . . . .

102

4.32 Daily averaged MODIS/Aqua 555 nm Rrs measurements, an effective tracer
of particulate matter in the water column (Thomas & Weatherbee, 2006),
for 9 July 2011 (left panel) and 13 July 2011 (right panel) in color. Vectors
show daily averaged detided surface current velocities derived from HF Radar
observations. The isobaths of 50, 100, 200, 1000 and 2000-m are plotted in
gray, with the shelf break, indicated by the 200-m isobath, in thick gray. . .

103

5.33 Seasonal climatologies of sea surface temperature (SST) from the Advanced
Very High Resolution Radiometer (NOAA AVHRR v2.) (top), and wind
stress (middle), and wind stress curl (bottom) from the SeaWinds Scatterometer on the QuikSCAT satellite data (Risien & Chelton (2008)). White boxes
indicate regions where vertical velocities are calculated. . . . . . . . . . . .

128

5.34 Geometry of the upwelling jet used used for the calculation of vertical velocities induced by the changes of horizontal shear due to coastline irregularities. 129
5.35 (left) Circles fitted to the coastline of the regions of Cabo Frio (top) and Cabo
de Santa Marta (bottom) (only a few circles with radius smaller than 500
km were selected for better visualization); (right) Coastline curvature (1/R).
Blue refers to curvature driving currents with negative vorticity (cyclonic)
and red refers to curvature driving currents with positive vorticity (anticyclonic), for a southward upwelling jet. The y−axis coordinate system in
the top right panel (Cabo Frio region) changes from a function of latitude
from 16◦ S to 23◦ S to a function of longitude from 42◦ W to 44◦ W and the
two regions are separated by a black straight line. . . . . . . . . . . . . . . .

130

LIST OF FIGURES (Continued)
Figure

Page

5.36 (top) Sea surface temperature (SST) from the “Operational Sea Surface Temperature and Sea Ice Analysis” (OSTIA) overlayed by absolute geostrophic
velocity field computed from satellite-derived absolute sea surface height (first
50 kilometers near the coast were masked due to land contamination) for the
regions of: (left) Cabo Frio, with SST averaged between the 25th and 31th
of March 2012, and absolute geostrophic currents for 28th of March 2012
(CF: Cabo Frio; CST: Cabo de São Tomé; V: Vitória; RD: Rio Doce; CA:
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The Effect of River Discharge and Wind Forcing on the Oregon
Coastal Ocean During Fall and Winter

1. Introduction
Buoyant plumes, created by freshwater entering the coastal ocean provided by river
discharge, are common features observed in continental shelves worldwide. When the freshwater leaves the estuaries and enters the coastal ocean, if the spatial scales are large enough
so that the flows are significantly affected by the Coriolis effect (Rossby number<<1), and
in the absence of external forcing, these currents rotate anticyclonically and propagate
in the same direction as coastal trapped waves (Chao & Boicourt, 1986; Garvine, 1995).
Commonly known as coastal currents, these may be originated from either a single (Piola
et al., 2005; Hickey et al., 2010) or multiple river sources (Royer, 1982; Blanton & Atkinson,
1983). Several examples of coastal currents have been observed around the world, such as
the Alaska Coastal Current (Royer, 1981), the Norwegian Coastal Current (Mork, 1981),
and the Delaware Coastal Current (Münchow & Garvine, 1993a).
Coastal currents are a primary connection between estuarine environments and the
coastal ocean. They play a crucial role in the along-shelf transport of substances and
materials, such as nutrients, larvae, pollutants, sediments, freshwater, etc, especially since
they can propagate tens to hundreds of kilometers away from their sources, before they
completely mix (e.g. Mork, 1981; Royer, 1981; Münchow & Garvine, 1993a,b; Rennie et al.,
1999; Hickey et al., 2010). The transports in the cross-shelf direction however, are inhibited
by the formation of sharp density fronts, and less is known about the mixing and exchange
mechanisms between the coastal current and the adjacent ocean waters.
Wind forcing can have a large impact on coastal currents (e.g. Pimenta & Kirwan, 2013;
Jurisa & Chant, 2013; Kakoulaki et al., 2014). Downwelling-favorable winds generate a
cross-shelf circulation via Ekman dynamics, that narrows and deepens the coastal current,
resulting in the steepening of the isopycnals. This leads to an intensification of the alongshelf velocities and transports, due to the modification of the thermal-wind shear, associated
to the onset of the barotropic wind-driven circulation (Moffat & Lentz, 2012; Whitney &
Garvine, 2005). Upwelling-favorable winds cause the coastal current to widen and thin
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out, leading to the decrease of the along-shelf velocities and transports. In the presence
of persistent and strong upwelling-favorable winds, the coastal current may separate from
the coast, spread offshore, and eventually mix with the ambient waters, while the alongshelf transport may be halted (Fong & Geyer, 2001; Lentz, 2004). This, and eddy fluxes
generated from instabilities (e.g. Griffiths & Linden, 1981; Pennel et al., 2013), are efficient
mechanisms for the cross-shelf export of freshwater from a coastal current to the deep ocean.
The effect of buoyancy forcing from the freshwater input, and its modification by windstress off the Oregon coast are studied here, with an emphasis on the downwelling season.
Observational studies off Oregon have been largely biased towards spring/summer seasons
(e.g. Barth & Wheeler, 2005). During fall/winter, rough weather conditions make oceanographic research challenging. However, the relatively new development of long-endurance
autonomous underwater vehicles, have enabled in situ data collection in nearly any ocean
and weather conditions. Since 2006, the glider research group at Oregon State University
(OSU) has used autonomous underwater gliders to survey the continental shelf and slope
along the historic Newport Hydrographic line, the “NH-line” (44.65◦ N), off Newport, Oregon. These glider data provide the largest high-resolution data collection off the Oregon
coast to date. The present work uses six years of data from the glider surveys along the
NH-Line, from 2006 to 2012, and is complemented by data acquired by high frequency
land-based radars, moorings, ship cruises, tide gauges, meteorological stations, river gauges
and satellite remote sensing.
During spring/summer seasons, freshwater influencing the Oregon coast comes from a
single large source: the Columbia River. Winds during this time are predominantly southward (upwelling-favorable), and the Columbia River Plume (CRP) is advected rapidly to
the south by the coastal upwelling jet, and slowly offshore by the cumulative Ekman transport, detaching the plume from the coast (Barnes et al., 1972; Huyer et al., 2005). During
fall/winter seasons, the CRP is confined to the north, and the freshwater influencing the
Oregon coast is provided by multiple small to medium sized mountainous rivers along the
Oregon and northern California coasts. This creates a persistent band of low-density waters along the coast, which in conjunction with the predominantly northward downwellingfavorable winds and the large-scale, poleward Davidson current, generates what we have
named the Oregon Coastal Current (OCC).
In Chapter 2, the first description and characterization of the OCC is presented. Using a
two-layer model, we estimate the along-shelf velocities and transports, as well as the relative
contributions of the main drivers of the OCC: buoyancy, windstress and the Davidson
Current. The impact of wind stress on the OCC structure is also addressed.
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In chapter 3, the focus is on the examination of salinity variability offshore of the OCC,
especially the evolution through fall/winter. We investigate the freshwater exported offshore
by the OCC, driven by wind and eddies, and the role of the CRP influencing the Oregon
coast prior to the spring transition, pushed to the south by remotely forced currents. We
also develop a leaking pipe model, and use it to investigate the number of rivers that are
necessary to explain the along-shelf freshwater fluxes measured through the NH-line.
On chapter 4, the effect of interannual time scales in the salinity off Oregon is investigated. Enhanced discharge from the Colombia River during the upwelling season of 2011,
during an extreme La Niña event, leads to the lowest salinity recorded off Newport. For
the first time, the CRP was tracked using an ocean observing system, from mid-shelf all
the way into the Yaquina Bay estuary.
On chapter 5, the effect of wind-forcing is studied in a continental shelf in the absence
of freshwater input, off the Brazilian coast. A two-layer, steady, wind-driven, analytical
model is applied to the major upwelling systems of Brazil: Cabo Frio (CF) and Cabo de
Santa Marta (CSM) regions. The relative roles of wind and flow-topography interaction in
inducing upwelling over these regions are studied, and their effect on sea surface temperature
variability along the coast are addressed.
To finalize, Chapter 6 contains the main conclusions from this work, and discusses about
future work.
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2.1 Abstract
During fall/winter off the Oregon coast, oceanographic surveys are relatively scarce due
to rough weather conditions. This challenge has been overcome by the use of autonomous
underwater gliders deployed along the Newport Hydrographic Line (NH-Line) nearly continuously since 2006. The net discharge from the coastal rivers between northern California
and the NH-Line, can reach values above ten thousands of m3 s−1 , comparable to the discharge from the Columbia River. This freshwater input creates cross-shelf density gradients,
that together with the wind-forcing and the large-scale Davidson Current, results in strong
northward velocities over the shelf. A persistent coastal current during fall/winter, which
we call the Oregon Coastal Current (OCC), has been revealed by the glider data set. Based
on a 2-layer model, the dominant forcing mechanism of the OCC is buoyancy, followed
by the Davidson Current, and then the wind stress, accounting for 61% (±22.6%), 26%
(±18.6%) and 13% (±11.7%) of the along-shore transports, respectively. The OCC average
velocities vary from 0.1 to over 0.5 m s−1 , and transports are on average 0.08 (±0.07) Sv,
with maximum observed value of 0.49 Sv, comparable to the summertime upwelling jet off
the Oregon coast. The OCC is a surface-trapped coastal current and its geometry is highly
affected by the wind-stress, consistent with Ekman dynamics. The wind stress has an overall small direct contribution to the along-shore transport, however it plays a primary role in
modifying the OCC structure. The OCC is a persistent, key component of the fall/winter
shelf dynamics and influences the ocean biogeochemistry off the Oregon coast.

2.2 Introduction
Buoyancy can be a major forcing mechanism on continental shelves where significant
amounts of freshwater enter the ocean, provided by coastal rivers or ice melt Hill (1998).
Buoyancy forcing generates currents that become trapped to the coast, under the effect of
the Earth’s rotation and propagate in the same direction as coastal trapped waves (Chao
& Boicourt, 1986). These buoyancy-driven currents are commonly referred to as coastal
currents. Several examples of coastal currents have been observed around the world, such
as the Alaska Coastal Current (Royer, 1981), the Norwegian Coastal Current (Mork, 1981),
and the Delaware Coastal Current (Münchow & Garvine, 1993a).
Coastal currents can propagate long distances along the coast as coherent structures and
are a primary connection between estuarine environments and the ocean. These currents
play a crucial role in the along-shelf transport of freshwater, nutrients, larvae, pollutants,
sediment, etc. At the same time, the cross-shelf transport is inhibited by the formation of
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sharp density fronts, which act as barriers, blocking exchange processes between the regions
inshore of the front and the adjacent ocean waters offshore. The role that these fronts
play in the biogeochemistry of the ocean is therefore evident, and they can significantly
impact the marine ecosystems (Hickey et al., 2010). Besides controlling the along- and
cross-shelf transports, the freshwater has profound effects on continental shelf dynamics,
by modifying the ocean stratification. These changes in stratification may allow or modify
internal motions (e.g. Nash & Moum, 2005), and also affect small scale processes such as
turbulence and mixing.
The main goal of this work is to describe in detail, for the first time, coastal currents
off Oregon during fall and winter seasons, which are extremely challenging to survey due
to the rough ocean and weather conditions during this time of the year. By exploiting a
new ocean observing technology, underwater gliders, it has become possible to sample the
Oregon coastal waters during these seasons. This work focuses on the description of the
main characteristics of the coastal currents, their response to wind forcing, and also provide
estimates of both the freshwater and the total northward transports, as well as the seasonal
variability of the freshwater content, observed off the central Oregon coast.
The remainder of this introduction describes the Regional Setting and summarizes
Coastal Current Dynamics. The following sections of the paper consist of Data and Methodology, Results, Discussion and, finally, the Conclusions.

2.2.1 Regional Setting
Over the course of a year, a remarkable contrast of forcing mechanisms, as well as
stratification and circulation, takes place off the Oregon coast (and U.S. Pacific Northwest).
Two distinct oceanographic regimes are clearly observed: one encompassing the fall and
winter seasons, and the other the spring and summer seasons (Huyer et al., 1975; Huyer,
1977).
A number of observational studies addressing aspects of continental shelf dynamics
have been conducted off the Oregon coast and U.S. Pacific Northwest during spring and
summer seasons (e.g. Barth & Wheeler, 2005). During fall and winter on the other hand,
oceanographic surveys are relatively scarce, which results from the difficulties in surveying
the shelf, mainly due to the rough ocean conditions produced by the passage of synoptic
cold fronts and strong winds associated with them during that time of the year.
Since 2006, the Glider Research Group at Oregon State University (OSU) has used
autonomous underwater gliders to survey the continental shelf and slope along the his-
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torical Newport Hydrographic line, the “NH-line” (44.65◦ N), off Newport, Oregon (Figure
2.1). Since the gliders are autonomous, they allow sampling in all weather conditions, and
measurements along the NH-line have been made throughout the year. These glider data
provide the largest high-resolution data collection off the Oregon coast up to date.
Off the Oregon coast, during spring and summer seasons, quasi-steady winds blow towards the south (upwelling-favorable), and as a response, freshwater is located offshore of
the upwelling front, and advected southward (against the direction of buoyancy forcing)
from a single large source: the Columbia River (Barnes et al., 1972). A very different
scenario is observed during other seasons.
During fall and winter, freshwater is discharged into the coastal ocean from multiple
small to medium sized mountainous rivers along the Oregon coast, driven by storm events
with high synoptic variability, and once the freshwater encounters the ocean, it becomes
susceptible to the action of the wind field, which often blows northwards (downwellingfavorable). One example of the river discharges influencing the Oregon and northern California coasts is shown in Figure 2.1, in a satellite image from MODIS/Terra during 27th
of January, 2012. The image shows remote sensing reflectance (Rrs ) for the 555 nm which
is a proxy for turbidity in the water column (Thomas & Weatherbee, 2006). A coherent
alongshore band of turbid waters is present along the coast, with continuous input near
river mouths, and the individual plumes distorted towards the north, indicating northward
propagation. South of the NH-line, the outflow from the rivers Yaquina, Alsea, Siuslaw,
Umpqua, Coquille, Rogue, Chetco in southern and central OR, and Smith and Klamath
in northern CA added up, may reach magnitudes above ten thousand m3 s−1 , becoming
comparable to discharges from the Columbia River, which has an average discharge during
winter of 7,400 m3 s−1 .
The knowledge of oceanographic conditions during winter and fall seasons off the Oregon
coast come from a small number of observational studies. Huyer (1977) analyzed salinity
profiles along the NH-Line, and found that during the winter, low-salinities were confined
to the station closest to the coast, NH-5 (9 km from the coast, over the 50m isobath), and
not present offshore, which the author attributed to discharge from the coastal rivers. Also,
significant stratification was observed at NH-5, while the rest of the shelf showed very weak
stratification above the pycnocline, located between 75 and 125 meters deep.
Along-shelf currents over the Oregon continental shelf (between 0-200 m isobaths) were
studied by Huyer et al. (1975) and Huyer et al. (1978). During winter, the average flow
is northward, with no vertical shear (offshore), during spring, the flow is southward in the
entire water column, but intensified in the surface, while during summer, greatest shear
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occurs, when it is observed that there is a southward flow in the surface and a poleward
flow near the bottom (depths bellow 50-100 m). According to Huyer et al. (1978), the
shear is in approximate geostrophic balance, except near the bottom due to Ekman veering.
The authors also found that low-frequency current fluctuations are correlated with wind
stress and sealevel at the coast and in all seasons, the fluctuations decrease in the offshore
direction, and that they are greater in winter than in summer, in response to greater wind
forcing.
Besides freshwater runoff, another important driving force in the fall-winter time off the
Oregon coast, is the wind field, mostly blowing in the northward direction. The response to
downwelling favorable winds off the Oregon coast was studied by Allen & Newberger (1996),
using a two-dimensional numerical model with typical bathymetry and stratification off the
Oregon coast, but not including river discharge, and forcing with idealized wind. The
authors found that as a response to northward wind stress, a downwelling front is formed,
which slowly propagates offshore under constant forcing. Inshore of the front, the density is
well mixed and the alongshore velocities are small, while offshore of the front an intensified
coastal jet is formed, sheared both horizontally and vertically. Austin & Barth (2002a) based
on drifter displacements under downwelling favorable winds, calculated average northward
current speeds to be 0.24±0.08 m s−1 , and a maximum value observed of 1 m s−1 .
It also has been long known, that during winter time off the Pacific Northwest, specifically north of Point Conception (34◦ N), there is a tendency of the flows to be directed
to the north. This large-scale structure has been referred to as the Davidson Current
(Jones, 1918). The large-scale, cross-shelf density gradients caused by the freshwater runoff
plus the northward downwelling-favorable along-shelf wind stress, added to the winter-time
large-scale Davidson Current, can drive strong northward velocities over the shelf.

2.2.2 Coastal Current Dynamics
As freshwater exits from rivers and estuarine environments and enters the coastal ocean,
it rotates anticyclonically due to the Coriolis effect (Chao & Boicourt, 1986). In the absence
of external forcing, two dynamically distinct regions arise: the bulge, near the river mouth,
and the coastal current, further downstream where the flow is confined to the coast (Chao
& Boicourt, 1986). The bulge is an unsteady, continuously growing feature, where both
advection and rotational effects are major terms in the momentum balance, while the coastal
current, which is the focus of this work, is a predominantly steady feature characterized by
a semi-geostrophic balance to first order (away from the bulge and the nose of the coastal
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current) (e.g. Blanton, 1981; Garvine, 2004; Yankovsky, 2006).
A cross-sectional scheme of a coastal current is shown in Fig. 2.2, following Lentz &
Largier (2006), and can be characterized by a small set of parameters. The total width of
the plume is given by Wp = Ws + Wb , where Ws is the offshore part of the plume that is not
in contact with the bottom, with cross-sectional area As , Wb is the nearshore portion of the
plume, which is in direct contact with the bottom, with cross-sectional area Ab . The ocean
density is ρo , the plume density ρp , the maximum thickness of the plume is hp , where the
front intersects the bottom and which separates the parts with and without contact with
the bottom, and h(x) is the shape of the front.
Chapman & Lentz (1994) classified coastal currents as being surface-trapped or bottomadvected. Coastal currents are considered surface-trapped when As >> Ab , with their
dynamics highly influenced by wind-forcing and ambient currents. Now, when As << Ab ,
the coastal current is classified as bottom-advected, and the Ekman bottom boundary layer
physics play a key role on the dynamics of these coastal currents, besides wind-forcing and
ambient currents. Bottom-advected coastal currents can also have an upstream penetration
along the coast (opposite direction to propagation of coastal trapped waves), potentially
carrying a significant fraction of the freshwater (Matano & Palma, 2010). For intermediate
cases, when As ≈ Ab , the coastal currents exhibit a mixture of both types of coastal current
characteristics.
The velocity of the coastal current may be obtained by taking advantage of the fact that
its cross-shelf balance is geostrophic, which in a reduced-gravity model on an f -plane, can
be written as:
f v = g0

dh
,
dx

(2.1)

where g 0 = g(ρo − ρp )/ρo is the reduced gravity. Therefore, by knowing the front slope,
the density differences between the ocean and the coastal current, and latitude, one can
estimate the velocity of the coastal current from eq. 2.1.
Coastal current dynamics described above can be highly impacted by wind-forcing,
through Ekman dynamics (e.g. Münchow & Garvine, 1993b; Fong et al., 1997; Whitney &
Garvine, 2005). Upwelling-favorable winds advect surface waters offshore through Ekman
transport, increasing Ws , and a return compensating flow is observed in the bottom, which
decreases hp , flattening the isopycnals. Downwelling-favorable winds act in the opposite
sense, advecting surface waters inshore, decreasing Ws , while there is an increase in hp ,
steepening the isopycnals (Lentz & Largier, 2006).
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These modifications of the coastal current geometry by the wind have a direct effect
on the geostrophic velocities and transport, through the modification of the thermal-wind
shear, as can be seen from eq. 2.1. This way, downwelling-favorable winds can significantly
increase the along-shelf transport and velocities, while upwelling-favorable winds decrease
the along-shelf transport, and if persist long enough, the current may be detached from
the coast, and even reversed. We will use the extensive glider data set to test the various
theoretical and modeling results presented above. Lastly, in addition to wind-forcing, other
factors such as tides (Garvine, 1999) and waves (Gerbi et al., 2013), have also shown to be
important components that may affect mixing and modify the transport of coastal currents,
but are not considered here.

2.3 Data and Methodology
2.3.1 Observations
The Glider Research Group at OSU (http://gliderfs2.coas.oregonstate.edu/gliderweb/)
have been surveying the Oregon coast since 2006, maintaining a nearly continuously operation along the NH-line (Fig. 2.1). The NH-line is located offshore of Newport, Oregon,
along the latitude of 44.65◦ N, and the glider operation surveyed approximately between 2
km to 310 km offshore.
Underwater gliders are autonomous underwater vehicles (AUVs), driven by changes
of buoyancy rather than using a propeller for propulsion, therefore they are very energy
efficient. Moving through the water column on a sawtooth pattern, they are controlled
from land and provide real-time data through the use of satellite telephone communication.
Two different types of autonomous underwater vehicles have been used on the NH-line
surveys, the Slocum gliders from Teledyne Webb Research (Schofield et al., 2007), and the
Seagliders from the University of Washington Fabrication Center (Eriksen et al., 2001).
The Slocum gliders were deployed near the coast (2 km) using the OSU research vessel R/V Elakha, between the isobaths of 25-30 meters. The Slocum gliders sampled up
to 80 km offshore, reaching a maximum depth of 200 meters, and they take between 3-5
days to complete the line. In intervals between 3-6 hours, gliders reach the surface and
communicate to the Glider Research Group base station, transferring decimated data and
allowing for route adjustments, based on either scientific or operational needs. Batteries
lasted for nearly three weeks after which gliders were recovered, and a second glider with
fresh batteries was immediately deployed. The gliders onboard sensors consisted of tem-
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perature, conductivity, pressure (Sea-Bird Electronics, Inc. SBE-41CP), an altimeter to
measured the height above the bottom, a bio-optical sensor (WET Labs, Inc. ECO-PUCK)
to measure light backscatter (at 650 nm), and colored dissolved organic matter fluorescence
(370 nm emission, 460 nm detection), latitude and longitude via GPS, and dive-averaged
horizontal velocities calculated from dead reckoning.
The Seagliders were deployed about 28 km from the coast, from the R/V Elakha near the
100-meter isobath, and sampled up to 310 km offshore. The Seagliders reach a maximum
depth of 1000 meters and they take between 7-8 days to complete the line. After each dive,
the Seaglider surfaces and communicates to the Glider Research Group base station and
transfers data and any needed route adjustments. Batteries lasted for nearly five months,
after which gliders were recovered for battery replacement and sensor calibration before
they were redeployed. The gliders onboard sensors were the same as those onboard the
Slocums.
The data from the gliders used in this paper consist of temperature, conductivity and
pressure, collected at 0.5 Hz, and dive-averaged horizontal velocities calculated between
surfacing intervals. Temperature and conductivity data from Slocum gliders were cleaned
by removing spikes and then salinity was estimated from conductivity and temperature by
applying a thermal lag correction to the conductivity data following Garau et al. (2011).
Density was then calculated from temperature, salinity and pressure, using the EOS-80
equation of state.
Data from both Slocums and Seagliders are included in the section Seasonal Variability
in Freshwater off Oregon, since during the upwelling season the influence of the Columbia
River extends farther offshore of the shelf break, and the Slocums trajectory did not capture
the full extent of the Columbia River Plume. The rest of the paper uses data solely from
Slocums, since the focus is on the fronts trapped to the coast, and their cross-shelf extents
were found to be typically less than the offshore distance covered by the Slocums.
All the fields were linearly interpolated to a two-dimensional grid, longitude versus
depth, with 2 meters of vertical resolution, and the horizontal resolution varying between
0.4-1 km for Slocums, and 1-7 km for Seagliders, to be consistent with the glider surfacing
distances increasing in the offshore direction.
Glider data used in the buoyant fronts analysis for the downwelling season defined following Pierce et al. (2006) (available at http://damp.coas.oregonstate.edu/windstress),
were re-interpolated using Barnes objective analysis (Barnes, 1994). The Barnes objective analysis used a decorrelation scale of 5 meters in the vertical and 5 kilometers in the
horizontal, the latter approximately the local internal Rossby radius of deformation. The
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Barnes objective analysis helps filter out the higher frequency, non-geostrophic part of the
signal and allows for the calculation of less noisy density gradients. The 5 kilometers spatial
scale is equivalent to a filter with a time scale between 5.6-9.4 hours.
Wind velocity data were obtained from the coastal station NWPO3 (44.6◦ N 124◦ W) at
Newport, from the National Data Buoy Center (NOAA), and wind stress was computed
based on Large & Pond (1981). Current measurements were obtained from a downward
looking Acoustic Doppler Current Profiler (ADCP) attached to the surface buoy NH10
(44.6◦ N 124.3◦ W), with periods analyzed between 09-Feb-2007 and 10-Mar-2007, 11-Oct2009 and 23-Feb-2010, 30-Nov-2010 and 20-Dec-2010, a total of 166 days. Current velocities
and wind stress were low-passed (40 hours cutoff) to remove tidal and diurnal frequency
signals, and then were daily averaged. Gaps in ADCP data near the surface and bottom
were filled using a slab model, since along-shelf current shear is very weak during these
seasons. Geographical locations of coastal station NWPO3 and the surface buoy NH10 are
shown in Fig. 2.1. NH10 is offshore of the front the majority of the time, since it is located
20 km offshore and is thus a reasonable place to estimate wind-driven current response.

2.3.2 Estimating Freshwater Content and Frontal Characteristics
The freshwater content of the water column was calculated using:
Z 0

Fs (x) =

−D(x)

s0 − s(x, z)
dz,
s0

(2.2)

where s(x, z) is the measured salinity, s0 is the reference salinity, the quantity (s0 −
s(x, z))/s0 is the freshwater anomaly, and D is the depth at which s0 occurs. Fs represents how many meters within the water column are due to purely freshwater, as if the
freshwater could be unmixed from the oceanic saltwater. The value chosen for the reference salinity was s0 = 32.5, as adopted by Barnes et al. (1972), as a typical value for the
Columbia River influenced water.
Far away from the source region, the dynamics of buoyant fronts trapped to the coast
are tightly related to its geometry, which can be described by a small set of parameters
(Fig. 2.2), such as Wp , Ws , Wb , ρo , ρp , hp and h(x), as discussed before. In order to
estimate these basic parameters describing the plume geometry from observations, only the
glider transects in which the maximum absolute cross-shelf density gradient observed at the
surface was at least 0.05 kg m−3 km−1 and the minimum density (and salinity) occurred
inshore of this maximum absolute gradient were selected for the analysis. The latter choice
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ensures that the buoyant plume is adjacent to the coast.
The isopycnal which traced the offshore limit of the coastal current (ρo ) was determined
by finding the density value located at a specific fraction of the maximum surface density
gradient in the offshore direction:

∂ρ
∂x |

=

1 ∂ρ
γ ( ∂x )max ,

where we have chosen γ = 10 (Figure

2.3). The choice of γ = 10 showed to be very robust, in the sense that when reducing it to
half, γ = 5, none of the derived parameters varied significantly, with maximum variation
observed for the baroclinic transport of only about 5% reduction. For the choices below
γ = 5, a rapid decrease was observed in all the parameters, reaching minimum values
when γ = 1, with reductions of 60% for baroclinic transports, 35% for hp , 20% for Ws ,
and 5% for g 0 . Sensitivity tests were also made to the choice of decorrelation scales of the
Barnes objective analysis. By doubling the decorrelation scales, from 5 to 10 meters in the
vertical and from 5 to 10 kilometers in the horizontal, the baroclinic transports increased
by only 2%, hp increased 4%, Ws increased 20%, while g 0 decreased by 5%. Figure 2.3 also
shows temperature and salinity fields, and it demonstrates that the variability in the upper
ocean density is mainly controlled by salinity. The effect of temperature variability over
the density is nearly negligible because the coastal rivers have similar temperatures of the
upper ocean during this time of the year. Therefore, our choice of an isopycnal to trace the
coastal current is also an effective salinity tracer.
Transects in which the frontal isopycnal also intersected the surface inshore of the maximum gradient, were not considered “trapped” to the coast, and were therefore excluded
from the analysis. A total of 103 glider transects during fall-winter seasons (defined according to Pierce et al. (2006)) were examined, and 36 were removed from the analysis due to
isopycnals outcropping inshore of the maximum gradient, with 22 of those found within a
month after the fall transition. Often, the place where the front intersected the bottom, a
key parameter in understanding coastal current dynamics, was located inshore of the glider
data. In order to overcome this problem a model was fitted to the data, allowing extrapolation of the front inshore of the data domain. A total of 67 transects were analysed, and
the buoyant fronts were described by fitting an exponential function of the form
−

h(x) = H[1 − e



x+Wp
R



]

(2.3)

to the isopycnal positions, where z = −h(x) is the vertical position of the front as a
function of distance from the coast, x = −Wp is the position of the front at the surface, R
is exponential function decay rate, and z = −H is the layer depth far away from the front
(x → ∞). The choice of this function is primarily motivated by having the same form as
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the solution for the Rossby adjustment problem using a reduced-gravity model (CushmanRoisin & Beckers, 2011), which describes the final shape of a front in an unbounded, unforced
system adjusted under rotation. In that case, R would represent the Rossby radius of
√
deformation defined as R = g 0 H/f , where g 0 = g(ρo − ρp )/ρo is the reduced gravity, and
f the Coriolis parameter. Secondarily, this model is a natural next step in complexity from
the traditional straight-interface Margules front model (Margules, 1906), adopted in several
studies to represent buoyant fronts and plumes (e.g. Garvine, 1999; Fong & Geyer, 2002;
Lentz & Helfrich, 2002). The exponential model proposed here would not be expected to
work for nearly vertical fronts, such as the Chesapeake Bay plume under strong downwelling
winds (Lentz & Largier, 2006), however those are rarely observed off the Oregon coast,
possibly due to the large shelf steepness, compared to the east coast of the U.S.A.
The function (3.20) was fitted by a numerical algorithm that minimized the root mean
square error (RMSE) between the function and data, and three parameters were determined:
Wp , R, and H. Since the fit of eq. 3.20 is nonlinear, and there is no analytical solution for
uncertainties of the fit parameters, a sensitivity test was conducted by varying each of the
three parameters, Wp , R, and H, by ± 10%.

2.3.3 Frontal Characteristics and Wind Stress
As shown in previous works (e.g. Lentz & Largier, 2006; Moffat & Lentz, 2012), the
alongshore component of the wind stress can tilt the isopycnals through basic Ekman dynamics, by pushing the front against the coast in downwelling favorable winds, or pulling
the front away from the coast in upwelling favorable winds. To investigate the response of
the fronts to the wind-forcing, a 1-sided exponential decay filter was applied to wind-stress:


Rt

Wk (t) =

−∞

τ s (t0 ) e

Rt

−∞

e−

−

t−t0
k

t−t0
k





dt0

,

(2.4)

dt0

where k is number of days (Austin & Barth, 2002b). The time scale for the plume response to
the wind-forcing was determined by finding the filter width k that maximizes the correlations
between the filtered wind stress and the front tilt (hp /Ws ), which was found to be k = 4
days. The filtered wind stress was then compared to several plume characteristics and used
on the transport calculations. In this paper, wind stress will always be referring to the
filtered wind stress Wk , unless stated otherwise.

15

2.3.4 Velocity Calculations
The geostrophic, or buoyancy-driven velocities of the coastal currents, vb , can be calculated analytically using h(x) from eq. 3.20, and the geostrophic balance in a reduced-gravity
model on an f -plane (eq. 2.1), and can be written as:
g0H −
vb (x) =
e
fR



x+Wp
R



.

(2.5)

The wind-driven velocity vw was estimated following Lentz & Largier (2006), by assuming a frictional balance (balance between wind stress and bottom stress), can be written
as:
vw =

τoy
,
ρo r

(2.6)

where τoy is the along-shelf wind-stress, and r is a linear drag coefficient.
A third important contribution to the velocities during fall/wintertime off the Oregon
coast, is the seasonal large scale Davidson Current. A third important contribution to the
velocities is from the Davidson Current. This is the name commonly given to the broad,
large-scale poleward flows observed during the fall/winter off the west coast of the U.S..
Typically found north of Point Conception, the Davidson Current gets as wide as 300 km,
off the Oregon and Washington coasts. Further details about the Davidson Current can be
found on Hickey (1979). To estimate both the linear drag coefficient r, and the Davidson
Current vD , a linear regression analysis was made between depth and daily averaged currents
from the NH10 mooring (vN H10 ) during fall and winter, and daily averaged wind stress
(τoy /ρo ) obtained from the coastal meteorological station NWPO3:
vN H10 =

τoy
+ vD ,
ρo r

(2.7)

where r is the inverse of the slope (1/slope), and vD , the intercept. Correlation between
wind stress and depth averaged currents is significant, 0.62 (with 95% confidence limit of
0.19), which supports the assumption of a frictional balance. Values obtained from the
regression analysis were vD = 0.026 m s−1 with upper and lower 95% confidence interval
limits of vD = 0.045 m s−1 and vD = 0.007 m s−1 , respectively, and r = 9.7×10−4 m s−1 with
upper and lower 95% confidence interval limits of r = 12×10−4 m s−1 and r = 8.1×10−4 m
s−1 , respectively. Lentz & Winant (1986) estimated linear drag coefficients at the southern
California shelf, and found values of r = 4×10−4 m s−1 and r = 5×10−4 m s−1 over the
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60-m and 30-m isobath, respectively, for fall and winter. The authors found that values over
the 15-m isobath were roughly twice as large, r = 9×10−4 m s−1 for fall and r = 12×10−4
m s−1 for winter, within the same range of values obtained here. The authors attributed
the increase of the linear drag coefficients over the shallower depths to the action of surface
gravity waves (e.g. Grant & Madsen, 1979). The action of waves could possibly explain the
relatively high coefficients found off Newport, since waves during the winter are significantly
higher than southern California (e.g. Allan & Komar, 2006).
Finally, the total velocity v(x) of the coastal current was calculated by assuming that
the buoyancy-, the wind- and the Davidson-driven velocities can be linearly added:

v(x) = vb + vw + vD


=

g0H −
e
fR
|

{z

x+Wp
R



+
}

buoyancy-driven

τoy
ρo r
|{z}

wind-driven

+

v

D
|{z}

.

(2.8)

Davidson Current

Notice that this model assumes spatial homogeneity of the wind-driven (vw ) and Davidson current (vD ) flows, while the buoyancy driven (vb ) component varies in the cross-shelf
direction. The interaction between wind- and buoyancy-forcing is non-linear, since the
isopycnals slope is modified by the wind-forcing, via Ekman induced cross-shelf circulation.
Notice that this non-linear effect is included in the buoyancy driven (vb ) component in our
model.

2.3.5 Transport Calculations
The volume transport was estimated by simply integrating eq. 2.8 over the plume area
(derivation shown in the APPENDIX), which leads to:

Q = Qb + Qw + QD

2Ws
Ws
g0H 2 
=
1 + e− R − 2e− R
2f
 
 W h 
Ws
τoy
b p
+
H Ws + Re− R − R +
ρo r
2
 
 W h 
Ws
b p
+ vD H Ws + Re− R − R +
.
2

(2.9)
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The freshwater transport was calculated by integrating the velocities multiplied by the
freshwater anomaly ((s0 − s(x, z))/s0 ):
ZZ

Qf resh =

v(x)

s0 − s(x, z)
dx dz.
s0

(2.10)

In the region inshore of the glider transect, where there is no data, the gap in salinity
was filled up by reproducing the measured value closest to the coast, for each depth. The
extrapolation in salinity helped to complete the glider transects all the way to the coastline,
allowing us to estimate the freshwater transport. To estimate the freshwater transport, the
velocity within the coastal current (v(x)) was obtained from eq. 2.8, then multiplied by the
freshwater anomaly field and integrated numerically .

2.4 Results
2.4.1 Seasonal Variability in Freshwater off Oregon
Typical glider cross-shelf sections showing major differences in freshwater regimes and
oceanographic conditions between summer and winter are illustrated in Fig. 2.4. Freshwater
content calculated from eq. 2.2 using a reference salinity of s0 = 32.5, reveals that during
summer, freshwater is absent inshore of the 70 m isobath, and increases in the offshore
direction, reaching a maximum value of nearly 2 m offshore of the 200 m isobath, where it
maintains its value until the end of the glider transect. The 32.5 isohaline is marked on the
salinity transect, which shows that its position in the water column lies in between 30-50
m deep, and decreases toward the coast, until it finally outcrops nearly the 70 m isobath.
The isohalines, as well as the isotherms and isopycnals (not shown), tilting upward towards
the coast are typical of summer time off the Oregon coast, as a result of the equatorward,
upwelling-favorable winds, which are also responsible for the southward advection of these
freshwaters from the Columbia River. The glider measures dive-averaged currents to the
south.
A very different picture is observed during the winter time. The freshwater content
is maximum near the coast, roughly 1.8 meters, slightly smaller than the summer peak
value, and decays rapidly in the offshore direction, where it keeps a nearly constant value
of around 0.3 meters offshore of the 80 meter isobath until the end of the glider transect.
A buoyant plume is found trapped to the coast, with the foot of the front located inshore
of the 50 meters isobath. The position of the 32.5 isohaline is deeper than during the
summer time, lying between 70-80 meters deep. Above the 32.5 isohaline and offshore of
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the coastal current, the water column is well mixed both horizontally and vertically, due to
the strong winds during this season. Below this well mixed region, the isohalines, as well
as the isotherms and isopycnals (not shown), are tilted downward towards the coast, which
is typical of winter time off the Oregon coast, as a result of the poleward, downwellingfavorable winds. The glider measures dive-averaged currents to the north, nearly 10-20%
stronger than what was observed during summer time.
To understand the differences in the scenarios described above as well as the details
of the seasonal evolution of freshwater content off the Oregon coast, 499 Slocum transects
between 2006 and 2012 and 71 Seaglider transects between 2009 and 2012 are analyzed.
Freshwater content using a reference salinity of 32.5 is shown as a Hovmöller diagram in
Fig. 2.5. Also plotted are the wind-stress time series and both the Columbia River discharge
as well as the sum of the gauged coastal rivers between northern CA and the NH-line (shown
in Fig. 2.1). The upwelling seasons are determined following Pierce et al. (2006) (available
at http://damp.coas.oregonstate.edu/windstress) and indicated by gray stripes.
During upwelling season, the fresh water is found mainly on the mid- and outer-shelf, advected southward from the Columbia River and held offshore by upwelling-favorable winds.
The full cross-shore extent of the freshwater is only captured when using both the Slocums
and Seagliders, particularly visible for 2011 and 2012, when there is a higher spatial and
time coverage available. Discharge peaks from the Columbia River are in phase with the
peaks of freshwater content. A continuous offshore propagation of both the inshore and
offshore regions of the freshwater (Columbia River Plume) occurs throughout the seasons,
due to a cumulative effect of upwelling-favorable winds. Columbia River discharge during
2011 and 2012 is higher than normal conditions, associated with a strong La Niña event,
and as a result, higher freshwater content is observed off the central Oregon coast, compared
to the previous years (Mazzini et al., 2011). During downwelling season, the freshwater is
found mostly adjacent to the coast, and confined in a much smaller cross-shore region. The
peaks in freshwater content are in phase with peaks of coastal (non Columbia river) river
discharge, which suggests the freshwater is being advected towards the north.

2.4.2 Front Characteristics
The results of the fitted fronts, h(x) computed from eq. 3.20 are shown in Fig. 2.6, overlaying the average density field computed using only fronts that were located 20 km north
and south from the NH-line, 79% of the total. A clear density gradient is observed, where
inshore waters are less dense (below 1024 kg m−3 ) than offshore waters (approximately 1025
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kg m−3 ), in the upper ocean.
Probability density functions of the main parameters that characterize the fitted fronts,
such as Wp , Ws , Wb , hp , ρo , ρp , ∆ρ, H and R, are shown in Fig. 2.7. The coastal currents
total width Wp encompasses a wide range of values, from 5 to over 70 km, however the
majority of observations (over 80%) lie in between 10 to 30 km. The part of the front that
is not in direct contact with the bottom, Ws , ranges from 5 to over 70 km, with over 50% of
observations equal to or larger than 15 km. The part of the front that is in direct contact
with the bottom, Wb , is much smaller than Ws , roughly one order of magnitude, ranging
from 0.5 to 7 km. The thickness of the coastal currents, hp , which is directly related to
Wb (for a constant slope of the ocean bathymetry), ranges from 5 to 70 meters thick, with
approximate 70% of observations lying in between 15 and 40 meters thick.
The ocean density, represented by ρo , varies between 1023 to 1025.5 kg m−3 , with over
50% of the observations falling in the 1025 kg m−3 class. A broader distribution is seen
in the coastal current density, ρp , ranging from 1021.5 to 1025 kg m−3 , with over 95% of
observations falling in between 1023 and 1023.5 kg m−3 . The typical density difference
between the ocean and coastal current ∆ρ = ρo − ρp , is between 1 and 2 kg m−3 , for over
45% of the observations, between 0.5 and 1 kg m−3 for nearly 30% of observations.
For the exponential fits (eq. 3.20) nearly 50% of the H values fall in between 20 to 40
meters deep, and 30% between 180 and 200 meters deep, resembling a bimodal probability
density function. Note that in the fits, H was limited to a maximum value of 200 meters,
because it is not possible to cover the full range of possible values for H, since if the front
becomes very steep (eg. due to downwelling favorable winds), H → ∞. Over 45% of R
values are observed at the 0-10 km class, and nearly 75% fall in between 10 and 30 km.

2.4.3 Front Response to Wind Forcing
Geographical location of the fronts (Wp and hp ) are shown in Fig. 2.8, with vectors
representing the non-filtered daily averaged wind stress (left), as well the the filtered version
(right), using eq. 3.23. The location where the front contacts the bottom (the “foot”), hp ,
is located inshore of the 50 m isobath for the vast majority of the cases. Also, for only a
few cases did the glider data sample the location of hp , and therefore fitting eq. 3.20 was
a necessary tool for determining the location of hp . The cross-shelf location of Wp is much
more variable than hp , and covers a wide range of values, anywhere from 7 to over 70 km
offshore. Notice that the data is biased towards the north of NH-line, since the gliders often
drifted northward due to the strong currents occurring during fall/winter, as can be seen
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by a few examples of the glider tracks also plotted in Fig. 2.8.
The non-filtered wind stress vectors show that the fronts were measured at very different wind conditions, covering almost all directions, although the southward (upwellingfavorable) wind stress vectors are in general much smaller than the northward (downwellingfavorable) ones, consistent with wind regime off the Oregon coast during fall/winter. A
much cleaner and organized picture is observed after filtering the wind stress data, and it
can be seen that for the fronts located farther offshore, the wind stress was very weak or
upwelling-favorable, while the vectors increase and become downwelling-favorable rapidly
as the fronts get closer to the coast. This behavior is consistent with Ekman dynamics as
shown in previous works, where upwelling-favorable winds advect the surface fronts offshore,
thinning out the plume, and downwelling-favorable winds advect the surface fronts towards
the coast (Fong & Geyer, 2001; Lentz & Largier, 2006; Moffat & Lentz, 2012).
Another potential example of the effect of Ekman dynamics influencing the plume characteristics and geometry, can be seen in the sequence shown in Fig. 2.9. The front is initially
measured after a period of persistent downwelling favorable winds, with a magnitude of 0.02
N m−2 at the day Wp was measured. Wp was located just offshore of 20 km from the coast,
and hp slightly over 34 meters deep. A reversal to weak upwelling favorable winds takes
place and lasts nearly 5 days, with average magnitude of 0.003 N m−2 , before the front is
measured again. A drastic change in the plume geometry is observed: Wp expands to nearly
55 km offshore, and hp thins to nearly 25 meters deep. Then, the upwelling-favorable winds
cease, and reverse again to downwelling-favorable, and 2 days after this reversal, the front
is measured again, under a wind stress of 0.003 N m−2 . Wp is found nearly 19 km from the
coast, just slightly inshore of its initial position, and hp thickens out to 32 meters, 2 meters
thinner than its initial thickness. The plume seems to be re-set back to its approximate
initial position, after only 2 days of downwelling-favorable wind stress, however its area is
smaller and the front has a different e-folding length scale R.
Characteristics of the plume geometry such as Wp , hp , Ws , Wb , the ratio Ws /Wb , the
tilt of the front (hp /Ws ), as well as the root mean squared error (RMSE) of the fits, as a
function of wind stress are shown in Fig. 2.10. For very low wind stress, between ±0.02 N
m−2 , Wp covers a wide range of values, from typically 10 to 80 km, and as the wind stress
increases there is a rapid decrease in Wp , that seems to be limited to no less than roughly
10 km. A similar pattern is observed for Ws , however shifted between 1-7 km towards lower
values, since it is defined as Ws = Wp − Wb , and it never reaches zero. A different pattern is
observed in hp , where lowest values are found at low wind stress, between slightly less than
10 meters up to 50 meters, with most points falling around 30 meters deep, and increasing
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slowly as the wind stress increases, reaching up to over 60 meters. Wb has the same behavior
as hp since they are related by Wb = hp /α, where α is the bottom slope, taken to be 0.01.
The gray dashed lines in Fig. 2.10 represent what the positions of Wp and hp (and Wb )
would be if the front isopycnal became a straight vertical line, conserving the average plume
area. This basically assumes that the plume has achieved its “full downwelling” response,
that is, the front was tilted vertically by downwelling-favorable winds, reducing its offshore
extent from Wp until it became vertical with final offshore extent Wf q
and increasing its
thickness hp to a final thickness hf . This was calculated using hf = tan α Wp hp and
Wf = hf / tan α, where α is the bottom slope, 0.01 chosen for typical Oregon inner-shelf,
and overbars represent average values. Wf is nearly 10 km and seems to define well a lower
limit for Wp , where values of Wp are rarely smaller than Wf , with 2 clear exceptions, at 0.15
N m−2 and 0.23 N m−2 , which coincide with high values of RMSE. hf is close to 80 meters
and values of hp never cross hf , in fact its highest values are nearly 20 meters shallower
than hf .
The ratio Ws /Wb indicates whether the fronts are surface-trapped (Ws >> Wb ), bottomadvected (Ws << Wb ) or intermediate (Ws ≈ Wb ). Fig. 2.10 shows that for very low wind
stress, between ±0.02 N m−2 , Ws varies from twice to nearly fifty times larger than Wb .
For downwelling-favorable wind stress values larger than 0.02 N m−2 , Ws vary from 5 times
larger than Wb , to Ws ≈ Wb , with only one exception that Ws < Wb , for the highest value of
wind registered within our data, of nearly 0.23 N m−2 . Over 95.5% of observations showed
ratios Ws /Wb above 1, and 82% above 2, which demonstrates that for the vast majority of
the cases, the coastal current is surface advected, while only 4% of observations had ratios
Ws /Wb below 1, or bottom advected.
The front slope, defined as hp /Ws , varies from nearly zero at wind stress with negative
values close to 0 N m−2 , and then increases as the wind stress increases, reaching values over
16×103 . The root mean squared error (RMSE), estimated based on the vertical position
of the exponential fit model and the observed isopycnal that was used to trace the coastal
current, varies from less than 1 to over 6 meters, and has the greatest range around 0 N
m−2 wind stress. The highest RMSE values are found for both wind stress close to 0 N
m−2 and at high windstress, exceeding 0.13 N m−2 . Moderate downwelling-favorable winds,
around 0.1 N m−2 , give the lowest RMSE values, typically less than 2 meters, and the best
exponential fit within the limited number of data points available.
As previously discussed, the choice of fitting the exponential function (eq. 3.20) in
order to represent the shape of the coastal current, was motivated by having the same form
as the solution for the Rossby adjustment problem in a reduced gravity model. The fitted

22
√
parameter R would represent the Rossby radius of deformation, defined as g 0 H/f , for this
√
case. A comparison between R and g 0 H/f , as a function of wind stress is presented in Fig.
√
2.11. The differences between R and g 0 H/f can reach over 90 km, and are largest during
weak wind events, in between ±0.025 N m−2 . For downwelling favorable wind stress, above
√
0.025 N m−2 , the differences between R and g 0 H/f tends to decrease, even though there
is a clear presence of outliers. It is important to realize that the presence of the coast limits
the extent of the front, when compared to an unbounded system (e.g. horizontally infinite
ocean, no coast), as in the original Rossby adjustment problem. If we treat the front as
unbounded, we assume that we only have information about a limited portion of the entire
√
front, and small perturbations could lead to large errors in R and H, hence g 0 H/f .
Previous studies of coastal currents with a sloping bottom, have assumed that the
geostrophic adjustment occurs offshore of the foot of the front, hp , and that Ws scales
as the Rossby radius of deformation, defined as

p

g 0 hp /f (e.g. Lentz & Helfrich, 2002; Mof-

fat & Lentz, 2012). A comparison between Ws and

p

g 0 hp /f , as a function of wind stress

is presented in Fig. 2.11. Differences between Ws and g 0 hp /f tend to be much smaller
√
than between R and g 0 H/f , but still can reach over 70 km. A similar pattern is observed,
p

where higher differences are observed for low wind stress, ±0.025 N m−2 , and the differences rapidly decrease as the wind becomes moderate downwelling-favorable. For wind
stress larger than 0.025 N m−2 , Ws →
outliers as observed in the case of R −

p

√

g 0 hp /f , and there are not as many contrasting

g 0 H/f . In this case, the parameters Ws and hp ,

are less sensitive than R and H: Ws is independent of the shape of the front, which could
be curved or straight, and that would impact R; and even large variations of H would only
lead to small variations in hp .

2.4.4 Along-Shelf Velocities, Total and Freshwater Transport
Total along-shelf velocities within the coastal currents, averaged in the As region, total
transport estimates, Q, calculated using eq. 2.9, as well as the freshwater transports, Qf resh ,
computed from eq. 2.10, are shown in Fig. 2.12. The fraction of each transport mechanism,
buoyancy- (Qb ), wind- (Qw ) and Davidson-driven (QD ), relative to the total transport and
freshwater transport are also shown in Fig. 2.12.
For the total along-shelf velocities, over 30% of observations fall within the 0-0.1 m s−1
class, and about 15% within the 0.1-0.2 m s−1 class, then the distribution is nearly evenly
distributed, and after reaching 0.6 m s−1 , it tapers off linearly from 10% to nearly vanishing
at approximately 1.1 m s−1 .
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Total transport values, Q vary from less than 0.05 to over 0.5 Sv, with approximately
65% of transports lower than 0.1 Sv, and nearly 21% between 0.1 and 0.2 Sv, and roughly
14% of values higher than 0.2 Sv. These transports are nearly 1-2 orders of magnitude larger
than the total freshwater discharged by the rivers (Fig. 2.5), showing that entrainment
occurs in the estuaries, and results in a significant amplification of the estuarine outflow
(Knudsen, 1900). Additional entrainment can also occur through mixing in the coastal
ocean. The higher end of these estimates are of same order of magnitude as the coastal
upwelling jet observed during summer time off the Oregon coast (Barth & Wheeler, 2005).
The coastal current is primarily buoyancy-driven, accounting for over 61% (±22.6%) of
the total transport, followed by the Davidson Current, which is responsible for nearly 26%
(±18.6%), and finally, the wind-forcing, which accounts for about 13% (±11.7%) of the
total transport.
Freshwater transports, Qf resh , vary from a few hundreds of m3 s−1 to over 5×103 m3
s−1 , the latter being the same order of magnitude as fall/winter peak discharges from the
coastal rivers (Fig. 2.5). Nearly 41% of observations show discharges of less than 1×103
m3 s−1 , 30% between 1 and 2× 103 m3 s−1 , and 29% above 2×103 m3 s−1 . The ratio of
the mechanisms responsible for the freshwater transport, buoyancy-, Davidson- and winddriven follow the same pattern as for the total transport, with relative contributions of 59%
(±25.2%), 24% (±21.8%) and 17% (±14.6%) respectively.
A direct comparison between buoyancy driven transports (Qb ) calculated from the exponential model (eq. 2.12) versus transports calculated by the dynamic method using the
temperature and salinity fields from the gliders are shown in Fig. 2.13. The level of no
motion used in the dynamic method calculation was the front position obtained from the
fit (eq. 3.20). Transports from the exponential fit can get higher than 0.2 Sv, while smaller
transports are observed from the dynamic method, reaching values slightly above 0.05 Sv.
A linear regression between the transports, reveals a slope of 1:4 (±0.04, 95% confidence
intervals), which demonstrates a consistent reduction in the transport estimated by the dynamic method, when compared to the two-layer exponential model. This reduction in the
transport is consistent with the fact that the ocean is continuously stratified (laterally and
vertically) (e.g. Pimenta et al., 2011; Moffat & Lentz, 2012), and the two-layer assumption
in the exponential fit model (eq. 2.12) overestimates the transports.
An example of the geostrophic velocities computed from the dynamic method is show in
Fig. 2.9, which demonstrates a higher spatial variability than a simple two-layer flow. The
strongest northward velocities within the coastal current are in general located closer to the
offshore boundary, where the fronts are steepest, and then decay towards the coast. Inshore
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of this steepest region, where the fronts tend to level, the lowest velocities are observed,
and even small reversals towards the south, typically less then 0.05 m s−1 , are observed,
especially under upwelling-favorable winds (Fig. 2.9b). The maximum observed velocities
are also consistent with the wind forcing magnitudes: highest velocities (∼0.5 m s−1 ) are
associated with the strongest downwelling-favorable winds (Fig. 2.9a), followed by 0.24
m s−1 velocities during weaker downwelling-favorable winds (Fig. 2.9c), and finally the
smallest velocities, 0.17 m s−1 , during weak, upwelling-favorable winds (Fig. 2.9b).

2.5 Discussion
2.5.1 Seasonal Regimes of Freshwater
A seasonal cycle is remarkably clear in the freshwater content off the Oregon coast, and
it is possible to separate two main distinct regimes: the spring/summer and the fall/winter
(Fig. 2.5). The spring/summer season, can be characterized by the presence of freshwater mainly from the mid- and outer-shelf up to over a few hundred kilometers offshore,
advected southward from the Columbia River and pushed offshore by upwelling-favorable
winds (Barnes et al., 1972). A continuous offshore propagation of the Columbia River
Plume is apparent throughout the summer, as can be seen in Fig. 2.5, specially for the
years of 2011 and 2012, when there were glider data available that could capture the entire
cross-shore extension of the Columbia River Plume. This is consistent with the cumulative
effect of upwelling observed off the Oregon coast (Pierce et al., 2006). The change in the
freshwater content from fall/winter to spring/summer seems to occur quite abruptly, and
fairly well predicted by the onset of the upwelling season according to the dates proposed
by Pierce et al. (2006).
During fall/winter the freshwater is trapped to the coast and decays in the offshore
direction. The change from spring/summer to fall/winter however, seems to be a slower
process, in which the appearance of the freshwater, is highly dependent on the onset in the
coastal river discharges, driven by rainfall, which are not necessarily phase-locked to the
changes in wind regimes. A good example of this is apparent in fall/winter 2006, when
the river discharges increase right after the end of upwelling season, and freshwater readily
appears, versus 2010, when it takes up to two months before there is an increase in the
coastal rivers discharge and the subsequent appearance of freshwater off the NH-line (Fig.
2.5).
Variations in the freshwater content also coincide with variability of discharge peaks
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from the coastal rivers. Both the buoyancy forcing, the Davidson Current, and the wind
stress, which is predominantly northward (downwelling-favorable), act to advect freshwater
towards the north (Fig. 2.12). Exceptions to that, when freshwater may be advected
towards the south, e.g. from the Columbia River, could possibly arise due to wind reversals.
The wind-forcing in this case, would have to be strong enough in order to overcome both the
buoyancy forcing and the Davidson Current. Observations of the Columbia River Plume
during the winter time by Hickey et al. (1998), demonstrate that this is not the case, even
in the presence of sustained upwelling-favorable winds. This is also supported by numerical
simulations of an idealized Columbia River Plume from Garcia Berdeal et al. (2002), which
shows that the plume direction can only be reversed to the south in the presence of strong,
persistent upwelling-favorable winds, typically larger than 0.14 N m−2 blowing over at
least two days, events which are rarely observed during winter. Therefore the low salinity
waters and the freshwater fronts observed off Newport, Oregon, are mainly originated from
coastal rivers (from the south), as previously hypothesized by Huyer (1977). Significant
volume transports were observed from the coastal current off Newport, Oregon, of O(0.1)
Sv, comparable in magnitudes to the coastal upwelling jet, observed during summer time
(Barth & Wheeler, 2005).

2.5.2 Coastal Current Dynamics
The choice of using of a two-layer model to characterize the coastal current, overestimates the stratification, directly modifying the thermal wind shear, and finally overestimating velocities and transports. Another model choice could be a straight, linearly stratified
front, with density varying linearly from the ocean density ρo to a minimum plume density
ρp on the surface at the coast. For a similar geometry of a Margules front, but linearly stratified, the transport would be modified by a factor of 1/3, which in this case eq. 2.16 would
simply become Qbstratif ied =

g 0 h2p
6f

(Avicola & Huq, 2003). Comparisons between transports

from the exponential model and obtained from the dynamic method, show a smaller ratio,
of 1/4 (Fig. 2.13). It is important to emphasize that most glider measurements do not
have data all the way to the foot of the front, hp , nor inshore of that, where there still
may be significant lateral density gradients, and therefore would have non-zero geostrophic
velocities obtained from the dynamic method, and possibly contribute to the transport.
Those velocities inshore of hp are not accounted for in the simple two-layer model.
If the effect of stratification were incorporated in our estimates by adopting a linearly
stratified straight front model instead of the 2-layer exponential model, then the factor of
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1/3 decrease in the buoyancy-driven transports would lead to a modification of the relative
transports by each mechanism: buoyancy-driven transports would have a decrease of its
relative contribution to 39.5% (±21.8%), becoming comparable to the Davidson current,
with 40.1% (±21.3%), and the wind stress would still play a secondary role, but increased
to 20.4% (±15.4%). It is important to emphasize that those estimates come from our
simple model in which we assume that the mechanisms can be linearly added. By using
a primitive equation, three-dimensional numerical model, running both realistic and semiidealized simulations, it would be possible to disentangle the relative importance of each
forcing mechanism in driving the total transport, without relying on a priori assumptions.
A more detailed analysis on how the effect of stratification may impact the transport
of coastal currents can be found in Pimenta et al. (2011), but in general, their results
fall in between the limits discussed above. This helps to understand how our estimates
are impacted by stratification, and at the same time, give upper and lower bounds to our
calculations. Despite the model choice, the order of magnitude of transports from the
coastal currents would not change, and its role on the dynamics of the continental shelf off
the Oregon coast during the fall/winter are vital.
The coastal current observed off Newport, Oregon, can be classified as surface-trapped,
because the portion of the plume that is not in direct contact with the bottom, Ws , is
generally one order of magnitude larger then the portion in direct contact with the bottom,
Wb . In addition, the total plume width, Wp , is rarely observed inshore of 10 km, and the
thickness of the plume, hp , is rarely smaller than 10 meters. This implies that the coastal
current structure and dynamics are highly susceptible to wind-forcing, and not primarily
controlled by the Ekman bottom boundary layer processes (Chapman & Lentz, 1994).
The effect of the wind forcing on a buoyancy-driven coastal current is consistent with previous model results (Chao, 1987) as well as observations (Lentz & Largier, 2006). Upwellingfavorable (downwelling-favorable) winds drive offshore (onshore) Ekman transport associated with a compensating onshore (offshore) return flow, advecting the plume waters in
the offshore (onshore) direction, and at the same time thinning (thickening) out the plume,
which finally leads to a change in the isopycnals slope (e.g. Whitney & Garvine, 2005;
Lentz & Largier, 2006; Moffat & Lentz, 2012). Nevertheless, the effect of three-dimensional
variability, which may arise due to flow-topography interactions, instabilities, or proximity
to river inflows, may overwhelm the purely Ekman dynamics. For example, comparing
cross-shelf frontal movements to those expected from Ekman layer velocities for the coastal
current sequence shown in Fig. 2.9, shows that the Ekman flow estimates are too small by
an order of magnitude.
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Isopycnal slopes from the coastal currents have the highest correlation with the wind
stress over an exponential decay of 4 days. This result contrasts to observations of coastal
upwelling, during the summer, from Austin & Barth (2002b), who found a relation to be
of 8 days. This is related to the changes in the wind field, which during fall and winter are
variable on shorter time scales than during spring and summer.
All of our results were focused on times when the freshwater was found trapped to
the coast, which in this case, it is assumed that the fronts are coastal currents geostrophically balanced in the cross-shelf direction. It is known however, that periods of sustained
upwelling-favorable winds, can advect the plume surface waters offshore, and eventually
detach the plume from the coast (Fong & Geyer, 2001), leading to break down of the
geostrophic balance. Pimenta & Kirwan (2013) developed an index Γ that quantifies the
upwelling efficiency in flushing the plume waters offshore:
AEk
Γ=
=
Ap

Rt
0

|τs /ρf | dx
,
Ap

(2.11)

where AEk is the cumulative offshore Ekman transport and Ap is the plume cross-sectional
area. The authors found that for Γ > 1, the freshwaters are exported offshore.
An estimate of the efficiency of the wind field off the Oregon coast in detaching the
coastal current from the coast can be done by calculating eq. 2.11, using the wind stress
time series presented in Fig. 2.5 during fall/winter (downwelling season), and the area of the
coastal current, approximated by Ap = (Wp × hp )/2. Using 10 km for Wp and 15 meters for
hp (Fig. 2.7), and integrating the wind stress in between zero crossings, 182 wind reversals
from downwelling- to upwelling-favorable are found during the 6 seasons (between 2006 and
2012), roughly 5 reversals per month, however only 14 were found in which Γ > 1, leading
to about one reversal every two months, that are actually capable of completely detaching
the plume from the coast.
Based on the index Γ by Pimenta & Kirwan (2013), the coastal current observed off Newport, Oregon, is therefore expected to be a quasi-permanent feature during the fall/winter.
Note that Γ even overestimates the detachment, since upwelling winds also cause significant entrainment of ambient waters into the plume. Following Lentz (2004), this can be
modeled as Ae = A0 (1 + t/te ), where Ae is the plume area as a function of time, A0 is
the initial cross-sectional area before the onset of the wind forcing A0 = Ap (t = 0), and
p

te = 2A0 /( Ric ρf /τs ) is the time it takes for the entrainment to double the initial crosssectional area of the plume, and Ric is a critical Richardson number. Pimenta & Kirwan
(2013) have also created an index that incorporated the entrainment, given by Γe = AEk /Ae ,
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however we have chosen to use Γ instead since we are using typical values for Wp and hp ,
from in situ data, which inherently contains entrainment.
Despite the fact that upwelling-favorable wind events are in general not capable of
detaching the plume from the coast, the wind’s role in mixing and entrainment is of extreme
importance (e.g. Fong & Geyer, 2001; Hetland, 2005). Besides the wind field, other processes
could lead to detachment of the coastal current, and enhance mixing, such as flow over
variable topography and instabilities (e.g. Pennel et al., 2013), which are three-dimensional
in nature, and can’t be properly characterized by the available data.
According to the solution for the Rossby adjustment problem, in a 1.5-layer model
(Cushman-Roisin & Beckers, 2011), in the case of an unbounded, unforced system, the
parameter R from our fit should converge to R → (g 0 H)1/2 /f . The fact that there are spatial
constraints imposed by the topography and the coastline, and the intermittent presence of
wind-forcing, certainly add higher complexity to the system, and can’t be simply ignored.
Laboratory models of unforced buoyant gravity currents adjusted under rotation, along a
wall, have demonstrated that the total width of the current W = bL scales with the Rossby
radius of deformation L = (g 0 h)1/2 /f , where h is the depth of the gravity current at the
wall and b is found empirically from experiments, which have demonstrated that b is O(1)
(e.g. Griffiths & Hopfinger, 1983). In the case of coastal currents with a sloping bottom,
the geostrophic adjustment is assumed to occur offshore of the foot of the front, hp , which
in this case, Ws → (g 0 hp )1/2 /f (e.g. Lentz & Helfrich, 2002; Moffat & Lentz, 2012).
Our results however, show that both R → (g 0 H)1/2 /f and Ws → (g 0 hp )1/2 /f only
when there are moderate downwelling-favorable winds, and for wind stress close to zero
or upwelling favorable, those relationships breakdown. It is important to keep in mind,
that the comparisons are made with the wind stress filtered using eq. 3.23, and specially for
values of filtered wind stress close to zero, it is possible that an upwelling event has occurred
not long before the front is measured but does not clearly show in the final filtered product.
This reveals an asymmetric response between upwelling- and downwelling-favorable winds,
and that the coastal current structure is readily modified by even weak upwelling-favorable
winds, while downwelling-favorable winds (moderate) tend to reinforce the relationship
described above.

2.5.3 Effects on the Ocean Biogeochemistry
Finally, the riverine waters that feed the coastal current have distinct biogeochemical
properties compared with adjacent coastal waters, and as a consequence, it is possible to
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observe a relationship between the optical properties of the water column and the coastal
current. An example of this is shown in Fig. 2.14, which demonstrates how color dissolved
organic matter (CDOM) and suspended sediment measured with optical light backscatter
are correlated with the fresh low-density waters from the coastal current. This emphasizes the importance of the coastal current, which can potentially be a primary mechanism
responsible for the alongshelf transport of nutrients, sediment, plankton, fish and invertebrate larvae, and therefore play a crucial ecological role during fall and winter off the Oregon
coast. The buoyancy-driven current also links the estuaries, carrying carbon and iron that
is spread over the shelf and influences the ecosystem, not only during fall and winter, but
also the following upwelling season (Chase et al., 2007).

2.6 Conclusion
This work presents the first detailed description of coastal currents observed offshore of
central Oregon, in fall and winter. Based on a 2-layer model, a primary forcing mechanism
of these currents is buoyancy, from riverine freshwater discharge into the coastal ocean. The
large-scale Davidson Current also contributes significantly to the along-shelf transport, with
a smaller contribution by wind forcing. The wind, via cross-shelf Ekman fluxes, significantly
impacts the buoyancy front and current, modifying their geometry and hence velocities and
transport. The average transport is 0.08 (±0.07) Sv, and maximum observed value is 0.49
Sv, magnitudes comparable to the summertime upwelling jet. This persistent buoyancydriven current may be called the Oregon Coastal Current.
Gliders proved to be a reliable tool to survey the Oregon coast during fall and winter,
under harsh weather and oceanic conditions. The present data set could not have been
obtained as effectively using other platforms, for example ship-based profiling. Even with
the limitations of the glider operations in shallow waters over the inner shelf, in the presence
of large waves and swift currents, it was possible to characterize the Oregon Coastal Current.
The glider data provided the necessary parameters to obtain the coastal current geometry,
velocity and transports.
Several questions still remain unanswered, such as: what is the along-shelf spatial coherence of this current, how many rivers contribute to the freshwater transport observed
at the NH-line, what is the role of the wind stress in mixing and dispersing this coastal
current, under which conditions is the coastal current unstable, does the topography play
a significant role in the dynamics of this system, and ultimately what is the fate of the
freshwater.
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Continuous surveys are of extreme importance in observing and understanding the
ocean, and in order to address the questions raised above, in-situ data should be collected
at more locations along the Oregon coast (and possibly northern California) with proper
spatial and temporal resolution. Finally, numerical models that attempt to reproduce fall
and winter time circulation over the Oregon continental shelf, must include freshwater input from coastal river discharge, and reproduce the Oregon Coastal Current, since it is a
persistent, key component of the fall-winter shelf dynamics.
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2.8 Appendix
2.8.1 Transport Derivation
Transports were calculated by integrating the velocities from eq. 2.8 over the plume
area. The buoyancy-driven transport Qb was calculated as:
Z −Wb

ZZ

Qb =
=

vb dA =

−Wp

vb (x) · h(x)dx +


2Ws
Ws
g0H 2 
1 + e− R − 2e− R ,
2f

where the fact that vb = 0 for x > −Wb has been used.
The wind-driven transport as:

Z 0
−Wb

vb (x) · htopo (x)dx
(2.12)
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(2.13)

where htopo = (hp /Wb )x, assuming a linear bathymetry.
Similarly, the Davidson Current:
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(2.14)

Finally the total transport can be found by linearly adding up all of the transports from
the three different mechanisms Q = Qb + Qw + QD .

2.8.2 Margules front model
For simplicity, the front h(x) can be approximated to a straight-interface, the Margules
front model (Margules (1906)), as has been done in previous plume studies (e.g. Garvine
(1999), Fong & Geyer (2002), Lentz & Helfrich (2002)). In this case, the coastal current
buoyancy-driven velocity can be calculated simply as:

vbM argules

=

g 0 hp
.
f Ws

(2.15)

The transport may be obtained by integrating the velocity over the area of the coastal
current:

ZZ

QbM argules

=

vbM argules dA
Z −Wb

=
−Wp

vbM argules · h(x)dx +

Z 0
−Wb

vbM argules · htopo (x)dx
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=

g 0 h2p
,
2f

(2.16)

where htopo (x) is the cross-shelf bathymetry, and the fact that vbM argules = 0 for x > −Wb
has been used.
The wind-driven transport as:

Z −Wb

ZZ

QwM argules

=

vw dA =

−Wp

vw · h(x)dx +

Z 0
−Wb

vw · htopo (x)dx

Wp hp
= vw
2


y
τo Wp hp
=
,
ρo r
2




(2.17)

where htopo = (hp /Wb )x, assuming a linear bathymetry.
Similarly, the Davidson Current:

Z −Wb

ZZ

QDM argules

=

vD dA =


= vD

−Wp

vD · h(x)dx +

Z 0
−Wb

vD · htopo (x)dx

Wp hp
.
2


(2.18)

For a Margules front, the total transport (QM argules ) simplifies to:

QM argules = QbM argules + QwM argules + QDM argules
=

g 0 h2p
τy
+ o
2f
ρo r



Wp hp
2





+ vD

Wp hp
.
2


(2.19)

Total velocities within the coastal currents, averaged in the As region, are shown in Fig.
2.15, for the Margules model. Comparing the results from the exponential front (Fig. 2.12),
a slight change is observed for the Margules model, with the 0-0.1 m s−1 class reducing to
27%, while increasing the 0.1-0.2 m s−1 class to 18%, and it tapers off after reaching 0.7 m
s−1 , finally nearly vanishing at approximately 1.2 m s−1 .
Comparisons between baroclinic velocities and areas for the exponential front versus the
Margules model are also shown in Fig. 2.15. Baroclinic velocities averaged by the area of
the plumes are approximately equal in about 30% of cases, and velocities from the Margules
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model are generally larger than the exponential model, reaching up to twice the latter. The
plume areas can be nearly the same in about 20% of the cases, and exponential fronts can
have area as much as twice the area of the Margules model.
The ratio of transports estimated from a Margules front model using eq. 2.19 to the
exponential front (eq. 2.9) is also shown in Fig. 2.15. Comparisons between the exponential
front versus the Margules model (eq. 2.19), show that for the total transport, the exponential function tends to generate slightly higher transports, about 25% higher for nearly
30% of observations, and about 50% higher for roughly 6% of observations. That is a direct
result from the exponential fronts having much larger areas, which compensate for larger
average velocities attributed to the Margules fronts. For the freshwater transport, the Margules model tends to generate higher transports, 20% higher for about 15% of observations,
and 50% higher for roughly 5% of observations, however, it can also generate lower transport, about 25% lower for nearly 7% of observations. This arises from the the fact that
the freshwater content increases towards the coast, and the exponential front model have
velocities decreasing towards the coast, while the Margules front velocities are independent
of space and dominates the transports over the regions where freshwater is more abundant.
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Figure 2.1: Snapshot taken from MODIS/Terra during 27-January-2012, for the 555 nm remote sensing reflectance (Rrs ), an effective tracer of turbidity in the water column (Thomas
& Weatherbee, 2006). Warm colors are indicators of river plumes and the coastal current
along the northwest coast of the U.S.A. The Newport Hydrographic line (NH-Line), surface
buoy NH10 (square) and meteorological station NWPO3 (triangle) are shown in the map,
as well as an arrow indicating the Davidson Current. The names of the major rivers along
the Oregon and northern California coast are shown. The edge of the continental shelf is
indicated by the 200-m isobath, in gray.
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Figure 2.2: Cross-section scheme of a buoyant plume, far from the bulge where the river
enters the ocean (based on Lentz and Largier, 2006). Total width of the plume is Wp =
Ws + Wb , where Ws is the offshore part of the plume that is not in direct contact with the
bottom, with cross-sectional area As , and Wb is the nearshore portion of the plume, which
is in contact with the bottom, with cross-sectional area Ab . ρo is the ocean density, ρp is the
plume density, hp is the maximum thickness of the plume (where the front intersects the
bottom), which separates the parts with and without contact with the bottom, and h(x) is
the shape of the front.
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Figure 2.3: Scheme showing one example of fitting equation (3.20) to a buoyant front,
measured between 10-14 of January, 2011. On the top, the cross-shelf surface density (ρ)
and density gradients (∂ρ/∂x), and dot shows where the front is located at the surface,
∂ρ
according to γ1 ( ∂x
)max , where γ = 10. On the bottom, colored contours of density, salinity
and temperature. Overlaying the density field, dots show the discrete positions of the front
and the fit to the front (solid line). The main parameters used from the fit are also indicated:
Wp , hp , H, R, ρo and ρp .
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Figure 2.4: Typical examples of freshwater content in meters calculated from equation (2.2)
using s0 = 32.5 (top), and salinity fields (bottom) observed off NH-line during upwelling
(left) and downwelling (right) seasons. Glider tracks and depth averaged velocities are
shown in bottom panel.
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Figure 2.5: Time and space variations of freshwater content (in meters) along the NH-Line
using s0 = 32.5. On the right side the discharge from the Columbia River and the sum
of discharges from gauged rivers south of the NH-line (Southern Coastal Rivers): Yaquina,
Alsea, Siuslaw, Umpqua, Coquille, Rogue, Chetco in southern and central OR, and Smith
and Klamath in northern CA, as well as north of the NH-line (Northern Coastal Rivers):
Siletz, Nestucca, Tillamook and Nehalem. The geographical locations of the rivers along
the coast are indicated in Fig. 2.1. On the left side the daily averaged (non-filtered)
northward wind stress. The gray stripes indicate upwelling season according to Pierce
et al. (2006), available at http://damp.coas.oregonstate.edu/windstress. River discharge
data obtained from U.S. Geological Survey (USGS) and from Oregon Water Resources
Department (OWRD). The position of the coast and the 200 m isobaths are indicated by
triangles. On right and left panels: star indicates the time for the satellite image shown in
Fig. 2.1, dots indicate the time of the transects shown in Fig. 2.3 and 2.4, and the square
indicates the time of the transects shown in Fig. 2.9 and 2.14.
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Figure 2.6: Average density field overlayed with fitted fronts. In this calculation, only fronts
that were located 20 km north and south from the NH-line were chosen (79%).
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Figure 2.7: Probability Density Functions of main plume parameters from observations:
Wp , Ws , Wb , hp , ρo , ρp , ∆ρ, H and R. Error bars are standard deviations for each class,
obtained from the sensitivity analysis of each fit parameter (Wp , H and R).
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Figure 2.8: Map showing surface and bottom front positions with raw wind velocities vectors
(left) and filtered velocity vectors (right). Triangles show where fronts intersect the surface,
while circles show where fronts intersect the bottom. White circles represent that glider
data did not cover the area where the front intersected the bottom, so the position was
extrapolated based on the fit of equation (3.20). On left, only a few glider tracks are
plotted in blue, for clarity. The NH-line is indicated by a straight line at 44◦ 39’N, and
isobaths of 50, 100, 200, and 1000 meters are plotted. Gray thick line indicates the 200
meter isobath.
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Figure 2.9: (top) Filtered wind stress (bars) and non-filtered daily averaged wind stress
(black solid line), (left) density fields (kg m−3 ) and (right) geostrophic velocities (m s−1 )
showing a sequence of coastal currents under different wind stress conditions: (a) strong
downwelling, (b) weak upwelling, and (c) moderate downwelling favorable. The geostrophic
velocities were calculated based on the dynamic method using temperature and salinity fields
from the glider data, zero-referenced at the plume front. Dots represent discrete positions
of the isopycnals overlayed with the fitted fronts (only half of the dots were plotted, for
clarity). The parameters Wp , hp , H and R are shown for each event. Shaded in gray are
the periods the glider took to complete each transect, and upside down triangles are the
times that the fronts were measured. Note that the right column has zoomed into the
coastal current to enhance the details of the geostrophic velocity field.
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Figure 2.10: Filtered wind-stress versus absolute values of: Wp , hp , Ws , Wb , ratio Ws /Wb
(ratio of 1 is indicated by a solid line), front slope or hp /Ws , and the root mean squared error
(RMSE) between isopycnal positions and the fitted function. Gray dashed lines show what
Wp , Wb and hp would be if the front was completely vertical, for an average plume area.
Open circles indicate that RMSE was higher than the average RMSE plus one standard
deviation. Error bars are standard deviations obtained from the sensitivity analysis of each
fit parameter (Wp , H and R).
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Figure 2.11: Comparison of filtered wind-stress versus different scalings for the Rossby
radius of deformation (in km): R − (g 0 H)1/2 /f (left), Ws − (g 0 hp )1/2 /f (right). Open circles
indicate that RMSE was higher than the average RMSE plus one standard deviation. Error
bars are standard deviations obtained from the sensitivity analysis of each fit parameter
(Wp , H and R).
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Figure 2.12: (top) Probability density functions of average velocities within the coastal
current (left), total transport (center) and freshwater transport (right). (bottom) Ratios of
buoyancy-, wind- and Davidson-driven transports to the total transport (left) and to the
freshwater transport (right). Error bars are standard deviations for each class, obtained
from the sensitivity analysis of each fit parameter (Wp , H and R).
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Figure 2.13: Comparisons between the buoyancy driven transports calculated using the
exponential fit (eq. 2.12) versus calculated from the dynamic method, using temperature
and salinity fields from glider data and referenced to the front positions. Filled circles
indicate transects in which the glider data covered the fronts all the way to the foot of the
fronts, hp , 11 out of a total of 67. Black solid line indicates the 1:1 ratio, gray solid line was
obtained from linear regression, and gray dashed line indicates a ratio of 1:3, which is the
ratio of transports between a linearly stratified versus a two-layered Margules front. Error
bars are standard deviations obtained from the sensitivity analysis of each fit parameter
(Wp , H and R).
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Figure 2.14: Observations of (top) cross-shelf density, (middle) colored dissolved organic
matter (CDOM), and (bottom) optical backscatter fields, obtained from glider survey between 6 and 9 of April, 2007. Discrete position of the front is plotted with dots (only half
of the dots were plotted, for clarity) and fitted front in solid black line.
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Figure 2.15: (top) Margules averaged velocities within the coastal currents (left), and ratios
between average buoyancy-driven velocities (center) and areas As (right) between the Margules front versus the exponential model. (bottom) Ratios between total transport (left)
and freshwater transport (right) between the Margules front versus the exponential model.
Error bars are standard deviations for each class, obtained from the sensitivity analysis of
each fit parameter (Wp , H and R).
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3.1 Abstract
A network of sustained coastal oceanographic observations during six years (2006-2012),
are used to investigate the freshwater variability offshore of the Oregon Coastal Current
(OCC) during the downwelling season. Different mechanisms control the variability in
salinity prior to and after the remotely forced spring transition (RFST). After the RFST,
salinity variability is controlled by along-shelf advection of the Columbia River Plume by
southward remotely forced currents. These currents are strong enough to overcome the
northward buoyancy- and wind-forcing, to push the Columbia River Plume to the south,
where it interacts with the OCC and influences Oregon waters. Prior to the RFST, freshwater is exported offshore from the OCC, and influences a region approximately 33 km offshore
from the OCC’s edge. The rate-of-change of freshwater over this region can be explained
by eddy and wind-driven Ekman cross-shelf freshwater fluxes, however it was not possible
to distinguish their relative contributions. Offshore of the OCC zone of influence, there is
no significant change in salinity, presumably due to the northward advection of salty water
by the Davidson Current, which erases any freshwater accumulation from precipitation.
Finally, using estimates of freshwater leakage from the OCC, a leaking pipe model is used
to account for the number of rivers that are necessary to explain the along-shelf freshwater
fluxes through a cross-shelf section off Newport, Oregon. For nearly half of the time, these
fluxes can be explained by summing up discharges from 3-4 rivers, reaching as far as the
Siuslaw or Umpqua rivers, located 70 to 110 km south of Newport.

3.2 Introduction
Geostrophic buoyancy-driven coastal currents, forced by river outflow into the ocean,
are important components of circulation in a great number of continental shelves around
the world. Observations demonstrate that these currents may propagate tens to hundreds of
kilometers away from their sources, before they completely disperse and mix with ambient
shelf waters (e.g. Mork, 1981; Royer, 1981; Münchow & Garvine, 1993a; Rennie et al.,
1999). Coastal currents link the estuaries to the coastal ocean, and play a fundamental
role in determining the fate of nutrients, pollutants, sediment, and freshwater. They have a
major effect on the biogeochemistry of the coastal ocean, and the health of coastal marine
ecosystems (Hickey et al., 2010). Therefore, it is of major relevance to understand the fluxes
of these waters along and across the continental shelves and slopes, and especially how the
coastal current waters are exported offshore to the wide continental shelf and adjacent deep
ocean.
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Along-shelf wind stress can significantly impact the structure and dynamics of these currents, as a result of the cross-shelf circulation generated through Ekman dynamics (Csanady,
1982; Chao, 1987). Downwelling-favorable winds will narrow and deepen the coastal current,
steepening the isopycnals, which results in an intensification of the along-shelf transport, due
to the modification of the thermal-wind shear (Moffat & Lentz, 2012; Whitney & Garvine,
2005). Upwelling-favorable winds will widen and thin out the coastal current, leading to
the decrease of the along-shelf transport. If the winds are persistent and sufficiently strong,
the coastal current may be detached from the coast, spread offshore, and eventually mix
with the ambient waters, while the along-shelf transport may be reversed (Fong & Geyer,
2001; Lentz, 2004). This is an efficient mechanisms for the cross-shelf export of freshwater
from a coastal current to the deep ocean.
Another important mechanism for the export of freshwater, is through eddy fluxes.
Intense mesoscale activity have been reported in coastal currents around the world, such
as the Alaskan Coastal Current (Ahlnäs et al., 1987) and the Norwegian Coastal Current
(Mork, 1981). Large meanders can grow due to instability processes (e.g. Griffiths & Linden,
1981; Pennel et al., 2013), or variations of the bathymetry (e.g. Samelson & Pedlosky,
1990; Cenedese & Whitehead, 2000), and lead to the formation, growth, and detachment
of mesoscale eddies. These eddies may propagate far away during a substantial amount of
time, and are an important pathway for the export of freshwater.
Off the US Pacific Northwest, several small to medium sized mountainous rivers along
the Oregon and northern California coasts (Fig. 3.16), discharge into the ocean during fall
and winter, and form the Oregon Coastal Current (OCC), recently reported by Mazzini
et al. (2014). The net discharge from all these rivers vary from a few thousand to above
ten thousand meters cubic per second. This creates a persistent band of low-density waters
along the coast, which occurs at the same time as the predominantly northward downwellingfavorable wind stress and the large-scale, poleward Davidson current (Jones, 1918). The
net result is significant northward velocities and freshwater transports along the Pacific
Northwest coast (Mazzini et al., 2014).
Mazzini et al. (2014) used six years of observations from gliders, moored current meters
and winds, together with a two-layer model, to quantify the along-shelf total volume and
freshwater fluxes through the NH-line (44.65◦ N), located off the central Oregon coast (Fig.
3.16). The authors also investigated the relative roles of the buoyancy-, wind-forcing and
the Davidson current in driving the along-shelf transports, and how the wind modifies the
OCC structure. Their work however, did not investigate the cross-shelf transports, nor did
it address the possible impact of the OCC on the adjacent offshore ocean waters, which will
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be studied here.
The goal of the present work is threefold: first, quantify the salinity changes and crossshelf freshwater flux from the OCC to the adjacent waters offshore, on a seasonal time scale
during fall/winter/early spring; second, explore the possible role of different mechanisms
responsible for the observed salinity changes, such as precipitation and evaporation, windforcing and baroclinic instabilities; third, quantify the number of rivers necessary to explain
the along-shelf freshwater transports observed at the NH-line, accounting for the freshwater
loss to the deep ocean. The remaining sections of this paper consist of Data and Methods,
followed by Results, Discussion and to finalize, the Conclusions.

3.3 Data and Methods
3.3.1 Glider surveys
Glider surveys were conducted along the Newport Hydrographic line (NH-line), nearly
continuously since 2006, by the glider research group at Oregon State University (http://
gliderfs2.coas.oregonstate.edu/gliderweb/). In this paper, all the analyses are done
using data from the downwelling season, defined following Pierce et al. (2006) (available at
http://damp.coas.oregonstate.edu/windstress). The NH-line is located off Newport,
Oregon, along 44.65◦ N (Fig. 3.16), and the glider data used here were collected between
2-80 km offshore. Slocum gliders from Teledyne Webb Research (Schofield et al., 2007),
were used in the operations, deployed near the coast (2 km) using the OSU research vessel
R/V Elakha, near the 25-30 m isobaths. The gliders navigate at horizontal speeds between
0.16-0.26 m s−1 , taking nearly 3-5 days to complete the 80-km cross-shelf transect, surveying
from the ocean surface to within about 3 m of the sea floor or to a maximum depth of 200
m offshore of the shelf.
Data used in this work consists of temperature, conductivity and pressure (Sea-Bird
Electronics, Inc. SBE-41CP), collected by sensors carried on board the gliders. Spikes
from temperature and conductivity were removed and then salinity was estimated from
conductivity and temperature by applying a thermal lag correction to the conductivity
data following Garau et al. (2011). Afterwards, density was calculated from temperature,
salinity and pressure, using the EOS-80 equation of state. Temperature, salinity and density
fields were linearly interpolated to a grid of longitude versus depth, with 2 meters of vertical
resolution, and the horizontal resolution varying between 0.4-1 km, to be consistent with
the glider surfacing distances increasing offshore. Then, to smooth the fields, the data were
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re-interpolated using Barnes objective analysis (Barnes, 1994), with a decorrelation scale of
5 meters in the vertical and 5 kilometers in the horizontal, which is approximately the local
internal Rossby radius of deformation. The 5 kilometers spatial scale is equivalent to a filter
with a time scale between 5.6-9.4 hours. For more details on the OSU glider operations
along the NH-line, please refer to Mazzini et al. (2014).

3.3.2 Winds, sea level, currents, precipitation and river discharge
Wind velocity data, at hourly resolution, were obtained from the coastal station NWPO3
(44.6◦ N 124◦ W) at Newport, Oregon, from the National Oceanic and Atmospheric Administration’s (NOAA) National Data Buoy Center (NDBC) (Fig. 3.16). Wind stress was
computed based on Large & Pond (1981). Due to a data gap of nearly 20 days during the
2006-2007 downwelling season in the NWPO3 record, additional wind data from NDBC
buoy 46050 (44.65◦ N 124.53◦ ), located 20 nautical miles offshore, was also used.
Sea level hourly data were obtained from the NOAA tide gage at South Beach, OR,
(Station ID: 9435380, 44.62◦ N 124.04◦ W). Current measurements were obtained from a
downward looking Acoustic Doppler Current Profiler (ADCP) attached to the surface buoy
NH10 (44.65◦ N 124.3◦ W). Gaps in ADCP data near the surface were filled using a slab
model, and gaps near the bottom were filled by linearly extrapolating from the last good
ADCP bin to zero at the sea floor. Wind stress, current velocities as well as sea level, were
low-pass filtered (40 hours cutoff) to remove tidal and diurnal frequency signals, and then
were daily averaged.
Surface currents from land-based high-frequency (HF) radar were obtained from OSU’s
Ocean Currents Mapping Lab (http://bragg.coas.oregonstate.edu). The data are collected hourly by an array of 11 shore-based HF-radars from Loomis Lake, WA (46.438◦ N) to
Crescent City, CA (41.788◦ N), then the data are detided and daily averaged, with a spatial
resolution of 6 km.
Precipitation, air temperature, relative humidity, barometric pressure and wind speed,
sampled every 15 minutes, were obtained from the Meteorological Tower (44.62◦ N 124.04◦ W)
at the Hatfield Marine Science Center (http://hmsc.oregonstate.edu). Freshwater from
cumulative evaporation minus precipitation were then estimated based on bulk formulas
following Fairall et al. (1996).
Daily discharge data from the rivers Columbia, Nehalem, Tillamook, Nestucca, Siletz,
Alsea, Siuslaw, Umpqua, Coquille, Rogue, Chetco, Smith and Klamath were obtained
from the U.S. Geological Survey; and from the Yaquina river was obtained from Ore-
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gon Water Resources Department. To account for discharge in the entire basins, the discharges were multiplied by the total drainage basin areas of each river divided by the
drainage area relative to each gauge. Information about the river gauges can be found in
http://waterdata.usgs.gov/or/nwis, and about the rivers at Percy et al. (1974). By
doing this extrapolation, only less than 4% of freshwater inflow into the ocean is missed
from ungaged rivers, between the Klamath basin and the NH-line. River discharge data
were interpolated to hourly time intervals. The location of the NH-line, NWPO3 and NH10
stations, and rivers along the OR and northern CA coast are shown in Fig. 3.16.

3.3.3 Defining the Oregon Coastal Current
The isopycnal that separates the OCC from the continental shelf waters offshore was
defined by the density value, ρo , located at a specific fraction of the maximum surface
density gradient in the offshore direction:

∂ρ
∂x |

∂ρ
= γ1 ( ∂x
)max (Figure 3.17). Sensitivity tests

for the choice of γ were conducted by Mazzini et al. (2014), and the value of γ = 10 was
found to be a robust choice and, therefore, is used here. Then, an exponential function of
the form:
−

h(x) = H[1 − e



x+Wp
R



],

(3.20)

was fitted to the isopycnal positions, where z = −h(x) is the vertical position of the front as
a function of distance from the coast, x = −Wp is the position of the front at the surface, R
is exponential function decay rate, and z = −H is the layer depth far away from the front
(x → ∞). Other parameters from the OCC used in this paper are: the maximum plume
thickness hp , located where the OCC front intersects the bottom; Ws which is the width of
the OCC that is not in contact with the bottom; Wb which is the width of the OCC which
is in direct contact with the bottom; and the OCC density and salinity, ρp and sp , defined
as the minimum density and salinity values within the OCC (Figure 3.17). The use of eq.
3.20 was motivated by the fact that it has the same form as the solution for the Rossby
adjustment problem using a reduced-gravity model (Cushman-Roisin & Beckers, 2011), and
allow the extrapolation of the OCC characteristics inshore of the front, especially hp , at the
same time providing an objective way of defining OCC geometrical parameters.
Eq. 3.20 was fitted by a numerical algorithm that minimized the root mean square error
(RMSE) between the function and data, and three parameters were determined: Wp , R,
and H. A series of tests were conducted by varying each of the three parameters, Wp , R,
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and H, by ± 10%, to address the uncertainty in the fit. This is done because eq. 3.20
is nonlinear, and there is no analytical solution for uncertainties of the fitted parameters.
The fits were only done in glider transects which had the maximum absolute cross-shelf
density gradient observed at the surface of at least 0.05 kg m−3 km−1 , and the minimum
density (and salinity) located inshore of this maximum absolute gradient This ensures that
the buoyant plume is adjacent to the coast, resulting is a total of 67 transects used in this
analysis.

3.3.4 Freshwater Estimate
Two different quantities characterizing freshwater will be used in this analysis: the
freshwater anomaly (FW) and the freshwater area (FWA). Freshwater anomaly will be
defined as:
FW =

so − s(x, z)
,
so

(3.21)

where s(x, z) is the measured salinity, so is the reference salinity, with chosen value of
so = 32.5, as adopted by Barnes et al. (1972), in a study of Columbia River influenced
water. The freshwater area is obtained by integrating the freshwater anomaly vertically
and horizontally:
Z Z

FWA =

so − s(x, z)
dx dz,
so

(3.22)

where FWA is in units m2 , therefore freshwater area.

3.3.5 Velocities and Transports
Three different mechanisms contribute to the alongshelf velocities and transports of the
OCC: the geostrophic, or buoyancy-driven (vb ), the wind-driven (vw ), and the Davidson
current (vD ). The Davidson current is the name commonly given to the broad, large-scale
poleward flows that are observed during the fall/winter off the west coast of the U.S..
Typically found north of Point Conception, the Davidson Current gets as wide as 300
km, off the Oregon and Washington coasts. Further details about the Davidson Current
can be found on Hickey (1979). The calculations follow Mazzini et al. (2014), in which
a two-layered approximation for the estimation of the velocities and transports was used.
However, the authors showed that the model overestimates the buoyancy-driven component
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(vb ), since the model does not account for continuous stratification (e.g. Pimenta et al.,
2011), therefore this term will be computed differently. The geostrophic or buoyancy-driven
velocities, vb (x, z), were estimated by applying the dynamic method, using the salinity
and temperature fields from the glider transects. The level of no-motion was chosen to
be the OCC front, determined by eq. 3.20. The wind-driven velocity was estimated as
vw = τoy /ρo r, assuming a frictional balance following Lentz & Largier (2006), where r is a
linear drag coefficient, and τoy is the along-shelf wind-stress. Mazzini et al. (2014) showed
that the OCC characteristics are better correlated to the windstress filtered by a 1-sided
exponential decay filter (Austin & Barth, 2002b):
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dt0
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(3.23)

dt0

where k is number of days, and k = 4 is used here. Wk accounts for the time history of the
wind, and therefore is used here for estimating vw , instead of simply using the instantaneous
measure of the windstress τoy .
The linear drag coefficient r, and the Davidson Current vD , were estimated by a linear
regression analysis between depth and daily averaged currents from the NH10 mooring
(vN H10 ) and daily averaged wind stress (τoy /ρo ) obtained from the coastal meteorological
station NWPO3: vN H10 =

τoy
ρo r

+ vD , where r is the inverse of the slope (1/slope), and vD ,

the intercept. Values obtained from the regression analysis were vD = 0.026 m s−1 with
upper and lower 95% confidence interval limits of vD = 0.045 m s−1 and vD = 0.007 m s−1 ,
respectively, and r = 9.7×10−4 m s−1 with upper and lower 95% confidence interval limits
of r = 12×10−4 m s−1 and r = 8.1×10−4 m s−1 , respectively.
The total velocity of the OCC (v(x, z)) was calculated by assuming that the buoyancy-,
the wind- and the Davidson-driven velocities can be linearly added: v(x, z) = vb (x, z)+vw +
vD . Finally, the freshwater transport was calculated by integrating the velocities multiplied
by the freshwater anomaly (FW):
ZZ

Qf resh =

s0 − s(x, z)]
v(x, z)
dx dz.
s0




(3.24)

In the region inshore of the glider transect, the salinity was extrapolated to the coast
by reproducing the measured value closest to the coast, for each depth. The freshwater
transport was then estimated by multiplying the OCC velocity by the freshwater anomaly,
and integrated numerically.
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3.4 Results
3.4.1 Surface salinity evolution during Fall-Winter from 2006 to 2012
Time series of the evolution of surface salinity, as well as wind stress and summed river
discharge from the Southern Coastal Rivers, which will be referred to as “river discharge” or
just “discharge” from now on, for simplicity, are presented in Fig. 3.18. A total of 67 glider
cross-shelf transects are used in this analysis, however these observations are not evenly
distributed throughout time: a larger number of data points are seen in 2006-2007, with 17
points, followed by 2011-2012, with 16, then 2010-2011 with 14, 2007-2008 and 2009-2010
with both 9, and 2008-2009 with the least number of observations, only 2. During the years
surveyed by the glider operations, the observed salinities vary from nearly 30.4 to slightly
above 33. The lowest salinity values are usually observed near the end of the downwelling
season, slightly before the spring transition, while the highest salinities are usually observed
earlier in the downwelling season. This behaviour is particularly evident in 2006-2007, 20072008, and in 2011-2012, with the latter presenting some increase in salinity in January and
February, before finally decreasing.
The observed rapid decrease in salinity, occurs within 1-2 months before the spring
transition, and are not, in general, directly related to river discharge. For example, in
2006-2007 the decrease in salinity occurs during low discharge, less than 1.5-2 x103 m3 s−1 ,
with the exception of one outlier, in January, after the largest discharge peak observed
within that season, above 13.5 m3 s−1 , but the salinity increases again to its previous value
in the next following observation, later in March. A clear exception to this pattern can
be seen in 2010-2011, when variation of salinity are not apparent after mid-January. The
decrease in salinity however appears to occur during relaxations in the wind stress. For
2006-2007, 2007-2008 and 2011-2012, the wind significantly decreases in magnitude toward
the end of the downwelling season, with the highest peaks reduced by at least a factor of five
compared to the rest of the season. This is clearly not the case for 2010-2011 when winds
still can reach values above 0.26 N m−2 in the last month, and the changes in wind direction
from downwelling- to upwelling favorable occurs more abruptly at the spring transition, as
opposed to a slower decay, as observed in 2006-2007, 2007-2008 and 2011-2012.
The fact that the decrease in the salinity is in general observed during periods of calm
winds, raises the hypothesis that eddy fluxes from the freshwater-driven OCC, play a major
role in the offshore freshwater transport. These eddies, driven by instability processes, are
likely to be buffered by onshore Ekman transport during periods of significant downwelling
favorable winds (e.g. Weingartner et al., 2005; Williams et al., 2007).
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3.4.2 Observations during Fall-Winter of 2006-2007
The time series of wind stress, river discharge and freshwater transports, as well as
glider transects showing the evolution of the Fall-Winter of 2006-2007, are presented in Fig.
3.19. The choice to focus on this period is because there is a higher temporal coverage of
the glider data set as well as that, on average, the glider transects extend farther offshore.
These longer glider sections capture interesting details of salinity structure that will become
evident and will be discussed later.
The end of upwelling season, or fall transition, occurred in 31 of October 2006 according
to Pierce et al. (2006), and a shift in the wind direction is evident after this date, from
predominantly upwelling- to downwelling-favorable. Not only does the direction changes,
but also the wind stress magnitude, especially for the months of November and December
of 2006. During this time, the wind stress can reach values above 0.4-0.5 N m−2 , a factor
of at least 2-10 times larger than the magnitudes observed during October, the last month
of upwelling season. A decrease in wind stress magnitude occurs in 2007, when peaks are
rarely above 0.2 N m−2 , and direction reversals to upwelling-favorable occur more often and
sustained for longer periods. The calmest times are seen in the second half of January, with
average wind stress of 0.006 N m−2 , and between mid March until the end of downwelling
season, by April 27 of 2007, with average wind stress of 0.017 N m−2 .
The discharge during the end of the upwelling season is low, typically less than 250 m3
s−1 , and slowly starts to increase 2-3 days after the fall transition. The discharge usually
varies between 1-5 x103 m3 s−1 , with a few exceptionally high peaks during December,
reaching above 10 and 13.5 thousands of m3 s−1 , and in January, above 7 x103 m3 s−1 .
Discharges become roughly constant after the beginning of April, around 1.5 x103 m3 s−1 .
Estimated along-shelf freshwater transports at the NH-line are, in general, much lower
than the freshwater input from the rivers, about 25-50% less. This demonstrates that there
is a net loss of freshwater to the coastal ocean, and not all the freshwater stays in the coastal
current. Two exceptions to that are seen in April, when the transports are 50-60% higher
then the outflow from the rivers. This is quite a surprising result, especially due to the
fact that wind stress is lower on average during the month of April, therefore it would be
expected that the northward freshwater transport would be lower, since the wind-driven
component of the transport is lower. The reason for this mismatch will be explained later.
In the following, a series of glider transects are described in detail to illustrate the
seasonal evolution of the salinity field over the Oregon shelf. The first glider transect,
right in the beginning of the downwelling season, shows isohalines tilted upward towards
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the coast, with lower salinities, between 32.6-32.7, offshore in the upper 25-30 meters of
relatively homogeneous water column, while below, salinity falls to 33-33.8 between 50-100
meters. Those are typical features of upwelling conditions, and demonstrate that there is
a time lag between the wind reversal and the ocean response in the salinity field (as well
as temperature and density, not shown). It is important to emphasize that the glider takes
between 3-5 days to complete a transect, so the time response between ocean state and
wind field must be interpreted with this in mind.
The second glider transect, about a week after the fall transition, shows the initial
appearance of the OCC, and that the low salinity waters in the upper layer are not confined
offshore anymore, but have propagated all the way to the coast. This occurs presumably as
a response to Ekman transport due to downwelling favorable winds, with isohalines tilted
downward approaching the coast. Initially, the coastal current is relatively narrow, about
13.2 km wide, and thin, nearly 20 meters thick. The isopycnal that traces the OCC is
co-located with the 32.5 isohaline.
In mid-December, over a month later, the upper nearly homogeneous fresh layer has
significantly increased in depth, to 60 meters offshore and to nearly 100 meters inshore,
where it intersects the bottom of the continental shelf. This increase in the upper fresher
layer is due to the persistent downwelling favorable winds which bring Columbia Riverinfluenced waters toward the coast, that were accumulated offshore during the upwelling
season. A combination of wind and wave mixing, as well as the increased rainfall during this
time of the year, deepens the upper mixed layer. The OCC has increased both its width, to
15.5 km, and its thickness, to 33.3 meters, increasing its cross-shelf area, as a response to
increased river discharge. The isopycnal that traces the coastal current is co-located with
the 32.5 isohaline in the upper 10-15 meters in the water column, but the contours diverge
below that, with the 32.5 isohaline located farther offshore, especially near the bottom.
By mid-January, after 3.6 days of weak upwelling favorable winds, with typical magnitude of 0.05 N m−2 , the coastal current is located farther offshore, widening to 22.7 km,
and thinning out to nearly 14.2 meters. The coastal current maximum thickness however is
not located in its most inshore region, indicating that it was starting to separate from the
coast, likely as a response to offshore Ekman transport. The 32.5 isohaline is located farther
offshore and about 10-15 meters deeper than the isopycnal that traces the coastal current.
This indicates that the continental shelf waters offshore of the OCC are freshening. Low
salinity waters can also be seen in the offshore corner, at the surface, however the glider
transect does not extend further offshore to look at the structure of these waters, which are
separated from the coastal current (at least in a two-dimensional sense).
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The next survey happened nearly two months later, in mid-March. The coastal current
was nearly 22.3 km wide and 43.4 meters thick, and the isopycnal which traced the coastal
current matched again the 32.5 isohaline. Farther offshore, the presence of freshwater is
evident by the 32.5 contour, detached from the coastal current, pointing out the possibility
of three-dimensional effects such as instabilities, which could generate filaments and eddies,
and detach freshwater from the coastal current.
By April, following a long period of weak winds as mentioned before, transects separated
by nearly 10 days apart, reveal very slight differences of the coastal current characteristics
between them, with the first transect showing the coastal current being 21.3 km wide and
34.5 m thick while the second one 20.1 km wide and 32.3 m thick. The most interesting
feature however, is that for both cases the isopycnal tracing the coastal current is not colocated with the 32.5 isohaline. Now it is possible to see that the 32.5 contour of salinity
has a cross-sectional area larger than that of the coastal current, and increases with time,
propagating offshore on the surface at a rate of nearly 2 km per day.
Finally, on 5 May, the first transect shown during the upwelling season, nearly 7-10 days
after the spring transition, shows the coastal current being detached from the coast, and
the inner-shelf waters being replaced by high salinity waters from below, as a response to
upwelling circulation. Two weeks later, on 22 May, the freshwater is encountered farther
offshore, as a response to the cumulative upwelling favorable winds. An increase in the
freshwater content is observed, now extending all the way offshore of the glider transect,
revealing southward advection of the Columbia River plume.

3.4.2.1 Offshore freshwater increase
In order to quantify the observed freshwater increase offshore of the OCC, the freshwater
area (FWA) located offshore of the OCC, was calculated using eq. 3.22, and is shown as a
function of time, in Fig. 3.20. Due to the difficulties in trying to quantify the freshwater
observed offshore of the OCC as a result of the limited spatial extent of the glider transects,
it was chosen to focus only on the portion of freshwater that is effectively attached to the
OCC, in which the transects fully covered these features. The cumulative along-shelf wind
stress is also shown, with its integration starting in the beginning of November.
The cumulative wind stress helps to visualize and characterize events of wind relaxations
and reversals (Fig. 3.20). Three relaxation periods are evident: the first, lasting for nearly
12 days at the end of November and beginning of December, the second, of nearly a month
during January, and the third, the longest, lasting around a month and a half, lasting from
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12 March until the spring transition.
The increase in freshwater area, is only seen during those relaxation events, starting
a week to two weeks after the transitions in wind conditions occur. For the first event,
during the end of November and the beginning of December, 10 days after the relaxation
occurred, the freshwater area is still zero, and only increases to 0.4 x103 m2 by the 14 of
December, right at the end of the relaxation event. The second event, in January, has
only one data point, with 10.7 x103 m2 of freshwater, nearly 17 days after the transition
was observed. During this relaxation event, two cloud free days allowed us to visualize the
spatial variability of the OCC using satellite remote sensing (Fig. 3.21). The images were
taken two days apart, during 12 and 14 of January. The first image, shows the Columbia
River Plume’s bulge distorted to the north, indicating northward advection, and southward
of that, the OCC, with significant alongshelf variability and features resembling filaments
elongated offshore (e.g. in the southern limit of the map, and offshore of Smith, Coquille,
Yaquina and Nestucca), as opposed to a uniform alongshelf structure. These surface images
reveal the considerable two-dimensional mesoscale variability of the OCC. On 14 January,
only two days later, it is possible to observe a drastic change, the Columbia River Plume’s
bulge is not distorted to the north anymore, but more radially distributed, as would be
expected of a typical plume in the absence of wind forcing (Fong & Geyer, 2002), while
the elongated filaments of the OCC have turned into well developed meanders, 4-5 along
the coast, with length scales of typically 55-75 km, deformed according to an anticyclonic
sense or rotation. These observations agree with the eddies predicted by two-layer quasigeostrophic model of baroclinic instability (Phillips, 1954), with length scale given by λ =
2πRo , where Ro is the Rossby radius of deformation, adopted here as Ro =

p

g 0 hp /f , where

g 0 = g(∆ρ)/ρo = g(ρo − ρp )/ρo is the reduced gravity, and f the Coriolis parameter. Using
∆ρ of 1-2 kg m−3 and hp of 30 meters (Mazzini et al., 2014), leads to λ of 52-74 km. While
suggestive from the satellite images, the relationship between the meander scales and their
location to the topographic variability is unclear. The satellite images also show that off
the Yaquina river and along the NH-line, the OCC waters extend up to approximatelly the
200-m isobath, coinciding with the offshore extent of freshwater (32.5 isohaline) from the
glider transect on the 13-Jan-2007 (Fig. 3.19), demonstrating the validity of ocean color to
track the OCC.
Unfortunately during first and second relaxation events, there are very few observations,
and it is not possible to compute a good estimate of the rate of increase of the freshwater
area. Our analysis therefore focused on the third and longest relaxation event, in which
data from eight glider transects are available. A large range of values of freshwater area are
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observed during this period, from 0.2 x103 m2 at the very first observation, two days after
the wind transition, to a maximum value reaching 22.3 x103 m2 , a month after the wind
relaxation event takes place. A linear regression analysis done over the eight observations
in March and April reveals an increase rate of 0.4 (±0.3)×103 m2 day−1 .
Additional cloud free days enabled the use of satellite remote sensing images, as well as
surface currents derived from HF-radar data, during this period (Fig. 3.22). The images
were taken during the 2 and 5 of April, three days apart, and both images show that the
currents flow to the south, roughly following the topography (the shelf break indicated by the
200 m isobath), with velocities varying between 0.1 and 0.5 m s−1 . The OCC is not clearly
visible in the satellite image, due to low sediment concentration, possibly due to a reduction
in the rainfall and river discharge during the month of April, which can be seen in Fig. 3.18.
It is possible to see that the Columbia River Plume is being persistently advected towards
the south, for both images, and the first image shows also a northward flowing branch, which
is not possible to observe in the second image due to cloud contamination. These images
closely resemble numerical results from Garcia Berdeal et al. (2002), in simulations of the
Columbia River Plume under the influence of southward ambient flow. The winds during
this period however were very weak, with average daily values of -0.03 (upwelling-favorable)
and 0.01 N m−2 (downwelling-favorable), during the times of the first and second images,
respectively. Under these conditions, the wind forcing is not strong enough to overcome the
buoyancy forcing and reverse the Columbia River Plume to the south, according to both
observations (Huyer, 1977) and model results (Garcia Berdeal et al., 2002). A plausible
hypothesis for the CRP reversal could be due to southward currents generated throught
remote forcing. Upwelling favorable winds south of Cape Mendocino can trigger coastal
trapped waves (e.g. Brink, 1991), which can travel northward and lower the sea level near the
coasts off Oregon and Washington, generating equatorward geostrophic currents (Battisti
& Hickey, 1984). These satellite images (Fig. 3.22), reveal that the observed freshwater
offshore of the OCC as shown in Fig. 3.19, on the glider transects from 12 and 21 of April,
are likely the CRP coming from the north and interacting with the OCC.

3.4.3 Remote Forcing of the CRP
To better understand the reversal of the CRP prior to the wind-based spring transition,
wind stress and sea level, with its cumulative products, as well as surface velocities from
HF-radar and depth averaged velocities from the NH-10 mooring, are shown in Fig. 3.23.
Results are shown not only for 2006-2007 but for all the study years between 2006 and
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2012. The cumulative wind stress makes it clear when the spring and fall transitions happen
according to Pierce et al. (2006), when the rate of change of cumulative wind stress changes
sign, usually coincident with the maxima and minima of the curves.
Dates from the transitions in the sea level, defined here as the maxima in the cumulative
sea level, are presented in table 3.1, and marked on Fig. 3.23, as well as on Fig. 3.19. During
2011 and 2012, the change in sea level occurs near simultaneously to the spring transition
in local winds, within only 2-4 days apart. This is not the case however for all the other
years investigated here, when the transition in sea level occurs between 1 and 2 months
prior to the spring transition. The same is also observed in surface (and depth averaged)
currents, which are better correlated with sea level (0.87 statistically significant at the 95%
confidence level), than with local winds (0.64 statistically significant at the 95% confidence
level). The fact that the transitions of sea level and currents occur prior to the spring
transition in local winds, makes evident the role of remote forcing (e.g. Kosro et al., 2006;
Hickey et al., 2006).
The rapid decrease in salinity observed in 2006-2007, 2007-2008 and 2008-2009 (Fig.
3.18), was observed after the RFST happened, and was associated with persistent southward
currents. The reversal of the CRP as show in Fig. 3.22, was also observed under these
conditions, which indicates that remote forcing can significantly modify the CRP dynamics.
The remotely forced currents over the shelf are strong enough to overcome the buoyancy
forcing and the natural tendency of the CRP to propagate northward, and reverse it to
the south, even before the spring transition. Based on these two clearly different regimes
controlling the shelf dynamics, before and after the RFST, the evolution of the salinity field
and freshwater during these two periods will be studied separately.

3.4.4 Shelf Freshening
The time evolution of surface salinity just offshore of the OCC (at x = −Wp , z = 0, see
Fig. 3.17) is shown by Fig. 3.24 along with wind stress and surface currents from HF radar
averaged over an area with a 20 km radius around the NH-10, for each observation. The
time is referenced to the RFST, with positive numbers indicating after the transition, and
negative, prior to it.
The majority of observations show northward winds, with exceptions found especially
in the very beginning of downwelling season as well as after the RFST. Within the first
20-30 days after the RFST, average winds are still northward, and only after that there
is an increase of winds blowing southward, however they do not reach beyond 0.2 N m−2 ,
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roughly less than one third to half of the magnitude observed for northward winds prior to
the RFST.
Surface currents follow similar behavior as the winds prior to the RFST, mostly northward, with the exception of during the beginning of downwelling season. However, right
after the RFST, the currents clearly shift directions, from northward to southward on average, and can reach magnitudes up to 0.3 m s−1 , comparable to northward currents during
downwelling season, of maximum 0.4 m s−1 .
The salinity decreases both before and after the RFST, however with different rates:
-2.6(±2.5)x10−3 day−1 before the RFST, and -1.3(±1.2)x10−2 day−1 after the RFST. Despite the fact that the rates are not statistically different at the 90% confidence level, the
differences in currents and sea level before and after the RFST still justifies the analysis of
those periods separately.
A more detailed analysis of the salinity evolution is shown in Fig. 3.25. The time
rate-of-change of the average salinity within the upper ocean as a function of distance from
the OCC are presented, for both before (top) and after (bottom) the RFST. The upper
ocean was defined here as the water column above the pycnocline, defined by the maximum


average Brunt-Vaisala frequency, N ≡ −gρ−1
0 (ρ0 )z

1/2

. According to our observations,

the potential density that coincides with maximum stratification is the isopycnal of 1025.6
kg m3 , located at 80.4 (±17.9) meters. The rate-of-change of salinity at the surface as a
function of distance from the OCC is also plotted for comparison.
After the RFST, just offshore of the OCC the rate-of-change of salinity is -0.82x10−2
day−1 , and decreases to a minimum of -0.28x10−2 day−1 nearly 22 km offshore, then beyond
that it oscillates around 0.5x10−2 day−1 , not statistically different than zero, at the 90%
confidence level. The variability in the cross-shelf direction is not as clear as before the
RFST, however the rate-of-change of salinity at the surface is consistently larger than the
depth averaged rate, reaching up to values of -2x10−2 day−1 . This emphasizes the role of
the north-south advection of the CRP which is controlling the salinity change during this
time, confirmed by Fig. 3.22, confining largest changes near the surface to nearly 60 meters
deep, where the CRP is located, as can be seen in the glider transects during 12 and 21 of
April 2007, in Fig. 3.19.
Prior to the RFST, it is possible to observe a decrease in the rate-of-change of salinity,
from a value of -2.3x10−3 day−1 at the edge of the OCC to nearly zero at approximately 30.3
km offshore, and it remains around zero beyond that. A similar pattern is observed in the
surface salinity, which stays confined within the 90% confidence bounds, but reaches zero
at nearly 25 km offshore of the OCC. Therefore, there is a region in between the OCC edge
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and 25-30 km offshore, which is influenced by freshwater exported by the OCC. Added to
the width of the OCC, of 10-30 km, results in the total cross-shelf length scale of freshwater
influence, of between 35-60 km, from the coast. This is consistent with how far meanders
and filaments reach offshore according fig. 3.21, making evident their role in influencing the
salinity field off Oregon.

3.4.4.1 The role of Precipitation and Evaporation
A peculiar result found here is the lack of significant freshening far from the OCC
(beyond 30 km), as can be seen in Fig. 3.25, especially with the high rainfall rates in the
Pacific Northwest during fall and winter. Analysis of meteorological data at the coast reveals
a net freshwater accumulation from precipitation (P) minus evaporation (E) of 0.85 (±0.18)
meters by the end of the fall-winter seasons. Off northern California, James & Houze (2005)
found that the precipitation enhancement due to the effect of orography occurs in a region
of approximately 150 km from the crest of the Coastal Range. We assume that the rainfall
is spatially homogeneous, due to the proximity of the Coastal Range to the NH-line, and
the relatively small offshore distance in which the freshening is observed (35-60 km from the
coast), compared to the length scale of the enhanced orographic precipitation. The effect
that this accumulation of freshwater may have in the upper ocean salinity, can be estimated
by:
ds
=
dt
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1
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,
H +P −E
∆t


(3.25)

where ds/dt is the time rate-of-change of salinity, si is the initial salinity, chosen here as
33, H the upper ocean layer, 80.4 (±17.9) meters, ∆t a time interval, chosen here as the
duration of fall-winter, 180 days. This leads to an expected ds/dt of -1.98 (±0.53) x10−3
day−1 , and is shown in Fig. 3.25. The fact that there is no significant change in salinity
over the winter/fall seasons, reveals that there is no net accumulation of freshwater from
precipitation minus evaporation, and it is likely that this is caused by northward advection
by the Davidson Current, which may play an important role controlling the freshwater
budget.

3.4.5 Leaking Pipe Model
The freshwater transported through the NH-line (Qf resh , from eq. 3.24) by the OCC,
at a given time, may be expressed as a sum of freshwater discharged at earlier times from N
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rivers south of the NH-line (upstream) minus the net loss of freshwater to the deep ocean,
or “leakage”:
Qf resh (t) =

" N
X
n=1



Qrn

∆yn
t−
v(t)

#

− Lk ∆yN ,

(3.26)

where Qrn is the discharge from the n-th river upstream of the NH-line, ∆yn is the distance
between the NH-line and the n-th river mouth, v(t) is the spatial average speed of the
OCC at a time t, and Lk is the leakage or loss of freshwater in m3 s−1 per meter of the
OCC in the along-shelf direction. The number of rivers (N ) that contribute to the observed
freshwater transport at the NH-line (Qf resh ) can be determined by finding N that minimizes
the difference between the left and right sides of eq. 3.26.
The leaking pipe model (eq. 3.26), is shown schematically in Fig. 3.26, and it assumes
that all the freshwater from the rivers goes into feeding the pre-existent coastal current. This
implies that there is no bulge formation (e.g. Fong & Geyer, 2002) or upstream propagation
(e.g. Matano & Palma, 2010); that there are no significant along-shelf variations of the
coastal current characteristics (eg. velocity, transport, etc), which is consistent with the
approximation of multiple river sources to a line source (Williams et al., 2007), that changes
of the coastal current characteristics are slow compared to the time scale for a parcel of water
to be advected between the river mouth and the NH-line, and finally that the freshwater
loss is steady and homogeneous along the coastal current.
The leakage term, Lk , will be estimated directly from our data, and in this case does
not represent a single specific process, but the combination of all mechanisms driving the
net freshwater loss (e.g. winds, tides, internal waves, instabilities, etc). The term Lk , can
be interpreted as the time rate of change of freshwater area in the cross-shelf direction,
and can be approximated by Lk = (hL)/∆t, where h is the average height of freshwater
accumulated over the cross-shelf distance L, during the time interval ∆t. From Fig. 3.25,
we may obtain L, as the region where the ambient waters are influenced by the OCC, of
33.3 km. Now, the time rate of change of salinity ds/dt (from Fig. 3.25), and the freshwater
accumulated throughout the fall/winter h, are related by h ≈ −(H∆t/Si) × ds/dt, where
H is the depth in which the freshwater is distributed, ∆t a time interval over which the
freshwater is accumulated and Si the initial salinity. Taking H as the upper ocean layer,
80.4 meters, ∆t the duration of the fall/winter seasons, 180 days, Si of 33, and ds/dt
the mid-point within the region L, from Fig. 3.25 as -1.1x10−3 day−1 , plus the rate-ofchange due to precipitation minus evaporation, to account for the offset in the ds/dt due
to northward advection by the Davidson Current, results in -3.08x10−3 day−1 . Estimating
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the leakage Lk from the values described above, leads to 249.88 m2 day−1 .
By knowing Lk , it is possible to derive two other important parameters for the OCC:
the decay length scale Ld , which is how far it can propagate, given by Ld = Qf resh /Lk , and
the decay time scale Td , which is how long it can propagate, given by Td = Ld /v. Using
our observations, Qf resh = 853.2 ± 747.80 m3 s−1 , and v = 0.4 ± 0.25 m s−1 as the average
maximum velocities of the OCC from observations (prior to the RFST), results in the decay
length scale Ld of 295 (±258.56) km, and the decay time scale Td of 8.5 (±2.2) days.
Eq. 3.26 was used to calculate the number of rivers which can explain the observed
freshwater transports through the NH-line. Only data prior to the RFST were used (46
out of 67 glider transects), and to ensure significant northward flows, only fronts which had
average northward velocities of at least 0.1 m s−1 were used in this analysis (a total of 23
glider transects). Results from the pipe model (eq. 3.26) with and without leakage are
presented in Fig. 3.27. The river numbers refer to the the gauged coastal rivers south of
the NH-line (Fig. 3.16): 1-Yaquina, 2-Alsea, 3-Siuslaw, 4-Umpqua, 5-Coquille, 6-Rogue,
7-Chetco, 8-Smith and 9-Klamath.
Based on simply the average river discharges from the coastal rivers, shown in table 3.2,
ignoring any freshwater loss to the deep ocean, it is necessary to include between 4-5 rivers
to account for the transports through the NH-line obtained from glider data prior to the
RFST, of 800.3 (±729.6) m3 s−1 . However, to go beyond these average estimates with large
standard deviations, we will use the leaking pipe model, based on individual realizations
based on individual transport estimates and time-dependent river discharges.
For the case without leakage, the probability density function (PDF) of the number of
rivers reveal that their importance increase from river 1 to a maximum value observed at
river 3, of 0.275. This means that 27.5% of the transport observations through the NH-line,
can be explained by the sum of freshwater from rivers 1, 2 and 3. The PDF decreases
from river 3 to a minimum at river 7, then an increase is observed, in river 8 and 9, which
added together reach up to 23% of observations. A relatively large change occurs between
river 3 and 4, with their contributions reducing from 27.6% to 11.7% respectively. Nearly
44% of the observations can be explained by the sums of discharges of rivers up to 1-3.
The PDF of the number of days necessary to reach the farthest river source that explains
the transports through the NH-line shows a maximum at the 0-2 days class, of 23.5%, and
decrease to a minimum of 6.8% at 10-12 days. An increase is observed on 12-14 days class,
explaining 18.4% of observations. Nearly 44% of observations can be explained by times
within less than 4 days, and 54.6% of observations can be explained by times within less
than 6 days. The mismatch between the freshwater transports through the NH-line and
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the summed discharges from N rivers are quantified by the root mean squared error (rmse).
Our results show that over 62.7% of the rmse is within the <100 m3 s−1 class, then decays
rapidly reaching a minimum of nearly 2% at the 400-500 m3 s−1 class. An increase is then
observed in the 500-600 m3 s−1 class, reaching over 5.6%. PDF increases in both rmse at
high rates (500-600 m3 s−1 class), as well as in long number of days (12-14 days class) are
related to the increases in the number of rivers, specially the rivers 8 and 9.
For the case including leakage, a shift to the right is observed in all PDFs: number of
rivers, days, and rmse. For the number of rivers, river 1 solely has a nearly nil contribution
now (nearly 1%), and rivers 2 and 3 decreased their contributions, while river 4 increased
to 16%. The second lowest contribution is from river 6, with 3.4%, and the maximum
contribution now comes from river 9, accounting for 32.2% of observations. A relatively
large change occurs between river 4 and 5, with their contributions reducing from 16% to
5.3% respectively. Summing up discharges from rivers up to 4 explain nearly 44% of the
freshwater transports through the NH-line. The 12-14 days class, has now has the largest
contributions, reaching up to 34.6%, of observations. Nearly 32.6% of observations can be
explained by times within less than 4 days, and 43.7% of observations can be explained
by times within less than 6 days. Associated to the increase in the importance from the
farthest rivers, 8 and 9, and the largest number of days, between 12-14, there is an increase
in the rmse. It is observed a decrease in the relative contribution of low rmse classes, of
0-200 m3 s−1 , while there is an increase in the higher rmse classes, 200-600 m3 s−1 , with
the 500-600 m3 s−1 class reaching up to 15.1%, over 2.5 times larger than the pipe model
without leakage.
In both cases, with or without including the leakage term in the pipe model (eq. 3.26),
over 44% of observations of freshwater flux through the NH-line, can be explained by using
only 3-4 rivers, reaching as far as the Siuslaw or Umpqua rivers. After the Umpqua, the
next upstream river is the Coquille, with a large gap in between them, of nearly 60 km (Figs.
3.26 and 3.16). This coincide with the enhanced decay in relative contribution from the
Umpqua to the Coquille river on the pipe model with leakage. The second largest distance
occur between Umpqua and Coquille, of 60.6 km, and coincides with the enhanced decay in
the relative contribution between them, on the pipe model including the leakage term. The
Siuslaw and Umpqua rivers are located at approximately 70 to 110 km from the NH-line,
which is nearly 25-35% of our predicted decay length scale Ld . Based on the distances
from these rivers and the NH-line, and using again the average maximum velocities of the
OCC from observations (prior to the RFST), leads to an advective time scale of 2.1-3.2
days. Windstress decorrelation time scales for fall/winter (not shown), lie in between 4-6
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days, therefore the steadiness assumed in our pipe model (eq. 3.26) breaks down for periods
longer than that. In this case, the OCC characteristics, including transport and velocities
are significantly modified, and it is not expected that the freshwater fluxes through the
NH-line would match the original river sources.

3.5 Discussion
3.5.1 Mechanisms Responsible for the Shelf Freshening
Motivated by the efficiency that that upwelling favorable winds have in fluxing freshwaters offshore in coastal currents (Fong & Geyer, 2001; Lentz, 2004; Pimenta & Kirwan,
2013), and by the intense mesoscale activity revealed by satellite remote sensing images of
the OCC (Fig. 3.21), both wind- and eddy-driven freshwater fluxes will be computed here
to verify their possible role in causing the observed freshening offshore of the OCC.

3.5.1.1 Ekman freshwater flux
Upwelling favorable winds can advect freshwater from the OCC to the adjacent ocean
waters offshore. We will refer to this mechanism as Ekman freshwater flux, F W FEkman ,
which can be computed as the Ekman transport multiplied by the freshwater anomaly (FW,
eq. 3.21):
F W FEkman =

τoy
so − sp
×
.
ρf
so

(3.27)

By using only southward, upwelling-favorable winds, the average offshore Ekman transport in fall and winter (6 months), between 2006-2012, is 6.7 (±1)x103 m2 day−1 . Taking
the average OCC salinity (averaged over the OCC areas), of 31.53 (± 0.64), leads to an
estimate of the F W FEkman of 199.97 (±117.97) m2 day−1 .
Assuming that the freshwater exported offshore by the F W FEkman during fall/winter, a
period ∆t of 180 days, is mixed in the ocean upper layer H and does not return to the OCC,
that its influence is confined within a cross-shelf distance L of 33.3 km, where the salinity
change offshore of the OCC is observed (Fig. 3.25), its effect in the time rate-of-change of
salinity can be estimated by:
ds
si H
1
=
− si
.
dt
H + (F W FEkman ∆t)/L
∆t




(3.28)
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A calculation using eq. 3.28 results in the rate of change of salinity of due to F W FEkman
of -2.51 (±1.38)x10−3 day−1 , and is shown in Fig. 3.25.

3.5.1.2 Cross-shelf eddy freshwater flux
The cross-shelf eddy density flux due to baroclinic instabilities on a two-layer quasigeostrophic model can be the parameterized as proposed by Spall & Chapman (1998):
u0 ρ0 = ce Vm ∆ρ,

(3.29)

where u0 and ρ0 are deviations from the temporal or spatial mean cross-front velocity and
density, overbar denotes the time or spatial average, ∆ρ is the density difference between the
coastal current and the adjacent ocean waters, Vm is a scale for the coastal current baroclinic
velocity, and ce is the efficiency constant. The authors found that ce varies between 0.02
and 0.04 for a wide range of parameters tested by numerical simulations.
By assuming that the contribution of cross-front temperature gradients to ∆ρ are small
and using a linear equation of state, the cross-shelf eddy freshwater flux can be re-written
as (e.g. Weingartner et al., 2005):
u0 ρ0
ce Vm ∆ρ
ce Vm ∆s
=
=
,
βso
βso
so

(3.30)

where β is the haline contraction coefficient (0.79 kg m−3 psu−1 ), ∆s the the salinity
difference between the coastal current and the adjacent ocean waters, and so is the reference
salinity, adopted here as 32.5 following Barnes et al. (1972). Finally, the offshore transport
of freshwater (in m3 s−1 per along-shelf meter of coastal current) driven by eddies, or the
eddy freshwater flux, F W FEddy , can be found by integrating eq. 3.30 vertically between
the foot of the front (hp ) and the ocean surface:
Z 0

F W FEddy =

−hp

u0 ρ0
ce Vm ∆shp
dz =
.
βso
so

(3.31)

By using information derived from the glider data: ∆s of 0.63 (±0.31) (ocean salinity
minus average salinity of the OCC), hp of 29.43 (±13.11) meters, and Vm using the maximum
geostrophic velocity observed for each measurement of the OCC, 0.24 (±0.15) m s−1 it is
possible to estimate F W FEddy using eq. 3.31. The F W FEddy in this case is 354.89 (±328.65)
m2 day−1 .
Using similar assumptions as for the F W FEkman : that the freshwater exported is mixed
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in the ocean upper layer H and does not return to the OCC, that its influence is confined
within a cross-shelf distant L offshore of the OCC, the effect of F W FEddy in the rate-ofchange of salinity can be estimated by:
ds
=
dt

!

si H
1
− si
.
H + (F W FEddy ∆t)/L
∆t

(3.32)

A calculation based on eq. 3.32 results in a time rate-of-change of salinity of -4.35
(±3.60)x10−3 day−1 , and is shown in Fig. 3.25.
The results presented above, obtained by using eq. 3.28 and 3.32, for the F W FEkman and
F W FEddy , have the same order of magnitude as the observed time rate-of-change of salinity
just offshore of the OCC, of -2.3 (±1.38)x10−3 day−1 , and fall within its 90% confidence
levels, being statistically indistinguishable (Fig. 3.25). By shifting the observed time rateof-change of salinity by the ds/dt resulting from precipitation minus evaporation, to account
for northward advection by the Davidson current, would still not significantly change the
results, and therefore our interpretation. A spatial pattern with higher complexity for both
the F W FEkman and F W FEddy , motivated by the observed time rate-of-change of salinity,
which varies from zero at a distance L and increases linearly to a maximum just offshore of
the OCC, could also be derived. However, we have chosen not to do so, since these processes
contain large uncertainties, we are rather interested in bulk quantities.
Both F W FEkman and F W FEddy estimates obtained here are biased toward the upper
limits of these two mechanisms. First, they assume that all the freshwater exported offshore
are completely mixed and can not return to the OCC. In fact, the freshwater could be
incorporated back to the OCC by either downwelling favorable winds or eddies, or both.
Second, a stability analysis of the OCC was not conducted here, and F W FEddy anticipates
that the OCC is baroclinically unstable, however the ambient conditions, such as winds,
tides, bottom friction, as well as intrinsic time variability, may prevent the development of
instabilities and eddy shedding, depending of the growth rate of the most unstable modes.
Idealized numerical simulations of the OCC could be used in the future to investigate and
separate the relative roles of F W FEkman and F W FEddy , as well as their efficiency in driving
cross-shelf freshwater fluxes. They could be used as well to test the validity of the leaking
pipe model.
The cross-shelf length scale from Ekman fluxes can be calculated by using the previous
estimate of offshore Ekman transport, approximately 6.7x103 m2 day−1 , assuming that the
transport is distributed in an Ekman layer of nearly the same depth as the OCC thickness,
of approximately 30 m on average, which leads to a mean offshore velocity of 223 m day−1 .
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Integrating this velocity in time, during the interval of fall and winter, 180 days, results
in an offshore excursion of 40.2 km, which is slightly larger than the observed freshening
length scale (33 km). This demonstrates that Ekman freshwater flux by itself is possibly
capable of determining the observed freshening length scale. As previously discussed, the
size of eddies predicted by baroclinic instability, between 52-74 km, are comparable to the
total offshore extent of freshwater influence (OCC+33 km), as can be seen in Fig. 3.21,
therefore they are also likely capable of determining the observed freshening length scale.
Again, both estimates are upper bounds for determining the length scales, and they do not
account for the effect of downwelling-favorable winds.

3.5.1.3 CRP Remote Forcing
Remote forcing has been shown to influence the Oregon and Washington waters (e.g.
Kosro et al., 2006; Hickey et al., 2006). The presence of northward downwelling-favorable
winds, during the reversal of the CRP due to remote forcing, maintains the plume attached
to the coast, influencing the shallower regions on the shelf. This is a different response from
that observed during spring/summer, when the CRP reversal happens in the presence of
persistent upwelling favorable-winds, which tends to keep the CRP offshore, preventing it
from influencing the shallower regions on the shelf (Barnes et al., 1972).
The early influence of the CRP waters off Oregon, prior to the spring transition, could
have potential effects on the following upwelling season. First, the CRP influences the
water masses and stratification, having a direct effect on the shelf dynamics, second, it
provides additional nutrients to shallower regions and earlier than what is typically observed,
therefore it could potentially enhance the ecossystem response later in the upwelling season.

3.5.1.4 Freshwater Accumulation
Here, we have observed that there is a relatively small region near the OCC (33 km), in
which freshwater is exported and accumulated over the fall/winter. We attribute this length
scale to cross-shelf eddy and Ekman freshwater fluxes, however the action of downwelling
favorable winds may significantly reduces these fluxes. Observations of the Alaska Coastal
Current (ACC) made by Weingartner et al. (2005), show a lack of freshwater accumulation
over the continental shelf under the effect of downwelling-favorable winds. According to the
authors, most of the freshwater discharged by the coastal rivers is balanced by the alongshelf freshwater transport by the ACC, and the freshwater is trapped to the ACC due to
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downwelling-favorable winds, which prevents offshore freshwater fluxes from eddies. The
idea that downwelling-favorable winds are capable of reducing cross-shelf eddy freshwater
fluxes, is confirmed by idealized numerical simulations from Williams et al. (2007). The
authors demonstrate that in the absence of wind-forcing, the cross-shelf freshwater fluxes
driven by instabilities can cause significant accumulation of freshwater over the shelf. The
presence of downwelling-favorable windstress have a large impact on the development of
instabilities, preventing their growth, and avoiding freshwater accumulation over the shelf.
The impact of variable wind however, was not addressed by the authors, neither the mechanisms controlling the cross-shelf details of salinity variability and their cross-shelf length
scales.
An advective time scale for the OCC can be estimated, assuming that it begins in
the southern end of the study region, at the Klamath river, nearly 350 km from the NHline, and using the average maximum velocity of the OCC, v = 0.4 ± 0.25 m s−1 . This
leads to an advective time scale between 6-27 days. A stability analysis for the OCC
has not yet been addressed, however, evidence from Fig. 3.21, suggest that meanders
can grow in the order of just a few days, shorter than the advective time scale. This
confirms the possibility of offshore eddy fluxes contributing to the freshening off the NHline shown by the glider observations. Note however, that the meanders shown in Fig. 3.21
occur in a period of wind relaxation (Fig. 3.20), and their growth can be largely inhibited
by downwelling favorable winds (Williams et al., 2007). It would be expected then, that
offshore freshwater flux due to eddies, would be largely modulated by the wind. During
strong downwelling favorable winds, it is likely that there is a decrease in the offshore eddy
fluxes, and a large fraction of freshwater stays in the OCC and is advected northward.
This is also supported by observations obtained during fall and winter from Austin & Barth
(2002a), which showed that under downwelling favorable winds, drifters followed a particular
isobath, and propagated hundreds of kilometers northward along the coast. Therefore, our
calculations of eddy freshwater fluxes, are biased towards upper bounds of this mechanism.
Offshore of this relatively small region influenced by the OCC, the lack of significant
freshening from precipitation minus evaporation, associated to the persistent northward
velocities from the Davidson Current, suggests a possible balance on the upper ocean,
between the advection of north-south salinity gradients and the local rate-of-change of
salinity resultant by precipitation minus evaporation. To estimate an order of magnitude
for the effect of advection of north-south salinity gradients, we can use:
∂s
∂s
= −vD .
∂t
∂y

(3.33)
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Using a typical value of salinity difference of 0.15 over 100 km along the north-south
direction during fall/winter (along the longitude of -126◦ W, from World Ocean Atlas in
Zweng et al. (2013)), and typical velocities for the Davidson Current vD , we estimate ∂s/∂t
as 3.4(±2.5)x10−3 day−1 . This estimate demonstrates that the advection of north-south
salinity gradients are actually capable of balancing the change of salinity due to precipitation minus evaporation effect (Fig. 3.25), and avoid any local accumulation of freshwater
throughout the fall/winter. This reveal that the Davidson Current may in fact play a major
role in the freshwater budget of the upper ocean off Oregon during the fall/winter seasons.

3.6 Summary and Conclusions
In the present paper, a network of sustained coastal oceanographic observations from six
years (2006-2012), are used to investigate freshwater variability off the Oregon coast during
the downwelling season (fall/winter/early spring). Particular attention has been given to
the quantification of the salinity changes offshore of the OCC, as well as the cross-shelf
freshwater fluxes from the OCC to the adjacent waters offshore, and based on these results,
quantify the number of rivers necessary to explain the along-shelf freshwater transports
observed at the NH-line.
Observations revealed that changes in sea level and currents due to remote forcing, between 1-2 months prior to the spring transition (measured by local winds), influence the
freshwater dynamics off the Oregon coast. Two different regimes are characterized: prior
and after what we have called the remotely forced spring transition (RFST). After the
RFST, these remotely forced currents demonstrated to be strong enough in order to overcome the buoyancy- and wind-forcing, and advect Columbia River Plume waters southward.
During this period, the freshwater variability is controlled by southward advection of the
CRP, which interacts with the OCC and influences the Oregon continental shelf and offshore
waters.
Prior to the RFST, freshwater is exported from the OCC, and influences an offshore
distance of approximately 33 km from the OCC’s edge. Using simple parameterizations,
we estimated both eddy and wind-driven Ekman cross-shelf freshwater fluxes. Both mechanisms proved being capable of producing the observed salinity changes, however it was
not possible to disentangle the relative contribution from each mechanism. Offshore of this
OCC’s influence zone, no significant changes in salinity were observed, despite the high rainfall rates over the region. This highlights the importance of the Davidson current, which
presumably advects freshwater towards the north and does not allow any local freshwater

75

Table 3.1: Dates of spring transition based on sea level, based on winds according to Pierce
et al. (2006), their differences in number of days, and respective averages and standard
deviations.
Transition
2006-2007
2007-2008
2008-2009
2009-2010
2010-2011
2011-2012
mean
std

sea level
13-Mar-2007
03-Mar-2008
25-Mar-2009
21-Apr-2010
18-Apr-2011
30-Apr-2012
02-Apr
±23.5 days

winds
27-Apr-2007
29-Apr-2008
14-May-2009
10-Jun-2010
16-Apr-2011
04-May-2012
07-May
±19.1 days

difference (days)
45
57
50
50
-2
4
34
±25.9 days

accumulation during fall/winter.
Finally, using our estimates of freshwater loss, or leakage from the OCC, a leaking
pipe model is developed and used to characterize how many rivers influence the freshwater
transported by the OCC through the NH-line. Based on our model, we have concluded that
for nearly half of the time, the freshwater flux through the NH-line, can be explained by
summing up discharges from 3-4 rivers, reaching as far as the Siuslaw or Umpqua rivers,
located 70 to 110 km south of the NH-line.
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Table 3.2: Averages and standard deviations (std) of the discharges from the gauged coastal
rivers used in the leaking pipe model, located south of the NH-line. The calculations are
referred to winter and fall, defined here as the months between October and March, using
data from years between 2006-2013.
River
Yaquina
Alsea
Siuslaw
Umpqua
Coquille
Rogue
Chetco
Smith
Klamath
total mean

mean [m3 s−1 ]
41.80
96.39
127.63
379.01
232.27
268.92
48.98
197.47
696.55
2089.02

std [m3 s−1 ]
50.87
106.41
154.44
443.62
305.31
286.61
64.38
253.60
713.11
2378.35

77

Figure 3.16: Map of the northwest coast of the U.S., showing Oregon, southern Washington
and northern California. The Newport Hydrographic line (NH-Line), surface buoy NH10
(square) and meteorological station NWPO3 (triangle) are shown in the map, as well as the
names of the major rivers along the coast. The isobaths of 100, 200, 1000, 2000, 3000 and
4000 meter are shown. The edge of the continental shelf is indicated by the 200-m isobath,
in thick gray.
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Figure 3.17: Scheme showing one example of fitting eq. 3.20 to the OCC, measured between
10-14 of January, 2011. Top: cross-shelf surface density (ρ) and density gradients (∂ρ/∂x),
∂ρ
and dot shows where the front is located at the surface, according to γ1 ( ∂x
)max , where
γ = 10. Bottom: colored contours of density field, dots show the discrete positions of the
OCC front and the fit to the front (solid line). The main parameters used from the fit are
also indicated: Wp , hp , H, R, ρo and ρp . The cross-shelf coordinate system is referenced to
Wp .
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Figure 3.18: Time series of (top) salinity (at x = −Wp , z = 0, see Fig 3.17); (middle)
north-south low-passed wind stress (40 hours cut-off); (bottom) summed discharges from
gauged rivers south of the NH-line (Southern Coastal Rivers): Yaquina, Alsea, Siuslaw,
Umpqua, Coquille, Rogue, Chetco in southern and central OR, and Smith and Klamath in
northern CA. The geographical locations of the rivers along the coast are indicated in Fig.
3.16. The shaded gray areas indicate upwelling season according to Pierce et al. (2006),
available at http://damp.coas.oregonstate.edu/windstress.
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Figure 3.19: Top two panels: time series from fall/winter of 2006-2007 of low-passed wind
stress (40 hours cut-off) and the sum of discharges from gauged rivers south of the NH-line,
as in Fig. 3.18. Freshwater transports calculated by the dynamic method using the glider
data, plus the wind and Davidson current (as in Mazzini et al. (2014)) are indicated by
black circles, overlaying the discharge time series. Upside down triangles indicate times of
transects collected by the gliders. The times from the satellite remote sensing images in
Fig. 3.21 (3.22) are indicated by yellow diamonds (stars). The shaded gray areas indicate
upwelling season according to Pierce et al. (2006). Bottom three rows: cross-shelf salinity
transects collected using gliders along the NH-line, showing the seasonal evolution of the
salinity field. The 32.5 isohaline, which is the tracer for freshwater boundary, is contoured
in white, and the isopycnal that traces the coastal current (determined following Mazzini
et al. (2014)) is contoured in gray. The time of the transects are indicated in the top panels
by a plus sign.
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Figure 3.20: Cross-sectional area of freshwater offshore of the coastal current (black filled
circles in units of m2 ), and cumulative wind stress (black dashed line in units of N m−2
days). Only transects which encompassed the closed contour of the 32.5 isohaline were used
in this analysis. The times from the satellite remote sensing images in Fig. 3.21 (3.22)
are indicated by yellow diamonds (stars). The shaded gray areas indicate upwelling season
according to Pierce et al. (2006). Dashed gray line indicates the transition in sea level, as
in 3.23. Black solid line is a linear fit to the observations after the transition in sea level.

82

Figure 3.21: Satellite remote sensing image, combined from MODIS/Aqua and
MODIS/Terra, for the 12 and 14 of January 2007, for the 555-nm remote sensing reflectance,
an effective tracer of turbidity in the water column (Thomas & Weatherbee, 2006) (times
are indicated by yellow diamonds In Fig. 3.19). Warm colors are indicators of river plumes
and the coastal current along the northwest coast of the U.S.A. The names of the major
rivers along the Oregon and northern California coast are shown. The edge of the continental shelf is indicated by the 200-m isobath, in gray. Those images capture the evolution
of mesoscale instabilities, with wavelengths between 60-100 km.
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Figure 3.22: Satellite remote sensing image, as in Fig. 3.21, for the 2 and 5 of April 2007
(times are indicated by yellow stars in Fig. 3.19). In addition, vectors show surface currents
derived from land-based HF-radar, obtained from the Ocean Currents Mapping Lab from
Oregon State University. Those images capture a persistent southward advection of the
Columbia River Plume, before the occurence of the spring transition, and show that the
plume is mainly kept attached to the coast.

84

Figure 3.23: Time series of: (a) Low-passed north-south wind stress and cumulative wind
stress (starting at 1 of January of each year); (b) Low-passed sea level anomaly and cumulative sea level anomaly (starting at 1 of January of each year); (c) Daily averaged north-south
surface velocity from land-based HF-radar (averages from a circle of 20 km around NH-10);
(d) Low-passed, depth-averaged north-south currents at NH-10. The shaded gray areas
indicate upwelling season according to Pierce et al. (2006). Open circles on cumulative sea
level time series (panel b), and dashed lines on all panels, indicate the transition in sea
level, defined by the maximum value of cumulative sea level reached in each year.
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Figure 3.24: North-south wind stress (top) and surface velocities (middle) from HF-radar,
and (bottom) salinity (at x = −Wp , z = 0, see Fig. 3.17), as a function of time. Time
is relative to the sea level transition show in Fig. 3.23. Linear fits are presented for data
before the sea level transition (blue) and after (red).
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Figure 3.25: Time rate-of-change of salinity at the surface (dashed line) and averaged over
the ocean upper layer (solid lines), as a function of distance from the OCC front. The upper
layer is defined here as the region above the pycnocline, traced by the potential density of
1025.6 kg m−3 . Results are shown separately for before the RFST (top, blue), and after the
RFST (bottom, red). Confidence levels of 90% are indicated by shaded regions. Plotted also
are the time rate-of-changes of salinity from the effect of precipitation minus evaporation
(gray), Ekman (green) and eddy (magenta) cross-shelf freshwater fluxes.
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Figure 3.26: Schematic diagram of the leaking pipe model, given by eq. 3.26. It shows the
OCC propagating northward along the coast with velocity v, freshwater transport Qf resh
at the NH-line, with continuous freshwater input from multiple n rivers along the coast
with discharges Qn , located at distances ∆yn from the NH-line, and the freshwater loss or
leakage Lk .
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Figure 3.27: Probability Density Functions (PDFs) of the results from the pipe model (eq.
3.26) without leakage (left) and with leakage (right): number of rivers, number of days, and
the missmatch between the river discharges and the freshwater transports observed at the
NH-line quantified by the root mean squared error (RMSE). The river numbers refer to the
the gauged coastal rivers south of the NH-linhe: 1-Yaquina, 2-Alsea, 3-Siuslaw, 4-Umpqua,
5-Coquille, 6-Rogue, 7-Chetco, 8-Smith and 9-Klamath. Distance of each river from the
NH-line is shown in the top.
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4.1 Abstract
From mid-May to August 2011, extreme runoff in the Columbia River ranged from
14,000 to over 17,000 m3 s−1 , more than two standard deviations above the mean for this
period. The extreme runoff was the direct result of both melting of the anomalously high
snowpack and rainfall associated with the 2010-2011 La Niña. The effects of this increased
freshwater discharge were observed off Newport, Oregon, 130 km south of the Columbia
River mouth. Salinity values as low as 22, 9 units below the climatological value for this
period, were registered at the mid-shelf. Using an ocean observing network, it was possible
to capture the onshore advection of the Columbia River plume, from the mid-shelf, 20 km
offshore, to the coast and eventually into Yaquina Bay during a sustained wind reversal
event. Increased freshwater delivery can influence coastal ocean ecosystems and delivery of
offshore, river-influenced water strongly influences estuarine biogeochemistry.

4.2 Introduction
Annually, after the spring transition (e.g. Huyer et al., 1979), winds off the Oregon and
Washington coast are predominantly southward (upwelling-favorable) and the Columbia
River Plume (CRP) is advected rapidly to the south by the coastal upwelling jet, and
slowly offshore by the cumulative Ekman transport, detaching the plume from the coast.
The shelf currents and wind forcing overwhelm the natural tendency of the plume to turn
to the right due to the Coriolis effect, and as a result, relatively fresh water is observed off
the Oregon coast (Barnes et al., 1972).
The location of plume water as well as its freshwater content are important to the
Oregon-Washington shelf ecosystem as it affects sediment deposition, nutrient concentrations as well as circulation and stratification (Hickey et al., 2005). Recent work has shown
the importance of the CRP to shelf ecosystems and biogeochemistry including increased primary productivity, enhanced macrozooplankton concentration, delivery of the biologically
important micronutrient iron, and offshelf chlorophyll export (Hickey et al., 2010).
Because rivers and estuaries differ in their carbon chemistry dynamics from that on the
open shelf, there is increased interest in how these regions interact with respect to ocean
acidification. River-influenced water on the open continental shelf can enter coastal estuaries
and influence both the physics, including stratification and circulation, and biogeochemistry
found there. Since the Columbia River is the largest freshwater source on the U.S. west
coast, it is important to estimate its alongshore reach of influence on both continental shelf
ecosystems and coastal estuaries.
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From mid-May through August 2011, extreme Columbia River discharge, reached more
than two standard deviations above the mean for most of this period, having a peak discharge of nearly 17,000 m3 s−1 in the beginning of June (Figure 4.28). These abnormal discharge conditions were associated to a strong La Niña event, which produced a prolonged
storm season as well as significant snowfall during the spring of 2011 in the Pacific Northwest region (Johnstone et al., 2011; Crouch et al., 2011) Just as extreme weather events
influence terrestrial ecosystems and have potential economic impacts (Lubchenco & Karl,
2010), it is important to understand the impact of extreme events on marine ecosystems.
Effects of this anomalous discharge from the Columbia River on the coastal ocean thermohaline structure were observed offshore of Newport, Oregon, approximately 130 km south
of the Columbia River mouth, by an ocean observatory system. Using a suite of sensors
and platforms, which included three moorings, land-based HF-radar, satellite remote sensing and underwater gliders, we describe the onshore advection of the CRP off Newport,
OR, from the mid-shelf, nearly 20km offshore, to the coast and eventually into the Yaquina
Bay during a sustained wind reversal event.

4.3 Results
4.3.1 Extreme Columbia River Discharge
Abnormal precipitation rates and snow accumulation were observed during 2011. The
May average precipitation map (Figure 4.28a) shows values that are 130% above climatological mean, for most of the Columbia River drainage area. Snowpack (Figure 4.28b) for
most of the region had values ranging from 150-180% above the mean, and several places
over 180% above the mean. According to Johnstone et al. (2011), , the atmospheric circulation and climate anomalies over the Pacific NW during spring of 2011, can be explained
by the extreme La Niña event. The months of February and March reached the highest
monthly Southern Oscillation Index (SOI) since 1866, while the month of April had the
highest value since 1903 and the 2nd-highest on record. In the Pacific Northwest, impacts
of this La Niña event had a delay of 2 months, and was characterized by elongating the
storm season, increasing snowfall in the Cascades during spring and producing negative
temperature anomalies.
As a result of both snow melt from extremely high levels of snowpack and high precipitation rate during spring of 2011, anomalous discharge from the Columbia river was observed.
During the spring/summer of 2011, two main discharge peaks above climatological values
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for the Columbia river can be visualized in Figure 4.28c. The first discharge peak, occurred
between end of March until the beginning of May, varying from 9,000 to 14,000 m3 s−1 . The
second, more significant discharge peak, persisted from mid-May through August. During
this period, discharge rates peaked at more than 17,000 m3 s−1 , or 82% above the climatological monthly average. As a direct response to this anomalous discharge, salinity values
as low as 22 were observed in the mid-shelf during 25th and 26th of May (not shown), 9
units below the climatological value for this period, which were the lowest recorded values
since sustained mooring observations began in 1999, at the NH-10 mooring (Fig. 2b).
La Niña events have been shown to influence streamflow in several regions of the USA,
including the Pacific Northwest (Dracup & Kahya, 1994). A long time series obtained from
ship cruises between 1959-2007, complemented by glider data between 2006-2012, along the
NH-line, were analysed to verify the impact of increased river discharge from the Columbia
River due to La Niña events in the salinity off Oregon during the upwelling season. The
Multivariate El Niño/Southern Oscillation Index (MEI) (Wolter & Timlin, 1993, 1998),
has a significant correlation with monthly salinity minima (r=0.44, 95% confidence level of
0.39), and a regression is show in Fig. 4.29, with an observed slope of 0.2 (±0.1). This
analysis was conducted between the months of May and September, and only months in
which had a minimum of 9 observations, and reached to at least 35 miles offshore were used
in this analysis.

4.3.2 Thermohaline Structure and Freshwater Content
In 2011, the upwelling season along the Oregon coast occurred between 16 of April
to 11 of September, following the upwelling season definition in Pierce et al. (2006). In
Figure 4.30, freshwater content as a function of cross-shelf distance as well as salinity,
temperature, density and depth averaged-currents are shown for two glider transects, one
just in the beginning of upwelling season, surveyed between 17-23 of April 2011, right before
the high Columbia river discharge peak, and the second one later in the upwelling season,
between 10-14 of June 2011, close to the discharge peak. For comparison, the mean and
standard deviations of freshwater content estimated for the upwelling season using 272
salinity transects from 2006 to 2012, are also presented in Figure 4.30.
Freshwater content of the water column in the beginning of the upwelling season is
confined between the coast and 50 km offshore, and vary from 0.5-0.8 m, within one standard
deviations from the mean for this time of the year. Later in the season, the second glider
transect shows the presence of freshwater along its entire track, from the coast to 80 km
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offshore. Most of freshwater content is above one standard deviation from the mean, with
an exception in between 70-80 km offshore, and a maximum peak as great as 2.2 m, above
two standard deviations from the mean, centered around 55 km offshore.
Both glider transects show equatorward flow within the continental shelf, with maximum
depth averaged velocities reaching over 0.4 m s−1 , located near the 80 m isobath, and then
decreasing both towards the coast and towards the shelf break, reaching about 0.1 m s−1 ,
typical characteristics of the coastal upwelling jet observed off the Oregon coast (e.g. Kosro,
2005). In agreement to upwelling physics, it is also possible to see the isopycnals tilted
upward towards the coast as a direct result of upwelling secondary circulation, bringing
deeper denser water masses up to shallower regions of the shelf.
Below 15-20 meters depth, salinity and density fields from the two glider transects are
similar, with vertical variations in salinity and density ranging from 32-34, and 1025-1027
kg m−3 , respectively. Temperature profiles vary between 6.5 and 10◦ C, with slightly warmer
temperatures from 20 to 80 meters at the beginning of the season, of approximately 0.5-1◦ C
higher. A pycnocline is observed between the isopycnals of 1025.5 and 1026 kg m−3 situated
in between 70-90 meters depth in the offshore end of the transects and getting as shallow
as 20-50 meters in the inshore end. These observations are consistent with historical data
from the NH-Line, presented by previous works (e.g. Huyer, 1977; Austin & Barth, 2002b;
Castelão & Barth, 2005).
Major differences between the glider transects, occur however, in the upper 15-20 meters,
when between 17-23 of April 2011, this part of the water column had temperatures of
approximately 9.5-10◦ C over the entire transect, salinity of nearly 32.5 and density of 1025
kg m−3 offshore of the shelf break, where the water column was vertically homogeneous
above the 80-100 meters. In contrast, over the shelf, the salinities were as low as 31 and
densities were 1024 kg m−3 . Between 10-14 of June 2011, the upper 15-20 meters had
values ranging between 11-14.7◦ C in temperature, 27-32 in salinities, 1020-1024 kg m−3
in densities, with a very sharp transition to deeper waters, presenting another pycnocline
besides the one observed in between 70-90 meters.

4.3.3 Frontal cross-shelf propagation
Time series measurements of: windstress (estimated from wind velocities) from NOAA
buoy station 46094 at NH-10, near surface (∼ 2 meters depth) salinity and temperature at
NH-10, ISMT2 and LOBO, and near-bottom (23.5 meters depth) salinity and temperature
at ISMT2, are presented in Figure 4.31, from 21 of June to 23 of July 2011. NH-10 is located
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at the 83 meters isobath (18 kilometers offshore of Newport), ISMT2 is located near the
inner-shelf at the 25 meters isobath, and LOBO is located inside Yaquina Bay estuary. A
map showing the moorings locations is presented in Figure 4.30.
The winds were blowing towards the south in the majority of the time, as it is commonly
observed during this time of the year within the region, and two main wind reversal events
occurred: a shorter one, of 2.5 days between 27-30 of June, and a longer one, of 7.5 days
between 10-18 of July.
High-frequency variability (periods less than a day) inside Yaquina Bay at LOBO, show
oscillations in temperature that can vary from to 2-4◦ C and salinity from 2-3, with a clear
semi-diurnal tidal signal. Outside the bay, over the continental shelf, high frequency variability and the influence of tides are much smaller, with temperatures varying typically less
than 0.5◦ C and salinities less than 0.1.
Low-frequency variability (periods longer than a day) has a smaller effect inside Yaquina
Bay, however it seems to dominate the signal over the continental shelf surface waters. Both
surface temperature and salinities respond to the wind reversals, when through Ekman
transport, warmer and fresher waters from offshore are advected towards the coast. Near
bottom salinities and temperatures at ISMT2 have approximately constant values, showing
small variations only during wind reversal events, typically less than 1 and less than 2◦ C,
respectively, demonstrating that the wind effect on temperature and salinity is mainly
confined to surface waters.
Approximately a half day after the first wind reversal event (27-30 of June), surface temperatures at NH-10 and at ISMT2 start to increase from from 10.5◦ C and 9.5◦ C, respectively,
and reach a maximum three days later, of 17◦ C and 13.5◦ C, respectively. Simultaneously,
responses in salinities occur at both places, decreasing from 32 to 24.5 at NH-10, and from
33 to 30.5 at ISMT2. After winds veer to the south, temperature and salinities at both
stations go back to their previous state before the reversal, at a comparable rate. The effects
of the wind reversal over Yaquina bay are much smaller, and mostly masked by the effects
of the tides. The higher decrease in salinity, of nearly 7.5 at NH-10 compared to only 2.5 at
ISMT2, suggests that the CRP core is located offshore of NH10, during upwelling favorable
winds.
On 9 July, MODIS/Aqua 555 nm remote sensing reflectance (Rrs) measurements (Figure
4.32, left) show the CRP was advected south by upwelling favorable winds and surface
currents, and located 45 km west of Newport, OR, at approximately 124.6◦ W (west of NH10). Four days later, on 13 July (Figure 4.32, right), it is possible to see that the CRP has
moved inshore, passing by NH-10. This onshore movement coincides with the second wind
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reversal (10-18 of July), which lasted three times longer than the first one, nearly 7.5 days,
and had a broader impact. Roughly 1-1.5 days after the wind reversed, at NH-10 salinity
started to decrease from 33 and reaching a minimum of 26.3 about 2.5 days later. Decreases
in salinities were also observed at ISMT2 from 33 to 27.5 and at LOBO from 30-32 to 28.2,
and peaks of salinity minima occurred 1.3 days at ISMT2 and 2.2 days at LOBO, after
NH-10 local minimum. Similarly, increases in temperature occurred from 10 to 17.3◦ C at
NH-10, from 8 to 16◦ C at ISMT2, and from 12 to 16.5◦ C at LOBO.

4.4 Discussion
The input of freshwater into the coastal ocean, can significantly influence the local
dynamics, mainly by increasing near-surface stratification and creating horizontal density
gradients that can generate geostrophic currents. In addition to that, river plumes transport
larvae, nutrients, carbon, sediments and pollutants from the estuaries onto the continental
shelves, playing an important role in marine biogeochemistry. Therefore, it is important to
monitor and understand what mechanisms influence the spatial and temporal variability of
freshwater in the ocean.
After the spring transition, waters from the CRP are mostly advected to the south,
which creates a strong stratification in the ocean upper layer (15-20 meters deep) off the
Oregon coast. This sharp pycnocline created from the presence of the CRP waters, inhibits
vertical motions and therefore vertical mixing in the ocean, isolating the upper layer from
the rest of the water column. Solar radiation is an important heat source at this time
of the year, and since waters above 15-20 meters are isolated from the rest of the water
column, heating is confined mainly to the upper ocean, which further decreases its density
and increases stratification, creating this way a positive feedback loop. The anomalous
increase of discharge from the Columbia river, could be traced by the freshwater content
along the NH-line, which plays a key role on controlling the shelf stratification, and further
acting on thermodynamics processes over the continental shelf.
Based on the distance from the Columbia river mouth to the NH-Line (130 km), and
the depth averaged velocities observed from the gliders (∼ 0.4 m s−1 ), an estimate of the
time response for the Columbia river discharge variability based on an advective time scale
would be of 3.8 days to impact the NH-Line. This is perhaps an underestimation, since
most of the Columbia river waters are within the top ∼ 20 meters in the water column, and
that the upwelling jet is surface intensified Huyer et al. (1975). According to Kosro (2005),
surface velocities estimated from HF-radar reveal that the coastal jet core can reach over 1

96
m s−1 , which would give a time response as fast as 1.5 days in this case.
Our observations show for the first time the CRP cross-shelf propagation from mid-shelf
all the way to the coast, entering the Yaquina Bay estuary. Evidences from the work of
Kirincich & Barth (2009) and Adams et al. (2013), suggests that the CRP may propagate
inshore and reach the inner-shelf about 1-3 times per month, during the upwelling season.
Based on the time series from Figure 4.31 (between 14-17 of July 2011), the surface front
propagated nearly 20 km in about 2.2 day, which gives an average speed of 0.1 m s−1 . If
we assume that the alongshore momentum is in Ekman balance to first order (Fong et al.,
1997), that the Ekman layer is confined to the plume thickness, and assuming a linear profile
for the velocity within the Ekman layer (Fong & Geyer, 2001), the velocity at the surface
can be calculated as usurf ace =

2τ y
ρf D ,

where τ y is the wind stress, ρ is the water density, f

is the Coriolis parameter and D is the plume thickness. From observations, if we use τ y =
0.08 N m2 , ρ = 1024 kg m3 , f = 10−4 s−1 and D = 15-20 m, we would obtain velocities in
between usurf ace = 0.08 - 0.1 m s−1 , which are consistent with the time series records, and
show that the cross-shelf propagation of the CRP off central Oregon coast, can be explained
in terms of Ekman dynamics.
An important result is the considerable alongshore reach of extreme freshwater discharge
to the continental shelf and its subsequent movement into coastal estuaries. This links
coastal estuaries, including providing connectivity between marine populations. It also
demonstrates how remote estuarine chemical composition can enter and influence carbon
dynamics, for example levels of ocean acidification, in local estuaries supporting natural
and hatchery populations of marine species.
Finally, this example demonstrates that ocean observatories have great value for ocean
sciences as well as for marine resource management, since they allow us to monitor and
understand the coastal ocean by resolving processes both spatially and temporally. It is
important to combine both surface and subsurface measurements, both in situ and remotely
sensed, from a variety of sensors measuring physical and biogeochemical ocean properties.
When compared with historical data sets, near real-time ocean observatories can be used
to detect anomalous events. In the future, ocean observatories will provide continuous
information to help understand climate change and its impacts on the marine and coastal
environments.
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4.5 Methods
The glider data used in this work were provided by the glider research group from Oregon
State University (http://gliderfs2.coas.oregonstate.edu/gliderweb). Surveys were
conducted at the Newport Hydrographic Line (NH-line, 44◦ 39’N), between 2-80 km from the
coast using Slocum gliders from Teledyne Webb Research (Schofield et al., 2007). Data were
collected from temperature, conductivity and pressure sensors (Sea-Bird Electronics, Inc.
SBE-41CP) onboard the gliders, as well as depth-averaged horizontal velocities calculated
from dead reckoning. A more detailed description of this data set and processing can be
found in Mazzini et al. (2014).
The Inshore Mooring Test 2 (ISMT2) data was provided by the Ocean Observatories
Initiative (OOI). The mooring was located at 44◦ 39’29.9”N, 124◦ 05’44.1”W, at the 25 meters isobath, between 19 of March to 6 of August 2011. Data come from two sensors of
temperature, conductivity and pressure sensors (Sea-Bird Electronics, Inc. SBE-16plus)
installed near the surface around 2 meters deep, and near the bottom, at aproximately 23.5
meters deep.
Time series data from Land/Ocean Biogeochemical Observatory (LOBO), located inside the Yaquina Bay estuary, at 44◦ 37’45.82”N 124◦ 2’29.25”W, are available at http:
//yaquina.loboviz.com. The data used in this analysis come from temperature, conductivity and pressure sensors (Sea-Bird Electronics, Inc. and WET Labs, Inc., Water Quality
Monitor - WQM).
Surface currents derived from land-based high-frequency radars, were made available
from the Ocean Currents Mapping Lab from Oregon State University, http://currents.
coas.oregonstate.edu. The data is collected hourly by an array of 11 shore-based HFradars from Loomis Lake, WA (46.438◦ N) to Crescent City, CA (41.788◦ N), then the data
are detided and daily averaged, with a spatial resolution of 6 km.
NH-10 data was provided by the Northwest Association of Networked Ocean Observing
Systems (NANOOS). The mooring was located at 44◦ 38’N, 124◦ 18.2’W, at the 81 m isobath.
Data used in the work come from temperature, conductivity and pressure sensors (Sea-Bird
Electronics, Inc. SBE-37) installed near the surface around 2 meters deep, and from a
meteorological station at the surface buoy, which is also available as NOAA National Data
Buoy Center buoy 46094.
MODIS satellite data, were from level-2, with 1 km resolution, obtained from OceanColorWEB (http://oceancolor.gsfc.nasa.gov/), maintained by NASA.
The Multivariate El Niño/Southern Oscillation Index (MEI) is made available by NOAA
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at http://www.esrl.noaa.gov/psd/enso/mei/#ref_wt1.
The freshwater content (Fs ), in meters, was calculated following Mazzini et al. (2014):
Fs (x) =

R0

−D(x)

s0 −s(x,z)
s0

dz, where s(x, z) is the measured salinity, s0 is the reference salinity,

and D is the depth at which it occurs. The value chosen for s0 was 32.5 following Barnes
et al. (1972)

4.6 Acknowledgments
This work was supported by a Brazil-U.S. CAPES/Fulbright scholarship to Piero Luigi
Fernandes Mazzini. Additional support was provided by the U.S. National Science Foundation grants OCE-0851486 and OCE-0961999. HF Radar and NH-10 mooring data were made
available by the Northwest Association of Networked Ocean Observing Systems (NANOOS),
which is the Pacific Northwest regional ocean observing system of the Integrated Ocean
Observing System. Columbia River discharge data were provided by the U.S. Geological
Survey, MODIS data provided by NASA, and LOBO by WET Labs, Inc. ISMT2 mooring
data were made available by the Ocean Observatories Initiative (OOI) during the construction phase of the project. The OOI is funded by the National Science Foundation and
managed by the Consortium for Ocean Leadership.

99

Figure 4.28: (a) Average precipitation across the Pacific Northwest for May 2011. Map
obtained from the Northwest River Forecast Center - NOAA. (b) Mountain snowpack across
the western United States on 1 May 2011. Map obtained from the Natural Resources
Conservation Service, National Water and Climate Center - USDA (c) Columbia River
discharge climatology (black) with standard deviations, estimated with 20 years of data,
from 1993-2012, and average daily values for 2011 (blue).
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Figure 4.29: Monthly salinity minima lagged by 3 months, between 1959-2012 off the NHline, plotted versus the Multivariate El Niño/Southern Oscillation Index (MEI) (Wolter
& Timlin, 1993, 1998). A regression line is plotted, with slope of 0.2 (±0.1). The lowest
salinity measured at the NH-line, during 2011, is marked with an “x”.
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Figure 4.30: (a)Freshwater content in meters, as a function of cross-shelf distance, at the
Newport Hydrographic line. In black, mean and standard deviations for upwelling seasons
defined according to Pierce et al. (2006) calculated from underwater glider data between
2006-2012. In red, freshwater from a single glider transect, measured between 17-23 of
Apr-2011, and in blue, measured between 10-14 of Jun-2011. (b) Depth averaged velocities
from glider transects off the NH-Line, and the location of the moorings: NH-10, ISMT2 and
LOBO. (c,d) cross-shelf transects of temperature, salinity and density from glider transects,
measured between 17-23 of Apr-2011 (c) and 10-14 of Jun-2011 (d).
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Figure 4.31: Time series of: wind stress from NOAA buoy station 46094 at NH-10, located
approximately 2 km south of the NH-line (top); temperature (middle) and salinity (bottom)
measured at near surface (∼2m) at NH-10, ISMT2 and LOBO, and at depth (23.5 m) at
ISMT2.
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Figure 4.32: Daily averaged MODIS/Aqua 555 nm Rrs measurements, an effective tracer of
particulate matter in the water column (Thomas & Weatherbee, 2006), for 9 July 2011 (left
panel) and 13 July 2011 (right panel) in color. Vectors show daily averaged detided surface
current velocities derived from HF Radar observations. The isobaths of 50, 100, 200, 1000
and 2000-m are plotted in gray, with the shelf break, indicated by the 200-m isobath, in
thick gray.
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5.1 Abstract
Several mechanisms can drive vertical velocities in the coastal ocean, including windforcing and through gradients in the vorticity field generated by flow-topography interactions. A two-layer, steady, wind-driven, analytical model is applied to the major upwelling
systems of Brazil: Cabo Frio (CF) and Cabo de Santa Marta (CSM) regions. Comparisons
are made between the relative roles of wind and flow-topography interaction in inducing
upwelling over these regions. Ekman pumping is the weakest mechanism over the shelf, but
does influence the along-shelf temperature in the CF area. Away from coastline irregularities, wind-driven upwelling (Ekman transport) dominates over all mechanisms. However in
the vicinity of capes and coastal features, topographically-driven upwelling plays a significant role, and its transports may vary from 43% to 94% of wind-driven upwelling. Upstream
of capes, topographically-driven vertical motions are downwelling favorable and act against
the wind-driven coastal upwelling, while downstream of capes, they are upwelling favorable, where all mechanisms add up to create strong upwelling. Peaks in total upwelling in
the CF region are about twice as large as those in the CSM area because the CF region
has stronger winds and larger coastline perturbations than in the CSM region. Observed
sea surface temperatures (SST) agree well with variability in the vertical transports where
upwelling peaks are in phase with low temperature peaks along the coast. Results suggest
that on larger scales, the SST variability along the coast is mainly controled by wind-driven
upwelling, while upwelling due to flow-topography interaction is responsible for the smaller
scale SST variability.

5.2 Introduction
When wind blows over the continental shelves, moving with the coast on its right (left)
in the southern hemisphere (northern hemisphere), water is directed offshore by surface
Ekman transport (Ekman (1905)). The presence of the coast, acting as a natural barrier,
creates a divergence of the flux, and due to conservation of mass, upward vertical velocities
are produced, commonly referred to as “coastal upwelling”.
Upwelling is an important mechanism for carrying cold, dense, nutrient-rich waters into
the euphotic zone, therefore having a significant impact on regional climate and marine
ecosystems. Upwelling also creates horizontal temperature and density gradients near the
surface, which drives strong geostrophic alongshore currents, and influences the exchange
of heat and gases between the ocean and atmosphere.
On the south and southeast Brazilian shelves (Fig. 5.33), persistent upwelling-favorable
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winds are present throughout the year north of Rio de Janeiro (22.9◦ S, 43.2◦ W) (limited
by approximately 19.5◦ S and 17.5◦ S during Fall and Winter, respectively) and are present
during spring and summer south of Ilha de Santa Catarina (27.6◦ S, 48.5◦ W). The largescale, quasi-steady feature in the atmosphere responsible for this scenario is the South
Atlantic High Pressure system. Significant perturbations on the wind field over the region
commonly occur due to the passage of synoptic weather systems, traveling from southwest
towards northeast, and getting weaker as they reach lower latitudes. Perturbations are
more energetic during the fall and particularly in the wintertime, when they can reverse
the wind field and cause the upwelling to shutdown (Stech & Lorenzzetti (1992)). These
perturbations affect the climatological mean wind stress and result in a very low mean wind
stress during fall, and winter, especially in the southern regions, where the systems are more
energetic (Fig. 5.33).
Cross-shelf sea surface temperature (SST) gradients are coherent with the wind stress
directions according to “coastal upwelling” theory for those regions (Fig. 5.33), with the
exception of Fall and Winter south of Cabo de Santa Marta (CSM), when the cold waters
along the southern coast are not driven by upwelling, but instead are advected from the
Argentinian and Uruguayan shelves by the northward currents often occurring during these
seasons (Pereira (1989), Campos et al. (1996), Lima et al. (1996), Campos et al. (1999),
Piola et al. (2000), D. et al. (2001), Soares & Möller (2001), Zavialov et al. (2002), Souza
& Robinson (2004), Piola et al. (2005), Piola et al. (2008), Campos et al. (2013)). Several
studies presented observational evidence of the coastal upwelling phenomenon occurring
at Cabo Frio (CF) (Allard (1955), Emı́lsson (1961), Ikeda et al. (1974), Magliocca et al.
(1979), Castro & Miranda (1998), Rodrigues & Lorenzzetti (2001)) and south of Cabo de
Santa Marta (Lima et al. (1996), Möller Jr. et al. (2008), Campos et al. (2013)).
A second mechanism by which the wind can induce vertical velocities, without the need
for the coastal boundary, is by having a horizontally non-homogeneous wind field (non-zero
wind stress curl), which creates a divergence of the Ekman transport within the Ekman
layer, and again, by continuity, upwelling/downwelling takes place. This is called Ekman
pumping.
Castelão & Barth (2006b) used wind stress data derived from the SeaWinds scatterometer from the QuikSCAT satellite to study the contribution of Ekman pumping to the
upwelling system around Cabo Frio. The authors integrated Ekman pumping velocities up
to approximately 200 km off the coast, where the upwelling favorable negative wind stress
curl is seen (Fig. 5.33), and showed that this mechanism is as important as the coastal
upwelling for the total vertical transport of the region, and that it also contributes to the
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spatial dependence of the upwelling and SST distribution along the coast.
Campos et al. (2013) estimated Ekman pumping transport at Cabo de Santa Marta
region using two different wind products, from QuickSCAT satellite and from Blended Sea
Winds climatology (http://www.ncdc.noaa.gov/oa/rsad/air-sea/seawinds.html), and
integrating Ekman pumping velocities up to nearly 100 km offshore (where negative wind
stress curl is observed). As a contrast to Cabo Frio region, the authors found that this
mechanism does not seem to play a significant role in generating upwelling events off Cabo
de Santa Marta.
The intensification of upwelling around capes have been observed in many different
regions around the world, and often it is possible to see events occuring around the regions
of Cabo Frio and Cabo de Santa Marta using sea surface temperature (SST) satellite images.
Arthur (1965) approached this problem through the use of vorticity conservation principles
and elucidates how coastline irregularities that can cause the currents to change curvature,
and also produce along-shelf variations in the cross-shelf horizontal shear, can generate
upwelling. These two mechanisms will be discussed in more detail in the next section.
The role of bottom topography and coastline geometry on upwelling in the Cabo Frio
region was studied by Rodrigues & Lorenzzetti (2001). The authors used a two-layer finite
element model forced by constant wind stress simulating three distinct scenarios: (1) a real
bottom topography and a real coastline; (2) a flat bottom topography and a real coastline
and (3) a real bottom topography and a smoothed coastline. They concluded that the local
bottom topography and coastline geometry affect the upwelling magnitude in the entire
domain, and that coastline irregularities dominate over bottom topographic variations in
determining the location of Cabo Frio upwelling.
Campos et al. (2013) used a full non-linear primitive equation numerical model to investigate the role of bathymetric variations on the upwelling of Cabo de Santa Marta. The
authors proposed that during northeasterly winds an intensification of a southward current
occur, and in conjunction with a middle-shelf flow divergence promoted by the shelf expansion, an inshore flow is driven near the bottom that can enhance the upwelling south of the
cape.
As described above, considerable effort has been made to understand upwelling phenomena in the Cabo Frio and Cabo de Santa Marta regions, however, a direct comparison of
the transport magnitudes driven by wind-forced upwelling mechanisms and flow-topography
interaction has not yet been done.
The goal of this paper is to estimate and compare vertical transports induced by four
mechanisms: Ekman transport (“coastal upwelling”), Ekman pumping, horizontal shear
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due to coastline irregularities and coastline curvature, for the regions of Cabo Frio and
Cabo de Santa Marta, Brazil. In order to do these calculations, we use wind stress data
from the QuikSCAT satellite (Risien & Chelton (2008)) and an analytical, two-layer, steady,
wind-driven model (Johnson et al. (1980)) used by Figueroa & Moffat (2000) to study the
upwelling system of Chile, which included three mechanisms: Ekman transport, Ekman
pumping and horizontal shear due to coastline irregularities. Since upwelling due to curved
flow around capes may be important in the Brazilian upwelling region, we include this
mechanism which was previously omitted by Figueroa & Moffat (2000).

5.3 Two-layer upwelling model
An extension of Arthur’s [1965] vorticity analysis to include the effects of stratification
and wind forcing was done by Johnson et al. (1980). The authors derived a two-layer, steady,
analytical model forced by alongshore wind stress. By allowing a cross-shelf component of
wind stress forcing, the set of equations for the problem becomes:
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1 ∂p2
u2
+ v2
+ f u2 = −
,
∂x
∂y
ρ2 ∂y


∂u2 ∂v2
w−h = −h2
+
,
∂x
∂y
H = h1 + h2 ,
u1

(5.34)
(5.35)
(5.36)
(5.37)
(5.38)
(5.39)
(5.40)

where x is the cross-shelf direction, y the along-shelf direction and z is the vertical direction.
Subscripts 1 and 2 refer to upper and lower layer respectively. The components of velocity
in the x and y directions are denoted by u and v respectively, w−h is the vertical velocity
at the interface between the layers, h is the layer thickness, H is the total water depth, ρ
is the water density, p is the pressure, τox is the component of wind stress perpendicular to
the coast, τoy is the component of wind stress parallel to the coast, and f is the Coriolis
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parameter.
By cross-differentiating the x− and y−momentum equations, the authors eliminated the
pressure gradient terms and obtained a vorticity equation for each layer:

h1 ~
h1 ∂
(V1 · ∇ξ1 + βv1 ) +
f
f ∂x


w−h = −
w−h =



τoy
ρ1 h1



−

∂
∂y



τox
ρ1 h1



,

h2 ~
(V2 · ∇ξ2 + βv2 ),
f

(5.41)
(5.42)

~ is the velocity vector (V
~ ≡ uî+v ĵ), ξ is the vertical component of relative vorticity
where V
(ξ ≡

∂v
∂x

−

∂u
∂y ),

β is the planetary vorticity gradient, and it is assumed that ξ << f .

Now, the key assumption for the model is that Johnson et al. (1980) assumed that the
layers have along-shelf velocities of the same magnitude, but opposite directions:

v2 = −v1 ,

(5.43)

V~2 · ∇ξ2 = −V~1 · ∇ξ1 .

(5.44)

It is then possible to combine (8) and (9), and get only one equation for the velocity at the
interface between the two layers:

h1 ∂
H
= − (V~1 · ∇ξ1 + βv1 ) +
2f
2f ∂x


w−h



τoy
ρ1 h1



∂
−
∂y



τox
ρ1 h1



.

(5.45)

The assumptions made in (10) and (11) have the advantage of reducing the problem to
only one equation. Equation (12) allows us to estimate w−h from knowing the upper layer
horizontal velocity field, the wind forcing and the upper layer thickness.
Defining that the velocities of upper and lower layer are equal and opposite comes from
the result of using a two-layer model instead of a 1 21 -layer model. For the two-layer model,
the lower layer is active and has finite depth, which is appropriate for an application in the
coastal ocean. So changes in the interface height in this case, will change upper and lower
layer vorticity, and hence velocity, therefore the system is coupled. This is consistent with
other examples of two-layer models used in studying continental shelf dynamics (e.g.: Allen
(1975), Allen (1976), Crépon & Richez (1982), Crépon et al. (1984)).
Three different mechanisms besides coastal upwelling that can drive vertical velocities in
the ocean are apparent in equation (12): advection of relative vorticity gradients, advection
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of planetary vorticity gradients (via the Sverdrup vorticity balance) and wind stress curl.
The way that coastline/topography can induce upwelling becomes clear by looking at the
definition of relative vorticity (ξ) in natural coordinates:

ξ=−

∂V
V
+ ,
∂n
R

(5.46)

where V is the current speed, n is the normal direction to the streamlines, and R is the
radius of curvature of a streamline.
The cross-shelf horizontal shear of currents will generate vorticity by the first term in
the right hand side of equation (13) and the coastline curvature can cause the currents to
turn, generating vorticity by the second term in the right hand side of equation (13). Now,
coastline irregularities will cause the currents to change curvature and change horizontal
shear, creating spatial gradients of relative vorticity along the coast, which will induce
vertical velocities by the first term in the right hand side of equation (12).
Figueroa & Moffat (2000) used Johnson et al.’s [1980] model (equation 12) with a few
modifications to investigate the contribution from different terms in the total upwelling
of the Chilean coast: “coastal upwelling”, Ekman pumping and vertical velocities induced
by changes of horizontal shear due to topographic effects. Vertical velocities driven by
advection of planetary vorticity gradients were not included by Figueroa & Moffat (2000)
because they have an insignificant contribution to the total upwelling for the spatial scale
of interest, as previously shown by Arthur (1965) through scaling analysis.
Vertical velocities from coastal upwelling (wcoastal ) are added to the model and calculated
by:

wcoastal =

τoy
,
ρ1 f λi

(5.47)

where τoy is the wind stress component parallel to the coast, and λi is the cross-shore length
scale of the upwelling, typically the internal Rossby radius of deformation, and it is assumed
that vertical velocities induced by coastal upwelling are zero beyond λi .
Ekman pumping (wcurl ) driven vertical velocities from equation (12), with the additional
assumption that cross-shelf variations in h1 are small, consistent with linear two-layer upwelling model, becomes:
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wcurl

1
=
2ρ1 f



∂τ x
∂τoy
− o .
∂x
∂y


(5.48)

For the vertical velocities induced by changes of horizontal shear due to topographic
effects (wtshear ), Figueroa & Moffat (2000) assumed a steady upwelling jet, in water of
depth H, and with a linear horizontal velocity profile (constant horizontal shear) from zero
at the coast to a maximum at a distance S, which in this case the relative vorticity can be
simplified to ξ =

∂v
∂x .

With the additional assumption that the offshore boundary of the jet

remains straight and at a fixed distance from the mean shoreline, then changes in coastline
orientation will only change the along-shelf velocities of the jet, and therefore the horizontal
shear. The geometry for the upwelling jet, with the same coordinate system adopted for
the two-layer, steady upwelling model on the Brazilian coast, is shown in Figure 5.34.
The velocities presented in Figure 5.34 at y = 0 and at y = −∆y, as a function of x can
be written as (with v0 < 0 and v−∆y < 0)

(

v(x, y = 0) =

v(x, y = −∆y) =

v0 Sx ,

x≤S

0,

x>S




x−∆x
 v
−∆y S−∆x ,
 0.

x≤S
x>S

(5.49)

(5.50)

Note that v(x = 0, y = 0) = 0, v(x = S, y = 0) = v0 ; and v(x = ∆x, y = −∆y) = 0,
v(x = S, y = −∆y) = v−∆y . Conservation of volume or the continuity equation assuming
the water is incompressible, can be written as

1
v0 S =
2

1
v−∆y (S − ∆x),
2

(5.51)

so that v−∆y and v0 are related by

v−∆y = v0
The cross-shelf shear, becomes

S
.
(S − ∆x)

(5.52)
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∂v(x, y = 0)
∂x
∂v(x, y = −∆y)
∂x

=
=

v0
,
S
v−∆y
v0 S
.
=
S − ∆x
(S − ∆x)2

(5.53)
(5.54)

The along-shelf gradient in relative vorticity needed to compute the vertical velocities
in (12) is

∂
∂y



∂v
∂x



=

∂v(x,y=−∆y)
∂x

−
∆y

∂v(x,y=0)
∂x

=

2Sv0 ∆x − v0 ∆x2
,
S∆y(S 2 − 2S∆x + ∆x2 )

(5.55)

and using the geometric fact that ∆x = ∆y tan α

∂
∂y



∂v
∂x

2Sv0 tan α − v0 ∆y tan2 α
.
S 3 − 2S 2 ∆y tan α + S∆y 2 tan2 α



=

(5.56)

In the limit ∆y → 0

∂
∂y



∂v
∂x



=

2v0 tan α
.
S2

(5.57)

The contribution from changes of horizontal shear due to topographic effects (wtshear )
in (12), becomes:

wtshear

Hv ∂
= −
2f ∂y



∂v
∂x



=−

Hv0 x 2v0 tan α
Hv02 x
=
−
tan α.
2f S
S2
f S3

(5.58)

This term is slightly different than Figueroa & Moffat (2000), because we have retained
full dependence in x, while the authors evaluated wtshear at x = S.
As discussed previously, changes in coastline curvature can also generate relative vorticity gradients, and therefore induce vertical velocities. This mechanism, not included by
Figueroa & Moffat (2000), will also be included in our estimates, and can be calculated by
using the definition of vorticity in natural coordinates from equation (13):
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wtradius = −

Hv ∂ξ
Hv ∂
=−
2f ∂y
2f ∂y



V
R



=−

Hv0 x ∂
2f S ∂y



|v0 |x
SR



=−

Hvo |vo |x2 ∂R−1
(5.59)
,
2f S 2
∂y

where R is the radius of the local coastline or R−1 the coastline curvature, and R can be
either positive or negative, following the convention of positive R driving currents with
positive vorticity (anti-clockwise) and negative R driving currents with negative vorticity
(clockwise).
The total contribution to the upwelling vertical velocities (wtotal ) now has four terms
(dropping subscripts in ρ for simplicity):
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}

topography

The choice of a proper coastal upwelling cross-shore length scale (λi ) can be ambiguous
and vary in space. One way to deal with this problem is by calculating an integrated version
of equation (28) from the coast out to a distance L (L > λi and L > S), where the total
vertical transport (Wtotal ) is given by:
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2f S
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}

where W ’s refer to the vertical transports in m3 s−1 per meter of coastline. The trade off for
eliminating the length scale λi , is the appearance of a new length scale L for the integration
of the Ekman pumping term (wcurl ).

5.4 Data and Methods
In order to understand the role of different upwelling mechanisms as well as the total
upwelling transport (Wtotal ) within two upwelling regions in Brazil, Cabo Frio and Cabo
de Santa Marta, each term of equation (23) was estimated, and comparisons with SST
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were made. The austral summer season (January, February and March) was chosen for
the analysis due to its quasi-steady nature, and therefore the applications of the two-layer,
steady model are expected to be more realistic.
For the wind contribution to the upwelling, climatological monthly wind stress and wind
stress curl remote sensing data were obtained from Risien & Chelton (2008), based on an
8-year record (September 1999 - August 2007) from the SeaWinds Scatterometer on the
QuikSCAT satellite. In all calculations the summer mean and standard deviations were
estimated from the climatological data of January, February and March.
Wind stress data from the SeaWinds Scatterometer are acquired daily, with a 25 km
space resolution, covering over 90% of the global ocean surface, with accuracy better than
2 m s−1 in speed and 20◦ in direction, which is essentially equivalent to the accuracy of in
situ point measurements from buoys (Freilich & Dunbar, 1999). The high-spatial resolution
of the QuikSCAT scatterometer has revealed small-scale features of the global wind stress
field that cannot be detected by any other means (Chelton et al., 2004). A drawback of
SeaWinds is the antenna sidelobe contamination, which leads to a data gap in the first 30
km close to the land. Further details about the SeaWinds Scatterometer can be found in
Freilich et al. (1994) and Chelton & Freilich (2005).
Ekman pumping driven vertical velocities were integrated from the coast up to the
offshore distance L of 80 km. The length scale L was chosen to be the average shelf width
for both study regions, due its ecological relevance for nutrient enrichment and primary
productivity on the continental shelves. The coastal band where there is a data gap from the
SeaWinds Scatterometer, was filled up by extrapolating the wind stress curl data through
nearest-neighbour method.
The coastline data, used in the calculations of Ekman transport and upwelling due to
changes in horizontal shear as well as due to changes in flow curvature, were obtained from
World Data Bank II (designed for 1 : 2, 000, 000) from National Geophysical Data Center
- NOAA (http://www.ngdc.noaa.gov/mgg/coast/). The data was interpolated to 10-km
resolution and smoothed by a running average of 30-km applied twice.
In order to determine the orientation of the coastline for the Ekman transport calculation, straight lines were fitted through least squares, spanning 50-km of coastline centered at
the wind stress grid points. Changes in coastline orientation for the calculation of upwelling
driven by changes in horizontal shear was estimated by first-order differencing the coastline
data. For the upwelling driven by changes in flow curvature, coastline radii (Fig. 5.35) were
estimated by fitting circles using least squares centered at each coastal grid point and using
the previous and next point, a total of 3 coastline points (fits with 5 and 7 points were also
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tested and did not change the results significantly).
Finally, the constant parameters used in our calculations were: ρ = 1025 kg m−3 ;
vo = 0.15 ± 0.05 m s−1 ; H = 70 m; S = 35 km. All results were smoothed out by a 30-km
span running mean. These are reasonable values according to coastal upwelling physics,
and agree well with parameters from previous works done in these regions.
Rodrigues & Lorenzzetti (2001) obtained from model results typical longshore velocities
of 0.14 m s−1 in the upper layer of the regions between Cabo Frio and Vitória (V). The
mean depth of the region is approximately 70 m, being the value the authors adopted for
the flat-bottom simulations. The coastal jet in their model showed cross-shelf length scales
varying from 30 to 40 km, hence our choice of S = 35 km.
An analytical model for the southern Brazilian shelf (between 29◦ S and 35◦ S) from
Pereira (1989) show surface currents on the order of 0.1 m s−1 during summer. Numerical
simulations for the region of the South Brazil Bight by Palma & Matano (2009), using a
full primitive equations model under realistic forcing conditions, presented velocities ranging from 0.05 to 0.1 m s−1 near the bottom, and from 0.2 to 0.4 m s−1 on the surface
for the shallower regions between 27◦ S and 29◦ S near Cabo de Santa Marta and Ilha de
Santa Catarina, during summer. Campos et al. (2013) presented results from numerical
simulations at Cabo de Santa Marta region with velocities ranging between 0.1 to 0.2 m
s−1 near the coast.
Therefore values chosen for Cabo Frio are also valid for Cabo de Santa Marta. We
assumed same jet width (S) and mean depth as used for Cabo Frio, since the shelf at Cabo
de Santa Marta presents similar geometry as the average region between Cabo Frio and
Cabo de São Tomé.
Due to the lack of observational data and uncertainties of longshore currents, we attributed a variation of ±0.05 m s−1 around the central value chosen (0.15 m s−1 ), which
corresponds to nearly 33% of variability. Variations of longshore velocities will cause variations in topographically driven upwelling transport proportional to the square of vo as can
be seen in Equation (23).
In the climatological SST from the Advanced Very High Resolution Radiometer (NOAA
AVHRR v2.) (Fig. 5.33) it is possible to observe large-scale seasonal variability along the
Brazilian coast, however mesoscale SST features associated with topographic and coastline
variations are masked due to smoothing and averaging over the highly dynamic coastal
environment.
In order to capture mesoscale SST variability along the coast, higher resolution (5.5
km), daily, gap-free SST images from the “Operational Sea Surface Temperature and Sea
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Ice Analysis” (OSTIA) from 1998 to 2007 as well as the OSTIA reanalysis from 2009 to
present (Stark et al., 2007) were used.
Periods when upwelling was pesistent for at least 7 days were choosen and then SST
images were averaged over that time. Direct comparisons were made between the vertical
transports and the SST data closest to the coast, where coldest SSTs are often observed.
Both low-passed and high-passed (boxcar filters with width of 181.5 km for CF and 225.5
im for CSM) SST data along the coast were compared to different upwelling mechanisms,
in order to understand their along-shelf spatial scales.
To aid in the characterization of upwelling events and understand the general circulation, absolute geostrophic velocity fields computed from satellite-derived absolute sea
surface height were analysed. The altimeter products used in this paper were produced
by Ssalto/Duacs and distributed by Aviso, with support from Cnes (http://www.aviso.
oceanobs.com/duacs/).
To verify that the individual weeks of SST selected for comparison with vertical transport estimates were typical of coastal upwelling off Brazil, as well as to understand the
variance explained due to upwelling events over the regions of Cabo Frio and Cabo de
Santa Marta, the continuous time series of SST data from 1998 to 2007 were decomposed
into Empirical Orthogonal Functions (EOFs). To perform the EOF analysis, first each SST
image had the latitudinal trend in SST removed by normalising the temperature at each
latitude by subtracting the maximum temperature located along the shelf break (between
200m and 2000m isobaths), where the Brazil current is roughly located. After removal
of the latitudinal trend, the seasonal cycle was also removed using harmonic analysis (5
parameters: mean, annual and semi-annual), and finally, the summer months (January,
February and March) were used in the EOF decomposition.

5.5 Results
5.5.1 Cabo Frio Region
The average sea surface temperature (◦ C) between the 25th and 31th of March 2012,
obtained from the “Operational Sea Surface Temperature and Sea Ice Analysis” (OSTIA),
overlayed by absolute geostrophic velocity field computed from satellite-derived absolute
sea surface height for 28th of March 2012, are shown in Figure 5.36 (top, left). The EOF
first mode explains 30.9% of the total variance (Figure 5.36, bottom, left), and closely
resembles upwelling event shown in the SST image from OSTIA. The geostrophic currents
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flow southward along the coast, with velocities varying roughly from 0.2 to 0.5 m s−1 .
Further comparisons are made between the SST along the coast and the total vertical
transport (below).
The results for vertical transports within the Cabo Frio (CF) region are shown in Fig.
5.37. A detailed map of the region is presented in Fig. 5.37(a), covering from south of Cabo
Frio around 23◦ S up to 16◦ S. The shelf geometry is quite complex, with highly variable
shelf width: 50 km at Cabo Frio, 80 km between Cabo Frio and Cabo de São Tomé (CST),
40 km at Vitória (V), 100-240 km between Rio Doce (RD) and Caravelas (CA), and 45 km
north of Caravelas.
Topographically-driven upwelling transports including those due to changes in coastline
curvature, Wtradius in red, as well as those due to changes in horizontal shear, Wtshear
in green, are presented in Fig. 5.37(b). The solid lines represent the values estimated
using v = 0.15 m s−1 and the shaded areas represent uncertainties obtained through using
v = 0.15 ± 0.05 m s−1 , to give upper and lower bounds. Both mechanisms, Wtradius and
Wtshear , are highly variable along the coast, changing sign from positive to negative several
times, and tending to zero west of Cabo Frio. Upwelling due to flow curvature (Wtradius )
has a mean close to zero (−0.5 x 10−2 m2 s−1 ), and four main, nearly symmetric transitions
from a negative to a positive peak: at Caravelas, Rio Doce, Cabo de São Tomé and Cabo
Frio. The amplitudes of the transition peaks at Caravelas, Rio Doce and Cabo de São Tomé
range approximately from 0.1-0.2 (±0.08 − 0.13) m2 s−1 whereas at Cabo Frio the peaks
are almost twice as large, 0.4 (±0.28) m2 s−1 .
Upwelling due to along-shelf changes in shear (Wtshear ) has a mean value close to zero
(0.7 x 10−2 m2 s−1 ) and shows five positive and five negative peaks, being non-symmetric
around zero, with the positive amplitudes about two times larger than the amplitudes
of the negative peaks. The negative peaks are located slightly north of Caravelas, Rio
Doce, Vitória, Cabo de São Tomé and Cabo Frio, with values ranging from −0.09 to −0.13
(±0.06 − 0.09) m2 s−1 between Caravelas and Cabo de São Tomé, and the largest peak
between Cabo de São Tomé and Cabo Frio, with −0.2 (±0.15) m2 s−1 . Positive peaks are
located slightly south of Caravelas, Rio Doce, Vitória, Cabo de São Tomé and Cabo Frio,
where the smallest peak south of Vitória has amplitude of 0.08 (±0.05) m2 s−1 , followed
by the peak south of Rio Doce with 0.18 (±0.12) m2 s−1 , then Cabo Frio with 0.24 (±0.15)
m2 s−1 , Caravelas with 0.28 (±0.18) m2 s−1 , and finally Cabo de São Tomé with largest
peak of 0.32 (±0.21) m2 s−1 .
The wind-driven vertical transports, show both coastal upwelling, Wcoastal in gray, and
Ekman-pumping driven transport, Wcurl in blue (Fig. 5.37(c)). The darker line represents
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the summer mean along-shelf vertical transports obtained from January, February and
March monthly climatological wind stress values and shaded areas denote the mean ±1
standard deviation. Coastal upwelling (Wcoastal ) is relatively uniform over the region and
upwelling favorable, with a mean value of 0.6 (±0.2) m2 s−1 . Largest transports are found
in the region between Vitória and Rio Doce, 0.75 (±0.2) m2 s−1 , and then decay towards
both the north and south, with lowest values found at the souther limit of the domain,
0.4 (±0.03) m2 s−1 . Ekman pumping upwelling transports (Wcurl ) are much smaller than
coastal upwelling (Wcoastal ), with an average value of 0.05 (±0.06) m2 s−1 . Upwelling due
to wind stress curl is nearly zero north of Vitória, and nearly 0.12 (±0.1) m2 s−1 south of
Vitória.
The total vertical transports, wind-driven plus topographically-driven, Wtotal , are shown
in Fig. 5.37(d) with the mean (black solid line) and the variation (gray shaded area)
obtained from the sum of all lower and upper bounds of the individual vertical transport
terms. The average sea surface temperature (◦ C) along the coast between the 25th and 31th
of March 2012, from Fig. 5.36 (top, left), is shown in dash-dotted line, with upper and lower
bounds being the mean ±1 standard deviation. The total vertical transport (Wtotal ) has a
mean value of 0.68 (±0.22) m2 s−1 , is highly variable and upwelling favorable (positive) in
the entire region.
Two major upwelling peaks are found south of Cabo de São Tomé with 1.19 (±0.53) m2
s−1 , and south of Cabo Frio with 1.25 (±0.53) m2 s−1 , and other three peaks of slightly
smaller magnitudes are found (in increasing size): south of Vitória, 1 (±0.47) m2 s−1 ,
Caravelas 1.09 (±0.53) m2 s−1 and Rio Doce 1.1 (±0.38) m2 s−1
The temperature along the coast shows a maximum of nearly 24.4◦ C near Caravelas
(18◦ S), where the shelf is widest, then slowly decreases from Caravelas to Rio Doce as
a response of an upwelling peak just south of Caravelas. Further decrease in SST, at a
higher rate, occur from Rio Doce, where the shelf narrows down, to 21◦ S, responding to two
consecutive upwelling peaks at Rio Doce and Vitória. Between 21◦ S and just to the west
of Cabo Frio, there are three SST oscillations of up to 0.5◦ C around 21.5-22◦ C, with lowest
temperature peaks occurring slightly southward of the upwelling velocity peaks. SST then
warms up westards of 42.5◦ S.
In order to further understand the relationship between SST and vertical transport,
comparisons between vertical transports driven by topography-flow interaction and highpassed SST along the coast, as well as between vertical wind-driven transports and lowpassed SST along the coast are presented in Fig. 5.38. A maximum significant correlation
of −0.31 (95% confidence level of −0.25) is found between high-passed SST and vertical
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transports driven by topography-flow interaction at the lag of 16.6 km, where the cold water
is found downstream of the capes.
To understand the role played by topography versus wind in driving vertical transports,
the ratio between topographically-driven and wind-driven upwelling transports is presented
in Fig. 5.39. Values smaller than one represent wind-driven upwelling, values larger than
one represent topographically-driven upwelling, and values equal to one show that the two
mechanisms are equally important.
In the entire domain, the ratio is smaller than one, so wind is the major forcing mechanism. North of Cabo de São Tomé, the ratio is approximately 0.5, where the topographic
effects are half of the wind contribution. Places where the flow-topography interactions
represent over half of the wind contribution are: south of Cabo de São Tomé with ratio of
0.57, north of Caravelas with 0.58, north of Cabo Frio with 0.73, south of Caravelas wit
0.78, and north of Cabo Frio 0.94, where topographically driven upwelling becomes nearly
as important as wind-driven upwelling.

5.5.2 Cabo de Santa Marta region
The average sea surface temperature (◦ C) between the 13th and 19th of March 2012, obtained from OSTIA, overlayed by absolute geostrophic velocity field computed from satellitederived absolute sea surface height for 14th of March 2012, are shown in Figure 5.36 (top,
right). The EOF first mode (not shown) explains 34.7% of the total variance, and resembles
intrusion of cold waters from the south (Pereira (1989), Campos et al. (1996), Lima et al.
(1996), Campos et al. (1999), Piola et al. (2000), D. et al. (2001), Soares & Möller (2001),
Zavialov et al. (2002), Souza & Robinson (2004), Piola et al. (2005), Piola et al. (2008))
while the second mode (Fig. 5.36, bottom, right) explains 20.4% of the total variance and
closely resembles upwelling events south of Cabo de Santa Marta, such as the one shown
in the SST image from OSTIA. The geostrophic currents flow southwestward along the
coast in the vicinities of Cabo de Santa Marta, with velocities varying roughly from 0.2 to
0.4 m s−1 , while south of Torres, they become weaker with no clear preferable direction.
Midway between Torres and Rio Grande they increase their velocities again, and in the
vicinities of Rio Grande they become weaker and reverse direction in the southern end of
the domain. Further comparisons are made between the SST along the coast and the total
vertical transport (below).
The results for vertical transports for Cabo de Santa Marta (CSM) region are shown in
Fig. 5.37. A detailed map of the region is presented in Fig. 5.37(e), covering from south of

120
Rio Grande (RG), 33◦ S, up to the north of Cabo de Santa Marta, reaching Ilha de Santa
Catarina, 27.4◦ S. The shelf geometry is quite smooth, oriented in the NE-SW direction,
with isobaths tending to follow the coastline, and having the most abrupt disturbance at
Cabo de Santa Marta, where the coastline changes its mean orientation. Shelf width is
around 70 km at Cabo de Santa Marta, then it widens up southward with an average of 110
km, and then reaches its maximum width of 170 km at the southward end of the domain,
just south of Rio Grande.
Topographically-driven upwelling transports including those due to changes in coastline
curvature, Wtradius in red, as well as those due to changes in horizontal shear, Wtshear
in green, are presented in Fig. 5.37(f). The solid lines represent the values estimated
using v = 0.15 m s−1 and the shaded areas represent uncertainties obtained through using
v = 0.15 ± 0.05 m s−1 , to give upper and lower bounds. Both mechanisms, Wtradius
and Wtshear , start with positive values of similar magnitudes in the northern border of the
domain, of around 0.05 (±0.02) m2 s−1 , and becoming negative southward of 28◦ S, reaching
−0.05 (±0.02) m2 s−1 , with Wtradius having a broader peak. There is a positive narrow
peak in Wtradius south of Cabo de Santa Marta, with a magnitude of 0.05 (±0.04) m2 s−1 ,
and then Wtradius becomes nearly zero soutward of 29◦ S, until the southern border, when
there is a negative peak of −0.05 (±0.03) m2 s−1 .
Wtshear reaches its highest value slightly south of Cabo de Santa Marta, of 0.12 (±0.08)
m2

s−1 , then it becomes negative at Torres (TO) −0.03 (±0.02) m2 s−1 , and turns to

positive halfway until Rio Grande, 0.02 (±0.02) m2 s−1 . South of Rio Grande, it reaches its
negative highest peak, of −0.06 (±0.04) m2 s−1 . Upwelling due to flow curvature (Wtradius )
has a mean close to zero (0.8 x 10−3 m2 s−1 ), while upwelling due to changes in horizontal
shear has a mean value of 0.6 x 10−2 m2 s−1 , one order of magnitude higher.
The wind-driven vertical transports, show both coastal upwelling, Wcoastal in gray, and
Ekman-pumping transports, Wcurl in blue (Fig. 5.37(g)). The darker line represents the
summer mean along-shelf vertical transports obtained from January, February and March
monthly climatological wind stress values and shaded areas denote the mean ±1 standard
deviation. Coastal upwelling (Wcoastal ) is relatively uniform over the region and upwelling
favorable, with a mean value of 0.28 (±0.08) m2 s−1 . Largest upwelling transports are found
just south of Cabo de Santa Marta, 0.37 (±0.07) m2 s−1 , and approximately at 30.5◦ S, 0.34
(±0.09) m2 s−1 , then decreasing towards the northern border of the domain, 0.2 (±0.11)
m2 s−1 , and southern border of the domain, 0.22 (±0.09) m2 s−1 .
Ekman pumping upwelling transports (Wcurl ) are much smaller than transports due to
coastal upwelling (Wcoastal ), with an average value of 0.01 (±0.02) m2 s−1 . Positive values
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are found between Cabo de Santa Marta and 50km north of Rio Grande, with maximum
peak reaching 0.04 (±0.04) m2 s−1 , while beyond this region values are slightly negative,
downwelling favorable, with maximum value in the southern end of the domain, of −0.02
(±0.02) m2 s−1 .
The total vertical transports, wind-driven plus topographically-driven, Wtotal , are shown
in Fig. 5.37(h) with the mean (black solid line) and the variation (gray shaded area)
obtained from the sum of all lower and upper bounds of the individual vertical transport
terms. The average sea surface temperature (◦ C) along the coast between the 13th and 19th
of March 2012, from Figure 5.36 (top, right), is shown in dash-dotted line, with upper and
lower bounds being the mean ±1 standard deviation. The total vertical transports (Wtotal )
has a mean value of 0.3 (±0.1) m2 s−1 , and is upwelling favorable (positive) in the entire
region.
In the northern part of the domain, vertical transports are 0.3 (±0.2) m2 s−1 , quickly
dropping to 0.2 (±0.1) m2 s−1 just north of Cabo de Santa Marta, then reaching the largest
peak south of Cabo de Santa Marta of 0.56 (±0.23) m2 s−1 . Southward of the maximum
upwelling peak, transports are about 0.28 (±0.07) m2 s−1 then halfway between Torres and
Rio Grande they increase up to about 0.4 (±0.12) m2 s−1 until they reach Rio Grande,
decreasing after that.
The temperature along the coast shows a maximum in the northern border, 22.6◦ C, and
decreases rapidly until reaches its minimum value of 21.1◦ C, just south of the maximum
upward transport peak south of Cabo de Santa Marta. The temperature then increases
until it reaches 22.5◦ C just north of Rio Grande, and then decays southward to 21.7-21.8◦ C
in the most southern limit of the domain.
Comparisons between vertical transports driven by topography-flow interaction and
high-passed SST along the coast, as well as between vertical wind-driven transports and
low-passed SST along the coast are presented in Fig. 5.38 (bottom). A maximum correlation of −0.44 (not statistically significant within 95% confidence level: -0.53) is found
between high-passed SST and vertical transports driven by topography-flow interaction at
the lag of 33.3 km, where cold water is found downstream of the capes.
The ratio between topographically- and wind-driven upwelling shows that wind is the
main forcing mechanism for upwelling in most of the domain (Fig. 5.40). The role of
topography however, can be important in three different discrete places: in the northern
part of the domain, where ratio is about 0.6, southern parts of the domain, with ratio 0.53,
and just south of Cabo de Santa Marta, with ratio of 0.43.
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5.6 Discussion
The wind plays a fundamental role in both major upwelling systems of Brazil, Cabo Frio
(CF) and Cabo de Santa Marta (CSM). During summer, the mean wind-stress is directed
towards the southwest (Fig. 5.33), creating offshore Ekman transport (upwelling favorable)
along the entire coast within these regions, and as a response, coastal upwelling is observed
everywhere (Fig 5.37). This allows a southward, alongshore, upwelling jet to set up, and
further create vertical velocities through the relative vorticity field gradients created by
flow-topography interaction. As a direct effect of the stronger wind-stress over the Cabo
Frio region, its coastal upwelling is over two times larger than the coastal upwelling observed
at Cabo de Santa Marta.
An Empirical Orthogonal Function (EOF) analysis, was used to describe variability in
the SST upwelling signature along the coast. Near Cabo Frio (CF) upwelling was described
by the first mode and represent 31% of the variability, however in Cabo de Santa Marta
(CSM), the upwelling was better captured by the second mode, with 20% of variability. In
the CSM region, northward advection of cold waters from the south seems to be the major
factor responsible for controling SST variability. In both regions, cold waters in the vicinity
of coastal features are associated with a southward geostrophic flow, a typical characteristic of a coastal upwelling phenomenon off the Brazilian coast. It has been demonstrated
at Cabo Frio, that upwelling can have a significant impact on the coastal marine ecosystem, bringing nutrients to the surface water and enhancing fisheries productions (Matsuura
(1996); Matsuura (1998)).
Ekman pumping has a nearly negligible impact on the vertical transports observed north
of Vitória (CF region) and over most of the continental shelf within Cabo de Santa Marta
region (except for a relatively small domain around 100 km centered at Torres), being
in general one to two orders of magnitude smaller than coastal upwelling or topographic
effects. However, significant contributions occur from south of Vitória to the southern end
of the Cabo Frio region, where wind stress curl-driven upwelling reaches 15%, 30% − 50%,
and 30% − 100% of the coastal upwelling, upwelling due to changes in horizontal shear, and
due to changes in coastline curvature, repectively. A significant contribution of wind stress
curl-driven upwelling is also found in the Cabo de Santa Marta region, at Torres, where it
reaches 15%, 30%, and 90%, of the coastal upwelling, upwelling due to changes in horizontal
shear, and due to changes in coastline curvature, repectively.
Despite its smaller contribution to the vertical transport over the continental shelves,
negative wind-stress curl (upwelling-favorable) is observed over a much larger extent offshore

123
of the continental shelf. The net effect of this larger scale Ekman pumping, including the
offshore region of negative wind-stress curl (from the coast to aproximatelly 200 km offshore)
was shown by Castelão & Barth (2006b) to play a significant role in the vertical volume
transport, along a ∼ 800-km wide coastal strip in the Cabo Frio region (between Vitória
and São Sebastião). According to the authors, the vertical transport from wind-stress
curl driven upwelling has the same order of magnitude as vertical transport due to coastal
upwelling.
In this paper, we restricted our analysis of Ekman pumping to the continental shelf
because we’re interested in enhancement of primary productivity for the continental shelf
marine ecosystem. Also, note that the Ekman pumping velocities (wcurl ) calculated in this
paper, are different from the traditional 1 21 -layer model w = k̂ · ∇ ×

τ~o
ρf

(e.g. Castelão &

Barth (2006b), Campos et al. (2013)) by a factor of two through the use of a two-layer
model.
It should be kept in mind that the wind stress and wind stress curl data in this paper
miss the first 30 km near the coast due to a gap in the QuikSCAT satellite coverage, and that
this gap was filled up by extrapolating the closest data point from offshore. This region is
important for upwelling dynamics because both the Ekman pumping and Ekman transport
(coastal upwelling) mechanisms are sensitive to the coastal wind profiles. According to
Capet et al. (2004), high nearshore drop-off in the alongshore winds favors Ekman pumping,
while stronger nearshore winds favor intense and localized coastal upwelling. This indicates
that future investigation should be addressed to understand the spatial dependence of the
nearshore wind field along the Brazilian coast, in order to fully understand the role played
by these two mechanisms.
The total upwelling transports for both Cabo Frio and Cabo de Santa Marta regions are
mainly generated by wind-driven coastal upwelling which has a nearly uniform distribution.
This upwelling, primarily wind-driven, is then modified first by horizontal shear gradients
and second by changes in coastline curvature, which are both highly variable in space,
and, in general, co-located. Topographically-driven vertical motions are relevant upstream
of coastal capes, acting against the wind-driven coastal upwelling and therefore reducing
the total upwelling transport, and are also revelant downstream of capes, when all three
mechanisms add up to create strong upwelling favorable sites along the coast.
Comparisons between SST and upwelling transports reveal a good agreement, where local minima of temperature are found slightly downstream of upwelling peaks, driven mainly
by flow-topography interactions, while larger scale variability seems to be related to winddriven mechanisms. Agreements between upwelling peaks due to topographic upwelling and
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SST are especially clear south of Rio Doce to the southern end of the Cabo Frio region,
and south of Cabo de Santa Marta. Particular exceptions to that are found in two regions:
between Rio Doce and Caravelas in the Cabo Frio region, and in the vicinity of Rio Grande
in the Cabo de Santa Marta region.
The region between Rio Doce and Caravelas has a very wide continental shelf, reaching
up to 240 km, with the presence of complex bathymetry and a large coral reef system,
the Abrolhos Bank. Two different mechanisms in this region could possibly affect the SST
and cause the anomalous warm SST: first, the large extension of the shelf could possibly
make the upwelling source water further away from the coast, and therefore it would take
a longer time to reach the inner shelf, where most of the upwelling occurs due to Ekman
transport. Second, the complex bathymethy, width of the shelf, and presence of coral reefs
may increase considerably frictional effects, that could damp the formation of the upwelling
jet. The anomalous warm temperatures in the vicinity of Rio Grande cannot be explained
by the upwelling transports from our model results, and it could possibly be due to the
influence of the Patos Lagoon in the coastal ocean (Figure 5.36). The lagoon is very large,
nearly 250 km long by 40 km wide, and since it is also very shallow with a mean depth
of nearly 5 m, it gets significantly warmer from incoming solar radiation than the coastal
ocean, potentially influencing the adjacent ocean surface waters.
The degree to which a coastal upwelling jet separates from the coast due to perturbations
in topography was studied by Castelão & Barth (2006a). Based on a series of numerical simulations with idealized topography and real stratification, the authors found that maximum
separation occurs with increasing Rossby number (Ro) and a Burger number (Bu) close to
1. A jet separation criteria was established based on Castelão & Barth (2006a), where the
Ro was calculated from Ro =

v
f λi

and Bu =

λ2i
R2

(Fig. 5.40). In the Cabo Frio region, Ro

shows very small change through the domain, from 0.13 ±0.05 in the southern end to 0.2
±0.07 in the northern border. Bu has values close to zero in most of the domain, with the
exception of four peaks: 0.23 at Caravelas, 0.1 at Rio Doce, 0.33 at Cabo de São Tomé,
and 0.95 at Cabo Frio. In Cabo de Santa Marta Ro numbers are small, around 0.1 with
insignificant deviations from that within the study region. The Bu is also very small, near
zero everywhere except for a peak at Cabo de Santa Marta reaching 0.08. The values found
suggest that a jet separation is not likely to occur at Cabo de Santa Marta, however Bu
close to one at Cabo Frio suggests that this is a preferred place for jet separation to occur.
The analytical model used in this paper breaks down southward of Cabo Frio, where the
upwelling jet is likely to separate off the coast according to the criteria based on Castelão
& Barth (2006a). Observational evidence of the jet separation does not currently exist.
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It is important to notice that the analytical model used in this paper assumes a steady
state, and that the total upwelling transport is composed of simply a linear combination of
the mechanisms studied (coastal upwelling, Ekman pumping, changes in horizontal shear
and coastline curvature), neglecting possible nonlinear interactions between them, time
dependence, as well as any other mechanisms. Examples of other mechanisms not present
in this model, that have been shown to affect upwelling in the region of Cabo Frio include:
feedbacks between sea breeze and coastal upwelling (Franchito et al. (1998)), and coupling
between SST, SST gradients and wind stress curl (Castelão (2012)), and in the region of
Cabo de Santa Marta, changes in the continental shelf width (Campos et al. (2013)). In
the South Brazil Bight, interactions between the Brazil current and topography (Palma
& Matano (2009), Matano et al. (2010)), and instabilities (Campos et al. (1995), Campos
et al. (2000)) may also be important.
Our estimates of vertical transport due to flow-topography interactions, Wtopography =
Wtshear +Wtradius , is the sum of two distinct modes of the flow. One mode is that the coastal
jet’s offshore boundary remains straight and at a fixed distance from the mean position of the
coastline, and that the jet changes its width, and the flow is “squeezed” (Wtshear ). Another
mode is that the coastal jet follows the coastline and the jet width is fixed (Wtradius ).
In the real ocean however, bottom topography and continuous stratification bring further
complexity to the flow, and the contribution of the two modes may not necessarily be
weighted equally. It is important to keep in mind that our estimates are in the upper
limits of both mechanisms and those assumptions were necessary to make progress using
analytical solutions. In fact the contribution of the flow-topography interactions to the
upwelling transport could be better modeled by: Wtopography = σ∗Wtshear +(1−σ)∗Wtradius ,
where σ varies between 0 − 1, and numerical simulations could aid to find σ under different
scenarios.
Another important assumption used in the calculations of upwelling due to flow-topography
interactions, is the linear cross-shelf velocity profile of the coastal jet. This seems like a
first natural choice for an analytical problem approximating a jet sheared by lateral friction,
however the shape of the upwelling jet could in fact be a different one in the real ocean.
This specific choice could possibly be underestimating the shear, when compared to other
velocity profiles, such as a quadratic one for example. In order to validate the assumption
for the velocity profile chosen, in-situ measurements should be done over the region with
proper spatial and temporal resolution, data that are not currently available.
Finally, the choice of a two-layer model and the desire to obtain an analytical solution
led to the necessity of making the assumptions given by equations (10) and (11). Previous
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analytical and numerical results from two-layer upwelling dynamics (eg. Crépon & Richez
(1982), Crépon et al. (1984)) show similar baroclinic behaviour, where spatial variability
in atmospheric forcing or coastline disturbances (eg. capes) can generate a current flowing
in the direction of the wind in the surface layer, and opposite to the wind in the bottom
layer. This is a response due to the generation of internal Kelvin waves that arise under
these conditions (e.g.: Allen (1975), Allen (1976)).
In fact, Crépon & Richez (1982) and Crépon et al. (1984), show that the baroclinic
component of the layer’s velocities are related by:

v2 = −v1

h1
h2

(5.62)

which, in the case of a 2-layer approximation, where h1 ≈ h2 , supports Johnson et al.’s
[1980] assumptions.
Departures from vertical velocities estimates in the 2-layer model, could arise due to the
position of the pycnocline relative to the total water depth (or ratio of layer thicknesses).
Observations from oceanographic cruises near Cabo Frio and Cabo de Santa Marta, show
that during summer time the pycnocline is positioned in between 20-30 meters deep (Miranda (1982), Matsuura (1986), Valentin et al. (1987), Möller Jr. et al. (2008), Campos
et al. (2013)). This would modify our estimates of vertical velocities, reducing them by
(1 − h1 /h2 ) × 100% which would effectively lead to a 25-60% slower upwelling, assuming
again a constant flat bottom topography of 70 meters deep, as used in our analysis.
Despite the simplicity of the analytical model, and our highly idealized assumptions,
results in general agree well with the variability of observed sea surface temperature along
the coast. Wind-driven upwelling mechanisms solely could not explain the observed SST
along the coast, showing that the capes and coastal features have a fundamental role in the
SST variability and upwelling velocities along the coast for both regions of Cabo Frio and
Cabo de Santa Marta, Brazil. Results strongly suggest also that on larger scales, the SST
variability along the coast is mainly controled by wind-driven upwelling, while upwelling
due to flow-topography interaction is responsible for the smaller scale SST variability.

5.7 Summary and Conclusions
In this paper we used an analytical, two-layer, steady, wind-driven model and wind stress
data from the QuikSCAT satellite to investigate the contributions of Ekman transport,
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Ekman pumping, coastline curvature and horizontal shear due to coastline irregularities, to
the total vertical transports in the major upwelling systems of Brazil, the regions of Cabo
Frio and Cabo de Santa Marta. Both wind-driven and topographically-driven upwelling are
fundamental to describe the variability of SST and vertical transport structure along the
coast. Away from coastline irregularities, wind-driven upwelling dominates. However in the
vicinity of capes and coastal features, topographically-driven upwelling plays a significant
role, and its transports vary from 43% to 94% of wind-driven upwelling, depending on how
abrupt the coastline disturbances are. Results show that the upwelling system at Cabo
Frio has vertical transports about twice as large as in the Cabo de Santa Marta region,
because both topographically-driven and wind-driven mechanisms are stronger in the Cabo
Frio region.
Using satellite remote sensing it was possible to detect oscillations in SST along the coast,
with warmer peaks upstream of capes and colder peaks downstream of capes, corresponding
to the vertical transport variability predicted by the two-layer model. It also revealed the
importance of including topographically-driven upwelling in the total vertical transports to
explain SST patterns along the coast, which could not be done by only using the winddriven mechanisms. Wind-driven and topographically-driven upwelling act on different
spatial scales: large scale SST variability is controled mainly by wind-driven upwelling, while
smaller scale SST varibility is controled by upwelling driven by flow-topography interaction.
Ocean observing technologies available today, such as high-frequency, land-based coastal
radars, underwater gliders, moorings, etc., as well as fully non-linear primitive equation
numerical models should be used in future research in order to fully understand the complex upwelling dynamics of the Brazilian coast. Future studies of upwelling dynamics in
these regions should address time dependence, wind relaxations and reversals, the role of
barotropic and baroclinic waves and tides, as well as the influence of the western boundary
Brazil current.
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Figure 5.33: Seasonal climatologies of sea surface temperature (SST) from the Advanced
Very High Resolution Radiometer (NOAA AVHRR v2.) (top), and wind stress (middle),
and wind stress curl (bottom) from the SeaWinds Scatterometer on the QuikSCAT satellite
data (Risien & Chelton (2008)). White boxes indicate regions where vertical velocities are
calculated.
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Figure 5.34: Geometry of the upwelling jet used used for the calculation of vertical velocities
induced by the changes of horizontal shear due to coastline irregularities.
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Figure 5.35: (left) Circles fitted to the coastline of the regions of Cabo Frio (top) and Cabo
de Santa Marta (bottom) (only a few circles with radius smaller than 500 km were selected
for better visualization); (right) Coastline curvature (1/R). Blue refers to curvature driving
currents with negative vorticity (cyclonic) and red refers to curvature driving currents with
positive vorticity (anti-cyclonic), for a southward upwelling jet. The y−axis coordinate
system in the top right panel (Cabo Frio region) changes from a function of latitude from
16◦ S to 23◦ S to a function of longitude from 42◦ W to 44◦ W and the two regions are separated
by a black straight line.
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Figure 5.36: (top) Sea surface temperature (SST) from the “Operational Sea Surface Temperature and Sea Ice Analysis” (OSTIA) overlayed by absolute geostrophic velocity field
computed from satellite-derived absolute sea surface height (first 50 kilometers near the
coast were masked due to land contamination) for the regions of: (left) Cabo Frio, with
SST averaged between the 25th and 31th of March 2012, and absolute geostrophic currents
for 28th of March 2012 (CF: Cabo Frio; CST: Cabo de São Tomé; V: Vitória; RD: Rio
Doce; CA: Caravelas); (right) Cabo de Santa Marta, with SST averaged between the 13th
and 19th of March 2012, and absolute geostrophic currents for 14th of March 2012 (CSM:
Cabo de Santa Marta; TO: Torres; RG: Rio Grande). (bottom) Empirical Orthogonal Functions calculated from daily OSTIA SST images for the summer months (January, February
and March) from 1998 through 2007 (10 years), after removed latitudinal dependence and
seasonal cycle. Percentage of variance and mode number are shown in each panel.
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Figure 5.37: Vertical transports calculated in the vicinity of Cabo Frio (CF) region (top)
and Cabo de Santa Marta (CSM) region (bottom), Brazil. Transports are presented as
m3 s−1 per m of coastline. Cabo Frio (a) and Cabo de Santa Marta (e) region maps,
showing isobaths of 50, 100, 200, 1000, 2000, 3000 and 4000 m. Legends on the left refer
to subsequent panels. (CF: Cabo Frio; CST: Cabo de São Tomé; V: Vitória; RD: Rio
Doce; CA: Caravelas; CSM: Cabo de Santa Marta; TO: Torres; RG: Rio Grande); (b,f)
Topographically-driven vertical transports along the coast. Green refers to Wtshear and red
to Wtradius . Upper and lower limits of shaded areas correspond to the calculations using
v = 0.15 ± 0.05 m s−1 . (c,g) Wind-driven vertical transports along the coast. Blue refers
to Wcurl and light gray to Wcoastal . Upper and lower limits of shaded areas correspond
to one standard deviation from the summer (January, February and March) mean. (d,h)
Total upwelling transports and sea surface temperatures along the coast. Dark gray refers
to Wtotal and magenta refers to temperature in ◦ C, averaged between the 25th and 31th
of March 2012 in (d) and between the 13th and 19th of March 2012 in (h) obtained from
the “Operational Sea Surface Temperature and Sea Ice Analysis” (Fig. 5.36, top). Note
that temperature scales are reversed for better visualization. The y−axis coordinate system
for (b), (c) and (d) changes from a function of latitude from 16◦ S to 23◦ S to a function of
longitude from 42◦ W to 44◦ W and the two regions are separated by a black straight line.
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Figure 5.38: Comparisons between vertical transports driven by topography-flow interaction
and high-passed SST along the coast (b,e), and between vertical wind-driven tranports
and low-passed SST along the coast (c,f), for Cabo Frio (CF) region (top) and Cabo de
Santa Marta (CSM) region (bottom), Brazil. Transports are presented as m3 s−1 per m of
coastline (dark gray), and temperature (magenta) in ◦ C, averaged between the 25th and
31th of March 2012 in (b,c) and between the 13th and 19th of March 2012 in (e,f) obtained
from the “Operational Sea Surface Temperature and Sea Ice Analysis” (Fig. 5.36, top).
The y−axis coordinate system for (b) and (c) changes from a function of latitude from 16◦ S
to 23◦ S to a function of longitude from 42◦ W to 44◦ W and the two regions are separated
by a black straight line. Note that temperature scales are reversed for better visualization.
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Figure 5.39: For the regions of Cabo Frio (top) and Cabo de Santa Marta (bottom): maps
(left), showing isobaths of 50, 100, 200, 1000, 2000, 3000 and 4000 m; Ratio between
topographically-driven and wind-driven vertical transports (right). Dotted line points where
contributions of topographically-driven upwelling reach 50% of the wind-driven contribution. The y−axis coordinate system for top right panel changes from a function of latitude
from 16◦ S to 23◦ S to a function of longitude from 42◦ W to 44◦ W and the two regions are
separated by a black straight line. (CF: Cabo Frio; CST: Cabo de São Tomé; V: Vitória;
RD: Rio Doce; CA: Caravelas; CSM: Cabo de Santa Marta; TO: Torres; RG: Rio Grande).
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Figure 5.40: For the regions of Cabo Frio (top) and Cabo de Santa Marta (bottom): maps
(left), showing isobaths of 50, 100, 200, 1000, 2000, 3000 and 4000 m; jet separation criteria
(right): Burger number (Bu) in red, and Rossby number (Ro) in black with upper and lower
limits shaded in gray, calculated using v = 0.15±0.05 m s−1 . The y−axis coordinate system
for top right panel changes from a function of latitude from 16◦ S to 23◦ S to a function of
longitude from 42◦ W to 44◦ W and the two regions are separated by a black straight line.
(CF: Cabo Frio; CST: Cabo de São Tomé; V: Vitória; RD: Rio Doce; CA: Caravelas; CSM:
Cabo de Santa Marta; TO: Torres; RG: Rio Grande);
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6. Conclusions
6.1 Summary of Results
The present work was dedicated primarily to investigate the effect of buoyancy forcing
from river discharge on the coastal ocean, and its modification by windstress off the Oregon
coast. A new look of the poorly studied fall/winter oceanographic conditions off Oregon was
provided here, enabled by recent advances in ocean observation technology. The development of underwater gliders allowed surveys in rough ocean and weather conditions. Thanks
to the great effort from the glider research group at OSU, a multi-year high-resolution data
set was obtained off Oregon, including the downwelling season (fall/winter), which allowed
this research to be pursued.
The glider sections analysed here, were completed in approximately 3-5 days, having
the disadvantage of not providing a synoptic view of the ocean, and potentially biased by
internal and external tides, diurnal cycles of heat flux and wind stress, changes in the windforcing and meteorological conditions along the survey, etc. Another challenge comes from
the fact that the gliders never follow the same exact path, being advected by along-shelf
currents, therefore surveying different regions of the ocean in each transect. All of these
disadvantages and challenges were overcome by exploring the large data set provided by the
sustained glider observations (67 transects of the OCC), which allowed calculations with a
large number of degrees of freedom, reducing the inherent errors and uncertainties. The
acquisition of this large data set, was only enabled due to the great cost effectiveness of the
gliders operations, especially when compared to traditional oceanographic surveys obtained
from research vessels.
During fall/winter seasons, freshwater is delivered along the Oregon and northern California coasts by multiple small to medium sized mountainous rivers. The net discharge
vary from a few thousand to above ten thousand meters cubic per second, comparable to
the Columbia River discharge. As a result, a persistent band of low-density waters is created along the coast, which in conjunction with the predominantly northward downwellingfavorable winds and the large-scale, poleward Davidson current, generates what we have
named the Oregon Coastal Current (OCC).
In this work, we present the first detailed description and characterization of the OCC.
Using a two-layer model, we conclude that the OCC is a surface-trapped coastal current,
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and its primary driver is buoyancy, followed by the Davidson Current, and then the windstress, accounting for 61% (±22.6%), 26% (±18.6%) and 13% (±11.7%) of the along-shore
transports, respectively. The OCC average velocities vary from 0.1 to over 0.5 m s−1 , with
average transport of 0.08 (±0.07) Sv, and the maximum observed value of 0.49 Sv, magnitudes which are comparable to the summertime upwelling jet. The OCC is highly responsive
to along-shelf wind forcing, which significantly impacts its geometry, consistently with the
cross-shelf circulation generated through Ekman dynamics.
A consistent freshening through the progression of the fall/winter was detected offshore
of the OCC. Observations revealed that oceanographic conditions may change 1-2 months
prior to the spring transition in local winds, due to remote forcing. Two different regimes
controlling the freshening off Oregon are characterized: prior to and after what we have
called the remotely forced spring transition (RFST). Prior to the RFST, the freshening
offshore of the OCC is confined to an offshore distance of approximately 33 km from the
OCC’s edge. The freshening in this region can be explained by both eddy and wind-driven
Ekman cross-shelf freshwater fluxes, from the OCC. With the present data it was not
possible to disentangle the relative contributions from each mechanism. These observations
however, allowed the quantification of freshwater loss, or leakage from the OCC. Using these
estimates, a leaking pipe model of the OCC was developed and used to characterize how
many rivers influence the freshwater transported by the OCC through the NH-line. We
have concluded that for nearly 50% of the time, the freshwater flux through the NH-line,
can be explained by summing up discharges from 3-4 rivers, reaching as far as the Umpqua
or Coquille rivers, located 70 to 110 km south of the NH-line.
The discharge information from the 3-4 rivers added up, was used in order to obtain
predicted parameters for the OCC, such as width and depth derived from analytical theories
(e.g. Yankovsky & Chapman, 1997; Lentz & Helfrich, 2002). Comparison of these predicted
parameters with glider-based estimates, confirms that the width and depth of the OCC
are highly modified by the wind-forcing, as shown by Mazzini et al. (2014). This is likely
because the basic assumptions used in deriving these discharge-only theoretical estimates,
notably the absence of mixing and wind-forcing, are no longer valid.
Offshore of this OCC’s influence zone, no significant changes in salinity occur. Accumulation of freshwater from the high rainfall rates over the region are prevented by the
northward advection by the Davidson current. After the RFST, remotely forced currents
demonstrated to be strong enough in order to overcome the buoyancy- and wind-forcing,
and advect Columbia River Plume (CRP) waters southward. During this time, the freshwater variability is controlled by southward advection of the CRP, which interacts with the
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OCC and influences the Oregon continental shelf and offshore waters.
The freshwater off Oregon, is also variable at longer time scales. As El Niño and La Niña
events affect river runoff on the Pacific Northwest, the ocean salinity is also impacted by the
anomalous river discharges. In fact, low salinities observed off the NH-line are significantly
correlated to the Multivariate El Niño/Southern Oscillation Index (MEI). In this work, we
have observed that the the lowest salinity ever measured off Oregon coincided with the
extreme La Niña event of 2010-2011. It is also shown here, the advection of the CRP, from
the mid-shelf, 20 km offshore, to the coast and eventually entering the Yaquina Bay during
a sustained wind reversal event. This demonstrates the importance of exchange of material
and substances in between the CRP and the coastal estuaries.
Finally, the effect of wind-forcing in a continental shelf without significant freshwater input, was also addressed. Two major upwelling systems off Brazil were studied, the regions of
Cabo Frio and Cabo de Santa Marta. Based on an analytical, two-layer, steady, wind-driven
model and wind stress data from the QuikSCAT satellite, we have estimated the relative
contributions of Ekman transport, Ekman pumping, coastline curvature and horizontal
shear due to coastline irregularities to the total vertical transports. Away from coastline
irregularities, wind-driven upwelling dominates, however in the vicinity of capes and coastal
features, topographically-driven upwelling plays a significant role, and its transports vary
from 43% to 94% of wind-driven upwelling, depending on how abrupt the coastline disturbances are. These different mechanisms have also an effect on the along-shelf variability
of sea surface temperature (SST): large scale SST variability is controlled mainly by winddriven upwelling, while smaller scale SST variability is controlled by upwelling driven by
flow-topography interaction.

6.2 Future Work
The OCC is a persistent, key component of the fall/winter dynamics off the Oregon
coast, and its influence reaches beyond the continental shelf, advancing to the slope and
farther offshore. All of the results and analysis conducted here were based on glider transects, which only give us a two-dimensional picture of the OCC. Nevertheless, significant
along-shelf gradients in both mass and momentum could be important components in the
OCC dynamics. These gradients could be generated by the variability in the bathymetry
and coastline, by instability processes, spatially variable windstress, and due to the effect of multiple, time-variable sources of freshwater along the coast. In situ measurements
and a proper quantification of these gradients as well as the momentum and mass budgets
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should be pursued in the future, for advancing the understanding the OCC dynamics. This,
would also allow us to understand the time scales in which the OCC response to along-shelf
wind-forcing could be explained by two-dimensional models, and when three-dimensional
variability becomes dominant.
Another important issue raised here, is in which conditions the OCC may become unstable. The observations obtained through satellite remote sensing, showed us that in fact
the OCC can develop instabilities and shed eddies. However, a linear stability analysis of
the OCC was not conducted here. From it, we could learn what are the typical length scales
of the eddies and their respective growth rates. This would also enable us to understand
the mechanisms controlling the instabilities processes of the OCC.
In our work, we have demonstrated through simple parameterizations that both eddy
and wind-driven offshore freshwater fluxes could explain the net freshening offshore of the
OCC. However, our estimates were biased towards the upper limits of these mechanisms,
and they did not address their time dependence. A more sophisticated quantification of
these processes would be possible by using idealized process-oriented numerical simulations.
This could be used to separate and quantify the relative roles of these mechanisms and
their efficiency in the offshore freshwater fluxes. Also, by better understanding the rate of
freshwater flux from a coastal current to the continental shelf would allow us to predict the
deceleration of the coastal current as a function of distance from the source, and how far
along they can propagate before fully dispersing.
Finally, we have concluded that 3-4 rivers can explain the observed freshwater fluxes
through the NH-line for nearly half of the time, by using a simple leaking pipe model. In
order to test the validity of our model, it could be used a realistic fully non-linear primitive
equation numerical model of the Oregon coast, including all the coastal rivers. This would
allow us to address the time dependence of the rivers influencing the NH-line, and more
important, address what is the final fate of the freshwater discharged by the coastal rivers
along the Oregon and northern California coasts.
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