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The St. Elias, Alaska earthquake of 28 February, 1979 (M s 7.2) is reanalyzed using broadband 
teleseismic body waves and long-period surface waves because of unresolved questions about its depth, 
focal mechanism, seismic moment, and location in a seismic gap. Teleseismic waveforms are 
simultaneously inverted to determine the source mechanism, seismic moment, rupture history and 
centroid depth. These data are well modeled with a point source propagating in the ESE direction with 
an average kinematic rupture velocity of 2.5 km/s. The best-fitting source mechanism indicates 
underthrusting on a NE-dipping plane. The mainshock depth of 24 km and the depth of aftershocks 
determined from inversions are consistent with locations on the gently dipping main thrust of the 
Pacific-North American plate boundary. These depths are substantially different from those of earlier 
body wave studies and regional seismic network aftershock depth determinations but are in accord with 
the Harvard Centroid-Moment Tensor and International Seismological Centre determinations. The 
seismic moment determined from body waves is 9.4x1019N-m (M w 7.3). The spatial and temporal 
distribution of moment release indicates that the St. Elias earthquake was a complex rupture consisting 
of two distinct subevents within 38 s of the initial onset, followed by low moment release during the 
next 34 s. Earlier studies indicated an unusual amount of surface wave energy at very long periods (> 
200 s) that led some workers to suggest that St. Elias was a "slow" earthquake. Our broadband 
modeling does not require more than 34 s of additional moment release after the first two subevents. 
Moreover, we are able to match the phase and amplitude of 200-s Love and Rayleigh waves with a 
thrust fault point source of moment 1.3x102ø N-m (M w 7.4) located at the body wave centroid. The 
moment difference is not discernible with body waves for moment evenly distributed over 72 s. Thus, 
the St. Elias earthquake is not slow with respect to 200-s surface waves but is complex with regard to 
the broadband body waves. Upper plate structure apparently controlled the gross characteristics of 
rupture. The rupture direction parallels mapped upper plate faults. Rupture propagated unilaterally to 
the ESE, with little initial moment release, as a shallow, north-dipping thrust that later changed to 
more steeply NE dipping with a large right-lateral strike-slip component. The locations and source 
mechanisms of these subevents and locations of aftershocks define a shallow dipping surface at the 
eastern edge of the Pacific plate. Moreover, the component of strike-slip motion increases with time 
in the mainshock implying that the transition to strike-slip faulting occurs along the plate interface. 
The estimated nucleation point of the second subevent coincides with a large concentration of 
aftershocks interpreted as representing a barrier to continuous rupture associated with the northern-most 
boundary of the Yakutat terrane. Joint relocation of aftershocks suggests that the main plate boundary 
may be offset vertically by 5-10 km as a result of this structure. The southern part of the aftershock 
zone, while containing many aftershocks, appears not to have ruptured coseismically, but may have 
failed later by aseismic creep as seen in geodetic measurements. Faults associated with the Malaspina 
fault system (the onshore extension of the Aleutian trench) appear to be the surface expression of the 
underthrusting plate boundary; however, upper plate deformation is widespread because of the collision 
of the Yakutat terrane. The convergence direction may explain the lack of a highly active Wadati- 
Benioff zone downdip of the St. Elias zone. The neotectonic deformation of the Chugach-St. Elias 
mountains is probably related to collision and subduction of the Yakutat terrane: A terrane in the 
process of accreting and subducting will cause considerable upper plate deformation over a wide zone. 
Once subduction of a terrane has begun, deformation may then become localized. 
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INTRODUCTION 

The 1979 St. Elias, Alaska, earthquake is significant 
because of its location in a seismic gap and because 
outstanding questions exist regarding its depth, focal 
mechanism and seismic moment. Varying estimates of 
depths for the mainshock and its aftershocks by several 
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investigators [Stephens et al., 1980; Boatwright, 1980; 
Hasegawa et al., 1980] have led to different interpretations 
of the regional tectonics [Pdrez and Jacob, 1980a; Stephens 
et al., 1980; Hasegawa et al., 1980] and of the location and 
structure of the Pacific-North America (PAC-NAM) plate 
boundary. Large differences also exist between published 
body wave and surface wave results [Boatwright, 1980; Pdrez 
and Jacob, 1980b; Hasegawa et al., 1980; Buland and 
Taggart, 1981; Dziewonski and Woodhouse, 1981, 1983], 
leading some of the investigators to postulate anomalously 
slow moment release. While the St. Elias earthquake is 
generally understood to be complex, our purpose in this 
paper is to resolve the complexities in space-time moment 
release and to interpret robust features in terms of the 
structure and location of the plate interface. 

The region between the rupture zones of the 1964 (Mw 9.2) 
and the 1958 (M w 7.7)(Figure 1) earthquakes, known as the 
Yakataga seismic gap [Sykes, 1971; McCann et al., 1979, 
1980], was identified by Sykes [1971] as not having broken 
since two great earthquakes (M s 7.9 and 8.0)[Abe and 
Noguchi, 1983] ruptured the region in 1899 [Tarr and Martin, 
1912; Thatcher and Plafker, 1977; McCann et al., 1980; 
Stover et al., 1980]. It is considered by Jacob [1984], 
Savage and Lisowski [1988], Lahr et al. [1988] and 
Nishenko and Jacob [1990] to have a high probability of 
rupturing in the near future. The St. Elias aftershock zone, 
occupying the eastern end of the Yakataga gap, is bounded 
on the east by the Fairweather fault, a transform fault which 
last ruptured in 1958. The aftershock zones of the St. Elias 

earthquake and the 1958 event apparently overlap [McCann 
et al., 1980]. In addition to the 1958 event, several large 
strike-slip earthquakes have occurred along the Fairweather 
fault since the turn-of-the-century: an M s 7.1 in 1927 near 
the southern end of the 1958 rupture [Pdrez and Jacob, 
1980a], and the 1972 Sitka earthquake (M w 7.6) [Page, 1973; 
Schell and Ruff, 1989] farther to the south. Tobin and Sykes 
[1968] and Kelleher and Savino [1975] relocated aftershocks 
of the 1958 earthquake and found that epicenters trend more 
westerly at the northern end of the aftershock zone 
apparently indicating that the transition from right-lateral 
strike-slip to underthrusting occurs near the eastern edge of 
the St. Elias aftershock zone. In 1987-88 a strike-slip 
earthquake sequence (M s 6.9, 7.6 and 7.7) occurred in 
apparently undeformed oceanic crust [Lahr et al., 1988; Ma et 
al., 1990; Sauber et al., 1990]. 

Underthrusting takes place beneath the St. Elias zone and 
the region to the west as the Pacific Plate and/or Yakutat 
terrane subducts beneath North America at a rate of 5.3 cm/yr 
[DeMets et al., 1990] with an azimuth of 345 ø measured 
clockwise from north. The bathymetric expression of the 
Aleutian trench disappears in the region of the Yakataga 
seismic gap (Figure 1). It is thought, however, that the 
thrust boundary continues onto the shelf edge as the 
Pamplona zone [e.g., Plafker et al., 1978; Bruns, 1983], an 
offshore fold and thrust belt which has been mapped using 
single- and multi-channel seismic reflection surveys [e.g. 
Plafker, 1987]. Fault plane solutions determined by Pdrez 
and Jacob [1980a] demonstrate that thrust faulting occurred 
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Fig. 1. Regional map of southern Alaska-western Canada showing major earthquake rupture zones (dashed lines), 
historical seismicity, elevation and bathymetry (in meters). Volcanoes (triangles) are from Simkin et al. [1981] and 
Beikman [1980]. Elevation and bathymetry are from the DBDB5 data base. Wadati-Benioff zone contours and outline 
of Yakutat terrane (dashed line) are from Page et al. [1989]. Aftershock zones for 1958, 1964 and 1972 earthquakes are 
modified from Sykes et al [1981]; 1927 earthquake location is from Pdrez and Jacob [1980a]; the 1979 St. Elias 
aftershock zone is taken from Stephens et al. [1980]; and the 1987-88 sequence in the Gulf of Alaska is from the 
Preliminary Determination of Epicenters (PDE). Heavy solid lines delineate rupture zone of earthquake sequence in 1899 
inferred from intensity data [McCann et al., 1980] for (a) Sept. 4, 1899, (b) Sept. 10, 1899. Large arrow is the NUVEL- 
1 [DeMets et al., 1990] PAC-NAM plate motion vector, and P. W. S. is Prince William Sound. 
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Fig. 2. Aftershocks of the St. Elias mainshock through March 31, 
1979 [from Stephens et al., 1980], with the location of subevents 
determined using long-period and broadband data. Also shown are 
the other mechanisms determined in this study (lower-hemisphere, 
equal-area projections, dark areas represent compressional quadrants; 
radii of the mechanisms are proportional to their moment 
magnitudes). Event identification numbers correspond to Table 3. 
The arrows indicate the location and extent of rupture of the two 
subevents (la and lb) of the mainshock, with the star being the 
nucleation point. Shaded areas above arrows indicate history of 
moment release (Figure 6). The location of the body wave centroid 
appears as the large square. Faults are from Beikman [1980] and 
Plafker et al. [1989]. The position of the Pamplona zone is inferred 
from Plafker et al. [1989]. BRF, Border Ranges fault; CF, Contact 
fault; CSEF, Chugach-St. Elias fault; FFS, Fairweather fault system; 
MF, Malaspina fault. B-B' denotes location of cross-section in 
Figure 21. 

within the St. Elias aftershock zone prior to 1971 and along 
the continental shelf edge to the west and south. 

The aftershocks of the St. Elias event, as recorded by U.S. 
Geological Survey and Canadian high-gain, short-period 
seismic networks [Stephens et al., 1980], define an oval 
shaped region extending 120 km SE of the epicenter of the 
mainshock (Figure 2). The most striking aspect of the 
aftershock distribution is the apparent lack of seismicity 

within 50 km of the mainshock epicenter. The largest 
concentration of aftershocks occurs 60 km SE of the 

mainshock epicenter, near the region's highest mountains, 
and is interpreted by Horner [1983] to highlight the onshore 
continuation of the Pamplona zone. 

In this paper, we examine teleseismic broadband and long- 
period body waves for the St. Elias mainshock to obtain 
better resolved estimates of rupture and focal parameters. Our 
study indicates that rupture propagated unilaterally to the ESE 
for about 38 s with most of the moment release occurring in 
two distinct subevents. The first subevent is a pure thrust 
mechanism dipping to the NE, consistent with the P wave 
first motions; the second subevent has a substantial right- 
lateral strike-slip component. Additional moment was 
released in the subsequent 34 s. Our determination of the 
centroid depth, 24 km, is compatible with well-resolved 
depths of 9 to 21 km for the largest aftershocks and other 
events in the region but is inconsistent with the 11 km 
centroid depth determined in an earlier body wave study by 
Boatwright [1980]. Our modeling of long-period surface 
waves of the St. Elias earthquake shows that at periods 
greater than 200 s, the seismic waves can be fit with a 
point-source thrust mechanism located at the body wave 
centtold, and with a seismic moment consistent with that 

determined from body waves. Therefore, within the 
uncertainties in the moment estimates, no additional moment 

release seems to be present. Our study indicates that the St. 
Elias earthquake represents an interplate underthrusting 
event, consistent with the subduction of the Pacific plate 
beneath southern Alaska. Most of the aftershocks 

apparently occurred near an offset in the plate interface. 

PREVIOUS WORK: DIFFERENCES IN SOURCE PARAMETERS 

The St. Elias earthquake has been difficult to characterize, 
especially with regard to its depth and long-period moment 
release. Table 1 gives parameters of previous source 
estimates. Pdrez and Jacob [1980b] and Hasegawa et al. 
[1980] used focal mechanisms from P wave first motions for 
the St. Elias mainshock to draw conclusions about the nature 

of the plate boundary. Both studies indicate nearly identical 
low-angle thrust mechanisms with well-constrained, steeply- 
dipping complementary planes; the depth estimates used do 
not agree, however. Pdrez and Jacob [1980b] used the 11 km 
depth determined by Boatwright [1980] to infer that the 
mainshock occurred on a thrust fault shallower than the PAC- 

NAM plate boundary. In contrast, Hasegawa et al. [1980] 
used the average depths of aftershocks and spectral holes of 
high frequency surface waves to infer that the mainshock 

TABLE 1. Previous Source Parameter Estimates 

Depth, 
km 

Perez and Jacob [1980b] 11 * 
Boatwright [1980] 11 
Hasegawa et al. [1980] 10-20 
Buland and Taggart [ 1981 ] 0 
Dziewonski et al. [1987] 18.8 
Boatwright and Choy [1989] 18 

ß Depth from Boatwright [1980]. 
Mechanism from Perdz and Jacob [1980b]. 
Mechanism from Hasegawa et al. [1980]. 
Moment from PDE. 

Moment, Strike, Dip, Rake, 
102øN-m deg deg deg 

- 250 10 85 

1.2 250•' 10 85 
2.5 283 12 115 

2.4 283:1: 12 115 
1.9 271 13 96 

2.0õ 255 12 85 
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occurred on the main plate boundary interface at a depth 
between 10 and 20 km. The depth determinations by 
Boatwright and Choy [1989] of 18 km, the Harvard Centroid- 
Moment Tensor solution (CMT) [Giardini et al., 1985; 
Dziewonski et al., 1987] of 19 km, and the International 
Seismological Centre (ISC) of 17 km (22 km from pP-P), are 
all in agreement with the plate interface interpretation. 

Boatwright [1980] determined the source-time function and 
source depth by deconvolution of depth phases from 
teleseismic body waves. A single station (Palisades, New 
York) in the rupture direction was used to estimate a source 
depth of 11 kin. As noted by Boatwright and Choy [1989], 
however, Boatwright [1980] did not correctly account for the 
amplitude of sP (a dominant phase) which clearly will bias 
the trade-off between the source-time function and the depth 
phases. The derived source-time functions showed a small 
initial event followed by three major subevents which 
Boatwright linked to patches of moment release on the fault. 
Our method also differs from Boatwright [1980] by using a 
global minimization of misfit while simultaneously 
inverting all of the seismograms. 

Another anomalous feature reported by some investigators 
of the St. Elias earthquake is the large discrepancy between 
body wave and surface wave estimates of seismic moment. 
Boatwright [1980] using body waves estimated the moment 
at 1.2x102ø N-m. Dziewonski and Woodhouse [1983] using 
long-period data from the Global Digital Seismograph 
Network (GDSN) and International Deployment of 
Accelerometers (IDA) in a CMT inversion determined a 
seismic moment of 1.1x1020 N-m. A later version of the 

CMT technique [Giardini et al., 1985; Dziewonski et al., 
1987], which incorporates lateral heterogeneity into the 
velocity model gave a larger moment of 1.9x102ø N-m. 
Hasegawa et al. [1980] using R 1 and G 1 surface waves at 
periods between 15 and 40 s, determined a seismic moment 
of 2.5x102ø N-m. However, their analysis included two non- 
standard stations (Shemya, Alaska and Uwekahuna, Hawaii) 
that gave extreme moments of 5 and 7x102ø N-m; removing 
these from the average yields 1.8x102øN-m. A surface wave 
study by Buland and Taggart [1981] using long-period GDSN 
mantle waves R 1 through R 5 and G1 through G 6 at periods 
between 100 and 250 s found an average seismic moment of 
2.4x10 2ø N-m; however, with increasing period, the 
Rayleigh wave moment doubled while the Love wave moment 
remained nearly constant. This increase in moment at very 
long periods is unusual [e.g., Silver and Jordan, 1983] for an 
earthquake with estimated rupture duration of less than 40 s 
[Boatwright, 1980; Hasegawa et al., 1980; Hartzell and 
Heaton, 1985] and largest aftershock zone dimension of 120 
km. The 250-s Rayleigh waves have a wavelength of about 
900 km. 

Earlier surface wave studies found evidence for spatial 
complexity in the seismic source. Dziewonski and 
Woodhouse [1981, 1983] found that the dominant episode of 
moment release occurred 37 s after the origin time and 100 
km east of the nucleation point. They also found that the 
focal mechanisms changed from a shallow thrust to a reverse 
fault with a large strike-slip component. The later CMT 
inversion [Giardini et al., 1985; Dziewonski et al., 1987] 

has the spatial centroid within the aftershock zone; the 
temporal centroid is still 32 s after the short-period origin 
time implying that there is a very long-period component to 
the source. Hasegawa et al. [1980] showed, however, that 

surface wave spectral amplitudes can be modeled by a 
unilateral rupture of 50 km in a direction of 103 ø which is 
similar to the body wave results. 

BODY WAVE ANALYSIS 
Data 

Data from the GDSN, Worldwide Standard Seismograph 
Network (WWSSN) and Canadian Seismograph Network 
(CSN) are used in this study. We limit our data set to include 
only mantle body waves from stations at distances of 
30ø<Ap<100 ø and 34ø_<ASH<87 ø to avoid strong, highly 
variable, upper mantle and core arrivals. The data set 
consists of 22 vertical P waves, of which 7 are broadband, 

and 13 are long-period SH waves. This set is substantially 
larger than that used in other body wave studies of this 
earthquake. Table 2 lists the stations used in the inversion. 
To supplement the digital data, long-period vertical and 
horizontal WWSSN and CSN seismograms were hand- 
digitized and interpolated at 0.7 samples/s. MAJO, not 
included on the day tape but discovered on microfilm, was 
hand digitized, and we used the digital SRO instrument 
response without the anti-aliasing filter poles in the 
analysis. Data from KIP, a broadband instrument installed 
by the Soviet Union and operated by the Pacific Tsunami 
Warning Center in Hawaii, was hand-digitized from 
microfilm. This instrument is located near the WWSSN 

station KIP. Because only the amplitude response was 
available, we applied a bandpass filter to the seismogram 
which includes only the periods over which the instrument 
has an approximately flat response (3 to 40 s). 

The broadband records were produced by combining short- 
and long-period seismograms from a single station following 
the method of Harvey and Choy [1982]. The resulting 
broadband displacement seismograms were bandpass filtered 
using a three-pole Butterworth filter with cutoffs at 0.0067 
Hz (150 s) and 5 Hz and then resampled to 2 samples/s. 

The crustal structure in the St. Elias area is not well known 

and probably has significant lateral variation based on 
geological mapping of the region [Beikman, 1980]. The 
nearest determination of average crustal velocities are from 
the Trans-Alaska Crustal Transect (TACT) profiles in the 
Prince William Sound area (100 km to the west) [e.g., Wolf 
and Levander, 1989; Fuis et al., 1991]. Stephens et al. 
[1980] used a constant gradient velocity model to locate 
aftershocks of the St. Elias earthquake. We assume a source 
crustal model to be a halfspace with P and S wave velocities 
and density of 6.5 km/s, 3.75 km/s and 2.9 g/cm 3, 
respectively, consistent with the TACT and Stephens et al. 
[1980] models. The crustal structure at the receivers is taken 

to be a halfspace with P and S wave velocities and density of 
6.0 km/s, 3.46 km/s and 2.75 g/cm 3, respectively. These 
structures are held fixed throughout our inversions. A t* 

(travel time/Qaverage) of 0.7 s for broadband P waves, 1 s for 
long-period P waves and 4 s for S waves is used to describe 
body wave attenuation. 

Inversion Method and Results 

We use the method of Ndb•lek [1984] to invert for source 
mechanism, seismic moment, source-time function and 

centroid depth. For the P and SH waves, synthetic 
seismograms are computed for a common epicentral distance 
and gain and then compared with observed waveforms. The 
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TABLE 2. Station Parameters 

Station Wave Azimuth, Distance, Instrument Maximum 
Type deg deg Type Allowable 

Time Shift, 
s 

ANTO P 4.4 79.4 B 0.5 
KONO P 16.8 57.7 B 0.5 
STU P 20.3 68.1 W 1.0 
ESK P 26.1 59.5 W 1.0 
PDA P 49.8 68.7 W 2.0 
STJ P 62.6 49.5 C 1.0 
SCH P 64.3 38.2 C 0.5 
BLA P 93.2 44.4 W 2.0 
SJG P 93.4 67.2 W 1.0 
ZOBO P 112.0 96.3 B 0.5 
GOL P 116.7 30.6 W 1.0 
LPS P 117.1 59.7 W 2.0 
KIP P 203.8 41.0 SB 1.0 
CTAO P 245.1 99.1 B 5.0 
PMG P 249.3 89.3 W 1.0 
GUA P 262.4 70.2 W 5.0 
GUMO P 262.4 70.2 S 4.0 
MAJO P 282.3 54.2 A 10.0 
HKC P 293.3 77.4 W 1.0 
CHTO P 304.5 87.0 B 0.5 
SHIO P 313.2 83.6 B 0.5 
KAAO P 334.9 81.7 B 0.5 
ANTO SH 4.4 79.4 S 20.0 
KONO SH 16.8 57.7 A 20.0 
ESK SH 26.1 59.5 W 20.0 
SJG SH 93.4 67.2 W 20.0 
ANMO SH 122.8 34.2 S 20.0 
KIP SH 203.8 41.0 SB 20.0 
GUA SH 262.4 70.2 W 20.0 
GUMO SH 262.4 70.2 S 20.0 
MAJO SH 282.3 54.2 A 20.0 
HKC SH 293.3 77.4 W 20.0 
CHTO SH 304.5 87.0 S 20.0 
SHIO SH 313.2 83.6 S 20.0 
KAAO SH 334.9 81.7 A 20.0 
ANTO G12 R123 4.4 79.4 S - 
KONO G23 R23 16.8 57.7 A - 
ZOBO G123 R23 112.0 96.3 A - 
ANMO G12 R123 122.8 34.2 S - 
CTAO G23 R123 245.1 99.1 A - 
NWAO G123 R123 261.5 123.5 S - 
GUMO G123 R123 262.4 70.2 S - 
CHTO G123 R123 304.5 87.0 S - 
SHIO G123 R123 313.2 83.6 S - 
KAAO G23 R23 334.9 81.7 A - 

S, SRO; A, ASRO; W, WWSSN; SB, Soviet broadband; C, CSN; 
B, broadband; G, Love waves; R, Rayleigh; "123" surface wave orbit. 

Weight Sample 
Interval, 

s 

1.0 0.5 

1.0 0.5 

0.71 0.7 

0.71 0.7 

1.0 0.7 

0.71 0.7 

0.71 0.7 

1.0 0.7 

1.0 0.7 

1.0 0.5 

1.0 0.7 

1.0 0.7 

1.0 0.7 

1.0 0.5 

1.0 0.7 

0.8 0.7 

0.8 1.0 

1.0 0.7 

1.0 0.7 

0.71 0.5 

0.71 0.5 

1.0 0.5 

0.39 1.0 

0.39 1.0 

0.39 0.7 

0.39 0.7 

0.39 1.0 

0.17 0.7 

0.31 0.7 

0.31 1.0 

0.39 1.0 

0.39 0.7 
0.27 1.0 

0.27 1.0 

0.39 1.0 
_ _ 

source parameters are systematically varied until there is no 
improvement in the root-mean-square (rms) misfit between 
the data and the synthetics. The length of the inversion 
window for P waves is 100 s after the short-period arrival, 
and for the S waves it is 100 s after the theoretical arrival. 

We allow the inversion window to move a specified amount 
(Table 2) if the fit could be improved as determined by cross- 
cor,-•l•tion between the obqerved and synthetic seismograms. 
For P waves, the maximum allowable time shift varies 
between 0.5 s for GDSN stations with well-determined short- 

period arrivals, to 10 s for emergent or nodal arrivals; for 
the SH waves, it is 20 s. The time shift required by cross- 
correlation is normally much less than these maximum 
values. 

The broadband and long-period data are jointly inverted for 
source properties. First we determine the average centroidal 
parameters and then introduce additional source parameters to 
model any complexity suggested by the data. Table 3 gives 

the source parameters and standard errors and Figure 3 shows 
a comparison of observed and synthetic P waveforms at 
selected stations for the various inversions. 

We find the best-fitting centroid solution (Centroid in 
Table 3) with seven parameters: source mechanism, depth, 
scalar moment, distance and azimuth from the nucleation 
point, and 18 source-time function elements. The spatial 
centroid is located 46 km at an azimuth of 103 ø from the 

nucleation point, taken to be the USGS-determined epicenter, 
indicating dominant rupture to the SE (Figure 2). 

Because of strong evidence for unilateral rupture, seen in 
Figure 3 as a variation of amplitude and frequency content 
with azimuth (compare WWSSN stations LPS and GUA), we 
introduce a propagating source model. This is done by 
inverting for moment release as a function of distance with 
line segments of 5 km length (rupture velocity of 2.5 km/s 
and element duration of 2 s). To determine the preferred 
rupture azimuth, we systematically alter the rupture azimuth, 
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Event 

Centroid 

PPS 

PPS72 

2PPS 

la 

lb 

Sum 

Surface 

Waves 

Date Time Lat., 
• o N 

790228 21 27 06.1 60.64 

TABLE 3. Source Parameters for Mainshock and Other Events 

Long., Moment, Depth, Strike, Dip, Rake, Dur., 
o W 1019 N-m km deg deg deg s 

141.59 

9.9+0.4 24.1+2 320+20 26+12 149+15 40.0 
9.4+0.5 24.3+2 315+10 24+4 140+8 38.0 

10.6+0.5 24.6+2 315+10 24+4 139+8 72.0 

4.7+0.4 22.4+3 210+31 15+9 40+28 26.0 

5.5+0.5 26.5+3 331+6 34+6 155+4 18.0 

9.4 24.6 308 17 135 

13.0 24.3* 293 18 123 - 

Delay, Dist., 
s km 

- 46+7 
_ _ 

_ _ 

_ _ 

20+1 47+4 

Azi., Variance 
deg of Misfit 

103ñ9 0.372 

- 0.325 

- 0.313 

0.283 
_ _ 

102ñ5 - 

20 44 98 - 

2 651223 20 47 37.6?60.57? 
3 710326 17 35 17.2t60.33t 
4 790301 07 08 53.3 60.67 

5 790302 09 34 49.1 60.38 

6 790420 12 49 05.4 60.33 

7 830628 03 25 16.7760.227 

Read 790228 as February 28, 1979, for example. 

1016N-m 
140.647 26.9ñ5.6 20.6ñ1 208ñ44 14ñ8 
140.947 33.8ñ16.8 14.1ñ2 247ñ28 25ñ4 
141.26 9.0ñ1.0 17.8ñ0.4 49ñ7 83ñ3 

140.78 4.4ñ0.5 9.1ñ0.4 110ñ12 59ñ7 

140.90 11.8ñ1.8 16.9ñ1 266ñ25 • 21ñ3 

141.277 46.8ñ0.4 18.4ñ1 236ñ28 25ñ3 

•50ñ40 2.0 - - - 0.247 
71ñ22 5.6 - - - 0.200 

162ñ5 2.5 - - - 0.665 
-110ñ13 2.5 - - - 0.689 

108ñ20 3.0 - - - 0.207 

78ñ21 4.2 - - - 0.343 

Lat. is latitude, Long. is longitude, Dur. is duration, Dist. is distance, and Azi. is 
azimuth. Origin times and locations from Stephens et al. [1980] except where noted. Centroid is broadband centroid solution; PPS is 
broadband propagating point source, rupture direction 110% rupture velocity 2.5 km/s; PPS72 is same as PPS but with a 72 s source time 
function; 2PPS is two propagating point sources; Sum is vector sum of subevents 1 and 2, each of which has rupture direction 110% 
rupture velocity 2.5 km/s. Nodal plane convention follows Aki and Richards [1980]. The 1 • (standard deviation) errors are multiplied 
by 2 (moment), 5 (strike, dip, rake, delay, distance and azimuth) and 10 (depth) [Ndbglek, 1984]. 

* source depth fixed. 
? ISC. 

fixing the rupture velocity and inverting for mechanism, 
depth and moment distribution. Figure 4a shows the 
variance of misfit plotted with respect to rupture azimuth. 
The preferred direction is about 110 ø, roughly along the 
average strike of the fault and in agreement with the azimuth 
of the centroid with respect to the epicenter and the 
distribution of aftershocks (Figure 2). Next, by fixing the 
rupture azimuth while inverting for mechanism and depth, we 

KONO 17 ø STJ 63 ø LPS 117 ø GUA 262 ø KAAO 335 ø 

centroid• • • '• ••.• 

0 50 100 

see 

Fig. 3. Comparison of the observed (solid line) and synthetic 
(dashed line) P waves for the different inversions of the 1979 St. 
Elias mainshock. The stations chosen show the azimuthal 

variability of the waves. KONO and KAAO are broadband 
seismograms, STJ, LPS and GUA are long-period. The number next 
to station name is its azimuth from the source. Minor 

improvements are seen between centroid and PPS, especially at STJ. 
Justification for adding a second source (2PPS) is seen in the fits at 
the beginning of the seismograms caused by changes in mechanism 
and depth for stations in the west (GUA). sub l and sub2 show the 
effects on the seismograms caused by the first and second subevents. 

vary the rupture velocity until a best fit of 2.5 km/s is 
obtained (Figure 4b). 

We then re-invert for the source mechanism and depth, 
using a propagating source with the rupture azimuth of 110 ø 
and rupture velocity of 2.5 km/s. Figure 4c demonstrates the 
resolution of the depth estimate: We obtained this curve by 
varying depth while fixing rupture azimuth and rupture 
velocity and inverting for mechanism and moment 
distribution. Here, a clearly defined minimum in the variance 
of misfit versus depth occurs at about 24 km. The second, 
less pronounced minimum between 35 and 45 km is caused 
by a trade-off between the shape of the source-time function 
and the reflected phases in the computation of the synthetic 
seismograms (between 35 and 45 km, the estimated source- 
time function is uni-modal). The 24 km depth is similar to 
the depths of the thrust aftershocks (Table 3), and therefore 
it is likely to be the true centroid depth. The parameters of 
the propagating point source mechanism (hereafter referred to 
as PPS) are found in Table 3. The strike of the inferred fault 
plane is not well constrained (Figure 4d), but the strike and 
dip of the complementary plane are well resolved because of 
the station location on the focal sphere. 

To demonstrate that the source duration was not 

significantly longer than 38 s (model PPS), we extend the 
duration to 72 s (35 source-time function elements). The 
observed and theoretical waveforms for the propagating 
source model PPS72 are shown in Figure 5. Here we keep 
rupture azimuth and rupture velocity fixed to 110 ø and 2.5 
km/s, and we ifivert for mechanism and depth. The fit to the 
data is essentially the same as model PPS, in which the 
rupture duration is 38 s (Table 3). Overall, waveforms are 
well matched: especially the large amplitude pulse after 
about 30 s at the broadband stations and the variable 

frequency content between stations (Figures 3 and 5). 
Unilaterally propagating rupture accounts for higher 
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Fig. 4. (a) Azimuth of the propagating point source (PPS), (b) velocity of the PPS, (c) centroid depth, and (d) fault 
plane strike of the PPS mechanism as a function of the variance of the misfit between the observed and synthetic 
seismograms plotted as a function of the variance of the misfit. Note the vertical scale difference among the four plots. 

frequency content at stations in the rupture direction (GOL 
and LPS) than stations in the opposite direction (HKC and 
GUA). Given the general agreement between the strike and 
the rupture direction (Figure 4), it appears that rupture 
propagated along strike; the difference between the strike 
(315 ø ) and rupture direction (110 ø) is probably not 
significant. Errors in rupture direction, while not formally 
determined, are likely to be less than 20 ø . The complex 
nature of the rupture process is clearly evident in the source- 
time function (Figure 6), which shows two low-amplitude 
pulses gradually increasing in amplitude during the initial 12 
s, followed by two distinct large-amplitude pulses, followed 
by low-level moment release between 38 and 72 s. 

The above model does not explain several features in the 
seismograms. The small-amplitudes at the beginning of the 
seismograms are not well matched and there are phase misfits 
to the data at some stations (e.g., GUA in Figure 3), 
indicating that the assumption of constant rupture velocity 
may not be correct and that a more spatially distributed 
source is required. Based on the source-time function shown 
in Figure 6, we divide the rupture into two separate 
subevents. We initially used three subevents where the first 
10 s of rupture was considered a separate subevent; however, 
the variance reduction was not enough to justify the 

onset and the first large amplitude pulse; the second contains 
the second large pulse. In this final refinement, we do not 
include the time period from 38 to 72 s of low, but nearly 
constant, moment release because of the lack of impulsive 
arrivals during this period (Figure 5). The results of the 
multiple-event inversion (2PPS) are shown in Table 3 and 
Figure 7. Figure 7 shows that the first 10 s after the start of 
the modeling and the large amplitude pulses at about 40 s are 
better matched than for the PPS72 mechanism (Figure 5). 
The SH wave amplitudes at KIP and MAJO could not be 

matched well by any of our models. This may indicate some 
additional complexity in the source, but more likely it is an 
instrument miscalibration, since both the MAJO and KIP 

records are hand-digitized from unusual seismograms (see 
previous discussion). 

Because the time interval between the occurrence of strong 
moment release in the two subevents is short (about 10 s) 

and depth phases of the first event could interfere with source 
phases of the second event (Figure 3), care must be taken in 
estimating the depths and source mechanisms of each 
subevent. We first invert for the strike and dip of the high- 
angle plane since it is well constrained by the data. When a 
stable solution is found, we invert for the strike of the low- 

angle plane. In model 2PPS rupture direction and rupture 
velocity are constrained to 110 ø and 2.5 km/s, the values 
determined for the PPS inversion. The location of the 

second subevent relative to the first subevent is found by 
first inverting for subevent distance and azimuth while 
constraining the mechanisms and depths, followed by an 
inversion for all parameters. 

Dividing the St. Elias earthquake into subevents and then 
inverting for their individual parameters greatly increases the 
number of free parameters in the inversion. We determine 
estimates for 21 free parameters (including 18 source-time 
function elements) in the PPS inversion, while for the 2PPS 

inversion there are 31 free parameters. The variance 
reduction is about 13% between the 2PPS and PPS inversions 

(Table 3). While this is small, we favor the multiple-event 
interpretation (2PPS) because the amplitude mismatches near 
the beginning of the seismograms are substantially improved 
(in Figure 3 compare GUA for inversions PPS and 2PPS) 
even though they have a smaller contribution to global error 
minimization than larger amplitude mismatches later in the 
seismograms. Several parameters are well determined in the 
2PPS inversion including the location and timing of the 
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Fig. 5. Observed (solid line) and synthetic (dashed line) P and SH 
waveforms, mechanism and source-time function of the February 28, 
1979, mainshock. Shown is inversion PPS72 (Table 3). The small 
vertical dashed lines on the seismograms mark the beginning and 
end points of the inversion window. The source mechanism is a 
lower hemisphere, equal area projection with solid (open) circles 
representing compressional (dilatational) first motions. Station 
distances and gains are normalized to 40 ø and 1500, respectively. 
The time and amplitude scales for the P and SH waves are shown in 
the bottom left and right. Both broadband displacement 
seismograms (instrument response removed) and long-period 
seismograms (containing instrument response) are shown. 
Broadband seismograms, denoted with the letter "B" following the 
station name, have a different time scale from the long-period 
seismograms. BB is broadband scale; LP is long-period; GDSN is 
GDSN long-period; and WW is WWSSN and CSN long-period data. 
The source-time function appears at the bottom. P and T are the 
pressure and tensional axes of the double couple source mechanism. 

subevents, and the strike and dip of the high-angle planes 
and the dip and the rake of the fault plane. Because the 
depth phases of subevent lb do not interfere with any source 
phases (Figure 3), the source mechanism of subevent lb is 

better resolved than subevent la, and it is likely that the 
difference in strike between the two subevents is well 

resolved (210ø+31øversus 331ø+6ø). The errors are smaller 
for subevent 2 because of the greater proximity on the focal 
sphere of outgoing rays to the more steeply dipping fault 
plane. 

Table 3 contains estimated errors for parameters of the 
body wave inversions. Because they do not account for 
trade-offs between parameters, they probably underestimate 
the real uncertainties. Appearing in Table 3 are standard 
errors (1 {•) of a single parameter that have multiplied by 
factors likely to account for these trade-offs. From Ndb•!ek 
[1984], these factors are 2 {• for moment, 10 {• for depth, and 
5 {• for mechanism. As seen in Figure 4, more realistic error 
estimates for the mainshoi:k centroid depth are probably +5 
km, while fault plane strike errors are more likely +30 ø. 

CONSISTENCY OF BODY WAVE AND SURFACE WAVE STUDIES 

Some earlier surface wave studies [Hasegawa eta!., 1980; 
Dziewonski and Woodhouse, 1981, 1983] found evidence for 
spatial complexity in the rupture process. Other studies 
treating the source as a simple point source [Hasegawa eta!., 
1980; Buland and Taggart , 1981; CMT: Giardini eta!., 1985 
and Dziewonski eta!., 1987] found that the seismic moment 
derived from surface waves was over two times larger than 
the reported body wave moment which was taken as evidence 
for significant additional slow moment release after the 
abrupt initial rupture [Buland and Taggart, 1981]. 
In order to determine the consistency of the surface waves 

with the body wave source mechanism and seismic moment, 
we examine surface waves at a period of 200 s recorded by 
the GDSN. Station locations are shown in Figure 8a, and 
Table 2 lists the stations and orbit numbers. Table 3 

contains source parameters which best fit the surface wave 
observations. The theoretical radiation patterns for Rayleigh 
and Love waves at 200 s were calculated using anisotropic 
PREM [Dziewonski and Anderson, 1981] in the normal mode 
formulation of Gilbert and Dziewonski [1975] and Lerner- 

Lam and Jordan [1983] for a point source at a depth of 24 
km with a low-angle thrust mechanism located near the body 
wave centroid (Figures 8b and 8c). The source mechanism 
was found by trial-and-error with the moment determined by 
least-squares amplitude matching. At a period of 200 s a 
point source adequately describes the data. The wavelength 
at this period is about 800 km, which is nearly seven times 
the largest dimension of the aftershock zone (120 km). The 
best fitting source mechanism has a strike of 293 ø, dip 18 ø 
and rake 123 ø and moment of 1.3x102ø N-m. This 

mechanism has the same complementary (high angle) plane 
as the body-wave PPS mechanism, but the rake of the high- 
angle plane is adjusted to match the data. Given the 
uncertainties in strike from body waves (Figure 4d), the 
difference in strike between 293 ø and 315 ø is not significant. 
The difference in moment will be discussed below. 

We continue with the analysis of long-period surface waves 
in the time domain. Orbits 1 through 3 of long-period Love 
and vertical-component Rayleigh waves are used. This data 
set is nearly the same as that used by Buland and Taggart 
[1981] and the CMT. Station locations are shown in Figure 
8a. Synthetic seismograms are calculated by summing 
fundamental normal modes up to 60 mHz (computed for 
anisotropic PREM) for a step-function point source. The 
source mechanism and depth appear in Table 3 and are the 
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Fig. 6. Moment release rate as a function of time for model PPS72 (heavy line) and for the multiple source model 2PPS 
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same as described previously in the frequency domain 
analysis. The instrument response is convolved with the 
synthetics. Observed and synthetic seismograms are 
detrended, tapered with a 10% cosine taper, and bandpass 
filtered with a three-pole Butterworth filter between 5.128 
mHz (195 s) and 4.878 mHz (205 s). 

A comparison of the observed and synthetic surface wave 
orbit groups is shown in Figure 9. Rayleigh wave 
amplitudes are well matched at all azimuths, though paths 
along the subduction zones of the Pacific rim (R] at CHTO, 
SHIO) are slow with respect to PREM (synthetic arrives 
before observed waveforms). Paths that traverse a relatively 
uniform tectonic province produce simple well-matched 
waves (e.g., R] at CTAO, GUMO, NWAO). Rayleigh waves 
crossing central and eastern Eurasia (R] at KAAO, ANTO, 
KONO) are also well fit in amplitude and phase. For higher 
orbits R 2 and R 3, synthetics are uniformly late at CTAO, 
GUMO and NWAO, while for KAAO, ANTO and KONO they 
are early. Love wave fits are not as systematic: shape and 
amplitudes of the Pacific paths are well fit (G] at CTAO, 
NWAO, GUMO), while increasing phase lags for G 2 and G 3 
indicate that anisotropic PREM is too slow for these paths. 
For paths that follow the Pacific rim (SHIO, CHTO, ZOBO, 
ANMO), synthetics arrive before the observed waveforms. 
Since phase shifts caused by lateral heterogeneity in Earth 
structure are more difficult to predict with increasing orbit 
[Schwartz and Lay, 1987] and lateral heterogeneity has been 
shown to bias surface wave moments [e.g., Woodhouse and 
Dziewonski, 1984; Lay and Kanamori, 1985; Woodhouse and 
Wong, 1986], lower orbits (1 or 2) provide more reliable 
measures of the seismic moment and source centroid time. 

The average centroid time for R] and G] is about 20 s after 
the origin time. This value is nearly the same as the body 
wave centroid time (20.7 s) but less than the CMT centroid 

Fig. 7. Observed (solid line) and synthetic (dashed line) P and SH 
waveforms and source mechanism of the February 28, 1979, 
mainshock. Waves are modeled as a sequence of two propagating 
point sources (2PPS in Table 3). Source mechanism plotted is the 
best double couple sum of the two subevents (Sum in Table 3). 
Symbols as in Figure 5. 
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time of 32 s. For large events, the CMT technique often 
relies on the higher orbit surface waves (since R1 and G1 
often become non-linear or clip). If the observed path 
distribution significantly differs from the paths used to 
calculate M84C [Woodhouse and Dziewonski, 1984] (such as 
for large events in polar regions with source-station paths 
that follow the Pacific rim subduction zones), systematic 
bias may be introduced into the estimated centroid time with 
each successive orbit. We suggest that the centroid time 
computed using multiple orbits may be biased for high 
latitude earthquakes along the Pacific rim. 

The apparent centroid time of 20 s determined in this study 
is not overly large and does not support the conclusion that 
the St. Elias source behaved differently or unusually at very 
long periods [Buland and Taggart, 1981' Dziewonski and 
Woodhouse, 1981, 1983], suggesting that trade-off among 
source parameters may be responsible for the anomalous 
surface wave moments (Table 1). Figure 10a shows the 
variation of seismic moment with dip, calculated by 
summing normal modes for our preferred thrust faulting 
mechanism (Surface Wave in Table 3). For a shallow source 
and long-period waves the M xz and My z moment tensor 
components do not radiate much seismic energy. The 
increase in moment with decreasing dip for a shallow 
earthquake at long periods is caused by the Mxx, Myy and Mzz 
components which decrease in amplitude by 30% between 
18 ø and 12 ø , while the other moment tensor components 
remain nearly constant. When we account for the dip 
difference, the CMT moment (dip=13 ø) and the reevaluated 
moment of Hasegawa (dip=12 ø) are equivalent to our surface 
wave moment. Thus the difference in seismic moment 

estimated previously from surface waves and our body wave 
results is best explained by an incompatible source 
mechanism dip and not by a seismic source of long duration 
and slow rupture velocity as originally proposed. It should 
be noted that Beroza and Jordan [1990], in their search for 
earthquakes with anomalously long source-time functions 
using ultra long-period IDA network data, find that the St. 
Elias earthquake produced no such anomalous signal. 

Figure 10b shows that differences in depth do not explain 
the moment difference: moment stays the same (Love) or 
slightly decreases (Rayleigh) with shallowing depth caused 
by the large but nearly constant amplitude Mxx, Myy and Mzz 
components. However, for a purely horizontal fault in which 
Mxz and Myzdominate, moments would greatly increase 
toward the free surface. With body waves (Figure 10b), the 
estimated moment is also a function of depth. Here the 
depth phases trade-off with source-time function resulting in 
an increase in seismic moment with decreasing depth. Given 
that the depth from body waves is clearly deeper than 15 km 
(Figure 4a) with a corresponding moment of less than 
1.5x1020 N-m (Figure 10b), it follows that the body wave 
results are not consistent with the higher surface wave 

moments of Hasegawa et al. [1980], Buland and Taggart 
[ 1981 ] and the CMT. 

We suggest that the choice of earth model is not the cause 
of the differences in moment. Buland and Taggart [ 1981], 
using Earth model 1066A of Gilbert and Dziewonski [1975], 
showed that the shallow thrust faulting mechanism of 
Hasegawa et al. [1980] generates Love waves that at 200 s 
required a moment of 2.7x102ø N-m to match the observed 
waveforms, while the moment needed to match 200-s 

Rayleigh waves was only 1.6x102ø N-m. We have compared 
synthetics for 1066B [Gilbert and Dziewonski, 1975] which 
differs only slightly from 1066A and PREM, and we find that 
at periods longer than 200 s, differences in surface wave 
excitation do not explain the discrepancy. 

Moderate differences in moment (30%) are often observed 
for large events. Aki [1967] and Geller [1976] suggest that 
these differences are because the body wave moment is 
estimated within a narrow bandwidth which is at frequencies 
higher than the comer frequency. We find that when the 72 
s body wave inversion is constrained to have a moment of 
1.3x102ø N-m, there is no discernible difference in variance 
between the inversions with a constrained and unconstrained 

moment (PPS72). The 38 s long source, on the other hand, 
shows about a 2% increase in variance with the constrained 

moment. Thus the body waves are not sensitive to the 30% 
increase in moment as long as it is evenly distributed over 
72 s. This implies that given the uncertainties in the body- 
wave-determined moment, our body wave and surface wave 
moments are compatible. 

AFTERSHOCKS 

Body Wave Inversions 

Four of the largest aftershocks and two earlier events 
(Figure 2) are modeled using short-period, long-period and 
broadband teleseismic P and S waves (Figures 11-16 and 
Table 3). The waveform data are from WWSSN, CSN and 
GDSN stations. We invert for centroid depth, source 
mechanism and seismic moment using published first-motion 
fault plane solutions [Stephens et al., 1980; Pdrez and Jacob, 
1980a] as starting solutions. For short-period inversions 
which follow, standard errors in depth represent residual 
minimums within a depth phase cycle; they do not adequately 
account for misidentification of depth phases caused by cycle 
shifting. 

Most of the events for which we performed inversions have 
pure thrust mechanisms. The mechanisms are well 
constrained by a good station distribution and the inclusion 
of SH and SV waves. The December 23, 1965 earthquake 
(number 2 of Table 3, Figure 11) (M w 5.6) occurred about 40 
km east of the mainshock epicenter. The preferred 
mechanism is a shallow thrust on a NNE striking plane with 
a well-constrained depth of 21 km similar to that obtained 

Fig. 8. (a) Station locations for surface wave studies. Small circles are at 60 ø intervals. See Table 2 for station 
parameters and surface wave orbits. Shown are the minor arc paths between source and receivers. Observed amplitude 
spectra and (b) Rayleigh and (c) Love wave radiation patterns for waves of 200-s period normalized to a distance of 40 ø. 
Observed R 1 and G1 appear as circles, R 2 and G 2 squares, and R 3 and G 3 crosses. Solid lines are theoretical spectral 
amplitudes for a point source mechanism of strike 293 ø, dip 18 ø, rake 123 ø and moment of 1.3x102øN-m. For 
comparison, theoretical spectral amplitudes for the body wave mechanism PPS with strike 315 ø, dip 24 ø, rake 140 ø and 
moment of 1.3x102ø N-m are shown as dashed lines. 
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Fig. 9. Observed (solid line) and synthetic (dashed line) (a) 
Rayleigh and (b) Love waves low pass filtered at 200 s for the St. 
Elias mainshock. The mechanism used to generate the synthetics is 
strike 293 ø, dip 18 ø, rake 123 ø and moment of 1.3x102øN-m from a 
source located near the body wave spatial centroid (Table 3) at a 
depth of 24 km. The synthetics have been time shifted by 20 s after 
the short-period origin time. Waveforms are normalized to the 
observed waveform. Stations are ordered azimuthally. Note that the 
amplitude difference and phase shift is minimal for R 1 and G] and 
that the phase shift increases with the higher orbits. 

by Pdrez and Jacob [1980a] from first motion and pP-P 
times. The March 28, 1971 earthquake (number 3, Figure 
12) (M w 5.7) is located near the large cluster of aftershocks 
(Figure 2). Its mechanism, a thrust, is nearly identical to all 
of the other thrust mechanisms, though its depth (14 km) is 
slightly shallower. 
The April 20, 1979 aftershock (number 6, Figure 15)(M w 

5.3) occurred 60 km SE of the mainshock. It coincides with 
the location of the largest cluster of aftershocks. It is the 
only aftershock within two months of the mainshock large 
enough to produce P waves at long-period GDSN stations. 
The thrust source mechanism is nearly identical to that of 
Stephens et al. [1980]. The preferred depth is 17 km, in 
close agreement with the 17-20 km pP-P depth but deeper 
than the regional network depth of 8 km [Stephens et al., 
1980]. The thrust aftershock of June 28, 1983 (number 7, 
Figure 16)(M w 5.7) is located 50 km SE of the mainshock in 
a region nearly devoid of aftershocks during the first month 
after the mainshock (Figure 2). The inclusion of broadband 

P waves helps constrain the depth to 18 km. The regional 
network depth is 12 km (C. Stephens, personal 
communication, 1990). This is the largest aftershock of the 
St. Elias sequence, having occurred 4 years after the main 
event. 

For two events which were not large enough to excite long- 
period P waves, we use short-period P waves and long-period 
SH and SV waves in the inversions. Both events have 

anomalous focal mechanisms (see discussion below). The 
March 1, 1979 aftershock (number 4, Figure 13) (M w 5.2) 
occurred about 25 km east of the mainshock epicenter in a 
small cluster of aftershocks. The best depth is 18 km which 
is in good agreement with the 17-20 km pP-P depth 
determined by Stephens et al. [1980]. It is considerably 
deeper than the 11 km regional network depth [Stephens et 
al., 1980]. The source mechanism is strike-slip with the P 
axis nearly perpendicular to that of the mainshock and the 
other events. The unusual orientation of the focal 

mechanism, only 10 hours after the mainshock, is probably 
caused by stress field readjustment following the mainshock. 

The March 2, 1979 aftershock (number 5, Figure 14) (M w 
5.1) is located 60 km SE of the mainshock epicenter, 10 km 
north of the April 20 event. The preferred depth for the 
event is 9 km, but because of possible depth phase 
misidentification and complex crustal structure, depth 
uncertainties are likely to be much greater. This is deeper 
than the regional network depth of 0.5 km but is in 
agreement with the pP-P depth of 7-10 km [Stephens et al., 
1980]. Our solution, a normal fault, is similar to the P-wave 
first motion solution from Stephens et al. [1980]. The EW 
striking, south-dipping plane is nearly parallel to the 
Contact fault, a mapped fault on the north side of Mt. St. 
Elias [Beikman, 1980; Plafker et al., 1989]. 

Differences in the general character of the observed short- 
period waves recorded at teleseismic distances for events 4, 5 
and 6 suggests that their focal mechanisms along with their 
depths are significantly different. Figure 17 shows that the 
amplitude ratios P/pP and P/sP are very different at the same 
station for the three events, indicating that focal mechanism, 
depth, and possibly local source structure are different. 

The depths and focal mechanisms of two events before the 
1979 St. Elias earthquake and the three largest aftershocks 
are consistent with the depth and mechanism of the 
mainshock. Depths of these aftershocks are between 7 and 
12 km deeper than the depths determined using the regional 
seismic network [Stephens et al., 1980]. This regional 
network bias can be attributed to complex local velocity 
structure, coarse station spacing, and the absence of seismic 
stations in the vicinity of the epicenters [Stephens et al., 
1980]. We address the discrepancy between the teleseismic 
determined depth and the depths from individually located 
events by jointly relocating the network aftershocks. 

Regional Network Aftershocks 

We analyze regionally recorded aftershocks of the St. Elias 
earthquake and relate their locations to the rupture process 
deduced from the teleseismic body and surface waves. The 
time progression of the aftershocks [from Stephens et al., 
1980] recorded by a permanent short-period network operated 
by the USGS is shown in Figure 18. The one-month data set 
is divided into four sets with an equal number of events 
(Figure 18a, 6.7 hours; Figure 18b, 61.0 hours; Figure 18c, 
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156.4 hours; Figure 18d, 244.4 hours). A dense cluster of 
aftershocks about 60 km ESE of the mainshock began almost 
immediately after the mainshock. Aftershocks immediately 
spread about 100 km SE of the mainshock with hardly any 
spread to the NE or SW. As time progressed, aftershocks 
spread mainly to the SW and, to a lesser degree, to the NE. 
The distribution of aftershocks in the central cluster appears 
to change from north-trending to west-trending (Figures 18a 
and 18b), the significance of this change is not clear at this 
time. Comparing Figures 18a and 18d shows that the locus 

of activity changes from being predominantly in the central 
cluster early in the sequence to being spread out over a larger 
area to the south. 

To study the depth distribution of aftershocks we relocate 
the earthquakes. We perform a multiple (joint) earthquake 
relocation following the method of Pavlis and Hokanson 
[1985] and Pavlis [1986]. We use this in preference to 
single (individual) event relocations, because of a possible 
systematic bias in locations caused by poor station 
distribution and lateral velocity heterogeneity. Pavlis 
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period P, SH and SV waveforms, source mechanism and source-time 
function of earthquake on 651223 (event 2 of Table 3). Symbols as 
in Figure 5. 

[1986] outlines a method to evaluate relative location and 
, 

absolute hypocentral bias caused by lateral velocity 
variation. We first divide the epicenters from Stephens et al. 
[1980] into central, SE and south subsets (Figure 19a). We 
do not attempt to relocate epicenters outside of these regions 
because they are too diffuse in spatial extent, they are well 
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Fig. 12. The observed (solid line) and synthetic (dashed line) long- 
period P, SH and SV waveforms, source mechanism and source-time 
function of earthquake on 710326 (event 3 of Table 3). Symbols as 
in Figure 5. 

outside of the regional network, and a priori depth data are 
not available. Because the April 20, 1979 aftershock 
(number 6, Figure 15) was recorded by the regional network 
and has a well-determined teleseismic body wave depth (17 
km), we use this depth as an a priori constraint for 
earthquakes in the central cluster. We do not use a priori 
constraints for the two southern clusters. Figure 19b shows 
the results of the multiple-event location with a priori depth 
information applied to the central cluster using the velocity 
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model of Stephens et al. [1980]. This is our preferred 
solution. A cross-section of this solution is found in Figure 
20c. Epicenters are generally stationary relative to one 
another, but the hypocentroid [Jordan and Sverdrup, 1981] of 
the central cluster moves about 10 km south with the 

inclusion of a priori depth corrections. 

Comparison of individual-event location and various 
multiple-event locations are best seen in cross-section 
(Figure 20). The most dramatic difference between the 
locations from the regional network (Figure 20a)and the 
successive multiple-event relocations (Figures 20b-20e)is 
the flattening of dip of the central cluster from 30 ø towards 
the south to nearly horizontal. For an earthquake in this 
cluster located with this station geometry (Figure 19), the 
spatial location corresponding to the minimum travel-time 
residual is not a single point but rather is a surface that is a 
constant distance from the nearest station. The apparent dip 
of the central aftershock cluster is thus an artifact caused by 
mislocation or movement of the hypocenters on this surface. 
In the multiple-event location, the hypocentroid of the 
central cluster stays on this constant residual surface, with a 
priori depth corrections having the effect of rotating the 
hypocentroid to a deeper depth. Thus the result is to shift 
the hypocenters (open circles) deeper and to the south. 
Figures 20c-20e show that the depth of the central cluster is 
insensitive to starting velocity model (we do not invert for 
velocity structure). The depth and near-horizontal dip of 
aftershocks of the central cluster are nearly identical to the 
aftershock locations obtained during July and August of 1979 
by the USGS when several temporary seismic stations were 
installed in the vicinity of the central aftershock cluster 
[Stephens et al., 1980; Page et al., 1982]. 

Relative locations for the large, southern region (solid 
circles), with no a priori depth information, define a nearly 
planar, north-dipping structure. While the absolute locations 
depend on the velocity model, given reasonable estimates of 
velocity variations (+5%), they are likely to be less than 10 
km deep. 

Using the method of Pavlis [1986], we calculate extremal 
bounds on hypocenter locations. Bounds on travel-time 
modeling errors, a major source of systematic error, are 
evaluated as the product of ray arc length and velocity 
slowness errors along the path (+5%). The results are shown 
in Figure 20f. Here, the three clusters have been located 
jointly in order to compare the locations of the clusters 
relative to one another. The central aftershock cluster has 

the smallest model-dependent errors because of its small 
lateral extent, while the more dispersed hypocenters of the 
two southern regions have larger model errors. Event errors 
in the south cluster (solid circles), while larger than the 
central cluster errors, indicate that these events occurred at 

depths shallower than 10 km and shallower than the central 
cluster. Since these errors are likely to be very conservative 
given the greater station density in the south, the actual 
uncertainties in depth between the two clusters are more 
likely reflected in the actual depth of the events. The linear 
trend of aftershocks in the SE corner of Figure 19b (open 
squares) which are about 5 km in vertical extent (Figures 
OflJ,_Ofl,.,), •t • eh•lln,• donth and narallel to the nate 
motion direction, may outline a strike-slip fault that bounds 
the SE corner of the aftershock zone; though at present we 
cannot confirm this sense of motion with focal mechanism 

solutions. 

DISCUSSION 

Aftershock Area and Mainshock Moment Release 

An interesting feature of the teleseismic mainshock 
moment distribution is the paucity of aftershocks and 
moment release in the vicinity of the mainshock epicenter 
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Fig. 14. The observed (solid line) and synthetic (dashed line) short-period P waveforms, long-period SH and SV 
waveforms, source mechanism and source-time function of earthquake on 790302 (event 5 of Table 3). Symbols as in 
Figure 5. 

(Figure 2). By constraining mainshock rupture to have 
initiated at the epicenter determined from the regional 
network [Stephens et al., 1980], it appears that during the 
first 38 s, rupture propagated ESE radiating several pulses of 
seismic energy. Little moment was released initially, then 

after 10 s the first of two large asperities was broken. Such 
low moment release in the epicentral area was also observed 
for the 1986 Andreanof Islands earthquake by Boyd and 
Ndb•lek [1988]. While the lateral extents of rupture are not 
precisely known, the spatial coincidence of (1) the location 
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station distances normalized to 60 ø . 

mechanisms, (3) offset in rupture direction and (4) 
concentration of aftershocks, suggest that the rupture jumped 
NE after a barrier coincident with the central aftershock 

cluster was encountered. Rupture then continued in the same 
direction (ESE) but offset to the north. The north-trending 
part of the central cluster (Figure 18a) was activated 
immediately (within 6.7 hours) after the mainshock 
indicating a genetic relationship between mainshock-induced 
stress changes and aftershock location. 

While it is not clear why the St. Elias earthquake ruptured 

only to the ESE and not toward the Yakataga gap, the 
occurrence of several great earthquakes in 1899, and not a 
single giant event, suggests that several events are needed to 
rupture the region between the Fairweather fault and the 1964 
zone. It is also possible that a variable mode of rupture may 
occur in which a single giant event may alternate with 
several smaller events from cycle to cycle. Such a mode of 
rupture is thought to occur along the Alaska Peninsula 
segment of the Aleutian arc [Boyd et al., 1988; Nishenko 
and Jacob, 1990; Estabrook and Boyd, 1992]. 

The mainshock rupture propagated sub-parallel to the 
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Fig. 16. The observed (solid line) and synthetic (dashed line) long-period and broadband P and SH waveforms, source 
mechanism and source-time function of earthquake on 830628 (event 7 of Table 3). Symbols as in Figure 5. 

Contact fault (CF) and other thrust faults in the upper plate. 
Whether the CF is a remnant of terrane collision with no 

known recent slip [Plafker et al., 1989] or presently a right- 
lateral strike-slip fault [Savage and Lisowski, 1988], it is 
either possible that the CF has juxtaposed material of 
different properties on the upper plate side of the plate 
interface, or that upper plate faults may define a pervasive 
structural fabric which could cause a change in properties 
between the parallel and perpendicular directions. These 
factors might then lead to a preferred rupture direction during 
a major earthquake. 

The subevent model of the mainshock and the centroid 
location show that there was no moment release in the 

southern section of the aftershock zone during the first 38 s 
of rupture (Figure 2). For any accommodation of moment 
release in the southern region, the rupture azimuth and 
azimuth of the centroid location would have to be in error by 
over 30 ø, which is unlikely (Figure 4b and Table 3). The 
regions of maximum seismic moment release during the 
mainshock coincide with areas nearly devoid of aftershocks. 
After 38 s, the southern section may have ruptured. This, 
however, would have to be at periods longer than the 
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that the mechanism is very different. Event (5) 790302 is at a 
shallow depth and has a normal faulting mechanism. 

observed teleseismic signal (aseismic creep) since the body 
wave inversion results show little moment release during this 
time. Several authors [e.g., Mori, 1984; Bakun et al., 1986' 
Boyd and Ndb•,lek, 1988; Mendoza and Hartzell, 1988' 
Ndb•,lek and Sudrez, 1989] have also found examples in 
which areas of large amounts of moment release do not 
coincide with aftershock clusters; aftershocks seem to occur 
primarily on the periphery of the areas of large moment 
release during the mainshock rupture and on subsidiary faults. 

Aftershocks in the southern part of the aftershock zone 
may have occurred on or near the plate interface (Figures 20 
and 21). Since our study shows that little if any body wave 
energy was released from this region, and the aftershock 
region appears to grow slightly with time toward the south 
(Figure 18), we speculate that this region responded to the 
loading induced by the mainshock. From 1974-1982 Savage 
and Lisowski [1988] found 0.8+0.3 m of southward 
displacement of a trilateration station just north of the 
Malaspina fault relative to other stations in the USGS Icy 
Bay network (Figure 2 for location of Icy Bay). This is 
consistent with coseismic-postseismic movement across the 
Malaspina fault. Between 1982 and 1986, Savage and 
Lisowski [1988] found 11-15 mm/yr of NE striking left- 
lateral shear along a fault subparallel to the 
Malaspina/Pamplona fault system and suggested that some 
creep may have been induced on tl,ese I i:tUl Lb tile 

earthquake. While Savage and Lisowski [1988] attribute this 
motion to upper plate extension following the St. Elias 
earthquake, shearing might be expected on the NE-striking 
part of the Malaspina fault following the earthquake if that 
fault is part of the plate boundary and subduction is north to 
NNE directed under the St. Elias mountains instead of the 

345 ø direction predicted by NUVEL-1 [DeMets et al., 1990]. 
The rotation of the compressional direction might occur if 
underthrusting were somewhat decoupled from the strike-slip 
motion. 

Slip Rate and Stress Drop 

The slip produced by the two large asperities is about 1.1 
m or 30% of the accumulated slip between 1899 and 1979 
(assuming about 5 cm/yr [DeMets et al., 1990]). Here we 
assume that the combined area of the two asperities extends 
laterally from the central aftershock cluster to the NE edge of 
the aftershock area (40 km width by 43 km in the 110 ø 
rupture direction), the shear modulus (/•) is 4.1x10 lø N-m -2 
from the crustal model used in the body wave inversion, and 
the combined moment of the two asperities is 8x1019 N-m. 
Following Kanamori and Anderson [1975] for stress drop of 
a dip-slip fault, we take the length in the slip direction (353 ø 
from PPS in Table 3) as 40 km. The static stress drop for 
the two asperities together is then 10 bars. The individual 
asperities each have static stress drops between 25 and 45 
bars assuming circular ruptures [Kanamori and Anderson, 
1975]. 

If each asperity released 100% of the accumulated slip, then 
the area of full slip is Mo/(la x total slip) -- 222 km 2 or 30% 
of the combined area of the two asperities calculated above. 
The complication of two asperities surrounding a rupture 
barrier probably accounts for the difference in area and stress 
drop . 

For a moment of 1.0-1.3x102ø N-m and assuming that the 
mainshock ruptured the entire area within the aftershock zone 
north of the central aftershock cluster (60.25øN), the average 
slip for the mainshock is 0.8 to 1.0 m. Assuming a dip-slip 
fault, the static stress drop is 7-9 bars for 40 km rupture 
width in the slip direction (353ø). This slip is less than 
25% of the total accumulated slip since 1899, and the stress 
drop is comparable to other underthrusting events [e.g., 
Scholz, 1982]. Increasing the rupture area to include the 
entire aftershock region gives an average slip of 0.4 to 0.5 
m or about 10% of the accumulated slip and reduces the static 
stress drop to about 2-3 bars. Thus our body wave inversion 
indicates that the rupture of the two large asperities accounts 
for 30% of the accumulated slip since 1899, while the 
remaining areas contribute little to the overall slip released 
in the mainshock. 

Depth of Mainshock and Aftershocks 

The tectonic interpretations that the PAC-NAM plate 
boundary is very shallow in the St. Elias area [Hasegawa et 
al., 1980' Stephens et al., 1980] or that the St. Elias 
earthquake occurred on a thrust shallower than the main fault 
interface [Pdrez and Jacob, 1980b], are based on unreliable 
depth determinations of the mainshock [Boatwright, 1980] 
and aftershocks [Stephens et al., 1980]. The 24 km average 
depth for the mainshock found in this study indicates that it 
occurred at a depth comparable to other large subduction zone 
earthquakes, probably on the main fault interface of the PAC- 

and 7, all with thrust mechanisms, have depths close to, but 
slightly shallower than, the mainshock subevents (events l a 
and lb). The depths (14-21 km) and locations indicate that 
the plate interhce shallows to the south. We inte•ret the 
strike-slip (event 4) and normal faulting (event 5) 
mechanisms as resulting from transitory stress changes in 
the upper plate immediately following the mainshock. Event 
5, at 9 km depth, may have involved backslip on a NE- 
dipping thrust fault because of mainshock induced 
extensional stresses. Our joint relocation of aftershocks in 
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Fig. 18. Time progression of the aftershocks of the St. Elias mainshock [from Stephens e! al., 1980]. The one-month 
data set is divided into four sets of 72 events each. (a) 6.7 hours (790228:21:27-790301:04:06); (b) 61.0 hours 
(790301:04:18-790303:17:18); (c) 156.4 hours (790303:17:23-790310:05:45); (d) 244.4 hours (790310:08:31- 
790330:12:56). Also shown are the locations of local stations (triangles), and mainshock location (star). Note the 
dense cluster in the middle of the aftershock zone almost immediately after the mainshock. Aftershocks immediately 
spread about 100 km SE of the mainshock with hardly any spread to the NE or SW. As time progresses, aftershocks 
spread mainly to the south and to a lesser degree to the NE. Note that the orientation of aftershocks in the central 
cluster appears to change from (a) north-trending to (b) west-trending. 
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Fig. 19. (a) Map of USGS locations [Stephens et al., 1980] showing regions selected for joint relocations. (b) Results 
of joint location with a priori depth corrections, applied only to the central cluster (open circles), obtained by fixing 
the depth of event 6 (790420) to the depth determined from body wave modeling. Solid circles are SW cluster, open 
squares are SE cluster. Cross-section A-A' (Figure 20) is oriented in the PAC-NAM relative plate motion direction 
(NUVEL-1 [DeMets et al., 1990]). 

the central part of the aftershock zone results in deeper 
average depths for regions in which body wave modeled 
depths were available. The lack of seismicity below 20 km 
in the central and southern parts of the aftershock zone is 
probably real given the station distribution. Aftershocks 
south of Mt. St. Elias, having more reliable depths since 
they are closer to the seismic stations (Figure 18), define a 
nearly horizontal plane. We infer that these events delineate 
the shallow part of the subducting plate interface. 

Shape of the Plate Interface 

Because of the proximity of this large underthrusting 
earthquake to a major transcurrent fault, the Fairweather fault, 
one might speculate about the nature of the transition. The 
PAC-NAM plate interface may bend smoothly from the 
region of underthrusting to the near vertical Fairweather 
strike-slip fault. Because mechanism lb is different and 
better determined than mechanism l a, we suggest that the 
Mate houndarv chanees orientation and div from shallow, 

north dipping in the west to more steeply, NE dipping in the 
east (Figures 2 and 21). The shallower north dip is 
substantiated by the aftershock mechanisms. The main-fault 
interface appears to have a nearly uniform strike across the 
north-central part of the aftershock zone with a 14-15 ø dip at 
a depth of 18-22 km (events la and 2). Events in the west- 
central section (events 3, 6 and 7) with significantly steeper 
dips (21-24 ø) and slightly shallower depths (14-18 km), may 
indicate that the plate boundary slightly steepens. The 
linear trend of aftershocks in the SE comer of the aftershock 

zone (Figure 2) may define a strike-slip fault of the 
Fairweather system that forms the eastern-most edge of 
north-directed subduction. 

Figures 20 and 21 show that the central aftershock cluster 
is continuous with the main-fault interface defined by the 
mainshock and the large aftershocks. The apparent offset in 
depth of 5-10 km between aftershocks in the central and 
southern regions may highlight an offset in the main plate 
boundary that may have inhibited further southward rupture 
on the same plane as the initial rupture. Given the 
uncertainties in depth, a continuous plane could be fit 
through the hypocenters, but the offset in depths between 
the central and southern clusters and the near horizontal 

nature of the central cluster lend support to the interpretation 
that the plate boundary is offset. The sets of aftershocks 
may be offset by a high-angle feature (perhaps a fault) that 
comes to the surface near the Malaspina fault (MF). We 
interpret this offset as defining the leading edge of the 
subducting Yakutat terrane. Aftershocks of the central cluster 

crack tip stress concentration, in which a previously 
established crack is trying to propagate into unbroken 
material (Yakutat te•ane). Data through 1985 show that this 
central cluster is still active [Fogleman et al., 1988]. 

Tectonic Model of St. Elias Corner 

We hypothesize that the surface expression of the PAC- 
NAM plate boundary in the St. Elias area is the onshore 
extension of the Pamplona fold and thrust zone (Figures 1 
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Fig. 20. Cross-section of regional network seismicity and 
relocations. Projection line appears in Figure 19. The section 
width incorporates all of the data. The projection azimuth (345 ø ) 
parallels the relative plate motion direction (NUVEL-1 [DeMets et 
al., 1990]). The location of the stations closest to the central 
cluster (CHX and PIN) are shown by triangles. (a) All USGS 
solutions [Stephens et al., 1980]. (b) Results of joint relocation 
following the technique of Pavlis and Hokanson [1985] while not 
applying a priori station correction information. (c) Joint 
relocation but with a priori depth corrections for central cluster 
(open circles) obtained by fixing the depth of event 6 (790420) to 
the depth determined from body wave modeling. This relocation is 
shown in map view in Figure 19b. Figures 20b and 20c use the 
velocity model determined by Stephens et al. [1980] as a starting 
model. (d and e) The effect of perturbing the starting velocity model 
[Stephens et al., 1980] by +5% and -5%, respectively. (f) Extremal 
bounds [Pavlis, 1986] on the events with smallest vertical errors for 
each of the three jointly relocated clusters. To facilitate comparison 
of one cluster with another, data from the three clusters have been 
combined into a single joint inversion with a priori depth 
corrections from event 6 applied. The southern events (open squares 
and solid circles) have the greatest errors because they are farther 
from event 6. Note that the extremal bounds for the deep events 
(open circles) overlap only slightly in depth with the shallow 
events from the SW cluster (solid circles) indicating that the depth 
offset is real. See text for further discussion. 

and 2). Like Perdz and Jacob [1980a] and Lahr and Plafker 
[1980], we suggest that the Yakutat terrane rides passively 
on the Pacific plate (<1 cm/yr relative motion), but we add 
that the Yakutat terrane is beginning to subduct beneath the 
North American plate in the vicinity of the Malaspina fault. 
This process has physically offset the plate boundary. The 
deformation zone incorporates thrusts of the Chugach-St. 
Elias fault system as well as the fault under the Malaspina 
glacier [Molnia and Jones, 1989]. 

Farther to the west, aeromagnetic surveys [Schwab et al., 
1980; Griscom and Sauer, 1991] and the TACT seismic line 
[e.g., Fuis et al., 1991] chart the descent of the Yakutat 
terrane beneath the accretionary prism of the Aleutian trench 
below Prince William Sound. Fuis et al. [1991] suggest that 
the Yakutat terrane extends about 80 km north of the Contact 

fault system, 200 km north of the subducted shelf edge 
magnetic anomaly or Transition zone to a depth of about 35 
km. The equivalent distance north of the Transition zone in 
the St. Elias area places the northern extent of the Yakutat 
terrane near the Chugach-St. Elias fault system (Figures 1 and 
21) which is in agreement with the mapped surface 
expression of the northern edge of the Yakutat terrane [e.g., 
Plafker, 1987; Plafker et al., 1989]. 

The neotectonic deformation of the Chugach-St. Elias 
mountains is probably related to collision and subduction of 
the Yakutat terrane with the Prince William terrane along the 
leading edge of the North American plate. While thrust 
faults have been mapped for several hundred kilometers along 
the Chugach mountains between Prince William Sound and 
the St. Elias area, the mountains increase dramatically in 
elevation from an average height of 3 km in the Chugach 
mountains to over 5 km in the St. Elias mountains (Figure 
1). Because the central cluster of aftershocks is a nearly 
horizontal feature (Figure 21) of only about 20 km EW 
extent (Figure 19), we suggest that it is related to uplift of 
the St. Elias massif. The difference in elevation between the 

Chugach and St. Elias mountains supports the idea [e.g., 
Jacob, 1986] that once subduction of a terrane has begun, as 
under Prince William Sound, the locus of deformation 

narrows and moves south to the main plate boundary with 
little resulting upper plate deformation. On the other hand, a 
terrane in the process of accreting and subducting may then 
cause considerable upper plate deformation over a wide zone. 

Oblique subduction and upper-plate lateral-deformation may 
be necessary to explain geodetic surveys and focal 
mechanisms in the Yakutat-Yakataga area. Work by Ma et 
al. [1990] using Very Long Baseline Interferometry and 
Savage and Lisowski [1988] from trilateration indicate that 
interseismic compressional strain between the Pacific and 
North American plates trends 333 ø and 324 ø , respectively, 
across the Yakataga seismic gap (Figure 1). Geodetic 
measurements across the Fairweather fault show 324 ø 

[Lisowski et al., 1987]. This is in contrast to the relative 
plate motion direction of 345 ø from NUVEL-1 [DeMets et al., 
1990]. Ma et al. [1990] and Savage and Lisowski [1988] 
conclude that oblique subduction and upper plate lateral 
deformation are necessary to explain the geodetics. 
However, these measurements are interseismic and may differ 
from coseismic directions. When combined with the 353 ø 

slip direction from the St. Elias earthquake (PPS in Table 3), 
they imply that considerable right-lateral strike-slip motion 
must occur in the upper plate, perhaps on the Denali, 
Totschunda and Contact faults [Savage and Lisowski, 1988; 
DeMets et al., 1990] and other faults between the Fairweather 
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Fig. 21. Cross-section of seismicity, focal mechanisms and topography plotted with no vertical exaggeration for line 
B-B' of Figure 2. The projection azimuth (345 ø) parallels the PAC-NAM relative plate motion direction [DeMets et al., 
1990] and is the same as in Figure 20 except that the section length is longer. Seismicity is jointly relocated data from 
Figure 20c. Source mechanisms are back hemisphere projections with depths determined in this study. Topography is 
from a profile through Mt. St. Elias. The heavy solid and dashed lines denote positions of the plate boundary and 
boundaries of the Yakutat terrane. Most of the relative plate motion (>4 cm/yr) takes place on faults near and south of 
the Malaspina fault, while little motion (<1 cm/yr) occurs between the Yakutat terrane and the Pacific plate. See text for 
further discussion. 

fault and Yakataga. Other possibilities are inadequacies in 
the dislocation model [Savage and Lisowski, 1988], or 
distortions of the strain field by the earthquakes of 1958, 
1979 [Savage and Lisowski, 1988] and 1987-88 [Ma et al., 
1990; Sauber et al., 1990] (Figure 1). While our results 
indicate oblique subduction, the slip vector is probably 
controlled more by pre-existing geometry than by the 
relative plate motion vector, and thus our mechanism does 
not adequately account for the discrepancy between the 
geodetic and relative plate motion directions. 

Convergence across the Pamplona zone has been estimated 
from multi-channel seismic lines at being between 4 and 10 
km, all of which has occurred in the Pleistocene [Bruns, 
1983; Plafker, 1987]. If most of the recent plate motion has 
been across the Pamplona zone (about 5.0 cm/yr) with much 
less on upper plate thrusts of the Chugach-St. Elias fault 
system [Savage and Lisowski, 1988], then the deformation 
may have occurred in the last 80,000 to 200,000 years. 
Plafker et al. [1978] estimate that motion on the Fairweather 
fault has been about 5.8 cm/yr for at least the last 100,000 
years: Moreover, the Fairweather fault is likely to have at 
least several hundred kilometers of offset [Plafker, 1987]. 
This suggests that underthrusting has only recently been 
across the Pamplona zone/Malaspina fault: Prior to that, 
convergence was probably farther north and distributed 
across the Chugach-St. Elias fault system. This southward 
movement of the locus of thrust deformation and the 

occurrence of the 1987-88 earthquake sequence (Figure 1) in 
apparently undeformed oceanic crust [Lahr et al., 1988] both 
support the idea that the plate boundary is in the process of 
reorganization. 

The major displacements from the 1979 St. Elias earthquake 

occurred landward of the Pamplona fold and thrust zone at the 
eastern end of the rupture zone of the second of two great 
earthquakes of September, 1899 [McCann et al., 1980; 
Stover et al., 1980]. This second event caused massive 
uplift [Tarr and Martin, 1912] along the NW shore of Yakutat 
Bay which Thatcher and Plafker [1977] relate to 
underthrusting on NW striking thrust faults. While 
significant uplift has occurred on upper plate subsidiary 
thrusts following great earthquakes [e.g., Plafker, 1967; 
Plafker et al., 1982], it is possible that the uplift near 
Yakutat Bay defines the plate boundary. While both of the 
1899 earthquakes have roughly the same magnitude (Sept. 4, 
Ms 7.9; Sept. 10, Ms 8.0) [Abe and Noguchi, 1983], 
seismograms recorded on Omori seismographs at Tokyo [Tarr 
and Martin, 1912] have an entirely different character 
implying different source mechanisms for the two events. 
The zones of uplift (possibly 1-2 m for the Sept. 4 event 
[Jacoby and Ulan, 1983], up to 15 m for the Sept. 10 event 
[Tarr and Martin, 1912]) mimic the changes in the width of 
the offshore Pamplona fold and thrust belt, with the western 
section being much wider and farther offshore than the east 
[Bruns, 1983; Plafker, 1987]. The fault zone in the east may 
narrow to a single fault as it comes ashore to the north of or 
beneath the Malaspina glacier [Molnia and Jones, 1989]. It 
is near the eastern end of this buried fault where the 15 m of 

uplift occurred. 
Page et al. [1989] find that at depths less than 50 km, 

Wadati-Benioff zone seismicity down-dip of the locked 
portion of the Yakataga seismic gap is continuous with the 
highly active area down-dip of the 1964 earthquake but has a 
much lower rate of seismicity. Under the Wrangell volcanos 
the Wadati-Benioff zone contours strike WNW [Stephens et 
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al., 1984](Figure 1). They are similar to the strike of the St. 
Elias mainshock centroid mechanism. Thus the Wrangell 
seismic zone appears to be continuous with the St. Elias 
thrust boundary. However, the dip of the subducting slab 
must increase to over 45 ø north of the aftershock area to 

connect with the Wrangell zone (Figure 21). 
Stephens et al. [1984] and Jacob [1986] suggest that the 

different seismicity rates between the Wrangell and Aleutian 
slabs may be due to thermal or age differences in the 
descending plate. Some other subduction zones that have a 
large component of oblique convergence (e.g., western 
Aleutians, Creager and Boyd [1991]; Sumatra, Fitch [1972]), 
do not have highly active Wadati-Benioff zones. For the 
western Aleutians, Creager and Boyd [1991] relate this 
phenomenon to higher temperatures within the subducted 
slab and hence, plate residence time. Given the direction of 
the plate motion vector (Figure 1) and the orientation of the 
Wrangell seismic zone, the near absence of a dipping 
seismic zone may be caused by a relatively small component 
of plate convergence in the down-dip direction (about 3.7 
cm/yr in a 30 ø azimuth) which increases the plate residence 
time compared with purely orthogonal subduction. The small 
rate of downdip convergence may not be enough to excite 
significant seismicity in the downgoing plate. 

CONCLUSIONS 

The St. Elias earthquake is reanalyzed using long-period and 
broadband digital data. We perform a body wave inversion 
of the mainshock to determine its source mechanism, seismic 

moment, rupture history and depth. The centroid source 
mechanism is a thrust solution with a large component of 
right-lateral strike-slip faulting on a NE-dipping plane. The 
centroid depth of 24 km of the mainshock and the depth of 
aftershocks determined by inversion and joint aftershock 
relocation are consistent with the presumed depth of the 
main thrust of the PAC-NAM plate boundary. These depths 
are deeper than those determined in earlier studies. 

Long-period and broadband data indicate that the mainshock 
consisted of two distinct subevents. Rupture began in the 
NW corner of the aftershock zone and propagated ESE at 
about 2.5 km/s with 90% of the entire moment released 

during the first 38 s. Additional moment release accounting 
for 10% of the moment release of the entire event possibly 
occurred between 38 and 72 s after nucleation, but could not 

be uniquely modeled. The 200-s surface waves are modeled 
with_a shallow thrust mechanism located at the body wave 
spatial/temporal centroid. They indicate that the source did 
not have a slow component of moment release as previously 
suggested. Mapped thrust faults, perhaps defining a 
pervasive structural fabric, appear to have controlled the 
preferred rupture direction. Initially, faulting was on a 
shallow north-dipping thrust but later changed to more NE 
dipping with a large right-lateral strike-slip component as 
suggested by an earlier study. The spatial coincidence of the 
two large asperities, change in subevent focal mechanisms, 
offset in rupture direction and concentration of aftershocks, 
suggest that the rupture jumped NE after the barrier outlined 
by the central aftershock cluster was encountered. This 
barrier may coincide with the northernmost extent of the 
Yakutat terrane. The main plate boundary appears to be 
offset vertically by 5-10 km as a result of this structural 
complication. Most of the aftershocks occur in this central 

cluster and in the southern part of the aftershock zone. The 
southern part is composed primarily of shallow aftershocks 
which occur later in the sequence indicating that this region 
did not rupture seismically during the mainshock but may 
have failed later aseismically. Faults associated with the 
Malaspina fault system (the onshore extension of the 
Aleutian trench) appear to be the surface expression of the 
underthrusting plate boundary; however, upper-plate 
deformation is widespread because of the collision of the 
Yakutat terrane. The convergence direction may explain the 
lack of a highly active Wadati-Benioff zone downdip of the 
St. Elias zone. The neotectonic deformation of the Chugach- 
St. Elias mountains is probably related to collision and 
subduction of the Yakutat terrane: once subduction of a 

terrane has begun, as under Prince William Sound, the locus 
of deformation moves to the main plate boundary, while a 
terrane in the process of accreting and subducting will more 
likely cause considerable upper-plate deformation over a wide 
zone. 
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